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ABSTRACT
Several lines of evidence indicate that the advent of oxygenic photosynthesis
preceded the oxygenation of the atmosphere—perhaps by as much as 300 million years.
The fate of biogenic oxygen prior to its expression in the atmosphere remains speculative,
but recent work suggests that oxygen was locally available within the surface ocean to
support aerobic microbial ecosystems. Simple mass balance predicts that locally
oxygenated environments (oxygen oases) could exist in areas of high productivity if the
local rate of oxygen production by oxygenic photosynthesis exceeds the combined rate of
oxygen loss by a number of processes (e.g., exchange with the atmosphere, transport
within the ocean, reaction with reduced aqueous species, biological consumption). The
areal extent of these environments and the dissolved oxygen concentrations that could
have persisted in an otherwise anoxic ocean, however, are key uncertainties in our
understanding of the spatiotemporal redox-evolution of the early earth system.
We use an earth system model of intermediate complexity (GENIE) that has been
modified to simulate a theoretical Archean biosphere in order to explore redox
heterogeneity in the late Archean surface ocean. We demonstrate that oxygen oases are
an expected consequence of oxygenic photosynthesis beneath an essentially oxygendevoid atmosphere—and that oxygenated surface waters need not be restricted to shallow
coastal environments or microbial mats. Within oxygen oases, oxygen concentrations
locally approach ~1-10 µM for a large range of plausible Archean conditions. Although
oxygen concentrations in the open ocean are exceedingly low, biologically relevant
dissolved oxygen concentrations are widespread in our hypothetical surface ocean.
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Chapter 1
INTRODUCTION
It is well established that Earth’s ocean and atmosphere were essentially anoxic
prior to the origin of oxygenic photosynthesis, but deciphering the subsequent redox
evolution of the earth system has been challenging. Geochemical proxies indicate a
complex oxygenation history in which the transition to the modern, well-oxygenated
world occurred in several stages (e.g., Frei et al., 2009). Oxygenation of Earth’s
atmosphere and surface ocean preceded the eventual oxygenation of the deep ocean by
nearly two billion years (Fike et al., 2006; Canfield et al., 2007; Scott et al., 2008), and
atmospheric oxygenation was apparently separated from the onset of biological oxygen
production by perhaps 300 million years (see Farquhar et al., 2011 for review).
Intriguingly, a growing body of evidence now suggests the presence of free
oxygen in the surface ocean significantly earlier than the extensively studied atmospheric
oxygenation. Several lines of evidence—particularly the loss of mass-independent
fractionation (MIF) of sulfur isotopes—place the initial accumulation of oxygen to nonnegligible levels in the atmosphere at approximately 2.4 billion years ago (Ga) (see
Canfield, 2005 for review). Biomarkers from Archean shales, however, have been
suggested to indicate the origin of oxygenic photosynthesis and the establishment of
aerobic ecosystems by 2.7 Ga (Brocks et al., 1999; Eigenbrode et al., 2008; Waldbauer et
al., 2009), although contamination concerns continue to plague this controversial
interpretation (Rasmussen et al., 2008; Brocks, 2011). An early appearance of dissolved
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oxygen is also supported by a variety of geochemical evidence, including: the
abundances of redox sensitive elements (Anbar et al., 2007; Kendall et al., 2010), sulfur
abundances (Stueken et al., 2012), sulfur isotopes (Kaufman et al., 2007), carbon
isotopes (Eigenbrode & Freeman, 2006), nitrogen isotopes (Garvin et al., 2009; Godfrey
& Falkowski, 2009), chromium isotopes (Frei et al., 2009), and molybdenum isotopes
(Duan et al., 2010; Czaja et al., 2012). Despite mounting evidence for the decoupling of
atmospheric and surface ocean oxygenation, several ambiguities hinder reconstruction of
the chemical environment of the surface ocean in the late Archean.
In particular, the areal extent of oxygenated surface waters in the late Archean
remains speculative. Fischer (1965) envisioned an Archean world in which aerobes
thrived in isolated “oxygen oases” associated with individual photosynthetic hosts (i.e.
microbial mats) in an otherwise anoxic ocean. Subsequent authors have envisioned
oxygen oases as regional features of the surface ocean—the existence of which would
simply require that the local rate of oxygen production exceeded the combined rate of
oxygen loss by exchange with the atmosphere, reaction with reduced aqueous species,
biological consumption, and transport within the ocean (Kasting, 1992). Indeed, several
authors have recently argued for widespread oxygen accumulation in productive coastal
environments in the late Archean (Eigenbrode & Freeman, 2006; Anbar et al., 2007;
Kaufman et al., 2007; Kendall et al., 2010), but the rock record yields limited insight into
the chemical environment of distal surface waters.
The dissolved oxygen concentrations that could have persisted in the late Archean
are also poorly constrained. Simple theoretical considerations predict that Archean
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dissolved oxygen concentrations could locally approach 10% of modern values, or ~25
µM O2, in regions of particularly high productivity (Kasting, 1992). This early model
balanced local oxygen production with leakage through the atmosphere-ocean interface
using the thin film model (Broecker & Peng, 1982), but Runnegar (1993) questioned the
methodology because the model neglected horizontal transport within the surface
ocean—and the model would, therefore, tend to overestimate local dissolved oxygen
concentrations. This problem is addressed here; meanwhile, attempts to quantify the
dissolved oxygen concentrations recorded by geochemical proxies in the Archean rock
record have yielded somewhat ambiguous results. Molybdenum geochemistry suggests
persistent and pervasive oxygenation on the order of <10-100 µM O2 on Archean
carbonate platforms (Kendall et al., 2010; Czaja et al., 2012). Planavsky et al. (2010),
however, use the cerium anomaly redox proxy to argue that dissolved oxygen
concentrations were very low and perhaps only transiently approached ~5 µM O2 in the
same shallow water environments.
Here, we demonstrate that oxygen oases are an expected consequence of oxygenic
photosynthesis under an essentially oxygen-free Archean atmosphere, and that they
could have persisted over geologically relevant time scales. We further investigate the
environmental context and areal extent of Archean oxygen oases, and we constrain the
dissolved oxygen concentrations that they could have sustained in an otherwise anoxic
world.
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Chapter 2
METHODS
2.1 Model description
We carried out our calculations using an earth system model of intermediate
complexity (GENIE, Ridgwell et al., 2007). The model consists of a 3D frictional
geostrophic ocean circulation model coupled to a 2D energy and moisture balance model
(Edwards & Marsh, 2005). The ocean is divided into a 36x36 equal-area grid with 16
depth layers, and the atmosphere is modeled as a single well-mixed layer with the same
spatial resolution. We consider a closed ocean-atmosphere system, and we neglect
terrestrial biogeochemistry.
2.1.1 Marine biogeochemistry
The model as described by Ridgwell et al. (2007) simulates a modern marine
biogeochemistry that includes nutrient-limited oxygenic photosynthesis, nitrogen
fixation, aerobic respiration, denitrification, and sulfate reduction. In addition to these
microbial metabolisms, we also consider fermentative methanogenesis and anoxygenic
photosynthesis in our hypothetical Archean ocean (see Appendix A).
In the model, fermentative methanogenesis is the terminal stage of organic carbon
remineralization. As a simplification, methanogenesis only proceeds following the
sequential depletion of oxygen, nitrate, and sulfate in the deep ocean. Methanogenesis
obeys the stoichiometry
2CH2O → CO2 + CH4
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and it continues until recycling of organic carbon is complete; we do not allow for the
burial of organic carbon in sediments.
Anoxygenic phototrophy was incorporated following Meyer et al. (2008). In the
model, anoxygenic photosynthesis is limited by the availability of N, P, and H2S in the
photic zone. Our sulfur-based phototrophy obeys the stoichiometry
H2S + 2CO2 + 2H2O → SO42- + 2CH2O + 2H+
and occurs at the expense of oxygenic photosynthesis where H2S exists in the photic
zone.
The use of H2S as the electron donor for anoxygenic photosynthesis in our model
is in contrast to the paradigm of a ferruginous Archean ocean in which Fe2+ would have
been the preferred electron donor for anoxygenic photosynthesis (e.g., Kump & Seyfried,
2005). The decision to use H2S as our chemical reductant, however, is reasonable in light
of recent reports of spatially and temporally variable redox conditions in the late Archean
ocean—including the development of euxinic conditions (Reinhard et al., 2009; Scott et
al., 2011). We also note that it is not particularly important to differentiate between Fe2+
and H2S as electron donors in our model because both flavors of anoxygenic
photosynthesis affect dissolved oxygen similarly; competition from anoxygenic
phototrophs simply acts to decrease oxygen production by cyanobacteria independent of
the identity of the chemical reductant. Thus, regardless of whether ferruginous or euxinic
conditions prevail in our hypothetical deep ocean, our fundamental conclusions regarding
the availability of dissolved oxygen in the surface ocean stand.
Other versions of anoxygenic photosynthesis (e.g., photoferrotrophy), however,
differ from the sulfur-based photosynthesis in our model in a number of important ways.

6
Sulfate reduction in the water column efficiently recycles H2S to the photic zone in our
model, whereas water column reduction insoluble Fe(OH)3 may have been less efficient.
Additionally, atmospheric exchange and transport of H2S in the model provides an
atmospheric supply of an electron donor for anoxygenic photosynthesis. Our anoxygenic
phototrophs, therefore, are competitive in the open ocean, and they can be considered
analogous to the hydrogen-utilizing phototrophs that Kharecha et al. (2005) demonstrated
would have been important contributors to primary productivity in the Archean.
Consequently, the version of anoxygenic photosynthesis that we incorporate in our model
is the simplest representation of the spatially diverse community of anoxygenic
phototrophs that likely existed in the late Archean, and it is unlikely that we
underestimate the contribution of anoxygenic photosynthesis to primary productivity.
2.1.2 Atmospheric chemistry
As we are primarily interested in the persistence of oxygenated surface waters
below an essentially anoxic atmosphere, it is not necessary that we explicitly calculate
internal atmospheric chemistry. Instead, we maintain (restore to) a chemically
homogenous atmosphere with high pCH4 and low pO2. In our standard configuration,
pCH4 and pO2 are consistent with a post-oxygenic photosynthesis steady-state obtained
using the parameterizations and biogeochemical model of Goldblatt et al. (2006), but we
also consider a more reducing atmosphere with pO2 = 10-12 PAL and pCH4 = 1000 ppmv
that approximates an atmosphere that is uninfluenced by oxygenic photosynthesis
(Kasting et al., 1979). In each simulation, atmospheric pO2 is below the MIF threshold of
10-5 PAL O2 (Pavlov & Kasting, 2002), and is also consistent with other previous
estimates of late Archean atmospheric pO2 following the onset of biological oxygen
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production (e.g., Pavlov et al., 2001). We recognize that manipulating atmospheric
chemistry potentially affects both the redox chemistry of the surface ocean as well as the
magnitude of greenhouse warming in our model. In order to disentangle these combined
effects, we also conducted simulations with variable greenhouse warming by redoxneutral carbon dioxide as well as simulations in which methane does not contribute to
greenhouse warming. In our model, atmospheric pH2S is set by steady-state exchange
with the surface ocean. We neglect photochemical transformations in the atmosphere, and
sulfur exchange between the surface ocean and the atmosphere occurs exclusively via
H2S. Our atmosphere does not explicitly contain H2, but we account for elevated H2 in
the Archean atmosphere by imposing a spatially uniform negative oxygen flux in the
surface ocean that physically represents uptake and oxidation of H2 from the atmosphere
(globally -5x1013 mol O2/yr after Kharecha et al., 2005; see section 2.1.3 below).
2.1.3 Dissolved oxygen mass balance
Dissolved oxygen concentrations in each ocean cell reflect the balance of:
oxygenic photosynthesis, aerobic respiration, H2, NH4+, CH4 and H2S oxidation, vertical
and horizontal transport within the ocean, and exchange with the atmosphere (Figure
B.1). Oxygenic photosynthesis is both N-and P-limited, and it only occurs upon the
depletion of the electron donor for anoxygenic photosynthesis (H2S) in photic zone cells.
Aerobic respiration is indirectly limited by the depth distribution of organic carbon
remineralization that we impose, which specifies the fraction of export production that is
remineralized in near-surface cells containing oxygen. We also assume complete
oxidation of an atmospheric H2 deposition flux in surface ocean cells. Where oxygen
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concentrations are insufficient to fully oxidize the imposed H2 flux, the unreacted H2 is
modeled as CH4 accumulation:
CO2 + 4H2 → CH4 + 2H2O.
Conversely, the oxidation rates of NH4+ (Fennel et al., 2005), CH4 (Ward et al., 1987;
Valentine et al., 2001), and H2S (Zhang & Millero, 1993) each obey a first order rate law.
Vertical and horizontal transport of dissolved oxygen in the model represents a
combination of wind- and density-driven circulation. Finally, exchange of oxygen with
the atmosphere is calculated after Wanninkhof (1992) considering wind speed,
temperature, and oxygen saturation.
2.1.4 Continental configuration
A reconstruction of Archean paleogeography was not available for our modeling
efforts, and it is likely that attempting to estimate Archean paleogeography reliably is
inherently impossible. Rather than using an imaginative Archean continental
configuration and seafloor bathymetry, we use a modern ocean basin in our standard
model scenario (and subsequent sensitivity analyses; Figure C.1). Although the Archean
continental configuration almost certainly did not resemble the modern configuration, our
decision to use a modern map is a reasonable starting point because casting our model in
a familiar world allows us to intuitively link physical processes and aqueous chemistry. It
is worth noting, however, that the use of a modern ocean basin neglects the possible
existence of epeiric seas in the late Archean. These shallow environments would have
been in limited communication with the deep ocean, and they may have been chemically
distinct from other marine environments (e.g., upwelling zones, coastal margins, gyres).
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2.2 Simulations
We examine model sensitivity to uncertainties in atmospheric composition,
surface temperature, oceanic phosphate inventory, depth distribution of organic carbon
remineralization, and total sulfur. Model sensitivity is explored by systemically varying
each of the above variables with respect to our standard configuration (Table C.1). In our
standard configuration, we assume 20 µM total aqueous sulfur, and upwelling from the
anoxic deep ocean supplies the photic zone with anoxic waters with ~20 µM H2S to
support anoxygenic photosynthesis. In our model this is chemically analogous to ~80 µM
Fe2+ considering the 4:1 ratio of the Fe2+:H2S requirements of anoxygenic phototrophs,
and this value falls within the range of 40-120 µM Fe2+ that has been proposed for the
Archean ocean (Canfield, 2005). We use atmospheric pCH4 = 360 ppmv, which sets
atmospheric pO2 at 2.7x10-7 times the present atmospheric level (Goldblatt et al., 2006).
The standard configuration uses modern phosphate levels (Konhauser et al., 2007),
modern remineralization depth dependence, and the surface ocean temperature is 25°C on
average.
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Chapter 3
RESULTS
Under our standard conditions, steady state dissolved oxygen concentrations are
distinctly heterogeneous within the surface ocean. Dissolved oxygen concentrations
range from 0 µM O2 in the open ocean to ~6 µM O2 locally in oxygen oases (Figure 1).
A typical oxygen concentration within an oasis, however, is ~1-3 µM O2 (Figure 2).
Although strong redox gradients exist within the surface ocean, the distribution of oxygen
in surface waters is in stark contrast to the anoxic deep ocean (Figure 3). We find that
regions of oxygen accumulation are not restricted to shallow water environments, and
oxygenated waters are a prominent feature of coastal and equatorial upwelling regions.
Similar redox heterogeneity is achieved in each of our sensitivity analyses, and the
maximum dissolved oxygen concentrations generally vary between ~1-10 µM O2 over the
large range of conditions that we explore below.
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Figure 1. Surface ocean dissolved oxygen map. The data shown are for the standard
configuration at steady state, and values range from 0-5.7µM O2. The map is divided as a
36x36 grid. Note that the data has been interpolated. For reference, the modern surface
ocean contains ~250 µM O2 on average.

12

Figure 2. Surface ocean dissolved oxygen histogram. The data shown are for the standard
configuration at steady state, and has been divided into 250 nM O2 bins. The values range
from 0-5.7µM O2, and the median dissolved oxygen concentration in surface ocean cells
is ~250 nM. The color scheme follows Figure 1 and Figure 3.
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Figure 3. Dissolved oxygen cross section. The data shown are for the standard
configuration at steady state, and represents a longitudinal cross section at -15°E. Note
that the provided cross-section only extends to 140 m depth, and that the underlying deep
ocean is strictly anoxic.
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Chapter 4
DISCUSSION
Our simulations provide a first visualization of Archean oxygen oases and offer
insight into the distribution of oxygen in the surface ocean beyond the limited
environments sampled by the rock record. Our findings support the hypothesis that highly
productive regions of the surface ocean could have been mildly oxygenated prior to
significant oxygenation of the atmosphere (e.g., Kasting, 1992), and our oxygen
concentrations are consistent with the results of previous modeling efforts—as well as
several lines of geochemical evidence. An Archean world in which oxygen oases locally
contain <6 µM O2 is consistent with the upper limits established by early theoretical
considerations (<25 µM O2; Kasting, 1992) and extrapolation of modern molybdenum
geochemistry (<10-100 µM O2; Kendall et al., 2010 ). Our oasis oxygen concentrations
are also consistent with conservative estimates from a recent isotope-based modeling
effort (Czaja et al., 2012), but our oxygen concentrations are notably lower than the 35
µM O2 obtained in the authors’ preferred configuration. Finally, the oxygen
concentrations in our oases are sufficient to support aerobic ecosystems, but are not so
great that they are necessarily inconsistent with the very low (<5 µM ) oxygen levels
suggested by Planavsky et al. (2010) based on the rare earth element geochemistry of late
Archean iron formations.

15
4.1 Oxygen oasis sensitivity
Although redox-heterogeneity is a prominent feature of the surface ocean in all of
our model simulations, the areal extent and the dissolved oxygen concentrations of the
oxygen oases are both sensitive to electron donor availability, phosphate supply, the
depth distribution of organic carbon remineralization, and temperature.
4.1.1 Electron donor availability
In our model, adjustments to total sulfur affect dissolved oxygen almost
exclusively by changing the relative contribution of anoxygenic phototrophy to primary
production; non-photosynthetic H2S oxidation does not significantly affect oxygen
concentrations in the open ocean or in oxygen oases. This point is illustrated in Figure 4,
which shows that the dissolved oxygen distribution in a world without anoxygenic
photosynthesis is very similar to the dissolved oxygen distribution achieved in a world
that entirely lacks a sulfur cycle. For this reason, H2S will herein be referred to
generically as the “electron donor” for anoxygenic photosynthesis.
We find that electron donor availability and the relative contribution of
anoxygenic phototrophy is an important control on the oxygen distribution in the surface
ocean and promotes strong redox heterogeneity within the surface ocean. Although
electron donor availability has a minimal influence on the maximum dissolved oxygen
concentration for H2S < 20 µM, increasing the relative contribution from anoxygenic
phototrophy strongly suppresses oxygen beyond oxygen oases even at low electron donor
levels (Fig. 5). Our high electron donor simulations may be relevant during periods of
enhanced hydrothermal reductant supply, for example during episodic banded-iron
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formation (BIF) deposition (Isley & Abbott, 1999); our lower electron donor simulations
may be representative of either epeiric seas in limited communication with the deep
ocean or transitions between ferruginous and euxinic conditions in the late Archean or
Paleoproterozoic. Regardless of the mechanism, variable redox conditions in the deep
ocean would have had particularly important ecological consequences at the margins of
oxygen oases and in the open ocean, whereas conditions within the oxygen oases would
have been comparatively stable.
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Model configuration
Figure 4. Dissolved oxygen box plot for full, partial, and no sulfur cycle. In the “no
anoxygenic photosynthesis” scenario, non-photosynthetic H2S oxidation still occurs; in
the “no S cycle” scenario, neither anoxygenic photosynthesis nor non-photosynthetic H2S
oxidation occur. Here, and in subsequent figures, the red lines denote the median
dissolved oxygen concentration in surface ocean cells for a particular configuration, and
the boxes indicate the interquartile range for oxygen concentrations in the surface ocean
cells. The dissolved oxygen concentrations in cells that that fall outside of the
interquartertile are individually plotted as outliers. Of course, the surface ocean cells that
are considered outliers are the primary interest of this study as they are the potential
oxygen oases.
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Figure 5. Total sulfur sensitivity. Total sulfur values above indicate initial H2S
concentrations in the ocean, but subsequent model spin up allows redistribution of
aqueous H2S as gaseous H2S and as SO42-. At steady state, the specified initial values
approximate H2S concentrations immediately below the photic zone. The asterisk
indicates the standard configuration. The red lines denote the median dissolved oxygen
concentration, the blue boxes indicate the interquartile range, and all surface ocean cells
outside of the interquartile range have been plotted individually as outliers.
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4.1.2 Oceanic phosphate inventory
There is considerable uncertainty regarding Archean phosphate levels. Konhauser
et al. (2007) argue that Archean phosphate concentrations likely resembled the modern
(as in our standard configuration)—or were perhaps even higher. Bjerrum and Canfield
(2002), however, have suggested that phosphate concentrations were as low as 10-25% of
modern levels in the Archean due to enhanced phosphate burial via adsorption to iron
oxide surfaces during BIF deposition. Under these very low nutrient conditions, oxygenic
photosynthesis is severely suppressed in our model because anoxygenic phototrophs are
able to deplete phosphate in the presence of excess electron donor. Consequently, the
surface ocean is predominantly anoxic and dissolved oxygen is pervasively below 1 µM
for our simulation with 25% modern phosphate levels—even in regions typified by
micromolar oxygen concentrations in our standard configuration (Fig. 6). At 10%
modern levels, oxygen does not accumulate in our hypothetical ocean.
Although biologically significant dissolved oxygen concentrations essentially
vanish as a large-scale feature of the surface ocean for very low phosphate
concentrations, higher dissolved oxygen concentrations would be possible in restricted
basins and epeiric seas. Furthermore, much higher dissolved oxygen concentrations
would be expected in association with microbial mats where the chemistry can be very
different from that of the overlying water column (Herman & Kump, 2005). Failure to
generate oxygenated water masses in the very low phosphate configurations of our
model, therefore, does not predict nor require strict anoxia in the late Archean if
phosphate availability was indeed dramatically lower than in the modern ocean.
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Figure 6. Oceanic phosphate inventory sensitivity. The box plots illustrate the dissolved
oxygen distribution in surface cells at steady state is for simulations with: 2x the modern
oceanic phosphate inventory; the modern oceanic phosphate inventory—which is the
standard configuration after Konhauser et al. (2007); 50% of the modern oceanic
phosphate inventory; and 25% of the modern oceanic phosphate inventory (Bjerrum &
Canfield, 2002). A simulation with 10% modern phosphate failed to generate oxygenated
surface water. The red lines denote the median dissolved oxygen concentration, the blue
boxes indicate the interquartile ranges, and all surface ocean cells outside of the
interquartile range have been plotted individually as outliers.
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4.1.3 Depth distribution of organic carbon remineralization
The export of organic debris from Archean surface waters may have been less
efficient in the absence of zooplankton packaging into fecal pellets (Logan et al., 1995)
and inorganic ballast prior to the evolution of calcifying planktonic organisms (Ridgwell,
2005). In order to investigate the potential consequences of a shallow remineralization in
the Archean, we conducted a simulation in which remineralization of exported organic
matter primarily occurred <100 m below the mixed layer (Fig. C.2). We found that
shallow recycling could have contributed to Archean dissolved oxygen concentrations
that are modestly higher than those achieved in our conservative standard configuration
(Fig. 7). This result is similar to the consequences of doubling the oceanic phosphate
inventory, and reflects a reduction in the efficiency with which organic phosphate is
exported to the deep ocean. In this scenario, net primary productivity increases by >80%
with respect to the standard configuration.
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Figure 7. Remineralization depth distribution sensitivity. These box plots compare the
dissolved oxygen distribution in surface ocean cells for variable depth distribution of
organic carbon remineralization. The “shallow” recycling scenario is intended to simulate
the lack of fecal pellet packaging and carbonate ballasting of organic matter in the
Archean, and it assumes that remineralization primarily occurs within the surface ocean.
The red lines denote the median dissolved oxygen concentrations, the blue boxes indicate
the interquartile ranges, and all surface ocean cells outside of the interquartile range have
been plotted individually as outliers.
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4.1.4 Temperature
Estimates of Archean ocean temperatures have varied dramatically, but recent
isotope analyses suggest that the Archean ocean was probably ~25-40°C (Hren et al.,
2009; Blake et al., 2010). Others (e.g., Knauth & Lowe, 2003; Knauth, 2005) have
argued that Archean surface ocean temperatures were much warmer (perhaps near 70oC)
based on measurements of oxygen isotopes in cherts. This interpretation, however, is
difficult to reconcile with evidence for glaciation at 2.9 Ga (Young et al., 1998) and again
during the early Paleoproterozoic (e.g., Evans et al., 1997). In light of this uncertainty,
temperature is an important consideration for sensitivity analysis because of its influence
on the solubility of O2, H2S, and CH4, as well as on primary productivity. For increasing
temperature, the solubility of O2, H2S, and CH4 decreases. Conversely, primary
productivity (and, potentially, oxygen production) increases with temperature.
We explored temperature sensitivity over the range of 23-47°C and found that
increasing temperature decreases the local maximum dissolved oxygen concentrations
(Fig. 8), but also modestly increased the size of oxygen oases. If surface ocean
temperatures were significantly warmer than ~50°C in the late Archean (e.g., Knauth,
2005), dissolved oxygen concentrations may have been much lower than we present here,
but it is not straightforward to extrapolate temperature sensitivity owing to the competing
influences described above.
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Figure 8. Temperature sensitivity. Red symbols indicate maximum values, green
symbols indicate median values, and blue symbols indicate minimum values for a given
temperature simulation. Closed circles represent simulations in which temperature was
adjusted via pCO2 (at constant pO2), and open circles represent simulations in which
temperature was adjusted via pCH4 (which is associated with variable pO2). The standard
configuration is denoted by stars.
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4.1.5 Atmospheric chemistry
Our simple, well-mixed atmosphere is not capable of resolving the spatial
variations in atmospheric pO2 that would have existed in the late Archean prior to
substantial atmospheric oxygenation. Our standard configuration uses an atmospheric
chemistry that is based on the equations of Goldblatt et al. (2006) and reasonably
approximates atmospheric pO2 above oxygen oases, but our standard configuration
probably overestimates atmospheric pO2 above the open ocean. This simplification to our
atmospheric chemistry, however, does not affect our fundamental conclusions regarding
oxygen oases because surface ocean chemistry is not responsive to atmospheric pO2.
Although we find that the surface ocean distribution of dissolved oxygen differs between
simulations with vastly different atmospheric pO2, these differences can be attributed to
temperature—which varied from 23-40°C for the corresponding pCH4 range (see Fig. 8).
Simulations in which the climate forcing by the methane greenhouse has been turned off
confirm that atmospheric composition is effectively decoupled from surface ocean
dissolved oxygen concentrations (Fig. 9). See Appendix D for a further discussion of
atmospheric chemistry.
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Figure 9. Atmospheric chemistry vs. climate sensitivity. Atmospheric methane and
atmospheric oxygen were systematically covaried. For the range of pCH4 plotted above,
atmospheric pO2 varies from ~10-6 -10-12 PAL, decreasing as pCH4 increases. Surface
ocean dissolved oxygen concentrations apparently respond modestly to variable
atmospheric chemistry, but this relationship does not exist when the methane climate
forcing is disabled (blue line, T = 25 °C).
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4.2 Biological Significance
Our results suggest that aerobic ecosystems could have been associated with
localized regions of particularly high primary productivity prior to atmospheric
oxygenation, a conclusion which is consistent with previous isotopic and biomarker
evidence for biological oxygen cycling in the late Archean (e.g., Eigenbrode & Freeman,
2006; Eigenbrode et al., 2008). The dissolved oxygen concentrations in regions of lower
primary productivity in our hypothetical surface ocean are also widely above the
nanomolar metabolic thresholds for aerobic prokaryotes (Stopler et al., 2010)—and
possibly even eukaryotes (Waldbauer et al., 2011).
Biologically relevant dissolved oxygen concentrations can persist in the presence
of unutilized chemical reductant in the open ocean because the aqueous oxidation of H2S
and CH4 is kinetically limited in the low-nutrient waters outside of the oxygen oases.
Whereas the differentiation of possible electron donors for anoxygenic photosynthesis is
not integral to our calculations (and, therefore, does not affect our oxygen estimates
within high productivity oases), the kinetics of non-photosynthetic H2S and Fe2+oxidation
differ. Our model, therefore, may systematically overestimate dissolved oxygen
concentrations in regions of low productivity, and our consistent generation of
biologically significant dissolved oxygen outside of the local oxygen oases should not be
interpreted as compelling evidence for an Archean surface ocean that was either
pervasively or consistently hospitable to aerobic life. This is especially true because our
oxygen estimates are annually averaged, and it is likely that both diurnal and seasonal
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fluctuations in dissolved oxygen concentrations would have been biologically significant
in these very low O2 waters beyond the oxygen oases.
4.3 Oxygen oases and whiffs of oxygen
The oxygen oases described here are distinct from previously described “whiffs”
of atmospheric oxygen, and we demonstrate widespread surface ocean oxygenation under
much lower atmospheric pO2 conditions than suggested by the geochemical hints for
subaerial oxidative weathering in the late Archean (Anbar et al., 2007; Stueken et al.,
2012). As long as the atmospheric sink for oxygen remained sufficiently large, oxygen
oases could have persisted in the surface ocean with limited atmospheric influence
despite the large oxygen fluxes from these environments (globally ~400 Tmol O2/yr in
the standard configuration). Temporal fluctuations in the magnitude of the atmospheric
sink for oxygen could result in ephemeral excursions to more oxidizing conditions in the
atmosphere (e.g., Kump & Barley, 2007), but such a transition would neither require nor
imply a corresponding dramatic change in the oxygen content of typical surface seawater.
Evidence for a return to very low atmospheric pO2 does not necessitate the disappearance
of oxygen oases; the disappearance of the trace metal signatures for oxic conditions likely
records the return to ineffective trace metal mobilization on the continents or the
depletion of marine reservoirs rather than the demise of mildly oxygenated surface
waters.
Oxygen oases could also persist with limited sedimentary influence. Reinhard et
al. (in press) argue that submarine weathering in shallow waters containing <10 µM O2
cannot readily explain trace metal mobilization during oxidative processes owing to the
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relative burial and oxidation rates of detrital pyrite in proximal sediments. Thus, the
locally oxygenated environments described here should not be invoked to explain
existing evidence for oxidative weathering (e.g., Anbar et al., 2007)—unless dissolved
oxygen concentrations were substantially higher at the sediment-water interface in
association with benthic cyanobacterial communities, or if oxidative weathering occurred
in epeiric seas. Oxygen oases, therefore, are probably best recognized in the rock record
by the isotopic fingerprints and molecular remnants of aerobic metabolism (e.g.,
Eigenbrode et al., 2008; Garvin et al., 2009; Godfrey & Falkowski, 2009; Waldbauer et
al., 2009).
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Chapter 5
CONCLUSIONS
We present the first 3D view of Archean oxygen oases in an earth system context.
We find that oxygen oases can be large-scale, steady-state features that would not have
been restricted to microbial mats or shallow water environments. Under our standard
conditions, the maximum oasis oxygen concentration is ~6 µM, in contact with a
uniformly anoxic deep ocean and below an essentially oxygen-devoid atmosphere. Our
theoretical oxygen estimates are broadly consistent with previous geochemical work and
models, and the maximum dissolved oxygen concentrations achieved in our model are
limited to a relatively narrow range (~1-10 µM) considering the large range of conditions
that we explore.
If marine phosphate concentrations were <25% of modern, or if the ocean was
much warmer than ~50°C, dissolved oxygen concentrations may have been lower than
we present here. Only modestly higher dissolved oxygen concentrations are possible if
marine phosphate concentrations were much greater than modern levels, or if shallow
recycling of organic carbon limited the export of organic phosphate to the deep ocean.
Slightly higher dissolved oxygen concentrations are also possible in restricted basins or
epeiric seas, which we do not include in our simulations. We find that the supply of an
electron donor for anoxygenic photosynthesis and the relative contribution of anoxygenic
photosynthesis to primary productivity has only a minimal influence on the maximum
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dissolved oxygen concentrations achieved, although it does strongly influence the oxygen
distribution in the surface ocean and the areal extent of oxygen oases.

32

Appendix A
MARINE BIOGEOCHEMISTRY SUPPLEMENT
Microbial metabolism

Model representation

Notes

Oxygenic
photosynthesis

106CO2 + 16NO3- + H3PO4 + 106H2O →
OM + 106O2

Sole oxygen source

Anoxygenic
photosynthesis*

53H2S + 106CO2 + 16(NH3) + H3PO4 +
106H2O → 53SO42- + OM + 106H+

Occurs at the expense
of oxygenic
photosynthesis

Aerobic respiration

OM +138O2 → 106CO2 + 16NO3- + H3PO4
+ 122H2O + 16H+

Oxygen sink

Nitrification

NH4+ + 2O2 → NO3- + 2H+ + H2O

Oxygen sink

Sulfur oxidation

H2S + 2O2 → SO42- + 2H+

Oxygen sink

Methanotrophy

CH4 + 2O2 → CO2 + 2H2O

Oxygen sink

Denitrification

OM + 84.8NO3- + 84.8 H+ → 106CO2 +
42.4N2 + 16NH3 + H3PO4 + 148.4H2O

Sulfate reduction

OM + 53 SO42- + 106 H+ → 106 CO2 + 53
H2S + 16NH3 + H3PO4 + 106 H2O

Regenerates e-donor for
anoxygenic
photosynthesis

Fermentative
methanogenesis*

OM → 53CO2 + 53CH4 + 16NH3 + H3PO4

Primary path for
organic carbon
remineralization

OM = (CH2O)106(NH3)16H3PO4
Table A.1 Summary of important biological processes.
*Metabolism was added to the model for this study; original code is provided below.
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A.1 Fermentative methanogenesis code
! CALCULATE METHANE PRODUCTION DURING METHANOGENESIS
SUBROUTINE sub_calc_bio_remin_methanogen(dum_i,dum_j,dum_k1)
! Dummy arguments
INTEGER,INTENT(in)::dum_i,dum_j
INTEGER, INTENT(in)::dum_k1
! Local variables
INTEGER::l,io
INTEGER::k
REAL::loc_potO2def
REAL::loc_r13C, loc_r14C, loc_r15N
REAL:: loc_R13, loc_R14
REAL:: loc_alpha13, loc_alpha14
REAL,DIMENSION(n_ocn,n_k)::loc_bio_remin
! *** INITIALIZE VARIABLES ***
! initialize remineralization tracer arrays
DO l=3,n_l_ocn
io = conv_iselected_io(l)
loc_bio_remin(io,:) = 0.0
END DO
! *** PERFORM METHANOGENESIS ***
! Overall stoichiometry: CH2O -> 0.5CO2 + 0.5CH4
! Under assumed aerobic conditions, 138 mol O2 was consumed per mol OM.
! And, 106 mol CO2 was produced.
! But, methanogenesis is an anaerobic disproportionation.
! Only half of Corg is oxidized to CO2; half of Corg is reduced to CH4
! Therefore, methanogenesis requires that:
!138 mol O2 is restored /mol OM
!53 mol CO2 is removed /mol OM
!53 mol CH4 is produced /mol OM

34
! Nitrogen speciation and, consequently, alkalinity must also be corrected.
DO k=n_k,dum_k1,-1
! Calculate the potential oxygen deficit
loc_potO2def = -(ocn(io_O2,dum_i,dum_j,k) +
bio_remin(io_O2,dum_i,dum_j,k))
! If an oxygen deficit still exists, then perform methanogenesis to completely
! eliminate the remaining deficit:
IF (loc_potO2def > const_real_nullsmall) THEN
! First, calculate C isotopic ratios in preparation for methanogenesis
! Note that the C to be fractionated during methanogenesis was
! already converted to DIC.
!Let r = 13C / (13C + 12C); assume that 13C + 12C = C total.
loc_r13C = bio_remin(io_DIC_13C,dum_i,dum_j,k)/
bio_remin(io_DIC,dum_i,dum_j,k)
loc_r14C = bio_remin(io_DIC_14C,dum_i,dum_j,k)/
bio_remin(io_DIC,dum_i,dum_j,k)
loc_r15N = bio_remin(io_NO3_15N,dum_i,dum_j,k)/
bio_remin(io_NO3,dum_i,dum_j,k)
!Let R = 13C / 12C.
loc_R13 = loc_r13C/(1.0-loc_r13C)
loc_R14 = loc_r14C/(1.0-loc_r14C)
!Define fractionation factor, alpha
loc_alpha13 = 1.0/1.032
loc_alpha14 = loc_alpha13**2
! Produce CH4
loc_bio_remin(io_CH4,k) = (53.0/138.0)*loc_potO2def
! Correct DIC for CO2 conversion to CH4
loc_bio_remin(io_DIC,k) = -(53.0/138.0)*loc_potO2def
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! Restore O2. Methanogenesis should completely eliminate the O2 defecit.
loc_bio_remin(io_O2,k) = loc_potO2def
! aerobic oxidation produced NO3 that must be converted to NH4.
loc_bio_remin(io_NH4,k) = par_bio_red_POP_PON*loc_potO2def/
(-par_bio_red_POP_PO2)
loc_bio_remin(io_NO3,k) = -loc_bio_remin(io_NH4,k)
! Correct alkalinity to account for N speciation.
loc_bio_remin(io_ALK,k) = loc_bio_remin(io_NH4,k) –
loc_bio_remin(io_NO3,k)
! Correct isotopic tracers
loc_bio_remin(io_DIC_13C,k) = -((loc_R13*loc_alpha13)/
(1 + loc_R13*loc_alpha13))*loc_bio_remin(io_CH4,k)
loc_bio_remin(io_DIC_14C,k) = -((loc_R14*loc_alpha14)/
(1 + loc_R14*loc_alpha14))*loc_bio_remin(io_CH4,k)
loc_bio_remin(io_CH4_13C,k) = ((loc_R13*loc_alpha13)/
(1 + loc_R13*loc_alpha13))*loc_bio_remin(io_CH4,k)
loc_bio_remin(io_CH4_14C,k) = ((loc_R14*loc_alpha14)/
(1 + loc_R14*loc_alpha14))*loc_bio_remin(io_CH4,k)
loc_bio_remin(io_NH4_15N,k) = loc_r15N*loc_bio_remin(io_NH4,k)
loc_bio_remin(io_NO3_15N,k) = loc_r15N*loc_bio_remin(io_NO3,k)
END IF
END DO
! *** WRITE DATA ***
! Write ocean tracer remineralization field (global array)
DO l=3,n_l_ocn
io = conv_iselected_io(l)
bio_remin(io,dum_i,dum_j,:) = bio_remin(io,dum_i,dum_j,:) +
loc_bio_remin(io,:)
END DO
END SUBROUTINE sub_calc_bio_remin_methanogen
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A.2 Anoxygenic photosynthesis code
! Adjust primary productivity to account for S phototrophy
! Overall stoichiometry: 2H2O + H2S + 2CO2 --> SO4 + 2CH2O + 2H+
! NOTE: O2 has to be removed because organic carbon fixation has already been
! calculated (above) assuming oxygenic photosynthesis
DO k=n_k,loc_k_mld
IF (ocn(io_H2S,dum_i,dum_j,k) > const_real_nullsmall) THEN
loc_bio_uptake(io_H2S,k) = 0.5*bio_part(is_POC,dum_i,dum_j,k)
IF (loc_bio_uptake(io_H2S,k) > ocn(io_H2S,dum_i,dum_j,k)) THEN
loc_bio_uptake(io_H2S,k) = ocn(io_H2S,dum_i,dum_j,k)
END IF
loc_bio_uptake(io_SO4,k) = -loc_bio_uptake(io_H2S,k)
loc_bio_uptake(io_ALK,k) = loc_bio_uptake(io_ALK,k) +
2.0*loc_bio_uptake(io_H2S,k)
loc_bio_uptake(io_O2,k) = loc_bio_uptake(io_O2,k) +
2.0*loc_bio_uptake(io_H2S,k)
END IF
END DO

! NOTE: This sulfur phototrophy code is modified from Meyer et al. (2008) below:
!!$
!!$
!!$
!!$
!!$
!!$
!!$
!!$
!!$

if (ocn(io_H2S,dum_i,dum_j,n_k) > const_real_nullsmall) then
loc_bio_uptake(io_H2S) = 0.5*bio_part(is_POC,dum_i,dum_j,n_k)
if (loc_bio_uptake(io_H2S) > ocn(io_H2S,dum_i,dum_j,n_k)) then
loc_bio_uptake(io_H2S) = ocn(io_H2S,dum_i,dum_j,n_k)
end if
loc_bio_uptake(io_SO4) = -loc_bio_uptake(io_H2S)
loc_bio_uptake(io_ALK) = loc_bio_uptake(io_ALK) +
2.0*loc_bio_uptake(io_H2S)
loc_bio_uptake(io_O2) = loc_bio_uptake(io_O2) +
2.0*loc_bio_uptake(io_H2S)
end if
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Appendix B
MODEL SCHEMATIC
Sea-air exchange

Oxygenic
photosynthesis

Aerobic
metabolism
Dissolved oxygen
Redox
reactions

Lateral
transport

Vertical transport
Figure B.1 Schematic representation of dissolved oxygen mass balance. The ocean cell
depicted above represents a surface ocean cell; a deep ocean cell would be similar, except
that oxygenic photosynthesis would not provide oxygen and it would not be in direct
communication with the atmosphere.
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Appendix C
MODEL PARAMETERS

Variable (units)

Value

Reference

Phosphate (µM)*

4.6
2.3§
1.65
0.875

Konhauser et al. (2007)
Konhauser et al. (2007)
Canfield & Bjerrum (2002)
Canfield & Bjerrum (2002)

Total sulfur (µM H2S)*

200
20§
2
0.2

Atm. pCO2 (ppmv)^

280§
560
2800
28000

Atm. pCH4 (ppmv), pO2 (PAL)

90, 2.7x10-6
180, 2.7x10-7§
360, 2.7x10-8
1000, 10-12

Canfield (2005)

Goldblatt et al. (2006)
Goldblatt et al. (2006)
Goldblatt et al. (2006)
Kasting et al. (1979)

Table C.1 Manipulated model parameters. *Expressed as total concentration in a
chemically homogenous ocean. §Standard value. ^pCO2 was manipulated as a
mechanism to vary temperature; pCO2 sensitivity results as reported in the text refer to
the corresponding mean global temperature.
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Figure C.1 Continental configuration & seafloor bathymetry. In the absence of reliable
Archean paleogeography, we use a modern ocean basin that has been divided as a 36x36
equal-area grid with 16 depth layers.
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Figure C.2 Depth distribution of organic carbon remineralization. The organic carbon
recycling distribution in the “Hypothetical Archean” scenario is intended to simulate an
Archean ocean in which a lack of fecal pellets and inorganic ballasting increased the
fraction of organic material that was remineralized near the surface.
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Appendix D
ADDITIONAL ATMOSPHERIC CHEMISTRY NOTES
The simulations presented here were conducted under conditions of temporally
invariant atmospheric chemistry. We justify the decision to use a simplified atmosphere
by demonstrating that the surface ocean dissolved oxygen concentrations are insensitive
to atmospheric pO2 (Fig. 9), but we initially decided to simplify our atmospheric
chemistry as a practical consideration.
Some of our early simulations include a freely evolving atmosphere with internal
chemistry. In these simulations, steady state atmospheric pCH4 is externally set by the
balance of diffusion-limited hydrogen escape to space and a volcanic source of reductant
Figure D.1; steady state atmospheric pO2 is set by the internal balance of the sea-air
exchange of oxygen and methane oxidation. Unfortunately, simulations that consider a
dynamic atmosphere required long computation times to approach steady state owing to
1) the long timescales over which diffusion-limited hydrogen escape influences
atmospheric chemistry, and 2) the exceedingly short lifetime of atmospheric oxygen,
which required the implementation of inefficient numerical techniques. These
complications are semi-quantitatively illustrated below.
Following Goldblatt et al. (2006), methane is the only reactive hydrogen-bearing
species in our atmosphere, and we assume that the rate of diffusion-limited hydrogen
escape, H (mol/yr), depends on the atmospheric methane inventory, M (mol), according
to a first-order rate law:
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Physically, this relationship represents photodissociation of methane followed by
hydrogen escape:
CH4 + O2 + hv → 4H↑ + CO2.
It follows that the residence time of methane with respect to hydrogen escape at steady
state is

For s ~ 1x10-5 yr-1,
τ ~ 100,000 years.
As such, the residence time for methane with respect to hydrogen escape greatly exceeds
the timescales of other processes that are relevant to the methane mass balance in our
closed ocean-atmosphere system (e.g., ventilation of the ocean, biological processes).
Furthermore, the methane fluxes associated with the external global redox balance are
much smaller than the internal biogenic methane fluxes that dominate on shorter
timescales and result in large perturbations to the steady state during model spin up. For
these reasons, achieving a steady state atmosphere inherently requires long (i.e. >100,000
year) simulations.
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CH4 + O2 + hν
CH4

CO2 + 4H

CH4

CO2 + H2O

CH4 + 2O2

Figure D.1 Schematic representation of global redox balance. A volcanic input of
reductant (modeled here as CH4) is balanced by hydrogen escape. Internal cycling by the
biosphere is net redox neutral. Red text denotes external redox balance; green text
denotes internal processes.

The challenges presented by the slow adjustment of the atmospheric methane
reservoir with respect to hydrogen escape are exacerbated by the exceedingly short
atmospheric lifetime of oxygen. Stability issues arise because the lifetime of oxygen (<1
second) is much shorter the model timestep (0.1 year)—and complete overturn of the
atmospheric oxygen reservoir occurs more than a million times per calculation interval.
Atmospheric pO2, therefore, cannot be calculated explicitly; instead, atmospheric pO2 can
be approximated by assuming that it evolves in quasi-steady state with atmospheric
methane.
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After Goldblatt et al. (2006), we calculate the rate of oxygen consumption during
methane oxidation as

where

,

,

a1 = 0.0030, a2 = -0.1655, a3 = 3.2305, a4 = -25.8343, and a5 = 71.5398 (Fig. D.2).
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Figure D.2 Methane oxidation rate vs. atmospheric pO2. Nonlinearity with respect to
pO2 arises due to UV shielding associated with the development of an ozone layer for
pO2 > 10-5 PAL.
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At steady state, oxygen consumption during methane oxidation and hydrogen escape
must be balanced by the sea-air exchange of oxygen, F.

Rearrangement yields:

It follows that

and

Using this equation, it is possible find the values of ψ (and, therefore, pO2) for
which the atmospheric oxygen reservoir is in quasi-steady state for a particular sea-air
exchange flux and pCH4. Of course, there are multiple values of ψ (roots) for which the
above expression is true, and these roots represent distinct steady states (i.e. pre- and
post-GOE worlds). We can iteratively approximate the root that represents the pre-GOE
world using a Newton-Raphson scheme, but this procedure is somewhat restrictive in its
application because the root obtained using the Newton-Raphson method is strongly
sensitive to an initial prediction of the root. For this reason, the model is fundamentally
limited in its ability to model atmospheric evolution because the initial guess determines
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whether the model will be “stuck” in a low-O2 or high-O2 condition (or, possibly, fail to
converge on a root). The approximation also significantly increases the number of
calculations performed per time step.
Considering the challenges presented by attempting to calculate pCH4 and pO2, it
is not surprising that restoring the atmosphere to a specified composition ultimately
reduced computation times from months to days. Importantly, this simplification
minimally affects the model results owing to: 1) the limitations inherent in the dynamic
approximation of pO2 in the inflexible GENIE computation scheme, and 2) demonstrated
insensitivity of oxygen oases to atmospheric chemistry (Fig. 9).
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