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Abstract

In order to accurately predict the reaction of ice sheets to climate change and
their contribution to sea level, we must understand ice sheet dynamics and incorporate these dynamics into prognostic models. Here we present observations
and model results that aim to advance our understanding of the ice/bed interface
of ice sheets and glaciers by examining possible grounding line retreat scenarios
of a large marine-based West Antarctic glacier, investigating subglacial hydrology
under a stable West Antarctic ice stream, and directly instrumenting the basal
interface of Engabreen (a large, maritime glacier in northern Norway. First, we
use airborne laser altimetry and ice-penetrating radar data to map the surface and
subglacial topography of the grounding zone of Thwaites Glacier, West Antarctica
which is especially prone to the marine ice sheet instability as it is grounded up
to 2.6 km below sea level on bedrock that deepens inland and is currently losing
mass. Our results show that the glacier is currently grounded on a bedrock sill,
that there is at least one more coherent, large amplitude bedrock sill ∼10 km
inland from the current grounding line, and also that basal crevassing and high
basal reflectivity persist several kilometers inland from the grounding line. This
suggests that warm ocean water may penetrate beyond the grounding zone. We
use a coupled 2-dimensional ice stream/ice shelf/ocean plume model to examine
the sensitivity of the glacier to ocean melt by weakening the grounding zone via
propagation of basal melt inland of the grounding line and reducing the strength
of the glacier’s bed. The model results suggest that if basal melt occurs across a
grounding zone, and not a single grounding point, the glacier is extremely sensitive to local topography and that a grounding zone wider than a critical bedrock
bump size will allow rapid retreat of the glacier on the ∼500 year timescale. The
critical size of the bedrock bump is dependent on the relative amplitude of other
bedrock sills on the same flowline, but is as small as 6 km which is similar in size
to the observed grounding zone on Thwaites Glacier. In the second portion of this
iii

thesis, we present the results of kinematic GPS and ice-penetrating radar surveys
of Subglacial Lake Whillans, an active subglacial lake under Whillans Ice Stream,
West Antarctica. The lake is manifested on the surface as a ∼15 m depression
in its low-stand state. Radar imaging of the subglacial lake, although indicating
wet conditions, is consistent with a water column depth of only ∼6 m. A steep
ridge in basal topography that is coincident with a strong contrast in relative basal
reflectivity (∼6 dB) appears to currently confine the lake. Mapped hydropotential shows that the lake cannot drain via a simple flotation model; however, an
increase in water column thickness by ∼5 m is sufficient to allow drainage via
a buoyant cantilever effect. Thus Subglacial Lake Whillans acts as a temporary
water storage basin beneath Whillans Ice Stream. Finally, we present a series of
observations from Engabreen, a mountain glacier in northern Norway, where we
can directly instrument the bed of the glacier via access provided by hydropower
tunnels. Passive seismic data illustrate that the glacier can transition from a mode
where a considerable portion of the basal motion is accommodated via stick-slip
motion to one where basal sliding dominates with only a modest change in basal
water input from surface melt (< 1 m3 /s change in subglacial water flux). We also
present observations of a “spring speed-up” event or the first introduction of substantial meltwater to the glacier’s bed at the beginning of the melt season. This is
subglacially manifested as a 400 kPa subglacial water pressure pulse accompanied
initially by a long-period seismic signal followed by high frequency seismic signal
indicative of basal cracking. We interpret this as the arrival of a large horizontal
force, the glacier beginning to accelerate forward, followed by a large vertical signal, the arrival of the water pulse. Similar, but lower amplitude signals, that occur
after the initial event suggest that the glacier basal hydrology system continues to
dynamically reorganize in response to input forcing from surface meltwater or precipitation. Therefore hysteresis may need to be incorporated into glacier models
as results to input forcing may depend on the prior organization of the glacier’s
subglacial hydraulic system.
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Whillans Ice Stream with ICESat tracks overlain on active subglacial lakes. ICESat tracks on subglacial lakes are colored by elevation range observed throughout the ICESat period (70). Lake
outlines are shown in white and are from Fricker and Scambos (56).
Background imagery and grounding line (in black) from MODIS
MOA (65). Subglacial lake names from Fricker and Scambos (56):
Upper Subglacial Lake Conway (USLC), Subglacial Lake Conway
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black circles indicate subglacial water column depth detected via
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a) Radargram of a cross-line bisecting SLW (highlighted in white
in Figure 3.4) depicting well-imaged internal stratigraphy and a
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Surface depression associated with SLW. Variable size black circles
indicate subglacial water column depth detected via active-source
siesmics (70). SLW outline from Fricker and Scambos (56) is shown
in gray. The background image is MODIS MOA (65). Contour
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Ice thickness in the vicinity of SLW. SLW outline from Fricker and
Scambos (56) is shown in gray. Contour spacing is every 2 m and
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Relative basal reflectivity of SLW. SLW outline from Fricker and
Scambos (56) is shown in gray. Contour spacing is every 0.5 dB
and index contours are plotted every 2 dB. The southern basal
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Hydropotential in the vicinity of SLW. The background, less finally
sampled image, is a regional hydropotential dataset created using
a combined laser and radar altimetry DEM (25, 63) and reinterpolated bedrock topography collected by Shabtaie and Bentley (144).
Contour spacing is every 5 kPa and index contours are plotted every
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tension (T = 0.35) (153) from airborne laser altimetry data gathered in September 2008 (∼2 m along-track spacing). A Guassian
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Chapter

1

Grounding-Based Geophysical
Glaciology, Basal Processes, the
Grounding Line, and the Marine Ice
Sheet Instability
1.1

Ground-Based Geophysical Glaciology

A decade ago, Houghton et al. (71), when assessing ice sheet mass balance, although
noting large uncertainties, concluded that slight ice sheet growth was likely over the
next century. This growth would be due to increased snowfall exceeding both lowaltitude melt and ice loss from changes in ice dynamics (71, 12). In the last decade,
numerous observations of Greenland and Antarctica show that ice sheets have the
ability to dynamically react to external forcing on sub-decadal timescales; this is 10
to 1000 times faster than previous anticipated (154). Due to the unforeseen rapidity
of these changes, the cryosphere has now become the largest source of uncertainty
in predictions of future sea level (154). Although many of these observations were
made using spaceborne, remote-sensing techniques, the utility of such techniques
in a prognostic sense is limited since they cannot directly examine the bed of
a glacier which is where the physical processes the control rapid changes in ice
motion occur. Ground-based (and some aerial) geophysical techniques, however,
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measure glacier basal processes directly in a localized area. Even though a specific
geophysical observation is only local, the processes such observations illuminate,
if correctly described and implemented in models, can be applied to any glacier
regardless of its size or location.
This dissertation aims to contribute to our understanding of glacier basal processes by presenting a series of geophysical observations from the West Antarctic
Ice Sheet and Engabreen, a large maritime, mountain glacier in Norway. The
first chapter provides a historical context, briefly discusses ice sheet dynamics,
and makes a case for processes studies on smaller systems. The second chapter
discusses dramatic changes occurring in the grounding zone of Thwaites Glacier,
West Antarctica and presents several scenarios of possible future behavior. Investigations of the subglacial hydrology of Whillans Ice Stream, West Antarctica are
the focus of the third chapter. In the fourth chapter, I make a case for processes
studies highlighting fundamental basal processes as observed at Engabreen, Norway. Finally, the fifth chapter summaries results and presents directions for future
work. Although I present several direct results in this thesis, the primary conclusion is, perhaps, that our lack of knowledge in two key areas, the effect of basal
water on ice flow and ice/ocean interactions in the grounding zone of marine-based
ice sheets, is not an intractable problem, and that targeted geophysical studies will
be instrumental in uniting observations and models in such a way that we will be
able to give accurate bounds on suites of scenarios of future ice sheet behavior.

1.1.1

A Historical Perspective: Amundsen and Scott

One century ago this autumn, two rival expeditions, one British and one Norwegian, departed their West Antarctic coastal bases with the goal of being the first
humans to reach the South Pole and, ostensibly at least, to gather scientific data
along their treks. This is the centennial year, not only for the zenith of what has
been christened “the Heroic Age of Antarctic Exploration,” but also for the commencement of ground-based scientific expeditions to Antarctica’s interior. Both
expeditions reached Earth’s southernmost point, and both created lasting scientific
records, but one failed to return. Each expedition typified the national milieu of
their originating countries and their leaders, Amundsen and Scott, were paragons
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of the ideal Norwegian or British national character, respectively. Included in this
national character was a distinct approach to science from each nation.
Sponsored by organizations such as the Royal Geographical Society, the British
team considered science an intrinsic part of any expedition to a polar region. Thus
expectations of scientific ardor, integrity, and precision were high. The formalism
of Victorian England is reflected in the rigid, structuralist approach to science
adopted by the British who relied on strict adherence to established scientific
protocol in order to minimize the risk of incorrect conclusions. Although this
approach virtually eliminated the possibility of serendipitous discovery, it ensured
that British ardently pursued diverse scientific goals and collected scientific data
of superlative quality.
The Norwegians, in contrast, were chiefly concerned with exploration and only
maintained the verisimilitude of formal scientific investigation in order to ensure
necessary external supplemental funding. Amundsen, in spite of his pragmatic
view that scientific goals on exploratory expeditions were only a necessary facade,
made many inadvertent, but adroit observations of wildlife, glacier dynamics, and
geology in his journals. These observations would be useful to his team and future explorers in accomplishing his primary objective of traversing polar regions
with safety and alacrity. Due to this informal, empirical approach, the Norwegian
observations tend to be more intuitive and less quantitative. The proximity of
Norwegians to glaciers in their homeland engendered an unusual, innate familiarity with glacier dynamics. Therefore their qualitative observations of ice dynamics
are often especially perspicacious. Furthermore, having no expectation that their
observations would be subject to scientific scrutiny, the Norwegians were able to
recognize and applaud fortuitous discoveries; thus their interpretations tended to
be more audacious than those of their British counterparts.
Thus both expeditions recorded a plethora of scientific observations relating to
everything they encountered in their travels including the cryosphere. A review
of these observations is both encouraging and humbling. Observational techniques
have advanced dramatically in the last century and we can now map entire ice
sheets from space at a higher spatial and temporal resolution than Amundsen and
Scott could ever conceive using eyes, compasses, and theodolites Figure 1.1. Our
relative lack of advancement in understanding key areas and processes, such as
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grounding lines and basal processes, is, however, humbling.
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Figure 1.1. Antarctica mapped from space. MODIS MOA (65) with Lambertian
radiance applied (168) is draped over a DEM created using satellite radar and laser
altimetry (25, 63). Note the flow features as ice transitions from grounded to floating.
The Ross Ice Shelf (RIS) and Amundsen Sea Embayment (ASE) are labeled. Azimuth
is 170◦ and elevation angle is 50◦ . Projection is polar stereographic with latitude of true
scale at -71◦ .

Due to Scott’s meticulous approach to the scientific goals of his expedition,
descriptions of various scientific experiments and their results are ubiquitous in his
journals. One such description records the first known strain grid measurements
on an Antarctic glacier (142):
We saw that there had been movement and roughly measured it as
about 30 feet. (The old Ferrar Glacier is more lively than we thought.)
After plotting the figures it turns out that the movement varies from
24-32 feet at different stakes – this is 7 1/2 months. This is an extremely important observation, the first made on the movement of
coastal glaciers; it is more than I expected to find, but small enough to
show that the idea of comparative stagnation was correct.
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In this passage, Scott’s fastidious pursuit of scientific goals despite difficult conditions is commendable; yet he uses the results, even though they were contrary
to his expectations, to reinforce his previously assumed, conventional conclusion.
We too often follow a similar tendency of intrepidity towards taking measurements, followed by excessive caution when interpreting results. Today we use GPS
receivers rather than theodolites to measure strain; this allows continuous measurements and lowers our uncertainty to ∼1 cm anywhere on the planet. Furthermore,
interferometric synthetic aperture radar, speckle-tracking, and other spaceborne
techniques can measure millimeter scale motion over large areas of the ice sheet
over longer timescales. I find the advance in our technology over the last century
for making such observations encouraging. Unfortunately, advancements in our
understanding of ice sheet motion have been more elusive.
The night after Amundsen first set eyes on the calving front of the Ross Ice
Shelf, then called the Great Ice Barrier, he wrote (14) 1 :
The 14th of January, one day early than we had expected, we
reached that vast, mystical natural phenomenon, the Barrier . . .
The next large task which lay before us was to find a suitable place
for our camp. My thought had been to drive everything, equipment
and provisions, so far onto the barrier that we could be insured against
the unpleasant possibility of drifting out into the Pacific Ocean, if the
barrier should calve. I had therefore decided a length of 10 miles or 18.5
kilometers would be a suitable distance from the Barrier’s front. But
already the first impression of the local conditions seemed to indicate
that we would be spared at least a large part of that long, troublesome
transport. Along its outer edge, the Barrier displayed a smooth, even
surface. Here in the bay’s interior conditions were completely different.
Already on board Fram we could perceive large terrain disturbances
in every direction. High ridges with valleys between them stretched
in all directions. The highest elevation lay directly south in the form
of a high, rounded ridge which we estimated to be 500 feet high on
the horizon. But it could be assumed that this ridge continued to rise
beyond our field of vision.
Thus our original assumption, that this bay was created due to
underlying land, seemed to be confirmed.
Amundsen, although he shunned science as an unnecessary extravagance on the
1

The translation from Norwegian to English is my own.
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main trek to the South Pole, made many acute, qualitative scientific observations
like this one. The effect of local grounding of ice shelves on ice dynamics remains
a central research questions today that we have yet to quantify well. Thus, despite
a century of impressive advancement in technology that allows us to map glacier
motion from space and traverse the surface of Antarctica with relative ease, many
important issues, such as the effect of basal water on glacier flow and quantification
of local effects in grounding zones in ice sheet models, remain conundrums.

1.1.2

The Role of Modern Ground-Based Geophysics in
Glaciology

Recent observations have revealed acceleration of Greenlandic outlet glaciers, seasonal speedups of grounded portions the western Greenland Ice Sheet (83, 84),
Greenlandic supraglacial lake rapid drainage events (47), and continuing, accelerating rapid mass loss in Antarctica’s Amundsen and Bellingshausen Sea Embayments
(131, 123). Such observations show that ice sheets and glaciers respond to forcing
on short time scales (sub-decadal or shorter). Additionally, ICESat satellite laser
altimetry and other remote-sensing investigations of West Antarctica’s Siple Coast
ice streams have revealed a dynamic subglacial hydrology system where subglacial
lakes fill and drain on the timescales of months to a few years (57, 155, 152, 56, 58).
Many of these rapid changes are controlled by, or are a result of, basal processes
that are not adequately included in numerical models of ice flow. These gaps in
our knowledge of basal processes cast doubt on ice sheet models’ ability to predict
the future state of ice sheets and their contribution to sea level. Despite the proliferation of remote-sensing technology and datasets (both air- and spaceborne),
current knowledge remains largely incapable of addressing basal processes due to
both a lack of high temporal resolution and the difficulty of examining processes at
the basal interface. Surface-based geophysics are one possible remedy to deficient
knowledge of the basal interface. Earlier we outlined the topics of each chapter in
this dissertation; here we take a different view and discuss the processes we will
analyze.
I propose to examine 3 basic geophysical processes and their effects: ice dynamic
changes forced by ice/ocean interactions at the grounding line of a large marine-
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based glacier, subglacial hydrology under an active ice stream, and seismicity at the
bed of a large maritime, mountain glacier (Engabreen, Norway). Understanding all
of these processes is integral to understanding the temporal and spatial variability
of glacier basal conditions, which is responsible for most dynamic behavior of ice
masses and remains the largest source of uncertainty in predictions of future sea
level.
Examining glacier basal conditions (especially glacier sliding) and its constituent processes (for the purposes of this study: ice dynamics forced by ice/ocean
interactions at the grounding line, dynamic subglacial hydrology, and basal seismicity) necessitate studies over disparate spatial and temporal scales. Therefore the
locations and techniques, though seemingly diverse, are selected because they are
the most germane to the processes being studied: ice dynamics forced by ice/ocean
interactions is studied using ice-penetrating radar and laser altimetry on Thwaites
Glacier (the largest glacier in the Amundsen Sea Embayment of West Antarctica),
dynamic basal hydrology is investigated on Whillans Ice Stream (a large West
Antarctic ice stream) using ice-penetrating radar and differential Global Positioning System receivers, and basal sliding and hydrology is examined at Engabreen,
Norway using passive seismicity. As greater understanding of basal processes will
help optimize use of future remote-sensing techniques, ground-based geophysical
investigations, and inform the development of ice sheet models, our results will be
relevant to study of all sliding ice masses. On a more pragmatic note, in order to
contribute meaningfully to cryospheric studies, it is necessary to be eclectic; the
composition of this thesis reflects that reality.

1.2

The Marine Ice Sheet Instability

The West Antarctic Ice Sheet (WAIS) is grounded below sea level (up to 2.5 km
below sea level) (105, 102) (Figure 1.2) and the rock beneath WAIS would remain
below sea level even after post-glacial isostatic readjustment (Thomas, 1979). If
WAIS were to completely collapse it would contribute roughly 3.3 m to sea level
(26). Modeling and sediment cores from the Ross Sea indicate that WAIS has
collapsed in one to a few thousand years several times in the past 5 million years
(122). In an anthropogenically warming world, the speed of deglaciation is only
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Figure 1.2. Shaded relief map of bedrock elevation underneath West Antarctica. Elevation is derived from ice-penetrating radar, active-source seismic, bathymetry and
borehole data (105, 113, 102). The Amundsen Sea Embayment is marked by a white
box. The Siple Coast ice streams are marked by a black box. Note that almost all of
West Antarctica and several major basins in East Antarctica are grounded well below
sea level. Newer surveys such as those of Totten Glacier, the Gamburtsev Mountains,
and the Aurora Basin are not included. Projection is polar stereographic with latitude
of true scale at -71◦ .

likely to increase and could become a concern on timescales of a single human life.
Furthermore, observations (134, 125, 24, 133, 130, 41, 163, 127, 131, 86, 123) and
modeling (122), indicate that the Amundsen Sea Sector of WAIS may be in a state
of rapid collapse. As collapse of all three basins of WAIS is likely contemporaneous,
determining whether WAIS is in a state of collapse and the timescale over which
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a sea level rise may occur is of paramount and supranational importance.
Much of WAIS is currently buttressed by large floating ice shelves and without
these ice shelves WAIS would most likely not exist (108). These ice shelves are
the result of surface accumulation and influx from the grounded ice, but are particularly susceptible to oceanic influences due to direct ice/ocean contiguity. The
grounding line, the location at which the ice goes afloat, is especially sensitive as
either a change in ice thickness or sea level could change the hydrostatic condition governing flotation and thus grounding line position (158). If grounding line
retreat is initiated, the ice flux from up-glacier would cause thickening of ice at
the grounding line, resulting in higher driving stress which in turn would cause
greater ice flux to the ocean, contributing to additional grounding line retreat, and
thus a positive feedback (167). This inherent sensitivity is only exacerbated by the
general landward sloping bedrock geometry of WAIS (roughly a reversed incline
plaining point towards the South Pole) which would encourage further gravitationally driven retreat (105, 102). Additionally changing dynamics at the grounding
line can have nearly instantaneous effects inland; including rapid propagation of
thinning inland as discussed in Chapter 2. A decade ago, ice loss due to grounding
line driven retreat driven by ice thinning at the grounding line from basal melt
in a warmer ocean was thought to be more than offset by gains due to additional
accumulation from increased precipitation (71). More recent observations indicate
that Antarctica’s mass balance is negative and that in some sectors mass loss and
basal melting may be sufficient to initiate a collapse of WAIS (128, 147, 131, 122).

1.2.1

The Grounding Line

Glaciers and ice sheets do not retreat monotonically and even a marine-based
glacier in rapid retreat can stabilize on a new grounding line either due to inherent
mass stabilization or as a result of stabilizing feedbacks at the grounding line.
The three main processes by which grounding-line stabilization is achieved are:
buttressing from ice shelf friction (158, 49), occupation of a locally reversed bedrock
slope (19, 11, 118), and the effect of self-gravitation on sea level (62). However, all
of these stabilization effects are limited and warm ocean water currently causing
very rapid sub-ice-shelf melting is likely sufficient to overwhelm many of these
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stabilizing feedbacks (128, 147, 11, 131, 122, 118). Furthermore, wide drainages
with deep embayments inland are most vulnerable as lateral friction from fjord
walls, which can restrain ice loss before and after calving, is limited.
The ephemerality of grounding line stabilization on bedrock sills after the onset of retreat is another current research topic which is addressed in this thesis.
The complexity of the processes in the grounding zone, the area over which the
grounding line moves on a regular (daily) basis due to tidal flexure, are poorly
treated in many ice sheet models. Most treat the grounding line as a single gridpoint and do not account for tidal flexure, which would allow warm ocean water
penetration inland, and therefore melt across the grounding zone. Recent radar
results (107) indicate that there is little change in basal reflectivity in the first
several dozen kilometers inland from the grounding zone of the Ross Ice Shelf
showing ocean water may penetrate much further inland than the grounding zone.
These caveats in the treatment of grounding lines/zones limit the usefulness ice
flow models in predicting ice sheet retreat due to ice/ocean interactions over short
time-scales (centennial to decadal) and may artificially enhance stabilizing effects
of locally reversed bedrock slopes. In the second chapter of this thesis, we describe
the grounding zone of a large marine-based glacier in West Antarctica and present
several scenarios for retreat based on a more complete treatment of processes in
the grounding zone.

1.3

Subglacial Hydrology

Early theoretical treatment of glacier sliding relied on enhanced creep and regelation melting as mechanisms to facilitate ice motion around bedrock obstacles
(166, 91, 114, 115, 90). Regelation requires only a thin water film at the basal
interface and enhanced creep requires no water (45). These theories, although elegant, important mathematical treatments of basal sliding, could not explain the
fast flow of ice streams where large “rivers” of ice that are ∼100 km wide flow
10 − 100x faster than the adjacent ice which is segregated from fast flowing ice
by shear margins only ∼10 km wide. A series of observations in the 1980s and
1990s furthered stressed the importance of basal water in glacier motion. Activesource seismic surveys of one ice stream, Whillans Ice Stream (WIS) or formerly
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Ice Stream B, revealed that the ice rests on a ∼5-6 m thick layer of water-saturated
glacial till (34); deformation within this till is likely the primary mechanism of ice
stream motion (8). In Alaska and Svalbard, alpine glaciers were observed to suddenly “surge” forward at over 100% of their earlier velocity (89, 110). These surges
initiated in a period of months after decades of relative quiescence and lasted for
years. The supposed mechanism for these surges was a long-term (decadal), geometrically induced mass imbalance forcing either an abrupt change in subglacial
hydrology systems from an arborescent, channelized system to a linked-cavity system which cannot evacuate water as efficiently or a shift from a frozen to a thawed
bed (89, 88, 110, 151, 111). In either case, water plays a dominant role in a quite
rapid shift in glacier motion. More recently, we have observed local ice sheet accelerations of over ∼800% in a matter of hours after the drainage of Greenlandic
supraglacial lakes (47), shifts in the dominant drainage system on alpine glacier
beds in a matter of hours, and even reversed motion of glaciers during extreme
autumn rain storms (60). All of these observations highlight the preponderate role
that sudden changes in basal water conditions have on rapid changes in ice dynamics; all other considerations, perhaps with the exception of ice/ocean interactions
and reduction of buttressing due to ice shelf disintegration, are likely subordinate.
In the third and fourth chapters of this thesis, we examine the basal hydrology of
two different ice masses and its role in changes in ice motion.
Although the third chapter is, in essence, a site survey of a single active subglacial lake under Whillans Ice Stream, understanding subglacial lakes and their
relationship to ice stream dynamics is an area of frontier research as active lakes
were only discovered after the advent of satellite laser altimetry in 2007 (57). Furthermore, recent GPS observations have revealed that the downstream portion of
WIS moves primarily via two short, daily bursts of motion (∼20 min. duration;
∼0.4 m displacement) and is otherwise nearly stationary (33, 172, 173). These
stick-slip events appear to nucleate in areas of locally high hydropotential, suggesting that localized areas lacking adequate basal lubrication are analogous to
asperities in traditional fault models (169, 173). As continued deceleration of the
ice stream (87) suggests that WIS may be in the process of stagnating, understanding the role of active subglacial lakes in basal lubrication under ice streams
may be vital to understanding the future dynamics of WAIS.
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In the spring, mountain glaciers often abruptly increase their velocities following either a spring rain storm or the first prolonged period of surface melt. I present
surface and subglacial observations of a “spring speed-up” event of Engabreen,
Norway in the fourth chapter. While not presenting a comprehensive theory of
spring speed-up events, as these observations are new and interpretations remain
fluid, the similarities of our observations in Norway to those of supraglacial lake
drainages in Greenland are compelling and hint that studies of smaller, quantifiable
mountain glaciers may remain the first step to understanding similar processes in
aggregate on larger ice masses.

1.4

Direct Investigations of Basal Processes

Despite the fact that surface-based geophysical methods directly measure basal
conditions, they resemble remote-sensing techniques in that they depend on our
understanding of the physics of wave propagation (acoustic waves for seismic techniques; electromagnetic waves for radar techniques) through media. Therefore,
they are, fundamentally, techniques to examine basal conditions remotely. Measuring basal conditions, such as basal shear stress, basal sliding velocity, basal
water pressure, basal water flux, etc., directly requires direct access to the basal
interface. Direct access has historically been accomplished by drilling through an
ice sheet or a glacier, which although especially expensive and laborious in the
remote locations where ice sheets and glaciers exist, has been achieved in the past
(52, 53, 54) and several projects are planned in the near future (59). Still these
projects have limitations in that they require specialized, limited borehole instrumentation and observations are, at best, episodic. Two facilities in hydropower
tunnels, one under Glacier d´Argentière in France and the other under Engabreen
in Norway, provide permanent direct access to the basal interface under relatively
mild working conditions. Due to recent rapid ablation at Glacier d´Argentière,
the subglacial facility under Engabreen, Norway remains the only direct access to
a glacier ice/bed interface at pressures analogous to those under ice sheets.
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1.4.1

Engabreen, Norway

In the fourth chapter, we present observations of basal processes from Engabreen
which is the largest outlet glacier of the Svartisen Ice Cap (area ∼200 km2 ) in
northern Norway (Figure 1.3). The propinquity of the glacier to a farm (Svartisen
gård) in operation for ∼300 years provides one of the longest time series of glacier
front positions in existence. Over the last 50 years, this record has been supplemented by extensive mass balance measurements conducted by the Norwegian
Water Resources and Energy Directorate. Through these observations, we know
that Engabreen is quite sensitive to precipitation and oceanic influences, such as
the North Atlantic Oscillation. We also know that Engabreen is quite dynamic
and have witness several cycles of advance and retreat, most recently rapid retreat
and mass loss, in response to precipitation or oceanic influences (97). The lag time
between the forcing and response is short (a few years) (97). The Svartisen Subglacial Laboratory (SSL), installed in hydropower tunnels underneath Engabreen
in 1992 (76), is located under 200 m of ice. Due to the steep surface slope and
thickness of the ice above the research facility, ice overburden pressure in this facility is ∼.25 MPa, an order above that on the Siple Coast ice streams and similar
to those of the steeper outlet glaciers in Greenland or Antarctica’s Amundsen Sea
Embayment. The realistic overburden pressure and rapid response to changing
climatic conditions make Engabreen an ideal, realistic, and unique place to study
basal processes directly and relate the results to analogous processes occurring on
the larger, and more climatically important ice sheets which also have a discernible
influence on sea level.

1.4.2

The Case for Process Studies

In addition to the direct access to the glacier basal interface provided by SSL, there
is also a more fundamental case for studying smaller, more quantifiable glaciers as
a path to understanding ice sheets: the intrinsic physics is, at least to some degree,
the same. Often overzealous projects to directly instrument ice sheets have limited results due to constraints imposed by field conditions and result in disparate
observations that are difficult to unite due to a lack of ancillary information. As
SSL exists in a controlled environment, many of these constraints are eliminated.
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Figure 1.3. Hillshade image of Engabreen, Norway constructed from a digital elevation
model interpolated using continuous curvature splines in tension (T=0.35) (153) from
airborne laser altimetry data gathered in September 2008 (∼2 m along-track spacing).
A Guassian smoothing filter with a diameter of 6 m was applied to eliminate spurious
effects from reflections off the side walls of crevasses. Lighting is projected for the local
conditions on 10 May 2008 at 1300 UTC. The black dot marks the position of the
subglacial laboratory. Projection is universal transverse mercator zone 33 W.

Ancillary information on subglacial conditions is plentiful due to instrumentation
installed for hydropower monitoring and the possibility exists to easily install in-
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struments that would be impractical to deploy through a borehole. Thus smaller,
less expensive studies at location like SSL can provide valuable understanding of
the basic physics behind ice motion which can be applied to a larger system. Although I do not mean to minimize the difficulties associated with scaling physics
from one system to another, the potential contribution of such an approach is frequently ignored. Furthermore, as we can simultaneous instrument the surface and
the bed at Engabreen, we can provide ground truthing for models used to relate
surface observations to basal conditions. Thus observations made at Engabreen can
be useful for studying all ice sliding ice masses regardless of their size or location.

1.5

Summary

This introductory chapter is an attempt to relate the seemingly, distinct and independent observations made in this dissertation. All observations and theories
presented here pertain to basal processes and all are related to relatively rapid
changes of ice masses. There is, however, no dependency between chapters and no
comprehensive basal sliding theory is presented. This reflects the state of the science as we are only beginning to understand the ramifications of the rapid changes
we have observed in the last two decades. These ramifications that require urgent
incorporation into ice sheet models in order to accurately predict the evolution
of ice sheets in an anthropogenically warming world and their contribution to sea
level.

1.6

A Statement of Authorship

Polar field science is, perhaps more so the most other areas of science, a collaborative process. Although the data presented here are the results of collaborative field
efforts, the analysis presented in this dissertation and the conclusions are my own.
There are 3 significant external contributions included in this thesis. In Chapter
2, although the ideas of weakening basal sliding and allowing propagation of melt
from ocean water across the grounding zone and the subsequent conclusions are my
own, Dr. Byron Parizek (The Pennsylvania State University) conducted the modeling of Thwaites Glacier using data input I provided. Dr. Huw Horgan (Victoria
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University of Wellington) conducted analysis of ICESat satellite laser altimetry
which I interpret in Chapters 3. The subglacial instrumentation panel underneath
Engabreen was operated by Dr. Pete Moore (Iowa State University) who provided
me with time series of these measurements some of which are analyzed in Chapter
4. Chapters 2-4 will be or are in the process of being published. Chapters 2 and 3
are currently in review. Chapter 4 is being published as 2 papers. One on the basal
stick-slip of Engabreen will be submitted this spring. The other, on spring speedup events, is a collaborative effort jointly led by Dr. Pete Moore and myself and
is currently in review. Three other significant publications to which I contributed
were published or are in review that are relevant to this thesis. The regional hydropotential maps I present in Chapter 3 were published as part of a larger study
on the stick-slip motion of Whillans Ice Stream (173) that is relevant to Chapter 3.
Geophysical data I analyzed from Bindschadler Ice Stream is published in Walker
et al. (164) using a simpler version of the model used in Chapter 2 to analyze
the influence of the tides on the motion and basal conditions of Bindschadler Ice
Stream. Horgan et al. (70) presents results of active-source seismic surveys over
Subglacial Lake Whillans which are included in maps and discussions presented
Chapter 3. I participated in the GPS and basal mass balance results collected in
this paper and aided in the collection of the active-source seismic data. All other,
more minor contributions are stated by co-authorship or acknowledgements in the
papers published from this thesis.

Chapter

2

Dynamic Instability of the
Grounding Zone of Thwaites Glacier,
West Antarctica
Thwaites Glacier (TG) is, geometrically, more prone to the marine ice
sheet instability than any other glacier in West Antarctica. In addition
to this intrinsic instability, recent observations show TG is experiencing
dynamic thinning and rapid basal melt near the grounding line. Furthermore, high accumulation rates and discharge into deep, warm ocean
embayment mean that TG may respond to climate change with an unexpected celerity. Here we present airborne geophysical observations of a
broad basal sill (wavelength ∼10 km; amplitude ∼300 m) that is located
∼10-20 km inland from the current grounding line of TG which may
stabilize the future position of the grounding line on centennial time
scales dependent upon basal melt rates; no similar structure exists further inland. Our modeling results show that stabilizing feedbacks due
to this ridge are insufficient to halt the retreat of TG if we lower the
basal sliding coefficient and allow warm ocean meltwater penetration in
the grounding zone.
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2.1
2.1.1

Introduction
The Grounding Line

The grounding line is the point at which ice goes afloat. The stability of a marine
based ice sheet that is grounded well below sea level is dynamically linked to the
location of the grounding line or grounding zone (167). Factors influencing the
position of the grounding line include: basal topography, sea level, mass balance
of the glacier above it, ice volume of the surrounding area, and interaction with
the ocean. The position of the grounding line is also influenced by basal factors
including basal melt (128) and basal sediment flux (9). Enhanced basal melt may
account for a considerable portion of the total mass loss of the ice sheet (128, 79,
80) and can lead to additional grounding line retreat as less water is needed to
hydrostatically compensate for the thinner ice column. Grounding line retreat due
to basal melt, sea level rise, or other factors can be stabilized if the grounding line
encounters a localized reverse bed slope (19, 11) where driving stress is opposite
to the direction of retreat. As the ice sheet builds grounding line wedges due to
sediment flux from the interior, these features are ubiquitous. They are formed
when the grounding line is at a stable position for ∼100 years (109, 19). An actively
forming grounding line wedge offers an additional hydropotential stabilizing factor
as water is driven away from the actively forming wedge creating a less lubricated
zone near the grounding line (11). Other stabilizing factors are buttressing from
ice shelf or fjord wall friction (167, 49, 118) and the effect of self gravitation on
sea level (62). In this chapter, we address factors which may overcome these
stabilizing influences including propagation of melt across the grounding zone and
treatment of the grounding zone as a weaker area of the glacier bed where the
transition from free-slip below floating ice to limited–slip below grounded ice can
occur (27, 170, 64).
Before we can address the dynamics of the grounding zone, we must locate it
precisely. Tidal displacements measured on GPS receivers in the grounding zone
can be modeled as an elastic beam flexing in response to the tide (161). Thus
the grounding zone can be considered a transition zone from bedrock supported
ice to hydrostatically supported ice as we transition from the grounded to floating
ice. Observations of this transition indicate that brittle deformation occurs and is
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manifested as tidal strain cracks on the surface and basal crevassing at the glacier
bed (69). Additionally a high surface slope occurs near the grounding line on the
landward side that is bounded by a low slope region seawards (69). This ramp
occurs landward of the grounding line due to bending and thinning of the ice as it
approaches the grounding line which is largely attributable to the bending of ice
over a sea floor ramp before it is fully hydrostatically supported (69). The fact
that the grounding zone on West Antarctica’s Siple Coast is accompanied by a
surface slope ramp (69), the presence of till wedges at the grounding line and their
ubiquity in trans-Antarctica bathymetry (109, 19) as well as various stabilization
mechanisms (49, 11, 118, 62) suggest that grounding line retreat occurs rapidly
and episodically when external forcing due to sea-level rise, basal melt, or loss of
buttressing is sufficient to overcome negative feedbacks to retreat.

2.1.2

Comparison with Siple Coast Grounding Lines

Observations from satellite laser altimetry along the Siple Coast show that the
surface slope ramp occurring landwards of the grounding line varies from ∼0.2–
0.5◦ (69). Following a similar methodology to Horgan and Anandakrishnan (69),
we compare the slopes on the Siple Coast to those occurring in the Amundsen Sea
Embayment where observations indicate mass loss is occurring (134, 125, 24, 133,
130, 41, 163, 127, 131, 86, 123) (Figure 2.1). In Figure 2.1, the same vertical exaggeration is applied and the dramatic disparity between the two grounding zones
is immediately apparently. Although the precipitous nature of the calving front is
the most glaring difference, it is also clear that the slopes across the grounding line
are an order of magnitude higher (∼1–10◦ ) than the those on the Siple Coast (Figure 2.1, Figure 2.4). Steeper slopes are also apparent across the entire catchment
of Thwaites (TG) and Pine Island Glacier (PIG). As hypothesized by Horgan and
Anandakrishnan (69), these steeper slopes are most likely a surface manifestation
of steep bedrock underlying this sector of the ice sheet (68, 102). The presence of
steeper slopes suggests that the glacier may retreat more quickly if on the landward facing side of a slope. Furthermore, as the bed slopes are high and generally
oriented orthogonal to flow as seemingly dictated by the underlying geology (69),
sediment transported by the glacier may be deposited in hollows and not as easily
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propagated up bedrock slopes. Thus stabilization on actively forming grounding
line wedges is more unlikely as these are less likely to occur. The high driving stress
imposed by steep bedrock and exacerbated by high accumulation rates (22) also
means that stabilization on large basal ridges present due to underlying geology is
dependent on their size relative to other basal ridges. Thus TG, with its lack of
confining fjord walls, low and steep bedrock topography (more than 2.6 km below
sea level), and fast-flow epitomizes the class of over-deepened, marine terminating
glaciers at risk of collapse in a Weertman style retreat scenario (167) (Figure 2.2,
Figure 2.3). Thus in contrast to the gentle slopes and relative stability of the Siple
Coast, TG and PIG are most prone to the marine ice sheet instability and current
rapid changes may only be a harbinger of changes yet to occur.

2.1.3

The Marine Ice Sheet Instability

A complete collapse of the West Antarctic Ice Sheet (WAIS) would lead to a potential eustatic sea level rise of ∼3.3 m (26). Recent modelling indicates that
WAIS can collapse on millennial time scales, and that all sectors of WAIS act in
unison, suggesting that WAIS can contribute ∼1 m to sea level rise on centennial
time scales (122). In addition to the intrinsic, geometric instability of the Amundsen Sea Embayment (ASE) of WAIS (158), recent satellite data show that ASE’s
contributions dominate the accelerating sea-level rise from WAIS(163, 145, 131).
Furthermore, current sub-ice ocean melting rates in ASE are likely sufficient to
initiate a collapse of WAIS (122, 129, 147, 123) and basal melt is likely to increase
(157, 143, 66). Here we present airborne geophysical observations of a broad sill
(wavelength ∼10 km, amplitude ∼300 m) ∼10-20 km inland from the current
grounding line of TG which may stabilize the future position of the grounding line
on centennial time scales dependent upon basal melt rates; no similar structure
exists further inland. Our modeling results show that stabilizing feedbacks due to
this ridge are insufficient to halt the retreat of TG if we weaken the basal sliding
coefficient and allow warm ocean meltwater penetration in the grounding zone.
Mercer first warned of the WAIS instability potentially causing large, rapid
sea-level rise (108). The principle mechanism that allows rapid retreat of WAIS
is the marine ice sheet instability (167, 140), in which stabilizing feedbacks are
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required to allow a steady-state ice sheet with a grounding line on a submarine
bed that deepens toward the ice-sheet center. The geometry of TG epitomizes this
class of overdeepened, ocean-terminating glaciers that would be at risk under a
marine ice sheet retreat scenario, where grounding line retreat of a marine glacier is
hypothesized to lead to thickening of ice at the grounding line and result in greater
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ice flux to the ocean from the higher driving stress creating additional grounding
line retreat, and thus a positive feedback (158, 167, 140, 68) (Figure 2.3). This
inherent sensitivity of TG to grounding-line retreat is exacerbated by its discharge
into a deep embayment with relatively warm water (157), high accumulation rates
(22), and lack of a buttressing ice shelf (49). Furthermore, the deep embayment
into which TG discharges may allow efficient evacuations of icebergs away from the
glacier’s calving front removing the potential future buttressing from a proglacial
ice mélange.
Stabilization against grounding line retreat can be achieved via buttressing from
ice-shelf friction (158, 118), occupation of a locally reversed bed slope (19, 118), or
by the effects of self-gravitations on sea level (62). In the case of TG, the large ice
tongue that presently exists likely exerts little back-pressure on the inland ice (125).
Furthermore, areas of ephemeral grounding of Thwaites Glacier Tongue have been
observed to vanish on decadal time scales (139); this suggests that current basal
melt rates are high enough to reduce ice thickness such that ice grounding on a
modest bedrock bump could be thinned to flotation within less than a decade.
The steep basal topography and lack of confining fjord walls (supra- or subglacial)
(Figure 2.2, Figure 2.3) make future formation of a large ice shelf that would supply
significant back-pressure unlikely. The magnitude of the bedrock slopes (O (10◦ ))
on the reverse sides of bumps on TG is sufficient to overcome any stabilization
provided by locally lower sea levels caused by changes in self-gravitation of the
ice sheet as it looses mass (62). Thus only occupation of locally reversed bed
slope appears a viable stabilization mechanism to prevent the retreat of TG. As
the geometry of both the locally reversed bedrock slope and the ice sheet are
critical to calculating the stabilizing effect of a bed bump, detailed observations of
geometry are required for accurate modeling.

2.2

Grounding Zone Characterization

Collection of aerogeophysical data over critical grounding zones, including those
in the Amundsen Sea Embayment falls under the auspices of Operation IceBridge
(an aerogeophysical campaign ostensibly responsible for bridging the gap between
ICESat missions). Here we use data collected in November 2009 from the airborne

−400000

−450000

5
3.

3.5

1000

−1500000

1.5

00

0

500

−5

0

5

−1600000

Basal crevassing initiation

Bed elevation contour (m)

Hydrostatic line

Grounding line

−20 −15 −10

10

Relative Bed Reflectivity (dB)

−1550000

15

1000

00

0

00

−1500000

50

−5

−5
00

−50
0

−1000

0

−10
00

500

−500

−1450000

Figure 2.4. a) IceBridge lines plotted over surface topography. Surface slope along IceBridge lines are calculated from airborne
laser altimetry (99). A digital elevation model (102) is overlain on MODIS MOA (65). Grounding (yellow) and hydrostatic (cyan)
lines are from ASAID (31). White dots mark the furthest inland onset of either discontinuities in the basal reflector or hyperbolae
indicative of basal crevassing. b) IceBridge lines plotted over basal topography (102). Relative basal reflectivity is plotted along
IceBridge lines in gray. Grounding (yellow) and hydrostatic (cyan) lines are from ASAID (31). White dots mark the furthest
inland onset of either discontinuities in the basal reflector or hyperbolae indicative of basal crevassing. The white box marks the
profile shown in Figure 2.5 and used in modeling. The yellow box marks the profile shown in Figure 2.7. Projection is polar
stereographic with latitude of true scale at -71◦ S.

−1550000

12.5

−1600000

Basal crevassing initiation

2.5

2

Bed Elevation (m)
−1500 −1000−5 −500

−500

Velocity magnitude3 contour (km/a)

5

2.5

−

0
50

−5

0

00
−1

0

00

−1

0

Hydrostatic line

4

2.5

2.5

−1
00

0

3

2.5

3

2.5
3

−1000

0
−5

3

3

3

2.5

00

2

Surface Slope (º)

500

.5

3

3.5

2.
5

3.5

3.5

0

Grounding line

1

3.5

Surface Elevation (m)

3.5

3

2.5

2

0

0

3.5

−500000

2.5

b

0
−5
0

2.5

2.
5

2.5

3

−550000

−500

3

0
−50

0
−5

3

−500

00

−1000

2

−500

00
−5
−5

−5

0
00

0

−1

1000

a

25

800

600

400

200

0

−40
0

−30

−20

−10

0

10

5

5

10

10

15

15

20
Distance (km)

20
Distance (km)

25

25

30

30

35

35

40

40

Figure 2.5. A radar profile across the grounding line of TG (marked by white box in Figure 2.4). The top panel shows relative
basal reflectivity after correcting for spherical spreading and englacial attenuation. The basal crevassing initiates at approximately
35 km from the start of the profile. This is nearly coincident with the a surface slope break calculated from airborne laser altimetry
(99) and the ASAID grounding line (31).

0

1600

1400

1200

1000

Relative Power (dB)

Depth (m)

20

26

27
topographic mapper (swath laser altimeter) (99) and multichannel coherent radar
depth sounder (ice-penetrating radar) (4, 103) to characterize the geometry and
basal properties of the grounding zone. Along-track surface slopes are calculated
by extracting nadir elements from the laser altimetry swath and using SavitskyGolay filters to fit a polynomial to surface elevation as a function of along-track
distance and then analytically taking the 1st derivative in a 500 m moving window.
The basal reflector in radar data is digitized using a semi-autonomous algorithm
that determines the maximum sample amplitude and arrival time within one-anda-half cycles of a user determined point by interpolating a spline to the data. The
peak-to-peak amplitude, root-mean-sqaure (RMS) of the sample amplitudes with
the fit one-and-a-half cycles, and the RMS of the sample amplitudes within 10
samples of the peak amplitude are also calculated. In this dataset, we use the
RMS of sample amplitudes over a 10 sample window as a measure of the returnedpower from the ice/bed interface. Bedrock elevation is determined by subtracting
digitized ice thickness from surface elevation.
The IceBridge flight lines used in this study are shown in Figure 2.3 and Figure 2.4. Surface slopes are shown in Figure 2.4 and are more than 10x those
seen on Siple Coast grounding lines (69). Other than wildly fluctuating surface
slopes over the heavily-crevassed ice tongue, the steepest surface slopes generally
occur immediately upstream of the initiation of basal crevassing (determined by
locating the most upstream hyperbolae in radar profiles). We interpret this as the
inland limit of ice flexure at the time the data was collected. It is noteworthy
that on some lines this point occurs more than 10 km upstream from the ASAID
grounding line indicating that tidally induced flexure can occur over a large zone.
In the southernmost profiles (grid directions) the distance between the grounding
line and flexure limit may indicate either recent grounding line retreat between
the two measurement campaigns (∼10 yrs separation) or more likely the existence
of an ice plain. In the central trunk of TG, the current grounding line is nearly
spatially coincident with the flexure line (flexure line generally 1-5 km inland from
the grounding line). Likewise, the flexure line and grounding line are nearly coincident on the northern section of the ice shelf which may have local ice rises. In
the central trunk of the glacier, the highest slopes inland of the grounding line occur approximately 15 km upglacier from the currently grounding line. These high
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slopes are located directly above a significant bedrock bump (Figure 2.5) which
may represent a position of future grounding. On both the southern and northern
sides of the glacier, more significant basal topography will prevent further retreat
without dramatic ice thinning (Figure 2.4).
The existence of basal crevassing well upstream of the grounding line (∼10
km) suggests that flexure is occurring a considerable distance inland. This also
suggests that warm water infiltration (and potential enhanced basal melt) can
occur significantly upstream of the grounding line via tidal pumping. In the flexure
zone, when the tides drop, the ice will bulge up slightly upstream of the grounding
line. As the ice rises, the substrate (till, water, or some mixture) expands due
to the reduction or normal stress. The resulting pressure drop will result in a
local hydropotential low such a that water inflow will occur from both up- and
downstream. When the tide rises, the inland ice will lower pushing water both upand downstream. This tidal pumping mechanism has the potential to allow ocean
water propagation significantly upstream of the grounding line which could drive
enhanced basal melt to at least the inland flexure point and possibly beyond as
water will be squeezed upstream beyond the flexure zone.
If ocean water does not propagate upstream of the grounding line, there should
be a large amplitude contrast across the grounding line due to the large dielectric
contrast between sea water and ice (dielectric constant of ice i = 3.2 − 0.63i
(106) vs. dielectric constant of sea water sw = 79.7 − (2.4 · 104 ) i (51) at relevant
frequencies and temperatures). In general, the echo intensity Pr of a reflector is
given by (35):
Pt G
Pr =
exp
4π(2H)2




−2H
Rb
La

(2.1)

where Pt is the transmitted power, G is the effective antenna gain, H is the one-way
path length (effectively ice thickness for near normal incidence), La is mean attenuation length, and Rb is the reflectivity of the basal reflector. Thus the received
power is subject to losses due to both spherical spreading and attenuation. As
we do not have precise knowledge of the relavent system parameters (transmitted
power and effective antenna gain) or attenuation, we cannot calculate Rb directly.
We can, however, account for relative variation of power returned from the basal
reflector within our dataset, but we must first account for spherical spreading and
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englacial attenuation. To account for spherical spreading, we normalize the received power to a constant depth by multiplying the received power by the square
of the ratio of the depth of the basal reflector to the shallowest depth of basal
reflector observed. Accounting for englacial attenuation is more difficult. We first
convert the mean attenuation length La (m) to the more intuitive depth-averaged
attenuation rate Na (dB/km) or:
Na =

104 log10 e
La

(2.2)

which describes the loss of power as a function of depth. Solving for bed reflectivity is a seemingly intractable problem as Equation 2.1 indicates that we need
simultaneous knowledge of attenuation rate Na and received power Pr and we only
know Pr . Furthermore, we have no area of flat bed with significant variation of
ice thickness that we can assume is a suitable reference reflector to which to normalize received power. An absence of persistent internal reflecting horizons and
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presence of processing artifacts means we cannot account for spatial variation in
englacial attenuation through changes in the power of internal layers. Therefore we
are forced to assume that relevant parameters affecting englacial attenuation (ice
chemistry and temperature (106)) are relatively uniform over our dataset. Then we
can calculate the attenuation rate Na by fitting a line to Pr as a function of depth.
This approach also assumes a large dataset as it is necessary to sample a variety of
basal reflectivities at every depth in order not to bias the fit. In Figure 2.6 we calculate a linear iteratively re-weighted least squares best fit Na to ∼6·104 received
power points. The result is Na = 15.2346 ± 0.0684 dB/km which is comparable to
values of Na calculated using a variety of methods on the Siple Coast ice streams
(174, 106, 78, 107). The large number of points ensures a low standard error, so the
standard deviation of the residuals (6.319 dB) may be a better measure of uncertainty. The fact that the attenuation corrected values are not segregated by depth
indicates that our dataset is likely large enough that we are not seriously biasing
our results by using this imprecise method. Even if our calculated attenuation rate
is incorrect, this method shows that relative basal reflectivity in this dataset is relatively insensitive to an assumption of constant depth-averaged attenuation rate
and that the residuals from the linear fit are likely provide a suitable observation
of relative reflectivity.
In Figure 2.5 the top panel shows relative reflectivity as a function of distance.
Here the grounding line occurs approximately 35 km from the start of the profile
and reflectivity gradually declines for the ∼5 km inland of the grounding line
suggesting that some sea water may penetrate inland via tidal pumping. Relative
reflectivity for all digitized points of the basal reflector is plotted in Figure 2.4.
Although there is some variation among profiles, on several profiles reflectivity in
the ∼5 km inland zone is as bright as the brightest values obtained over the ice
shelf. We also do not see a large (> 15 dB) change in reflectivity indicating a
drastic change in dielectric constant that would be expected if no sea water were
penetrating beyond the grounding line. Thus it appears likely that sea water does
penetrate inland of the grounding line. The amount of penetration cannot be
determined from this study alone.
One additional line of evidence lends credence to the argument that ocean
water penetrates well inland of the grounding line. Following Joughin et al. (85),
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we calculate the flotation profile height hf = H(ρw − ρi )/ρw where ρw and ρi are
the density of water and ice, respectively, H is ice thickness, and hf is the flotation
height such that ice of thickness H that is in hydrostatic equilibrium would have
elevation hf above sea level. In Figure 2.7, we see one example where the ice is
near or at flotation nearly 8 km inland of the grounding line. In fact, every profile
where we have detected basal crevassing significantly inland of the grounding line
(Figure 2.4) is near or at flotation until we reach the innermost basal crevasse
detected by ice-penetrating radar. It is intuitive that basal crevassing occurs when
the ice is at or near flotation as the basal water pressure is near or at the ice
overburden pressure. This zone at or near flotation inland of the grounding line
is also likely prone to tidal pumping of ocean warm inland of the grounding line
as only very subtle changes in hydropotential would be sufficient to drive water
inland. The presence of basal crevassing indicates tidal flexure which is necessarily
accompanied by transport of ocean water inland (up to nearly 10 km inland on
some profiles). Again, this result makes no statement about the amount of ocean
water transported or the basal melt that it causes, but merely shows that ocean
water transport significantly inland of the grounding line is likely. Also, as less
than 10 m of thinning is needed to float ice of remaining pinning points on many of
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the profiles with basal crevassing inland of the grounding line and current thinning
rates near the grounding line are ∼ 6 m/a (123), Thwaites Glacier may be primed
for a substantial grounding line retreat of ∼5-10 km. The timescale of the retreat is
uncertain since the speed of meltwater infiltration and basal melt on the backside
of bedrock bumps that offer more substantial pinning is unknown.

2.3

Flowline Modeling

In order to asses the state of health of Thwaites Glacier in the next 500 years, we use
a coupled ocean plume/ice stream/ice shelf flowline model (118) with modification
to the treatment of grounding zones to simulate possible future glacier geometries.
Our results indicate that grounding line position is extremely sensitive to the
relative size of the width of the grounding zone and bumps in bedrock topography.
For example, on one profile (Figure 2.4), modeling indicates that if the grounding
zone is 7 km wide the glacier will retreat catastrophically over the next 500 years,
whereas the glacier will stabilize on the next inland bedrock sill if the grounding
zone is only 5 km wide. The sensitivity of grounding line position to grounding
zone width and local topography shows that 3-dimensional models that use a 5 km
input gridded dataset (102) are likely incapable of providing accurate predictions
of future ice sheet behavior.

2.3.1

Coupled Model

We simulate ice flow using a 2-dimensional finite element model with a variable
width flowband (119, 118) (Figure 2.8) along one radar profile in the central portion
of the trunk of Thwaites Glacier (Figure 2.4). Basal melt rate is calculated using a
modified version of the Jenkins (81) model, consisting of diagnostic equations for
continuity, momentum, and heat and salt conservation in terms of plume velocity,
thickness, temperature, and salinity (118). We modify the model in grounding
zones such that warm ocean meltwater can propagate across the grounding zone
causing enhanced basal melt in the grounding zone and lowering the basal friction
coefficient. First, we must define the grounding zone. Generally, the grounding
zone is defined as the area across which the grounding line moves during a tidal
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Figure 2.8. An example of the variable width flowband modeled. Width generally
narrows as flow converges with a maximum width of 132 km, minimum width of 50 km,
and mean width of 73 km.

cycle, and as such it is roughly equivalent to the flexure zone seen on differential
interferograms from radar satellites (132). We use a more liberal definition where
the grounding zone is the area over which ocean water may be present. Under
this definition, the inland limit of basal crevassing and ice surface elevation that is
equal to the theoretical flotation profile elevation describe grounding zone width
(on Thwaites Glacier up to 10 km wide (Figure 2.4, Figure 2.7)). We assume that
basal melt occurs across this zone, but impose a linear ramp on the basal melt
such that it reaches its maximum value at the grounding line and decreases to 0
at the inland edge of the grounding zone. Or, we modify the vertical continuity
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equation in the grounding zone to be:
∂ (hū)
x − xic
∂h
=−
−m
∂t
∂x
wgz

(2.3)

where h is ice thickness, t is time, x is position along flow, ū is the horizontal
depth-averaged along flow velocity, xic is the inland most crevasse position which
marks the inland limit of the grounding zone, wgz is the grounding zone width,
and m is the ice-equivalent basal melting rate calculated by the ocean model. To
weaken the resistance to motion at the bed in the grounding zone, we modify the
boundary conditions for the momentum balance such that:


∂u(z)
∂z
∂u(z)
4ν
− ρg(s − z)
−ν
=R
∂x
∂x
∂z

(2.4)

where R is given by:



0


∂b
R = −τb − ρgh ∂x



ρ gb ∂b
sw

∂x

at the surface
at the bed, for all grounded ice

(2.5)

at the bed, for all floating ice

where u is the horizontal velocity, ν is the effective viscosity, ρ and ρsw are the
densities of ice and salt water, respectively, g is acceleration due to gravity, s and
b are surface and bed elevation, z is elevation, and τb is the basal drag. We assume
that basal drag results from the deformation of a linear viscous substrate, such that
τb = Bb u(b) where Bb is the basal friction coefficient (118). In order to weaken basal
drag in the grounding zone due to additional sediment deformation (8) or presence
of ocean water lubricating the bed, we set τb = 0.25Bb u(b) in the grounding zone.
Although this may seem like a drastic weakening, it may actually be conservative
as the presence of water could caused lodged till to become dilated. Also, we do not
include 3-dimensional effects such as additional off-axis ocean water infiltration.
Our model runs use a variable flowband width that is based on flow convergence (Figure 2.8). Geometry is set by the surface and bed elevation from the data
analyzed in section 2.2 and the standard model geometry used in the SeaRISE
simulations (102) is interpolated to 1 km spacing outside the model domain of sec-
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tion 2.2. In areas of mismatch between the coarser and finer datasets, DC-offsetes
are applied to eliminate artificial discontinuities. Initial velocities are constrained
using interferometric synthetic aperture radar derived velocities from the mid-1990s
(86). Initial ice-front position is based on analysis of multispectral satellite data
(MacGregor, pers. comm., 2011). The initial ice temperature profile (Figure 2.9
is set by the output of a 3-dimensional ice sheet/ice shelf model (122) and the
output of this model us used to update the temperature profile as our model runs
to incorporate accurate treatment of the ice-hardness parameter. This temperature evolution is also constrained to match surface temperature (Figure 2.9). We
calculate ice shelf base ocean thermodynamics following Holland and Jenkins (67)
using data from conductivity, temperature, and depth sensors deployed in Pine Island Bay (80) to set the initial ocean conditions. These measurements suggest that
circumpolar deep water is present at depths of 700-1000 m in the interior of Pine
Island Bay (80). Thoma et al. (157) report two zones of circumpolar deep water
thicker than 300 m in the immediate vicinity of the Thwaites Glacier Ice Tongue.
Based on evidence for the presence of a large bathymetric ridge under Thwaites
Glacier Ice Tongue from airborne gravity data inversions, we conservatively set the
thickness of the circumpolar deep water layer to ∼200 m. We set the surface ocean
(depth 0-100 m) temperature to the salt water freezing point, Tw = −1.8◦ C; the
temperature of the bottom layer of circumpolar deep water is set at Tw = 1.0◦ C.
We apply a linear interpolation for the water column temperature between these
two layers. We decrease the circumpolar deep water column thickness as we come
into the ice shelf cavity by assuming that it cannot rise over bedrock sills with
an elevation greater than shallowest depth of the circumpolar deep water column.
This assumption is again conservative as water can likely move to the backside of
basal ridges via troughs in bed topography. Model runs begin in 1973 and use the
present ocean and climate (2004) until the year 2011. Beginning in 2011, we use
the ensemble mean of 18 IPCC assessment report 4 models under warming scenario
A1B (154) to force the ocean and atmosphere until 2100 after which conditions
are held constant until model runs end in 2500. Here we will discuss 2 model runs
whose only difference is grounding zone width (6 km vs. 10 km).
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Figure 2.9. Initial ice temperature (◦ C) profile used in the flowline model. The top
panels show temperature in virtual boreholes as a function of depth for various distances
along the flowline. The bottom panel shows the initial condition ice temperature for the
entire modeled profile.

2.3.2

Model Results

When initially running models without weakening of the grounding zone (i.e. treating the grounding line as a single point), Thwaites Glaicer does not retreat on a
500 year timescale. These runs also indicated that current thinning rates are also
anomalous. After initially decreasing, such large thinning rates (equal to those
presently observed) appear at no other time else in the record. Based on measured
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thinning rates (123), grounding zone widths (5-10 km) (125) (this study), and the
fact that Thwaites Glacier is out of balance (24), we conclude that a model that
treats the grounding line as a single point gives unrealistic results. We posit that
our grounding zone weakening assumptions (subsection 2.3.1) are not exaggerated
based on available geophysical data in the grounding zone of Thwaites Glacier
(80, 157, 107) (section 2.2) and uncertainties regarding lithology in the grounding
zone. Our results show that grounding line retreat is extremely sensitive to the
width of the grounding zone and the detailed bedrock topography.
The results of two model runs (one with a grounding zone of 6 km and the
second with a grounding zone of 10 km; the profile used is marked in white in
Figure 2.4) are shown in Figure 2.10, Figure 2.11, and Figure 2.12. In both runs,
the grounding line quickly retreats to the next bedrock bump at 130 km distance
along flow (by year 2020). After this point thinning continues and first one (year
2020) and then 2 (year 2160) large subglacial lakes are formed. Eventually these
lakes merge (year 2200) into one large subglacial lake. Although the model run
with the wider grounding zone (10 km) retreats more quickly (one large lake by
year 2120), the behavior of the two models is essentially identical except for the
speed at which it occurs up to the formation of one large subglacial lake. Once
a large subglacial lake is formed, the model behavior of the 2 runs diverges. The
grounding line in the 6 km width grounding zone run never retreats over the
subglacial lake and is essentially stable for the next 280 years until the end of the
model run. In model run with a 10 km wide grounding zone, the dammed lake
persists for approximately 60 years but once retreat past the lake begins in ∼2180,
the grounding line retreats through the entire model domain in less than 100 years,
i.e. Thwaites Glacier has collapsed by 2250. Although not shown here, as the
model is currently still running, a 7 km wide grounding zone is sufficient to initiate
catastrophic retreat on the 500 year time scale, albeit delayed in comparison to the
10 km grounding zone run. The critical grounding line width to initiate retreat
is the distance between the top of the bedrock bump at approximately 130 km
along flow and the downstream end of the subglacial lake. If the grounding zone is
equal to or wider than this distance (7 km), catastrophic retreat occurs. If there
is no catastrophic retreat, basal melt stabilizes and essential remains unchanged
throughout the time domain of the model (Figure 2.11). Catastrophic retreat is
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accompanied by at first a large increase in basal melting ∼10 km downstream
of the grounding line followed by contemporaneous inland propagation of both
basal melt and grounding line position with basal melt rates of 50 m/a occurring
directly at the grounding line during at times of highest grounding line retreat
velocity (Figure 2.11). Similarly, if there is no catastrophic grounding line retreat,
inland ice thinning rates stabilize after grounding line stabilization on the next
inland bedrock bump and then stutter occasionally due to dynamic imbalances
in mass from upstream flux, but these imbalances generally do not propagate
farther than 100 km upstream of the grounding line (Figure 2.12). During an
episode of dramatic retreat, thinning rates of 5 m/a propogate across the entire
spatial domain in less than 2 decades. In both runs, basal melt rates and inland
thinning/thickening rates remain realistic and never exceed the limits seen in the
observational record. Thus, it is crucial to know detailed bedrock topography and
grounding zone width (as defined in this study and not as the flexure zone), as
differences of 1 km in grounding zone width (the model spatial sample size) can
make the difference between stabilization on millennial time scales or catastrophic
retreat on centurial ones.

2.4

Discussion

In addition to losing mass and thinning dramatically inland (125, 131, 123), Thwaites
Glacier appears primed to retreat. All profiles where crevassing is present significantly inland of the grounding line are also nearly at flotation and only minor
changes additional thinning (< 10 m) would be needed to float the ice of remaining pinning points. Roughly 1/2 the profiles have significant areas near flotation
and most of these profiles which have thinned nearly to flotation are not located
in the central trunk of the glacier (Figure 2.4). This implies that grounding line
retreat has already occurred in the main trunk of the glacier and the margins of
the glacier have yet to fully equilibrate to the retreat in the central trunk. These
results are consistent with analysis of differential interferometric synthetic aperture radar results (130) which indicate that the central area of fast flow in the
glacier is widening, but not that there is an increase in velocity. Still, an increase
in velocity on the sides of the glacier could lead to a reduction of lateral drag and
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an increase in velocity in the central portion of the glacier as it is still drastically
out of balance (24). Such an increase in velocity would lead to greater ice flux at
the grounding line and thus invoke the marine ice sheet instability feedback, so
the current grounding line stabilization in the main trunk of the glacier could be
quite ephemeral.
The geophysical evidence for ocean meltwater penetration inland of the grounding line from radar basal reflectivity (section 2.2), inland pumping of saltwater via
tidal flexure across a relative wide flexure zone (125), and glacier along-flow geometries near flotation shows that ocean water does penetrate beyond the grounding
line. Furthermore, as we make no attempt to incorporate 3-dimensional effects,
such as ocean water infiltration around bedrock bumps, our assumptions regarding
basal melt in the grounding zone are probably not exaggerated. Our weakening of
the basal drag is more contentious, but given uncertainties regarding lithology in
the grounding zone and the before-mentioned 3-dimensional effects, it may not be
unrealistic and is diagnostic of the amount of model modification needed to allow
retreat. Currently, the geophysical data to address this assumption do not exist,
but there is a proposal under review which would investigate surface velocities and
bed properties in the grounding zone of Thwaites Glacier using kinematic GPS and
phase-sensitive radar surveys. Once these assumptions are included in a flowline
mode, the ice sheet can retreat several hundred kilometers in less than 500 years if
the grounding zone is wider than the reversed-slope side of critical bedrock bumps.
In order to assess the feasibility of the retreat scenario we have modeled, we can
look for paleoclimatic evidence of previous rapid retreats. Several lines of evidence
indicate that West Antarctica has collapsed in the past. First, the most realistic 3-dimensional ice sheet/ice shelf model, which is calibrated with records from
sediment cores that record glaciated vs. open ocean conditions, indicates that the
West Antarctic Ice Sheet collapsed and formed several open seaways in one to a few
thousand years in past interglacial periods (122). Second, subglacial sediments collected beneath Whillans Ice Stream show evidence of exposure to marine conditions
but cannot be dated more reliably than to a Pleistocene interglacial (138). Third,
sediment cores recovered from beneath the northwest part of the Ross Ice Shelf
record periodic collapses of the West Antarctic Ice Sheet in response to orbitally
induced changes in insolation (primarily due to obliquity) in the Pliocene (112).
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Fourth, anomalously high similarity in bryozoan species assemblages in the Weddell and Amundsen Seas can be explained if there was recent (with a few hundred
thousand years) migration through an Amundsen-Weddell Seaway (162). Fifth,
current ice loss rates would open a seaway between the Amundsen and Weddell
and Amundsen and Bellinghausen Seas in ∼1000 years via flotation alone (162).
Sixth, bathymetry in the Amundsen Sea shows numerous examples of channels
created by large subglacial lake outburst floods like those predicted by our model
runs (113). Thus, it is likely that West Antarctica has collapsed numerous times
in the past and that seaways have formed between the major embayments. Collapse in the future on timescales of ∼250-500 years using models that include ice
dynamics does not seem unreasonable given the fact that seaways would open via
flotation alone with current mass loss rates in approximately 1000 years (162).

2.5

Conclusions

In this chapter, we have mapped the surface and basal topography of the grounding
zone of Thwaites Glacier using airborne laser altimetry and ice-penetrating radar
data. Our analysis shows that ocean water likely penetrates several kilometers
inland of the grounding line and that profiles on both sides of the glacier’s central
trunk are nearly at flotation and therefore primed for additional grounding line
retreat although the time scale of this retreat is uncertain. Flowline modeling of
Thwaites Glacier using the more precisely mapped glacier geometry in the grounding zone and including the effects of ocean water penetration beyond the grounding
line indicate that Thwaites Glacier could retreat over 270 km in about 250 years,
but also that the glacier’s grounding line position could stabilize for 500 years or
more depending on the width of the grounding zone relative to the size of bedrock
bumps upon which the grounding line may stabilize. The results in this chapter
agree with several other studies that indicate that the West Antarctic Ice Sheet
has collapsed in past interglacials (138, 113, 112, 122, 162) and that it may collapse
rapidly (< 1000 years) once retreat is initiated. These results indicate that revised
treatment of grounding lines is necessary to simulate realistic ice sheet behavior
and that 5 km resolution models likely smooth over important topographic details
which may either accelerate or retard grounding line retreat.
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Chapter

3

Geophysical Investigations of the
Subglacial Hydrology of Whillans Ice
Stream, West Antarctica
Recent satellite laser altimetry observations have revealed numerous
areas of temporary surface elevation change in West Antarctica which
have been interpreted as active subglacial lakes that fill and drain on
timescales of a few months to years. Several of these active subglacial
lakes are under Whillans Ice Stream (WIS). As the “stick-slip” motion
of WIS is especially sensitive to local basal hydraulic conditions, the interaction of active subglacial lakes with the basal hydrology is crucial to
understanding the motion of WIS. Here we briefly review the motion of
WIS and its basal hydrology. We then show that one of these subglacial
lakes, Subglacial Lake Whillans, acts as a temporary storage basin for
subglacial water and possibly drains via a buoyant cantilever effect.

3.1

Introduction: The Siple Coast Ice Streams

The ice streams of the Siple Coast of West Antarctica flow 10 − 100x faster than
their surroundings and are the dominant way ice is evacuated from the interior of
the ice sheet to the Ross Ice Shelf in the Ross Sea Embayment. Although these
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ice streams are generally correlated with bedrock troughs, the reason for their fast
flow is due to a thin layer of deforming till at the base of the ice (34, 8, 52). This
layer of till is especially sensitive to external forcing (33, 18, 172) such as the tides
and also to hydraulic conditions under the ice stream (169, 173). Recent satellite
laser altimetry data from the Geoscience Laser Altimetry System (GLAS) aboard
ICESat have shown that localized areas of the ice streams experience large secular
elevation changes over timescales of a few years (57, 152, 56, 58). These changes
are inferred to be indicative of an active subglacial hydrology system including
subglacial lakes that quickly fill and drain (57). As the ice streams are sensitive to
changes in hydrology which may lubricate “sticky-spots” at the bed(169, 173), may
have shut down via water piracy in the past (16), and may currently being shifting
their dynamics (87, 78), understanding water systems underneath ice streams is
vital to understanding ice stream motion and their future behavior. In this chapter,
we present introductory information on active subglacial lakes and Whillans Ice
Stream.

3.1.1

Whillans Ice Stream

Of all the ice streams, the motion of Whillans Ice Stream (Figure 3.1), formerly Ice
Stream B, is, perhaps, the most extraordinary. The ice stream’s relatively sedate
motion (∼10-15 cm/d) is abruptly interrupted by a sudden burst of movement
(∼0.4 m) approximately twice a day (33, 169, 172, 173). Although these “stickslip” events are modulated by tidal forcing, they occur due to the ice stream’s
sensitive basal hydrology where a few critical “sticky-spots” temporarily restrain
the entire gravitational driving stress of the ice stream (169, 173). Although this
relationship had been previously hypothesized (7), Whillans Ice Stream is a place
where it actually occurs with amazing regularity. The regularity of this motion
makes WIS the most stable strike-slip fault system in the world and it is thus of
relevance to the earthquake community in addition to the glaciological, climate
change, and geological communities. The recent discovery of an interconnected
system of active lakes that fill and drain below WIS and the possibilities of changes
in these drainage patterns (57, 152, 56, 58) only escalates the need for additional
study of this system.
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Figure 3.1. Whillans Ice Stream with InSAR derived velocities (82) overlain on MODIS
MOA (65). Active lake outlines and one suspected flow path are shown in blue (56).
dInSAR flexure limits on the grounding zone are plotted in yellow and cyan (132).
The South Pole traverse route is shown in red. GPS stations deployed as part of the
WISSARD project are plotted as black crosses. Polar stereographic projection with true
scale at -71◦ .

3.1.2

Active Subglacial Lakes

Recent ICESat satellite laser altimetry and other remote-sensing investigations of
Antarctic have revealed a dynamic subglacial hydrology system where subglacial
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lakes fill and drain on the timescales of months to a few years (57, 155, 56, 152, 58).
Despite the knowledge of large inactive subglacial lakes for nearly 40 years (117),
those identified in ice-penetrating radar surveys (150) do not coincide with those
identified using satellite laser altimetry elevation changes; this suggests that the
elevation changes caused by basal hydrology dynamics are dependent only on temporary basal water storage (152). Furthermore, the strong association of dynamic
subglacial lakes and onset of streaming flow in the Ross and Weddell Sea Embayments (152) suggest that fast flowing glacier systems produce enough frictional
heat to create a plentiful water supply to replenish subglacial lakes after they have
drained to the ocean. As the Ross and Weddell Sea Embayments drain approximately 2/3 of West Antarctica, understanding the effects subglacial lake dynamics
have on grounding line stability and onset of streaming flow are fundamental to understanding the stability of the West Antarctic Ice Sheet (WAIS). Although both
the Ross and Weddell Sea Embayments are currently roughly in balance (41, 131),
teleconnections between the Amundsen Sea Embayment, where subglacial lakes
are not present and mass loss is occurring (41, 131), imply the need to understand
the dynamics of all 3 embayments in order to accurately predict the stability of
WAIS and its contribution to sea level rise of the centurial to millennial time scales
(122), and thus necessitate immediate study of dynamic subglacial lakes.
Numerous empirical and theoretical studies have shown that enhanced basal
lubrication from a sudden influx of meltwater can have a dramatic effect on ice flow
(10, 47, 155). In Antarctica, subglacial lake drainages have been responsible for accelerations of 10% over a period of months (155), cause surface elevation changes on
the order of meters (57, 56), and lake drainages are linked with drainages upstream
of transient subglacial lakes preceding filling and eventual subsequent drainage of
downstream lakes (56). Lake drainages also not isolated, but appear to have the
capacity to influence sticky-spots such as Ice Raft A (7) on Whillans Ice Stream
(WIS), which is likely a nucleation point for the tidally modulated observed stickslip motion of Whillans Ice Stream (169, 172, 173) following the drainage of a
particular lake, Subglacial Lake 10, after which the sticky spot at Ice Raft A appears to migrate upstream (56). The dynamic nature of the water systems implies
rapid reorganization of drainage paths. As loss of lubrication of sticky spots is a
likely cause of ice stream stagnation (16), shifting lake drainage systems have the
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potential to dynamically change ice stream flow. It is critical to delineate such
inherent changes in ice stream flow from climatically triggered changes in ice sheet
models; this is an ability we currently lack. Of equal importance is understanding
sedimentological impact of rapid transit of water and sediment under the ice sheet
from subglacial lake drainages. Sedimentary wedges are spatially ubiquitous in
circum-Antarctic bathymetry data (109), but only one has been catalogued under
an extant grounding line forming due to rapid sedimentation of till transported by
the ice stream (19). As such grounding line wedges likely act to stabilize ice sheets
against grounding line retreat due to modest changes in sea level rise (less than
that necessary to float the additional ice thickness due to the grounding line wedge)
(11), understanding their depositional processes and the role subglacial lakes may
have in redistributing and supplying till under ice sheets is vital to modeling their
future stability. Thus understanding both the direct effects of lakes drainages on
ice sheet dynamics and their indirect effects through sedimentological processes
is especially crucial given the current rapid mass loss of the Amundsen Sea Embayment (Ferringno Ice Stream and Thwaites and Pine Island Glaciers) that will
likely result in changes in streaming flow due to ice divide migration over the next
100-1000 years and thus force fundamental changes to the current ice flow patters
of WAIS. Remote-sensing observations have illuminated these processes from elevation changes, but lack the ability to answer fundamental questions such as: do
lakes completely fill and drain, how much sediment and water is transported, the
actual drainage mechanism (models frequently assume drainage only under specialized conditions (39)), how large a transient effect subglacial lake drainages under
West Antarctica’s Siple Coast have on ice velocities, and whether subglacial lake
drainages can be linked to other processes such as stick-slip motion or grounding
line wedge sedimentation. In this chapter, we propose to address these questions
through a ground-based geophysical campaign using ice-penetrating radar, differential GPS, and remote-sensing observations. First we present a new map of
the subglacial hydrology of Whillans Ice Plain (WIP) that has been published in
(173, 42) and then we present Christianson et al. (42) in its entirety which means
some of this introductory material may be repeated.
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Subglacial Hydrology of Whillans Ice Plain
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Figure 3.2. Hydropotential on WIP. The hydropotential dataset is created using a
combined laser and radar altimetry DEM (25, 63) and reinterpolated bedrock topography
collected by Shabtaie and Bentley (144). Contour spacing is every 50 kPa. Active lake
outlines and one suspected flow path are shown in blue (56). dInSAR flexure limits on
the grounding zone are plotted in yellow and cyan (132). The South Pole traverse route
is shown in red. GPS stations deployed as part of the WISSARD project are plotted as
white crosses. Polar stereographic projection with true scale at -71◦ .

Water flow under ice sheets follows the negative of the hydraulic gradient Equation 3.1 (149). Using a digital elevation model created from combined satellite laser
and radar altimetry (25, 63) and interpolating a digital elevation model of basal
topography from ice-penetrating radar data (144) with continuous tension splines
in curvature (153), I created a new map of hydropotential under WIP Figure 3.2.
Numerous anomalous localized hills are apparent which may be “sticky-spots.” Despite significant navigation errors (144), all subglacial lakes identified by Fricker
and Scambos (56) are within closed hydropotential depressions. Although it is
relatively easy to see that water can likely enter basins from upstream, a novel
drainage mechanism is needed to explain subsequent drainage downstream. Otherwise, from a superficial hydropotential analysis, after entry water would exit from
the same direction as ingress. As this is not observed (57, 56, 152, 58), another
mechanism besides hydropotential must be invoked. In the following section, we
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examine a specific subglacial lake (Subglacial Lake Whillans) using a variety of
geophysical tools and propose an alternative drainage mechanism.

3.3

Subglacial Lake Whillans – Ice-Penetrating
Radar and GPS Observations of a Shallow
Active Reservoir beneath a West Antarctic
Ice Stream

3.3.1

Introduction

The Siple Coast ice streams drain approximately 1/3 of the interior of the West
Antarctica Ice Sheet (WAIS) and have been highly dynamic over the last millennium (55). Thus an understanding of the physical basis of rapid ice stream motion
is a key component of understanding ice sheet evolution and the prediction of the
future contribution of WAIS to sea level. Active-source seismic surveys of one of
these ice streams, Whillans Ice Stream (WIS) or formerly Ice Stream B, reveal
that the ice rests on a ∼5-6 m thick layer of water-saturated glacial till (34); deformation within this till is likely the primary mechanism of ice stream motion
(8). More recent GPS observations have revealed that the downstream portion of
WIS moves primarily via two short, daily bursts of motion (∼20 min. duration;
∼0.4 m displacement) and is otherwise nearly stationary (33, 172). These “stickslip” events appear to nucleate in areas of locally high hydropotential, suggesting
that localized areas lacking adequate basal lubrication are analogous to asperities
in traditional fault models (169, 173). Thus a few crucial, less lubricated areas,
whether due to lack of water-saturated till or lack of water itself, restrain the ice
stream and prevent steady flow. The continued deceleration of the ice stream (87)
suggests that WIS may be in the process of stagnating. Since stagnation of WIS
would have broad ramifications on any future prognosis of ice sheet behavior on
centennial timescales, studies of subglacial hydrology and its effect on ice dynamics
of WIS are now especially timely.
Although inventories of Antarctic subglacial lakes from radio-echo sounding
surveys include no lakes on WIS (150, 38), satellite observations of surface eleva-
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tion changes, from the Geoscience Laser Altimetry System (GLAS) aboard ICESat,
have been inferred to indicate the presence of at least 11 active subglacial lakes
under WIS during the period of 2003-2008 (57, 152). These lakes fill and drain on
sub-decadal time scales and may act as a system of linked dynamic reservoirs which
transport water from ice stream tributaries to the grounding line (57, 152, 56, 58).
Borehole observations indicate the dominant subglacial hydrology system beneath
WIS is likely uniformly spaced (∼50-300 m) flat, low conduits incised into the
till (∼0.1 m deep and ∼1 m wide) which have been christened canals (53). The
specifics of the interaction of active subglacial lakes with the predominant canalized
subglacial hydraulic system are unclear, but the possibility exists that perturbations to the subglacial hydraulic system due to filling or draining of subglacial
lakes could affect lubrication of critical “sticky-spots” and thus have a dramatic
effect on ice stream dynamics. One of these active subglacial lakes, Subglacial
Lake Whillans (SLW) (Figure 3.3), has been selected for glaciological drilling and
instrumentation in order to study lake effects on glacier dynamics and the biology
of subglacial environments.
Here we present kinematic GPS and ice-penetrating radar (IPR) surveys of SLW
in its low-stand state as part of the site survey to select possible drilling targets.
We acquired over 400 km of along-track kinematic GPS and low-frequency (∼5
MHz) IPR data in December of 2010 (Figure 3.4). We use the surface elevation
data, derived from kinematic GPS measurements, and ice thicknesses, measured
by IPR, to construct a high-precision subglacial hydropotential map of SLW and
the surrounding area. Relative basal reflectivity indicates areas of relatively wet
or dry bed and allows us to map the current low-stand lake extent. Correlation
of features in basal topography and basal reflectivity lets us identify topographic
features which likely control maximum lake extent. We combine our findings with
remotely-sensed elevation data, GPS data, and active-source seismology (70) to
complete a glaciological summary of SLW in preparation for subglacial access.
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3.3.2

Field Measurements

3.3.2.1

Field Site

SLW is located in the upstream, central portion of a wide (>100 km) region of
lightly grounded ice on WIS that has been termed Whillans Ice Plain (WIP) which
extends ∼150 km upstream from the grounding line (30) (Figure 3.3) . Basal
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shear stresses on WIP average only 0.44±0.5 kPa (32) and velocities are ∼300500 m/a (82) (Figure 3.4). Despite the low average basal shear stresses, local,
variable strain rates are indicative of local variations in basal shear stress (30)
which could be due to the existence of “sticky-spots” at the ice-bed interface or
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the presence of especially well lubricated areas, i.e. subglacial lakes. This suggests
that WIP is especially sensitive to variations in basal conditions. SLW is one of 3
subglacial lakes that are located on WIP (57, 152, 56) and appears a fairly typical
lake of that type with surface elevation range of ∼5 m (57) and a remote-sensing
derived area of ∼59 km2 (56). Other active subglacial lakes near the onset of
streaming flow on WIS or directly connected to the grounding line are associated
with substantially larger surface elevation changes (∼10 m) and are much larger
(100s km2 ) (57, 152, 56) (Figure 3.3). Although drainage of subglacial lakes under
Byrd glacier have been associated with surface velocity increases of up to 10%
(155), there is no confirmed observation of a large surface velocity fluctuation
associated with SLW. This suggests that the cyclic behavior of SLW is part of the
normal water storage and transmission scheme that occurs underneath WIS. As the
amount of subglacial water and its distribution are critical to lubricating “stickyspots” underneath WIS, and as SLW is likely one of 3 large dynamic reservoirs
underneath the portion of WIS that stick-slips and is likely beginning to stagnate,
understanding how SLW interacts with the subglacial hydrology system is crucial
for understanding the dynamics of WIS.
3.3.2.2

Kinematic GPS Data

Moderate-rate (1 Hz) dual-frequency GPS data were collected concurrently with
IPR data (Figure 3.4). Our processing strategy generally follows that outlined by
King (95) for rigorous GPS data processing for glaciological applications. GPS
rover data were processed kinematically relative to a local base station using differential carrier phase positioning with epoch-by-epoch zenith tropospheric delay
estimation as implemented in the Track software (40) with very loose constraints
on rover site motion. We account for the motion of the local base station by
processing relative to a fixed rock site (Ramsey Glacier) located ∼260 km from
the local base station and then transform the local geodetic coordinates of the
rover to global geodetic coordinates. Daily solutions for the position of Ramsey
Glacier were calculated using differential carrier phase positioning as implemented
in GAMIT/GLOBK. Uncertainties are ∼5 mm in the horizontal dimensions and
∼1 cm in the vertical dimension for the Ramsey Glacier station. The rover measurements have uncertainties of <∼5 cm in the horizontal dimensions and <∼10
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cm in the vertical dimension.
3.3.2.3

Ice-penetrating Radar Data

Radar data were acquired with an impulse transmitter and oscilloscope-based receiver using broadband resistively-loaded dipole antennas having a central frequency of approximately 5 MHz (10 m half-length). The pulser is made by Kentech and supplies a peak voltage of ∼4 kV with a repetition rate of 1 kHz. The
receiver utilizes a 200 MHz digitizing board made by Gage Electronics mounted
in a ruggedized PC. The system was triggered by the direct arrival of the transmitted pulse through the air and waveforms were digitized for 20 µs, long enough
to record a multiple reflection from typical ice thickness values near 800 m. Data
were recorded in both low- and high-gain channels, the latter utilizing a preamplifier. The system was towed by snow mobile with separate sleds for transmitter
and receiver. Antennas were aligned in an end-to-end configuration with a separation of 167 m between the transmitter and receiver feed points. Eight hundred
waveforms were stacked per recorded trace to reduce generator and other incoherent environmental noise. This resulted in a recorded wave typically every 3 m of
surface travel. Each trace was associated with a processed GPS position using the
time stamp recorded with the waveform from the GPS receiver. Positions were
corrected to the midpoint between transmitter and receiver.
IPR data were first bandpassed from 2-10 MHz to remove the low frequency
envelope or so-called “wow” of the direct wave arrival and improve signal to noise.
Traces were corrected for the normal moveout (NMO) between transmitter and receiver and interpolated to a precise spacing of 3.0 m of surface travel. Profiles were
migrated in the along-travel direction using the T-K migration scheme to correct
for the broad beam characteristics of the antennas. Typical profiles (Figure 3.5)
depict an unambiguous, high-amplitude basal reflector and internal stratigraphy
to within a few meters of the bed. Near-surface crevassing down to about 30 m
depth, emphasized by the NMO correction, is prevalent throughout the survey and
is typical of ice in the WIP.
Travel times for the basal reflector were digitized by a semi-automated routine
that also calculated the integrated power for the Ricker wavelet corresponding
to the bed reflection (61). Travel times were converted to ice thickness using
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an average velocity of 169 m/µs. In our plots, radar returned power has been
converted to relative basal reflectivity using a correction for geometric inverse
square losses and a two-way, depth-averaged attenuation rate for dielectric losses
of 14 dB/km, determined by analyzing the RMS fading of power returned from
internal layers with depth. This value is similar to those obtained in other nearby
surveys (78, 107).

3.3.3

Results

3.3.3.1

Surface Topography

A high resolution surface topography map was created from the kinematic GPS
data using the nearest neighbor algorithm (10 m grid spacing; 2 km search radius)
(Figure 3.6). The grid was further smoothed using a 2-dimensional Gaussian filter
with a diameter of 1.25 km. Although this grid spacing is only appropriate in the
along-track dimension, the large search radius and smoothing filter ensure that
dozens of points are used to calculate every gridpoint in both dimensions and that
any erroneous data are smoothed. Due to the gridded nature of the dataset, we
are unlikely to bias our observations in one direction. Surface topography and all
subsequent interpolated data are gridded in a polar stereographic projection with
true scale at the 71◦ S parallel. All directions discussed in this paper are relative
to this coordinate system.
Our data reveal a deep surface depression (∼15 m) relative to the surrounding
ice stream. A ridge in the northwest portion of the lake divides the depression such
that the central lobe is approximately 3 m lower than the northern one. The highest
surface slopes occur on the southeast side of the depression indicating a possible
lake boundary in that location. To the northeast, two saddles suggest possible
connections to an adjacent basin. A large surface topographic hill lies directly
downstream from the surface depression. It is noteworthy that even during the
high-stand observed by Fricker and Scambos (56), the ice sheet surface above the
subglacial lake is still ∼10 m below the surrounding ice plain.

58

−555000

Surface elevation (m)
90 92 94 96 98 100 102 104
Subglacial water depth (m)

98

1

2

4

6

8

96
Active lake boundary

94

Basal ridge
Basal “channel-like” features

94

94

92

Elevation contours (m)

−560000

92

90

92
96

90

94

94

92

96

98

100

−565000

98

102

10
0

−290000

−285000

−280000

−275000

−270000

−265000

Figure 3.6. Surface depression associated with SLW. Variable size black circles indicate
subglacial water column depth detected via active-source siesmics (70). SLW outline
from Fricker and Scambos (56) is shown in gray. The background image is MODIS
MOA (65). Contour spacing is 0.5 m and index contours are plotted every 2 m. White
dots represent a subglacial topographic ridge and yellow dots identify “channel-like”
features at the down-flow end of the lake. Polar stereographic projection with true scale
at -71◦ .

3.3.3.2

Basal Characterization

Following the same gridding procedure detailed in subsubsection 3.3.3.1, we created
maps of basal topography and relative basal reflectivity (Figure 3.7 & Figure 3.8).
Basal reflectivity depends on dielectric contrast at the bed of the glacier and is
primarily an indication of wetter vs. drier basal conditions. Thus brighter areas
are interpreted to be wetter and dimmer areas drier. Due to the sensitivity of the
basal echo intensities to a variety of radar system factors, we follow Peters et al.
(121) and only interpret significant variations (>4 dB) in relative basal reflectivity
as indications of changes in basal conditions.
Two broad ridges in basal topography run along-flow through the lake basin.
Both ridges roughly correspond to changes in relative basal reflectivity (∼4-6 dB)
indicating that they likely do act as barriers to water flow as the lake fills. The
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southern ridge is more prominent in both topograpy (Figure 3.7) and basal reflectivity contrast (Figure 3.8) (white dots in Figures 3.4, 3.6, 3.7, 3.8 and 3.9). Based
on our experience with this radar and model calculations, we expect a change on
the order of 15 dB from a completely dry till to lake-like conditions. The transition at the southern margin is therefore likely to depict an abrupt change from
a condition with some water present in the till to the south, to the presence of a
water layer of thickness less than 5-6 m to the north. We hereafter refer to this
as a wet-dry transition, allowing for the high likelihood that the area to the south
may have some fraction of pore water present. This interpretation is also consistent with the active-source seismic data (70). Towards the downstream direction
this ridge flattens and breaks into a series of “channel-like” features which also
delineate wet versus dry areas (yellow dots in Figures 3.4, 3.6, 3.7, 3.8 and 3.9).
The brightest areas of the lake at the time of the survey are in the north and
northwest portions indicating that the lake may fill from north to south. We also
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see several “channel-like” features at the limit of our resolution (∼ 14 λ = 8 m in ice
for this system) corresponding to bright areas in basal reflectivity suggesting that
the lake may fill via influx from concentrated areas of flow similar to the canals
that Engelhardt and Kamb (53) observed on WIS.
3.3.3.3

Synthetic Modeling

In order to better understand the resolution limits of the radar system, particularly
as they pertain to distinguishing a layered basal interface, we have modeled the
interaction of the transmitted pulse with an idealized water layer at the bed. Following Arcone et al. (21), we consider a Ricker wavelet with initial positive phase
followed by a central negative and trailing positive that is a good approximation
of the transmitted impulse as it interacts with a water layer of varying thickness,
sandwiched between ice and wet till. Echoes from the upper and lower interfaces of
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this layer will be composed of two wavelets of opposite phase with the first having
much greater amplitude. However, the returned pulse will appear as a composite
of these two until the water thickness increases to the point where the two phases
can be distinguished. In our simulations, we find this value is ∼6 m of water thickness and that it is relatively insensitive to the dielectric constant chosen for the
till. This means that echoes from a water layer with thickness greater than ∼6 m
should have a strong first echo followed by a weaker reflection with inverted phase,
but that a thinner layer cannot be distinguished from a single reflection from a wet
bed. While we can clearly distinguish areas with high basal reflectivity from others
with dry bed, a careful study of all of the profiles in our survey shows no clear
evidence of an IPR discernible water column depth greater than 6 m. However,
the absence of evidence cannot be taken as a compelling case that no water layer
exists. In fact, the active-source seismic data show a 5 km segment along the lake
center line with a water layer of maximum thickness of 8 ± 3 m (70). Although we
correctly model the phase of the transmitted and received pulse, because the radar
utilizes an impulse, we have imprecise knowledge of the transmitted waveform.
Likewise a realistic water layer will not have parallel sides with constant dielectric
contrast, so the synthetic model has limitations. Based on the radar evidence, and
in agreement with the seismic results, we can safely conclude that a water layer
thicker than about 6 m is not widespread in our survey.
3.3.3.4

Uncertainty Analysis

While the IPR resolution (ability to distinguish two echoes closely located in time
or space) is limited by the characteristic radar wavelength in ice, our precision for
picking values of ice thickness or the depth of a particular layer is determined, at
least in principle, by the temporal sampling interval of the digital receiver, which
is 5 ns. A good practical measure of this vertical precision comes from comparing
ice thickness values at grid crossing points. We find that the RMS mismatch for
346 grid crossing points is 2.1 m for typical ice thickness values of 800 m, or about
0.25%. RMS crossing errors for the ice surface elevation from GPS measurements
are ∼5 cm.
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3.3.3.5

Hydropotential Pressure

Water under ice sheets flows in the direction of the negative of the gradient in the
hydropotential. We follow Wingham et al. (175) and assume we can neglect the
hydrodynamic component of the hydropotential. Thus, using gridded surface and
bed topography, we calculate static hydropotential (φ) underneath SLW:


ρi
φ = ρw g zb + h
ρw

(3.1)

where ρi and ρw are the density of ice and water, respectively, and zb and h are the
bed elevation and ice thickness, respectively (149). Even though there are likely
hydropotential gradients within the lake basin due to local bridging stresses and
resistance to flexing, these are small (±2 m from flotation along flow), and we
assume that we can interpret φ for basic trends in water flow.
From Equation 3.1, the bed slopes must be roughly 11x the surface slopes in
order to reverse ∇φ. Therefore the map of φ closely resembles the surface topography map (Figure 3.6 & Figure 3.9). The bedrock bump that is correlated strongly
with the abrupt change in basal reflectivity does appear to have an influence on φ
in the southwest portion of the lake basin (Figure 3.8 & Figure 3.9), but otherwise
there is no discernible effect of basal topography on φ. The difference between φ
in the deepest portions of the surface depression and on the surrounding ice plain
is ∼80 kPa. Therefore SLW surface inflation observed at high-stand (∼5 m) is
insufficient to force a drainage event solely through changes in φ alone.
SLW drains before there is enough increase in water column depth to break the
hydrostatic seal of the lake via flotation. Thus a hydrostatic drainage via flotation
cannot apply to SLW. Although the inherent resolution limits of the IPR (≤∼ 8 m)
mean we cannot discriminate individual features such as canals, channels cut into
the ice, linked-cavities, or thin sheets or films, and therefore could miss a water
gap, we propose a feasible drainage mechanism based on our data. The simplest
alternative to the purely hydrostatic argument is the hydrostatic cantilever effect
invoked by Nye (116) to explain drainage of ice-dammed lakes below Vatnajökull.
In this model, following Nye (116), the ice between the downstream lake edge
and the hydrostatic seal will bend upwards due to a buoyancy force if it is not
melted by the advancing lake water. Therefore the pressure at the bottom of the
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Figure 3.9. Hydropotential in the vicinity of SLW. The background, less finally sampled
image, is a regional hydropotential dataset created using a combined laser and radar
altimetry DEM (25, 63) and reinterpolated bedrock topography collected by Shabtaie
and Bentley (144). Contour spacing is every 5 kPa and index contours are plotted every
50 kPa. Variable size black circles indicate subglacial water column depth detected via
active-source seismics (70). SLW outline from Fricker and Scambos (56) is shown in gray.
White dots represent a subglacial topographic ridge and yellow dots identify “channellike” features at the downstream end of the lake. The red dots mark a hypothesized
drainage path and the red star is the location of the hydrostatic seal according to the
buoyant cantilever effect (116). Polar stereographic projection with true scale at -71◦ .

grounded ice is reduced (116). This effect occurs because the submerged ice does
not immediately reach isostatic balance and acts on the grounded ice as an inverted
buoyant cantilever (116). After Nye (116), we assume the ice is perfectly plastic
with yield stress τ0 = 100 kPa such that τ0 is the maximum vertical shear traction
the cantilever can exert on grounded ice. We also assume that the vertical shear
stress drops to zero over some length L0 . Therefore the ice overburden pressure will
be reduced by τ0 h and will now be ρi gh − τ0 (h/L0 ) (116). The distance over which
the cantilever acts can be roughly equated to the distance between the edge of the
surface elevation change and the location of the hydrostatic seal. The location of
the hydrostatic seal is where dφ/ds = 0 where s is the distance along the drainage
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path. After applying the buoyant cantilever correction, the hydrostatic seal occurs
where:

dzs
− (ρw g − ρi g + τ0 /L0 ) dzb
=
ds
ρi g − τ0 /L0
ds

(3.2)

where zs is the surface elevation and all other other variables are as earlier stated.
Applying Equation 3.2 to our data along a hypothetical subglacial water drainage
path chosen by following the negative of the hydropotential gradient yields a hydrostatic seal approximately 4.6 km northeast of the edge of the active lake as
defined by ice surface morphology (Figure 3.9). Therefore the maximum possible
length of the cantilever is L0 = 4.6 km. As our data on the surface flexure due to
lake drawdown is limited by ICESat coverage, the actual cantilever length could
be considerably less and thus the buoyant cantilever correction greater than stated
here. At this point, φ ≈ 310 kPa after applying the buoyant cantilever correction
(L0 ≈ 4.6 km). This is 50 kPa above the 260 kPa hydropotential contour which
roughly marks the seismically imaged water column at a low stand (70). Additionally, the cantilever effect not only lowers the overburden pressure on the bed near
the lake, but also slightly raises φ within the lake. Thus, if we invoke a buoyant
cantilever, an increase in water column thickness of ∼5 m would be sufficient to
allow lake drainage along the drainage path shown in Figure 3.9.

3.3.4

Discussion

Our data on ice thickness, surface elevation and basal reflectivity, together with
the ICESat record of ice sheet surface elevation change, constrain scenarios for
the emptying and filling of SLW. The general shape of the hydropotential map
(Figure 3.9) defines an oval-shaped basin for the lake with the lowest φ spatially
coincident with the deepest seismically imaged water column (70). Increasing
values of φ to the east (downstream) and to the south present a confining barrier,
while low values to the west in the upstream direction indicate a likely pathway
for water to ingress.
The area of lowest φ near the center of the grid is also a region of high basal
reflectivity indicating that it contained water at the time of our survey. The
absence of a resolved upper and lower boundary for water in the radar waveforms
places a general limit of 5-6 m on the thickness of such a layer. This agrees well with
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seismic results (70) which show a water column only in this area with a varying
depth of 3-8 m with uncertainties of ∼2-3 m. This presence of residual water
in the basin at a time of a low stand may explain why the ice surface elevation
does not reach a value equal to its observed absolute minimum (56) over several
filling/draining cycles.
As stated, we interpret the strong contrast in basal reflectivity along the south
side of the lake as the boundary between wet and dry areas; the location of this
basal reflectivity contrast corresponds with a basal ridge (Figure 3.8). It is likely
that the ridge acts as a barrier confining water in the lake to the north, and
that, although water moves along lines of constant φ in the vicinity of interpreted
“channel-like” features (Figure 3.9), water transmission across the ridge does not
occur. Evidently, although surface slope generally exerts the primary control on φ
(Equation 3.1), the sharp local slope changes of the basal ridge are large enough
to confine the water (Figure 3.9).
The extremely high values of basal reflectivity to the north of the lake center
indicate that this area is also wet. This surface lies at slightly higher values of
φ than areas to the south that are dry. We suggest three hypotheses to explain
this observation: (1) the area to the north of the lake center is composed of wet
till rather than water; or (2) the area to the north of the lake center is composed
of interconnected water at the same φ under ice that is not hydrostatically supported because of bridging and elastic effects; or (3) the lake in low-stand state is
composed of two basins separated by a zone lacking free communication of water.
Our synthetic modeling argues against (1). As we observe no substantial basal
reflectivity difference that would indicate a dry zone, we can eliminate (3). Thus
the most likely reason for the discrepancy between observed φ and areas of high
basal reflectivity to the north is local elastic or bridging stresses that influence φ.
The ubiquity of diffraction hyperbolae throughout the survey area means that
the water layer can be no thicker than ∼8 m as a deeper water layer would obscure
point diffractors. We found essentially no difference in the power spectrum of
roughness features between profiles oriented along-flow and across-flow, or between
profiles across areas that were entirely wet versus dry. In all cases, the basal
interface had roughness characteristics typical of an ice stream bed, not a smooth
water surface.
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One additional important line of evidence for the nature of the water system
comes from a comparison between one of our radar lines along ICESat track 0042
(Figure 3.4) and an identical profile done in 2007-08 when the lake was also near
a low-stand (Pettersson, pers. comm., 2011). This profile crosses the lake basin
diagonally from the southwest, where basal reflectivity values are now lowest, to the
northeast where they are highest. We compared the power spectrum of roughness
values and also basal reflectivity between these two profiles and found then to be
essentially identical. This means that lake basin electromagnetic characteristics are
the same from one low-stand to the next and that the ridge defining the southern
margin is likely a permanent feature.
These observations suggest a likely model for the filling and emptying of SLW.
From a hydrostatic argument, water enters primarily from the upstream direction
to the west. This leads to a maximum change in surface elevation of ∼5 m at
the center of the basin which means that ∆φ there cannot exceed ∼50 kPa. This
is insufficient to drain via a simple flotation model but drainage via a buoyant
cantilever is feasible.
Given these observations and the constraints they imply on water flowing into
and out of the basin, it appears that SLW operates as a storage reservoir, filling via
water ingress from upstream and draining via a buoyant cantilever effect through
the saddle to the northeast (Figure 3.9). Increased water volume from the upstream
direction raises pressure and water enters the lake. The surface inflates several
meters near the center in response to the increased water volume, but the ridge on
the hydropotential barriers on the south and east sides constrain the lake, which
fills over several months and subsequently drains.
Our description of the buoyant cantilever drainage in subsubsection 3.3.3.5 is
simplistic. Our assumption of perfectly plastic ice is dubious, but development of
a visco-elastic flow model for a subglacial lake is beyond the scope of this study.
Our assumed maximum cantilever length, L0 ≈ 4.6 km, is based on the length
between the ice surface morphology derived lake boundary and the location of the
hydrostatic seal. As the surface elevation change is measured only along ICESat
laser altimetry tracks, we could be overestimating L0 . Any decrease in L0 would
lead to a substantially greater decrease in φ at the location of the hydrostatic seal,
making this drainage mechanism more appealing. Furthermore, the existence of a
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few points of 2 m surface elevation change proximal to the hypothetical drainage
path lend credence to this argument (Figure 3.4 & Figure 3.9). This drainage path
is also not the only possibility, but is the most likely one from interpreting our
gridded datasets. As our system has a finite footprint, it is relatively insensitive
to changes on the meter scale which are important to this effect, and due to
the fact that we must account for off-nadir effects (corrected as best possible via
migration), we may not fully resolve the low point in φ through which the drainage
is likely to flow. Therefore, in addition to our possible direct overestimate of L0 ,
the drainage divide may be slightly lower than depicted in Figure 3.9. More precise
measurements of surface topography, surface elevation change, and bed topography
will likely make the buoyant cantilever drainage more probable.
Once drainage initiates, it is likely maintained via a Röthlisberger effect (135)
where the connected channel reaches a lower φ region downstream and creep closure of the channel is balanced by turbulent melt. The only direct observation of
transient subglacial water flow (171) is generally consistent with a Röthlisberger
model, but not necessarily a circular conduit. Although we have no direct observations of the drainage of SLW, we suggest it follows a similar mechanism to that
hypothesized by Winberry et al. (171).
The area within the 280 kPa pressure contour gives a rough estimate of the
wet area of the lake at the time of our survey, about 60 km2 . If the water depth
within this area is ∼5-6 m, this gives a maximum lake volume estimate for the lowstand state of ∼0.3 km3 . If we assume the surface above this area rose an average
of 2.5 m during a filling cycle, it would provide an additional water volume of
approximately ∼0.15 km3 . If draining (or filling) was accomplished in a six-month
time frame as indicated by the ICESat record, the water flux would be on the order
of Qw = 10 m3 /s, a fairly modest rate in comparison to other observed Antarctic
subglacial lake drainages (155, 175, 57, 152). Following Röthlisberger (135), if
we assume a water flux of Qw = 10 m3 /s, a circular conduit in steady-state, a
modest pressure gradient dPw /ds = 10 Pa/m along the conduit, the radius of the
conduit draining SLW is less than 3 m. During steady-state drainage, the effective
pressure in the conduit and thus the melt rate are both near zero. The small
size of this conduit and its rapid collapse due to creep closure once the drainage
subsides would make it exceptionally difficult to detect using active-source seismics
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or IPR. Furthermore, there is no proof that the drainage occurs via a simple circular
conduit. The drainage could also occur via a crack or flood wave similar to those
seen in Icelandic jökulhaups (171). Deploying a seismometer array around SLW
and following a similar method to Winberry et al. (171) is likely the most robust
way of confirming a drainage path and mechanism. Thus, although our study
provides accurate descriptions of subglacial properties in the immediate vicinity of
SLW, understanding its connection to the dynamics of WIS warrants substantial
further investigation.

3.3.5

Summary & Conclusions

Our observations indicate that SLW is a relatively shallow lake (never exceeding
∼15 m water column depth) at all stages of the lake cycle. In its current low-stand
state, radar waveforms are consistent with a ∼5-6 m maximum water column thickness, in agreement with contemporaneous seismic surveys (70). A sharp wet-dry
boundary is formed by a ridge on the south while openings to the west suggest locations of water inflow. The active lake extent as delineated by the ICESat surface
elevation range (57) agrees well with basal reflectivity observations while the lake
outline derived from ice surface morphology (56) has some areas of mismatch. This
is likely because there is a component of basal control in φ (the basal ridge) which
is not expressed in the surface morphology. Drainage likely occurs via a buoyant
cantilever effect (116). Thus SLW acts as a temporary storage basin. The location
S 84.237◦ W 153.614◦ of lowest φ correlates well with the region where maximum
ICESat surface elevation range is observed and where a shallow water column is
seismically imaged (70), indicating that this is a suitable site for subglacial access
drilling and instrumentation of an active subglacial lake.

3.4

Conclusions

Our observations show numerous “sticky-spots” in hydropotential on WIP but
only a few of these actually restrain ice stream motion (169, 173). All observed
active subglacial lakes are contained by depressions in hydropotential. A detailed
examination of one of these lakes (SLW) shows that it is a temporarily storage
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basin. Drainage likely initiates via a buoyant cantilever effect and is perpetuated
via a Röthlisberger effect with modest water flux (∼10 m3 /s). The modest water
flux, quasi-periodic filling and draining of subglacial lakes, and positioning of the
lakes roughly along the negative of the gradient in hydropotential (Figure 3.2)
suggest that they are an intrinsic part of the ice stream’s subglacial hydrology
system. Still a shift in water flow from upstream would result in a shift in patterns
of subglacial lake activity. Such a shift could drastically affect the basal lubrication
of “sticky-spots” and thus ice stream dynamics.

Chapter

4

Observations of Basal Processes at
Engabreen, Norway
In this chapter, we present two observations from Engabreen, a large
maritime, mountain glacier in northern Norway. The first observation
shows that that the glacier, at times, moves partially via stick-slip motion at or near the ice/bed interface which can account for ∼10% of the
basal motion of the glacier. The glacier switches modes of basal motion in response to minor variations in subglacial water flux (< 1 m3 /s).
The second observation records the spring speed-up event of the glacier
both on the surface and at the bed. On the surface, GPS data reveal
significant velocity fluctuations that are consistent with subsidence after
evacuation of basal water cavities when a subglacial channelized hydrology system drains water that has been temporarily stored at the bed.
Seismically, this event is expressed initially as a long-period horizontal
signal which we interpret as an increase in horizontal velocity like that
seen in the GPS data, followed by cracking indicative of basal crevassing and possibly uplift. The subglacial instrumentation panel records
high shear stresses and acoustic emission rates that are contemporaneous with the long-period horizontal seismic signal suggesting enhanced
sliding followed by the arrival of a water pulse and an increase in normal
pressure. After the initial speed-up event, there is one more water pulse
that has a similar, but lower amplitude expression on all instruments.
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We interpret this as evidence that after the initial perturbation, the
glacier’s subglacial hydrology system is better adapted to handle larger
subglacial water fluxes and that subsequent events will not result in as
large deviations from background velocities.

4.1

Introduction

Recent acceleration of Greenlandic outlet glaciers and seasonal speedups of grounded
portions of the western Greenland Ice Sheet (83, 84), Greenlandic supraglacial
lake rapid drainage events (47), and continuing rapid mass loss in Antarctica’s
Amundsen Sea Embayment (131, 123) show that ice sheets and glaciers respond
to forcing on short time scales (sub-decadal or shorter). Many of these rapid
changes are controlled by or result from basal processes that are not adequately
included in numerical models of ice flow and thus cast doubt on models’ ability to
predict the future state of ice sheets and their contribution to sea level. The inherent inaccessibility of glacier basal interfaces necessitates the use of remote sensing
techniques such as passive seismic, GPS, and ice-penetrating radar observations
to study these processes. Of these techniques, passive seismicity is, perhaps, the
most useful at delineating especially rapid motion or changes and has been instrumental in observing stick-slip sliding of Whillans Ice Stream in West Antarctica
(17, 15, 169, 33, 172, 173), fracture propagation to the base of the Greenland Ice
Sheet (GIS) during supraglacial lake drainage (47), propagation of the surge front
of an alpine glacier (156), drainage of subglacial lakes under MacAyeal Ice Stream
(171), and the production of large earthquakes by major Greenlandic outlet glaciers
(50, 159, 160, 124). These observations have elucidated a number of processes in
ice dynamics including: the influence of sticky-spots on the motion of Siple Coast
ice streams (7, 17, 15, 16, 169, 172, 173) and the possibility of supraglacial lake
drainages in Greenland contributing significantly to the regional summer ice velocity increase through enhanced subglacial lubrication (10, 47). Despite these
advances, relating seismic events directly to basal motion and secular changes in
basal conditions remains an elusive goal due to the lack of direct access to the
ice/bed interface of a glacier. The Svartisen Subglacial Laboratory (SSL) located
in hydropower tunnels underneath 200 m of ice at Engabreen, a hard-bedded
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temperate outlet glacier to the Svartisen Ice Cap in northern Norway (98) (Figure 4.1), provides the only direct access to a glacier basal interface under stresses
and pressures germane to ice sheet scale processes (Figure 4.1). Here we present
the first direct observations of basal seismicity and its relation to subglacial water flow, discharge measurements, and modes of basal motion (stick-slip vs. more
constant basal sliding).
Investigations in SSL have generally focused on two spatial scales: synoptic
and a meter or less. Synoptic scale studies have focused on the seasonal variations
in the glacier’s basal hydrology. Long-term observations of pressure load-cells
installed in rock at the basal interface are consistent with the existence of a winter linked-cavity drainage system and a summer arborescent-channelized system
(Röthlisberger channels (R-channels)) (101). Furthermore, pressure measurements
of the evolution of artificial water cavities created by high-pressure (locally exceeding ice overburden pressure) pump experiments generally support a winter
(linked-cavity) and summer (R-channel) basal hydrology regime dichotomy (100).
Two research shafts with direct access to the basal ice (76) have facilitated a number of experiments examining basal processes on scales of a meter or less. These
experiments have revealed that fluctuating water pressures are necessary to exceed
stress thresholds required for crack growth (44), regelation of glacier ice into till
(75), slip with no viscous deformation resistance if a sub-millimeter or thicker water layer exists at the till/ice interface (75), that friction between a debris-laden
ice and a hard bed is comparable to the total shear traction between the glacier
and the bed (74, 43), and that imposed pore-water pressures of 60-100% of the
normal stress in a subglacial debris-laden ice layer can reduce shear traction on the
debris sufficiently to stop its deformation and cause slip of ice over the debris (74).
The synoptic scale pressure load cell observations reveal routine seasonal pressure
fluctuations of ∼20% of the overburden pressures and occasional dramatic pressure drops to near atmospheric conditions that are generally associated with rain
events and more water at the bed of the glacier (101). Local experiments show
that these pressure changes are more than sufficient to change the local friction
characteristics on the glacier from one in which sliding dominates to one where the
shear traction dominates. These previous experiments were inherently incapable
of documenting changes in basal sliding regimes since these changes likely occur
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Figure 4.1. Hillshade image of Engabreen, Norway constructed from a digital elevation
model interpolated using continuous curvature splines in tension (T = 0.35) (153) from
airborne laser altimetry data gathered in September 2008 (∼2 m along-track spacing).
A Guassian smoothing filter with a diameter of 6 m was applied to eliminate spurious
effects from reflections off the side walls of crevasses. Lighting is projected for the local
conditions on 10 May 2008 at 1300 UTC. The black dot marks the position of the
subglacial laboratory. White dots mark surface GPS units. The inset shows a map of
subglacial topography in the vicinity of the research shaft that allows subglacial access.
Tunnel basal seismometers/geophones (green dots in 2011; red dot 2008) and the position
of the subglacial instrumentation panel (VRS) are marked. The white box marks the
area mapped in Figure 4.6. Projection is universal transverse mercator zone 33 W.
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on intermediate (decameter) spatial scales and may not be located directly over
the subglacial access shafts. Furthermore, the basal hydrology and deformation
characteristics of Engabreen are likely heterogeneous on decameter spatial scales,
making observations of basal behavior over the research tunnels alone difficult to
spatially generalize.
Here we present results of two experiments deployed on and under Engabreen
to examine basal processes on intermediate spatial scales and to investigate rapid
temporal changes in basal modes of motion. The first deployment took place
over an 8-day period in early May 2008 when we installed a basal 3-component
geophone directly adjacent to the ice/bed interface in SSL during a period of
relative seismic quiescence interrupted by only a few modest precipitation events.
The second deployment (more extensive surface and basal instrumentation) took
place during May 2011 and was designed to record the dramatic “spring speedup” event at Engabreen which is expressed seismically as nearly a cacophony. We
extend our analysis spatially by constructing a basal hydropotential map using
airborne laser altimetry, ice-penetrating radar, and borehole data. Also, in order
to correlate basal observations with surface forcings, we use other times series.
For both deployments, surface GPS data are available. In 2008, a local weather
station was installed approximately 2 km from the glacier from at ∼5 m above
sea level (asl). In 2011, a subglacial instrumentation panel recorded normal stress,
shear stress, water pressure, and acoustic emissions. Our temporary installations
supplemented the long-term observation program which includes meteorological
(near the ice cap summit at Skjæret nunatak 1362 m asl and ∼7 km from SSL),
subglacial discharge, and vibrating wire load-cell measurements. The results of the
first deployment show that a mountain glacier can suddenly change its mode of
basal motion; the results of the second deployment depict the size of basal water
pulse that is responsible for the sudden acceleration of motion in the spring which
is commonly observed on mountain glaciers.
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4.2
4.2.1

Changing Modes of Subglacial Motion
Surface Meteorology and Subglacial Hydrology

Although an atypical warm period (expressed subglacially as a modest basal water
pulse) preceded the measurement period, meteorology during the measurement
period (6-14 May 2008; day of year (doy) 127-135) was relatively typical for early
May. Temperatures were approximately -8◦ C at Skjret nunatak and varied between
10◦ C and 0◦ C at ∼5 m asl (∼2 km from the glacier front). Temperatures were
generally cooler later in the measurement period near sea level with little change
at high elevations. Diurnal temperature variation is occasionally visible in both
records but does not correlate well suggesting strong local temperature variations
that are unlikely to affect surface melt rates, and thus the dominant supply of basal
meltwater, on a glacier-wide scale. There were two major rainfall events (doy 129130 and 132-133; >20 cm rainfall) and one minor event (doy 131) (Figure 4.2). The
first event was likely manifested as entirely rain over SSL (830 m asl). The second
event may have began as rain over SSL, but could also have been snow as the line
of accumulating snow gradually descended below 400 m asl during this event. The
first rain event corresponds with a gradual increase in subglacial discharge from ∼1
to ∼2 m3 /s (Figure 4.2). Subglacial discharge began to increase before the advent
of precipitation (likely due to rain beginning over part of the glacier but not the
station), but the derivative of the subglacial discharge increased dramatically ∼12
hr. after the start of rain indicating an intermediate level of connectivity between
typical summer (instantaneous) and winter (days) response times (101). A shorter
delay (∼4 hr.) in discharge response following the second rain event suggests
changes in the en- and subglacial water system during the first event allowed more
rapid accommodation to the additional water input during the second event. The
muted peak of the second event (<0.5 m3 /s increase) is likely due to both the
increased capacity of the basal water system following the first rainfall event and
the precipitation falling as snow above 400 m asl for much of the event; thus not
providing additional basal water input. The minor rainfall event (doy 131) is not
visible in the discharge record indicating that it did not provide significant input
to the subglacial water system. Also of note is that the discharge curve fails to
decrease significantly between the 2 discharge peaks suggesting that water is stored
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englacially and gradually released over at least a period of days.
An atypically warm period (doy 116-127) immediately preceded instrument
installation with temperatures exceeding 4◦ C at Skjæret nunatak and reaching
∼15◦ C at ∼5 m asl. This warm period is correlated with a minor peak in subglacial discharge and is correlated with a large global subglacial pressure event
(doy 123) where pressure at all load cells exceeded the ice overburden pressure
(∼1.9 MPa) and pressure at one load cell exceeded 3.5 MPa before returning to
typical winter values. Thus the meltwater from this warm period was manifested
in a similar manner to spring speedup events (101), but the subglacial discharge
from this event, despite the minor peak, remained an order of magnitude below
standard summer subglacial discharge fluxes (>10 m3 /s) (101). We interpret this
event as a partial adjustment of the basal water system from a winter to a summer
regime where the initial load-cell pressure excursion was the result of a pressure
perturbation due to the sudden introduction of meltwater to a linked cavity system followed by a pressure drop when an arborescent channelized system connected
to the highly pressurized cavity directly over SSL. Presumably similar processes
occurred over wide areas of the glacier bed. The lack of transition to standard
summer subglacial discharge fluxes indicates that the arborescent channelized system never became dominant over the entire glacier bed. Therefore the basal water
system was likely in a prolonged transition state during the measurement period
where low-pressure channels existed contemporaneously with high-pressure cavities. The interpretation of no glacier-wide changes in the basal water system is
reinforced by no coherent deviations in surface velocities (measured using GPS
receivers on the glacier surface) from deployment long linear trends. Ephemeral
peaks in subglacial discharge (Figure 4.2) do, however, suggest a local dynamism
where channels intermittently opened, closed, and connected to cavities on parts
of the glacier but never became the dominant subglacial drainage system. The
lack of significant, coherent pressure events for the remainder of the event period indicates that load-cells above SSL remained in a relatively stable region or
were in the presence of only a thin water film. The summer transition was finally
completed in late-May/early-June when warm temperatures (>15◦ C at Skjæret
nunatak) were followed by an increase in discharge fluxes to the normal summer
values (>10 m3 /s) (101, 96).
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4.2.2

Basal Seismicity

On doy 127, we installed a 3-component geophone directly adjacent to the horizontal access shaft in SSL which is located approximately 2 m from the ice/bed
interface (76) (Figure 4.1). The continuously triggered basal seismic time series was
nearly continuous over the deployment with brief interruptions only to recalibrate
the GPS clock. We used a short-term average/long-term average automatic phase
picker (STA/LTA) (5, 6, 23) to identify first arrivals where single-pole, low-pass
filter constants and thresholds were chosen conservatively to ensure identification
of all events. This cautious approach means that the STA/LTA algorithm at
times erroneously triggers on noise (∼10-12 false triggers/hr.). The basal time
series (Figure 4.2) can be classified in two regimes: one where there is a mean of
∼15 triggers/hr. (doy 127.5-131) and a second where there is a mean of ∼155 triggers/hr. (doy 131-133.5) with some swarms of activity (>200 triggers/hr.). Regime
1 (low activity) is characterized by the presence of impulsive, quasi-periodic events
(identified visually), only sporadically non-periodic events, and false triggers due
to noise; regime 2 (high activity) is typified by numerous non-periodic events and
occasional swarms of very high activity.
In order to more quantitatively differentiate the two regimes, we used waveform cross-correlation (z-component normalized cross correlation coefficients >0.2)
to identify quasi-periodic events (Figure 4.2). Nearly all the high-energy events are
quasi-periodic in regime 1 and generally have cross-correlation coefficients greater
than 0.4. In regime 2, the highest energy events are quasi-periodic, but with the
lower cross-correlation coefficients (generally between 0.2 and 0.4), and there are
numerous other events. Visual inspection of non-periodic events in regime 2 reveals that they tend to be impulsive, very brief (<0.5 s duration), and low energy
(<1000 counts). Towards the end of regime 2 (doy 133), we see the reemergence
of numerous quasi-periodic events with high cross-correlation coefficients (> 0.4).
Separation time between quasi-periodic events (as identified by waveform crosscorrelation) is ∼ 25 min. from doy 127.5 to 129.5, they then abruptly vanish, and
gradually return in doy 133.5 with separation times decreasing from >40 min. to
∼25 min. (Figure 4.2). Thus we speculate that we are witnessing a transition from
regime 2 to regime 1 from doy 133.5 to the end of the measurement period. As only
one 3-component geophone was installed in SSL, we cannot locate any events or
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calculate focal mechanism solutions, but the mere presence of these quasi-periodic
events suggests stick-slip motion at or near the basal ice/bed interface. The transitions in and out of the quasi-periodic modes of motion also indicate secular trends
in modes of basal motion. Lack of direct correlation between surface rainfall, basal
discharge, pressure load cell, and basal seismicity time series (Figure 4.2) shows
that the glacier’s basal motion is likely controlled not only by the presence and/or
thickness of a water film, but also by the interaction between the local basal water
conditions, sediments in the basal ice/sediment substrate under the ice, and the
glacier-wide basal hydrology.
To quantify the energy released in the quasiperiodic events, fault dimensions,
and basal stick-slip velocity, we relate our measured seismic spectra to the theoretical spectra predicted by a modified Brune model (37). We begin with the seismic
moment M0 which describes the energy of an earthquake and is defined as:
M0 = µūA

(4.1)

where µ is the shear modulus and ū is the average slip over a fault of area A. We
assume that we can roughly approximate the medium through which the seismic
waves propagate as a spherically symmetric one. Then the simplified radiation
pattern for seismic waves is given by (3):
u(~x, t) =

˙ − T )Rθφ
µAū(t
1/2 1/2 5/2 1/2

(4.2)

4πρs ρr vs vr `
where u(~x, t) is the observed displacement as a function of position and time, µ is
the shear modulus at the source, A is the fault area, t − T is the travel-time from
source to receiver, Rθφ is the radiation pattern correction for fault orientation, `
is the distance from source to receiver, and ρs , vs , ρr and vr are the density and
acoustic velocity at the source and receiver, respectively. Note that in Equation 4.2,
we have suppressed dependence on source position and detector position on lefthand side for simplicity. We have also left Equation 4.2 as a generic description
which is accurate for P-, SV-, or SH-waves when relevant values are used. From
Equation 4.2, we can see that we can obtain the seismic moment by integrating
˙
µAū(t−T
) and correcting for radiation pattern, geometrical spreading, and various
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scaling factors at the source and receiver. To do so we being by defining the time
derivative of the slip over the fault area A as (17):
ū˙ → s(t) =

Z Z
∆u̇(ξ, t)dΣ

(4.3)

dΣ

where ξ is the position of the differential unit of area dΣ and ∆u is the slip at that
location. Taking the Fourier transform S(ω) of s(t) and setting ω = 0 gives:
Z Z
∆u(ξ, t → ∞)dΣ = ūA

S(0) =

(4.4)

dΣ

since ∆u̇(ξ, ω) =

R

∆u̇(ξ, t)eiωt dt ⇒ ∆u̇(ξ, ω → 0) =

R

∆u̇(ξ, t)dt = ∆u(ξ, t →

∞). Now we can rewrite Equation 4.1 as M0 = µS(0). So, taking the lower
frequency limit of the Fourier transform of Equation 4.2 and solving for M0 gives
(17):
M0 =

U (~x, ω → 0)
1/2 5/2 1/2
4πρ1/2
s ρ r vs vr `
Rθφ

(4.5)

where U (~x, ω) is the Fourier transform of u(~x, t).
In addition to the energy released by the seismic events, we would also like to
know if they can account for a considerable portion of the basal sliding velocity
of the glacier. We can do so by simply applying the definition of velocity. For
a series of n regularly repeating earthquakes with moments M0i for earthquakes
i = 1 . . . n over a time interval T and distributed evenly on a slip-plane of area A,
we can define the average relative velocity of one side of the plane relative to the
other from the definition of seismic moment (Equation 4.1). Thus the so-called
“stick-slip” velocity vss is defined by (17):
vss =

n
1 X i
n hM0 i 1
M0 =
µAT i=1
n − 1 µA hτ i

(4.6)

where hM0 i is the mean seismic moment and hτ i is the mean inter-event time.
In order to solve Equation 4.6 for vss we need to know the slip-plane area A
independent of the seismic moment M0 . We begin by following Brune (37) and

81
representing the observed displacement function u(t) as:
u(t) = f (r/`)(σ/µ)βt00 e−αt

00

(4.7)

where t00 ≡ t − `/β, β is the S-wave velocity, σ is the effective stress drop, f (r/`)
are geometrical spreading and averaging terms, and α is a constant. The Fourier
transform of Equation 4.7 is (37):
Ω(ω) = f

r σβ
1
2
` µ ω + α2

(4.8)

and thus α is the corner frequency of the Fourier spectrum of the observed displacement function. We have already constrained the low frequency limit of Equation 4.8
using the definition of seismic moment M0 . To constrain the corner frequency we
use an energy-density flux argument (37) such that the energy near the source
must be equal to the energy in the far field or (37):

S2A

σβ
µω 2



= 4π`2 hΩ2s i

(4.9)

where S accounts for stop wave conversion and Ωs is the S-wave spectrum. For a
circular dislocation, we can simplify Equation 4.9 as (37):
hΩ2s i1/2 = (S/2)1/2 (r/`)(σ/µ)(β/ω 2 ) =
since for a double couple (1/4π)

R 2π
0

dφ

into Equation 4.7, gives f = (S/0.8)

Rπ

0
1/2

√

0.4Ωmax
s

(4.10)

2
dθRθφ
= 0.4. Substituting Equation 4.10

(37). To further constrain f , we require

that the spectral density agree with that from a a double couple source of the same
seismic moment as the dislocation (37). From (93), for a double couple source the
far-field S-wave radiation patterns is given by:
Ωs (ω) = M0 (4πρ`β 3 )−1 Rθφ

(4.11)

where ρ is the density at the source. Also from Aki (2) and Keilis-Borok (92), the
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effective stress drop for a circular fault is given by:
σ=

7
M0 r3
16

(4.12)

under the restriction on the Lamé parameters such that λ = µ and r is the fault
radius. In the long period spectral limit, Equation 4.10 simplifies to (37)
Ωs (ω) =

σ
βf (r/`)(1/α2 )Rθφ .
µ

(4.13)

Now combining Equation 4.11, Equation 4.12, and Equation 4.13, we have f =
(4/7π)(αr/β)2 . Or, assuming that S=0.8 (176) and applying the earlier constraint
f = (S/0.8)1/2 , the fault radius r is related to corner frequency α by (176):
r=

2.34β
.
α

(4.14)

Both the fault radius r and effective stress drop σ of the earthquake are highly
model dependent and for the purposes of this study should be taken as order of
magnitude estimates only.
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Figure 4.3. Stacked vertical component of velocity seismograms (counts) for 178 quasiperiodic events. P- and S-arrivals are visible.

To apply this seismic spectral model to the quasi-periodic events in our dataset,
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we selected 178 events with normalized cross-correlation coefficients greater than
0.2 and separation times between 20 and 30 minutes and applied a 1/20 width
cosine window to each waveform (a velocity seismogram for this instrument). By
stacking the selected events in the time domain (Figure 4.3), we were able to
identify a clear P- and S-wave arrival with a separation time of 14 ms. As we do
not know the composition of the material through which the seismic waves are
traveling, we can only bound the distance from the source by using a variety of
seismic velocities. For the range of seismic velocities in Table 4.1, this indicates
a source to receiver separation of ` = 2.3 − 78.6 m. Since there is no evidence of
deforming till at the bed of Engabreen, if we eliminate subglacial till as a possible
material, we have ` = 51.4 − 78.6 m. After filtering, the events were integrated to
displacement seismograms and stacked (adding of component and events) in the
frequency domain (Figure 4.4). Following Brune (37), we fit a function of the form
Ω(ω) =

Ω(0)
1 + (ω/α)2

(4.15)

to the stacked frequency spectrum using a least squares approach for roughly
20,000 combinations of long period spectral limit Ω(0) = U (~x, ω → 0) and corner
frequency α (Figure 4.4). The best fit in a least squares sense is Ω(0) = 2.8·109 m·s
and α = 95 Hz. Given the uncertainties in the densities and seismic velocities and
the fact that we are fitting all components of the S-wave simultaneously, assigning
a precise uncertainty to this fit is not productive; rather, these values should be
viewed as best estimates and the fault parameters yet to be estimated as correct
only to the order of magnitude.
Table 4.1. Seismic velocities of various materials. Velocities and densities for subglacial
till and ice are from Blankenship et al. (34) and Deichmann et al. (48), respectively. All
other seismic velocities and densities are from Bourbie et al. (36).

Material
vP −wave (m/s) vS−wave (m/s)
Wet sand
1500-2000
400-600
Gneiss
4400-5200
2700-3200
Water
1450-1500
–
Temperate glacier ice
3770 ± 50
1860 ± 40
Subglacial till
1600 ± 100
150 ± 10

Density (kg/m3 )
1900-2100
2500-2700
1000
917
–
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Figure 4.4. Stacked S-wave displacement spectrum (blue). The fit (red) is for a Brune
model (37) after waveforms have been filtered.

In order to calculate fault radius, stick-slip velocity, and effective stress from
Equation 4.14, Equation 4.6, and Equation 4.12, respectively, we need to know
the S-wave velocity at the source, receiver, and in the medium through which the
seismic wave travels. As sediment content in basal ice varies from nearly none to
2-11% in dirty ice (74), and since there was no subglacial cavity melted at the
time of this experiment, we don’t have precise knowledge of the the needed seismic
velocities. Therefore we allow the seismic velocity to vary from the S-wave velocity
of temperate glacier ice to the higher range of measured velocities for gneiss. This
yields a fault radius of r = 7 − 13 m. No boulders this large are observed either
under or in the proglacial moraines of Engabreen, so it is likely that an area of the
bed is sticking rather than a single boulder. To estimate seismic moment M0 and
the stick-slip velocity vss , we allow the seismic velocity and density to vary between
those of temperate glacier ice and gneiss and assign a shear modulus using µ = ρβ 2 .
The seismic moment could vary between M0 = 3.7·107 −3.9·108 m·s. The range of
stick-slip velocities vss for a fault of radius r ≈ 10 m is shown in Figure 4.5 where
the shear modulus and seismic velocities have been scaled as a function of sediment
concentration. From my own anecdotal observations of sediment concentration and
measured values (74), I think it is likely that the source, if occurring at the ice
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bed interface, is in dirty ice with a sediment concentration of 2-11% (74). Thus
a stick-slip velocity of vss ≈ 0.4 − 1.2 cm/d seems likely. This is on the same
order as basal sliding velocities (vb = 8 − 15) cm/d measured on Engabreen (43)
(Lappegard, pers comm., 2009). Thus a considerable portion of the basal sliding
velocity can be accommodated via stick-slip motion. The stress drop for a single
quasi-periodic event is σ = 8.2 − 87.3 kPa. The gravitational driving stress for a
valley glacier is given by approximately τ = F ρgh sin θ where F = 0.806 is a shape
factor for the friction imposed by valley walls (45), g is acceleartion due to gravity,
h is ice thickness, and θ ≈ 10◦ is the surface slope. For Engabreen, τ ≈ 0.25 MPa,
which is consitent with earthquake models that predict that 1-10% of the loading
stress is released in the energy of the seismic moment (37). Thus, even though
many parameters are not well constrained, our application of a modified Brune
model supports an interpretation of the quasi-periodic events as stick-slip events
resulting from loading due to the gravitational driving stress when as area of the
bed (∼300 m2 ) remains locked for approximately 20-30 min. We assume that a
subtle change in the water present or sediment forcing over time would allow the
basal ice to move at a more constant velocity and thus eliminate periodic events.

4.2.3

Basal Hydropotential

To map glacier-wide basal hydrology, we neglect the hydrodynamic component of
the hydropotential (175) and calculate the static hydropotential φ under Engabreen
as:




ρi
φ = ρw g zb + h
ρw

(4.16)

where ρi and ρw are the density of ice and water, respectively, and zb and h are
the bed elevation and ice thickness, respectively (149). The surface topography
is from a digital elevation model created by interpolating airborne laser altimetry
data (∼ 2 m along-track spacing) gathered in September 2008 using continuous
tension splines in curvature (T = 0.35) (153). A Guassian smoothing filter with a
diameter of 6 m was applied to the gridded surface topography in order to eliminate
spurious effects from reflections off the side walls of crevasses. Although there are
precise point measurements of ice thickness on Svartisen (137) from boreholes
drilled through the glacier and from rock tunnels under the glacier, these data are

86
80

1.2

75

1
Distance from Source (m)

70

0.8
65

0.6
60
0.4

55
0.2

50

10

20

30

40

50
60
Sediment Concentration (%)

70

80

90

(cm/d)

Figure 4.5. Possible stick-slip velocities vss (cm/d) as a function of distance from
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too sparse to interpolate a map. Therefore the bed topography is interpolated
from helicopter-borne ice-penetrating radar data collected in June 1991(94) using
the nearest neighbor algorithm. Although there is a subtle central channel under
portions of the glacier (under the tongue and near the subglacial access shaft), the
channel does not persist through the icefall (Figure 4.6). The presence of extensive
steep surface slopes, due to crevassing, also may locally dominate hydropotential.
Many of these crevasses may connect to the bed in portions of the glacier in summer
providing a direct route for surface meltwater to reach the bed of the glacier. If
bed slopes are sufficient to counteract steep surface slopes, the line-spacing of this
helicopter survey (94) was too sparse to capture the detailed topography. Thus,
although a central channel exists in the areas near the subglacial intakes and
under the tongue, local “sticky-spots” may dominate the basal hydrology under
the icefall. A denser radar survey would be necessary to map these “sticky-spots”
or determine the location of smaller channels, if they are not resolved in this
dataset. There is also the possibility that no channel exists due to artificial water
piracy imposed on the glacier by the collection of the majority of the meltwater
through subglacial intakes in the area where a central channel ceases to exist.
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4.2.4

Discussion

The basal seismicity time series for 8 days in early May 2008 shows two distinct
regimes: one with quasi-periodic events separated by 20-30 min. and a second with
more numerous non-periodic events including swarms of several hundred events in
less than an hour. The quasi-periodic events in regime 1 are consistent with stickslip motion along the glacier’s bed with a fault area of ∼300 m2 that account for
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∼10% of the basal motion and ∼1-10% of the stress loading due to the gravitational
driving stress. Thus at times the basal motion occurs partially via stick-slip processes and at other times the basal motion occurs at likely a more constant rate due
to more traditional sliding mechanisms. We speculate that the more active period
of seismicity we observe correlates with channels connecting and disconnecting to a
cavities primarily through water-driven crack propagation (hydraulic fracturing).
The lack of correlation between the surface rainfall, subglacial discharge, and basal
seismicity time series suggest that the factor controlling basal motion (stick-slip
vs. more constant basal velocity) is an interplay of sediment content in the basal
ice and local water conditions. The shifting mode of basal motion and the role
of water in changing basal dynamics suggests that other glaciers, most notably
Siple Coast ice streams, may also have the capability to change their modes of
basal motion, albeit on larger time scales, as a larger time would be needed for an
area of mixed sediment to transit through a hydraulically sensitive area of the ice
stream bed. Changing water properties and sediment concentrations over short
time scales also suggests that SSL is a useful laboratory to study other earthquake
processes and their frictional dependence.

4.3

A “Spring Speed-up” Event

The close proximity of humans to glaciers in the Europeans Alps has resulted in a
wealth of anecdotal behavior of these mountain glaciers. These observations stretch
back nearly 2000 years and the European Alps are the birthplace of quantitative
glaciology (1). Therefore it is common knowledge that many glaciers experience
an abrupt increase in velocity in the spring/early summer near the beginning of
the melt season (73) followed by a return to lower, but not winter velocities. Occasionally this velocity increase is accompanied by an upward motion of ∼0.5 m
(73). Iken et al. (73) suggest that water storage at the bed is a necessary condition
for uplift and that the storage system is only efficiently connected to a channelized
subglacial drainage system at times of very high water pressure. These initial conclusions were based on surface observations without direct measurement of basal
conditions. More recent seismic and borehole observations on Alpine glaciers indicate that basal seismicity is related to diurnal sliding across the glacier bed and
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that basal icequakes peak when the subglacial water pressure and surface elevation
is low or decreasing (165). In fact, during a jökulhaup on Gornergletscher, Switzerland, there was not an increase in basal seismicity despite subglacial water pressure
near flotation for several days following the subglacial drainage of an ice-dammed
lake (165). GPS and borehole measurements on Bench Glacier, Alaska, USA, during a series of autumn rainstorms show that the relationship between subglacial
water pressure and surface velocity is frequently inconsistent and a causative relationship is elusive (60). At times the glacier appears to react to a peak volume
in borehole water pressure with a rapid increase in velocity and at other times
an increase in velocity appears related to the positive derivative of the borehole
water pressure (60). These observations indicate that drainage system evolution
is critical to a glacier’s reaction to a meltwater input and that the same glacier
may react differently to an equal input of meltwater dependent on the state of
its subglacial hydraulic system, Thus the glacier’s basal hydraulic system appears
to exhibit hysteresis. Here we present direct observations of a “spring speed-up”
event at Engabreen, Norway with direct measurements of subglacial conditions in
a specific location and use basal seismicity to extend our observations spatially
across the glacier bed. As not all relevant data has been collected since certain
sensors in wet tunnels that remain inaccessible during the melt season, these data
and interpretations should be considered preliminary.

4.3.1

Surface Expression

Between 5-10 May 2011 there were several days of unusual warmth (∼20◦ C) which
resulted in extensive surface melt (likely similar to ∼80 cm of measured vertical
ice loss on the glacier tongue from 10-25 May 2011). This melt was the source
of the water that initiated the spring speed-up event which was initially identified
via subglacial seismicity as discussed in subsection 4.3.2. Two dual frequency GPS
receivers were installed on the surface of the glacier from 10 May to mid-June 2011.
One was located near the base of the icefall and the other station was located
directly above the icefall near a permanently maintained ablation stake (stake 34)
(Figure 4.1). GPS data were processed kinematically relative to a local base station
(in Ørnes ∼20 km from the GPS sites on the glacier) using differential carrier phase
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positioning with epoch-by-epoch zenith troposheric delay as implemented in the
Track software (40). This strategy has produced robust results when used in other
glaciological applications (95). The lower station (on the glacier tongue) shows
no significant deviations in position over deployment long trends during the ∼ 16
hr. period of operation before power failure on 10-11 May 2011 when processed
under standard parameters. The positions and velocities for the upper station
are displayed in Figure 4.7. Uncertainties based on position repeatabilities over
short timescales are ∼2 cm in the horizontal dimensions and ∼5 cm in the vertical
dimension.
In Figure 4.7, we see that the general trend is displacement to the geographic
west at ∼0.15 m/d. This general velocity trend at this location on the glacier
has been confirmed by other studies using GPS and photogrammetry (77). The
general trend of the vertical position is a decrease in elevation of ∼10 cm over the
measurement period that is probably due to ice melt. Although there are velocity
spikes in the vertical data, we consider these difficult to interpret as they are not
significantly above the data uncertainty spread; further processing, however, may
reveal signals of interest in the vertical position data. The horizontal data, however,
does show two significant velocity deviations that are well above SNR (factor of 2 or
more). From the middle of doy 131 (11 May 2011) to the middle of doy 33 (13 May
2011) there is a significant deviation to the south of ∼10 cm that is not matched
elsewhere in the record. The southerly velocity increases by approximately 10
cm/d (5x its background speed) and the westerly velocity decreases to nearly 0
(15x slower than its background speed). These values then slowly return to their
mean. This event is delayed by approximately 12 hr. from the onset of heightened
basal seismicity but given the separation (∼ 700 m) between the research shaft and
the GPS station this is not surprising and we identify this velocity perturbation
as the surface manifestation of the spring speed-up event which likely propagates
up-glacier as there was insufficient surface melt at 1000 m asl to allow significant
direct water input from the surface. Following Fudge et al. (60), we interpret this
as the glacier subsiding after drainage of water from a subglacial cavity when it
is breached by a more efficient channelized water system. On doy 135-136 (15-16
May 2011) there is another significant horizontal velocity perturbation that appears
qualitatively similar to diurnal melt driven velocity fluctuations seen during the
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summer on the Greenland Ice Sheet (148). This is followed by a significant pressure
pulse and seismicity peak that begin in the very early morning hours of 16 May
2011. Thus suggests that by this time the glacier’s basal hydrology system had
adapted to summer conditions such that water pulses propagate in the direction
of glacier flow. The origin of this water pulse is more difficult to ascertain. By
this time there had been significant surface melt at 1000 m asl, but there was
∼ 4 m of snow present on 10 May 2011 when we installed the stations and the
speed of percolation of meltwater through the snowpack is unclear. The area is
crevassed so that meltwater can reach the bed quickly, but we do not have data
to quantify the rapidity of connection between surface melt and subglacial water
flux at 1000 m elevation this early in the melt season. There also was significant
rain by 15-17 May 2011 so this may be a rainfall induced event. This latter event
looks like a subglacial water pulse transiting the system and perturbs the surface
velocity in similar way to a diurnal meltwater pulse (148), but is significantly
lower amplitude both on the surface and subglacially than the initial speed-up
event showing that the glacier’s subglacial drainage system has adapted to handle
more subglacial water flux or that the pulse was smaller in amplitude but still
glacier-wide in area. These observations suggest that the sprind speed-up event
follows a similar chronology to seasonal speed-ups of the Greenland Ice Sheet where
the initial speed-up is somewhat synonymous to introduction of meltwater to the
bed via a catastrophic Greenlandic supraglacial lake drainage (148, 28) followed by
adaptation of the subglacial water system with occasional fluctuations in velocity
caused by extreme diurnal melt or rainstorms.

4.3.2

Basal Seismicity

During the spring-speedup event on 11 May 2011, 8 seismometers or geophones
were deployed and operating. Here our analysis focuses on two of those instruments
(each a Guralp CMG-3T seismometer with a flat velocity response from 120 s to
50 Hz) (Figure 4.1) separated by approximately 10 m distance that have similar
seismic time series (Figure 4.1). Since high frequencies discussed here exceed the
instrument flat response range, discussion of energy at frequencies higher than 50
Hz should be considered qualitative. In the days preceding the 11 May event, we

Amplitude (counts)

93
5

x 10
2
0
−2

20

40

60

80

100
120
140
160
Minutes since 11.131.01.30.03

180

200

220

250

240
80
70

200

60

Frequency (Hz)

50
150

40
30
20

100

10
0

50

−10
0

20

40

60

80

100
120
140
160
Minutes since 11.131.01.30.03

180

200

220

−20
(dB)

Figure 4.8. Basal seismic expression (vertical channel) of the spring speed-up event.
The top panel shows amplitude (counts) as a function of time for roughy 3 hours preceding and 1 hour following the sudden change in seismic amplitude associated with the
spring speed-up. The bottom panel shows a spectrogram over the same period and highlights the initial long period signal which is followed by a dramatic increase in energy at
frequencies > 100 Hz.

detected several hundred events per hour, but there were few high energy events
(arbitrarily defined as the upper 1/2 of the range of amplitude detected). Thus
before the sprind-speedup the seismicity appears qualitatively similar to the more
active (regime 2) period seen in the 2008 data. The spring speed-up is expressed
as a swarm of high energy events (several hundred per hr.) early in the morning
of 11 May 2008. After this initial swarm of activity the bed transitions to a
period or relative quiescence which persists until the next swarm of high frequency
events roughly 2 days later. As the measurement period continues this pattern
seems common with quiet periods interrupted by a series of high frequency events
followed by a gradual return to a more quiet period.
We focus on the first of these swarms of activity on 11 May 2008 which corresponds to the spring speed-up event in other data. A spectrogram for 3 hr.
preceding the event and 1 hr. into the even is shown in Figure 4.8. In Figure 4.8,
we see that the arrival of the high frequency energy (associated with discrete
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events) is preceded by a long-period signal (>1000 s). This observations is even
more pronounced in the horizontal channels. We interpret this long-period signal
as the manifestation of a large horizontal force responsible for an increase in horizontal velocity. This is followed by high frequency signals which we associate with
crevassing and possible bed separation. Thus in our interpretation, during a swarm
of seismic activity, the glacier accelerates over a 20 min. period time window and
a water pulse follows which produces extensive basal crevassing and at times a
bed separation. This happens repeatedly and frequently following the initial event
and generally occurs late in the evening or early in the morning suggesting that a
transit time of 6-10 hr. is needed for water produced by diurnal melting to reach
the bed. We suggest that discrete water input either as a response to diurnal melt
or heavy rainfall is needed to produce such an event. As the summer progresses
and more crevasses connect to the bed, this transit time may decrease. Anecdotal
observations of subglacial stream level in the sediment chamber and wet tunnel
to the turbines in August 2011 suggest a nearly instantaneous response between
subglacial water flux and diurnal surface melt. At some point between 10-18 May
(likely late in the evening on 16 May), a subglacial water channel connected directly to the subglacial access shaft. This connection was likely formed due to the
presence of an artificial low pressure cavity which had not yet fully closed (due to
creep closure) following installation of subglacial instrumentation when meltwater
pulses began reaching the bed. Our analysis of the swarms of short period events
is likely not affected as these were identified on filtered data that would exclude
those frequencies commonly associated with flowing water. Later in the summer
(late August), since an active stream of water in the subglacial laboratory was no
longer present, this water channel had obviously closed. This suggests that the
glacier basal hydrology system reacts to changes in input water continuously and
that the arborescent channelized system is constantly evolving.

4.3.3

Subglacial Instrumentation Panel

In addition to seismic and GPS observations, we installed a subglacial instrumentation panel (marked TVS in Figure 4.1) directly at the ice/bed interface. The
panel is located in a relatively flat area of the bed which is unlikely to become per-
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Figure 4.9. Water pressure measured on the subglacial instrumentation panel (located
at TVS in Figure 4.1) in May 2011. A median filter of 30 s has been applied to eliminate
spurious peaks.

manently covered by a boulder or lodged by sediment. Instrumentation installed
in the panel includes: 2 water pressure sensors, 2 normal stress load cells, 2 shear
stress load cells (computed as the sum of the squares of the 2 orthogonal load cells
on the downstream side of the panel), and a commercial (Physical Acoustic Corporation) acoustic emissions system recording acoustic emissions above a threshold
selected from past experience at this field site (44). Here we focus on data from
the morning of 11 May 2011.
Our measurements of subglacial water pressure show that the event in the early
morning of 11 May 2011 (doy 2011) was extraordinary during the measurement
period. The initial excursion is a dramatic drop in pressure of nearly 200 kPa
followed by an increase in pressure of ∼450 kPa in ∼10 hr. and then a return
to a water of pressure ∼1700 kPa. A superficial interpretation of these events is
that the bed is initially lifted due to the large horizontal force that accelerates
the glacier. This is followed by the arrival of a pulse of water which raises the
pressure on the load cells until it transits through the system. This interpretation
is generally consistent with the seismic interpretation in subsection 4.3.2. A similar
but smaller pulse goes through the system on 16 May 2011 and is also associated

c)

b)

200

400

600
800
Minutes since 11.131.01.30.03

1000

1200

Figure 4.10. a) Normal stress measured on subglacial instrumentation panel (11 May 2011). b) Shear stress measured on
subglacial instrumentation panel (11 May 2011). c) Water pressure measured on subglacial instrumentation panel (11 May 2011).
A median filter of 45 s has been applied to all data to eliminate spurious peaks.

1500
0

1600

1700

1800

1900

53

54

55

56

57

1200

1300

1400

1500

Shear Stress (kPa)

Normal Stress (kPa)

Water Pressure (kPa)

1600 a)

96

97
600

58

57.5
500
57

56.5

56
300

Shear Stress (kPa)

AE Triggers

400

55.5

200

55

54.5
100
54

0
−300

−200

−100

0
100
Minutes since 11.131.01.30.03

200

300

53.5
400

Figure 4.11. Acoustic emission triggers and shear strain measured the subglacial instrumentation panel (morning of 11 May 2011). A median filter of 45 s has been applied
to the shear strain data. Acoustic emission data is counted in 1 min. bins.

with a swarm of high frequency events suggesting the initial large spring speed-up
is only a precursor to a series of meltwater pulses that are common at the bed
of the glacier due to either surface melt or rainfall once the rapid pathway for
connectivity between the surface and the bed has been established in the initial
spring speed-up event.
In Figure 4.10, normal stress, shear stress, and water pressure measured on 11
May are plotted. The onset of high frequency seismicity begins at approximately
160 min. after 11 May 2011 01:30:03. The normal stress and water pressure
mirror each other closely and we do not attempt to interpret them independently.
This suggests that changes in normal stress are indicative of changes in water
pressure. The high frequency seismicity begins slightly after the normal stress
begins to increase, suggesting that a high pressure water pulse is approaching
the system. The shear stress, however, decreases slightly as the normal stress
increases. This suggest that there is also less friction to basal sliding as the water
pulse first approaches and then propagates across the panel. The initial peak in
shear stress before the arrival of high frequency is associated with a high number
of acoustic emission triggers (Figure 4.11). As acoustic emissions are diagnostic
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of cracking activity, this suggests there is high frequency cracking (70-200 kHz)
that is not accompanying by large scale crevassing (lower frequency at ∼50-100
Hz). Here we may be seeing a manifestation of the initial horizontal speed-up that
we interpreted from low frequency energy in the seismicity. The second peak in
shear stress is accompanied by both a secondary peak in acoustic emissions and
the arrival of high frequency seismic energy (Figure 4.8, Figure 4.10, Figure 4.11)
which suggests that it may be due to bridging stresses as connectivity with the
water pulse is established.
Thus as the glacier begins to horizontally accelerate we see initial small-scale
crack propagation at the ice/bed interface that is nearly aseismic (but is detected in
an increase in shear stress and acoustic emission) due to more basal sliding before
the normal stress decreases substantially. This is followed by the glacier uplifting
slightly as the water pulse approaches (a decrease in normal stress). Then finally
as the water pulse arrives there is an increase in normal stress accompanied by a
dramatic increase in high frequency energy (due to basal crevassing as the water
pulse infiltrates the unconnected hydraulic system), and an increase in acoustic
emissions and shear stress due to increased local bridging stress before the water
pulse breaks into the local system. As the acoustic emissions and shear stress lower
following the arrival of the water pulse, the normal stress continues to increase until
the pulse has moved through the area over approximately a ∼12 hr. period. High
frequency seismicity remains elevated for several hours (∼6) but decreases once all
cavities in the immediate vicinity have been breached by the arrival of the water
pulse. Although here we have initially discussed the first and largest of these
events, during the remainder of the measurement period other meltwater pulses
have a similar basal manifestation.

4.3.4

Discussion

The spring speed-up event at Engabreen appears similar in surface (from GPS
data) and seismic expression to a catastrophic Greenlandic supraglacial lake drainage
(47). Our additional subglacial data shows that the likely sequence of events is first
a horizontal acceleration of the glacier (high shear stress, acoustic emission rates,
and large horizontal long-period seismic signals) followed by the arrival of a water
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pulse (high-frequency seismic signals, high water pressure and normal stress). Thus
we suggest that the spring speed-up event at Engabreen is an excellent analogue
to a Greenlandic supraglacial lake drainage and that our data can be used to constrain models of these drainages as we have excellent timing on the chronology of
subglacial events. The adaptation of the drainage system to handle greater water
flux also appears analogous to processes seen in Greenland (148, 28). Thus SSL
appears to be an excellent laboratory in which to run experiments aimed at understanding summer subglacial processes at the base of the Greenland Ice Sheet. It
is worth noting that large rain events in autumn still greatly perturb the glacier’s
basal hydrology and water fluxes increase by an order of magnitude during these
events (from ∼20 m3 /s to ∼200-400 m3 /s) (96, 97). These events have not been
well instrumented at the either the surface or the bed of the glacier and are a
worthy target for additional field studies. Ideally, a long-term monitoring program
using the same range of instrumentation employed in section 4.3 would run permanently on and under Engabreen. Such instrumentation would allow us to develop
a wide variety of models to map surface observations to subglacial ones and aid in
understanding of subglacial processes regardless of where they occur.

4.4

Conclusions

Direct observations of basal processes at Engabreen, Norway allow us to test our
understanding of ice flow under realistic conditions. The presence of small stickslip events at the base of an alpine glacier and their apparent dependence on small
changes in subglacial water flux were one unexpected result of seismically instrumenting the basal interface that would have been undetectable from the surface.
As other glacier systems exhibit stick-slip motion (33, 46, 169, 172, 173), this is,
in retrospect, perhaps, not a surprising discovery. This discovery does, however,
indicate that we can likely treat the beds of Whillans Ice Stream, David Glacier,
and Engabreen as fault planes with asperities. Such commonalities between 3 very
different glaciers indicates that the physics of basal sliding is to some extent the
same and that under proper conditions small glaciers can be useful laboratories to
study larger ones. The resemblance of the spring speed-up event to a Greenlandic
supraglacial lake drainage and subsequent readjustment of the basal water system
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(47, 148, 28) also highlights the utility of SSL. As subglacial observations at SSL
until now have been episodic , a long-term subglacial monitoring program is the
next logical step in understanding the full range of subglacial conditions that occur at Engabreen which at times simulate basal motion seen in large Antarctic ice
streams and at other times resemble the subglacial hydrology of the Greenland Ice
Sheet. The Norwegian Water Resources and Energy Directorate has begun this
program by installing permanent pressure load-cells at the ice/bed interface. We
have supplemented their program by installing a permanent seismic array at the
bed of the glacier, but more instruments at the bed and surface would be useful
and allow us to study subglacial processes directly in order to understand their
physics and then adapt this understanding to other glacier systems.

Chapter

5

Summary and Outlook
The unifying thread that runs throughout this dissertation has been the
vital importance of processes that occur at ice/bed interface and their
connection to rapid changes in glacier dynamics. In this final chapter, I
summarize results and present directions for future research. Our observations and modeling of the grounding zone of Thwaites Glacier suggest
a high sensitivity to local topography and ice/ocean interactions. Flowline models that accurately incorporate local topography and usefully
parameterize ice/ocean interactions therefore play a key role in predicting future ice sheet behavior. Geophysical surveys of Subglacial Lake
Whillans indicate that it is a temporary storage basin for subglacial
water that drains via a buoyant cantilever effect. Finally, direct observations of the ice/bed interface at Engabreen, Norway document not
only that the glacier can quickly react to changes in input meltwater
or precipitation from the surface, but also that the present behavior
of the subglacial water system is highly dependent on past subglacial
water system evolution. Collectively, these results indicate the need for
additional high-density data gathering in critical grounding zones of ice
sheets and rapid incorporation of these data into ice flow models that
can handle dense spatial and temporal data.
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5.1

The Marine Ice Sheet Instability

The Amundsen Sea Embayment of West Antarctica, specifically the Pine island
and Thwaites Glaciers, were identified over 30 years ago as geometrically prone to
the marine ice sheet instability (104, 158, 72) due to the fact that these glaciers
are grounded on bedrock that is well below sea level (∼2.6 km below sea level in
the Byrd Basin) and deepens inland, and also because of their lack of buttressing
ice shelves. The previous, possibly logistically imposed, focus on the Siple Coast
and Filchner-Ronne ice streams combined with a lack of accurate spaceborne observations meant that Pine Island and Thwaites Glaciers were largely ignored until
the advent and proliferation of remote-sensing platforms beginning in the early1990s. By the mid-late 1990s, dynamic thinning and grounding line retreat were
recognized in the Amundsen Sea Embayment (134, 125, 146), but another decade
was required before substantial contribution to sea level from loss of grounded ice
was considered a possibility (71, 12, 154). By 2007, insufficient understanding of
dynamic ice flow processes was acknowledged as a barrier to the assessment of the
possible future contribution of ice sheets to sea level (12, 154).
Building on the wealth of knowledge already in place concerning mass loss in
the Amundsen Sea Embayment (134, 125, 24, 133, 130, 41, 163, 127, 131, 86, 123),
we aim to contribute to the understanding of which processes may be responsible
for this loss and ultimately to describe how this sector of West Antarctica may
evolve over the next 500 years. Differential interferometric synthetic aperture
radar measurements indicate that the grounding zone of Thwaites Glacier is 510 km wide (125, 132). Furthermore, analysis of ice-penetrating radar profiles
(107) (this study) suggests that this ocean water may penetrate inland of the
grounding line via tidal pumping. Both these observations indicate that treating
the grounding line of an ice sheet as a single point is unrealistic.
In a first attempt towards remedying this deficiency in treatment of grounding lines in ice flow models, we modify a 2-dimensional ice stream/ice shelf/ocean
plume model (118) to allow propagation of melt across the grounding zone and
weaken the glacier bed as additional water at the ice/bed interface may act as a
basal lubricant. Results from our model indicate that detailed knowledge of the
bedrock topography and the width of the grounding zone are crucial to the accu-
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rate prediction of the future behavior of an ice sheet. For example, on one flowline
on Thwaites Glacier, a 7 km wide grounding zone leads to catastrophic grounding
line retreat on a 500 year timescale whereas a 5 km wide grounding zone stabilizes
on the next inland bedrock sill from the current grounding line over the same time
period. This modeling approach is currently somewhat heuristic as we have only
identified processes and data that may allow grounding zone weakening, but due to
lack of appropriate data, we have yet to precisely constrain them. Our results indicate that flowline models are useful as they can incorporate detailed topography,
whereas 3-dimensional ice sheet models often smooth topography to 5 km (102).
Additionally, flowline models are often relatively easy to modify to include new
processes whereas more complex 3-dimensional models can be difficult to chnage
once fully implemented. Although we have not fully constrained the amount of
ocean water that propagates across the grounding zone and penetrates beyond the
flexure zone, we believe large flexure zones (125, 132), a lack of a decrease in relative basal reflectivity across the grounding lines, and basal crevassing inland of
the grounding line all indicate that ocean water is likely present several kilometers
inland of the grounding line. Our results are supported by another radar-based
analysis of reflectivity across Siple Coast grounding lines (107) which indicates
that ocean water penetration inland of grounding lines is probably not unusual in
Antarctica. Despite the fact that the amount of meltwater penetration and basal
melt that accompanies it cannot be quantified with current observations, some
melt must undoubtedly occur due to the presence of warm circumpolar deep water
in the Amundsen Sea Embayment (157) as well as substantial inferred basal melt
rates (∼20 m/a) at the grounding line (128, 147, 131, 122). Furthermore, although
these model runs, which are designed to indicate bounds of behavior and not necessarily to be predictive, may overestimate the influence of ocean melt, this may
be offset by 3-dimensional effects not included in this study, such as infiltration of
water around bedrock bumps. In the central trunk of Thwaites Glacier the bedrock
sill is of very low amplitude such that if the ice thins to flotation locally, meltwater
may flow to the landward sloping side of higher amplitude bedrock sills on either
side of the main trunk leading to large basal melt landward from the grounding
line. Thus our modeling demonstrates that current treatment of grounding lines
is not entirely realistic and points to the vital importance of precise knowledge of
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bed topography in the grounding zones of marine-based ice sheets.

5.2

Subglacial Hydrology

Although seemingly novel, the unveiling of an active subglacial hydrology system
under West Antarctica has actually been a gradual processes over the last 30
years. The discovery of deforming till and its role in the fast motion of West
Antarctic ice streams (34, 8, 52) necessitated the need for a plentiful supply of
water under the ice. The presence of water has been confirmed by numerous
subglacial access research drilling projects (52, 53). The active dynamism of ice
streams further highlights the important role of subglacial water (16, 55, 87, 78)
and the sensitivity of ice sheet wide flow to changes in subglacial water conditions.
The discovery in the last decade of rapid subglacial water transit and reorganization
of subglacial water systems following active subglacial drainages on timescales of a
few years or less (57, 155, 171, 152, 56, 58) present plausible mechanisms for rapid
alteration of pathways of subglacial water transit. As the entire motion of large ice
streams is likely sensitive to relatively modest changes in subglacial hydropotential
in localized areas of the ice stream bed (169, 173), understanding and incorporating
accurate subglacial water flow into ice sheet models is critical to understanding ice
sheet motion on any reasonable time scale.
Our geophysical observations of a single, small subglacial lake (Subglacial Lake
Whillans) on Whillans Ice Stream indicate that such active lakes are not exceptional, but are a normal part of the subglacial drainage system. Although the
connections between the subglacial lake and the surrounding subglacial hydrology
are not yet fully understood, and some creativity is needed to model lake drainage,
small subglacial lakes are only critical to ice stream flow in that they present a
mechanism for water and sediment transport down the ice stream. Water piracy
has been posited as a possible mechanism of ice stream stagnation (16); thus the
absence of lakes or changes in their drainage patterns such that less water is transported down an ice stream may indicate stagnation. Similarly, reactivation of an
ice stream is likely linked to more active water and sediment transport. The one ice
stream currently suspected of stagnating (Whillans Ice Stream) (87), however, has
an active subglacial hydraulic system (57, 152, 56) under it and sediment transport
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has been vigorous over the last few centuries (19). Still recent observations of fewer
stick-slip events (Winberry, pers. comm., 2011) and modeling results (Carter, pers.
comm., 2011) indicate that water flow under Whillans Ice Stream may have shifted
in the near past and currently may be changing. The final ramifications of such
changes and the timescales over which they occur are still unclear.
Mountain glaciers, although intrinsically important due to their proximity to
people, supply of water to large populations, and current large contribution to
sea level from the cryosphere, are rarely recognized as analogues to the large ice
sheets. Our observations at Engabreen, Norway highlight this oversight. Here
we observe a glacier shift its basic mode of basal motion in response to modest
changes in subglacial water flux (< 1 m3 /s). Furthermore, a large, sudden influx of
meltwater to the bed of a glacier appears quite similar (from a passive seismology
viewpoint) to to a sudden influx of meltwater to the base of an ice sheet (i.e.
a catastrophic Greenlandic supraglacial lake drainage). The complex interplay
between shear stress, normal stress, water pressures, and seismicity suggest new
directions for modelers but also illustrate the difficulties in accurately modeling
such a complex system. Using our data from Engabreen, we have plans to imlement
models of Greenlandic supraglacial lake drainages. Observations of hysteresis in
subglacial water systems indicate the need to incorporate stochastic parameters
into models of subglacial hydrology even in systems where surface melt is not
a factor. In order to bound stochastic systems, and understand the full range
of possible reactions to surface melt, long-term monitoring of subglacial water
systems is crucial. We have begun implementing such a program at Engabreen by
installing a permanent basal seismometer array which we hope to supplement with
other subglacial instrumentation in the future.

5.3

Subglacial Processes

Both section 5.1 and section 5.2 discuss processes that are fundamentally subglacial. Although precipitation or ablation can affect the grounding line position
of an ice sheet due to changes in surface slope and therefore driving stress, these
processes in Antarctica are of secondary importance to basal melt. Surface melt in
the interior of West Antarctica is also unlikely to be an important factor in the fore-
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seeable future. Our analysis of a changing mode of motion of a mountain glacier in
Chapter 4 has only an indirect connection to ice sheet collapse and thus sea level
rise, but our results do show that glaciers shift modes of basal motion rapidly.
In fact, most rapid change in glacier motion, whether acceleration of Greenlandic
outlet glaciers (83, 85, 124), increase in motion from supra- or subglacial lake
drainages (47, 84), or the acceleration and thinning of Antarctic glaciers (at the
coast and inland) (134, 125, 146, 24, 128, 120, 147, 130, 126, 86, 141), is likely
primarily due to the effects of increased water at the bed either acting as a lubricant or influencing grounding line position, or is due to enhanced basal melt near
the grounding line from warm circumpolar deep water intrusion (157). Although
other important processes, such as calving (13, 29) and glacier surge following the
reduction of buttressing (136, 20), cannot be ignored, only accurate inclusion of
subglacial processes at grounding lines will allow us to bound the behavior of the
West Antarctica Ice Sheet over the next millennium.

5.4

Future Directions

During roughly the last decade, remote-sensing has played the pivotal role in a
paradigm shift in glaciology in that we now understand that ice sheets have the
capacity to shift their behavior on decadal timescales such that rapid collapse on
millennial timescales or less is possible. Current sea level predictions do not include
the possibility of a dynamically collapsing ice sheet (12, 154) and accurate bounds
are needed to inform prudent long-term decisions regarding mitigation of damage
from possible sea level rise. Both modeling (122) and observations (138, 162) indicate that such a collapse has likely occurred during numerous interglacial periods
in the past. Our new depiction of the grounding line of Thwaites Glacier using high-resolution airborne laser altimetry data, ice-penetrating radar data, and
modeling suggest that Thwaites Glacier could catastrophically retreat in the next
500 years if warm ocean water penetrates across the grounding zone and weakens
the basal friction. Observations from this thesis and other studies indicate that
ocean water likely penetrates beyond the grounding zone (107) and that tidal flexure accompanied by possible inland tidal pumping of ocean water is ubiquitous
in Antarctica (132), but the precise impact of such effects remains unclear. The
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modeling results presented in this dissertation indicate that precise knowledge of
the bed topography and basal processes is crucial to accurately predicting future
ice sheet behavior. An increased understanding of basal processes and conditions
directly implicates the need for more ground-based geophysical studies of the basal
boundary like those presented in Chapters 3-4 in addition to continued focus on
remote-sensing campaigns. Thus, if glaciology was revolutionized in the last decade
by observations of rapid change gleaned from primarily spaceborne platforms, perhaps this decade will transform glaciology through elucidation of basal processes
and accurate incorporation of such processes into ice sheet models with the ultimate goal of providing accurate bounds on sea level and climate predictions over
the next millennium. As many of the areas most necessary to instrument are in
highly dynamic zones of ice sheets, there is the danger of coming to the wrong conclusion based on a short time series of observations. Thus, as was true 100 years
ago when Amundsen and Scott began their journeys, a certain degree of temerity,
even if primarily intellectual, is still required to explore the polar regions.
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