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ABSTRACT
Newly analyzed core material from Svalbard presents the most expanded sedimentary
section spanning the Paleocene Eocene Thermal Maximum (PETM) studied to date. Carbon
isotopic analysis of the bulk organic matter extracted from core BH9-05 details the onset of the
negative carbon isotope excursion (CIE) of approximately 4.2‰ over 19,000 years (8 m of
section, sampled every 30 cm) and its recovery over 50 m of section, representing 150,000 years.
The CIE of terrestrial higher plant n-alkanes (~6‰) is larger than that of the bulk organic carbon
(4.2‰), suggesting the CIE of the atmospheric CO2 is in the range of 4.2 to 6‰. We use a novel
approach to modeling the excursion, forcing an Earth system model of intermediate complexity to
conform to the total organic carbon isotope record, yielding rates of carbon release at the PETM
for a specified isotopic composition representing end-member potential sources (methane or
fossil organic matter). We find that the peak rate of carbon addition is only a small fraction of the
current rate of fossil fuel burning (9 Pg C/yr) whether the source is methane (0.3 Pg C/yr; δ13C = 60‰) or organic matter (1.7 Pg C/yr; δ13C = -22‰). Model/data comparison, especially the
observed and modeled seafloor carbonate dissolution record, favors the higher peak rate and
larger (~13,000 Pg C) cumulative addition associated with an organic-matter source, such as
rapid oxidation of peat/coal/marine organic matter, thermal alteration of marine organic matter
during emplacement of the N. Atlantic Volcanic Province, or a mix of relatively 13C enriched
(volcanic) and relatively 13C depleted (methane) sources. However, model sensitivity analysis
shows that while the rate and amount of carbon added (for a specified source type) is relatively
insensitive to key model uncertainties, the predicted seafloor carbonate dissolution response is
quite sensitive to the presumed initial ocean alkalinity and seafloor carbonate distribution (i.e., the
ocean’s buffer capacity against CO2 addition). Given the limited coverage of the existing deep-
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sea record, we cannot definitively rule out the alternative scenario involving a smaller cumulative
addition (~2500 Pg C) from an isotopically lighter source (methane).
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Chapter 1
Introduction
The PETM (Paleocene-Eocene Thermal Maximum) is a geologically abrupt (~170,000year duration) [Röhl et al., 2007], extreme global warming event that occurred at about 55.8
million years ago [Ma; Kennett and Stott, 1991; Charles et al., in prep.]. The cause of this climate
anomaly has received much attention since it is perhaps the best analogue for the climate
response to greenhouse gases emissions from the burning of fossil fuels [as recently reviewed by
Dunkley Jones et al., 2010]. The PETM is associated with drastic and transient environment
change, including reorganization in marine and terrestrial ecosystems [Thomas and Shackleton
1996; Bowen et al., 2002; Gibbs et al., 2006] , 5-9 ºC temperature rise in the world ocean within
several thousand years [e.g. Kennett and Stott, 1991; Zachos et al., 2003; Tripati and Elderfield,
2005], possible changes in ocean circulation patterns [Nunes and Norris, 2006], and intense
calcium carbonate dissolution in deep-sea sediments [Zachos et al., 2005].
The PETM was accompanied by a negative carbon isotope excursion (CIE) of 2-4‰ as
preserved in marine carbonate and planktic/benthic foraminifera, 4-8‰ in paleosol carbonate
records, and 3-6‰ in bulk organic matter and higher plant biomarkers (Table S2). The CIE is
commonly explained as the result of a rapid release from sedimentary reservoirs of a large
amount (>1500 Pg C) of 13C depleted carbon from methane hydrate dissociation [e.g. Dickens et
al., 1995; Zeebe et al., 2009], terrestrial or marine organic matter oxidation [Kurtz et al., 2003;
Higgins and Schrag, 2006], volcanism and associated thermogenic gas release from sediments
[Svensen et al., 2004], or combination of various sources [Panchuk et al., 2008]. Both thermal
destabilization of methane clathrates or melting of permafrost, or oxidation of organic C from
coal/peats require an initial warming and/or drying as a trigger, which could have been volcanism
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in the North Atlantic [Svensen et al., 2010] or comet impact [Kent et al., 2003; Cramer and Kent,
2005]. Slope failure [Katz et al., 1999], switch in deep water forming location [Bice and
Marotzke, 2002] and erosion of continental slope sediments [Katz et al., 2001] are proposed
alternative triggers for methane release. It is also possible that there may not have been no real
substantial trigger, but rather a long-term climate change toward a threshold that was, for
stochastic or periodic (orbital) reasons, crossed, putting the system into positive feedback and
generating the PETM [Thomas and Shackleton, 1996].
The magnitude of the carbon isotope excursion, extent of dissolution, and degree of
warming are the three major constraints on the total amount of carbon added during the CIE and
its isotopic composition. Dickens et al. [1995] first provided a quantitative estimate of the
necessary amount from a possible source of fossil carbon using an isotopic mass balance model.
They suggested that in order to match the presumed -2 ~ -3‰ CIE and more than 4 ºC warming
within less than 10,000 years (10 kyr), more than 1,100 to 2,100 Pg C had to have been added to
the ocean-atmospheric system through thermal dissociation of CH4 with a δ13C of ~ -60‰. In
contrast, Zachos et al. [2005] estimated that to explain the extent of dissolution at Walvis Ridge, a
presumed -3‰ CIE, and > 4 ºC warming, at least 4,000 Pg C was released. Panchuk et al. [2008]
upped the estimate even further, using an Earth system model of intermediate complexity (EMIC)
to demonstrate that the smallest amount of C required to match a -4‰ CIE of the oceanatmosphere system over 10 kyr and the observed distribution of CaCO3 on the seafloor was 6,800
Pg, implying an isotopic composition of -22‰. Their model-data comparison also suggested that
a cessation of bioturbation occurred in the south Atlantic during the CIE, perhaps in response to
developing anoxia. Most recently, box-modeling by Zeebe et al. [2009] showed that a more
prolonged addition of carbon than is typically assumed is required to generate not only the
magnitude but also the shape of the isotope excursion. They concluded that a 5 kyr pulse of CH4
(with δ13C = -50‰) at a rate of ~0.6 Pg C y-1 (for a total of 3000 Pg C) was initially added to the
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ocean/atmosphere to produce the extent of dissolution, followed by a prolonged 1480 Pg C
addition for about 50 kyr that delayed the isotope recovery [Zeebe et al., 2009]. Zeebe et al.
[2009] considered the initial pulse of less than 3000 Pg C and the resulting 700 ppm increase in
atmospheric pCO2 (from 1000 to 1700 ppm) is the upper limit of total C addition. This is
insufficient to generate the 5-9 oC sea surface warming during the PETM, given a likely climate
sensitivity of 1.5 to 4.5 oC warming per doubling of CO2. So that Zeebe et al. [2009] concluded
that there must have been another mechanism that caused the additional warming.
The major difference between the Panchuk et al. [2008] model, which required a large
carbon addition to match the extent of dissolution, and the Zeebe et al. [2009] model, which
required considerably less, is their differing interpretation of the concentration of CaCO3 in
Paleocene deep-sea sediments, reflected by the choice of calcite compensation depth (CCD) in
the Zeebe et al. [2009] box model and the best model-data fit in the spatially resolved model of
Panchuk et al. [2008]. Zeebe et al. [2009] inferred a shallow CCD, whereas the model-data
comparison of sedimentary carbonate contents of Panchuk et al. [2008] was consistent with a
deeper CCD. As a result, Zeebe et al. [2009] calculated a smaller cumulative addition of carbon
than did Panchuk et al. [2008].
Here we present new organic geochemical data, bulk organic and compound specific C
isotope data from core materials representing the most expanded PETM section yet recovered
from nearshore marine early Cenozoic succession from Svalbard. We use the bulk organic C
isotope data to force an EMIC (GENIE-1; http://www.genie.ac.uk) in a novel way. Rather than
running a forward simulation of the ocean-atmosphere system to a prescribed C addition, we
instead force the model to conform to the prescribed δ13C record by adding carbon of a given
isotopic composition to the atmosphere at each timestep. The model results provide the best
constraint to date on the total amount and rate of carbon addition to the ocean/atmosphere system
during the PETM. We compare simulations based on organic matter and biogenic methane
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sources, shallow and deep initial CCDs, and with and without bioturbation. We find that of the
simulations performed, the model-data comparison favors a high peak rate (1.7 Pg C/yr) and
larger (ca. 13000 Pg C) cumulative addition associated with organic C addition to an ocean with
an initially relatively deep CCD. However, uncertainties of the pre-existing CCD mean that we
cannot rule out a lower peak rate (0.3 Pg C/yr) and smaller cumulative addition (2500 Pg)
associated with methane and a pre-existing shallow CCD configuration. We also find that a
substantial burial of organic C is necessary during the “recovery phase” to explain the rapid rise
in δ13C of the atmosphere/ocean system.

Chapter 2
Core Location and Stratigraphic Context
The core BH9-05 utilized in this study was collected by Store Norske Spitsbergen
Kulkompani near Sveagruva and Urdkolbreen (~77o50’N, 16o30’E) (Fig. 2-1A), Spitsbergen
(Svalbard, an archipelago in the Arctic Ocean) in 2005 and provided to the co-authors and
collaborators under the auspices of the Worldwide Universities Network’s pACE program (paleoArctic Climates and Environments; http://wun.ac.uk/pACE). The cored interval spans the
Paleogene Central Basin succession of Spitsbergen, deposited in a foreland basin associated with
the West Spitsbergen Orogeny [Steel et al., 1981]. The Paleogene Van Mijenfjorden Group
(~2100m thick) constitutes the central foreland basin fill. This group has been subdivided into the
Firkanten, Basilika and Grumantbyen Formations of the Paleocene and the Frysjaodden,
Hollenderdalen, Battfjellet and Aspelintoppen Formations of the Eocene (Fig. 2-1B) [Dallmann,
1999]. The Eocene succession records the main basin infilling from the West Spitsbergen Orogen
to the west. The drilled interval (Core BH9-05; see the Appendix for full description of core
BH9-05) includes the following formations in stratigraphic order: 1). Grumantbyen Formation
(highly bioturbated sandstones); 2). Gilsonryggen Member of the Frysjaodden Formation (deepwater marine shale with some deep-water sand-rich turbidite intervals and ash layers); and 3).
Battfjellet Formation (series of clastic wedges of mostly shoreline to shelf facies) [Dallmann,
1999] (Fig. 2-1B). The PETM has been identified in the lower part of Gilsonryggen Member
[Riber, 2009]. Rüther [2007] interprets the Upper Grumantbyen Formation sandstones as offshore
sand bars, and the Frysjaodden Formation mudstones as a deeper-water shelf environment. The
lower Gilsonryggen Member consists of organic-carbon-rich, commonly laminated siliciclastic
mudstones, barren of calcareous and siliceous microfossils but containing assemblages of
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agglutinated foraminifera, organic-walled dinoflagellate cysts (dinocysts), pollen and spores, and
terrestrial and marine biomarkers [Charles et al., in prep.]. High abundances of terrestrial
components in Gilsonryggen Formation mudstones indicate proximity to land. A new orbitally
tuned age model based on cyclicity in Fe and Mn content of the same core allows more precise
absolute time control (Fig. S1; Charles et al., in prep.).

Figure 2-1. (A) Location map showing Tertiary deposits in Spitsbergen. The red square represents
the study area in Spitsbergen. The drilling core (BH9-05) is located on the eastern margin of the
Central Tertiary Basin (77o50’N, 16o30’E). (B) Sedimentary facies of the Van Mijenfjorden
Group (Modified from Helland-Hansen, 1992). Position of core BH9-05 is shown in red column,
which spans the Paleocene-Eocene boundary.

In detail (Fig. 4-1), from 548 to 535 meters below surface (mbs) the Gilsonryggen
Member is mainly composed of claystone, with poor and moderate sorting, medium gray color,
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and the grain size is clay (<0.004mm) to silt (0.004 - 0.063mm). Agglutinated foraminifera are
present through this interval; there is moderate bioturbation, and thus there were no laminated
intervals observed. Pyrite and siderite nodules are also present during this interval. From 535 to
532 mbs, the lithology is claystone. There is high abundance of bedded and nodular siderite with
light reddish gray color. Over the interval 532 to 500 mbs, the lithology is clay shale and the
sediment has fine parallel laminae with high pyrite content throughout this interval, which may
reflect development of anoxic conditions at the seafloor. Also there are some siderite beds, small
fining upwards, silty sequences with dark gray color. This interval corresponds to what is
interpreted as the maximum flooding surface [Riber, 2009] which lies between 529.75 and 508.05
mbs. From 500 to 409 mbs, the lithology and structure are similar to those from 535 to 532mbs
[Riber, 2009]. An increase in ratio of kaolinite/(kaolinite+chlorite) and kaolinite/(kaolinite+illite)
in the sediments [Riber, 2009] suggests increased temperature and precipitation during the time of
deposition from the interval between 536 and 529 mbs (Fig. 33 in Riber, 2009).

Chapter 3
Methods

3.1 Bulk organic carbon isotopes
Different sampling interval is used in this study for bulk organic carbon isotope analysis.
Samples weighing between 10-30 g were collected every ~30 cm from 554.72-500 mbs and every
1 m from 500-475 mbs from core BH9-05 for a total of 172 across the PETM. Samples weighing
the same were also collected every 2 meters from 160 to 475 mbs and from 110 to 140 mbs and
every 1 m from 140 to 160 mbs for a total of 170. All samples were gently washed with deionized
distilled water (DDW) to remove any surface contamination prior to extraction. 5-10 g samples
were then crushed with a SPEX 8000 Mixer resulting in a homogeneous powdered sample (size
~75 μm). The ball mill was cleaned between samples with DDW. To remove carbonate material,
powdered samples were reacted with 10% HCl (w/v) in centrifuge tubes for 24 hours and rinsed
repeatedly until pH was ~6. Samples were then freeze-dried for isotope analysis.
δ13C values for bulk organic matter were measured by continuous flow on an elemental
analyzer (EA; COSTECH ECS4010) coupled to an isotope ratio mass spectrometer (IRMS;
Thermo Finnegan Delta Plus XP), via an open-split interface. Carbon isotope values were
normalized to the VPDB scale using laboratory standards (calibrated with IAEA standards) and a
two-point calibration following the methods of Coplen et al., (2006). Precision was monitored
with standards across all EA analyses and was determined to be 0.21‰ (n=266, 1 sigma).
Accuracy was determined by measuring the difference between expected and measured values of
standards treated as samples across all EA analyses and was 0.18‰ (n=105).
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3.2 Lipid extraction
18 samples from depth 483 to 544.53 mbs weighing 10-30 g were selected to conduct
biomarker analysis and compound specific carbon isotope analysis. For biomarker extraction, the
surfaces of the sampled core materials were cleaned with methanol and dichloromethane and then
pulverized in a ball mill. 10-30 g of powdered samples were Soxhlet extracted with
dichloromethane:methanol (9:1, v/v) for 24 hours. Total lipid extracts were concentrated by
rotoevaporation, and then separated into compound classes using short pipette columns filled with
approximately 3 g alumina (60Å, 70-230 mesh) activated at 150ºC for 1.5 hours. The apolar and
polar fractions were eluted using hexanes/dichloromethane (9:1 v/v; 4 mL) and
dichloromethane/methanol (1/1, v/v; 4 mL), respectively. The apolar fraction was then separated
into saturated and unsaturated compounds with 0.5 g of 5% silver nitrate ion-impregnated silica
gel. The saturated fraction was eluted using hexanes (4 mL) and unsaturated compounds were
eluted using ethyl acetate. All fractions were analyzed by gas chromatography (GC) and gas
chromatography/mass spectrometry (GC/MS).

3.3 Compound identification and Quantification
Compounds were identified with a Hewlett-Packard 6890 GC coupled to a HelwettPackard 5973 quadropole MS. A fused silica capillary column (J&W Scientific DB-5; 30 m x
0.25 mm, 0.25µm film thickness) was used with helium as the carrier gas (2 mL/min). Samples
were injected in pulsed splitless mode with an initial temperature of 60ºC, followed by a ramp to
320ºC at 6ºC/min and then held at 320ºC for 20 min. The electron impact MS was operated with a
scanning mass range of m/z 50-700 at 3 scans per second and an ionization energy of 70 eV.
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Compounds were identified with authentic standards, NIST 1998 chemical library, or by
fragmentation patterns and retention times.
Compounds were quantified on a Hewlett-Packard 5890 GC coupled to a flame
ionization detector (FID) operated in splitless mode. GC parameters were the same as those
outlined above. Quantification was made by normalizing all compound peak areas to an internal
standard and compared to an external calibration curve of standards, including n-alkanes, ranging
in concentration from 0.1 to 120 µg/ml. Precision and accuracy was determined by treating
standards as samples and was better than less than 10%.

3.4 Compound specific carbon isotopes
δ13C of individual n-alkanes were measured by GC-IRMS. Compounds were separated
with a Varian model 3400 GC operated in splitless mode on a silica fused silica capillary column
(J&W Scientific DB-5; 30 m x 0.32 mm, 0.25µm film thickness). The GC program was the same
as above and following separation, compounds were combusted over nickel and platinum wire
with O2 at 1000ºC. δ13C values were measured on a Finnegan MAT 252 IRMS relative to a CO2
reference gas calibrated with Mix A (Arndt Schimmelmann, Univ. of Indiana). Precision of Mix
A standards during the course of analyses was 0.15‰ (n=172, 1σ). Precision and accuracy of
sample analyses was monitored by co-injection of internal alkane standards n-C38 and n-C41 and
was 0.10‰ (n=52, 1σ) and -0.06‰ (n=52), respectively.

Chapter 4
Results

4.1 Stable carbon isotopes of total organic carbon
The stable carbon isotope record of total organic carbon (TOC) from core BH9-05 (from
560 to110 mbs) is shown in Fig. 4-1A. On the basis of these data, the carbon isotope excursion
(CIE) recorded in TOC (δ13CTOC) associated with the PETM is ~ -4.2‰. The entire excursion
occurs over ~50 m in thickness, from 540 to 487 mbs (Fig. 4-1B). Below 540 mbs, δ13CTOC values
vary around -25.6‰. δ13CTOC starts decreasing at ~536 mbs and more steeply at 533.32 mbs, with
~20 intermediate points before it reaches the minimum of -30.1‰ at 527 mbs (Fig. 4-1A).
δ13CTOC then exhibits small variations from 527.00 to 519.70 mbs with an average value of 29.8‰. The “recovery phase” (from 519.70 to 487.00 mbs) is more gradual, with a concavoconvex shape (Fig. 4-1B). Notable variability in δ13CTOC during the recovery phase may be
globally representative, but could also be the result of diagenesis, organic carbon source
variations, sediment mixing or other local effects. The end of CIE is typically placed at the break
in slope of the isotope record in the middle of precession cycle 9 [Röhl et al., 2007]. Here we
place it at 487.00 mbs (δ13CTOC = -26.0), which is in the middle of precession cycle 9 based on an
orbitally tuned age model for this core [Charles et al., in prep.; see Fig. S1 and brief description
of the age model in the appendix] that we have adopted here, and use, with a 10th -order
polynomial fit, to drive our model simulations (see Fig. 5-1). δ13CTOC after the PETM (from 480
to 110 mbs) fluctuates between -25.7‰ and -27.2‰, with an average of -26.5‰, exhibiting less
variability compared to that from depth 550 to 480 mbs (Fig. 4-1A).

12

Figure 4-1. Profiles of the total organic carbon isotopic composition of core BH9-05 in Svalbard.
(A) Variation of the bulk organic carbon isotopic composition (δ13CTOC) from core depth 551.19
to 110 mbs (meters below surface). (B) High resolution records of δ13CTOC from core depth
551.19 to 481 mbs, the PETM spans 540 to 487 mbs and is represented by grey shadow area.

4.2 Biomarker compositions
The GC/MS analysis revealed that the apolar hydrocarbon fraction of the sediments from
core BH9-05 is dominated by n-alkanes ranging from C13 to C33 (Fig. 4-2 A, B). The abundance
of high-molecular-weight (HMW) n-alkanes (n>24) is generally smaller than that of the lowmolecular-weight compounds (Fig. 4-2; Fig. 4-4 B, C). The abundance of n-C17 (mainly derived
from marine algal, Han et al., 1969) ranges from 950 to 4400 µg/gC, whereas the odd HMW nalkanes (n-C25, n-C27, n-C29, n-C31, mainly derived from vascular plants, Eglinton and Hamilton,
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1967) show a range in abundance from 230 to 3400 µg/gC. The abundance of both n-C17 and odd
HMW n-alkanes increase to their maximum value at 528.05 mbs (Fig. 4-4 B, C).
We have also detected abundant isoprenoids pristane (Pr, C19) and phytane (Ph, C20) and
calculated the Pr/Ph ratios (Fig. 4-3B), which are traditionally interpreted as an indicator of the
redox conditions in the depositional environment [Didyk et al., 1978]. It has been suggested that
the source of pristane and phytane is the oxidation and reduction of phytol side chain of
chlorophyll respectively: oxic conditions in sediments tend to favor the formation of pristane,
whereas reducing or anoxic conditions tend to favor the formation of phytane [Didyk et al., 1978].
The ratio of Pr/Ph is greater than 4 from 543.10 to 530.35 mbs (Fig. 4-3B). According to Hughes
et al. [1995], Pr/Ph >3 reflects periodically oxic or dysoxic conditions in fluvial and deltaic
environment and often is related to coal-sourced oils, suggesting a terrestrial source.
Alternatively, the Pr/Ph ratio might increase in response to thermal maturation, because
preservation of pristane is favored over phytane under thermal diagenesis as is observed in
heating experiment [Connan, 1973]. The Pr/Ph ratio then decreases sharply to ~1 (529.70 mbs)
during the onset of the PETM and stays at a low value of ~1.4 from 528.05 to 525.00 mbs. The
sharp decrease in Pr/Ph ratio at 529.70 mbs is likely related at least in part to an increase in the
contribution of organic matter from a marine source, but it could also be related to a change in
redox state toward more reducing environments associated with the maximum flooding event
[Riber, 2009]. Low Pr/Ph ratio (<1) is traditionally interpreted as an indicator of an anoxic [Didyk
et al., 1978] or saline environment [ten Haven et al., 1987]. However, the utility of Pr/Ph ratio as
a redox/salinity condition indicator of paleoenvironments has been challenged by other studies
[e.g. ten Haven et al, 1987; Goossens et al., 1984 ], and is limited by several factors including
variable source input other than chlorophyll, such as tocopherols as source of pristane [Goosens
et al., 1984], archaeal ether lipids as source of phytane [Risatti et al., 1984; Rowland, 1990],
thermal maturation [Peters et al., 2005], and later diagenesis [Rontani et al., 2010]. There are
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palynological indications that the basin went anoxic during the CIE [Charles et al., in prep.]. We
suspect, therefore, that the sharp drop in Pr/Ph was the result of a combination of a decreased
terrestrial source of organic matter and more reducing conditions, both consistent with marine
inundation. The Pr/Ph ratio increases gradually from 525.00 and stays higher than 3.8 from
509.35 to 493.00 mbs.
Interestingly, the minimum value in Pr/Ph ratio does not correspond to the high peak
value in TOC (%), as is shown in Fig. 4-3 C. The %TOC increases from 1.6% (546.73 mbs) and
reaches its maximum 2.9% at 536.36 mbs, which is about 7 m lower in stratigraphic level than
that of the minimum Pr/Ph ratio. TOC% then decreases dramatically to 0.8% at 532.37 mbs, and
remains low and shows less variability from 532.37 to 490.05 mbs, with an average value of
1.3%. Observed laminated black shale from 532.00 to 498.00 mbs and framboidal pyrite reported
by Riber [2009] suggests anoxia condition has developed in this basin during the low TOC
interval. Thus the low TOC may suggest a low flux of organic matter to the sediment through this
interval.
To further evaluate potential changes in the source of organic matter, we also evaluated
the carbon preference index (CPI) (Fig. 4-4 D), which represents the relative abundance of HMW
odd-over-even n-alkanes, and the terrigenous/aquatic ratio (TAR) (Fig. 4-4 E), which is a crude
indicator of relative amounts of terrigenous versus aquatic hydrocarbons input into the sediments
[Peters et al., 2005]. CPI of modern vascular plants and geological sediments typically shows
values greater than 4 [Collister et al., 1994; Otto et al., 1994], and decreases with increasing
maturity [Peters et al., 2005]. Given the low hydrogen index (HI; varies from 56 to 124) and
oxygen index (OI; varies from 7 to 111) (Fig. 4-3 D), the sediments from core BH9-05 have
suffered considerable transformation from thermal alteration [Riber, 2009]. The high thermal
maturity, however, tends to obscure a strong odd-over-even predominance in the sediments of
core BH9-05 as is reflected by the rather low and constant CPI (range from 0.8-1.2, with an
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average of 1.1) (Fig. 4-4D ). These values are in general agreement with those observed in nalkanes from sediments that have suffered from thermal alteration [Peters et al., 2005]. The TAR
values are consistently small (ranges from 0.4 to 0.8) throughout the PETM, which is the
expected result for samples that are thermally altered [Peters et al., 2005]: the long chain nalkanes are degraded to short chains, so that the terrestrial signal will be lost. In summary,
relatively constant CPI and TAR throughout the PETM is consistent with a relatively invariant
source of organic matter, but the low HI and OI indicate that these biomarker ratios have likely
been altered by post-depositional processes and thus cannot be used to conclusively support this
inference. In this context, the Pr/Ph ratio shift is tentatively interpreted to reflect a shift to anoxic
depositional conditions together with a reduced influx of terrestrial organic matter into the
sediments.
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Figure 4-2. Profiles of the total ion chromatogram for the non-polar lipid fraction of sediments
from core BH9-05. (A) sample at 537.30 mbs, right before the CIE. (B) sample at 530.35 mbs,
during the CIE. Pr: pristane, Ph: phytane, Sq: squalane (internal standard).
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Figure 4-3.Profiles of organic geochemical data. (A) Variation of the bulk organic carbon isotopic
composition (δ13CTOC) from 550 to 480 mbs. (B) Variation of Pr/Ph ratio from 543 to 483 mbs.
(C) Variation of TOC (%) from 550 to 490 mbs (black cross represents data from Riber [2009],
red diamond represents data from this study). (D) Hydrogen and oxygen index from 550 to 490
mbs (from Riber [2009]).
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Figure 4-4. Profiles of biomarker data. (A) Variation of the bulk organic carbon isotopic
composition (δ13CTOC) from core depth 550 to 480 mbs. (B) Abundance of algal originated n-C17.
(C) Abundance of long chain n-alkanes. C25: triangle, C27: plus, C29: square, and C31: cross. (D)
Carbon preference index (CPI for n-alkanes), calculated from equation: CPI =
(𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 )
(𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 )
0.5× � 25 27 29 31 33 + 25 27 29 31 33 � [Eglinton and Hamilton, 1963]. (E)
(𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 )
(𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 +𝐶𝐶 )
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Terrigenous/aquatic ratio (TAR), calculated from equation:
TAR=(nC27+nC29+nC31)/(nC15+nC17+nC19) [Peters et al., 2005]

4.3 Compound specific carbon isotope records
Stable carbon isotopic analyses were performed on the non-polar lipid fraction of
extracted sediments from core BH9-05 in Svalbard (Fig. 4-5; Table S1). The δ13C records in all
odd-numbered HMW n-alkanes (n-C27, n-C29, n-C31) show a marked negative carbon isotope
excursion (~ 6‰) starting at 533.32 mbs and persisting to 523.70 mbs (Fig. 4-5B). The δ13C
records of all long chain n-alkanes track each other (Fig. 4-5B) and show similar magnitude of
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CIE. The average δ13C values of long chain n-alkanes are -28.6‰, -34.5‰, and -30‰ prior,
during and after the CIE respectively. The δ13C records of long chain n-alkanes from core BH905 (Fig. 4-5B, C) track the δ13C recorded in total organic carbon (Fig. 4-1 B), but are ~3‰ more
negative prior to the CIE, ~4.5‰ more negative during the CIE, and ~4‰ more negative after the
CIE than δ13CTOC, which is opposite to the pattern Pagani et al. [2006] observed at Lomonosov
ridge in the Arctic Ocean.
To further evaluate potential differences in the CIE recorded in marine realm, we also
measured the δ13C of lower molecular weight alkane n-C17, which has been suggested of algal or
photosynthetic bacterial origin [Han and Calvin, 1969] and the isoprenoid pristane, which has
been interpreted as the oxidation of phytol side chain of chlorophyll [Didyk, et al., 1978]. The
δ13C records in n-C17 in the sediments of core BH9-05 show a ~4‰ CIE across the PETM (Fig. 45A, Table S1), but perhaps did not record the full magnitude of the excursion because there is no
available data of δ13Cn-C17 prior to the CIE. The minimum value of δ13Cn-C17 is similar to that of
odd HMW n-alkanes during the CIE (~ -34‰). The δ13C records in pristane show a ~5.5‰ CIE
across the PETM (Fig. 4-5A, Table S1). Phototrophic organisms, purple sulfur bacteria [Brooks et
al., 1988; Powell and McKirdy et al., 1984] and archaea [Goosens et al, 1984; Rowland, 1990]
are possible sources of pristane. The δ13C value of pristane is similar to that of long chain nalkanes prior to (-28.9‰), during (-34.1‰) and after the PETM (-30.9‰). In all, the CIE from
higher plant and algal biomarker (5.5 to 6‰) is 1.3 -1.8‰ larger than that from bulk organic
carbon (~4.2‰), but is significantly greater than that from both benthic foraminifera and bulk
marine carbonate from deep sea sediments. Considering the likelihood of enhanced fractionation
due to the more humid climate during the PETM in the Arctic region, and given that this
summary of CIE from other locations (Table. S2), we estimate that the carbon isotope excursion
recorded in the atmosphere is less than 6‰ as recorded in n-C31 alkanes but more than or perhaps
close to 4.2‰ as recorded in the total organic carbon in the core BH9-05 (discussed below).
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Figure 4-5. Compound-specific carbon isotopes from core BH9-05 in Svalbard. (A) δ13C for C17
and pristane. C17: diamond, and pristane: cross. (B) δ13C for C25, C27, C29 and C31 n-alkanes. C25:
circle, C27: square, C29: triangle, C31: cross. (C) δ13C for C29: square and TOC: plus, the shaded
area represents the possible shape of δ13C variations of the atmospheric CO2.

Chapter 5
Discussion

5.1 Sources of organic C in core BH9-05
Traditionally, organic geochemists use HI and OI, CPI, and Pr/Ph ratio to evaluate the
source organic material in sediments [e.g. Peters and Cassa, 1994; Hughes et al., 1995; Freeman
and Colarusso, 2001]. In our case these indicators are ambiguous, likely because of postdepositional processes. The abrupt shift in Pr/Ph ratio during the CIE (529.70 mbs) likely
indicates that there is a major shift from a terrestrially dominated source of organic material to a
more marine influenced source during the presumed flooding event. From that we would expect
to observe a large drop in the CPI and a shift from perhaps type III to type II kerogen. However,
the HI and OI plot close to the origin on a van Krevelen diagram (Fig. 4-1 D; Fig. 41 in Riber,
2009), which typically means that the sediments have suffered considerable transformation,
whether it be from oxidation, thermal alteration or bacterial degradation. The cored interval
associated with the PETM (550-480 mbs) has experienced temperatures of about 60-110 oC
[Riber, 2009], which corresponds to the oil window (60o – 150 oC, Peters and Cassa, 1994). This
suggests the organic matter is thermally mature and has been affected by thermal processes that
generate oil, making it difficult to discern odd-over-even preference in long chain n-alkanes, and
to confirm the identities of terrestrial and marine biomarkers. This prevents us from quantitatively
identifying the relative contributions of marine versus terrestrial organic matter. Thermal maturity
also tends to limit our ability to use n-alkane chain-length distributions to interpret organic matter
source. Both n-alkanes and cyclic biomarkers are inconclusive concerning potential changes in
the input or type of terrestrial plant material. Moreover the CPI value is close to 1 throughout the
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cored interval, which is also the expected consequence of alteration during diagenesis [Freeman
and Colarusso, 2001; Peters et al., 2005]. As a result, we have a suggestion that there is a major
and abrupt shift from terrestrial to marine organic material at the onset of the CIE. Interestingly,
the shift happens in an interval over which there is actually very little change in the δ13CTOC (Fig.
4-3). So despite the apparent shift in Pr/Ph, we conclude that the change in the source of organic
material is not a substantial influence on the δ13CTOC records.

5.2 δ13C records of the atmosphere
In order to reconstruct the sources and fluxes of C emitted to the atmosphere during the
PETM, temporal variations in δ13C records of the atmosphere (δ13Catm) is estimated based on a
simple linear offset (19.3‰) to convert δ13CTOC records of core BH0-05 in Svalbard to δ13Catm
(Fig. 5-1). Previous estimates of atmospheric carbon isotope ratio were based on the δ13C of
planktonic foraminifera and ocean temperature [Koch et al., 1992; Smith et al., 2007] by
assuming isotopic equilibrium between the atmosphere, marine dissolved inorganic carbon and
the calcite of planktonic foraminifera. Using mean annual precipitation, proportions of
angiosperm and gymnosperm and carbon isotope ratio of plant biomarkers to calculate the
climate-dependent fractionation effect, Diefendorf et al. [2010] constrained the magnitude of the
atmospheric CIE to be close to 4.6‰, which is in general agreement with our finding and with the
assumption that the Svalbard record faithfully records the magnitude and shape of the PETM
CIE. To evaluate the potential influence of plant function type (PFT) and climate on δ13Catm
[Diefendorf et al. 2010], we consider the change in 13C discrimination by terrestrial plants under
extreme climate condition and different PFT.
The leaf photosynthetic 13C discrimination (Δleaf) between the carbon isotope ratio of the
atmospheric CO2 and leaf [Farquhar and Richard, 1984; Farquhar, 1989] is defined as:
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𝑅𝑅

Δleaf = ( 𝑅𝑅 𝑎𝑎𝑎𝑎𝑎𝑎 − 1) × 1000 =
𝑙𝑙𝑙𝑙𝑙𝑙𝑙𝑙

𝛿𝛿 13 𝐶𝐶𝑎𝑎𝑎𝑎𝑎𝑎 −𝛿𝛿 13 𝐶𝐶𝑙𝑙𝑙𝑙𝑙𝑙𝑙𝑙
1+

𝛿𝛿 13 𝐶𝐶 𝑙𝑙𝑙𝑙𝑙𝑙𝑙𝑙
1000

≅ δ13Catm−δ13Cleaf

(1)

where Ratm and Rleaf represents the ratio of 13C/12C of the atmosphere (atm.) and leaf respectively,
and δ13C = (

𝑅𝑅𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠

− 1) × 1000. The denoted δ values are expressed with respect to a standard

𝑅𝑅𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠

Vienna - Pee Dee Belemnite (VPDB) in permil (‰).

According to the method described in Diefendorf et al. [2010], Δleaf is used to estimate its
controls on variations in δ13Catm. The fractionation in 13C of terrestrial C3 plants is associated with
the diffusion and phytosynthetic fractionation by Rubisco and PEP carboxylase [Farquhar, 1989]:
𝑐𝑐

Δ = a + (b – a) × 𝑐𝑐 𝑖𝑖

(2)

𝑎𝑎

where a is the carbon isotopic fractionation due to CO2 diffusion through the stomata of plants(ca.
4.4‰), b is the net photosynthetic fractionation by Rubisco (ca. 27‰), ci/ca is the ratio between
intercellular CO2concentration (ci) to atmospheric CO2 concentration (ca), and Δ in this case is
equal to Δleaf. The ratio of ci/ca generally decrease with increased water-use efficiency (WUE)
according to Fick’s law (A = gsc (Ca– Ci) ):
WUE =

𝑐𝑐

𝑐𝑐𝑎𝑎 ×(1− 𝑖𝑖 )
𝐴𝐴
𝑐𝑐 𝑎𝑎
=
1.6
𝑔𝑔𝑠𝑠𝑠𝑠

(3)

where A is the rate of carbon fixation by assimilation which remove CO2 from the leaf, gsc is the
stomatal conductance for CO2, and gsw is the stomatal conductance for water vapor (gsw = 1.6gsc,
because of the 1.6-fold greater binary diffusivity of water vapor and air than that of CO2 and air;
Farquhar, 1989). Combining equation (2) and (3):
Δ = 4.4 + 22.6 × (1 −

𝑊𝑊𝑊𝑊𝑊𝑊 × 1.6
)
𝑐𝑐𝑎𝑎

(4)

or rewriting equation (4) as:
27−𝛥𝛥
)
22.6

WUE = ca × (

(5)
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From equation (4) and (5), Δleaf is negatively related to WUE and positively related to ca,
and is also affected - but often unaccounted in the above equations - by contributions from
mesophyll conductance, photorespiration and temperature [Ehleringer et al., 1992; Seibt et al.,
2008]. More importantly, variations in plant function type (PFT), mean annual precipitation
(MAP) independently could result in large changes in Δleaf [Diefendorf et al., 2010]:
Δleaf (DA) = 3.14 (±0.39) × log10 (MAP) + 11.58 (±1.23)
Δleaf (EG) = 5.38 (±0.76) × log10 (MAP) + 3.16 (±2.18)
𝛿𝛿 13 𝐶𝐶𝑙𝑙𝑙𝑙𝑙𝑙𝑙𝑙

δ13Catm = Δleaf × (1 +

1000

) + δ13Cleaf

(6)
(7)
(8)

I calculate δ13C value of total plant tissue (δ13CTT) (Table S1) from δ13Cn-C31 by adding an

enrichment factor ε (ε ≈δ13Cn-C31 −δ13CTT = 4.9‰), which is the same value selected by Smith et
al. [2007] based on data compilation. In the Arctic region, angiosperm abundance increased as

evidenced by increased proportions of angiosperm pollen during the PETM [Sluijs et al., 2006].
However, there is not sufficient data of the % angiosperm and gymnosperm, and the MAP in the
Arctic region, the absolute value of δ13Catm has not yet been able to be calculated. But based on
hydrogen isotopes and fully coupled climate model, Pagani et al. [2006] suggest that the PETM
recorded in the Arctic region is characterized by more humid environment. An increase in mean
annual precipitation would result in larger 13C discrimination, thus the CIE of the atmospheric
CO2 has to be smaller than that recorded in the long chain n-C31 alkanes (~6‰). Diefendorf et al.,
[2010] has shown that a decrease in MAP from 1380 mm/yr to 800 mm/yr and a change from 23%
angiosperm to 99% angiosperm during the PETM results in a 0.2‰ net fractionation (Δleaf). The
δ13CTOC signal is smeared to an unknown degree perhaps because of the effects of diagenesis,
changes in the source, and sediment mixing of various ages; whereas the δ13C records of
terrestrial derived n-alkanes are less affected by these factors yet controlled by climatic and
ecological change. Thus the estimate of 4.2‰ is probably a lower estimate of the true magnitude
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of the CIE recorded in atmospheric CO2. Because of this, the calculated rate and total amount of
carbon added during the PETM from the model presented below perhaps represents a lower
estimate.

5.3 Interpreting the C isotope records using numerical modeling
An Earth system model of intermediate complexity (GENIE-1: Grid ENabled Integrated
Earth system model) was used to constrain the rate and cumulative amount of carbon release
necessary to generate both the magnitude and the shape of the observed PETM isotopic record
and deep-sea sedimentary response. GENIE is a fairly coarse resolution, frictional-geostrophic
ocean model with a 32×32 equal area grid and 16 ocean layers, coupled to a 2-D energy and
moisture balance model of the atmosphere and a dynamic-thermodynamic sea - ice model
[Ridgwell, 2007]. GENIE determines the ocean circulation for specified boundary conditions and
determines the transport and reaction rates for the carbon and nutrient cycles while tracking their
isotopic compositions [Ridgwell and Hargreaves, 2007]. We performed a suite of simulations in
which we varied the source carbon, either as methane-derived CO2 (δ13C = -60‰) or organic
matter-derived CO2 (δ13C = -22‰). We used a 10th order polynomial fit to the detailed δ13CTOC
records from Svalbard on an orbitally tuned age model [Charles et al., in prep.; see appendix for
age model description], offset by 19.3‰, as representative of the global atmospheric δ13C trend of
the PETM (δ13Catm) (Fig. 5-1 A, B). The model conforms to the specified δ13Catm curve by adding
CO2 with the prescribed isotopic composition to the atmosphere at a necessary rate. In our model,
the only isotopically homogeneous carbon reservoir is the atmosphere; the isotopic composition
of the ocean varies geographically and with depth. Thus we adjusted our isotope record to a
representative atmospheric value, and forced the model with that curve. We do so based on the
assumption that the polynomial fit is globally representative of the “true” isotope excursion, and
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that our samples from core BH9-05 represent a homogeneous source of organic matter derived
from a pool of carbon equilibrated with, or in fact, the atmosphere. All the simulations were run
twice, once with bioturbation in the sediments and once without, to assess the effect that loss of
bioturbation would have on sediment wt. % CaCO3 (anticipating the need to invoke this to
explain the Walvis Ridge results, as in Panchuk et al., 2008).
In all, eight simulations were run for the combined initial and boundary conditions:
methane or organic matter as the source of carbon, an initially deep or shallow CCD, and with
bioturbation on or off. We present all the simulation results and the model-data comparison
results from the two runs with the best model-data fit here (see the Appendix for a full description
of the model, including initial and boundary conditions).

5.3.1 δ13C of surface, deep DIC and core top CaCO3
The model simulations of δ13C in surface and deep dissolved inorganic carbon (DIC) and
core top CaCO3, as well as atmospheric CO2 are plotted in Fig. 5-2. As expected, the model
closely reproduced the δ13Catm curve we have prescribed in all simulations. On average, the δ13C
value of the deep water (initial δ13Cdeep = -1‰) is ~2‰ depleted compared to that of the surface
water (initial δ13Csurface = 1‰), due to respiration of organic C delivered to the deep ocean through
a process called the ‘biological pump’, whereas the δ13C value of the core-top sedimentary
carbonate carbon is ~1‰ more enriched than that of surface water DIC because of equilibrium
fractionation between surface DIC and CaCO3 (after Mook, 1986). In all simulations the CIE is
amplified in the surface waters compared to the atmosphere because of the effect of warming on
the fractionation between CO2 and DIC, and damped in the average deep-sea sediment because of
lack of CaCO3 in the interval corresponding to the height of the excursion. During the peak CIE,
substantial dissolution occurred due to major CO2 added that shifted deep water from
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supersaturated to undersaturated with respect to calcium carbonate. Sedimentary CaCO3
deposited before the onset of the PETM was produced when surface δ13CDIC was more enriched in
C, and when dissolved, it introduced higher δ13C to the DIC reservoir. During the main phase of

13

the PETM, the deep ocean is undersaturated, and thus there is no sedimentary CaCO3 deposited to
record the δ13C of ocean DIC. Dissolution of sedimentary CaCO3 accounts for the different
magnitude of CIE in surface DIC and core-top CaCO3. Also δ13C values of surface and deep DIC
reach their minimum at about the same time (at ~19 kyr), about 14-18 kyr earlier than when it
reaches the minimum in the sedimentary CaCO3 record. Sediment mixing due to bioturbation and
burn-down (dissolution) accounts for the time lag in the isotopic response of sediment CaCO3, as
well as the different magnitude of CIE in DIC and sedimentary CaCO3. As a result, when we
interpret the δ13C of CaCO3 in sedimentary record, it is important to recognize these time lags
between the δ13C in ocean DIC and sedimentary CaCO3.
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Figure 5-1. (A) δ13CTOC records during the PETM on the depth domain. (B) A smoothed 10th
order polynomial fit to the total organic carbon isotopes on the time domain based on an orbitally
tuned age model for sediments from core BH9-05 (Age model is from Charles et al., in prep.).
The δ13Catm is a linear corrected value by adding 19.3‰ to the smoothed δ13CTOC record.
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Figure 5-2. δ13C of surface, benthic DIC, core top CaCO3 and atmospheric CO2 from two best fits
of modeling results. (A) δ13C of surface, benthic DIC, core top CaCO3 and atmospheric CO2 in a
shallow CCD configuration and CH4 forcing. (B) δ13C of surface and deep DIC, core top CaCO3
and atmospheric CO2 in a deep CCD configuration and organic C forcing.

Consistent with these modeling results, the CIE in PETM deep-sea sediments differs
among bulk carbonate, planktic and benthic foraminifera (Table S2). Generally, shallower sites in
the deep sea show more complete records [McCarren et al., 2008] and thus exhibit greater CIE
than deeper sites [Zachos et al., 2005]. The CIE of planktic foraminifera is greater than in benthic
foraminifera in most deep sea sites [Thomas et al., 2002; Nunes and Norris, 2006] perhaps due to
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a gap in the benthic foraminifera record at the height of the CIE [Thomas, 2003], but also perhaps
because of the increased fractionation effects as is observed in our model results. Bulk carbonate,
which is mostly composed of nannofossils, usually records a smaller CIE than that in planktonic
and benthic foraminifera, for reasons that are not well understood [Stoll, 2005; McCarren et al.,
2008] (Also see the appendix for discussion of CIE among different C reservoir).

5.3.2 Rate and total amount of C addition
The modeled peak rate and peak cumulative amount of carbon added and the peak pCO2
during the PETM are summarized in Table 1, and the temporal trends in flux and cumulative C
addition are shown in Fig. 5-3. During the onset of the PETM (0-19,000 years), we observed
three pulses of C addition in all simulations. In the initial shallow CCD model simulation, peak
rates for methane addition are about 0.28 Pg/yr (Fig. 5-3A), whereas for organic matter they are 5
times higher, about 1.44 Pg/yr (Table 1). The cumulative amount of carbon added is similarly
much larger for the organic matter scenario (~11,200 Pg) than for the methane scenario (~2,500
Pg) (Fig. 5-3B). The rates (0.33 Pg/yr) and cumulative amounts of carbon added (~3,020 Pg in
the deep initial CCD simulations are about 15% and 20% greater than those in the shallow initial
CCD simulations for the methane and organic C scenarios, respectively. These differences arise
because the initially deep CCD allows for more seafloor carbonate dissolution. This material is
13

C enriched (equilibrated at +3‰), so the model must add more 13C depleted carbon to track the

specified atmospheric isotope excursion.
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Table 1. Peak rate, cumulative amount of C addition and pCO2 during the PETM for eight
simulations
Simulation

Bioturbaiton

Shallow CCD, CH4
Shallow CCD, CH4
Shallow CCD, Org. C
Shallow CCD, Org. C
Deep CCD, CH4
Deep CCD, CH4
Deep CCD, Org. C
Deep CCD,Org. C

on
off
on
off
on
off
on
off

Peak Flux
(Pg/yr)
0.28
0.28
1.44
1.44
0.33
0.33
1.67
1.68

Peak cumulative
amount (Pg C)
2504
2503
11229
11279
3020
3022
12894
12974

Peak pCO2 (ppm)
1480
1516
4431
4561
1428
1440
4219
4406

Figure 5-3. Model results of the PETM carbon release rate and cumulative amount versus time
from PEB (Paleocene-Eocene Boundary). (A) Model results of PETM carbon release rate and
cumulative amount versus time with our two preferred simulations: 1) shallow initial CCD and
methane scenario (red solid line); 2) deep initial CCD and organic C scenario (black dashed line).
(B) Model results of PETM carbon release rate and cumulative amount versus time with our two
preferred simulations, symbols are the same as A. Both scenarios are with bioturbation.
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As is shown in Fig. 5-4, a common characteristic at many sites is stepwise decrease in
δ13C during the onset of the CIE rather than a continuous decrease. Variations in slope of the δ13C
records imply increases and decreases, i.e., pulses in the rate of carbon addition. The flattening
and steepening part of δ13C in core BH9-05 and other records could be a global indicator of
changes in the input of C, but alternatively, they could be the result of change in other factors,
such as dissolution, sediment mixing, bioturbation and especially sedimentation rate.
Unfortunately these variations are below the resolution of the orbital time scale and thus cannot
be correlated, although when available, the 3He record can be used to assess variations in
sedimentation rate on the millennial timescale [Torfstein et al., 2010]. Indeed, the new 3He-based
age model developed by Murphy et al., [2010] (Fig. 5-4F) at Site 1266 reveals that the sharp drop
in δ13C corresponds to a decrease in sedimentation rate, so it may be an artifact of sedimentation
rate variation instead of an indicator of very rapid C injection.

Figure 5-4. Synthesized global CIE (all the sites have orbital age model). A. Record from this
study; B. Site 690 (from Röhl et al. [2007]); C. Site 1263 (from Röhl et al. [2007]); D. Polecat
Bench in Wyoming (from Aziz et al. [2008]); E. Site 1266 (from Murphy et al. [ 2010]). Dashed
line represents the onset, minimum and termination of CIE.
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Another issue is that the variations in δ13C during the onset of the CIE observed at core
BH9-05 in Svalbard (Fig. 5-4A) are subtle compared to the ones observed at, for example, Sites
690 and 1263 (Fig. 5-4B, C). This means that the amplitude of the pulses of carbon addition could
be even larger than modeled. Dissolution undoubtedly steepened the initial decrease in δ13C at
many deep-sea sites. There are reasons to argue that the core BH9-05 in Svalbard record is
relatively faithfully record the atmospheric CO2 record: the sediment is finely laminated (Fig. 41), so there is no evidence of bioturbation or physical disturbance that would tend to homogenize
the signal. On the other hand, at the Svalbard site, temporary storage of terrestrial organic
material in soils, lakes and floodplain deposits on land would tend to mix organic matter of
various ages before it was transported and deposited in the basin, smearing the isotopic record to
an undetermined degree.
The duration of the onset of the PETM is a key control on the rate of carbon emission
during the PETM. Nevertheless, it is still the focus of much debate [Farley and Eltgroth, 2003;
Lourens et al., 2005; Röhl et al., 2007; Westerhold et al., 2007; Aziz et al., 2008; Galeotti et al.,
2010; Murphy et al., 2010]. Orbitally tuned age models suggest that the total duration of the
PETM is 157 ~ 170 kyr [Aziz et al., 2008; Röhl et al., 2007] which is relatively shorter than that
obtained from 3He age model (~230 kyr)[Murphy et al., 2010]. The3He age model in Murphy et
al. [2010] shows 90 kyr duration before the maximum of the CIE (minimum δ13C) is reached and
a 140kyr duration for the recovery (Fig. 5-4 E), whereas the orbitally tuned age model at the same
site suggests a ~50kyr duration (Fig. 5-4 E) before the minimum δ13C is reached and 120 kyr
duration for the recovery. However, 3He age model at Site 1266 is likely an overestimate of the
onset duration, and the peak CIE may not have been preserved at this site (only show ~2‰ CIE).
Note that the model also requires an extraction of C as either organic material or CH4
during the recovery phase of the CIE as reflected by the negative flux shown in Fig. 5-3A.
Increased continental silicate weathering has been proposed to explain the extraction of CO2 from
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the atmosphere [Zachos et al., 2005; Kelly et al., 2005; Torfstein et al., 2010]. And indeed there is
evidence in support of enhanced silicate weathering during the PETM globally, such as the
increased radiogenic Os isotopic composition of sea water [Ravizza et al., 2001], and increased
sediment kaolinite content [Bolle et al., 2000; Clechenko et al., 2007; Gibson et al., 2000].
Enhanced silicate weathering can draw down atmospheric pCO2 and neutralize ocean pH over
tens to hundreds of thousands of years [Walker and Kasting, 1992], but silicate per se cannot
change the isotopic composition of DIC of the ocean; either an input of 13C enriched carbon (from
enhanced carbonate weathering) or organic carbon burial can affect an isotopic recovery more
rapid than that associated with the re-establishment of the original steady state via riverine input.
Our simulations included temperature-dependent carbonate weathering, but this was insufficient
to drive the isotope recovery. A new record of primary production in biogenic barium mass
accumulation rate supports the notion of enhanced productivity and burial during the recovery
phase, although the timing is different (the peak in Ba accumulation is 70 kyr later than our
modeled peak; Torfstein et al. [2010]). Alternatively, the extraction of C could reflect recharging
of the CH4 capacitor [Dickens, 2003] as the climate cooled and methane reservoirs (clathrates or
permafrost) re-stabilized. In other words, enhanced organic C burial by consuming CO2 produced
by CH4 oxidation aided in producing a more rapid return to 13C enriched atmospheric/oceanic
total CO2. The extraction of C as either organic C or CH4 in the model explains why by the end of
the isotope excursion, the total net addition of C is considerably less than that added into the
model to drive the isotope excursion (Fig. 5-3B). As a result, in order to match the entire shape of
isotope excursion, there had to be rapid, pulsed addition of 13C depleted carbon at the beginning
and then less rapid removal of carbon from the system, as either organic matter or methane to
drive the recovery.
The peak PETM atmospheric pCO2 (Fig. 5-5A, B) ranges from 1480 μatm (ppm;
methane scenario) to 4561 μatm (organic C scenario) (Table 2). In both initial CCD cases, the
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pCO2 reaches its peak value at ~18-19 kyr. The pCO2 level is quite sensitive to the C source type
but is indiscernibly affected by the pre-existing CCD and bioturbation (Fig. 5-5A, B). However,
the pCO2 value at the end of the CIE remains higher than the pre-PETM level, as most notable in
the deep initial CCD case with organic C source. The corresponding global ocean surface
temperature increase during the peak PETM is ~2.1 oC (methane scenario) (Fig. 5-6A) and ~6.5
o

C (organic C scenario) respectively (Fig. 5-6B). Although there is little proxy constraint on peak

atmospheric CO2 levels during the PETM, temperature is fairly well resolved, and the enhanced
warming associated with the organic C scenario is more consistent with the observed degree of
warming (5 – 8 oC warming).

Figure 5-5. Temporal variation of global atmospheric pCO2. (A) Temporal variation of global
atmospheric pCO2 in a shallow CCD configuration prior to the PETM; solid line: with
bioturbation on, dashed line: with bioturbation off; -22‰ means organic C source, -60‰ means
methane source; (B) Temporal variation of global atmospheric pCO2 in a deep CCD configuration
prior to the PETM.
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Figure 5-6. Temporal variation of global surface temperature. Red line: shallow CCD
configuration with methane forcing; Black line: deep CCD configuration with organic C forcing.
Both scenarios are with bioturbation.

5.3.3 Temporal and spatial variations of sedimentary CaCO3
We first explore the model simulation of the response of sedimentary CaCO3 at the global
scale, and then look more closely at contrasting regional responses to PETM ocean acidification.
The temporal evolution of the global mean CaCO3 composition is strikingly different in the
family of scenarios with contrasting sources of carbon and initial CCDs (Fig. 5-7A, B). The
global average sediment CaCO3 composition for the pre-PETM is 18% and 45%, respectively, for
the two contrasting initial conditions (Fig. 5-7A, B; Table 2). With bioturbation, in the shallow
initial CCD case, the global average sediment CaCO3 composition decreases to a minimum at ~24
kyr. In the deep initial CCD case, the global average wt% CaCO3 decreases to a minimum at ~21
kyr. Also the model results show a notable lead in time of ~3-4 kyr to reach its minimum without
bioturbation in both initial CCD cases. Intense dissolution (<15% CaCO3 during the height of

37
PETM) is reproduced in the model and is mostly obvious in the case with an organic C source.
Bioturbation provides an additional source of CaCO3 to surface sediments during the dissolution
event (CaCO3 deposited prior to the event). Thus, simulations with bioturbation exhibit a smaller
magnitude of decrease in wt. % CaCO3 than those without. They also slightly lag the nonbioturbated records in time because of mixing in of younger material as sedimentation proceeds.
An overshoot of global average wt. % CaCO3 occurs during the recovery phase of the
simulation, as can be mostly clearly seen in the organic C forcing scenario (Fig. 5-7A, B; Table
2). This phenomenon is a key feature of the carbonate system during the recovery interval of the
CIE. For example, wt. % of CaCO3 at ODP Site 690 [Kelly et al., 2005], Site 1221 [Murphy et
al., 2006], Site 1266 [Zachos et al., 2005 ] and Site 999 and 1001 [Bralower et al., 1997] during
the recovery interval is higher than that during the pre-CIE interval, which might be an indicator
of CCD overdeepening. A CCD overdeepening is also generated in box model treatments of
fossil-fuel addition [e.g., Walker and Kasting, 1992], and is the expected response to enhanced
weathering following atmospheric CO2 buildup and global warming.
Table 2.Global average wt. % CaCO3 pre, during and after the PETM for eight simulations
Simulation

Bioturbation

Shallow CCD, CH4
Shallow CCD, CH4
Shallow CCD, Org. C
Shallow CCD, Org. C
Deep CCD, CH4
Deep CCD, CH4
Deep CCD, Org. C
Deep CCD, Org. C

on
off
on
off
on
off
on
off

prePETM
PETM
postPETM
Global CaCO3 Global CaCO3 Global CaCO3
18%
8%
20%
18%
5%
20%
18%
0.8%
25%
18%
1%
26%
45%
36%
47%
45%
31%
48%
45%
14%
51%
45%
6%
52%
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Figure 5-7. Temporal variation of global average wt. % CaCO3. (A) shallow CCD configuration;
solid line: with bioturbation, dashed line: without bioturbation; -22‰ means organic C source, 60‰ means methane source. (B) deep CCD configuration prior to the PETM, symbols are the
same as in (A).

In what follows, we evaluate the model’s ability to simulate the pattern of seafloor
carbonate dissolution by comparing model results for wt. % CaCO3 as a function of depth to
observations from three data-rich regions: the equatorial Pacific, Walvis Ridge, and South
Indian/Southern Ocean (Fig. 5-8 and Fig. 5-9). The model results are represented by histograms
showing the number of grid cells in each data interval at a given depth.
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Figure 5-8. Pre-PETM wt. % CaCO3 model-data comparison plotted for 3 data-rich regions as a
function of depth. (a) The central Pacific Ocean. (b) Walvis Ridge. (c) The South Indian
Ocean/Southern Ocean. (A) an initially shallow CCD in the world ocean in the model, red
column represents histogram of model prediction of wt. %CaCO3; blue triangle represents the
observations. Hiatus (due to non-deposition) is shown in green diamond. (B) an initially deep
CCD in the world ocean in the model, symbols are the same as in A. Grey bar represents the
possible lysocline based on the observations. Top of the lysocline is shown with solid line, and
possible base of the lysocline (CCD) is shown with dashed line.
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Figure 5-9. PETM wt. % CaCO3 model-data comparison plotted for the 3 data-rich regions. (A)
Model simulation results with methane scenario, initially shallow CCD, bioturbation on. (B)
Model simulation results with organic carbon scenario, initially deep CCD, bioturbation on. All
the model results are shown by histograms, representing data abundance at a certain depth.
Symbols are the same as Figure 5-8.

The conventional wisdom is that in the Early Paleogene, the CCD was shallower than it is
today [Van Andel, 1975], which is consistent with both the “shallow CCD” and the “deep CCD”
model scenarios presented here. Modern CCDs in the North Atlantic are 5-6 km and 4-5 km in
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the Pacific and Indian oceans [e.g., Broecker and Peng, 1982]. The pre-PETM model
configuration with an initially shallow CCD in the world ocean gives a somewhat shallower CCD
in the Pacific (3000 – 3500m) than in Walvis Ridge (CCD: 3500 – 4200m) or South
Indian/Southern Ocean (CCD: 4200 – 5000m) (Fig. 5-8A). A similar pattern is found, albeit with
higher carbonate contents at all depths and a generally deeper CCD, for the pre-PETM model
configuration with an initially deep CCD (Fig. 5-8B): the Pacific CCD is between 3500 – 4200m,
Walvis Ridge CCD at >5000m and the Southern Indian/Southern Ocean CCD at 4200 – 5000m.
Our interpretation of the rather sparse sedimentary record of Pacific CaCO3 variations,
including ODP Site 865, Leg 198 in Shatsky Rise (ODP Sites 1208-1212) and Leg 199 (ODP
Sites 1220, 1221, 1215) in Equatorial Pacific (Table S3), is that prior to the PETM, the top of the
lysocline was at ~3000m and the CCD at 3350-4000m (Fig. 5-8A). Sites located deeper (Sites
164, 166, 168-170, 303, 304, 307, 315, 316) exhibit hiatuses, implying that they were below the
CCD [Van Andel, 1975].
In contrast, Zeebe et al. [2009] concluded that the CCD in the Pacific prior to the PETM
was shallower than 3500m. But this estimate rests solely on data from Site 1208, whose current
depth is 3346m. However, Site 1208 is highly condensed [Colosimo et al., 2006], and the location
of the PETM is poorly known. Poor nannofossil preservation indeed suggests proximity to the
CCD at some time during or after deposition, but given the poor constraints, we devalue the Site
1208 data in favor of those from other nearby sites.
The observed distribution of wt. % CaCO3 shows differential dissolution intensity among
the central Pacific, Walvis Ridge and Indian/Southern Ocean sites. We locate the top of the
Pacific lysocline during the main phase of the PETM at ~2500m and CCD at <2900m (Fig. 5-10)
in the Pacific, indicating only modest shoaling. In detail, in the Pacific Ocean, the wt. % CaCO3
at the shallowest Site 865 (paleodepth 1300-1500m) remains essentially the same prior to (96%)
and during the PETM (93%) (Table S3). At the next shallowest location (Sites 1209-1212;
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paleodepth 2000-3000m) exhibit high wt. % CaCO3 prior to the PETM (92-98%), and only
slightly lower percentages during the main phase of the PETM (78-86%) (Table S3). These
features indicate that Sites 1209-1212 are located above the lysocline prior to the PETM and
within the lysocline during the event. The wt. % CaCO3 at the somewhat deeper Site 1220
(paleodepth 2900m) is about 90% prior to the PETM, decreases to <20% throughout the PETM,
then increases to ~100% after the event. These features suggest that Site 1220 lies at or above the
lysocline before the event, at or below the CCD during the event, and above the lysocline after
the event. The wt. % CaCO3 at deep Site 1221 (paleodepth 3200m) varies between 20% to 80%
prior to the event, decreases to close to 0% during the event, then increases up to ~90% after the
event. The wt. % CaCO3 at similarly deep Site 1215 (paleodepth 3200m) varies between 60% to
80% prior to the event and decreases to ~10% during the event. Based on these observations, we
conclude that the CCD during the PETM was shallower than or close to 2900m. Overall the CCD
shoaled approximately 450 – 1100 m during the PETM in the Pacific Ocean.
In the well-studied region around Walvis Ridge in the Atlantic (Fig. 5-8b), there is large
uncertainty in placing the lysocline and CCD prior and during the PETM because of lack of deep
sites: the top of lysocline seems to reside at ~3200 and the CCD at >4000m, based on ODP Leg
208 (Sites 1262, 1263, 1266 and 1267), DSDP Site 527 and an earlier reconstruction of CCD in
the Atlantic [Van Andel, 1975; Van Andel et al., 1977] (Table S3). All these sites contain more
than 70% CaCO3 prior to the PETM even in the deepest Site 1262 (paleodepth: 3600 m) [Zachos
et al., 2005]. But during the main phase of PETM, all sites show no more than 4% CaCO3, even
in the shallowest Site 1263 (paleodepth: 1500 m). Thus the CCD during the PETM was shallower
than 1500 m [Zachos et al., 2005], but the top of lysocline is uncertain because of lack of sites
shallower than 1500 m. As a result, the CCD at Walvis Ridge shoaled more than 2000 m.
In the Southern Ocean (ODP Site 690)/the South Indian Ocean (DSDP Sites 738, 259,
248, 250 and ODP Site 752) (Fig. 5-8c), the top of the lysocline prior to the PETM is uncertain,

43
but was likely between 2 and 4 km because Site 259 (paleodepth ~4 km, paleolatitude ~55oS
[Hancock et al., 2007]) has a lower CaCO3 content (61%) than shallower sites, including Sites
752 (80%; paleodepth: 1000 - 2000m), 738 (90%; paleodepth: 1350m) and 690 (84%; paleodepth:
2100m) [Hancock et al., 2007]. Site 248 (paleodepth ~4170 m) and Site 250 (paleodepth ~5080
m) are characterized by hiatuses before and during the Paleocene-Eocene boundary. Thus, the
CCD prior to the PETM in Southern Ocean/Indian Ocean was between 4000 and 4170 m. During
the main phase of the PETM, all the sites in this region exhibit a decrease in CaCO3 content,
suggesting that they were all within a lysocline that has shoaled somewhat. Nevertheless, all sites
remained above the CCD throughout the event.
To put these inferences of CaCO3 response to the PETM on a more quantitative footing,
and to allow for model-data comparison, we employ a statistical approach that establishes average
profiles of CaCO3 content as a function of depth for each region and compares observed data to
these model profiles. The root mean square error (RMSE) was computed for locally weighted
regression, or loess, fits to both model outputs and observations for the three regions (Fig.5-10),
and the total RMSE was computed based on the sum of the RMSE of 3 regions. The best fit was
determined by finding the smallest total RMSE (Fig. 5-10A).
In the Pacific, which is the largest carbon reservoir among the ocean basins, RMSE of the
deep and shallow CCD initial conditions are essentially the same (14.6 and 16.1, respectively).
However, RMSE differs markedly for Walvis Ridge (RMSE of shallow CCD =45.2; RMSE of
deep CCD = 6.5) and Indian/Southern Ocean (RMSE of shallow CCD =30.1; RMSE of deep
CCD = 18.8) with the deep CCD generating the better fit in both cases (Fig.5-10A).
The PETM model results that we compare to the data (Fig. 5-9) are for the timeslice with
the maximum extent of dissolution for each run (Fig. 5-7A, B). In the case of a pre-existing
shallow CCD with organic C forcing, almost all the seafloor CaCO3 is dissolved no matter
whether bioturbation is on or off (not shown). A similarly poor model-data comparison arises for
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the case of a deep initial CCD and methane forcing, which dissolves very little CaCO3. In
contrast, with CH4 forcing and an initially shallow CCD, or with organic C forcing and an
initially deep CCD, the distribution of wt. % CaCO3 reproduces well the observations in the
Pacific and Walvis Ridge and are consistent with the Southern Indian/Southern Ocean
observations (Figs. 5-8 and 5-9). At the acme of PETM dissolution, total RMSEs (Fig. 5-10B) of
simulations with shallow initial CCD and CH4 forcing (RMSE=62.7, bioturbation on;
RMSE=72.6, bioturbation off) and deep initial CCD with organic C forcing (RMSE=60,
bioturbation on; RMSE=76.1, bioturbation off) are statistically indistinguishable. A better fit to
the Walvis data is obtained with the model simulation with bioturbation off (Fig. S4).
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Figure 5-10. (A) Root mean squared errors (RMSE) for the pre-PETM CCD model sensitivity.
The lowest total RMSE is achieved with a weathering flux of 32 Tmol/a of [HCO3-], which gives
a relatively deep CCD in the world Ocean. (B) Root mean squared errors (RMSE) for the PETM
CCD model sensitivity. The lowest total RMSE is achieved with an initially deep CCD and
organic carbon scenario.

Thus, the deep CCD configuration prior to the PETM and an organic C source associated
with a large cumulative addition (13,000 Pg C) compares most favorably to the data from an
objective, statistical point of view. However, because the number of observations is quite small,
we cannot definitively rule out the alternative scenario involving a smaller cumulative addition
(~2200 Pg C) from biogenic methane. No one simulation fits all regions best; like Panchuk et al.
[2008], we improve the fit to the Walvis Ridge region by “turning off” bioturbation (Fig. S4).
Thus a combination of our simulations with bioturbation occurring in most of the world’s oceans
but reduced in the South Atlantic yields the best comparison to the rather limited set of
observations available.

5.3.4 Changes in Ocean Circulation
Others have invoked a change in ocean circulation to explain the enhanced shoaling of
the CCD in the South Atlantic and to explain other features of the PETM record. Carbon isotopes
[Nunes and Norris, 2006], neodynium isotopes [Thomas et al., 2003] and modeling [Bice and
Marotzke, 2002; Zeebe and Zachos, 2007] suggest that deep ocean circulation patterns changed
from principally Southern Ocean deep-water formation during the late Paleocene to a significant
Northern Pacific deep-water source during the PETM. Ocean circulation reversal from Southern
Ocean deep water formation to Northern hemisphere deep water formation could produce a
carbonate saturation state decrease in the Atlantic [Zeebe and Zachos, 2007], which could be used
to explain the anomalously large (>2000m) shoaling of the CCD in Walvis Ridge. A dominant
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Southern Ocean deep-water source region for the late Paleocene has been inferred from our
model results, based on a decreasing δ13C gradient from the southern Atlantic toward the northern
Atlantic, and from the Indian Ocean toward the Pacific. However, Our model does not simulate
ocean circulation reversal in response to the warming during the PETM, although one could be
arbitrarily imposed on the model if we were to specify a shift in the hydrologic balance of
bottom-water source regions. A third interpretation, entertained by Zeebe and Zachos [2007]
originating from Dickens [2000], is that the differential dissolution among the three regions might
indicate that Walvis Ridge is proximal to the light carbon source (through oxidation of CH4 in
deep Atlantic). Alternatively, the low wt. % CaCO3 at the height of PETM at Walvis Ridge is
perhaps due to decreased flux of carbonate in South Atlantic in response to low productivity.

5.4 Constraints on the C source
Typically researchers have considered 3 major constraints on the size and the source of C
input during the PETM: the extent of dissolution on the seafloor, the magnitude of CIE, and the
degree of warming. But there are actually five constraints if we include the pre-existing
distribution of CaCO3 on the seafloor (i.e., the depth of the CCD) and the overshoot of carbonate
content during the recovery phase of the PETM. We have two contrasting models for the PETM,
one with a small methane addition (less than the upper limit of 4400 Pg C from Zeebe et al.,
[2009]) and the other with a much larger organic C addition (as much as the 13,000 Pg C
simulated here). That our results here differ significantly from those of Panchuk et al. [2008],
who used an earlier version of the same model, deserves explanation. Panchuk et al., [2008]
specified a 10,000 year perturbation (at 0.68 Pg C per year) which yielded a 4‰ CIE. We closely
reproduce the results of Panchuk et al., [2008] by specifying the same forcing (results not shown),
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but in the simulations presented here, conforming to a ~4.2‰ CIE in 19,000 years and the
prolonged excursion, we come up with a much larger total addition.
Our favored simulation with an initially deep CCD and organic C scenario
simultaneously satisfies these 5 constraints, whereas the shallow CCD case with methane
scenario only satisfies the extent of dissolution and the magnitude of CIE, but does not generate
the degree of warming (only 2.1 oC warming in surface ocean), the pre-existing carbonate
distribution, and the overdeepening of the CCD. In the end, the determination of mechanism
depends fundamentally on reconstructing the latest Paleocene carbonate system in the ocean,
because the calculation is very sensitive to the pre-existing buffering capacity of the ocean.
An overall source of carbon with an isotopic composition comparable to organic matter (22‰) is most consistent with the observational constraints on the PETM. This source could be a
fossil organic matter (kerogen) [Higgins and Schrag, 2006] or peat/coal [Kurtz et al., 2003] or
even methane release by melting of permafrost [DeConto et al., 2009], but could also be a
mixture of heavier volcanic CO2 (mantle-derived CO2 with an isotopic composition of -5‰) and
biogenic (-60‰)/thermogenic (-30‰) methane during the emplacement of the N. Atlantic
Volcanic Province [Svensen et al., 2004; Storey et al., 2007; Svensen et al., 2010].

Chapter 6
Conclusions
The high-resolution carbon isotope record presented here, from the most expanded
marine PETM section yet obtained, provides a detailed view of a prolonged (20 kyr) -4.2‰
excursion associated with fossil carbon addition during the PETM. The carbon isotope records of
terrestrial plants biomarkers show a somewhat larger -6‰ excursion, perhaps in response to
enhanced 13C discrimination under the more humid conditions of the PETM in the Arctic region.
Despite evidence of a significant and abrupt reduction in the supply of terrestrial organic matter at
the onset of the PETM, δ13C of the bulk organic matter appears to be unaffected, indicating that
that the magnitude of the CIE in the well-mixed atmosphere was close to 4.2‰, consistent with
other recent estimates [Diefendorf et al., 2010].
Model-data comparison suggests that a deeper CCD is a better fit to the pre-PETM
condition, especially for Walvis Ridge and south Indian/Southern Ocean. This then requires
considerably more C addition (13,000 Pg C) to match the isotope excursion (-4.2‰), because
dissolution adds relatively 13C-enriched carbonate back to the ocean.
While the model does a reasonable job of predicting carbonate distributions, it cannot
generate the Atlantic-Pacific differences in dissolution intensities observed. The enhanced degree
of CCD shoaling at Walvis Ridge may reflect a shift in deep water sources, from the Southern
Ocean to the northern hemisphere [Nunes and Norris, 2006; Zeebe and Zachos, 2007], but our
model does not simulate this shift. A shut down in bioturbation in the dysoxic PETM Atlantic
[Panchuk et al., 2008] improves the model-data comparison but is still unable to dissolve all the
carbonate at Walvis Ridge except under our most extreme model conditions. Future simulations
will address these issues.
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Whether the source is methane or organic matter, the peak rate of addition (0.3 Pg/yr for
CH4, 1.7 Pg/yr for organic C) is only a small fraction of the current rate of fossil fuel burning (~9
Pg C/yr; Global Carbon Budget, 2010). The total amount of carbon added to drive the isotope
excursion, between 2,500 and 13,000 Pg, is similar to or slightly larger than the modern fossil
fuel inventory (~5000 Pg), but the duration of the input is considerably longer than that projected
for fossil fuel burning. The current rate of CO2 release through fossil fuel burning and cement
manufacturing is increasing at ever-increasing rate [Global Carbon Budget, 2010]. Thus, the
current anthropogenic perturbation of the carbon cycle through fossil fuel burning has a similar
ultimate capacity for environmental change as the PETM, and it is being inflicted on the earth
system at a much faster rate.
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Appendix

1. Core description
The logging and sampling of core BH9-05 was carried out from June 30th to July 7th of
2008, at Store Norske Spitsbergen Kulkompani’s core storage outside Longyearbyen in Svalbard
by Lars Riber, David Jargvoll, Henning Dypvik and Jenö Nagy. 426 samples were collected from
core BH9-05 during the field trip for bulk organic carbon isotope analysis. Sedimentological
description has been carried out by Riber [2009]. Riber [2009] suggests that shales of
Gilsonryggen Member (from 551.60 to 500.00 mbs) represent different depositional
environments. During the sampling, the conglomerate at 551.60 mbs and 548.40 mbs is avoided
for carbon isotope analysis. The interval from 551.60 to 535.00 mbs shows upwards fining
development, suggesting a transgression, while the interval from 535.00 to 532.00 mbs shows
upwards coarsening shales, suggesting a short regression. The high abundance siderite during this
interval (535.00 to 532.00 mbs) while no pyrite is present could either represent an episodic fresh
water input, or low level of H2S in the sediment pore water. The interval from 532 to 500 mbs is
composed by the fine grained dark grey, laminated shales and represents the maximum flooding
zone [Riber, 2009]. Based on the the minimum δ13C value of total organic carbon [Fig. 4-1], high
sufur content [Charles et al., in prep.], and the low Pr/Ph ratio (Fig. 4-3B), the possible maximum
flooding surface might be at 528.00 mbs. The minimum δ13CTOC also occurs at depth 528.00 mbs,
suggesting the most marine organic matter. The reason is that at high level of CO2 concentration
and low oceanic productivity, marine organic matter δ13C value is significantly lower than the
terrestrial δ13C. The lower part of the middle Giosonryggen Member (500 to 409 mbs) is
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comprised of the larger grained light dark shale which characterized by bioturbated thin silt layers.
This interval (500 to 409 mbs) has been interpreted as the initial aggradation of a highstand
system tract (500 to 100 mbs) [Riber, 2009]. The middle part of the middle Giosonryggen
Member (409 to 330 mbs) is composed of dark gray, laminated shale, which might represent an
interval of transgression. The upper part of the middle Giosonryggen Member (330 to 280 mbs)
shows upward coarsening shales, suggesting continuing aggradation.
The lower part of the upper Gilsonryggen member (280 to 150 mbs) is consisted of
bioturbated, upwards coarsening siltstone, which represent the first progradational deposition
[Riber, 2009]. The upper part of the upper Gilsonryggen member (150 to 110 mbs) is mainly
comprised of sandstone, representing a rapid progradation [Riber, 2009].

2. Complete δ13CTOC record in core BH9-05
The motivation of measuring the δ13CTOC from 480 to 110 mbs is to try to find ELMO
(early Eocene Layer of Mysterious Origion; ca. 53.6 Ma, Lourens et al. [2005]) which
characterizes a second pronounced early Eocene thermal maximum (ETM2). However, because
neither a pronounced carbon isotope excursion nor a significant change in temperature as
indicated by relatively low kaolinite/(kaolinite+illite) ratio, we reject the possibility that a record
of ELMO exists in the cored interval. An orbitally tuned age model based on Fe and Mn
counting utilizing the complete δ13CTOC records has been developed by Charles et al. [in prep.]
(Fig. S1). The age derived from this orbital age model also suggests that the core ends below
ELMO (~54.57 Ma at 110 mbs).
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3. Sedimentation rate
An orbitally tuned age model has been developed for core BH9-05 based on cyclicity
counting of Fe and Mn [Fig. S1; Charles et al., in prep.]. In all, 9 precessional cycles are applied
from depth 537 to 487 mbs. The sedimentation rate ranges from 15 to 58 cm/kyr, and generally
decreases from 550 to 480 mbs (Fig. S2 A). Mass accumulation rate of CaCO3 and total organic
carbon (TOC) tracks the % CaCO3 and the %TOC (Fig. S2 B, C, D, E), although different
sedimentation rate (Fig. S2 A) is applied during the interval from 550 to 480 mbs. Organic carbon
mass accumulation rates decrease at 532.37 mbs (Fig. S2 B), and remain low throughout the
interval from 532.37 to 500 mbs. Low organic carbon accumulation is consistent with basin
deepening [Riber, 2009], reducing the terrestrial flux.

Figure S1. Orbitally tuned age model of the Paleocene/Eocene boundary in Spitsbergen (adapted
from Charles et al. [in prep.]). (a) Bulk organic carbon isotopes from an outcrop in
Longyearbyen, and core BH9-05 (red solid circle, from this study). (b) TOC% from outcrop in
Longyearbyen and precessional cycle counting (from 1 to 11). (c) Log Fe (ppm) (red) and Log
Mn (blue) from core BH9-05. (d) 21 kyr Gaussian filter results for TOC (black), Log Fe (red) and
Log Mn (blue). (e) 41 kyr Gaussian filter results for TOC (black), Log Fe (red) and Log Mn
(blue).

Figure S2. Sedimentation rate calculated from orbitally tuned age model. (A) Sedimentation rate
(B) wt. % CaCO3 of core BH9-05 (adapted from Riber 2009). (C) The calculated mass
accumulation rate (MAR) for CaCO3. (D) %TOC of core BH9-05. Black cross: data from Riber
[2009]; red diamond: data from this study. (E) The calculated MAR for TOC. Symbols are the
same as in (D).

4. The CIE records among different reservoirs
The CIEs show differences among different C reservoirs, and have attracted much
attention and effort to account for these isotopic differences [Bowen et al., 2004; Pagani et al.,
2006; Smith et al., 2007; Diefendorf et al., 2010]. More evidence suggest that the global CIE (as
recorded in the atmosphere) during the PETM was greater than that determined from marine
carbonates [Smith et al., 2007; Diefendorf et al., 2010]. In the following, we compare the CIEs
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record in marine and terrestrial realms and evaluate the mechanisms that generate these
differences.
In marine settings, the CIE ranges from 1-4‰ (Table S2). The δ13C value of the
sedimentary CaCO3 for the pre-PETM condition varies among surface and benthic foraminifera,
as well as bulk carbonate. Generally, the latest Paleocene δ13C of planktic foraminifera is between
~2.5 and 5‰, about 2-3.5 ‰ heavier than that of benthic foraminifera, which varies between ~0.5
and 1.4‰; whereas the δ13C of bulk carbonate is 0.8 to 3‰. Marine sedimentary carbonate is
mainly composed of coccolith, planktonic and benthic foraminifera, and thus its isotopic
composition is a mixture of all these organisms. The magnitude of the CIE at the peak PETM is
strongly dependent on the paleodepth of the deep ocean sites, whether the material is bulk
carbonate or surface/benthic dwelling foraminifera as mostly clearly seen in the transect at
Walvis Ridge. This is due to the effects of dissolution during the height of CIE, which tend to
damp the magnitude of the CIE at relatively deeper sites (at a depth where sedimentary carbonate
and carbonate rain is in contact with the undersaturated water).
In terrestrial settings, the magnitude of the CIE during the PETM in terrestrial reservoirs
shows a rather large range, between 2 and 8‰ (Table S2). Paleosol carbonate generally exhibit a
large CIE (5-8‰), and in most bulk terrestrial organic materials the CIE ranges from 2 to 7.5‰.
The magnitude of CIE in terrestrial n-alkanes ranges from 2 to 6‰ (Table S2), whereas in marine
algal derived n-alkanes it is about 3‰ [Pagani et al., 2006]. The conifer biomarker also shows a
smaller magnitude of CIE (3‰) than that of angiosperm biomarker (6‰) [Schouten et al., 2007].
Overall the maximum estimated terrestrial CIE is 2 - 4‰ greater than that in marine
carbonate. The magnitude of the CIE recorded in higher plant biomarkers is generally 1-2‰
larger than that in bulk organic records. Modern plant biomass δ13C values vary among plant
species, such that C3 angiosperms are generally more depleted than gymnosperms [Chikaraishi
and Naraoka, 2003; Diefendorf et al., 2010], both in bulk leaf and n-alkanes. δ13C also varies
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within trees: wood and seeds are generally 13C enriched relative to bulk leaves [O’leary, 1981;
Leavitt and Long, 1986; Bowling et al., 2007], and lignin and especially lipids are 13C depleted
relative to cellulose, protein, organic acids, and sugars [Deines, 1980; Bowling et al., 2007]. Thus
differences in preservation of these classes of compound could affect the δ13C of total organic
matter. The δ13C of organic matter derived from marine phytoplankton is also likely to be more
13

C depleted compared to terrestrial plants because of higher CO2 concentrations during the early

Paleogene [Arthur et al., 1985]. These discrepancies in the magnitude of the CIE between marine
and terrestrial records has been explained by plant community change yielding conifer-dominated
material prior to the PETM and angiosperm dominated material during the PETM [Smith et al.,
2007]. Modern plants studies show that conifer and angiosperm fractionate differently during
photosynthesis, where n-alkanes derived from conifer (gymnosperm) are 2.5-6‰ more enriched
in 13C than those from angiosperm grown in the same region [Chikaraishi and Naraoka, 2003;
Diefendorf et al., 2010]. Greater fractionation between atmospheric CO2 and plants could also be
attributed to climate change, e.g. elevated temperature, precipitation and high pCO2 level
[Farquhar et al., 1989]. Among these confounding factors, the mean annual precipitation and
plant function type are the major controls on the 13C discrimination during photosynthesis
[Diefendorf et al., 2010].
Since no one single carbon pool perfectly reproduce the global δ13C variation during the
PETM, our effort is to provide a comprehensive and quantitative estimate of carbon injection
based on an assumption that our δ13C record in Svalbard is representative of the global
atmospheric CIE. Various processes could have occurred after the 13C depleted carbon was
injected to the ocean-atmosphere system and mixed with surface DIC, and deposited as
sedimentary CaCO3, such as CaCO3 dissolution due to change in saturation state and bioturbation.
These processes will affect the extent of propogation and preservation of δ13CDIC CIE in the
CaCO3 sedimentary records, so that the δ13C records of bulk carbonate, benthic and planktonic
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foraminifera in sedimentary records may not faithfully represent the original δ13C in the ocean
DIC. Similarly, the terrestrial δ13C records are altered by factors that are affected by climate, plant
community change, and preservation.

5. Model description
Several of the model parameters used here were those selected by Panchuk et al. [2008]
to give the best fit to the pre-PETM observations and consistent with published estimates of
Paleocene/Eocene seawater chemistry. These include the specified detrital flux (non-carbonate) to
the sediments (0.18 g cm-2 ky-1), the rain ratio of CaCO3/POC (0.2), the global average
concentrations of Ca2+ and Mg2+ (18.2 and 29.9 mmol kg-1, respectively), the early Eocene
paleobathymetry and continental configuration of Bice et al., [1998] (Fig. S2), and a solar
constant reduced 0.46% relative to modern. We selected a late Paleocene atmospheric pCO2
initial condition of 3x the preindustrial level (834 µatm), which gives a deep sea temperature (10
ºC) close to the benthic-foraminifera-derived temperature [Zachos et al., 2001] and well within
the rather large range of estimates of 300 to >2000 µatm of late Paleocene atmospheric pCO2
based on modeling and many proxy studies [Berner, 1991; Cerling, 1991; Koch et al., 1992;
Pagani et al., 2005; Shellito et al., 2003; Sluijs et al., 2006; Zachos et al., 2003].
To initiate the simulations, we first spun up the model for 20,000 years as a closed
system, without weathering input and sediment output but forced to equilibrate with an
atmospheric pCO2 of 834 μatm and δ13C of -6.5‰, which is within the range of estimates based
on δ13Catm reconstructions [Smith et al., 2007]. We then performed an open-system spin-up of
30,000 model years with riverine input chosen to balance the sediment output consistent with the
closed system run. A sediment diagenesis module of GENIE-1 (sedgem) tracks the fate of
biogenic carbonates delivered to the ocean floor, including their bioturbation, dissolution and
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ultimate burial [Ridgwell, 2007]. Bioturbation allows CaCO3 mixing between adjacent 1-cm
layers. The maximum surficial bioturbation mixing rate (DB0, eq. 1) is 0.15 cm2/yr. Since the
upper 5cm of the sediments is where most CaCO3 dissolution and organic carbon oxidation occur
[Martin and Sayles, 1996], the depth scale for bioturbation is set at 5 cm (L).
𝑥𝑥 2

𝐷𝐷𝐵𝐵 = 𝐷𝐷𝐵𝐵0 𝑒𝑒 −( 𝑙𝑙 )

(eq. 3)

where DB is bioturbation mixing rate at depth x. During intervals of non-deposition (e.g.,
during the PETM in deep sea), CaCO3 is resupplied continuously to the sediment surface layer
from below, thus the buffering capacity of the sediments is enhanced for a large CO2 addition by
bioturbation.
We also specified temperature-dependent carbonate and silicate weathering based on the
BLAG model from Berner et al. [1983], with weathering rate increasing according to a multiplier
f:
f = 1 + 0.049 (Ts – Tref)

(eq. 4)

where Ts is the global average surface temperature (oC) and Tref is 19oC.
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Figure S3. Early Eocene paleogeography and paleobathymetry in model configuration (from Bice
et al., [1998]). Three data-rich regions are shown in white boxes, including (a) the central Pacific
Ocean, (b) Walvis Ridge in the Atlantic, (c) the southern Indian Ocean and Southern Ocean.
Paleodepths of these sites are shown in corresponding colors. Refer to Table S3 for their
paleodepths and wt. % CaCO3 values and sources.

Because of uncertainties about what the pre-existing buffer capacity of the system was in
terms of aqueous and sedimentary carbonate, the model was initiated with two different river
bicarbonate fluxes (9 Tmol/yr and 32 Tmol/yr) that generate two contrasting seafloor carbonate
distributions (which we refer to as the initially shallow and deep CCD initial conditions). We then
evaluate model-data fits by comparing the observed and modeled sedimentary CaCO3 weight
percents. A problem arises, though, because CaCO3 distributions in nature and in the model are so
strongly controlled by bathymetry. Any mismatch in water depth between the model and data
could introduce artificially bad comparisons. Our paleobathymetry is based on the reconstruction
of Bice et al. [1998], which is coarse in resolution and in need of revision (Fig. S2). Many key
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locations are poorly represented in the model bathymetry. For example, shallow sites at Shatsky
Rise in Pacific Ocean are represented by deep water in the model, and so give spuriously low
values of CaCO3 weight percent at those geographic locations. We address this issue as Panchuk
et al. [2008] did, by plotting the observed and modeled distribution of CaCO3 with depth for large
regions of the ocean that are well represented by data, including the central Pacific Ocean, Walvis
Ridge (South Atlantic Ocean) and the South Indian Ocean/Southern Ocean. The approach is
congruent with the way in which lysoclines and CCDs are determined based on modern sediment
compositions [e.g., Broecker and Peng, 1982].
The model-data comparison is quantified by finding the smallest root mean squared error
(RMSE). Model results and observations are interpolated to a 200m depth interval using a locally
weighted regression routine described by Cleveland and Devlin [1988], available as a Matlab
script loess.m (http://www.datatool.com/prod01.htm), and as used by Panchuk et al., [2008]. Two
parameters need to be specified, a smoothing parameter α; and the order of polynomial λ, which
is used by Matlab polyfit function (α=0.85 and λ=1 are specified for all the statistical analysis).

6. Evaluating bioturbation
We evaluate the differential dissolution between Pacific and Atlantic by turning off
bioturbation, and show the modeling results of initially shallow CCD and CH4 forcing and
initially deep CCD and organic C forcing (Fig. S4). When turning off the bioturbation, the RMSE
of shallow initial CCD and CH4 forcing at Walvis Ridge region (RMSE = 8.5) is smaller than that
with bioturbation on (RMSE = 15.2); whereas the RMSE of deep initial CCD and organic C
forcing at Walvis Ridge with bioturbation off (RMSE = 10.6) is similarly smaller than that with
bioturbation on (RMSE = 14.3). Overall, turning off bioturbation improves the model-data fit at
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Walvis Ridge, where bioturbation is indeed thought to have ceased at this location during the
peak PETM [Shipboard Scientific Party, 2004a; 2004b].

Figure S4. PETM wt. % CaCO3 model-data comparison plotted for the 3 data-rich regions as a
function of depth. Observations are shown with blue triangle. The lysocline is not shown here for
conciseness. (A) Model simulation results with methane scenario, initially shallow CCD,
bioturbation off with observations superimposed. (B) Model simulation results with organic
carbon scenario, initially deep CCD, bioturbation off with observations superimposed. All the
model results are shown by histograms, representing data abundance at a certain depth.
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Table S1. δ13C values of long chain terrestrial derived n-alkanes, algal derived C17 and pristane.

δ13CTT is calculated from δ13C-C31, based on an enrichment factor ε = 4.9‰.
Depth
(mbs)
483.00

δ13C-C17
(‰)
-

δ13C-Pr
(‰)
-

δ13CC25(‰)
-29.18

δ13CC27(‰)
-28.88

δ13CC29(‰)
-28.99

δ13CC31(‰)
-29.23

δ13CTT
(‰)
-24.33

493.81

-30.19

-30.13

-29.87

-30.39

-30.65

-

-

500.35

-30.34

-31.72

-30.03

-30.21

-30.30

-30.62

-25.72

504.70

-

-

-32.81

-31.66

-30.47

-30.94

-26.04

509.35

-32.30

-33.79

-32.02

-31.86

-31.95

-32.55

-27.65

515.40

-

-34.63

-33.11

-32.83

-33.00

-33.18

-28.28

518.70

-

-

-33.84

-33.17

-33.37

-33.57

-28.67

523.70

-

-

-35.33

-34.89

-34.08

-34.51

-29.61

525.00

-

-

-34.32

-34.51

-34.01

-33.83

-28.93

526.40

-

-

-35.84

-34.21

-34.68

-34.04

-29.14

528.05

-

-34.23

-34.36

-34.07

-33.78

-34.06

-29.16

529.70

-34.27

-33.92

-33.46

-33.33

-33.63

-33.51

-28.61

530.35

-

-32.83

-32.83

-33.17

-33.69

-

-

531.94

-

-

-31.22

-31.22

-31.62

-32.67

-27.77

533.32

-

-

-29.08

-29.04

-28.50

-28.93

-24.03

537.30

-

-

-28.24

-28.51

-28.42

-

-

543.10

-

-28.94

-28.42

-28.47

-28.31

-28.95

-24.05

544.57

-

-

-28.14

-28.50

-28.69

-

-
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Table S2. δ13C values of bulk carbonate, planktonic/benthic foraminifera in marine sections and
organic matter in both marine and terrestrial settings

Location

Paleodepth
(m)

δ13C
PrePETM
(‰)

Minimum

Magnitude
of CIE
(‰)

AfterPETM

4

0.3

3.7

2.7~3.6

Zachos et al.
[2003]

3.5

0

3.5

2.8~3.4

Zachos et al.
[2003]

bulk CaCO3

2.8

0.3

2.5

2

bulk CaCO3

2.6

0.5

2.1

2.2

bulk CaCO3

2.9

0.4

2.5

2.2

bulk CaCO3

3.2

0.3

2.9

1.2

Material

Source

Pacific Ocean
Shatsky Rise
1209

20002500

1209

20002500

20002500
20001210
3000
20001211
3000
20001212
3000
Equatorial Pacific
1209

planktonic
foraminifera (M.
velascoensis)
planktonic
foraminifera (A.
soldadoensis)

Colosimo et
al. [2006]
Colosimo et
al. [2006]
Colosimo et
al. [2006]
Colosimo et
al. [2006]
Nunes and
Norris [2006]
Nunes and
Norris [2006]

1220

2900

bulk CaCO3

0.8

-1.3

2.1

0.8

1221

3200

bulk CaCO3

1 to
1.5

0.2

0.8-1.7

0.8

2.8~4.5

1.2~2.2

1.6~2.3

1.6~2.8

1.4

-0.2

1.6

0.8

bulk CaCO3

1.8

-10

-11.8

1.6

Bralower et al.
[1997]

bulk CaCO3

2.2

-1.2

-3.4

2

Bralower et al.
[1997]

M. subbotinae

4.3

2.3

-2

4.5

Pardo et al.
[1997]

M. subbotinae

4.7

0.2

-4.5

-

Stott et al.
[1996]

Allison Guyot,equatorial Pacific
1300planktonic
865
1500
foraminifera
1300benthic
865
1500
foraminifera
Caribbean Sea
Colombia Basin
999

1750

Bralower et al.
[1995]
Bralower et al.
[1995]

Lower Nicaraguan Rise
1001

1500

Atlantic Ocean
Bay of Biscay
401
Goban Spur
549

This table continues on the next page.

68
Table S2. continued
δ13C

Paleodepth
(m)

Material

1051

10002000

525

-

Location

PrePETM
(‰)

Minimum

Magnitude
of CIE
(‰)

AfterPETM

bulk CaCO3

2.2

0.6

-1.6

1.8

bulk CaCO3

2.4

0.4

-2

-

Source

Blake Nose
Bains et al.
[1999]
Thomas and
Shackleton
[1996]

Walvis Ridge, South Atlantic
1262

3600

bulk CaCO3

2.4

0.2

-2.2

2

1263

1500

bulk CaCO3

2

0.9

-2.9

1.6

1263

1500

benthic
foraminifera (O.
umbonatus, N.
truempyi)

1.2

-2.3

-3.5

1

1263

1500

n-alkanes

-27.3
~-28.4

-32.6

4~5

-29.5

1265

1850

bulk CaCO3

2.2

-0.5

-2.7

2

1266

2600

bulk CaCO3

2.2

0

-2.2

1.7

1267

3200

bulk CaCO3

2.2

-0.2

-2.4

1.9

0.5

-2.3

-2.8

0

2.9

0

-2.9

-

3.2

-1

-4.2

2

1.8

-0.8

-2

0

1.3

-1.2

-2.5

-

1.8

-0.3

2.1

0.7

2.6

0.1

2.5

2

Demerara Rise, WestEquatorial Atlantic
10001258
N. truempyi
2000
Southern Ocean
Maud Rise, Weddell Sea
689

14001650

690

2100

690

2100

690

2100

690

2100

690

2100

A. mckannai
Surface dwelling
Acarinina
Thermocline
dwelling
Subbotina
Benthic
N. truempyi
Coccolithophorid
Toweius
bulk CaCO3

This table continues on the next page.

Zachos et al.
[2005]
Zachos et al.
[2005]
McCarren et
al. [2008]
Hasegawa et
al. [2006]
Zachos et al.
[2005]
Zachos et al.
[2005]
Zachos et al.
[2005]
Nunes and
Norris [2006]

Thomas and
Shackleton
[1996]
Thomas et al.
[2002]
Thomas et al.
[2002]
Thomas et al.
[2002]
Stoll et al.
[2005]
Bains et al.
[1999]
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Table S2. continued

Location

Paleodepth
(m)

δ13C
PrePETM
(‰)

Minimum

Magnitude
of CIE
(‰)

AfterPETM

A. soldadoensis

3.4

1.3

-2.1

2.8

Lu and Keller
[1993]

Bulk CaCO3

2.2

0.5

-1.7

1.6

Galeotti et al.
[2000]

planktonic
foraminifera

2.6

0.7

-1.9

1.6

Lu et al.
[1998]

Dinoflagellate
cysts

-24

-28.5

-4.5

-26.5

bulk CaCO3

1

-2.5

-3.5

0.5

Material

Source

Indian Ocean
Kerguelen Plateau
738

1350

Western Tethys
Central Italy
Contessa
road
section
Coastal Region
Spain
Alademilla
Section
Coastal sea
USA
New
Jersey
New
Jersey
Continental margin

Sluijs et al.
[2007]
Sluijs et al.
[2007]

New Zealand
Crouch et al.
[2003]
Crouch et al.
[2003]
Hollis et al.
[2005]
Kaiho et al.
[1996]

Tawanui

-

bulk CaCO3

1.6

0

-1.6

1.2

Tawanui

-

bulk organic

-28.2

-29.5

-1.3

-28.5

Mead
Stream

-

bulk CaCO3

3

0.7

-2.3

1.5

Tawanui

-

n-alkanes (C29)

-29.5

-32.3

-2.8

-29

Belgium
Coastal
lagoon
Egypt

-

bulk organic

-23

-29.5

-5.5

-25

Magiocalda et
al. [2004]

Coastal sea

-

bulk organic

-23.8

-27.2

-3.4

-24.2

Schmitz et al.
[2004]

Coastal sea

-

bulk organic

-23

-31

-8

-28

Arctic
Ocean

-

bulk organic

-25

-31

-6

-26.5

North Sea

-

bulk organic

-26.5

-29.5

-3

?

Denmark

This table continues on the next page.

Schmitz et al.
[2004]
Sluijs et al.
[2006]
Sluijs et al.
[2006]
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Table S2. continued

Location

Paleodepth
(m)

δ13C
Material

PrePETM
(‰)

Minimum

Magnitude
of CIE
(‰)

AfterPETM

Reference

Continental Region
USA
Wyoming

-

paleosol

-7

-14.5

-7.5

-8

Wyoming

-

enamel apatite

-9.8

-15.7

-5.9

-11

Wyoming

-

paleosol

-7.8 to
-9.3

-15.5

-5.5~-8

-8.6

Wyoming

-

dispersed organic
C

-23.8
to 24.3

-28

-3.7

-25.5

Wyoming

-

n-alkanes/C31

-31.5

-36.5

-5

-31.8

Wyoming

-

n-alkanes/C29

-31

-35.5

-4.5

-30.7

Wyoming

-

n-alkanes/C27

-29.5

-34.5

-5

-30

-

paleosol

-7

-13

-6

-8

-

bulk organic

-23.6

-27.6

-4

-22

-

bulk organic

-24.7

-26.7

-2

-23.5

-

n-alkanes/C17

-30.5

-34

-3.5

-30.5

-

n-alkanes/C27

-30

-36

-6

-32

-

n-alkanes/C29

-29.5

-35.5

-6

-30

-

conifer biomarker

-27

-30

-3

-27.5

-

angiosperm
biomarker

-26

-32

-6

-27.5

n-alkanes/C25

-28

-33

-5

-28

n-alkanes/C27

-28.2

-34.5

-6.3

-29

n-alkanes/C29

-27.9

-35

-7

-28.5

Spain
Tremp
Basin
Claret,
Lleida
Tendruy,
Spain
Arctic Region
Arctic
Continent
Arctic
Continent
Arctic
Continent
Arctic
Continent
Arctic
Continent
Tanzania
Shelf-slope
Shelf-slope
Shelf-slope

300500m
300500m
300500m

This table continues on the next page.

Koch et al.
[1992]
Koch et al.
[1992]
Bains et al.
[2003]
Bowen et al.
[2002]
Magioncalda
et al. (2004)
Smith et al.
[2007]
Smith et al.
[2007]
Smith et al.
[2007]
Schmitz and
Pujalte [2003]
Domingo et al.
[2009]
Domingo et al.
[2009]
Pagani et
al.[2006]
Pagani et
al.[2006]
Pagani et
al.[2006]
Schouten et al.
[2007]
Schouten et al.
[2007]
Handley et al.,
[2008]
Handley et al.,
[2008]
Handley et al.,
[2008]
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Table S2. continued

Location

Paleodepth
(m)

Continental Region
Tanzania
300Shelf-slope
500m
China
Hunan

-

δ13C
PrePETM
(‰)

Minimum

Magnitude
of CIE
(‰)

AfterPETM

n-alkanes/C31

-28.2

-33.5

5.3

-28.7

Handley et al.,
[2008]

paleosol

-7

-12.5

-5.5

-11

Bowen et al.
[2002]

Material

Reference
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Table S3. wt. % CaCO3 data, paleodepth, locations and sources in the central Pacific Ocean,
Walvis Ridge and the southern Indian Ocean/Southern Ocean prior to and during the PETM used
in this study.
Site

Latitude

Longitude

Paleodepth
Paleo
depth
(m)

Source

Sediment CaCO3 wt%
Baseline

PET
M

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

0(hiatus)

-

96

93

-

-

96

84

92

86

95

70

98

83

60-80

10

80-90

20

20-80

3

Source

Pacific Ocean
164

13o12.14'N

161o30.98'W

5220

166

3o45.7'N

175o4.8'W

4880

168,1
69

10o42.2'N

173o35.9'E

5000

170

11o48'N

177o37'E

5250

303

40o48.5'N

154o27.07'E

5540

304

39o20.27'N

155o04.19'E

5600

307

28o35.26'N

161o0.28'W

5520

315

4o10.26'N

158o31.54'W

4120

316

0o5.44'N

157o43.4'W

4020

865

18o26'N

179o33'W

13001500

1208

36o7.6301'N

158o12.0952'
W

1209

32o39'N

158o30'E

1210

32o13'N

158o15'E

1211

32o0'N

157o50'E

1212

32o26'N

157o42'E

<334
6m
20002500
20003000
20003000
20003000

1215

26o01.77'N

147o55.99'W

3200

1220

10o10'N

142o45'W

2900

1221

12o1'N

143o41'W

3200

This table is continues on the next page.

Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Thomas and
Shackleton
[1996]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Rea and Lyle
[2005]
Rea and Lyle
[2005]
Rea and Lyle
[2005]

Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Van Andel
[1975]
Thomas et al.
[1999]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Colosimo et al.
[2006]
Rea and Lyle
[2005]
Zeebe et al.
[2009]
Murphy et al.
[2006]
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Table S3: continued
Site

Latitude

Longitude

Paleodepth
Paleo
depth
(m)

527

o

o

28 2'S

1 45'E

1262

27o11'S

1o34'E

1263

28o31'S

2o46'E

1266

28o32'S

2o20'E

1267

28o5'S

1o42'E

999

12o44'N

78o44'W

1001

15o45'N

74o54'W

1050

30o05'N

76o14'W

1051

30o03'N

76o21'W

549

49o05'N

13o05'W

Source

Walvis Ridge in Atlantic Ocean
Moore et al.
3400
(1984)
Zachos et al.
3600
[2005]
Zachos et al.
1500
[2005]
Zachos et al.
2600
[2005]
Zachos et al.
3200
[2005]
Caribbean Sea
Thomas et al.
1750
[1999]
Thomas et al.
1500
[1999]
North Atlantic
1000Norris et al.
2000
[1998a]
1000Norris et al.
2000
[1998b]
2000Masson et al.
2300
[1985]

Sediment CaCO3 wt. %
Baseline

PETM

83

0

88

1

88

1

85

4

80

1

61

0

45

0

63

57

56

52

51

1

Source

Thomas et al.
[1999]
Zachos et al.
[2005]
Zachos et al.
[2005]
Zachos et al.
[2005]
Zachos et al.
[2005]
Bralower et al.
[1997]
Bralower et al.
[1997]
Rudnicki et al.
[2001]
Rudnicki et al.
[2001]
Thomas and
Bralower [2005]

Southern Ocean (Indian and Atlantic sector)
248

29o31.78'S

37o28.48'E

4170

250

33o27.74'S

39o22.15'E

5080

259

29o37'S

112o41'E

4000

738

62o42'S

82o47'E

1350

752

30o53.475'S

90o34.652'W

10002000

690

65o09'S

1o12'E

2100

Van Andel
[1975]
Van Andel
[1975]
Hancock et al.
[2007]
Barrera &
Huber[1991]

0(hiatus)
0(hiatus)

0(hiat
us)
0(hiat
us)

Van Andel
[1975]
Van Andel
[1975])
Hancock et al.
[2007]

61

37

90

70

SSP [1989]*

SSP [1989]*

80

38.8

SSP [1989]*

Zachos et al.
[1993]

84

60

Thomas et al.
[1999]

*SSP: Shipboard Scientific Party, Shipboard Scientific Party, 1989. Site 738. In Barron, J.,
Larsen, B., et al., Proc. ODP, Init. Repts., 119: College Station, TX (Ocean Drilling Program),
229–288. doi:10.2973/odp.proc.ir.119.106.1989
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