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ABSTRACT

This study aims to investigate the interaction between hydraulic transport and
mechanical deformation characteristics of geological settings. Numerical models
developed here can quantitatively provide constrained information to further explore
the phenomena and processes which cannot be easily captured experimentally. They
deliver tools to probe into the processes from the observations and provide knowledge
from data. The developed models link rheology, permeability, compressibility,
deformation, stress, and pore pressure. The magnitude and interaction of these
controlling parameters govern the fluid dynamics in volcanoes, geothermal or
petroleum reservoirs, carbon sequestration settings, faulted zones in basins and other
geological natural systems.
Part I of this thesis (Chapters I‐V) explores the magma transfer dynamics of Soufriere
Hills Volcano (SHV) in Montserrat, West Indies. To this aim, ground deformation data
are used to test the hypotheses concerning the magmatic processes in a geodynamic
context. The purpose of this study is to determine the location, geometry, and extent of
sub‐surface deformation sources including magma reservoirs, dykes and conduit using
field measurements. It is also to explore the relationships of magmatic storage‐transport
processes such as the basalt injection/storage, andesite reservoir, and volatiles
degassing. A Numerical HMC model for cyclic behavior of SHV is calibrated and validated
using geodetic data. In Part II (Chapter VI) scale‐ and process‐appropriate numerical
models are developed to follow the evolution of mechanical and transport properties in
a generic basin during its faulting. The study is to show that the evolution of transport
properties of rock due to shear is an important, likely crucial, feedback in promoting
localization of fault structures.
In Chapter I, defining the concept of “apparent depth”, a transfer function is developed
so that the results of inversions assuming a homogenous medium can be transferred
into a heterogeneous case representing Montserrat Iceland. Ground deformation data
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from high quality continuous GPS (cGPS) records from 1999 to 2008 are used to show
that the SHV magmatic system has multiple crustal pressure sources. As For a dual
chamber volcanic model, a deep chamber located within the mid crust which undergoes
volume changes approximately an order of magnitude larger than those of a shallow
one can explain the apparent depth signature of the deformation field.
Building upon the model presented in Chapter I, in Chapter II measured cGPS velocity
histories and mean magma efflux are fitted to model predictions by searching the full
parameter space of potential chamber depth combinations by a least‐squares
optimization. Two geometry sets are considered in dual magma chamber models. The
first comprises two vertically‐stacked spherical pressure point (Mogi‐type) chambers
and the second a horizontal circular sill co‐centered with a Mogi‐type chamber. We
confirm that SHV chamber depths and shapes are only weakly constrained by measured
surface displacements. Applying the additional constraint of presumed constant influx
to the lowermost chamber fixes an optimal geometry of dual interconnected Mogi‐type
sources at depths of about 5 and 19 km. This corresponds to a constant input of magma
to the lowermost chamber of ~1.2 m3/sec which remains steady throughout the three
successive episodes of eruption and pause. The magma compressibility varies with
depth of chamber. The eruption‐pause episodes are characterized by the synchronous
deflation‐inflation of both chambers with volume changes of the deep chamber larger
than the shallow chamber.
Using the inversion results of Chapter II, Chapter III suggests that the shallow chamber
controls the periodic system behavior: surface magma efflux resumes when the shallow
chamber reinflates to its initial threshold pre‐eruptive volume (thus triggering re‐
opening of an eruptive feeder dike), and ceases when it has lost 18±4 Mm3 of its volume
(sealing the conduit and staunching the magma flow). These observations are consistent
with eruption re‐initiation controlled by magma overpressures exceeding threshold
strength of the shallow host‐rock and of re‐cessation triggered by a threshold
underpressure. In this way Chapter III provides evidence that the periodic behavior of
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SHV from 1995 to 2008 has been controlled by shallow processes. To accommodate the
mentioned volume change, the initial volume of the shallow chamber should be larger
than 1.3 km3.
The inferred geometry and boundary conditions from the previous chapters are used in
a flow dynamics and transport model in chapter IV. A transient 1‐D FEM model is
devolved here in an attempt to replicate the three fairly regular cycles of dome growth
and repose of Soufrière Hills Volcano. The model captures the key processes controlling
the eruption and repose of the volcano including magma crystallization, volatile
exsolution, and subsequent rheological stiffening of the compressible magma ascending
through an elastically inhomogeneous wallrock. The extreme sensitivity of the highly
nonlinear feedbacks of conduit and magma chamber processes result in sudden
transitions between active and repose phases after slight variations of the governing
parameters. To match the observed eruptivity, the free parameters of the model,
including the magma chamber sizes, conduit diameter, and crystallization rate can be
estimated. The volumes of the upper and lower chambers are confined to 2 km3 and 10
– 20 km3, respectively. The conduit diameter and crystallization rate control the efflux
rates and also the over‐pressure in the chambers before the eruptions. To the contrary,
the period of eruptions depend mainly on the chamber sizes. The average pressures in
the chambers are slightly higher than the lithostat pressure and the upper chamber
cycles between conditions of over‐ and under‐saturation during periods of eruption and
repose, respectively. As a result, abrupt changes in compressibility of magma exert
repetitive cycles of expansion and contraction to the chamber wallrock which can be a
deciding factor in the formation of the upper chamber.
Part II, Chapter V, examines the role of basin shortening on the development of hydro‐
mechanical compartments in sedimentary basins on passive margins. A coupled flow
deformation model is used to follow the evolution of an idealized prismatic basin during
lateral shortening. This includes the deformation‐induced generation (compaction) and
dissipation (hydraulic fracturing) of pore fluid pressures and the resulting natural
v

evolution of underlying décollement and fault structures. This model is used to examine
the influence of strata stiffnesses, strain softening, permeability‐strain dependence and
contrast, and deformation rate on the resulting basin structure and fluid charge. Thrust
faulting develops as overpressures evolve to trigger failure. A décollement forms within
the system at the boundary with the substrate where overpressures drive failure in
extension, by hydrofracturing. Failure in the basin overlying the décollement initiates
from these overpressured sediments at the décollement. Where the evolution of
permeability with shear strain is artificially suppressed, pervasive shear develops
throughout the basin depth as fluid pressures are stabilized everywhere to the lithostat.
Conversely, where permeability is allowed to increase with shear strain/rupture, faulting
first nucleates at the décollement and localizes upwards through the section.
Correspondingly, permeability evolution with shear is an important, likely crucial,
feedback in promoting localization, as failure is concentrated at the limits of the
upward‐migrating fault‐tip. Elevated pore pressures approaching the lithostat are
localized at the hanging wall boundary of the faults. Faults extend to bound blocks that
vertically offset in to yield graben‐like structural highs and lows and evolve with
distinctive surface topography and separate pore pressure signatures. Up‐thrust blocks
have elevated fluid pressures and reduced effective stresses at their core, and down‐
thrust blocks the converse. These models indicate that fluid migration within
compressional systems is intimately connected to both the mechanical and fluid
transport behavior of the component sediments via strong feedbacks.

The chapters of this thesis correspond with a series of five papers either published or in‐
submittal. These papers are:
Chapter I:
Foroozan, R., D. Elsworth, B. Voight, G.S. Mattioli (2010) “Dual Reservoir
Structure at Soufriere Hills Volcano Inferred from Continuous GPS Observations
and Heterogeneous Elastic Modeling”, Geophysical Research Letters, Volume 37,
Issue 3.
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Chapter II:
Foroozan, R., D. Elsworth, B. Voight, G.S. Mattioli “Geodetic Constraints on the
Magmatic Plumbing System at Soufriere Hills Volcano, Montserrat”, Journal of
Geophysical Research (in review)
Chapter III:
Foroozan, R., D. Elsworth, B. Voight, G.S. Mattioli “Stopping and restarting
eruptions ‐ Controls on Periodicity Revealed through Geodetic Imaging”,
Geophysical Research Letters, (accepted)
Chapter IV:
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Geophysical Research, (in review)
Chapter V:
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CHAPTER I
Dual Reservoir Structure at Soufriere Hills Volcano Inferred from Continuous
GPS Observations and Heterogeneous Elastic Modeling

Abstract
Most inversions of geodetic data for volcanic systems assume homogeneous media. Here we examine
the effect of inhomogeneous media using axisymetric finite element models of Soufrière Hills Volcano
(SHV), to show that homogeneous elastic crustal models underestimate both the depth and excess
pressure of the deformation source. Continuous GPS data from 1999 to 2009 are then used to infer that
the SHV system has multiple crustal pressure sources. For a dual reservoir volcanic model, a deep
reservoir located within the mid crust undergoes volume changes approximately an order of magnitude
larger than those of the shallow reservoir.

1

1.1.

Introduction

The Soufrière Hills Volcano (SHV) system has been active since 1995 and has erupted ~1 km3 of mainly
andesite material through 2009. Three distinctive effusive epochs are recognized, each comprising an
active eruptive episode lasting a few years (1995 to 1998, 1999 to 2003, and 2005 to 2007) followed by
relatively quiescent pauses lasting over a year [Mattioli and Herd, 2003; Wadge et al., 2010]. The
effusive epochs are characterized by ground deflations and lava dome growth while “pauses” are
accompanied by ground inflations which indicate recharge of the subsurface reservoirs [Elsworth et al.,
2008]. As many as 10 continuous GPS (cGPS) stations have been active for the past 14 years, providing
valuable information on the deformation history of SHV which can be used to investigate the magma
plumbing system of the volcano [Mattioli et al., 2010].
Seismic velocities obtained from the SEA‐CALIPSO experiment [Shalev et al., 2010] have refined our
understanding of the subsurface geological structure of SHV and has enabled us to develop models of
inhomogeneous elastic media. Here, we use this new information to test the effects of inhomogeneity
on inversions of geodetic data.
In the following sections, we demonstrate that buried pressure sources beneath SHV within a
heterogeneous elastic half space must be deeper than the depth inferred from homogenous elastic
models. By introducing the “apparent depth” of the pressure source we define a correction factor to aid
interpretation of results inferred from homogeneous models of SHV. This concept is then applied to
demonstrate the existence of multiple pressure sources at different depths under the SHV volcanic
system as constrained by continuous Global Positioning System (cGPS) data. The geometry and volume
changes of this system are explored using the new method of GPS data analysis presented here.

1.2.

Homogenous vs. Inhomogeneous Media Models

We explore the role of inhomogeneities in modulating the misfit between geodetic observations and
modeled resonse [Bianchi et al., 1987; Trasatti et al., 2005; Crescentini and Amoruso, 2007; Amoruso et
al., 2008; Amoruso et al., 2007]. We use travel times of signals generated by controlled marine air‐gun
sources which were used in the onshore‐offshore SEA‐CALIPSO experiment to produce a three‐
dimensional (3D) model of the upper crust beneath Montserrat [Shalev et al., 2010]. We develop two
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models to account for the crustal inhomogeneities of SHV. First, an island‐wide‐averaged one‐
dimensional (1D) model was constructed as a starting point for the 3D tomography. The Nafe‐Drake
formula for density variation as a function of P‐wave velocity [Brocher, 2005; Nafe and Drake, 1957] is
used to define the variations of the elastic modulus with depth. This calculation assumes a constant
Poisson ratio (0.25) as representative of the long‐term drained behavior of the rock mass. We use this
1D island‐wide model to estimate the average structure of the uppermost crust. To simplify the
treatment of the elastic modulus profile in Finite Element Models (FEM), an exponential association
function is fitted to the modulus profile (Eq. 1). The fit is excellent with a regression coefficient ( R 2 )
close to unity (0.99) and results in the following distribution of modulus (E) with depth (D)

E (GPa ) = 11.11[1.19 − exp(−0.105D )]

(1.1)

where D is the depth below sea‐level in kilometers. The “effective elastic modulus” of the fractured
rock mass used in the FEM models is assumed to be 0.1 of its small strain modulus [Newman et al.,
2001; Bonaccorso et al., 2005] evaluated from seismic velocity profiles (Figure 1.1 (a)).This corrects the
modulus recovered from the small strain measurement of acoustic impedance to one applicable for the
larger strains that accompany reservoir inflation and deflation.
In our second set of models, the modulus profile used in the first set is modified to consider a region of
relative higher stiffness observed underneath the crater [Shalev et al., 2010]. This “stiff core” model
(Figure 1.1 (a) schematic inset diagram) simplifies the 3‐D tomography, recovered from the SEA‐CALIPSO
imaging experiment, with an axisymetric model having a region of higher stiffness, 1.5 to 4 km deep,
which merges into the 1D profile deeper than 4 km.
For a spherical point source in a homogeneous half space [Mogi, 1958], the radial ( u ) and vertical ( w )
deformation components have the relation, u w = R D , where R and D are the radial and vertical
distances from a surface station to the pressure source. In other words, the surface displacement
vectors for a homogeneous half space always project from the pressure source. Based on this relation,
here we define the “apparent depth” of the pressure source as the depth at which the surface
displacement vectors converge (Figure 1.1 (b)). For the case of a point source in a homogeneous half
space, the apparent source depth and the modeled source depth are identical.

3

(b)
(a)
Figure 1.1 ‐ (a) Elastic profile from P‐wave seismic profile (solid) and the exponential association
function fitted to elastic modulus (dashed). Stiff core model modification shown in inset with contours
of modulii centered on conduit axis. (b) The apparent depth (D’) for 1D (solid) and stiff core (dashed)
models identify where the displacement vectors converge for depth‐varying (inset‐left) distribution of
elastic modulus contrary to the depth‐constant (inset‐right) case
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To examine the displacement vectors and their corresponding apparent depth for the case of an
inhomogeneous half‐space representative of SHV, the nonlinear elastic modulus profile (Eq. 1, Figure 1.1
(a)) was used in axisymetric FEM models. Eleven models were analyzed, each comprising 1‐km‐diameter
spherical pressure sources (magma reservoirs) at depths ranging from 4 km to 24 km incremented in 2
km intervals. The models consist of a 150 km wide (radius) by 100 km deep domain, constrained on the
boundaries in their perpendicular direction and with a traction‐free horizontal surface. The apparent
depth ( D ' ) of the pressure source is calculated for the displacement vectors of surface points
from D ' = (u w )R , with R up to 10 km (Figure 1.1 (b)).
In the 1D variable‐elastic‐modulus models, the apparent depth for the far‐field observation points will
be slightly shallower than those in the near field (Figure 1.1 (b)). This is more evident for shallow
pressure sources as in the case of the shallowest magma reservoir examined (D=4 km), where the
apparent depth varies from 3.3 km at the conduit to 2.6 km at 10 km radial distance. For radial distances
between 2 km and 10 km, where the cGPS stations are installed, the following relationship between the
apparent and modeled source depths can be formulated:

0.733D > D ' > 0.720D

(1.2)

where the lower and upper bounds are radial distances of 10 km and 2 km, respectively. Since the
majority of the cGPS stations are located between 3 km and 8 km from the volcano conduit the
following linear relation can be considered between the apparent and modeled source depths:

D ' = 0.73D

(1.3)

With this linear transformation, the inversion results from homogeneous elastic models (see for
example Mattioli et al., 2010, this volume) may be used to evaluate depths of the pressure sources,
given our simple approximation of the heterogeneous modulus profile at SHV.
The same method is then further applied to the stiff core models for SHV. The apparent depths resulting
from these models are also plotted in Figure 1.1 (b), as dashed lines. The stiff core results in larger

u w values and consequently a deeper apparent depth than the simple 1D heterogeneous model,
especially in the near field for the case of deep pressure sources. The apparent depth in these models is
a stronger function of the radial distance ( R ) and cannot be expressed by a simple relation as Eq.2
because of the spatial heterogeneity. However, the similarities in the results between models both with
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and without the stiff core highlight the inherent insensitivity of geodetic techniques to resolving
structures at depth.

1.3.

GPS Data

Although GPS data have been available for SHV since 1995 [Mattioli and Herd, 2003; Mattioli et al.,
1998], the number and importantly the quality of those data has improved significantly with time. Here,
we use the post‐Dec‐1999 data, when the volcano’s second eruptive episode started. The data
corresponding to the first eruptive episode (1995‐1998) and subsequent pause (1998‐1999) are not used
due to their higher noise levels. Six cGPS stations recorded the deformation history of the island until
2003, when four CALIPSO stations were added to the network [Mattioli et al., 2004]. Two eruptive
episodes (1999 to 2003, and 2005 to 2007), followed by pauses have been identified since Dec 1999. The
eruptive episodes are distinguished from pauses by abrupt changes in vertical velocities recorded by
cGPS stations [Elsworth et al., 2008]. In each of the four individual periods we analyzed (eruption‐pause‐
eruption‐pause) the average surface velocity of each recording station within the prescribed cycle
together with the standard deviation are available. These measurements are reported in this volume
together with a detailed description of data gathering and processing procedure [Mattioli et al., 2010].
In the case of a point source, the horizontal velocity vectors should all point to the surface projection of
the buried pressure source, which is likely to be proximal to the conduit. For the stations closest to the
volcanic conduit (HERM, r=1.6 km, SPRI, r=1.9 km and WTYD, r = 3.1 km), the horizontal velocity vectors
exhibit the greatest variability during some stages of eruption and pause. These deviations remain
unconstrained in this work but may be due to the presence of shallow pressure sources [Widiwijayanti
et al., 2005] or shallow structural controls on deformation. The deviation is especially large for the
closest station (HERM) where the angle between the horizontal velocity and the radial position vector of
the station with respect to the volcano conduit is never smaller than 30⁰ supporting the presence of
fault‐bounded structural controls on deformation and/or a reservoir offset from the vertical axis of the
conduit. Since in our analyses (this paper) only a vertical degree of freedom is assumed for the location
of the pressure source, records related to HERM station together with 1999‐2003 records for SPRI and
WTYD and 2007‐2009 record for WTYD are omitted. For the remaining 29 cGPS velocity measurements
the angle between the horizontal velocity and the radial position vector are less than 25⁰ which is
considered acceptable.
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(a)

(b)

Figure 1.2 ‐ (a) Map of Montserrat, showing the location of the eruptive vent (SHV) and CALIPSO
(light) and MVO, pre2003, (dark) stations (b) Apparent depths and 1 sigma standard deviations from
the GPS velocity components (red); and the fitted model resulting from two Mogi pressure sources at
5 km and 17 km deep with 0.012 and 0.25 km3 volume changes, respectively.
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Combining the radial and vertical components of the station velocities, the apparent depths of pressure
sources for each of the 29 combinations are calculated ( D ' = (u w )R ). We employed a bootstrapping
algorithm to account for the standard deviations of the measurements [Chernick, 1999]. The average
( µ ) and standard deviation ( σ ) of the observed vertical and radial surface velocity components, as
recorded by cGPS for each epoch, were used to generate ten thousand random samples in the
range µ ± σ . These bootstrap datasets were then used to compute the average and standard deviation
of the resulting apparent source depth (Figure 1.2 (b)).
It is noticeable that apparent depth of the reservoir increases from the near‐field to the far‐field. This is
in contrast with the apparent depth‐radial distance curves of the pressure sources in the 1D
heterogeneous medium (Figure 1.2 (b)) where the apparent depth decreases slightly with increasing
radial distance. In the case of the stiff core model, the apparent depth decreases considerably with
increasing distance, which is clearly at odds with the apparent depth measurements inferred from the
GPS data themselves. This difference may be explained if at least two pressure sources are geometrically
arrayed in a way such that a shallow, weak pressure source affects the near field, while a strong, deep
source influences the far‐field observations.

1.4.

Plumbing System Model

We use a model of two vertically stacked chambers implied by a broad suite of observations at SHV.
Early cGPS data suggest a shallow chamber at about 5 km [Aspinall et al., 1998; Barclay et al., 1998;
Elsworth et al., 2008; Mattioli et al., 1998; Voight et al., 1999] supported by stable crystal phases in
erupted magmas to ~130 MPa. Entrained basalt implied a deep source of mafic magma >10 km [Annen
et al., 2006; Murphy et al., 1998]. The substantial cumulative volume of the eruption (~ 1 km3) and its
decade‐long continuity and chemical consistency, coupled with observations of co‐eruptive
displacements, suggest that the upper magma source is voluminous ~ 4 km3 [Voight et al., 2006].
To further investigate this model, we inverted the apparent depth data, using two spherical volumetric
sources in a heterogeneous half‐space. Assuming a Poisson ratio of 0.25 for long term drained
deformation, the radial ( u ) and vertical ( w ) surface velocities will be [Mogi, 1958],
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ui , j =

Ri
3
4π R 2 + D 2
i
j

w i, j =

Dj
3
4π R 2 + D 2
i
j

(

(

)

1.5

∆Vj = ai , j ∆Vj

(1.4)

∆Vj = bi, j ∆Vj

(1.5)

)

1.5

Where R and D are the radial and vertical distances of the observation station to pressure sources,

∆V is the volume change rate of the Mogi pressure source, i = 1...20 refers to the individual GPS sites
and j = 1,2 refers to the shallow and deep pressure sources, respectively. The apparent depth ( d ) of
the Mogi source observed at station i will be

di =

w i,1 + w i,2
ui,1 + ui,2

bi,1∆V1 + bi,2∆V2
Ri =
R
a ∆V + a ∆V i
i ,1

1

i ,2

(1.6)

2

To take into account the effect of different standard deviations for different stations (Figure 1.2 (b)) the
function being minimized is defined as

Er =

29

di − Di

i =1

σi 2

∑

(1.7)

where Di is the observed apparent depth from GPS measurements ( Di =

wiGPS
uiGPS

Ri ) and σi is the

standard deviation of the calculated Di , evaluated using bootstrapping. Since the difference between
the calculated apparent depth for the 1D and stiff core models is not significant at distances where most
of the measurement stations are located ( R > 3km ), the transformation function from the 1D models
(Eq. 2) is used to modify the inversion results to yield a deeper pressure source expected for the
heterogeneous system at SHV. A conjugate gradient algorithm is used to minimize the error function
(Eq. 6) [Press et al., 1992]. The variables involved are the depths ( Dj ) and volume changes ( ∆Vj ) of the
two pressure sources. Additional constraints are also applied, i.e., The objective function (Eq. 7) is
minimized to yield a best‐fit source geometry of a shallow magma reservoir at 5 km depth with 0.012
km3 volume change, together with a deep magma reservoir at 17 km depth with 0.25 km3 volume
change. These calculated volume changes result from the minimization of all combined eruption and
repose data serve only to identify that (i) the inflationary‐deflationary episodes of the deep reservoir are
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synchronous with repose and eruptive periods, respectively, (ii) the volume changes in the shallow
reservoir are more than an order‐of‐magnitude smaller than those of the deep reservoir, and that (iii)
these deformations of the shallow reservoir are only apparent close to the volcano and are completely
masked by deformations of the deep chamber at radii greater than approximately the depth of the deep
chamber. The apparent depth vs. radial distance curve resulting from the inversion is plotted in Figure
1.2 (b) suggesting that the proposed dual chamber structure can explain the apparent depth contrast
between near‐field and far‐field observation points provided that the deep chamber undergoes volume
changes an order of magnitude larger than the shallow chamber. Single reservoir geometries, such as
oblate or prolate spheroids cannot explain the few kilometers difference in the observed apparent
depths predicted by the proximal and distal stations. Alternative reservoir geometries, such as vertically‐
oriented cigar‐like chambers are better able to represent near‐crater subsidence but provide no better
fits either in the far‐field or in representing deformation between successive inflationary or deflationary
epochs.

1.5.

Discussion and Conclusion

We used results from a seismic imaging experiment and the resulting velocity tomography to constrain
axisymetric elastically heterogeneous models for Soufriere Hills Volcano. Based on the results from the
seismic tomography, two sets of models were explored. In the first set, a continuously varying stiffness
profile was assumed based on an averaged velocity profile, while the second set included a stiff core
underneath the crater. Both end‐members models were conditioned based on the SEA‐CALIPSO
inversion results [Shalev et al., 2010]. Introducing the ‘apparent depth’ of the pressure source, we show
that the inversions of geodetic data in these models yield deeper pressure sources than models which
only consider a homogeneous half‐space. In addition, given that the inferred source for any given
surface velocity field will be deeper for heterogeneous versus homogeneous crustal models, the
required reservoir overpressure (or change in reservoir volume) will also be higher. Thus the assumption
of a homogeneous elastic crust underestimates both the depth and excess pressure of the deformation
source. For the case of SHV, a linear function was found to transform the inversion results of a spherical
pressure source depth within the homogenous medium to the more realistic inhomogeneous case.
During the eruption episode of 1995‐1998 and the subsequent pause episode of 1998‐1999, none of the
available GPS sites could yield an apparent depth of the pressure source with an appropriate tolerance
( σ < 3500m ) using our procedure. Our analysis therefore shows that the quality of cGPS data has
10

improved significantly at SHV since 1995, and in particular using the exceptionally robust and stable
CALIPSO installations post‐2003.
The SHV geodetic data suggest that the apparent depth of the source increases with increasing radial
distance from the volcano. This observation is consistent with a dual reservoir plumbing system, with
the deeper reservoir undergoing volume changes an order of magnitude larger than the shallow
reservoir. Our best‐fit model combines a shallow reservoir centered at 5 km and a deep reservoir at 17
km, the latter changing volume about 20 times faster than the former. Our results are qualitatively
similar to prior inversion results for SHV [Elsworth et al., 2008] in which dual‐reservoir plumbing systems
is inferred and the deep reservoir is shown to be inflating or deflating an order of magnitude faster than
the shallow one. Given the high level of uncertainty involved in the evaluation of the apparent depths
(Figure 1.2 (b)), it is not possible to assess the geometry of the SHV plumbing system nor the inferred
volume changes in great detail.
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CHAPTER II
Geodetic Constraints on the Magmatic Plumbing System at Soufriere Hills
Volcano, Montserrat

Abstract
Surface displacements measured by continuous GPS (cGPS) combined with surface efflux are used to
image magma transfer during three cycles of eruption and pause at Soufriere‐Hills volcano (SHV),
Montserrat beginning in 1995 and spanning 13 years. Two geometry sets are considered in dual magma
chamber models. The first comprises two vertically‐stacked Mogi‐type chambers and the second a
horizontal circular sill co‐centered with a Mogi‐type chamber. Measured cGPS displacement histories
and mean magma efflux are fitted to model predictions by searching the full parameter space of
potential chamber depth combinations using a least‐squares optimization. The magma compressibility
varies with depth of chamber and the medium is considered elastically heterogeneous. We confirm that
SHV chamber depths and shapes are only weakly constrained by measured surface displacements. On
the contrary, applying the additional constraint of presumed constant influx to the lowermost chamber
can fix an optimal geometry of dual interconnected Mogi‐type sources at depths of about 5 and 19 km.
This geometry corresponds to a constant input of magma to the lowermost chamber of ~1.2 m3/sec
which remains steady throughout the three successive episodes of eruption and pause. The eruption‐
pause episodes are characterized by the synchronous deflation‐inflation of both chambers with volume
changes of the deep chamber larger than the shallow chamber.
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2.1.

Introduction

The Soufriere Hills Volcano (SHV) on Montserrat has been a natural laboratory since its resurgence of
volcanic activity in 1995. Up to July 2008, it has erupted in a repeating sequence of 21‐45 month
eruptive episodes followed by 15‐24 month pauses [Wadge et al., 2010]. The most recent activities
shows a change in eruptive behavior of the volcano as there have been a couple of month‐long
eruptivities (Jul 08‐Jan 09 and Oct 09‐Feb 10) [Chardot et al., 2010; Wadge et al., 2010]. Such periodicity
is commonly attributed to the volumetric capacitance of magma chambers [Dvorak and Dzurisin, 1997]
inflating or deflating in response to the influx or efflux of a compressible magma. These signals of
inflation and deflation may be captured by surface deformations measured by GPS or other geodetic
methods [Elsworth et al., 2008; Foroozan et al., 2010; Mattioli et al., 2010; Mattioli et al., 1998; Wadge
et al., 2006]. For SHV, three‐component GPS data are available since the inception of the eruption in
1995 and span three episodes of eruption followed by pause (Table 2.1). The maximum aperture of
these time‐continuous data is restricted to the size of the island (~10km) and limit resolution to depths
of the same order.
The observed surface deformations record the effect of volume changes in subsurface chambers, and in
turn represent changes in magma pressures. A variety of idealized models of chamber geometry may be
applied to determine surface deformation signatures and to thereby invert for magma chamber
characteristics of depth, shape and volume change. However, the resulting deformation fields are
progressively less sensitive to chamber shape as depth increases [Pollard et al., 1983; Saint‐Venant,
1855]. The most widely used source mechanism is for the “Mogi‐source” representing a point pressure
source in a homogeneous elastic half space [Mogi, 1958]. Elastic solutions are also available for a deep
pressurized crack (sill) [Fialko et al., 2001; Sun, 1969], ellipsoidal sources [Davis, 1986] and finite radius
spheroidal cavities [Yang et al., 1988] and for finite radius spherical cavities [Mctigue, 1987].
Such Mogi point sources, finite size spherical or ellipsoidal and sill like sources have been used to invert
for the depth and geometries of volcanic chambers. Characteristics of Mogi‐type sources have been
constrained with vertical displacements [Dvorak and Berrino, 1991; Savage et al., 1987], horizontal
displacements [Nishi et al., 1999], tilt patterns [Lenat et al., 1989; Oikawa et al., 1991], 3‐component
displacements [Kimata et al., 2000; G Mattioli et al., 2010], or combinations of the above [Ewart et al.,
1991]. Observed non‐radial deformation patterns [Denlinger and Riley, 1984; G S Mattioli et al., 1998]
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have been fit to solutions including a vertical or steeply inclined dike. The non‐uniqueness of inversions
using geodetic data has been highlighted for the Campi Flegrei caldera [Lundgren et al., 2001] where
InSAR data may be fit equally well with a point pressure Mogi source, a finite dipping prolate Yang
spheroid or a dipping tensile dislocation [Okada, 1985]. Also for the case of SHV, it is statistically shown
that any number of plausible geometries fit the data equally well when only GPS data are used to
condition the model [G Mattioli et al., 2010].
Analytical solutions typically accommodate homogeneous material properties in a half space and
therefore do not adequately account for either surface topography or the inhomogeneities, such as a
commonly observed stiffening of the half‐space with depth. These effects are represented in a few
studies [Hautmann et al., 2009; Masterlark and Lu, 2004; Trasatti et al., 2008]. In examples where either
topographic relief or heterogeneity is substantial, both effects may exert a measureable influence on
surface deformations. Here we will account for the topography effects using the simplified method
proposed by Lungarini et al.[2005]. Although the heterogeneity is not addressed in this study, we have
already shown that the results of geodesy inversions of SHV based on homogenous ground can be
converted to heterogeneous case using a linear transfer function [Foroozan et al., 2010].
Below, we (1) develop a procedure to rigorously search for statistically optimal depths for stacked
magma chambers representing the subsurface plumbing at SHV, (2) use these observations to explore
the issue of non‐uniqueness in inverting geodetic measurements, (3) partially resolve this issue by
prescribing additional constraint based on the anticipated constant influx history of deep‐magma, and
(4) define possible eruption triggers and pause responses based on inferred threshold magma‐chamber
inflation‐volumes.

2.2.

Analytical Models and Inversion

Petrologic observations support models of stacked magma chambers generated by the ascent and
differentiation of magmas originating from deep seated source regions [Humphreys et al., 2008]. Long
residence times of magmas imply relatively small crustal fluxes and large chambers, and pressure
sources in the shallow crust imply voluminous chambers or large transient magma pressures [Barclay et
al., 1998; Dvorak and Dzurisin, 1997]. Such a general model is applicable at SHV where a dual chamber
model appears consistent with geodetic and petrologic constraints [Foroozan et al., 2010]. For two
magma chambers assumed to be at depths of 6 and 12 km and with magma transfer constrained by
surface efflux observations, the major source of magma efflux to the surface was from below the lower
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chamber [Elsworth et al., 2008]. For this model, based on observations from 4 continuously available
GPS stations, of the ~1 km3 erupted at SHV during 1995‐2008, less than half originated from the lower
chamber and volume changes associated with the upper chamber were small, less than one‐twentieth
the contribution of the lower chamber. Examples of other volcanoes supplied from stacked chambers
include Askja volcano, Iceland [Pagli et al., 2006] and the Long‐Valley caldera [Langbein et al., 1995],
each with calculated volume changes of the lower chamber an order of magnitude greater than the
upper chamber.

2.2.1. Geodetic Model
Following the models discussed above, we begin our analysis of the SHV magmatic system with a dual
chamber model. Two variants of this model are explored; the first examines variations on the dual
spherical chamber model proposed by Elsworth et al. [2008]; and the second examines geometries with
a spherical chamber and a horizontal sill (Figure 2.1). The surface deformation fields in homogeneous
half space are defined for both a Mogi source (Eq. 1) and a sill source (Eq. 2‐5) [Fialko et al., 2001; Sun,
1969].
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In these equations, xi and X i are the measured horizontal deformation velocities and the Cartesian
coordinates in the N‐S or E‐W direction, r is the radial distance to the Cartesian origin with the origin set
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 is the
on the surface directly above the chamber ( r = ( X 1 ) 2 + ( X 2 ) 2 ). a is the radius of the sill, w
vertical deformation velocity, d and ∆V are the depth and the volume change rate of chamber. The Sun
model for planar sills is only valid for depth to radius ratios smaller than two [Fialko et al., 2001]. This is
considered in the inversion process here to find the optimum depth and width of the sill source. The
effect of variable edifice topography is approximated by incorporating a variable elevation for each
station that is above the half‐space surface [Lungarini et al., 2005]. In other words, the height of each
station above a datum (WGS‐84 reference ellipsoid) is added to the depth of the pressure source ( d )
used in the inversion. If an unmodified Mogi solution be used, it may lead to significant overestimation
of the source depth. Topographic effects are important on steep volcanic slopes, mainly on the vertical
component of displacement, for points close to the crater axis which is not the case here for the location
of GPS stations.
The measured velocity components at different stations are compared to the calculated velocities from
analytical models. With linear elasticity assumption, these velocities are linearly dependent to the
volume change rate of each chamber ( ∆V ), or for the two pressure source model we will have

ri = aiI (∆V I ) + aiII (∆V II )

(2.6)

Where ai is the influence factor (the multiplication factor for ∆V ) in equations 1, 4, or 5. The
superscripts I and II refer to upper and lower chambers, respectively.

2.2.2. Magma Compressibility Model
Where magma is compressible in comparison with the host rock containing the chamber, the geodetic
signal represents only a portion of the magma inflow. The bulk modulus of magma ( β m ) is dependent on
the exsolved gas content [Huppert and Woods, 2002]:

βm = ρ

∂p
∂ρ

(2.7)
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Episode
Episode
Surface Outflow ‐ DRE
Time Period
Duration (day)
Number of Stations
Omitted Stations
Omitted Components

E1
P1
E2
P2
E3
P3
Eruptive Pause Eruptive Pause Eruptive Pause
4.5
0.0
2.9
0.0
5.3
0.0
15‐11‐95 11‐03‐98 27‐11‐99 29‐07‐03 01‐08‐05 20‐04‐07
10‐03‐98 26‐11‐99 28‐07‐03 30‐07‐05 20‐04‐07 28‐07‐08
846
627
1339
735
627
465
13
10
6
10
10
9
5
4
2
1
1
1
2
13
13
3
2
2

Table 2.1 ‐ Data used in the inversion process
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Figure 2.1 ‐ Model definition ‐ two floating Mogi sources (left) and floating Mogi and sill sources (right)
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n = N − s p (1 − x ) ≥ 0
where

(2.9)

ρ is the magma density, p is the pressure,

n is the exsolved volatile content following Henry’s

law with s = 4.1*10 −6 Pa −1/ 2 for the case of water vapor [Burnham, 1975], x and N are crystal and
volatile contents. The gas phase follows the ideal gas law ( ρ g = p RT ).
A melt water content of N = 5% for the SHV magma [Barclay et al., 1998; Murphy et al., 1998] and a
volumetric crystal fraction of x = 40% [Devine et al., 1998; Murphy et al., 1998] are assumed in our
calculations. Based on petrology, the magma temperature ( T ) is assumed to be constant at 850 °C
[Devine et al., 1998; Murphy et al., 1998]. Pressure ( P ) is lithostatic assuming constant rock density of

ρ r = 2600kg / m3 . The densities of crystals ( ρ c ) and melt ( ρm ) are considered constant at 2700 kg/m3
and 2300 kg/m3 [Costa et al., 2007; Melnik and Sparks, 1999].
As a result, for the case of a relatively deep magma chamber (depth > 10.5km) the assumption of
incompressibility will be valid; however, compressibility must be considered for a shallower magma
chamber. A compressibility factor C is used for the Mogi source [Elsworth et al., 2008] defined as

C=

4 Gr
+1
3 βm

(2.10)

where a variable shear modulus ( Gr ) is recovered from seismic tomography profiles [Shalev et al., 2010]
approximated with a 1‐D profile [Foroozan et al., 2010] and reduced by a factor of 10 to represent the
large strain magnitude [Bonaccorso et al., 2005]. For a two chamber model (Figure 2.1), conservation of
mass requires that,
II
I
C I ∆V I + C II ∆V II = qin
− qout

(2.11)

I
II
qout
is the observable surface efflux from the system and qin is the unobservable flux from beneath

the lower chamber.

2.3.

Grid Search for Best Geometry

With the components of the inter‐chamber flow system linked to the geodetic measurements, field‐
observed surface velocities and surface effluxes may be used to define subsurface chamber geometry
and throughput. Below, we constrain chamber depths and throughflow rates by minimizing the mean
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squared difference between observed and calculated velocities. Two modalities are used. The first is
with no constraint on the unknown magma inflow into the lowermost chamber, and the second is where
this magma inflow is constrained to be constant throughout the six successive episodes of eruption and
pause.

2.3.1. Search for optimal geometry
Velocity components ri are measured at each cGPS station. The number of stations active in each
eruptive or pause episode is reported in Table 2.1. Velocity components are constrained together with
measured surface effluxes of dense rock equivalent (DRE) [G Wadge et al., 2010]. This enables the
volume change rates of the two magma chambers to be evaluated and the history of fluid exchange
throughout the magmatic column to be known. Where the vector A comprises the geometric
coefficients ai (Eq. 6), the volume change rates of the two magma chambers are co‐inverted using the
least‐squares minimization as:
T
T
∆V = (A A)−1 A r

(2.12)

Having the volume change rates for the lower and upper chambers ( ∆V I and ∆V II ), the flux into the
lower chamber will be
II
I
qin
= C IV I + C IIV II + qout

The back‐calculated station velocities and the error of inversion at each station are

r ' = A∆V
3

χ2 = ∑
i =1

(2.13)

(ri − r 'i )2
r 'i 2

(2.14)

The stations with the largest error are omitted in co‐inversion process. The total number of stations
used, and the number omitted are reported in Table 2.1.
The coefficient of variation ( CV ) represents the ratio of the standard deviation to the mean, and is a
useful statistic to compare errors present in different inversions, even where the means of the
estimated variables are very different from each other – as is typical here between the eruptive and
pause episodes [G Mattioli et al., 2010]. The lower the CV, the smaller the residuals will be relative to
the predicted value:
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(ri − r 'i ) 2
∑
n −1
CV = i =1 n
ri
∑
i =1 n
.
n

(2.15)

where n is the number of stations used in the inversion process. Table 2.2 lists the minimum CV values
correspondent to the optimized depths for the pressure sources (or depth/width for sill‐like sources) for
different GPS velocity components (E‐W, N‐S, and V) and their average (AV).
The geometry returning the lowest CV is considered the best fit for each eruptive or pause episode. It
is clear from Table 2.2 that the post‐2003 errors are significantly smaller than pre‐2003 errors. Also, the
errors for the vertical component are smaller than those in the N‐S direction, which in turn are smaller
than the errors in the E‐W direction. Thus a new set of inversions are performed where the components,
not the stations, returning the largest error ( χ '2 = (r − r ') 2 r '2 ) are omitted. After optimizing the
pressure source depth for each episode, the minimum CV values corresponding to these inversions are
noted in Table 2.2 as CV2. It is shown that the component‐based inversions result in much smaller
coefficients of variation for the pre‐2003 episodes than the station‐based ones while keeping the total
number of datasets similar (Table 2.1); thus this inversion method is used for the subsequent sections.
Although the grid search algorithm is always able to find a minimum error corresponding to a specific
geometry (Mogi depth, or sill depth and width), the difference between the minimum error and the
errors corresponding to neighboring depth combinations is not statistically significant (Figure 2.2, Figure
2.3). This issue is more evident considering the large standard deviations of cGPS velocity measurements
(Figure 2.5, Figure 2.6) to be explored later on. It is also clear from Figures 2.2 and 2.3 that the minimum
error in some cases corresponds to incompatible geometries with two deep chambers located very close
to each other.
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Figure 2.2 ‐ Coefficient of variation for Mogi sources depth combinations. The axes are the depths
(km) for the two Mogi sources
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Figure 2.3 ‐ Coefficient of variation for Mogi and sill sources depth combinations. The vertical and
horizontal axes are the Mogi sources and sill depths (km), respectively.
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Episode
E1
Model MM MS
E‐W
1.30 1.09
N‐S
1.36 0.88
V
0.40 0.45
AV
1.02 0.81
CV2
0.49 0.48

P1
MM MS
0.81 0.89
0.90 0.65
0.47 0.41
0.72 0.65
0.38 0.37

E2
MM MS
1.50 1.95
0.86 0.56
0.17 0.10
0.85 0.87
0.29 0.62

P2
MM MS
0.83 0.68
0.61 0.48
0.18 0.22
0.54 0.46
0.51 0.50

E3
MM
0.40
0.67
0.32
0.47
0.37

P3
MS MM MS
0.34 1.09 0.85
0.32 0.46 0.33
0.25 0.5 0.35
0.30 0.68 0.51
0.36 0.56 0.57

Table 2.2 ‐ The minimum coefficient of variation (CV) for two Mogi sources (MM) and Mogi and sill
sources (MS) models for E‐W, N‐S, and Vertical (V) components and the average of them (AV). CV2 is
the minimum coefficient of variation of the inversions with the outlier components omitted
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2.3.2. Search for optimal geometry with inflow constraint
The generation of melt results from slab dehydration, partial melting in the mantle wedge and mantle
decompression [Annen et al., 2006]; all sources are controlled by convergence rates at destructive
margins which can be considered as steady in the decadal time frame studied here. We further assume
that the rate of flow from any deep‐crustal hot‐zone storage region, to the mid‐crust chamber
considered here (our lower chamber) is steady. Consequently, any deep supply to the crustal system
may be reasonably considered as constant over the timescale of the most recent eruptive episode of
SHV [Voight et al., 2010]. In the current model, magma influx rate to the lower chamber is calculated
from the volume change rates of the chambers, in turn evaluated from geodetic inversions (Eq. 12)
constrained for magma compressibility (Eq. 13). An additional suite of inversions are completed with the
deep influx into the lowermost chamber constrained to a constant but unknown magnitude. The
feasibility of this is examined by plotting the coefficient of variation of lower chamber influxes between
episodes of eruption or pause in the episode 1995‐2008 (0). For the dual Mogi source model, the (upper,
lower) chamber depth combinations: (3‐5.5, 17‐20) have CV values for the deep influx less than 0.43,
standard deviations between 0.41 to 0.60 m3/sec and mean influx values of 1.13 to 1.39 m3/sec. The
upper chamber depth must be consistent with petrological evidence inferring long residence times and
at elevated pressures (~130 MPa) [Barclay et al., 1998; Devine et al., 2003]. Thus, the upper and lower
chambers can be constrained at 5km and 19km, resulting in a mean deep influx of 1.21 m3/sec with a
standard deviation of 0.47 m3/sec during six episodes of activation and pause.
Figure 2.4 shows that for the combined Mogi and sill model there are three sets of geometries resulting
in a relatively constant deep influx rate. The case where the two sources are located close to each other
at mid‐crustal depths counters petrologic [Barclay et al., 1998; Rutherford and Devine, 2003] and seismic
[Aspinall et al., 1998] evidences and is rejected. Both cases of a shallow Mogi source and a deep sill, a
deep Mogi source and a shallow sill yield CV values less than 0.60.
The depth combinations (3‐5.5, 21.5‐29.5) for (Mogi, sill) sources, result in standard deviations between
0.51 to 0.89 m3/sec and mean influxes of 0.99 to 1.51 m3/sec. Also the depth combinations (15‐20, 3‐
5.5) for (Mogi, sill) sources, result in standard deviations between 0.55 to 0.91 m3/sec and mean influxes
of 1.07 to 1.52 m3/sec. A geometry with a sill underlying a shallow Mogi source is perhaps more
consistent with contemporary models of magma genesis [Annen et al., 2006] and also returns lower
inflow fluctuations between eruptive and pause episodes in our model. If, based on petrology, depth of
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the upper Mogi chamber is fixed at 5 km, the lower sill source will be 27 km deep for a minimum CV of
0.54, and this leads to a deep influx of 1.15 m3/sec and a standard deviation of 0.62 m3/sec. The CV
recovered from the inversion does not change in two digits of precision by changing the sill width, the
sill volume change being a much more important factor. The minimum error occurs for a minimum sill
radius of 1 km corresponding to maximum deep influx which is 10‐15% higher than the minimum influx
corresponding to a maximum radius of 13 km.
The coefficients of variation (CV) and the deep influxes of each episode for the (5, 19) km depth
combination of dual Mogi sources (MM) and the (5, 27) km depth combination for the Mogi and sill
sources (MS) are noted in Table 2.3. Comparing the coefficients of variation (CV) values in Table 2.3 and
the minimum ones (CV2) in Table 2.2, it is clear that with constraining the deep influx the errors do not
increase significantly. Thus adding the constant deep inflow constraint does not deteriorate the
inversion error measures.
The measured vertical and horizontal velocities, and their standard deviations, together with velocity‐
distance curves are plotted in Figure 2.5 (Mogi‐Mogi) and Figure 2.6 (Mogi‐sill) for different eruptive and
pause time episodes. The dashed line curves in these figures correspond to the inversion results
explained in section 2.3.1, which do not constrain the lower chamber inflow. In most cases, in particular
for the post 1999 episodes, these results refer to two pressure sources located close (<5 km) to each
other in relatively deep crust (Figure 2.2). The results of inversions show that these closely located
sources involve volume change rates of different polarity with very large magnitudes, which is not
possible. This is due to the fact that in these cases the coefficients matrix A (Eq. 12) becomes almost
singular and the errors in the inversion process will increase by the time that the pressure sources get
close to each other.
On the other hand, the velocity‐distance curves resulting from inversion with constrained lower
chamber inflow, explained in section 2.3.2, are plotted as solid lines. These curves in Figure 2.5 refer to
(5km, 19km) two Mogi sources depth combination and in Figure 2.6, refer to (5km, 27km) Mogi‐sill
depths. Considering the measurement discrepancies, and also comparing the misfits resulting from the
two sets of inversions, shown in Table 2.2 (CV2) and Table 2.3 (CV), we conclude that that the inversion
results from the constrained influx set of analyses reproduce the deformation field no worse than the
unconstrained inversions. On the other hand, this inversion yields a system geometry as well as volume
changes consistent with petrological and seismic evidence.
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Figure 2.4 ‐ The coefficient of variation (left), and mean (right) of the lower chamber influx for six
successive episodes of eruption/pause. The axes are the depths for the two Mogi sources (top) and sill
and Mogi sources (bottom) depths (km).
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Episode
Model
CV

MM
0.49
1.99

MS
0.50
2.07

P1
E2
P2
E3
P3
MM MS MM
MS MM MS MM MS MM MS
0.38 0.38 0.29 0.66 0.51 0.52 0.39 0.42 0.59 0.60
0.63 0.52 0.81 0.43 1.28 1.15 1.31 1.59 1.26 1.16

C I ∆V I (m3/sec)
C II ∆ V II (m3/sec)

‐0.30

‐0.36

0.40

0.32

‐0.12

‐2.21

‐2.20

0.22

0.20

‐1.97 ‐2.60 1.00 0.89 ‐3.72 ‐3.36 1.08 0.98

∆QS (Mm )

‐22

‐24

22

17

‐14

15

18

16

‐15

‐19

7

7

∆QD (Mm3)

‐161

‐161

12

11

‐227

‐300

64

57

‐202

‐182

43

39

II
qin
(m3/sec)

3

E1

0.13

0.28 0.25 ‐0.27 ‐0.35 0.18 0.18

Table 2.3 ‐ Inflow constrained inversion ‐ The coefficient of variation, lower chamber inflow, upper
and lower chamber volume change rates, and total volume changes after the episode for the two
Mogi sources (MM) at (5, 18) km and Mogi and sill sources (MS) at (5, 27)
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Figure 2.5 ‐ Radial (red) and vertical (blue) velocities (mm/yr) vs. distance (km) – unconstrained
(dashed) and constrained inflow (Mogi sources at 5 km and 19 km) (solid) cases
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Figure 2.6 ‐ Radial (red) and vertical (blue) velocities (mm/yr) vs. distance (km) – unconstrained (solid)
and constrained inflow (Mogi at 5, sill at 27 km) (dashed) cases
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2.4.

Summary and Discussion

2.4.1. Unconstrained vs. constrained inversions
Despite the widespread use of GPS‐, tiltmeter‐, dilatometer‐, InSAR‐, or leveling‐derived geodetic data,
inversion to infer the shape and location of volcanic plumbing systems is fraught with non‐uniqueness.
The problem may be partly overcome if other sources of information are available to constrain the
problem. Even if realistic and well constrained data are available for the rheological properties of the
medium, the slight discrepancy in deformation signatures for alternate geometries makes resolution of
the subsurface system difficult. Prior studies have shown difficulty in resolving between pressure points
(Mogi sources) and finite chambers for shallow chambers [Dvorak and Dzurisin, 1997] and between
penny‐shaped cracks and prolate spheroids [Fialko et al., 2001; Gottsmann et al., 2006]. It is concluded
that given the uncertainties involved, the coefficient of variation, or any other statistic, is not robust
enough to exactly constrain the depth of a lower chamber at SHV [G Mattioli et al., 2010].
We tested two approaches for the inversions of GPS and surface efflux measurements. In the
conventional unconstrained inversion, a grid search algorithm was always able to recover the geometry
with the least inversion error, but the difference between the minimum error and the error relating to
other geometries was typically not meaningful when considering measurement errors. Thus the
geodetic data and surface efflux evaluations could only loosely constrain the plumbing system.
Furthermore, the minimum error often corresponded to geometries comprising closely located pressure
sources in mid or deep crust which was proved to be unrealistic.
Based on the assumption that the melt supply rate should be approximately constant, the second set of
inversions recovered a geometrical model with constrained Mogi‐Mogi and Mogi‐sill depths. While the
error measures were proven not to vary significantly for different geometries, the influx to the system is
highly sensitive to the geometry considered for the model (Figure 2.4, left). Comparing the error
measures between the two sets of inversions (Table 2.2 and 2.3, Figure 2.2 and 2.3) and surface
velocity‐distance curves (Figures 2.5 and 2.6), it was shown that the minimum error models with
unconstrained influx do not explain the geodetic data any better than the models yielding a constant
inflow to the lower chamber. Using petrologic evidence also helps to further restrict the geometry of the
volcanic plumbing system. Fixing the depth of the upper chamber to 5 km constrains the depth of the
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lower chamber. Constraining the lower crustal chamber inflow as constant is consistent with the notion
of constant‐rate supply of magma from a deeper crustal hot zone or from the mantle.

2.4.2. Optimal model
We examined two sets of geometrical models comprising a dual Mogi sources and a Mogi‐sill
combination to represent the subsurface plumbing system of the Soufriere Hills Volcano. Behavior was
constrained using GPS and surface efflux measurements recovered since 1995 and spanning six
consecutive episodes of eruption and pause. We defined our preferred geometry as the one returning
the lowest coefficient of variation for lower chamber inflow from the inversion. The coefficient of
variation (CV) for the lower chamber inflow during six consecutive episodes of activation and pause was
less for the dual Mogi‐source model (0.39) than for the Mogi and sill model (0.54). In other words, the
dual Mogi model, despite having one degree of freedom less (sill width), yielded a more constant lower
chamber inflow during the past 13 years of monitoring. The inversion errors were also comparable to
each other between the two models (Table 2.2 and Table 2.3). The model‐predicted sill depth at 27 km
places it within, not above, the "hot zone," given that the crustal thickness here is about 30 km [Sevilla
et al., 2010; Voight et al., 2010], and for that reason seems unrealistic. Thus, given the observations at
hand, the dual Mogi source model inversion result better represents the plumbing system with
chambers at, roughly, depths of 5km and 17‐20 km.

2.5.

The volumetrics of the magma chambers

Based on magma compressibility calculations, the relative compressibility of magma ( C ) at 5km will be
about 3 (the value is rough owing largely to uncertainty on quasi‐static rock modulus). Although the
compressibility is considered in the inversion and is reflected in Table 2.3, we calculate much smaller
volume changes for the upper chamber than for the lower one. This is in agreement with prior inversion
results for SHV [Elsworth et al., 2008], and Askja volcano [Pagli et al., 2006], in which the magmatic
plumbing systems were modeled with dual chambers and the lower chamber was apparently inflating or
deflating in volumes at least an order of magnitude larger than those inferred for the upper one. The
exception is the 1998‐2001 pause episode, when the upper chamber inflated about two times more
than the lower one. This might be as a result of high level of uncertainties on inversion results due to
GPS measurement errors in the first eruptive and pause episodes (Figures 2.5, 2.6).
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Figure 2.7 ‐ Lower (at 19 km, red) and upper (at 5km, blue) Mogi chambers volume changes (Million
m3) with one standard deviation error bars
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The volume changes for the lower and upper magma chambers since 1995 for the two Mogi sources
model is plotted in Figure 2.7. A bootstrapping algorithm [Chernick, 1999] was used to evaluate the
standard deviation error bars using the standard deviation of the measured velocities at the stations. In
this method, ten thousand data sets were generated using the mean and standard deviation of the
measured velocity components at each GPS station. We used these regenerated data sets to invert the
volume change rates of the lower and upper. The mean of volume changes resulting from the
bootstrapping data sets were not different the volume changes from the inversion results from mean
velocities more than 2% and the standard deviations are reported in Figure 2.7.
Eruptive and pause episodes of the volcanic activities have been characterized by deflation and inflation
of both upper and lower chambers. The volume of the lower chamber has decreased by ~500 Mm3 until
Apr‐07. The total erupted material (DRE) is evaluated to be ~1 km3 (Table 2.2) implying that about half of
the erupted material has been supplied from sources deeper than the ones considered here.
The depletion rate of the lower chamber has been larger than its inflation rate. As a result the lower
chamber, in contrast to the upper one, has depleted considerably since the 1995.

2.6.

Conclusion

Based on our analyses, we showed that the inversions based solely on GPS and efflux measurements are
not robust enough to resolve the depth of the magma chambers at SHV. Fixing the flux from the deep
crustal hot zone to the lower chamber as constant adds a realistic constraint to inversions. Whereas the
misfits do not change considerably between models of different depth combinations, the inflow to the
lower chamber varies significantly assuming different geometries and proves useful to constrain the
geometry. The most consistent result was for the dual Mogi‐type sources, one shallow at about 5 km,
and the other in mid‐crust, roughly 17‐20 km deep with an influx of ~1.2 m3/sec. The lower chamber
can represent a deep crustal hot zone formed by mantle‐derived basaltic magma sills. This geometry is
consistent both with available seismic and petrological evidences and with models of silicic magma
genesis. The eruptive and pause episodes of volcanic activity are characterized by deflation and inflation
of both the upper and lower magma chambers while the upper chamber undergoes volume changes an
order of magnitude larger than the upper one.
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CHAPTER III
Magmatic‐Metering Controls the Stopping and Restarting of Eruptions

Abstract
We use time‐series of magma efflux and GPS‐derived surface deformation observations to constrain the
transfer of compressible magma within the crustal plumbing of the Soufrière Hills volcano for three
cycles of effusion and pause. Our system model has two vertically‐stacked spherical chambers. Deep
melt supply to the system is constrained to be continuous and steady, yielding a rate of 1.2 m3/s, which
fixes the geometry of the dual interconnected chambers to depths of about 5 and 19 km. The eruptive
volume change of the shallow chamber is in‐phase and an order of magnitude smaller than the deep
chamber. Significantly, the shallow chamber seems to control the periodic system behavior: surface
magma efflux resumes when the shallow chamber reinflates to its initial threshold pre‐eruptive volume
(triggering re‐opening of an eruptive feeder dike), and ceases when it has lost 14‐22 Mm3 (106 m3) of its
volume (sealing the conduit and staunching magma flow). These observations are consistent with
eruption re‐initiation and re‐cessation controlled by magma overpressure thresholds.
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3.1.

Introduction

Continuous and highly resolved geodetic and efflux records are available for very few volcanoes. The
recent eruption at Soufrière Hills (SHV) volcano on Montserrat, WI [Mattioli et al., 2010; Mattioli and
Herd, 2003] is an exception, providing an invaluable window into deep processes contributing to
stratovolcano behavior. We constrain magma efflux with wide‐aperture geodetic GPS observations
(Figure 1‐left) to supplement a well‐documented effusion record [Wadge et al., 2010], and use these to
explore the role of deeply sourced fluxes on short‐term eruption periodicity. We apply this method to
recent activity at SHV where the phreatic activity began in July 1995 following several years of seismic
unrest. An andesite dome grew continuously in extrusive episode 1 from November 1995 to ~10 March
1998, followed by a period of an eruptive pause with mild explosive activity [Wadge et al., 2010] that
ended in November 1999. This cycle, of an active lava dome extrusion episode followed by a pause, was
repeated a second time, with extrusive episode 2 starting in December 1999 and continuing to mid‐July
2003, followed by a pause lasting until October 2005. Extrusive episode 3 commenced in October 2005
and ended March 2007 [Loughlin et al., 2010], followed by a pause lasting until July 2008. Thereafter
there were two additional, but short extrusive episodes, 4 (from July 2008 to January 2009) [Wadge et
al., 2010] and 5 (from October 2009 to February 2010), which suggest changes in fundamental
periodicity and flow dynamics after the first three cycles. We focus here on the consistent behaviors of
the first three cycles.
The restriction of volcano‐seismicity since magma breakthrough in 1995 to <5 km depth, the stability of
crystal phases at pressures of ~130 MPa, and inversion of early GPS data (1995 to 1997) were consistent
with a magma chamber top at roughly 5 km depth [Aspinall et al., 1998; Barclay et al., 1998; Miller et al.,
2010], and this has been confirmed by recent seismic tomography [Voight et al., 2010a]. Clots of basalt
mixed in the erupted andesite indicate a deeper supply of mafic magma and some crystal phases [Annen
et al., 2006; Murphy et al., 2000] suggest a connected deep chamber at >10 km [Devine et al., 2003].
Geodetic data have provided further support for deep storage [Mattioli et al., 2010], whether
interpreted as single chambers of various shapes [Mattioli et al., 2010; Voight et al., 2008, 2010b], or
interconnected chambers in shallow (~5 km) and relatively deep (>12 km) crust [Elsworth et al., 2008].
Voight et al. [2010b] proposed a vertically‐elongated chamber of complex shape idealized as a prolate
ellipsoid, to accommodate both mineralogical constraints indicating shallow storage, and geodetic
43

constraints inferring a deeper mean‐pressure source; this chamber was assumed stratified with upper
parts compressible due to exsolved gas phases, and fed at the base by deep influx. Philosophically the
distinction between this model, and a two‐chamber model with synchronous responses and a
compressible upper chamber, may be slight, and there are some computational advantages for the
latter. Foroozan et al. [2010] showed that the deformations of GPS stations located near or far from the
volcano conduit could not be explained with a single pressure source. The significant cumulative volume
of the eruption (~1.0 km3, from 1995 to 2009) [Wadge et al., 2010] and its continuity and chemical
consistency, coupled with detailed observations of co‐eruptive ground displacements suggests a
voluminous upper magma source of several to tens km3 [Voight et al., 2006; 2010b]. When taken
together, these observations constrain our proposed model of two vertically‐stacked magma chambers.
In contrast to Elsworth et al. [2008] we invert GPS data from 6 to 13 stations (versus 4 previously) to
define chamber geometry and constrain these for new efflux data [Wadge et al., 2010]. We then use a
compressible magma phase [Huppert and Woods, 2002] (versus incompressible previously) to define
metered volumes of the upper chamber that control the periodicity of eruption.

3.2.

Data

This analysis inverts geodetic data from GPS stations [Mattioli et al., 2010] in each eruptive/pause phase
distributed around the island with the closest station ~1.6 km from the volcanic vent and the furthest
~9.6 km (Figure 1). We recover average and standard deviation of deformation rates within each of the
episodes of eruption and pause. Consistently these measurements (with one exception in the first pause
episode: SOUF) represent ground subsidence during periods of eruption and uplift during pause (Figure
1‐right). Consistent with surface deformation above a deforming chamber, vertical velocities decrease
radially outwards from the chamber center and horizontal velocities increase from zero above the
chamber, through a peak and then toward zero in the far‐field. Estimates of surface efflux from the
conduit provide average efflux rates (Figure 1) in each of the three periods of eruption and three periods
of pause [Wadge et al., 2010].
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Figure 3.1 ‐ Left: Map of Soufriere Hills volcano. Right: Inversion results for Mogi sources at 5 km and
19 km. Radial (red) and vertical (blue) velocities (mm/yr) versus radial distance from the conduit (km)
Error bars are 1‐standard variations. Outlier measurements have open symbols.
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3.3.

Methods

We treat the system as dual vertically‐stacked chambers pierced by a vertical conduit that connects a
deep‐crustal supply zone with the effusing vent of SHV [Elsworth et al., 2008]. The solid earth system is
assumed inhomogeneously elastic with the surface deformations resulting from each embedded
chamber represented by spherical point pressure source [Mogi, 1958; hereafter Mogi source]. This
approach results in homogeneous‐model depths modified by D ' = kD , where D ' is “apparent depth”
of pressure source form elastically homogeneous inversion and D is actual depth in the inhomogeneous
medium, and k is a correction factor. For the shallow chamber we take k as 0.73 [Foroozan et al., 2010];
for the deeper chamber k is uncertain due to our limited knowledge of modulus structure >8 km depth
under SHV, and we use the provisional value k ~1.
In contrast to Elsworth et al. [2008], the infilling magma is assumed slightly compressible with the
exsolved gas content controlling its effective modulus. In the compressibility calculations [Huppert and
Woods, 2002], we assume andesite in both chambers with the exsolved volatile (water) content follows
Henry’s law [Burnham, 1975; Melnik and Sparks, 1999]. Further assumptions are a melt water content of
5% [Barclay et al., 1998; Murphy et al., 2000], a volumetric crystal fraction of 40‐60% [Devine et al.,
1998; Murphy et al., 2000], and a temperature of 850 C for andesite magma [Devine et al., 2003;
Murphy et al., 2000]. Pressure is lithostatic assuming constant wallrock density of 2600 kg/m3. The
densities of crystals and melt are considered constant at 2700 kg/m3 and 2300 kg/m3 [Costa et al., 2007;
Melnik and Sparks, 1999] and the gas phase follow the ideal gas law.
We evaluate rates of magma transport through the crustal column and exchange between the dual
chambers by fitting observed GPS velocities to the Mogi source solutions to evaluate rates of volume
change for the chambers (see Elsworth et al., 2008 for details). With volume fluxes defined in terms of
dense rock equivalents (DRE), the effect of magma compressibility is accommodated by the
compressibility factor, C = 1 + 4G / 3βm , where βm is the bulk modulus of the magma [Huppert and
Woods, 2002]; G , the shear modulus of the wallrock, is estimated on the basis of 1‐D seismic velocity
profile [Shalev et al., 2010] and decreased by a factor of 10 to account for the large‐strain effects and
modulus "softening" [Bonaccorso et al., 2005] that are unrepresented in the extrapolated 1‐D seismic
velocity data. The compressibility factor due to this modulus choice linearly affects the magma
volumetrics of the shallow chamber but does not change our basic conclusions.
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Figure 3.2 ‐ Mean (left) and coefficient of variation (right) of the deep chamber influx (m3/s) for the
combined six successive episodes of activation and repose. The axes are the respective apparent
depths (km) for the dual Mogi sources.
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3.4.

Fit to Observations

Elsworth et al. [2008] used pairs of GPS stations to individually solve for chamber inflation/deflation at
depths prescribed a priori. Here we perform least squares fit inversions that search the full parameter
space of potential chamber depths for a suite of up to 13 GPS stations available during 1995‐2008. As in
Mattioli et al. [2010], given the uncertainties involved (Figure 1‐right), no statistic is robust enough to
meaningfully constrain the depths of the chambers. With each source depth combination, we constrain
the mass balance throughout the crustal column with the observed efflux. Thus the magma influx rate to
the deep chamber (together with the chamber volumetrics) is calculated from the volume change rates
of the chambers, in turn evaluated from geodetic inversions constrained for magma compressibility. In a
volcanic system, the basal influx may be reasonably considered as constant over the timescale
considered here [Voight et al., 2010b]. The feasibility of this is examined by plotting the coefficient of
variation of deep chamber influxes between six episodes of eruption or pause in the 1995‐2008 time
span (Figure 2).
The (shallow, deep) chamber depth combinations (ca. 3‐7.5, 13‐23 km) have coefficients of variation for
the deep influx less than 0.75, standard deviations between 0.41 to 1.19 m3/sec and mean influx values
of 0.88 to 1.69 m3/sec. By constraining the shallow chamber depth to 6‐6.5 km (apparent depth 4.5‐5
km) [Barclay et al., 1998; Voight et al., 2010a, b], minimal coefficients of variation for the deep influx
(Figure 2) arise for a deep chamber at about 15‐21 km depth with a minimum at about 19 km resulting
in a mean deep influx of 1.21 m3/sec with a standard deviation of 0.47 m3/sec during the three episodes
of activation and pause. The standard variation of the deep influx remains under 0.60 m3/sec for the
deep chamber at 16‐21 km and the shallow chamber at apparent depths 4‐5.5 km (Figure 2b). Least‐
squares inversions are then completed for average surface velocities for chambers fixed at 5 and 19 km
depth.
These inversions simultaneously satisfy (1) observed magma efflux rates, (2) conservation of magma
mass within the crustal column, (3) compressibility conditions of the magma with depth, and (4)
constant influx into the deep chamber. Geodetic results are shown in Figure 1‐right. Items (3) and (4)
give significant extra constraint over previous results [Elsworth et al., 2008] specifically in regard to
polarity of chamber volume changes and identifying triggering mechanisms.
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Based on our analyses, constraining basal influx results in a slightly degraded fit to the data relative to
the unconstrained case, but the difference is not significant as the change in the coefficient of variation
between the two sets are less than 5%. The benefit of adding this constraint, however, is that the
resulting model satisfies the expectation that deep influx remain largely unperturbed by feedbacks from
fluid transfer within the shallow crust in the decade‐long time‐scale considered here (i.e. that the
magma supply rate driven by the subducting slab is uniform over long periods).

3.5.

Implications for Eruption Periodicity

The analysis enables cumulative volume changes of the deep and shallow magma chambers to be
evaluated (Figure 3). Eruptive then pause episodes are characterized by synchronous deflation then
inflation of both shallow and deep chambers. The depletion rate of the deep chamber exceeds its
inflation rate, and has depleted ~500 Mm3 in volume since the initiation of activity in 1995. The total
erupted material (DRE) for the first 3 cycles is 950 Mm3 implying that about half of the erupted material
has been supplied from sources below the deep chamber.
A consistent observation, repeated through three episodes, is that the eruptive episode starts
approximately at the time that the shallow chamber has (re)gained its original volume after each
preceding pause (Figure 3). Eruption is triggered as either the volume of the shallow chamber or its
related internal pressure reaches a threshold magnitude and (re)fractures the chamber exit and thus
allows magma to enter a conduit that connects to the ground surface [Voight et al., 2010b].
Significantly, this observation can be used to predict the timing for the new activation phase.
A complementary observation is that the eruptive phase transitions to a pause when the shallow
chamber has lost 16‐22 Mm3 of its volume during the eruption (Figure 3). If this chamber volume change
(avg. 18 Mm3) is equivalent to a stress change limited by the hot tensile strength of intrusives, about 5‐
20 MPa [Pinel and Jaupart, 2003; Tuffen, 2004] then the size of the shallow magma chamber can be
estimated. The tangential tensile stress around a pressurized sphere is half of its internal pressure, so
the pressure (in excess of lithostatic) of the chamber at the onset of the eruption phase is 10‐40 MPa.
We assume static shear modulus in the range 3‐10 GPa for the shallow crust surrounding the magma
chamber (modulii based on island‐wide 1‐D tomography data to <5 km depth [Shalev et al., 2010] are
not reliable for this purpose because these data do not record the low seismic velocities of high
temperature rock enclosing the SHV magma system). Knowing the average cyclic volume loss due to
eruption (18 Mm3), the pressure loss can be computed as a function of chamber radius. Capping the
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pressure loss to 40 MPa (maximum initial excess pressure), the chamber size cannot be smaller than
~1.8 km3 for G = 3 GPa, or 6.0 km3 for G = 10 GPa. Pressure losses in the range 10‐20 MPa yield volumes
3.6 to 7.2 km3 for G = 3 GPa, and volumes 12 to 24 km3 for G = 10 GPa. Assuming a volume of 4 km3
[Voight et al., 2006], the pressure drop at the end of an eruption episode will be ~17 MPa for G = 3 GPa,
and 57 MPa for G = 10 GPa, the latter seemingly excessive. The above calculations refer to the case for
40% crystallinity. For 60% volume crystal content, the average volume loss is 14±3 Mm3, yielding slightly
reduced chamber dimensions. Interpreting these results, if we take pressure losses of 10‐20 MPa as
most likely, we find that chamber volumes >10 km3 are only feasible if G > 10 GPa, whereas small
chambers <10 km3 require a low‐modulus.

3.6.

Summary

Concurrent observations of surface efflux and surface deformation illuminate rates and patterns of
magma transport at crustal depths below SHV. Our analysis uses a two‐chamber model coupling fluid
mass balance and surface‐measured deformation with compressible magmatic constituents. We
simultaneously invert geodetic data and measured magma efflux rates with the additional constraint of
constant basal influx to determine rates of magma redistribution in the crust. Results constrain basal
supply to be ~1.2 m3/s for the recent activity (1995‐2008). Volume changes within the deep and shallow
chambers are synchronous but differ in modality as the larger deep chamber is net depleting with time
while the smaller upper chamber cycles between upper and lower limiting volumes – interpreted as
limiting overpressures that either initiate or staunch the eruption. If limit overpressures are 10‐20 MPa,
shallow chamber volumes >10 km3 are feasible if rock shear modulus is larger than 10 GPa; a small
chamber <10 km3 would require very low‐modulus behavior. These observations provide rare direct
evidence that volumetric thresholds and conjectured magma over‐ and under‐pressures control the
periodicity of eruptions in progress.
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Figure 3.3 ‐ Cumulative volume changes of the deep (at 19 km: red) and shallow (at 5 km: blue)
chambers (Mm3) with error bars of one standard deviation. The dashed line indicates a projected
shallow-chamber volume-chamber line potentially useful for forecasts, assuming that the magma
system dynamics remains unchanged. However, the SHV system changed significantly after July
2008.
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CHAPTER IV
Insights from the dynamics of magma flow in cyclic extrusions
from Soufrière Hills Volcano, Montserrat

Abstract
Here we develop a transient 1‐D flow dynamics and transport model in an attempt to replicate the three
well‐observed and fairly regular cycles of dome growth and repose of Soufrière Hills Volcano, SHV,
(1995‐2008). Our model captures the key processes controlling the eruption and repose of the volcano
including magma crystallization, volatile exsolution, and subsequent rheological stiffening of the
compressible magma ascending through an elastically inhomogeneous wallrock. The extreme sensitivity
of the highly nonlinear feedbacks of conduit and magma chamber processes result in sudden transitions
between active and repose phases after slight variations of the governing parameters. We solve the
coupled system of equations using FEM for the dual capacitive chambers geometry and constant influx
boundary condition previously inferred for SHV. To match the observed eruptivity, the free parameters
of the model, including the magma chamber sizes, conduit diameter, and crystallization rate can be
estimated. We confine the volumes of the upper and lower chambers to 2 km3 and 10 – 20 km3,
respectively. The conduit diameter and crystallization rate control the efflux rates and also the over‐
pressure in the chambers before the eruptions. To the contrary, the period of eruptions depend mainly
on the chamber sizes. The average pressures in the chambers are slightly higher than the lithostat
pressure and the upper chamber cycles between conditions of over‐ and under‐saturation during
periods of eruption and repose, respectively. As a result, abrupt changes in compressibility of magma
exert repetitive cycles of expansion and contraction to the chamber wallrock.
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4.1.

Introduction

The modeling of conduit flows [Slezin, 1983; Wilson et al., 1980] has been used to explain the transition
between explosive and effusive flow regimes [Jaupart and Allegre, 1991; Melnik et al., 2005; Woods and
Koyaguchi, 1994] or between phases of activity and repose [Barmin et al., 2002; Melnik and Sparks,
1999; Melnik and Sparks, 2005] as a consequence of subtle changes in conduit dynamics. Conduit flow
models provide insight into the deep processes experienced during magma ascent. In these models the
changes in flow dynamics result from rheological variations triggered by exsolution of volatiles [Dobran,
1992; Melnik and Sparks, 1999; Papale et al., 1998; Sparks, 1997], degassing through permeable magma
[Eichelberger et al., 1986; Vergniolle and Jaupart, 1986], through the escape of gas through the wall‐rock
surrounding the conduit [Jaupart and Allegre, 1991; Woods and Koyaguchi, 1994; Clarke et al., 2002],
crystallization [Barmin et al., 2002; Mastin, 2005; Melnik and Sparks, 1999; Sparks, 1997], temperature
changes due to viscous dissipation [Mastin, 2005; Vedeneeva et al., 2005] and fragmentation [Dobran,
1992; Melnik, 2000; Papale, 1999]. Although most of these models simulate steady state flow, transient
models have also been proposed [Barmin et al., 2002; Melnik and Sparks, 2005].
Recent eruptive activity at Soufrière Hills Volcano (SHV) (1995‐2008) has exhibited fairly regular
transitions between periods of effusive dome growth and subsequent repose at intervals of three to six
years [Wadge et al., 2010]. A regular transition between extrusive dome building activity and
subsequent repose is a common observation at other volcanoes [Harris et al., 2003; Swanson et al.,
1985]. For different volcanoes, the periodicity of the cycles of eruption to repose may be of the order of
weeks to years but a sudden transition between activity and repose is a common observation. Following
Slezin [1983; 2003], other studies [Barmin et al., 2002; Melnik, 2000; Melnik and Sparks, 1999; Wyllie et
al., 1999; Melnik and Sparks, 2002, 2005] show that the system of equations following the evolution of
viscosity within a conduit may have multiple solutions for a given chamber pressure. As a result, the
periodic behavior of some volcanoes can be explained by the switching of the flow regime from one
solution to another [Barmin et al., 2002]. This is true when the time scales of magma ascent and
crystallization are comparable.
Melnik and Sparks [1999] developed a model for steady state flow in a conduit with an elastic‐wall and
accommodating gas exsolution and escape, crystallization and the consequent evolution of viscosity.
They further developed the model to represent transient behavior and improved the kinetics of
crystallization, including the role of the release of latent heat during crystallization [Melnik and Sparks,
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2002; Melnik et al., 2005]. They showed that small changes in magma viscosity, conduit diameter,
temperature, and volatile content strongly affect the discharge rate and the periodic behavior.
Barmin et al. [2002] explored a simplified transient conduit flow model where viscosity is related to
crystal content that gives a step change in viscosity above a given threshold of crystal content. The
model incorporates an elastic magma chamber supplied by magma from below at constant prescribed
rate and issuing to the surface via a vertical conduit of prescribed diameter. They were able to simulate
the periodic behavior of Mount St. Helens (1980‐1986) and Santiaguito, Guatemala (1922–2002). The
model also showed that the periodic patterns of lava dome extrusion only occurs if the influx into the
chamber is bounded between a lower and a higher limit which in turn depends on chamber and conduit
sizes, crystallization rate, viscosity characteristics and compressibility. Despite the significant benefits,
this simplified model did not include continuous evolution of magma rheology with crystal content, gas
exsolution and consequent compressibility and density variations.
Aside from models of conduit flow dynamics, there are also multiple studies to examine the evolution of
the magma chamber during effusive eruptions. Mourtada‐Bonnefoi et al. [1999] showed that the
behavioral characteristics of a waning volcanic chamber can undergo a sudden change due to small
changes in crystallization kinetics caused by fresh magma input. Huppert and Woods [2002; 2003]
showed that the compressibility of the magma due to the presence of bubbles can increase the duration
and the volume of an eruption by up to two orders of magnitude relative to an incompressible magma.
Following Stasiuk et al. [1993], they used a simple Hagen‐Poiseuille pipe model for the conduit, relating
the flow rate linearly to the chamber over‐pressure. They concluded that if an influx of basalt is a
maintained to the chamber the evolution of the eruption is primarily dependant on this input rate.
Volcanic eruptions are complex phenomena and the large number of unknown parameters influencing a
comprehensive numerical model is overwhelming [Melnik and Sparks, 2005]. Also, the extreme
sensitivity of the highly nonlinear feedbacks in these models to slight variations in their governing
parameters makes the deterministic prediction of behavior virtually impossible. These modeling efforts
have been primarily used to explore the sensitivity in response to different component behaviors
influencing magma rheology [Mastin, 2002]. An approach which involves simplifying assumptions results
in a more tractable mathematical formulation capturing the essential features of the natural system
[Barmin et al., 2002]. An existing challenge is to match the response of a well constrained system with
multiple phases of eruption and repose to time histories of surface deformation. The well‐documented
time histories of surface deformations and efflux of SHV provides such an opportunity.
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The model reported here further develops the simplified transient conduit flow model of Barmin et al.
[2002] by considering the compressibility of the magma [Huppert and Woods, 2002] in the chamber and
conduit, the viscosity and density variations due to progressive gas exsolution in the conduit flow
[Melnik and Sparks, 1999; Melnik and Sparks, 2002], and importantly the inferred dual chamber
geometry of SHV [Foroozan et al., 2010a, b]. Using geodetic inversions of GPS and surface effluxes we
have already constrained a stacked dual‐chamber geometry and gross magma input rates to the lower
chamber [Foroozan et. al, 2011] ‐ the basal influx to the system from the deep crust is the main
mechanism for sustaining the eruption. Our objective here is to attempt to replicate the observed
periodic behavior of SHV in its three well‐observed cycles of eruption and repose (1995‐2008) and to
estimate the "free" parameters of our model including the size of the magma chambers, conduit
dimensions, and crystallization rate and constrain these parameters accordingly.

4.2.

Mathematical Model of Magma Flow

Here we develop a framework to model the dynamics of compressible flow in the volcanic plumbing
system. The model incorporates magma crystallization and gas exsolution and is solved using finite
element method for a geometry representing the Soufrière Hills Volcano.

4.2.1. Model Geometry
Previously, we argued that the deformation surface signatures of the eruptive and repose phases cannot
be explained by a single pressure source [Foroozan et al., 2010a, b]. We proposed a system of two
vertically‐stacked chambers in which the deep melt supply to the system was constrained to be
continuous and steady. The inversion of GPS deformation data yielded an influx rate of 1.2 m3/s into the
basal chamber and fixed the geometry of the dual interconnected chambers to apparent centroid
depths of about 3‐5.5 and 17‐20 km [Foroozan et al., 2011]. Consideration of rock‐mass heterogeneity
pushes the actual shallow centroid depth below 5.5 km [Foroozan et al., 2011]. Petrological evidence
supports long residence times at a minimum pressure of 130 MPa [Barclay et al., 1998; Devine et al.,
2003] – representing a chamber at a depth of 5 to 6 km if the chamber pressure is l (the validity of this
assumption will be discussed later). Petrological and observational constraints suggest a conduit
diameter of about 30 m with an uncertainty of about 5 m [Voight et al., 1999; Melnik and Sparks, 2002].
The shape of the magma chambers at SHV have been poorly known but have been assumed
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approximately spherical [Elsworth et al., 2008; Foroozan et al., 2011], oblate ellipsoidal [Voight et al.,
2006], prolate spheroidal [Voight et al., 2010a; Mattioli et al., 2010] or cylindrical. Our conceptual 1‐D
model with approximated cylindrical magma chambers used in this work is shown in Figure 4.1. The
upper conduit is simplified from the case of combined dike and cylindrical conduit [cf., Costa et al., 2007;
Linde et al., 2010; Chardot et al., 2010]. Recent tomographic studies of the shallow chamber at SHV are
supportive of approximately a cylindrical shape [Voight et al., 2010b; Paulatto et al., 2011]. The dikes
connecting the lower and upper chambers are equivalenced with a cylindrical conduit. The sensitivity of
the results to the assumed geometry will be discussed later.

4.2.2. Governing Equations
The decompression of magma during its ascent within a conduit causes dissolved volatiles, mainly water,
to exsolve into bubbles. A decrease in the dissolved volatile content and consequent undercooling
crystallization changes the rheology of the mixture while the density decrease due to bubble growth is a
driving force for eruption. All these highly nonlinear processes and magma properties are strongly
coupled with simplifications and empirical observations necessary to yield the problem as tractable
[Voight et al., 1999; Melnik and Sparks, 1999, 2002, 2005]. Our fluid dynamics model is based on the
following assumptions:
(1) Magma is compressible with density changes due to volatile exsolution and melt crystallization
[Huppert and Woods, 2002].
(2) Magma is a viscous Newtonian fluid [Melnik and Sparks, 2002].
(3) No crystal nucleation occurs in the conduit and the crystallization rate is constant [Barmin et al.,
2002].
(4) The conduit, chambers and dike system are equivalent to vertical cylindrical pipes each with a
constant diameter with depth.
(5) The conduit, chambers and dike are embedded within a elastically inhomogeneous medium.
(6) The flow is isothermal as the long‐lived eruptions result in pre‐heated conduit walls [Melnik,
2000; Wilson et al., 1980]. Shear heating and viscous dissipation, which may be substantial in
volcanic explosions [Mastin, 2005], are not considered here.
(7) The mass transfer between the melt and growing bubbles evolves in equilibrium as we model
the slow, extrusive eruptions [Melnik and Sparks, 2002]. Thus we neglect fast microlite
crystallization [Sparks, 1997] or sudden pressure drops [Voight et al., 2006]. Our model excludes
the interaction of concentrated bubbles.
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(8) Eruptions are triggered by replenishment and pressurization of the upper chamber sufficient to
expel the crystallized magma from the conduit [Barmin et al., 2002; Blake, 1981; Foroozan et al.,
2011]. We do not consider the over‐pressurization of the chamber due to cooling, or
crystallization [Blake, 1984; Huppert and Woods, 2002; Woods and Huppert, 2003]. In other
words, we assume that the magma influx into each chamber has the same temperature and
volatile content as the magma inside the chamber. Since the erupted andesite has remained
similar in petrological characteristics during the eruption [Devine et al., 1998; Murphy et al.,
2000; Barclay et al.,2010] this assumption is reasonable. However there is evidence for the
intrusion of hydrous mafic magma into the lower chamber [Couch et al., 2001; Murphy et al.,
1998] but the characteristics for these intrusions are very poorly constrained.
(9) The fragmentation of the magma, e.g. due to a critical volume fraction of bubbles [Barmin and
Melnik, 1993] or critical bubble overpressure [Melnik and Sparks, 2002], is not considered here.
Rather we concentrate on the dominant extrusive behavior of highly viscous and magmatic
system at SHV.
(10) We assume that the relative velocities between melt, crystals and gas in the magma are small in
comparison to the ascent velocity of the mixture.
(11) The variation of the dome height is not considered. This height can affect the system as the
dome exerts a back pressure on the conduit. With the growth of the dome, assuming a constant
magma density, the pressure required to drive magma effusion increases.
Accommodating these assumptions we develop the system of equations for 1‐D transient flow within
two conduits linking two capacitive chambers to the ground surface, supplied from below by constant
influx of magma. The net flux the system is
u=−

κ
(∇ p + ρ g )
µ

(4.1)

where, u is the Darcy velocity; κ is the plumbing system permeability and for the case of a circular cross
section with a diameter of

δ is δ 2 / 32 ; µ is the dynamic viscosity of the magmatic fluid;

p is the

magma pressure, ρ is its density; and g = 10 m / s2 is the gravitational acceleration. This momentum
equation accommodates the gravitational forces and the viscous resistance of the conduit but neglects
inertial terms.
Conservation of mass is enforced for a volume V subject to a mass change rate of Qm , as
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Figure 4.1 – Geometry of the base model. The influx top the system is constrained based on Foroozan
et al. (2011). The sensitivity of the results to the geometrical assumptions will be discussed in 4.3.2.
The dike system is equalized to a conduit for simplicity.
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∂( ρV )
+ ∇.( ρu ) = Qm
∂t

(4.2)

Combining the continuity and momentum equations yields
⎡κ
⎤
∂ ( ρV )
+ ∇.ρ ⎢ (∇ p + ρ g ) ⎥ = Qm
∂t
µ
⎣
⎦

(4.3)

Defining Br = V (∂p / ∂V ) as the effective bulk modulus of the surrounding wall rock [Blake, 1984], and
B f = ρ ( ∂ p / ∂ ρ ) as the effective bulk modulus of the magma [Huppert and Woods, 2002; Tait et al.,

1989], the effective storage is S = V × C , where C = 1 / B r + 1 / B f is the compressibility factor. In the
case of volatile‐rich shallow magmas, the contribution of the magma compressibility to effective storage
is much larger than that of the surrounding rock [Huppert and Woods, 2002]. Thus there will be a
sudden increase in the effective compressibility, S , at pressures less than the critical volatile exsolution
pressure. At this pressure, a small decrease in pressure leads to expansion of the magma mainly by
exsolution of the volatiles which can compensate the pressure drop. This process in a pressure‐waning
system tends to increase the volume of material which is to be erupted by one or two orders of
magnitude, and consequently increases the duration of the eruption [Woods and Huppert, 2003].
For a cylindrical chamber with a radius of R pressurized to ∆p in a rock with shear modulus of Gr the
deformation of the rock wall will be ∆R = ∆pR / (2Gr ) . Thus the effective bulk modulus for a cylindrical
reservoir or conduit is

Br =

V
π R2
∆p =
∆ p = Gr
2π R ( ∆R )
∆V

(4.4)

We retrieve the shear modulus of the rock host from an island‐wide‐averaged 1‐D profile of velocity
structure from the SEA‐CALIPSO experiment and fit an exponential association function [Foroozan et al.,
2010a; Shalev et al., 2010] as
(4.5)

G r ( G P a ) = 5 .2 9 − 4 .4 4 e − 1 0 5 z

where z is the depth below sea‐level in meters. The shear modulus so calculated is decreased by a factor
of 10 to account for possible large‐strain effects [Bonaccorso et al., 2005] and modulus "softening"
related to thermal effects under SHV that are unrepresented in the extrapolated 1‐D seismic velocity
data.
Expanding the time derivative term in the continuity equation results in
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∂ ( ρV )
∂ρ
∂V
∂ρ ∂ p
∂V ∂ p
∂p
=V
+ρ
=V
+ρ
= ρS
∂t
∂t
∂t
∂p ∂ t
∂p ∂t
∂t

(4.6)

Thus the generalized Darcy law for slightly compressible flow can be written as

ρS

⎡κ
⎤
∂p
+ ∇.ρ ⎢ (∇p + ρ g )⎥ = Qm
∂t
⎣µ
⎦

(4.7)

The pressure in the magma column is governed by the weight of the overlaying magma and the pressure
due to the influx of magma into the lower chamber.
The volatile content of silicate magmas depends strongly on pressure. Also due to crystallization,
volatiles are forced out of the melt. Assuming that the exsolution of gas occurs at thermodynamic
equilibrium, the mass fraction of volatiles dissolved in the melt, ns , is given by Henry’s law ns = s p
where for the case of the dominant volatile species, water, s = 4.11 × 10 −6 N −1/ 2 [Burnham, 1975;
Sparks, 1978]. The other major volatiles present in the magma are CO2 and SO2 but cannot cause
significant overpressures since it is much less soluble and is largely exsolved Edmonds, 2008; Tait et al.,
1989]. If the total mass fraction of the volatiles is N , the exsolved mass fraction of volatiles will be

ne = N − ns (1 − x) ≥ 0 , where xis the weight fraction of the crystalline phases in the magma [Huppert et
al., 1982]. We assume that the mass fraction of water in the magma ( N ) is 5% [Barclay et al., 1998;
Murphy et al., 2000].
Nucleation and growth of bubbles due to ascent‐driven decompression result in major changes in the
density of the magma. Magma buoyancy in turn causes the magma to accelerate either by increasing
buoyancy or by increasing magma chamber overpressure through exsolution and concomitant
expansion. Magma density, ρ , is defined in terms of the gas density, ρ g , the crystal density,
kg/m3 [Costa et al., 2007; Melnik and R Sparks, 1999], and the melt density,

ρc = 2700

ρm = 2300 kg/m3 [Costa et

al., 2007; Melnik and R Sparks, 1999], with the following equation of state [Huppert and Woods, 2002]:

⎡n
⎛ x 1 − x ⎞⎤
ρ = ⎢ e + (1 − ne ) ⎜ +
⎟⎥
⎝ ρc ρm ⎠⎦
⎣ ρg

−1

(4.8)

The gas density follows the ideal gas law ( ρ g = p / RT , R = 461 J kg −1 K −1 ) because at the temperatures
( T ) and pressures under consideration the deviation from this law is less than a few percent [Huppert et
al., 1982]. The volume concentration of the crystals in magma ( β ) is

β =

ρ
x
ρc

(4.9)
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Solving for ρ we obtain:

⎡
⎛ρ
⎞ ⎤
ρ = ⎢1 + (1 − ne ) ⎜ c − 1⎟ β ⎥
⎝ ρm ⎠ ⎦
⎣

⎡ ne ⎛ 1 − ne ⎞ ⎤
⎢ +⎜
⎟⎥
⎣ ρ g ⎝ ρm ⎠⎦

(4.10)

As defined before, effective bulk modulus of the magma B f is:
(4.11)

B f = ρ (∂p / ∂ρ )

The gas volume fraction of the magma ( α ) [Jaupart and Allegre, 1991] and the dense rock equivalent
(DRE) velocity along the conduit ( vDRE ) will be:

⎡ ρ
α = ⎢1 + g
⎣ ne

⎛ x 1 − x ⎞⎤
⎜ +
⎟⎥
⎝ ρc ρ m ⎠ ⎦

−1

(4.12)

vDRE = u / α

(4.13)

The viscosity of magma is a strong function of its crystal and volatile contents. The effect of bubbles on
viscosity is not considered here as the maximum change in viscosity due to bubble volume fraction is
approximately 75% [Lejeune et al., 1999] and for highly‐viscous dome building eruptions this value is
much lower [Pal, 2003]. Conversely, changes in melt viscosity driven by crystallization or by dehydration
can transit three or four orders of magnitude, respectively [Costa, 2005; Hess and Dingwell, 1996]. After
Melnik and Sparks [2002], we model the magma viscosity as a product of melt viscosity

µmelt (w, T ) [Hess and Dingwell, 1996] and the relative viscosity due to crystal content θ ( β ) [Melnik and
Sparks, 2002]. The magma viscosity is dependent on dissolved water content ( ns ), crystal content ( β ),
and Temperature ( T ), which is constant at 1123 K [Rutherford and Devine, 2003].
log( µ melt ) = −3.545 + log(100ns ) +

9601 − 2368 log(100 ns )
−195.7 + T − 32.25 log(100 ns )

lo g (θ ( β ) / θ 0 ) = a rc ta n ( ε ( β − β * )) + π / 2

θ 0 = 1 .4 , ε = 8 .6 , β

*

(4.14)

(4.15)

= 0 .6 9

µ = µmelt (ns ) × θ (β ) ≤ µsolid

(4.16)

The "solidification viscosity" is chosen as µ so lid = 1 0 1 4 ( P a . s ) [Sparks et al., 2000]. Experiments on highly
crystallized magmas show that as the crystal content passes a crystal packing threshold (about 0.6 in
case of SHV [Melnik and Sparks, 1999]), the viscosity increases sharply [Lejeune and Richet, 1995]. Based
on equation (4.16), as a result of crystallization of the melt from the initial crystal content of 0.6 to 0.7
and 0.8 the viscosity increases by one and two orders of magnitude, respectively.
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Crystallization is time‐dependant and the degree of crystallization experienced depends on its kinetics.
Furthermore, there is good correlation between the degree of crystallization and the magma extrusion
rate [Watts et al., 2002]. The range of crystal contents vary between 85 to 95% in low extrusion rate
periods [Hale and Muhlhaus, 2007] to 70% in high discharge rate periods [Murphy et al., 2000]. Thus
two distinct flow regimes can develop in the conduit based on crystallization residence times during
eruptive episodes when degassing controls viscosity and repose episodes when crystallization becomes
dominant [Melnik and Sparks, 1999]. To incorporate the crystallization kinetics, we have assumed a
linear crystal growth rate after [Barmin et al., 2002] and [Melnik and Sparks, 1999].
∂β
∂t

+u

∂β
∂z

= (36π n )1/3 β 2/3 χ ( β max − β )

Here χ is the linear crystal growth rate, and

(4.17)

βmax is the volume concentration of crystals at which

crystallization is considered complete ‐ an upper limit of 95% is assumed for βmax [Hale and Muhlhaus,
2007]. We neglect crystal nucleation and microlite crystallization and only consider the growth of
phenocrysts during ascent. Since the transition from growth‐dominated crystallization to nucleation‐
dominated crystallization occurs at in very low pressures of about 7 MPa and lower [Clarke et al., 2007],
this assumption is valid here. The crystallization equation is only applied to the conduit while, similar to
the other conduit flow models (e.g., Melnik and Sparks [2005]), the crystal content of the other
segments of the magma column (chambers and inter‐chamber dike) is assumed to be constant. With the
number‐density of crystals per unit volume defined as n, conservation of crystals requires:

∂n
+ ∇.( nu ) = 0
∂t

(4.18)

We simultaneously solve the mass and momentum conservation equation (4.7) with crystallization
kinetics equations (4.17) and (4.18) when the density and viscosity variation of the compressible flow is
defined by Equations (4.10) and (4.16).

4.2.3. Boundary and Initial Conditions
As the extrusion rate is slow, we assume that the pressure at the top of the conduit is equal to the
pressure exerted by a typical dome of about 200 m height (4 MPa) [Wadge et al., 2010]. Thus we neglect
the influence of variations of the height of the lava dome. The influx to the lower chamber is fixed at 1.2
m3/s [Foroozan et al., 2011]. The initial pressure distribution in the magma column is due to the static
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weight of the magma column with a density of 2500 kg/m3. The results are not sensitive to this
assumption since we will solve for the coupled density and pressure distribution in the first iterations.
The crystallinity of the chamber is believed to be between 50 to 65% [Sparks et al., 2000]. We assume a
crystal content of 60% for the upper chamber [Melnik and Sparks, 1999; Melnik and Sparks, 2002, 2005].
The initial crystal content in the conduit is assumed to vary linearly from 60% at the entrance to 65% at
the exit. This initial profile is not important as the system will soon deviate from it into a cyclic steady
state which is not dependant on the initial conditions. The crystallinities of the deeper segments of the
plumbing system are very poorly constrained. We assume 20% crystal content for the lower chamber
and a linear variation between 20 to 60% for the dike connected to the shallow chamber. The
crystallization kinetics is a function of crystallization rate

ϕ = n1/3 χ (equation 4.17), which is assumed

to be 2×10‐7m‐2s‐1 (similar order of magnitude to Barmin et al. [2002]) but we will later discuss the
sensitivity of the results to this assumption.
We have already shown that the eruption phase ceases when the upper chamber has lost a net volume
of 16‐22 Mm3 (DRE) of its material [Foroozan et. al., 2011]. If we take the rock mass shear modulus at
depths of the upper chamber (5 to 6 km) as 2.7 to 2.9 GPa [Foroozan et al., 2010a], considering an
average volume loss of ∆V = 19 Mm 3 and rock‐mass tensile strength of ∆ P = 10 − 15 MPa , the volume
of the upper chamber may be estimated as ~ 2 km3 (Assuming a sphere chamber, V = 4∆VGr / 3∆P )
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Parameter

Value
3

Upper chamber volume (km )

2 (4, 6)

Lower chamber volume (km3)

12 (10, 18, 25)

Equivalent diameter of upper chamber conduit (m)

30 (25, 35, 40)

Equivalent diameter of lower to upper chamber conduit (dike) (m)

60 (30, 90)

‐7

‐2 ‐1

Crystallization rate ( ϕ = n 1 / 3 χ 0 ) (10 m s )

4 (1, 2, 7, 10, 12, 15)

Table 4.1 – Model free parameters; the values used in sensitivity analyses are in parenthesis.
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4.3.

FEM Simulation

Flow and transport of magma within the geometric model of Figure 4.1 is solved using the finite element
method (COMSOL Multiphysics, www.comsol.com). This model solves the coupled equations of section
4.2.2 with the appropriate boundary conditions noted above. The flow geometry comprises stacked
capacitive chambers separated by linear conduits. The vertical array is represented by two‐noded line
elements each 50 m long. Table 4.1 summarizes the set of parameters used in the modeling.
As the first step in the analysis we run a stationary stage with stagnant fluids and where crystallization is
not considered – this allows the equilibrium magma density and pressure distribution to be defined with
depth as a starting point. The variation of density and pressure is non‐linear near the surface due to
degassing‐induced buoyancy of the magma and the non‐linear variation in magma density. This sets the
initial conditions for the model, with all constitutive equations being consistent with the initial pressure
distribution. Following this, a transient stage is initiated to include the coupled solution of the field
equations (4.7, 4.17 and 4.18) for 15 years using the generalized alpha method [Chung and Hulbert,
1993]. As the problem is highly non‐linear, time step resolution is critical. Due to memory constraints we
could not run the simulations with a time step less than 6 hours. This issue will be discussed accordingly.
The analyses are computationally intensive as each run takes about 6 hours on 3.2 GHz dual core
computer. We explore the behavior of SHV with a base model conforming to the initially‐interpreted
geometry of dual stacked reservoirs together with presumed crystallization parameters. We explore the
sensitivity of such a model to changes in parameters in the following.

4.3.1. Simulation Results
We choose a reference point 500 m below the surface in the upper conduit as an indicator of system
response because the pressure at this point is not fixed as it is at the conduit top. Since we do not
consider fragmentation of magma and gas escape along the conduit, this point also represents the out‐
fluxed magma better than the top of the conduit where the modeled bubble volume fraction is
unrealistically high. The evolution of different parameters at this reference point is shown in Figure 4.2.
Initially, the pressure along the magma column is solely due to the weight of magma (magma‐stat).
Crystallization and depressurization induced gas dissolution increases the melt viscosity ( µmelt ) and
crystallization also increases the relative viscosity ( θ ( β ) ) by up to three orders of magnitude. After this
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initial transition, constant influx of magma into the lower chamber begins its pressurization. To further
investigate the transition of the behavior from repose (A, B, and C) to eruption (D, and E) and back to
repose (F) (see Figure 4.2), the variation of different parameters along the length of the conduit and the
upper chamber are shown in Figure 4.3. The deviatoric pressure ( PD ) and the excess pressure ( PE ) in
this figure are defined as the difference between the pressure in the magma column and the ambient
litho‐stat and magma‐stat pressures, respectively as
z

PD = p − ∫ ρrock g dz

(4.19)

0

z

PE = p − ∫ ρ g dz

(4.20)

0

PD is a measure of wall‐rock instability as the magma pressure cannot be much larger than the litho‐stat
pressure due to finite tensile strength of the wallrock. PE is the over‐pressure due to influx of magma
into the compressible chambers. The rock density ( ρrock ) is retrieved from the averaged 1‐D seismic
profile beneath the volcano [Shalev et al., 2010] fit with an exponential association function to a
standard deviation of 0.98 as

ρ rock (kg / m3 ) = 533 × (5.21 − e−292 z )

(4.21)

The depressurized conduit initially crystallizes and the viscosity along its length reaches a maximum
value (A – Figure 4.3). Magma density increases from the initial value, approaching the density of pure
crystals ( ρ c = 2700 kg / m 3 ). The magma within the conduit and chamber is oversaturated due to the
under‐pressure. The deviatoric pressure is well below the rock‐mass compressive strength and the
excess pressure increases along the length of the conduit to shallow depths (<1 km) where it is
dissipated within the crystallized plug.
During crystallization within the conduit, pressure builds in the capped system as it is refilled from below
(B – Figure 4.3). The chamber over‐pressure begins to push out the crystallized magma but the conduit
remains packed with dense, crystal‐rich magma. At this point, the bubble volume fraction ( α ) is at its
minimum value along the length of the conduit as water dissolves from bubbles into the pressurized
melt column which in turn results to a high magma density especially in the shallow conduit where gas
exsolution is dominant. Most of the chamber volume becomes under‐saturated due to the pressure
build‐up which results in a lower compressibility and storage capacity. The lowered compressibility
accelerates the pressure build up due to the constant influx. The pressure in the conduit exceeds the
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ambient lithostatic pressure by up to 20 MPa. This deviatoric stress may be responsible for the
numerous seismic events detected at depths shallower than the upper chamber (<4km) [Aspinall et al.,
1998; Miller et al., 1998; Miller et al., 2010].
The eruption phase initiates when the excess pressure in the magma chamber reaches a threshold value
at 25 MPa (C – Figure 4.3). This pressure is sufficient to expel the viscous magma column in the conduit.
Before this point, the volume fraction of bubbles increases because of decreasing crystal content in the
magma. This coupled process can facilitate eruption as the density of the mixture decreases during
water exsolution. During the pressure build up in the magma chamber and conduit, the region of
maximum deviatoric pressure ascends to shallower depths. The migration of seismic hypocenters
immediately preceding eruption has been interpreted as the propagation of a dike or the ascent of
vanguard magma towards the surface [Klein et al., 1987; Roman and Cashman, 2006; Ukawa and
Tsukahara, 1996], although this may be due to the evolution of rheological properties of the magma
column as a result of pressurization.
The crystal content of the erupted material during the peak discharge rate (D – Figure 4.3) is very similar
to that in the upper chamber ‐ the short residence time of magma in the conduit (~ 2 days) restricts
further crystallization. The viscosity can be up to three orders of magnitude lower during the peak efflux
period than when the conduit is effectively plugged by the highly viscous magma (A – Figure 4.3). At high
discharge rate, with low crystal concentration and high melt fraction, the total mass fraction of the
volatiles and the bubble volume fraction in the over‐saturated magma increases. As a result, the magma
is lighter and more porous during periods of high efflux.
When the chamber pressure drops to its initial value (~122 MPa) the crystal content and viscosity of
magma in the conduit remains low for some time (E – Figure 4.3). The effusive eruption continues for a
short period at low efflux rates as the highly compressible magma particularly in the chamber continues
to decompress. Later on, the bubble volume fraction in the conduit and chamber reaches a maximum
due to magma under‐pressurization and over‐saturation. Thus, the increase in magma compressibility
within the chamber extends the duration of the eruption [Woods and Huppert, 2003]. The pressure in
the magma chamber can be less than the ambient lithostat, although the pressure difference is small
(less than 5 MPa, comparable to the tensional strength of the rock) but may result in limited instability
of the chamber walls.
With the predefined crystal content profile in the deep magma column, the viscosity of magma in the
lower chamber is constant at 0.1 MPa.s and increases up to 0.5 MPa.s in the dike. Since the magma
viscosity in the upper conduit is many orders of magnitude higher than in the deeper segments, the
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pressure drop occurs predominantly within the upper conduit. As a result the variation in pressure of
the lower chamber follows the pressure variation in the upper chamber very closely. As the pressure in
top of the upper chamber changes between 121 MPa and 146 MPa in each cycle, the top of the lower
chamber cycles between 436 MPa and 461 MPa.
Figure 4.2 also includes the cumulative efflux of the system. During three episodes of eruption and
repose (starting from year 3.25) 483 Mm3 (DRE) magma erupts from the magma chamber with each
eruptive phase contributing one third of the total volume. The episodes have a period of 44 months. If
we define the eruptive and repose phases by subsidence and uplift of the ground and subsequently,
replenishment and refill of the magma chambers [Mattioli et al., 2010], each eruptive phase lasts for 8
months.

4.3.2. Sensitivity Analyses
Here we investigate the influence of different controlling parameters on the dynamics of flow in the
magma column. This is examined by varying a sequence of five parameters, with all other conditions
remaining the same as in the reference model introduced in the previous section. The variable range of
each of these parameters in each case is noted in Table 4.1. Through this, the respective roles of (1)
lower chamber size, (2) upper chamber size, (3) conduit diameter, (4) equivalent diameter of the dike,
and (5) crystallization rate are separately explored. The resulting changes in surface efflux and pressure
at the top of the upper chamber are depicted in Figure 4.4. The phase‐space plots of efflux‐rate versus
pressure show that the time step at incipient eruption is too large to capture the peak efflux rate and
pressure. The results in this case are more importantly invalid because the model does not include
fragmentation of magma and explosive activity which is likely during high (>10 m3/s) efflux rates
[Jaupart and Allegre, 1991; Woods and Koyaguchi, 1994; Clarke et al., 2002] and with large bubble
fractions (> 75%) [Sparks, 1978; Wilson et al., 1980].
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Figure 4.2 ‐ Cycles of eruption and repose for the base model. Pressure (P), crystal content (β), bubble
volume fraction (α) (all on the left axis), melt (µmelt), relative (θ(β)) and magma viscosity (µ), efflux (Q),
cumulative efflux (∫Qdt) (all on the right log axis) are plotted for a point 500 m below the top of the
conduit as the reference point. Also, the variation in compressibility factor (C) of the magma
measured at the center of the upper chamber (at ‐5500m) is shown on the log scale.
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Figure 4.3 – Profile of parameters along the conduit and the upper chamber for six snapshots in time
(A through F) as marked in Figure 4.2.
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The volumes of the upper and lower chambers do not significantly affect the minimum and maximum
pressures of the chambers at the initiation and termination of the eruptive phase. Conversely, the
duration of the eruptions is a strong function of the storage capacity of the upper and lower chambers.
For an upper chamber with a volume of 2 km3, the period of eruption cycle is 44 months with the
eruption lasting for 8 months. Conversely, for a 6 km3 upper chamber, the eruptive phase repeats with a
period of 71 months with effusion lasting for 12 months. In the case of a voluminous lower chamber of
25 km3, the period increases from 44 (reference model) to 68 months with the eruptive phase lasting for
12 months.
The storage capacity of the dike remains small in comparison to that of the lower and upper chambers.
Thus, the dike size does not affect the periodicity of eruptions. As mentioned earlier, the viscosity of
magma in the dike is much lower than that in the conduit; therefore dike width does not significantly
affect the conduit controlled efflux rate or eruption pressure in the chambers. An increase in conduit
diameter results in more intense but short‐lived eruptions. As expected, the eruptions can initiate at a
lower chamber pressure when the conduit is wider but the pressure drop in the chambers is
independent of the conduit size. The return‐period of eruptions is independent of conduit diameter but
the duration of the eruption decreases from 12 months to 5 months as the conduit diameter is
increased from 25 m to 40 m.
With faster crystallization kinetics the overpressure in the magma chamber required to trigger eruption
also increases. In this case, the required residence time in the conduit for crystallization decreases and a
higher efflux rate and consequently higher over‐pressure is required to expel the crystallizing magma.
Slower crystallization rates result in longer periods between eruptions and their durations. The return‐
period and duration of effusion increase to 62 and 17 months, respectively, for a decreased
crystallization rate of φ = 2×10‐7m‐2s‐1. If the crystallization rate is slower than a lower bound, in this case
2×10‐7m‐2s‐1, the conduit does not crystallize and the solution of flow equations reaches an equilibrium
state with an efflux equal to the system influx (1.2 m3/s). In this case, the crystal content of the
discharged material is very close to that of the upper chamber. Conversely, if the crystallization rate is
faster than an upper threshold, in this case 15×10‐7m‐2s‐1, the solution reaches an alternate steady state
where the magma in the conduit has crystallized. In this equilibrium state, the pressure in the upper
magma chamber is high and peaks at 163 MPa.
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Figure 4.4 – Dependence of the efflux rate and the pressure at the top of the upper chamber on input
parameters
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4.4.

Discussion

Depending on crystallization kinetics, magma rheology and the system geometry three flow regimes
may develop: (1) high flow rate and limited crystallization, (2) low flow rate of highly crystallized magma,
and (3) fluctuating flow between the two stable regimes. The first two cases will stabilize at the same
efflux value but with different chamber pressures. In the third case, the viscosity of the magma along
the conduit cycles between a degassing dominant viscosity profile and a crystallization dominant one
during the high and low efflux periods.
The discharge rate is highly correlated to crystal content of the extruded magma. During the peak
discharge rate, the crystal content is close to that of the chamber (about 65%) while during the repose
period, the limited extrusions are highly crystallized ( β = 95% ). This correlation is very similar to field
observations (70% and 85‐95%) [Cashman and Blundy, 2000; Hale and Muhlhaus, 2007; Nakada et al.,
1999]. On the other hand, the correlation between the porosity and discharge rate is not as strong. This
is because crystallization enhanced exsolution and pressure solution of volatiles affect porosity
simultaneously but in opposite directions. Since the exsolved volatile content is a strong function of
pressure, the porosity of erupted material is much higher during the eruption period.
Magma discharge continues after dissipation of magma chamber overpressure for a while due to high
compressibility of the under‐saturated magma in the chamber. Compressibility leads eruption of a larger
mass to relieve an overpressure and consequently the duration of eruption also increases.
We illustrated sensitivity of the results to different parameters by varying one at a time on plots of efflux
and upper chamber pressure. The main variables controlling the efflux rate are the conduit diameter
and crystallization rate. The storage capacity of the chambers does not considerably affect the efflux
rates. On the other hand, the period of eruptions depend mainly on the chamber sizes and to a less
extent to crystallization kinetics. In contrast to Barmin et al. [2002] the period of eruptions does not
seem to be affected by conduit diameter. Soufrière Hills Volcano has exhibited three fairly regular
eruption and repose episodes from 1995 until 2008 lasting for 49, 69 and 37 months each. This
observation can be used to constrain the sizes of the magma chambers in the volcanic system. In section
4.2.3 we showed that the size of the upper chamber should be ~ 2 km3. The pressure build up in the
chamber cannot be more than twice of the rock mass uniaxial strength and the pressure variations of
our flow dynamics models confirm the initial assumption for rock mass strength of 10 – 15 MPa.
Additionally, we have previously shown that the lower chamber of SHV apparently inflates or deflates
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during the repose and eruptive phases in volumes an order of magnitude larger than those inferred for
the upper one [Elsworth et al., 2008; Foroozan et al. , 2011]. As the changes in pressure of the two
chambers is similar due to small resistance of the dike to flow of magma, the volume of the lower
chamber must also be an order of magnitude larger than the upper one. The lower chamber volumes
more than 20 km3, result to eruption periods more than the observed range. Overall, we can confine the
volumes of the upper and lower chambers to 2 – 4 km3 and 10 – 20 km3, respectively.
The dynamics of flow is insensitive to variation of the dike width as the lower and upper chambers seem
to be connected without much resistance through an incompressible magma dike, being pressurized and
depressurized with similar rates. A wide dike connecting the two chambers, in limit, will be equivalent to
an elongated magma chamber extending from deep to shallow crust as Voight et al. [2010] suggested
for SHV.
The chamber pressure drop of ~25 MPa after eruption is consistent in all of the models tested and is
solely a function of viscosity variation with crystal content and water exsolution. Since the tangential
tensile stress around a pressurized sphere is half of its internal pressure, this pressure drop is acceptable
in a rock mass with a tensile strength of at least 12.5 MPa which is expected for the chamber wallrock.
This can serve as a confirmation of the suggested viscosity‐crystal content relation of Melnik and Sparks
[2002] for SHV where they evaluated the viscosity based on observations of magma discharge rate
versus dome height. The pressure and density of magma in the conduit change during the course of
eruption. The pressure change can be 20 to 60% with the lower bound related to chamber and the
upper bound related to ‐500 m elevation. The petrological studies must consider this source of
uncertainty in evaluation of the processes and their relevant depth. For example study of hornblende
phenocrysts and quartz of SHV magma has shown long residence times at the pressure 130±25 MPa
[Devine et al., 1998]. This is compared to the result of base model as the pressure at top and bottom of
the upper chamber are 133±12 MPa and 159±12 MPa, respectively (i.e, 146±25 MPa for the upper
chamber). We conclude that considering the variations of pressure in the magma chamber due to cyclic
discharge and recharge of the material and a variable magmastatic pressure results in a shallower
estimation of depth (4.5 – 5.5 km) than the depth inferred from the lithostatic pressure (5 ‐ 6 km).
Although the ambient lithostatic pressure is not considered in the formulation of the model, the over‐
pressure and under‐pressure developed in the course of eruption and refill of the volcano plumbing
system cannot significantly be different from the ambient pressure and the differences must be
bounded within the tensile strength of the wall‐rock. The maximum and minimum pressure bounds in
the chamber before and after eruption are mainly functions of the conduit size and crystallization
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kinetics. For a 30 m wide conduit, we can constrain a feasible range for crystallization rate. Since the
lithostatic pressure at the top of chamber is ~ 125 MPa, the minimum and maximum chamber pressures
cannot be less than ~ 120 MPa and more than ~ 150 MPa. Thus the crystallization rate φ will be between
4×10‐7m‐2s‐1 and 10×10‐7m‐2s‐1. With a narrower conduit diameter the crystallization rate will be smaller.
Since neither of the magma chambers is initially over‐pressured, the average efflux of the system over
time is equal to the constant influx to the system ( Qin = 1.2 m 3 / s ). This is in contrast with the geodesy
inversion result showing that about half of 1 km3 of the material has been depleted from the lower
chamber and the other half originates from the influx to the system from deeper sources [Elsworth et
al., 2008; Foroozan et al., 2011]. Thus our flow dynamics model fails to replicate the surface efflux and
GPS measurements which show an overall ground subsidence together with oscillatory
uplift/subsidence cycles. An initially over‐pressurized lower chamber depleting over time resolves this
controversy. We propose that the dike system, which channels the magma flow between the lower and
upper chambers with very little resistance, has not been open prior to the recent eruptions of SHV. The
influx of the melt to this closed system builds up an over‐pressure which opens the dike system to the
upper chamber which initiates the recent cyclic eruptions after 1995.
The excess pressure in the conduit dissipates near the surface (depth < 1000 m) due to sharp rheological
stiffening as a result of gas exsolution. This exerts large shear stresses to the conduit wall and the
surrounding rock mass and explains the shallow pressure source identified by radial displacements and
tiltmeter measurements [Green et al., 2006; Shepherd et al., 1998; Voight et al., 1999; Widiwijayanti et
al., 2005]. As the overpressure builds up, the locus of maximum deviatoric pressure migrates upwards.
This can be the source of seismic tremors detected before eruption initiation. Other conduit models
have shown similar results (e.g. [Melnik and Sparks, 1999]).
We could simulate the periodic pattern of extrusions of SHV by our simplified model. However, this
model cannot be unique as it includes multiple simplifications. Gas escape, rheological effects of
bubbles, development of shear strength in crystallizing magma, strain rate dependence of rheological
parameters, shear heating, variations of conduit cross section, and crystallization of conduit walls are
among these factors. We also considered water as the only volatile, but other gases especially CO2 may
be an important factor especially in the dike. These factors are very poorly constrained in the volcanic
systems in general and inclusion of these factors in the model is unlikely to add a significant insight to
the problem. Furthermore, the crystallization, viscosity and volatile content parameters are poorly
constrained and small changes in these parameters, especially the volatile content, can result in large
changes of behavior [Melnik and Sparks, 2005].
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Because the gas escape through the country rock or permeable magma are not included in this model,
the volume fraction of bubbles reaches very high values at the top of the conduit (>95%). This is
physically impossible because explosive fragmentation is expected well before such porosity can
develop. Also the dominant behavior in SHV is extrusive and not explosive. Melnik and Sparks [2002]
showed that inclusion of a small permeability decreases the porosity to values observed for dome
material (<50%) [Robertson et al., 2000]. They also showed that magma discharge rate depend very
weakly on permeability. As a result, disregarding gas escape in modeling the discharge rate history of
the volcano is appropriate.
An important addition to the model is to consider different temperatures and volatile contents for the
input of the upper chamber and its resident magma. Thermal effects, add source terms to equation 4.1
[Woods and Huppert, 2003], but more importantly the change in the volatile fraction of the chamber can
make abrupt changes to its compressibility and consequently the eruption rate and duration. This
further complicates the problem as depending on the temperature, crystal content and volatile content
of the residual and intruded magma, multiple scenarios may develop in which the chamber pressure
may increase or decrease [Woods and Huppert, 2003]. Thus constraints on the characteristics of the
intrusions are a pre‐necessity for this expansion to our model.
With the inferred chamber depth, pressure, volatile and crystal content, the upper chamber cycles
between conditions of over‐ and under‐saturation during periods of eruption and repose, respectively.
The compressibility of over‐saturated magma in chamber is about three times more than the under‐
saturated case. Abrupt changes in compressibility of magma exert repetitive cycles of expansion and
contraction to the wall‐rock and may cause the formation and consequent expansion of the chamber. To
fortify this theory, similar studies may be performed on similar arc volcanoes to compare the over‐
saturation depth with the chamber depth.

4.5.

Summary and Conclusion

Here we developed a transient flow dynamics model which accounts for crystallization and rheological
transition during magma ascent in the conduit. The model expands the transient model of [Barmin et al.,
2002] which captures the principle factors controlling the discharge rate and periodicity to include gas
exsolution and density variation in a compressible flow. Our model also includes a compressible magma
chamber which saturates during the eruption due to underpressure. The sudden increase in the
compressibility of the chamber after gas exsolution leads to expansion of the magma and increase of
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eruption duration [Huppert and Woods, 2002]. The feedback of magma chamber replenishment, volatile
exsolution and crystallization results into abrupt transitions from repose phase when crystallization has
lead to high viscosity, to eruptive phase when crystallization is insignificant due to a short residence time
in the conduit. Considerable information on SHV magmatic system helps us constrain many of the
parameters of the model including chamber depths, magma water and crystal content in the upper
chamber. Significantly, previous studies have constrained the magma input rate to the system which is a
crucial factor as delicate balance between input and output is a prime control on periodic behaviour.
In addition to viscous dissipation of magma chamber overpressure, our model recognizes two factors
contributing to eruption during depressurization and saturation of magma in the chamber and conduit,
namely compressibility increase of the magma mainly in chamber and bubble exsolution and density
decrease mainly in conduit. The eruption efflux rate is controlled by the conduit diameter and
crystallization rate but the period of eruption depends mainly on the chamber volume sizes. This result
was used to constrain the magma chamber sizes to 2‐4 km3 and 10‐20 km3. The pressure range of the
chamber was shown to be controlled predominantly by crystallization kinetics. Considering the rock‐
mass ambient pressure and strength, we could also constrain the magma crystallization rate in the
conduit.
The lava extrusion time history and surface deformation cannot be explained with this fluid dynamics
model with initial equilibrium. The net depletion of the lower chamber requires a pre‐pressurized
chamber to explain the overall ground subsidence. We also propose a mechanism for magma chamber
formation based on the observed incidence that the upper chamber of Soufrière Hills Volcano is located
at a depth where the oscillations in pressure precipitously changes the compressibility of under‐ and
over‐saturated magma in successive cycles. This can be a topic for further investigation in case of other
volcanoes.
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CHAPTER V
The Role of Permeability Evolution in Fault Zones on the Structural and Hydro‐
Mechanical Characteristics of Shortening Basins

Abstract
We examine the role of basin shortening on the development of hydro‐mechanical compartments in
passive margin basins. A coupled flow deformation model is used to follow the evolution of an idealized
prismatic basin during lateral shortening. This includes the deformation‐induced generation (lateral
compaction) and dissipation (hydraulic fracturing) of pore fluid pressures and the resulting natural
evolution of underlying décollement and fault structures. This model is used to examine the influence of
strata stiffnesses, strain softening, permeability‐strain dependence, permeability contrast between
layers, and deformation rate on the resulting basin structure and fluid charge. A décollement forms
within the system at the permeability contrast boundary by hydrofracturing. By further deformation,
thrust faulting develops from the décollement. Where the evolution of permeability with shear strain is
artificially suppressed, pervasive shear develops throughout the basin depth as fluid pressures are
stabilized everywhere to the lithostat. Correspondingly, permeability evolution with shear is an
important, likely crucial, feedback in promoting localization. Elevated pore pressures approaching the
lithostat are localized at the hanging wall boundary of the faults. Faults extend to bound blocks that
vertically offset in to yield graben‐like structural highs and lows and evolve with distinctive surface
topography and separate pore pressure signatures. Up‐thrust blocks have elevated fluid pressures and
reduced effective stresses at their core, and down‐thrust blocks the converse.
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5.1.

Introduction

Deformation patterns in active [Davis, 1996; Davis et al., 1983] and passive margins [Bilotti and Shaw,
2005] exhibit low‐angle fault and fold structures where the geometry of deformation implicates the role
of low frictional strengths. Apparently weak substrates may result from the presence of intrinsically
weak and ductile materials such as salt or may evolve from the presence of overpressured fluids
[Hubbert and Rubey, 1959]. Décollement salt is implicated in gravitational spreading [Mourgues et al.,
2009] in the Nile fan [Gaullier et al., 2000; Loncke et al., 2006], on the margins of Angola [Brun and Fort,
2004; Fort et al., 2004] and in the northern Gulf of Mexico [Rowan, 1997; Rowan et al., 2004; Wu et al.,
1990] whereas sub‐detachment overpressured shales promote deformation in the Niger Delta [Bilotti
and Shaw, 2005; Briggs et al., 2006; Cohen and McClay, 1996; Corredor et al., 2005; Hooper et al., 2002;
Weber and Daukoru, 1975], the Amazon fan [Cobbold et al., 2004] and the western Gulf of Mexico
[Weimer and Buffler, 1992].
The response to sub‐detachment salt is mechanically distinct from the response to overpressured
shales. The rheology of salt is nearly constant with in situ effective stress and temperature whereas the
mechanical strength of shale behavior is critically influenced by effective stress and hence the presence
of excess pore pressures. Nur and Cello [1988] established that lithostatic pore pressures generated
from transient poro‐elastic loading and subsequent hydraulic fracturing is a suitable general model for
the emplacement of shale fold and thrust belts. Pore pressures may be modified by a variety of
mechanisms including rapid loading by sedimentation [Bethke, 1985] or lateral stress [Cello and Nur,
1988], clay dehydration [Osborne and Swarbrick, 1997], diagenesis [Yasuhara et al., 2003], thermal
pressurization and expansion [Wibberley and Shimamoto, 2005], the production of hydrocarbons
[Barker, 1990], coseismic shear heating [Hirose and Bystricky, 2007] and by changes in pore volumes or
elevated rates of fluid transmission [Sibson, 2000; 2007]. It is commonly accepted that the competition
between mechanisms that either generate or dissipate pore pressures controls pore pressure history
and hence the evolution of structure in deforming basins.
A variety of techniques have been applied to examine the role of fluid overpressures in deforming
basins. These include physical models incorporating effective stress independent modeling materials
such as silicone putty [Cobbold and Szatmari, 1991] and also methods involving stratification of
permeability and the injection of scaled fluid pressures [Cobbold and Castro, 1999; R. Mourgues and
Cobbold, 2006] to evaluate the role of effective stresses on deformation and the resulting structure.
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These methods typically employ the injection of air as the source of excess pore pressures and cannot
replicate undrained changes in fluid pressure due to diagenesis, compaction, or changes in the
composition of the solids or pore fluids. These effects can be accommodated in coupled numerical
models. Early coupled models (the earliest being Gibson [1958]) assumed a relationship between the
vertical effective stress and consolidation considering only uniaxial strain. In geological community,
publications by Bredehoeft and Hanshaw [1968], Smith [1971; 1973], Sharp [1976], Bethke [1985], and
Wangen [1992] generalized this approach to geological systems and used numerical instead of analytical
methods to solve for non‐isothermal conditions. These works have been followed up by a myriad of
examples including Gordon and Flemings [1998] and Dugan and Flemings [2000].
Recently, more complicated numerical models have been used to accommodate the interaction of
mechanical deformation and fluid flow using Finite Elements and Finite Difference methods which are
not constrained to uniaxial strain [Ings and Beaumont, 2010; Matmon and Bekins, 2006; Morency et al.,
2007; Saffer and Bekins, 2006; Strayer et al., 2001]. These models generally study the faulting of a basin
with geometrical irregularities and generic modelings are rare [Sheldon et al., 2006]. In this paper we
explore the interplay between mechanisms that alternately generate (pore compaction and supply from
a deforming substrate) and dissipate (fracturing and the development of strata traversing fluid flow
conduits) pore fluid pressures in a shortening basin and examine the evolution and style of faulting and
compartmentalization that results [Morency et al., 2007]. In our models (1) the decollement and
consequent faults develop naturally due to overpressures; (2) large deformations and the effects of
topography on the evolving structures are incorporated. (3) No inhomogeneity in the material or the
boundary conditions is assumed. We will show that permeability evolution due to up‐migrating
fracturing of the rock mass is a determining factor on the geometry and the pore pressure signatures of
thrust structures.

5.2.

HydroMechanical Model

We select the simplest geometry possible to will show that contrarily to most of similar numerical
models, geometrical irregularities are not required for the development of fold and thrust belts under
tectonic compression. A rectangular prism of sediments 5 km thick and 100km wide overlies a stiffer and
more permeable substrate that is 15 km thick (Figure 5.1). 16 km of shortening is applied from the left
hand boundary. The mechanical and hydraulic characteristics of the sedimentary basin evolve with
feedbacks. The resulting deformation comprises contractional folds and deepwater thrusts common in
passive‐margin deltas [Rowan et al., 2004] and similar to structures of active margins [Davis, 1996; Davis
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et al., 1983]. We consider the closest analogue to be representing the contractional toe of the Niger
Delta which is driven by the gravitational collapse of updip sediments [Bilotti and Shaw, 2005]. These
sediments detach along a décollement and transmit load to the deepwater sediment packages as a gross
shortening of the structure.

5.2.1. Mechanical Model
The geometry consists of a grid of 100 by 25 finite difference elements (Figure 5.1). The upper 5 km
superstrate has a much higher mesh density: a grid of 15 by 100. The lower 15 km of substrate has ten
vertical nodes that fine toward the upper boundary. Boundary conditions consist of a free surface at the
top and rollers at the bottom and to the right. The left boundary compresses both the substrate and
superstrate at a rate of 10 cm/yr. Drainage is only possible through the free surface. Initial condition
consists of hydrostatic pore pressure and equal vertical and horizontal stresses (σv = σh ) .
The 5 km thick superstrate is modeled as an elasto‐plastic Mohr‐coulomb material with the properties
noted in Table 1. The substrate of the model (the lower 15 km) is assumed to be a poro‐elastic solid,
which is also compressed by basin shortening. The substrate acts primarily as a source of pore fluids for
the overlying material and to avoid its vertical expansion during the lateral compression the value
assumed for its Poisson ratio is zero. The other elasto‐plastic parameters of the model are chosen to
capture the gross behavior of a contracting sedimentary basin. The choice of material properties to
represent large scale behavior in a geomechanical model is challenging as the properties from
laboratory‐scale tests are not suitable for these models [Person et al., 1996]. The strength and
deformation parameters are chosen to generically represent foreland sediments and they are in the
ranges suggested by the basin scale modeling literature [Goodman, 1980; Simpson, 2009; Strayer et al.,
2001].
The 2‐D plane strain model is solved using the finite difference code FLAC [Itasca, 2005]. This method
accommodates large strains during deformation without suffering a significant run‐time penalty. Related
pore volume changes drive fluid expulsion and these are limited to volumetric strains with no influence
on fluid pressures in shear‐related deformation. A denser grid will result to thinner ‘fault’ zones but does
not influence the spacing and the aspect ratios of the grid does not significantly change the orientation
of localized deformation [Strayer et al., 2001].

90

Figure 5.1 ‐ Initial geometry of model and the finite difference grid after 16% lateral deformation;
Failure in tension at décollement (gray shaded) due to insufficient excess pore pressure dissipation
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5.2.2. Hydraulic Model
We assume linear Darcian flow in an equivalent porous medium. The basin is represented by a
superstrate with initial parameters assumed constant with depth. This simplified assumption will help to
interpret the results presented later on. The permeability of the substrate (Ksub = 1.1 ⋅ 10−16 m 2 ) is
one order of magnitude greater than the superstrate (Ksup = 1.1 ⋅ 10−17 m 2 ) [Strayer et al., 2001],
enabling excess pressures to build up along the basal décollement which evolves naturally as a
consequence of deformation. The permeabilities assumed here are representative of sedimentary shales
in the higher end of the range suggested by [Neuzil, 1994] that does not consider the fractures that may
act as conduits on a local scale. Permeability in the superstrate is controlled by many factors including
porosity, grain size, lithology, orientation of sediment layers to the flow field, deformation of strata,
effective stress state, and fracturing or faulting [Saffer and Bekins, 2006]. Here we focus our study on
the impact of fracturing on permeability evolution in the fault zones. Conceptually, elevated fault zone
permeabilities are expected as the porosity increases by fracturing and dilation. Permeability increases
up to 3 orders of magnitude due to shearing have been reported [Faoro et al., 2009; Zhu and Wong,
1999]. Mechanical compaction and also diagenesis over geological time‐scales further complicates the
problem as permeability reduction up to 3 orders of magnitude can occur as a result of mineral
precipitation [Polak et al., 2003; Schechte and Gidley, 1969]. These competing processes may result in a
fault with low permeability surrounded by a highly permeable damaged zone and fluid channeling along
the fault [Barnicoat et al., 2009; Evans et al., 1997]. In other words, the permeability of the faulting zone
rock mass can be anisotropic. In this study, as we will see, the dominant flow is along the faults and the
assumption of isotropy is valid if the permeability assigned to the fractures is that relevant to the
damaged zone. To incorporate the effect of shearing in our models, the permeability of the superstrate
scales by a power law function with cumulative shear [Simpson et al., 2001; 2003]
⎧⎪ (γ γ )6
⎪⎪ α th
if γ < γth
K
= ⎪⎨
⎪⎪
K ini
⎪⎪ α if γ ≥ γth
⎩

In the case of the reference model, α = 5 . Permeability remains constant at elevated shear strain
magnitudes larger than the threshold strain (γtr = 20%) . Water is considered slightly compressible (Bulk
modulus, B=2 GPa) in the fully coupled analyses performed and the porosity of both layers is 0.33.
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Parameter

Fluid Substrate Superstrate

Shear modulus (GPa)

14.4

0.77

9.6 (4.8)*

1.7

Bulk modulus (GPa)

2

Density ( kg / m 3 )

1000 2500

2500

Porosity

0.33

0.33

Initial permeability ( m 2 )

1.1×10‐16

1.1×10‐17
(1.1×10‐18) *

Permeability coefficient α

5 (10‐100) *

Cohesion (MPa)

1 (0.01)*

Friction angel

30º

Dilation angel

0

*

The values in parentheses are used in the parametric analyses

Table 5.1 ‐ Hydro‐mechanical properties of the models
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5.3.

Evolution of Structure – Gross Response

At the first stages of deformation (2% ‐ 6% lateral deformation) shear strains are mostly concentrated at
the décollement and are of insufficient magnitude to affect permeability considerably (Figures 5.2(a),
2(b)). Effective vertical and horizontal stresses reach a maximum value and then decrease due to
increased pore water pressure developing at the décollement (Figures 5.2(a), 3). In other words, the
variation of pore water pressure building above the hydrostatic with depth is not linear. Similar pore
pressure profiles have been observed in multiple natural basins [Morley et al., 2008]. At larger
deformations, shear strains at the décollement become even more focused; water channeling due to
increased permeability is evident as the vertical effective stresses become zero at the décollement
(Figure 5.2(a)). Zones of cumulative shear strain concentration begin to develop upwards from the
décollement at inclinations of 45 − φ / 2 .
At 8% shortening (Figure 5.2(c), 2(d)), permeability increase is evident in the deep portions of shear
bands. Isolated islands of high effective stress form between adjacent shear zones. Tensional failure
zones form at the décollement because of the evolution of the lithostatic fluid pressures (zero vertical
effective stress). These zones migrate upwards as pore water pressure in faults increases due to the
permeability increase (Figure 5.2(c), 5.2(e)). The effect of pore pressure variations is evident when
comparing the effective and total vertical stresses ( σv ) defined by the product of unit weight of
saturated rock and depth below surface. Regions of zero effective stress are located at the boundary
between high and low permeability materials.
Further shortening (12%) allows the faults to reach their peak permeability (K = 5Kini ) throughout
their full length (Figures 5.2(e), 5.2(f)). Thus the faults act as conduits connecting deep permeable
regions to the surface. Zones of zero effective stress are located at the boundary of permeable and
impermeable material on the hanging‐wall side of the impermeable material because of water uplift
force. Right‐dipping faults are dominant in this case. The conjugate pair of left‐dipping faults does not
reach the surface, but a zone of zero effective stress is also apparent on the hanging wall of these deep
undeveloped faults. At later stages of deformation (about 14% shortening), left‐dipping faults reach the
surface and isolate the relatively undeformed materials which they bound. These undeformed regions
are located at the surface of Up‐thrust blocks and in the center of down‐dropped blocks (Figures 5.2(g),
5.2(h)).
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Very high pore pressures (u ) approaching lithostatic (λmin = (u / σv )min ∼ 0.8) permeate the full depth of
the section and are seen in all of the stages of this model (Figure 5.2(e)). The minimum value of λ
occurs on the footwall at the boundary of the faults with the intervening blocks (λmin = 0.8) and the
maximum (λmax = 1) occurs on the hanging wall.
The interplay of permeability evolution, pore pressure and faulting is more evident considering vertical
cross sections of vertical effective stress (Figure 5.3). Early in the deformation history (6%), lithostatic
pore pressures build up at the decollement depth due to the permeability contrast between the
substrate and the superstrate. As shear deformations concentrate on the decollement, the permeability
of the over laying strata increases and a new permeability contrast boundary develops. Lithostatic pore
pressures also develop at this boundary which in turn results in concentration of deformation and
further fault development to shallower depths.

5.4.

Parametric Analyses

The prior observations represent the generic response of the reference case, and the feedback of stress
and fluid pressures on basin evolution. In the following we investigate the role of various other
influences on the form of the evolving basin. This influence is examined by varying a sequence of five
conditions, with all other conditions remaining the same as the reference model. Through this, the
respective roles of (1) substrate‐superstrate relative stiffness, (2) strain softening in the superstrate
(basin), (3) permeability‐strain dependence of the basin material, (4) permeability contrast across the
décollement, and (5) basin shortening rate are separately inspected.

5.4.3. Substrate‐Superstrate Relative Stiffness
To examine the role of decreased fluid flux expelled from the substrate, the substrate stiffness is halved
relative to the reference model (E = 15 GPa) . This redistributes an increasing shortening‐induced load
to the superstrate, decreases both stresses and volumetric compaction in the substrate, and reduces the
fluid volume available for expulsion through the superstrate. Because of decreased pore pressures, at
2% deformation no shear strain localization is apparent at the detachment layer. It is only seen after 4%
deformation. In general, the resulting structures are similar to the reference case but they are formed
later in the deformational history.
.
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Figure 5.2 ‐ Vertical effective stress and cumulative shear strain contours for the reference model at
6%, 8%, 12% and 14% of lateral deformation. The permeability contour relevant to 3 times initial
permeability is also drawn for reference. Only the superstrate is plotted (not to scale).
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Figure 5.3 ‐ Schematic pore pressure (u) profile and effective stress local maximum (σ’max). Strain
localization happens at the permeability contrast boundary resulting to formation of the early
decollement and later faulting.
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5.4.4. Strain Softening
To examine the sensitivity of the model to strain softening of the material during shearing, cohesion is
linearly reduced 90 percent from its initial value (1 MPa) to 10 KPa at 40% shear strain [Karacan et al.,
2007]. As a result, the final magnitude of cohesion at 16% lateral shortening of the basin is 10 KPa in
faults and about 0.7 MPa in less deformed compartments. An important distinction between this model
and the reference model is the extreme evolution of the right‐dipping faults (Figure 5.4(a), 5.4(b)). From
the early stages of deformation (8%), the right‐dipping faults concentrate the deformation at the
expense of the conjugate set of left‐dipping faults. This results from the effect of strain softening on
strain concentration in the pre‐deformed zones. Since in the reference model, the right‐dipping faults
develop first (due to the boundary conditions), these structures ultimately dominate through positive
feedback enhanced by strain softening. With the same reasoning it can be concluded that diagenesis of
the faulted zones with time will have the reverse effect of softening; resulting in more left‐dipping faults
than the reference case.

5.4.5. Permeability‐Strain Dependence
The relationship for the evolution of permeability during and after shearing deformation is poorly
understood. The hydraulic and shear fracturing have different effects on the formation of the fracture
network and the interplay of the mechanisms is complicated [Barnhoorn et al., 2010; Cox, 2007; 2010].
In case of fluid pressure driven fractures, mineral precipitation can also greatly affect hydrologic
properties which further complicates the relation [Min et al., 2009]. Here we examine the effect of
hydro‐mechanical faulting induced permeability on structural evolution of the deforming basin. To do
so, the permeability multiplier for the superstrate is increased from a factor of five in the reference
model to a factor of ten (α = 10) . The resulting observations are:
a) In the early stages (i.e., <8% shortening), shear strains concentrate in faults (Figure 5.4(c), 5.4(d))
and a distinct and irregular zone of zero effective stress forms over the décollement. This region is
where the abrupt permeability change occurs due to larger shear strains at the décollement and
deep faults (Figure 5.3). The restricted efflux of water from highly permeable zones to the less‐
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permeable zones is the cause of high pore pressures in the boundary region of the impermeable
material.
b) At 10% shortening, fully developed fault zones reach the surface (Figures 5.4(e), 5.4(f)). The
dominant faults are right‐dipping close to the deforming boundary and left‐dipping close to the fixed
boundary. Zones of zero vertical effective stress form the upper boundary of the faulted regions
where there is a sudden decrease in permeability. Structurally, these are the deep regions of the
hanging walls.
c) With further shortening low permeability zones are limited to the undeformed up‐faulted blocks
and to the central portions of down‐faulted blocks which form from the intersecting fault zones
(Figure 5.4(g), 5.4(h)). Due to the uplift force, the vertical effective stress is zero in the up‐thrusted
blocks. Since the faults act as drains in the system, the effective stresses are higher in the faults than
in the surrounding zones.
The effects and observations mentioned are similar to the reference model but they exhibit a much
stronger signature, confirming the role of permeability evolution on resulting structures.

5.4.6. Permeability Contrast between Substrate and Superstrate
In this model, the permeability of the superstrate is decreased ten‐fold to be 1/100 of that of the
substrate ( Ksup = 1.1 ⋅ 10−18 m 2 ). In this case, the fluid liberated by lateral shortening of the substrate
redistributes hydrostatically within the substrate, capped at the lithostat at the décollement boundary.
This dilates the lower portion of the superstrate (basin) and can dissipate insufficiently quickly – it leads
to unreasonable deformations at this boundary due to failure in extension (Figure 5.1) unless the
superstrate can release the overpressures by fracturing. The permeability‐enhancement rule of the
superstrate is changed to accommodate this. The permeability‐shear strain rule is modified so that at
20% shear strain the permeability is 100 time its initial value (α = 100) . In this case, major right‐dipping
faults separated by ~30 km form at 6% shortening (Figures 5.4(i), 5.4(j)). Since the permeability within
these faults is elevated relative to the surrounding material, they act as drains connecting the deep
décollement to the surface. On the hanging wall side of these faulted regions, the effective stresses are
zero indicating water uplift exerted on the low permeability material. At larger deformations (Figures
5.4(k), 5.4(i)) right‐dipping faults also begin to develop and zones of high effective stress become
separated by right and left dipping faults.
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5.4.7. Basin Shortening Rate
Shortening rate together with permeability evolution characteristics are the most important factors
influencing the evolution of structural features and the redistribution of fluids in the basin. As the
deformation rate decreases, pore water pressures accumulated in the substrate are able to dissipate.
Thus vertical effective stresses at the zone of permeability‐contrast may not become zero (i.e. sub‐
lithostatic fluid pressures) and the décollement may not form. In this case, the entire vertical section of
the superstrate and its lateral extent deforms uniformly without faulting and shear strains do not
localize. This uniform distribution of shear strains results in less propensity to increase permeability,
which consequently changes much less and with reduced feedback to the mechanical system. A
minimum deformation rate is required to develop the décollement and subsequent faulting. In this case
this threshold shortening rate is about 5 cm/yr, but can be adjusted relative to permeabilities and length
scales of the system.

5.5.

Summary and Discussion

The suite of parametric models examines the role of excess water pressures on the evolution of a
décollement at the interface of two layers with a permeability contrast and subsequent reverse faults in
a shortening basin. The décollement is able to form naturally as a result of the generated overpressures
– in this case generated by mechanical compaction, but representative of other mechanisms, including
for example chemical transformations and dehydration reactions. If permeability of the surface layer
(K sup ) is artificially retained constant irrespective of shear strain, or if permeability increase due to

shearing is too small, then at steady state pore pressures evolve to the lithostat with no means to
dissipate (Figure 5.5(a)). The effective stresses are everywhere zero, and pervasive deformation
develops throughout the section, suppressing shear localization (faulting). Of course, this case is
artificial, as there is no mechanism for pressure release. In contrast, the inclusion of a feasible strain‐
permeability law results in pore pressures which vary heterogeneously through the depth‐section due to
the propagation of faults. When the permeability evolves with shear strain ( K sup = K (γ ) , Figure 5.5(b)),
the pore pressure is capped to the lithostat at the decollement and the topmost extent of the upwards
migrating zone of enhanced permeability (Figure 5.3). The zone of permeability contrast migrates up
with further deformation (Figure 5.5(b)‐right). As a result the region of zero effective stress moves
upwards from the initial décollement elevation (Figures 5.5(b)‐left, 5.2(c), 5.4(c)). Further deformation
results to development of faults driven by lithostatic pore pressures (for exp. Figures 5.2(e), 5.3, 5.4(a)).
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This is in contrast with the constant permeability case (Figures 5.5(a)) where no localization of the shear
strains and faulting is observed in the model. Thus based on our numerical models, permeability
evolution is a crucial factor in shear band localization of a homogenous media without irregular
boundary conditions.
Permeability change (hydrofracturing) is a mechanism for the escape of high pore pressures which
cannot be accommodated otherwise in the sedimentary layer. This may be a factor determining the
spacing of the faults as the spacing in the model with high permeability – shear strain dependency ( α =
100) is much larger than the previous cases ( α = 5 or 10).
Failure is concentrated at the top of this zero effective stress zone, and localizes on the extending fault.
The extent of this zone depends on the magnitude of the permeability increase with shear strain. When
the permeability becomes 5 times its initial value due to shearing, maximum vertical effective stress in
deep regions of the sedimentary layer is of the order of 15 MPa (at 10% shortening) which is much less
than the vertical total stresses (~150 MPa) and the situation is not far from zero effective stress
throughout the model (Figure 5.2(e), for instance). When the permeability is highly dependent on shear
strain ( α =100), the maximum vertical effective stresses are on the order of 50 MPa while the vertical
effective stress on the décollement is kept close to zero (Figure 5.4(e)).
Formation of the décollement is crucial for the subsequent formation of the faulting zones (Figure 5.3).
In all of the cases modeled, shear strains are initially concentrated in the region of permeability contrast
(décollement) because of elevated pore pressures reaching the lithostat. Further shearing transfers the
zone of permeability contrast to shallower levels and consequently the shear strains concentrates in the
deep faults instead of at the initial décollement. The increase in permeability along the faults promotes
the upward migration of the zone of zero effective stress and activates the shallower faults.
The compression rate, the permeability of surface strata, the deformation properties of substrate and
the thickness of both layers are important factors influencing the water expulsion and dissipation rates
and subsequently formation of the décollement. For a given model geometry, permeability and
deformation characteristics, there will be a threshold deformation rate below which no décollement and
fault will form. Increased stiffness (elastic modulus) or depth of the substrate results in higher rates of
water expulsion to the sedimentary layer and subsequently lower required deformation rates for the
formation of décollement and faults. Conversely for a reduced permeability contrast between the two
layers, the critical deformation rate will be greater.
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Figure 5.4 ‐ Vertical effective stress and cumulative shear strain contours for parametric studies: Strain
Softening ( 10KPa < C < 1MPa ) (a, b), Permeability Dependence ( α = 10 ) (c‐h), Permeability
Contrast ( Ksup = Ksub / 100, α = 100 ) (i‐l). The permeability contour relevant to (0.6α ) K ini is also
drawn a black line for reference
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Figure 5.5 ‐ Schematic evolution of pore pressures in case of (a) constant permeability where the pore
pressure is limited to the lithostat throughout the depth and (b) permeability evolves with shearing
where the lithostatic pore pressure limit migrates upwards due to hydro‐fracturing
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The weakest zones of the sedimentary strata (with the least effective stresses) are generally located in
the vicinity of the faulted zones on the boundary of hanging walls. Accordingly, elevated pore pressures
in the hanging wall side of faults have been reported in natural formations [Eberhart‐Phillips and
Bannister, 2002; Manatschal, 1999]. Because of the permeability contrast of the faulted and less
deformed regions an uplift force is exerted on the hanging wall by the escaping water in the faults.
Failure of the zones in extension at the permeability contrast boundary is a result of this uplift force.
These zones of extension migrate upwards as the deep fully‐developed faults reach the surface. Inside
the faults, partial drainage results in elevated effective stresses, relative to adjacent regions in the
hanging walls.
At very late stages of deformation, conjugate faults intersect and result in heavily faulted zones
separating undeformed areas (Figure 5.2(h)). Because of the uplift force exerted on the structural highs,
the vertical effective stresses are zero in these regions while in lows the effective stresses are high
because of drainage from the surrounding faults and the surface. In other words, the overlapping of
hanging walls of adjacent right and left‐dipping faults form the up‐thrust blocks with high pore pressures
and the footwalls form the down‐thrust blocks. This explains why although both up‐thrust and down‐
thrust blocks have experienced small shear strains and small changes in permeabilities, the down‐thrust
blocks have low pore pressures while the up‐thrust regions have zero effective stresses.
In these models, right‐dipping faults form preferentially in the earlier stages of deformation, due to
boundary conditions, and remain dominant throughout basin shortening. Different boundary conditions
including tapered base or surface, irregularities in the basal detachment or model height may also affect
the developed structures [Gerbault et al., 1998; Panian and Wiltschko, 2007; Strayer et al., 2001].
Regularly spaced faults are a common observation in passive margins as it is the case in the outer fold
and thrust belt in Niger Delta [R Mourgues et al., 2009], Fanø Bugt glaciotectonic thrust complex
[Andersen et al., 2005], or Larra thrust system [Teixell et al., 2000].
Early in the evolution, left‐dipping faults only form at depth and terminate at their intersection with the
right‐dipping faults. Later, they may fully develop and reach the ground surface. By this time regions of
maintained low permeability have been separated from each other as up‐thrusted and down‐thrusted
blocks, respectively. Left‐dipping faults are rather more frequent in the far right hand side of the model
near the fixed boundary, and as such are viewed as a consequence of the boundary conditions. Once
formed, the feedbacks of permeability, pore pressure migration, and work softening act to reinforce the
existence of the earliest faults to develop, and these structures remain throughout all deformation.
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Our model of a prismatic passive basin accommodates only a limited suite of behaviors. It does not take
into account localization seeded by intrinsic inhomogeneities, irregular boundary conditions, horizontal
fluid transport along the layering, the surcharge effects of sedimentation, nor of surface erosion.
However, even without these features, it is able to show that the formation of a basal detachment and
subsequent faulting is principally controlled by the coupling between permeability evolution and shear
localization – indeed the two processes are intimately coupled with a strong first‐order positive
feedback. This study shows that permeability evolution not only affects the pore pressure signatures of
the evolving basin, it also affects its structural features, such as the intensity and orientation of faults.
These findings are unlikely to change with the addition of other second‐order effects.
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