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Abstract
Dissolution of minerals in soils and saprolite plays many important roles in the earth
system including the release of nutrients into soils, the neutralization of acid deposition, and
control of atmospheric CO2 concentrations on the million-year time scale. In this dissertation,
aspects of mineral dissolution and weathering were studied in granitic chronosequences. A
chronosequence is a set of soils where four of the five soil-forming factors–climate, lithology (or
similar parent material), organisms, and relief are similar. Chronosequence soils are
differentiated by their age, or by time, and are useful natural laboratories for studying shifts in
geochemistry and ecology through time.
Two granitic chronosequences were studied as part of this dissertation: Santa Cruz and
Merced. The Santa Cruz chronosequence is located on the coast of California near the city of
Santa Cruz. The Merced chronosequence is located along the Merced River in the western
foothills of the Sierra Nevada, Ca.
To provide kinetic data for modeling chronosequence weathering, dissolution rate data
for gibbsite, δ-Al2O3, and the sheet silicate minerals (SSM) chlorite, kaolinite, vermiculite, illite,
and smectite were compiled and synthesized (chapter 2). The synthesized data sets were used to
propose dissolution rate versus pH rate laws for each of the minerals. Rate laws produced from
several data sets are more reliable than data sets from any single investigator, and comparison of
kinetic data sets from multiple minerals may point to similar dissolution processes. For example,
the differences among the dissolution rates of the common soil minerals illite, smectite, and
kaolinite were <0.5 log units. Some of the rate laws proposed were used as model input for the
reactive transport modeling conducted in chapter 4.
To understand how subsurface biota varies across chronosequences, the size and
composition of soil microbial communities were investigated at Santa Cruz (chapter 2). Soil
microbial community size and composition changed as a function of soil age with more
significant changes in the subsurface. The shifts in size and composition were primarily
correlated to C within a soil (with C decreasing as a function of depth) and with chemical
changes (driven by mineral dissolution) between soils. In the subsurface communities, the
proportion of fungi increased with soil age, consistent with the fungal proportion increasing as
nutrient concentrations decreased. Microbial community activity may feedback into weathering
processes by promoting kaolinite and Fe oxide precipitation. Precipitation is promoted as
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microorganisms consume organic ligands complexed with Al and Fe, releasing the Al and Fe
back into solution where precipitation into the solid phase is likely.
A reactive transport code, FLOTRAN, was successfully used to model mineral
dissolution in granitic soil and saprolite as old as 3000 ka. FLOTRAN was used to explore a
number of factors proposed to be responsible for the three to five order of magnitude difference
in laboratory and field rates. The most important factors controlling the depth and thickness of
plagioclase reaction fronts were the pore fluid flow rate, the reactive surface area, and to a lesser
extent the form of the rate law (i.e., transition-state theory or sigmoidal). Successful model
predictions were achieved by adjusting the pore fluid flow rate to match the depth of plagioclase
reaction fronts and by adjusting the reactive surface area to match the thickness of plagioclase
reaction fronts. The best models, which included a sigmoidal rate law, predicted the difference
between laboratory and field rates to be less than one order of magnitude for the Davis Run,
Virginia (USA) saprolite (800 ka) and approximately two orders of magnitude for the Merced,
California (USA) chronosequence (40 - 3000 ka). The smaller difference for Davis Run where
>3 times as much precipitation falls as Merced indicated that heterogeneous hydrology, such as
dead end pores, may slow rates by at least an order of magnitude in dry soils. A model that
successfully predicted soil mineralogy after 250 ka of weathering also predicted aqueous Na+
concentrations and pH reasonably well.
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Preface
This dissertation is comprised of four chapters.
Chapter 1 is an introduction to the following three chapters outlining the structure and
summarizing the findings of this dissertation. The chapter also highlights the connections
between the following chapters and points toward future research directions.
Chapter 2 contains a compilation and synthesis of experimental dissolution data for gibbsite,
δ−Al2O3, chlorite, kaolinite, illite, vermiculite, and smectite. The chapter will be edited and
submitted for publication as a multiple-author paper: J. Moore, J. Bandstra, and S. Brantley, A
synthesis of gibbsite, δ-Al2O3, chlorite, kaolinite, illite, vermiculite, and smectite dissolution
kinetics.
Chapter 3 is a study of the evolving connections between soil microbial communities, above
ground ecological communities, and soil chemistry across a granitic chronosequence. The
chapter will be edited and submitted for publication as a multiple-author work: J. Moore, J.
Macalady, M. Schulz, A. White, and S. Brantley, Microbial community evolution across a
granitic grassland chronosequence, Santa Cruz, California. The research in this chapter was
conducted in a similar setting to the chronosequence in chapter 4 and has implications for future
modeling efforts.
Chapter 4 describes a reactive transport modeling study of soil mineralogy changes in granitic
chronosequence soils. The chapter is in preparation for submission as a multiple-author
publication: J. Moore, P. Lichtner, A. White, and S. Brantley, Using a reactive transport model
and chronosequence data to elucidate differences between laboratory and field mineral
dissolution rates. This chapter uses data synthesized in chapter 2 as model input. The modeling
results connect with and have implications for the ecological changes observed in Chapter 3.
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Chapter 1
Chapter 1

Biogeochemistry of granitic weathering: An introduction

Dissolution of minerals in soils, saprolite, and regolith plays an important role in
geochemical cycles (e.g., KUMP et al., 2000) and ecosystem development (e.g., CAREY et
al., 2005). The study of mineral dissolution is relevant to processes that impact human
society on the annual to decadal scale as well as geological processes that occur over
hundreds to millions of years. For example, soil mineral dissolution can reduce the
impacts of acid deposition on ecosystems (e.g., OHTE and TOKUCHI, 1999). The
dissolution of minerals has important implications for human health both in adding
harmful elements such as As to ecosystems and preventing the spread of harmful
elements as liners at waste disposal sites (YOKOYAMA et al., 2005). Mineral dissolution in
regolith plays a role in sustaining ecosystems by releasing elements important for plant
growth including Ca, K, P, and Si (CREWS et al., 1995; HUNTINGTON, 2000). On time
scales more relevant to geological processes, dissolution of minerals in soils is a key
source of elemental fluxes, both major and trace, to the oceans (KUMP et al., 2000).
Additionally, dissolution of Ca and Mg silicate minerals are the most significant
stabilizing feedback for atmospheric CO2 levels on the million-year time scale (BERNER,
1995; KUMP et al., 2000).
This dissertation focuses on mineral dissolution of regolith formed on granitic
material. Granitic rocks are exposed over >7 % of continental surfaces (DURR et al.,
2005) and sediments derived from granitic rocks cover an additional portion of
continental surfaces. Moreover, plagioclase feldspar, potassium feldspar, and quartz,
which are typically found in granitic rocks, are common minerals in other rocks. Thus the
weathering of granitic material represents a globally significant process and the results of
mineral dissolution studies from granitic regolith provide important information
pertaining to mineral dissolution processes in regolith formed on other rock types.
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Two well-characterized granitic chronosequences were chosen to study the
evolution of geochemical and ecological properties resulting from mineral dissolution. A
chronosequence is a series of soils, usually located within kilometers to 10s of kilometers
of each other, where four of the five main factors of soil formation–climate, lithology,
organism, and relief–are held relatively constant (JENNY, 1980). Age is the primary
difference between the soils of a chronosequence; thus, chronosequences offer unique
natural laboratories for understanding the evolution of geochemical and ecological
properties and processes over time. The chronosequences selected were the Santa Cruz
chronosequence, located near Santa Cruz, California (PINNEY et al., 2002; WHITE et al.,
2008), and the Merced chronosequence (HARDEN, 1987; WHITE et al., 1996; GREEN and
SCOW, 2000; BAISDEN et al., 2002; WHITE et al., 2005), located along the Merced River,
California.
In this dissertation, experimental clay kinetic data were first compiled and
synthesized to provide necessary background information for modeling mineral
dissolution and geochemical evolution across the granitic chronosequences. Second, the
evolution of the soil microbial community was documented in the Santa Cruz
chronosequence soils and linked to the evolution of the aboveground ecology and soil
geochemistry across 226 ka. Third, mineral dissolution was modeled for the Merced
chronosequence soils using a reactive transport model. The Merced chronosequence data
offer a unique opportunity to model mineral dissolution on the time scale of millions of
years.
Chapter 2 summarizes experimental clay dissolution data that were compiled and
synthesized. Clay kinetics play an important role in several processes relevant to granite
weathering because they serve as a sink for the dissolution products of plagioclase and
other primary minerals, such as Al3+ and SiO2(aq). In the absence of clays in soils and
saprolite functioning as a sink for the dissolution products, models predict depletion of
silicate minerals to be much slower than observed in the field (Chapter 3, GANOR et al.,
2007). The processes of precipitation of secondary clay minerals in soils also impacts the
ecological community through the sequestering of carbon in low pH soils (MASIELLO et
al., 2004) and through the organo-metallic complexes that transport Al and Fe from
surface soil deeper into the soils where Al and Fe precipitate (LUNDSTRÖM et al., 2000;
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MASIELLO et al., 2004). Secondary mineral dissolution and precipitation feeds back into
geochemical cycling directly via reactions that affect soil pore water chemistry and
indirectly by affecting soil hydrology (WHITE et al., 2005).
One of the goals of this dissertation was to construct predictive models of granite
weathering. However, a predictive model is only as good as the inputs. The best constrained mineral dissolution and precipitation data come from laboratory experiments
(e.g., BRANTLEY, 2008). Results of kinetic experiments on the same mineral can vary by
up to two orders of magnitude between different laboratories (see chapter 2). One
approach that should inform the derivation of kinetic rate laws for application to
modeling natural systems is to compile and synthesize multiple kinetic data sets for any
given mineral (BANDSTRA and BRANTLEY, 2008; BANDSTRA et al., 2008). Comparison of
results between multiple data sets allows similarities and differences to be identified. The
comparison can be applied to synthesize a more accurate rate law than would be available
from a single data set.
Laboratory data sets for gibbsite, δ-Al2O3, chlorite, kaolinite, illite, vermiculite,
and smectite dissolution were compiled and compared. A synthetic rate law for
dissolution rate versus pH was proposed for each mineral (Chapter 2). Discussions of
other factors in dissolution rates such as organic acids, various anions, and distance from
chemical equilibrium were included for each mineral where data were present. Rates of
gibbsite, δ-Al2O3, and chlorite were approximately one to two orders of magnitude faster
than the dissolution rates of kaolinite, vermiculite, illite, and smectite. The similar rates
(<0.5 log units) of kaolinite, illite, and smectite dissolution between pH 4 – 10,
conditions relevant to most regolith processes, may imply similar mechanisms of
dissolution. This difference between kaolinite, illite, and smectite rates is smaller than the
difference often found between data sets for a single mineral. Because few data exist for
clay precipitation rates, the clay rate laws derived from the synthesis of laboratory kinetic
data were used as the basis for model inputs in Chapter 4.
For the study detailed in chapter 3, the Santa Cruz chronosequence was identified
as an ideal site to study the co-evolution of ecological and geochemical changes in
granitic regolith. Due to the interaction between geochemistry, ecology, and hydrology in
soils, characterizing each type of process versus soil age is an important part of

4

understanding the evolution of soil properties across a soil chronosequence. Researchers
have become increasingly interested in long-term, or declining, chronosequences
(10,000s – 1,000,000s of years) where ecosystem productivity exhibits decline as a result
of nutrient limitations, primarily connected to soil chemistry changes resulting from
chemical weathering processes (e.g., CREWS et al., 1995; VITOUSEK et al., 1997; PARFIT
et al., 2005; WILLIAMSON et al., 2005). Of particular interest are the soil microbial
communities across the chronosequences, which are vital to ecosystem productivity (VAN
DER HEIJDEN

et al., 2008). These communities breakdown and recycle dead plant material

and other organic matter back into forms usable by plants and other microorganisms
(VAN DER HEIJDEN et al., 2008).
Previous ecological studies of long-term chronosequences have overwhelmingly
focused on the aboveground ecological communities and soil chemistry changes (e.g.,
CREWS et al., 1995; VITOUSEK et al., 1997; WALKER et al., 2001; BAISDEN et al., 2002;
PARFIT et al., 2005) and the overwhelming majority of the research has been on forest
chronosequences. The use of non-culture specific methods for sampling and
characterizing soil microbial communities facilitated study of soil microbial changes
across long-term chronosequences. Studies of the organic layer (WARDLE et al., 2004)
and surface soils (0-5 cm, WILLIAMSON et al., 2005) across forest chronosequences
showed shifts in the microbial communities as a function of soil age. Changes in the
microbial communities were indicated by shifts in the phospholipid fatty acid (PLFA)
profiles and by increases in the fungal proportion of the microbial community (WARDLE
et al., 2004; WILLIAMSON et al., 2005). Fungi were found to increase between fertilized,
nutrient-rich soils and unfertilized, more nutrient-poor soils (BARDGETT et al., 1999;
GRAYSTON et al., 2004). Recent work suggests fungi are well adapted to nutrient-limited
soils because of their ability to access scarce nutrients and because fungal cycling is
slower and tends to conserve nutrients in soils compared to faster, more leaky, bacterial
nutrient cycling (BAISDEN et al., 2002; WARDLE et al., 2004; VAN DER HEIJDEN et al.,
2008). However, changes in microbial communities in the subsurface, not just surface
soils, are likely to change and to be affected by the changes in soil chemistry with soil
age in a long-term chronosequence.
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In Chapter 3, size and composition shifts in the surface and subsurface soil
microbial communities were investigated across the Santa Cruz granitic chronosequence
(65 - 226 ka). This study is the first to examine subsurface microbial communities and to
analyze changes in a grassland ecosystem across a long-term grassland chronosequence.
Data on grassland productivity, the soil microbial community size and composition as
measured by microbial biomass carbon (size) and PLFA (size and composition), and soil
chemistry were combined to connect shifts in the soil microbial community with
environmental variables. The aboveground net primary productivity (ANPP) of the
grasses at Santa Cruz increased from SCT1 to a maximum at SCT2 (65 and 92 ka,
respectively), but decreased at SCT3 and SCT5 (137 and 226 ka, respectively). Microbial
community biomass was greatest at the terrace with the highest ANPP and decreased
with soil age. The decrease in microbial community biomass was particularly apparent in
the viable, or living, portion of the community (measured by PLFA) and in the
subsurface. The composition of the soil microbial community at Santa Cruz showed
distinct shifts with depth below the ground surface and between soils of different ages. A
key change was an increase in the fungal portion of the subsurface microbial
communities with soil age.
Using ordination analyses, shifts in the Santa Cruz subsurface microbial
community were shown to correlate well with changes in depth in each soil and with
changes in chemistry across the chronosequence. The increase in the fungal component
of the microbial community corresponded with indicators of decreasing P availability
with soil age. Soil microbial community activity may play a role in clay precipitation as
well as argillic horizon formation and growth by decomposing organic acids that are
complexed with Al3+ and Fe3+ in solution. Decomposition of the organic acids would
release Al3+ and Fe3+ into solution, resulting in supersaturation of the solution and
subsequent precipitation as kaolinite and Fe oxides, respectively.
Chapter 4 details the combination of chronosequence data with a reactive
transport code to model mineral weathering over millions of years. Rates of mineral
dissolution in the laboratory are consistently three to five orders of magnitude faster than
rates measured from field data (e.g., WHITE and BRANTLEY, 2003). The reactive transport
code FLOTRAN (LICHTNER, 2007), which simulates kinetic, thermodynamic, and
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hydrologic processes, was used to model dissolution of granitic soils from the Merced
chronosequence (40 - 3000 ka). As a comparison to the relatively dry Merced
chronosequence, we compare weathering of the granitic saprolite at Davis Run in the
eastern United States, where mineral dissolution has occurred under much wetter
conditions. FLOTRAN was used to forward model soil chemistry and mineralogy
changes, particularly plagioclase and potassium feldspar dissolution with soil age. Model
inputs include kinetic rate laws derived from experimental data (e.g., from chapter 2) and
field data, including soil mineralogy, mineral surface area, and soil hydrologic
parameters.
Model results indicated that without clay as a sink for the products of mineral
dissolution, rates of plagioclase and potassium feldspar depletion from the Merced soils
would be much slower than is observed in the field. Important conclusions from the
modeling effort are that reactive surface area and pore fluid velocity are the two most
important factors in determining the rate of mineral dissolution and the rate of mineral
depletion from a soil. With reduced reactive surface areas compared to the BET surface,
the model-predicted plagioclase, potassium feldspar, and quartz depth profiles
successfully matched field data. The reduction in reactive surface areas necessary to
successfully predict mineral dissolution was smaller for Davis Run than for Merced. At
Davis Run, dissolution primarily occurs in deeply, mostly saturated saprolite but at
Merced dissolution takes place near the surface in a seasonally dry climatic regime. The
smaller reduction in reactive surface area necessary to successfully model Davis Run
indicates the importance of hydrology in mineral dissolution in the field. For both sites,
the adjustments to reactive surface area necessary for successful prediction of field data
were minimized by using a model that included a kinetic rate law that incorporated
slower near-equilibrium rates. Results from modeling indicated that much of the
difference between laboratory and field dissolution rates is due to hydrology and
dissolution under near-equilibrium conditions. When FLOTRAN accurately predicted the
solid chemistry and mineralogy, it also predicted soil porewater pH and Na
concentrations reasonably well but underpredicted porewater SiO2(aq) concentrations.
FLOTRAN also predicted the amount of clay precipitated from the dissolution
products of feldspars with reasonable accuracy over 3000 ka. However, the FLOTRAN-
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predicted depth distribution of the precipitated clay is different than is observed in the
field. The difference between FLOTRAN predictions for clay distributions and the field
observations is primarily attributed to biological activity in the soil, where organic acids
initially complex with Al in solution and as the organic acids are consumed deeper in the
soil, the Al can precipitate out of solution. Additionally, FLOTRAN does not have the
capability to incorporate eluviation, the physical movement of clays downward in a soil
column.
In summary, the results of this dissertation advanced the understanding of how
geochemical and ecological processes evolve in granitic regolith. The reactive transport
modeling (Chapter 4) was enhanced by the synthesis of laboratory mineral dissolution
experimental data (Chapter 2) to derive robust kinetic rate laws for sheet silicate minerals
where the pH-dependence and the magnitude of kinetic rate laws can make a significant
difference in model results. In future work, the kinetic rate law for smectite dissolution
proposed in Chapter 2 may be useful for modeling geochemical changes with soil age in
a chronosequence like Santa Cruz.
Study of soil microbial communities in granitic chronosequences indicated shifts
in community composition with soil age that correlate with geochemical and with
aboveground ecological changes (Chapter 3). The soil microbial communities may play a
role in driving soil chemistry and hydrology changes by influencing Al and Fe
precipitation.
A reactive transport model was shown to successfully model soil mineralogy and
chemistry, particularly plagioclase dissolution, across a 3000 ka chronosequence
(Chapter 4). Differences between laboratory and field dissolution rates were shown to be
primarily a function of differences in fluid flow rate, reactive surface area, and the
application of far-from-equilibrium laboratory rates to near-equilibrium field systems.
While the presence of clays is important as a sink for dissolution products, surprisingly,
variations of two to three orders of magnitude in the rates of clay precipitation have little
effect on field dissolution rates as predicted by FLOTRAN over hundreds of thousands to
millions of years.
In the future, the combination of geochemical and ecological models will aid in
understanding land surface evolution and geochemical fluxes to the oceans over
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geological time. Studies of mineral weathering that quantify mineral weathering rates
using chronosequences have predominantly focused on bulk chemistry changes and the
large fluxes associated with feldspar dissolution (e.g., WHITE et al., 1996; WHITE et al.,
2008). Results from this dissertation strongly suggest that we are moving toward the
ability to model mineral weathering rates of the bulk chemistry shifts occurring due to
feldspar dissolution. However, to combine geochemical and ecological models, it is likely
that the evolution of P concentrations though time and the changing allocation of P to
different soil pools, e.g., mineral, organic, and occluded (WALKER and SYERS, 1976), will
need to be understood. Additionally, reactive transport models will need to incorporate
organic acids to account for the depth distribution of clay observed in field systems like
Merced and Santa Cruz.
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2.

Chapter 2
Chapter 2

A synthesis of gibbsite, δ-Al2O3, chlorite, kaolinite, vermiculite,
illite, and smectite dissolution kinetics

2.1. Abstract
Gibbsite, kaolinite, chlorite, vermiculite, illite, and smectite are found in soil and
saprolite. These minerals, along with δ-Al2O3, also are important for societal uses such as
manufacturing and waste disposal. Understanding and modeling the kinetic behavior of
gibbsite and the sheet silicate minerals (SSMs) kaolinite, chlorite, vermiculite, illite, and
smectite in natural environments requires the characterization of kinetic behavior by
experimental studies. We compiled and synthesized laboratory dissolution rate data for
gibbsite, δ-Al2O3, kaolinite, chlorite, vermiculite, illite, and smectite. Data sets from
multiple investigators were synthesized to generate empirical rate laws for dissolution
versus pH that are likely to be more robust than rate laws produced by single researchers.
Anions were found to influence dissolution rates, e.g., SO42- increased dissolution rates of
gibbsite and chlorite relative to dissolution in HCl or HNO3. Some organic ligands,
particularly oxalate and citrate, promoted dissolution of gibbsite, δ-Al2O3, kaolinite, and
smectite relative to inorganic dissolution; other organic ligands inhibited dissolution.
However, organic ligand concentrations necessary to promote or inhibit dissolution in
experiments were generally higher than concentrations typically found in natural systems
(<10-3 M).

2.2. Introduction
The kinetics of gibbsite and sheet silicate mineral (SSM) dissolution has
relevance for soil, earth, and environmental scientists. Due to their crystal structures,
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many SSMs have large cation exchange capacities, which act as an importance reservoir
of cations for ecosystems (e.g., ZHOU and HUANG, 2007). SSMs serve an important
function in engineering projects, for example often serving as lining layers for landfills
and disposal sites for mining, industrial, and nuclear wastes (e.g., YOKOYAMA et al.,
2005; KUWAHARA, 2006). In soils and saprolite, gibbsite and SSMs act as a sink for the
dissolution products of primary minerals. As a result, they play an important role in
controlling pore water chemistry and rates of primary mineral dissolution (see Chapter 4,
GANOR et al., 2007). Given their ecological, engineering, and geological importance, the
ability to model and predict gibbsite and SSM kinetics and dissolution in natural
environments is important.
Over the last 10-15 years, numerous SSM dissolution experiments have been
conducted. Most papers included in this study have been published since an exhaustive
review of SSM dissolution and precipitation by Nagy (1995). This paper will summarize
results of experimental datasets with a focus on producing dissolution rate versus pH rate
laws at 25°C. The compilation and synthesis of multiple laboratory experimental data sets
allow for the development of more robust rate laws than can be developed from a single
data set. This compilation and synthesis focus on dissolution kinetic data sets collected at
25°C, where conditions are similar to those found in soils and saprolite. Synthesis of rates
at 25°C is useful because both the rates of dissolution and the dependence of dissolution
rate on H+ and OH- concentrations differ between 25°C and higher temperatures (Figure
2.1). This paper will focus on employing far-from-equilibrium dissolution data to
produce empirical rate laws as a function of pH that will be useful for modeling gibbsite
and SSM behavior in natural environments.
2.3. Background
In this paper we synthesized data for two Al oxyhydroxides, gibbsite (Al(OH)3),
δ-Al2O3, and the Al-containing sheet silicate minerals (SSM) chlorite, kaolinite, illite,
vermiculite, and smectite. In addition to the relevance for soil chemistry, gibbsite data
were collected because the octahedral sheets of kaolinite, illite, vermiculite, and smectite
commonly have a gibbsite-like structure. As another Al oxyhydroxide, δ-Al2O3 kinetic
information is relevant to gibbsite kinetics. The remaining SSMs are commonly found in
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soils and sedimentary rocks. Gibbsite, kaolinite, illite, vermiculite, and smectite form
from the dissolution products of other minerals by precipitation, transformation, or
diagenesis. δ-Al2O3 is a synthetic mineral. Chlorite forms by low-grade metamorphic
processes.
With the exception of δ-Al2O3, all the minerals included in this compilation form
sheet-like crystal structures where the strength of atomic bonds within the sheets is much
stronger than the bonds between sheets. Within the so-called tetrahedral sheets, Si atoms
are typically bonded to 4 oxygen atoms; in contrast, within the octahedral sheets, Al is
typically bonded to 6 oxygen atoms. The substitution of Al and Fe into the tetrahedral
sheets and Mg and Fe into the octahedral sheets result in a permanent negative charge,
which is balanced by interlayer cations in the 2:1 (2 tetrahedral to 1 octahedral layers)
SSMs. More detailed structural and information about the settings in which the SSMs
form, and are commonly found, can be found in the section for each mineral.
Although dissolution processes vary depending on mineral structure and
chemistry, they are primarily controlled by processes occurring at the interface between
the mineral surface and aqueous phase. One model for dissolution of gibbsite, δ-Al2O3,
and SSMs in aqueous solution is the surface-complexation model where protons (protonpromoted) or hydroxyls (hydroxyl-promoted) complex with Al or Si on mineral surfaces
(e.g., BRANTLEY, 2004; BRANTLEY, 2008). The resulting surface complex weakens the
bonds of metals with the mineral structure, allowing the Al or Si to be released into
solution (e.g., FURRER and STUMM, 1986). An empirical rate reaction written following
the surface complexation model is:
( 2.1)
where r is the rate (mol m-2 s-1), kH is the rate constant at pH 0 for proton-promoted
dissolution, aH+ is the activity of protons, m is the order of reaction with respect to proton
activity, kOH is the rate constant at pH 0 for hydroxyl-promoted dissolution, aOH- is the
activity of hydroxyl ions, and n is the order of reaction with respect to hydroxyl activity
(BRANTLEY, 2008). Cation exchange, or the exchange of protons in aqueous solution with
cations in the mineral structure may also play a role in dissolution, explaining dissolution
processes not accounted for by surface complexation models (OELKERS, 2001). More
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detailed summary of models for mineral dissolution can be found in published summaries
(OELKERS, 2001; BRANTLEY, 2004; BRANTLEY, 2008).
2.3.1. Dissolution experimental methods
Minerals are dissolved in the laboratory using a variety of experimental methods
where solution chemistry is monitored as a function of time. These methods include batch
reactors, flow-through reactors (continuously-stirred flow through reactors, CSTR, or
non-stirred flow through reactors, NSTR), or plug-flow (or column) reactors (PFR).
Details of experimental designs can be found in Brantley and Conrad (2008) for batch
reactors, CSTRs, and PFRs, and in Metz and Ganor (2001) for NSTRs. In the last decade,
researchers have begun to use atomic force microscopy (AFM) to observe surface
evolution and volume loss for dissolution (and precipitation) processes on the
microscopic scale of 10s-100s of grains (e.g., NAGY et al., 1999; BOSBACH et al., 2000).
2.3.2. Differences between experiments
Experimental dissolution rates differ between laboratories for a variety of reasons
including experimental duration, reactor type, solution chemistry, stirring speed and
method, and pretreatment of minerals. Much of the value of compiling and synthesizing
kinetic data sets arises from the ability to see similarities and differences among data sets
produced by individual investigators. If rates of dissolution and dependence on pH are
similar and consistent among multiple investigators despite differing experimental
conditions, it builds confidence that the data are a reasonable representation of the kinetic
processes for a particular mineral.
For the vast majority of both batch and flow-through experiments, dissolution
rates are observed to decrease with experimental duration. For example, dissolution rates
were still decreasing in PFR experiments after 6 years (WHITE and BRANTLEY, 2003).
Decreasing dissolution rates were also observed in field settings where rates decreased
with soil age in soil chronosequences (e.g., WHITE et al., 1996; WHITE et al., 2008).
Dissolution rates in more recent dissolution experiments are typically slower than older
studies (>10-15 years ago), in large part due to lengthier experimental durations (e.g.,
kaolinite dissolution rates, Figure 2.3). In virtually all laboratory dissolution experiments,
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a short (hours to days) fast initial dissolution rate is observed (e.g., HUERTAS et al., 1999;
BRANDT et al., 2003). If experimental durations are short, then the period of fast initial
dissolution may constitute a significant portion of the experimental duration. For
example, Huertas et al. (1999) found the fast initial stage lasted ~20 days for kaolinite
dissolution at pH 2; in contrast, the total experimental duration in another kaolinite
experiment was 10-15 days (WIELAND and STUMM, 1992). The dissolution rates
calculated by the two investigators differ by more than an order of magnitude (Figure
2.3). The short experimental durations (hours) of most AFM dissolution experiments
make it difficult to directly compare rates measured with AFM to rates measured in batch
and flow-through experiments (BRANDT et al., 2003; YOKOYAMA et al., 2005).
Other experimental conditions that are varied in the laboratory experiments
include solution chemistry, stirring speed and method, and pretreatment of the minerals.
Differences in solution chemistry include the use of different pH buffers, especially in
early experiments. Some pH buffers have been demonstrated to promote dissolution rates
(e.g., LOWSON et al., 2005). In other cases, increasing concentrations of anions have been
found to affect dissolution rates. For example, ClO4- inhibited dissolution of gibbsite
(e.g., MOGOLLON et al., 2000). Increased stirring speed and larger stirring bars have been
demonstrated to increase dissolution rates in CSTRs for SSMs (e.g., METZ and GANOR,
2001) They attributed the increased dissolution rate to the creation of ultrafine particles.
Many recent SSM dissolution experiments performed with a CSTR use a dialysis bag to
separate the mineral from the solution and stir bar (e.g., KÖHLER et al., 2005; GOLUBEV et
al., 2006; KALINOWSKI and SCHWEDA, 2007). The pretreatment of minerals varies with
some experimentalists using the mineral as it was shipped from the supplier (e.g.,
HUERTAS et al., 1999), others washing the mineral repeatedly (e.g., WIELAND and
STUMM, 1992), and others predissolving the mineral, sometimes for months (e.g., CAMA
et al., 2002). Pretreatment of minerals can reduce the duration of fast initial dissolution
with resulting in less time before stoichiometric dissolution is achieved (OLSEN and
RIMSTIDT, 2008).
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2.3.3. Surface area
Specific surface areas for gibbsite, δ-Al2O3, and the SSMs included in this study
varied across approximately two orders of magnitude where gibbsite ≥ chlorite >
kaolinite ≥ vermiculite > smectite > illite ≈ δ-Al2O3. While not the main focus of this
chapter, a discussion of surface area is necessary since the vast majority of mineral
dissolution rates are reported as surface area-normalized rates. A discussion of the
appropriateness of using BET specific surface area (SSA) as a proxy for reactive surface
area (SA) in dissolution experiments has been ongoing and has been particularly active
with respect to smectite and other SSMs as well as gibbsite dissolution experiments (ZBIK
and SMART, 1998; BOSBACH et al., 2000; BICKMORE et al., 2001; BRANDT et al., 2003;
PESKLEWAY et al., 2003; TOURNASSAT et al., 2003; JODIN et al., 2004; METZ et al.,
2005b; YOKOYAMA et al., 2005; HASSAN et al., 2006; KUWAHARA, 2006). Results from
short-term (hours) AFM dissolution experiments document that dissolution occurs almost
exclusively at sheet edges for gibbsite dissolving in acidic solution (PESKLEWAY et al.,
2003) and for smectite dissolving in both acidic (BOSBACH et al., 2000; BICKMORE et al.,
2001) and basic solutions (YOKOYAMA et al., 2005; KUWAHARA, 2006). Surface
speciation and dissolution data indicate that dissolution occurs primarily at sheet edges
for kaolinite as well (HUERTAS et al., 1999). In longer-term (30 days) dissolution
experiments observed by AFM, etch pits were observed on dissolving smectite grains but
dissolution still seemed to be occurring primarily at the sheet edges (YOKOYAMA et al.,
2005). AFM observations of chlorite that had achieved steady state dissolution in a CSTR
indicated that dissolution occurs primarily at etch pit edges (or step edges) on the basal
plane rather than the sheet edges (BRANDT et al., 2003). The authors found that the etch
pits corresponded with defect sites in the basal plane; etch pits were confined to one sheet
and did not extend through multiple sheets.
Another issue highlighted by the AFM dissolution experiments is that the edge
SA changes with time as minerals dissolve (BOSBACH et al., 2000; BICKMORE et al.,
2001). However, those experiments in which significant edge SA changes with time only
had experimental durations of several hours. The investigators were likely observing the
fast initial dissolution rates associated with dissolution experiments, which were not
considered in most rates compiled in this chapter. Alternatively, changes in surface area
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may continue throughout the dissolution process. As a result, steady state dissolution may
never be achieved, which may be the reason that SSM dissolution rates continuously
decline with experimental duration (KÖHLER et al., 2005).
The use of BET SSA as a proxy for reactive surface area becomes problematic if
the BET SSA does not scale with the edge SSA. It has been demonstrated that the BET
SSA of an unreacted smectite (SAz-1, Table 2.8) can vary significantly depending on the
degassing and methodology of the BET measurements (METZ et al., 2005b).
Inconsistencies in the BET method for measuring SSA likely produce the variation in
SSAs for the same smectite mineral (Table 2.8). The results of Metz et al. (2005b)
highlight the importance of the effect of establishing a consistent BET method for 2:1
SSMs and other minerals with high microporosity. Metz et al. (2005b) found that after
reaching steady-state dissolution in a NSTR, the BET SSA of the SAz-1 smectite
increased by nearly a factor of four relative to their initial BET SSA measurement (Table
2.8). They used their results to argue that total SA (calculated from AFM data) does not
correlate well with edge SA. Instead, they argued that sample weight may serve as a
better proxy for edge (and hence reactive SA) than total SA (METZ et al., 2005b). In the
smectite section, both surface area-normalized and weight-normalized rates are presented
and fit.
The variation in the initial surface area and the large difference between the initial
and final surface area found by Metz et al. (2005b) may be due to the particular smectite
they used or perhaps some other factor. Their initial BET SSA measurement was
approximately a factor of 2-3 smaller than the BET SSA measurements done by other
researchers on the same mineral (Table 2.8). In contrast to the findings of Metz et al.
(2005b), the final BET SSA of other experiments was the same as the initial BET SSA
within measurement uncertainty (BAUER and BERGER, 1998; HUERTAS et al., 2001;
GOLUBEV et al., 2006; ROZALÉN et al., 2008, submitted-b).
If edge surface areas correlate to BET SA, then the use of BET SA as a reactive
SA proxy for gibbsite and SSM dissolution may work in the absence of AFM (or other)
data regarding the edge SA. Compiled results for the ratio of the edge SA to the total SA
suggest that the ratio is relatively constant (~15-30%) for most SSM (Table 2.1). The few
available data hint that the edge to BET SA may be slightly higher for gibbsite than the
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SSM. BET SSA measurements will be particularly effective when performed with
consistent methodology, combined with AFM, or when measured by a method such as
low-pressure argon adsorption that allows edge SA to be calculated from the gas
adsorption data (e.g., HASSAN et al., 2006). BET SA information may also be the most
readily available and is useful for modeling applications. The relatively constant ratio
between edge SA and BET SA suggests that while imperfect, normalization of SSM and
gibbsite dissolution rates to BET SA is still valid as well as useful when comparing
dissolution rates between SSM and other minerals.
2.3.4. Thermodynamics
Gibbsite and kaolinite exhibit only minor variability in chemistry in nature
whereas chlorite, illite, vermiculite, and particularly smectite have a wide range of
chemical compositions in both the structural layers (octahedral and tetrahedral sheets)
and in the interlayer sites (e.g., Table 2.5 and Table 2.8). The variable chemistry and
crystal structures of illite, smectite, and vermiculite make the measurement of
thermodynamic properties such as the solubility constant difficult or perhaps impossible
(MAY et al., 1986). As a result, the Gibbs free energy and solubility constant must be
estimated using thermodynamic data for the chemical components of each mineral. For a
general review of the calculation of the Gibbs free energy of formation see Chermak and
Rimstidt (1989) and for calculation of the Gibbs free energy of formation for sheet
silicate minerals see Vieillard (2000; 2002). Reported solubility constants were included
in the tables for each mineral.
2.3.5. Organic ligands
Organic ligands can both promote and inhibit dissolution of SSMs. Ligands, e.g.,
citrate or oxalate, that bind to a single surface site (mononuclear) tend to promote SSM
dissolution (CHIN and MILLS, 1991; GOLUBEV et al., 2006). In contrast, ligands, e.g.,
acetate or alginate, that bond to multiple surface sites (bi or polynuclear) tend to inhibit
SSM dissolution (GOLUBEV et al., 2006). Natural dissolved organic matter and humic
acids do not appear to promote SSM dissolution (CHIN and MILLS, 1991) because they
also appear to bind to multiple surface sites.
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The significance of the effects of ligand-promoted dissolution on SSM dissolution
rates in natural environments is unclear. SSM laboratory dissolution data compiled in this
chapter indicate that organic ligand concentrations of >10-3 are necessary for ligandpromoted or ligand-inhibited dissolution. However, organic ligand concentrations in soil
and saprolite solutions are usually less than 10-3 M (DREVER and STILLINGS, 1997).
2.3.6. Fitting
A key focus of this study was to propose empirical rate laws for dissolution versus
pH. Data sets for each mineral were compiled and compared to determine consistencies
and inconsistencies within each data set. Empirical rate laws were derived by fitting the
most consistent dissolution data for each mineral. Dissolution data were determined to be
consistent when the rates from several different data sets matched reasonably well both
with respect to magnitude and to reaction order (see also section 2.3.3). Additionally, a
high weighting was given to longer duration experiments, as long as chemical
equilibrium was not approached, because extended experimental durations allowed more
time for steady-state dissolution to be achieved. Fitting was performed in Igor
(Wavemetrics, Oregon, USA) using least squares fitting where χ2 was optimized
(BANDSTRA and BRANTLEY, 2008). Dissolution rates as a function of pH were described
by proton and hydroxyl promoted rate terms (equation 2.1, BRANTLEY, 2008). The rate
equation was log-transformed for fitting as follows:
( 2.2)
For more details of the fitting method see Bandstra and Brantley (2008).
The one-sigma errors were plotted along with the least squares fit to the data. The
upper error was estimated by adding the one-sigma errors to the best fit rate constants and
by subtracting the one sigma errors from the exponents on the proton and hydroxyl terms.
The lower error was calculated by subtracting and adding the one-sigma errors to the rate
constants and exponents, respectively.
For gibbsite and vermiculite, dissolution data were present in only the acidic pH
range. The log-transformed rates for gibbsite and vermiculite were fit with a standard
linear regression.
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2.4. Mineral dissolution
An empirical rate law was proposed for each mineral. The dissolution rates used
for the best-fit rate laws were based on Si release with the exception of gibbsite and δAl2O3, which were based on Al release. The release of Si was normalized by
stoichiometry of each mineral. Thus the rates were reported in units of moles of mineral,
based on Si (or Al) release, and normalized to BET surface area (mol m-2 s-1).
2.4.1. Gibbsite and δ-Al2O3
Gibbsite is an Al hydroxide mineral, Al(OH)3, and δ-Al2O3 is a synthetic Al
oxide. The crystal form of gibbsite is octahedrally coordinated Al hydroxide sheets. In
the natural environment, gibbsite is usually found in heavily weathered soils in warm,
wet tropical settings (WILSON, 1999).
Dissolution rates of gibbsite varied depending on the type of acid and anions
present in the aqueous phase and on ionic strength. Changes in cation (Ca, K, Mg, Na)
concentrations did not affect far-from-equilibrium gibbsite dissolution rates (BLOOM and
ERICH, 1987; MOGOLLON et al., 2000). Increased ionic strength was found to increase
gibbsite solubility at low pHs but to decrease solubility at high pHs (PALMER and
WESOLOWSKI, 1992). Gibbsite dissolution was inhibited by ClO4 (GANOR et al., 1999;
MOGOLLON et al., 2000) and Cl (MOGOLLON et al., 2000) and promoted by PO4 (BLOOM
and ERICH, 1987). The effects of NO3- and SiO2(aq) on gibbsite dissolution were
ambiguous with contrary results from different experiments (BLOOM and ERICH, 1987;
MOGOLLON et al., 2000; DIETZEL and BOHME, 2005).
The presence of SO42- in solution, either as an acid or as a salt, significantly
increased the rate of gibbsite dissolution (Figure 2.2) by a factor 6 to 30 (BLOOM and
ERICH, 1987; RIDLEY et al., 1997; MOGOLLON et al., 2000; DIETZEL and BOHME, 2005).
The order of reaction for gibbsite dissolution rates with respect to SO42- concentrations
was reported to be 0.36 at pH 2.16 (BLOOM and ERICH, 1987) and 0.4 at pH 3.5
(MOGOLLON et al., 2000) where:
( 2.3)
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where k is the rate constant at a given pH (mol m-2 s-1). Faster dissolution rates of gibbsite
in the presence of SO42- may be part of the reason that Al is so ubiquitous in acid mine
drainage (RIDLEY et al., 1997). The presence of the organic ligand citrate also promoted
gibbsite dissolution. Increases in gibbsite dissolution rates due to SO4 and citrate likely
result both from the formation of aqueous Al complexes, which result in a lower
saturation state with respect to gibbsite than would be the case in the absence of those
molecules, and from adsorption to the surface, which may weaken Al-OH bonds and
facilitate the release of Al into solution (MOGOLLON et al., 2000).
Gibbsite dissolution rates were also increased by the presence of bacteria, both
viable and nonviable (LEE and FEIN, 2000). The presence of viable bacteria increased
aqueous Al concentrations from gibbsite dissolution by a factor of 30 over abiotic
experiments while the presence of nonviable bacteria only increased Al concentrations by
four to six times over abiotic experiments. For both the viable and nonviable bacteria, cell
lysates appeared to be the driver of the increased gibbsite dissolution rates because the
suppression of cell lysis resulted in similar aqueous Al concentrations in abiotic and
viable bacteria experiments (LEE and FEIN, 2000).
The gibbsite dissolution experiments reviewed in the literature were generally
performed in batch reactors in solutions between pH 1-4 (Table 2.2, Figure 2.2). A few
experiments were run at high pH but not reported as surface-area normalized rates (e.g.,
SCOTFORD and GLASTONBURY, 1972; PACKTER and DHILLON, 1974). As a result, they
were not included in this compilation.
Gibbsite dissolution rates decreased with increasing pH from pH 1.5-4 (Figure
2.2). Data from three different experiments (BLOOM, 1983; BLOOM and ERICH, 1987;
DIETZEL and BOHME, 2005) were included in the linear best fit of gibbsite dissolution
versus pH from approximately pH 1.75 to 4 (Figure 2.2). The best-fit linear equation was:
( 2.4)
See Table 2.9 for the R2 value.
In addition to pH, modeling of gibbsite dissolution in natural environments should
also account for SO4 and ligand effects. As mentioned above, gibbsite dissolution is
promoted by [SO4]~0.4 and by citrate. Citrate was more effective in promoting gibbsite
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dissolution at pH >3 while sulfate was more effective in promoting gibbsite dissolution
rates at pH <3 (Figure 2.2). Additionally, dissolution rates will likely increase relative to
proton-promoted dissolution if significant bacterial biomass is present.
All data derived from (MOGOLLON et al., 1996; GANOR et al., 1999; MOGOLLON
et al., 2000) were excluded from the best fit and some data derived from (BLOOM, 1983)
were excluded. For example, dissolution data collected by Bloom (1983) at pHs >2 were
excluded because he observed a dissolution rate minimum at pH 2.5 that was not
observed in other data sets or his later experiments (BLOOM and ERICH, 1987). The Ganor
et al. (1999) data were excluded because they were >0.6 log units faster than other
experiments though the reason is not clear. The data from Mogollon et al. (1996; 2000)
(not plotted) were excluded because they were conducted over a narrow range of pH
conditions with the goal of ascertaining the effects of cations and anions on gibbsite
dissolution, with a gibbsitic bauxite rather than pure gibbsite, and their rates were 0.3-0.6
log units slower than the rates measured by other researchers.
The results of two δ-Al2O3 experiments conducted in CSTR (Table 2.3) were also
included in this compilation (FURRER and STUMM, 1986; KRAEMER et al., 1998).
Although the crystal structure of δ-Al2O3 is different than gibbsite, the δ-Al2O3
dissolution data is used here to constrain gibbsite dissolution under circumneutral to basic
pH conditions where gibbsite dissolution data are unavailable. The best-fit rate equation
for δ-Al2O3 was
( 2.5)
For errors associated with the fit see Table 2.9. The pH-dependence for δ-Al2O3
dissolution differs slightly from the gibbsite where m (gibbsite) > m (δ-Al2O3) (Table 2.9,
Figure 2.2). All of the δ-Al2O3 dissolution data were included with the exception of one
point (not plotted) from Kraemer et al. (1998). The Kraemer et al. (1998) rates were
estimated from plotted data and the excluded point was located on the bottom of the yaxis, which made an accurate estimation of the rate difficult. Similarly to gibbsite and the
SSMs, the presence of organic ligands increased δ-Al2O3 dissolution rates (KRAEMER et
al., 1998).

24

2.4.2. Kaolinite
Kaolinite is a 1:1 SSM with alternating silica tetrahedral and Al octahedral layers.
Kaolinite contains no interlayer cations because there is very little substitution of Al for
Si in the tetrahedral layers (MOORE and REYNOLDS, 1997). The Al octahedral layer is
gibbsite-like. The idealized formula for kaolinite is Al2Si2O5(OH)4. Kaolinite can be a
product of either framework silicate mineral weathering (e.g., plagioclase and
potassium/alkali feldspars) or SSM weathering (e.g., biotite, smectite). Kaolinite is often
found in well developed soils in wet, temperate to hot climates whereas 2:1 SSMs like
smectite tend to be found in cooler, drier climates and less developed soils (WILSON,
1999). Kaolinite is usually the dominant SSM in soils that form on felsic parent material,
such as granites. Kaolinite also forms as a hydrothermal alteration product, which is often
particularly pure and devoid of other phases (WORRALL, 1986). Kaolinite has a relatively
low surface area compared to vermiculite, illite, and smectite (Table 2.4, Table 2.6, Table
2.7, Table 2.8) as well as a much lower cation exchange capacity (CEC).
The inhibitory effect of cations or anions was largely untested in kaolinite
dissolution experiments. Dissolution rates were similar in the presence of nitric and
perchloric acids (WIELAND and STUMM, 1992; GANOR et al., 1995) and hydrochloric or
acetic (HUERTAS et al., 1999) and perchloric acids (CAMA et al., 2002). Organic ligands
such as oxalate and citric acid increased rates of kaolinite dissolution (CHIN and MILLS,
1991; WIELAND and STUMM, 1992; WANG et al., 2005; CAMA and GANOR, 2006). One
group reported the order of reaction for kaolinite dissolution with respect to oxalate
concentrations was 0.45 at 25°C across 10-4 to 10-3 M oxalate concentrations (CAMA and
GANOR, 2006) such that
( 2.6)
where k is the rate constant at a given pH (mol m-2 s-1). However, their rates appeared to
be the same within uncertainty (CAMA and GANOR, 2006). Humic acids and natural
dissolved organic matter were not found to promote kaolinite dissolution (CHIN and
MILLS, 1991).
Kaolinite dissolution rates were measured in batch reactors, CSTR, and NSTR
(Table 2.4). Far-from-equilibrium kaolinite dissolution rates are fastest at low pH and
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high pH and are slowest at around pH 9 (Figure 2.3). From pH ~4 to 9 or 10 in all the
experiments (CARROLL-WEBB and WALTHER, 1988; WIELAND and STUMM, 1992;
HUERTAS et al., 1999; CAMA et al., 2002), the concentrations of Al and Si in solution
were nonstoichiometric with respect to kaolinite for up to 420 days. Dissolution was
argued to have occurred congruently with initial release of both Al and Si into solution
(HUERTAS et al., 1999). Adsorption of Al to the kaolinite surface or the formation of
amorphous Al-oxides was proposed as the reason for higher Si concentrations in solution
(HUERTAS et al., 1999). Experiments performed with low concentrations of a weak
complexing agent indicated that neither Al adsorption nor precipitation affects the
kaolinite dissolution rate (HUERTAS et al., 1999).
Though the magnitude of the kaolinite dissolution rates measured by different
researchers vary by 1-2 orders of magnitude among experiments, dissolution rates from
pH 0 to 9 can be fit with the same pH-dependence in the acidic to neutral pH range
(BANDSTRA and BRANTLEY, 2008). The empirical rate law of kaolinite dissolution versus
pH reported here was produced from the slowest experimental rates (Figure 2.4).
Dissolution data included in the best fit were dissolution in solutions pH >10 from
Carroll-Webb & Walter (1988) and all data from Bauer & Berger (1998), Huertas et al.
(1999), and Cama et al. (2002). Note that kaolinite dissolution rates from (BAUER and
BERGER, 1998) were recalculated in this paper (Appendix, section 2.6.1). The best-fit rate
equation was:
( 2.7)
For errors associated with the fit see Table 2.9. The slowest laboratory rates over the pH
0-9 range were from experiments that were conducted for the longest duration of any
experiments and that correlate well (HUERTAS et al., 1999; CAMA et al., 2002). Since
equilibrium was not approached in either experiment, they were judged as the best
measure of kaolinite dissolution rates.
Results from several dissolution experiments were excluded from the best fit. One
data set was excluded due to short experimental duration (<15 days) and nonstoichiometric dissolution with Al/Si ratios as low as 0.3 (WIELAND and STUMM, 1992).
Data were excluded because of enhanced dissolution rates due to stirring effects that
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created ultrafine particles (GANOR et al., 1995; for details on the stirring effect see METZ
and GANOR, 2001). Dissolution data run in solutions at pH <9 were excluded due and
relatively short experimental duration (<42 days) and the presence of complexing agents
(CARROLL-WEBB and WALTHER, 1988). No AFM dissolution experiments have been
performed on kaolinite but it has been inferred from surface speciation and macroscopic
experiments that the majority of kaolinite dissolution occurs at the sheet edges (HUERTAS
et al., 1999), similar to the other SSMs in this paper.
2.4.3. Chlorite
Chlorite is a 2:1:1 layered SSM where the 2:1 layers consist of two tetrahedrally
coordinated sheets primarily composed of Si and O, similar to talc, that sandwich a single
octahedrally-coordinated sheet similar to brucite (Mg(OH)2). The second single layer is
located in the interlayer space and is another brucite-like layer. Fe2+, Fe3+, and Al3+ can
substitute for Mg in either of the brucite-like layers and Al3+ can replace Si in the
tetrahedral sites (Table 2.5). Chlorite usually forms by low-grade metamorphic processes,
like those exemplified by greenschist facies rocks. Note that pedogenic chlorite that
develops in soils forms by dissolution/transformation reactions and is actually more like
vermiculite (called hydroxy-interlayered vermiculite) (MOORE and REYNOLDS, 1997).
The dissolution rates compiled below are for chlorite formed by metamorphic processes.
Chlorite formed by metamorphic processes is a common soil mineral, but unlike
pedogenic chloride does not form in soil.
Most of the chlorite experiments were performed with flow-through or PFR
reactors with reasonably consistent results between data sets (Table 2.5). Data from
some older dissolution studies were not included because Si release was not measured.
Chlorite dissolution rates were relatively high in low and high pH solutions with a
dissolution minimum between pH 8 and 9 (Figure 2.4). Dissolution was nonstoichiometric across parts of the pH range although the sections of the pH range and the
elements released preferentially varied between experiments. In most experiments, Mg
release rates were similar to Si release rates at acidic pHs but were much lower than Si
release rates at basic pH. Low Mg release rates in basic pH solutions is comparable to
slow brucite dissolution rates, which decrease rapidly in basic pH solutions (POKROVSKY
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and SCHOTT, 2004). Al release rates were usually lower than Si, particularly in the
circumneutral pH range. Fe release rates were similar to or lower than Si release rates
with the part of the pH range in which they were similar depending on the experiment.
Compilation of dissolution data suggest that BET-surface area normalized dissolution
rates are similar in both Mg-rich and Fe-rich chlorites and that the fitted empirical rate
law will work well to model chlorite dissolution in near-surface environments.
Data from Brandt et al. (2003), Gustafsson and Puigdomenech (2003), and most
of the Lawson et al. (2005) dissolution data were included in the best-fit equation (Figure
2.4). The best-fit equation for chlorite dissolution versus pH was:
( 2.8)
See Table 2.9 for errors associated with the fit. Some data from Lawson et al. (2005)
were excluded because Lawson et al. (2005) had rejected those data due to the promotion
of dissolution by some of the pH buffers (ammonium oxalate at pH ~8 and borax at pHs
8.5-10). In this study, several dissolution experiments at pH ~5 also were excluded due to
significantly nonstoichiometric dissolution compared to the dissolution experiment
results included in the fit. The Rochelle et al. (1995) data were excluded from the fit
because they were consistently faster than the Gustafsson or Lowson datasets although
the reason for the faster rates is not clear. The May et al. (1995) experiments were
conducted with a significantly larger particle size (425-1000 um) than the other
experiments, which may account for the slower reported dissolution rate.
Two experiments excluded from the best fit contained useful information about
the effects of anions and organic ligands (HAMER et al., 2003) as well as anoxic
conditions (MALMSTRÖM et al., 1996). Data from Hamer et al. (2003) were excluded
because the experiments were conducted as batch experiments for a short amount of time
(2 weeks) with only two sampling points, which meant that the initial fast dissolution
phase was included in their rate. Their experimental data highlight the enhancement of
chlorite dissolution, particularly at pHs lower than 4, by organic ligands and sulfate over
the concentration range 3 x 10-5 to 0.01 M (Figure 2.4). Chlorite dissolution rates in the
presence of acetate were similar to proton-promoted dissolution. Dissolution rates in
sulfuric acid were faster than in HCl or HNO3 at pHs less than or equal to pH 2. The
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organic ligands citrate and oxalate increased chlorite dissolution rates relative to
inorganic proton-promoted dissolution at pHs ≤4 with the difference between rates
without organic ligands and with organic ligands increasing as pH decreased. Another
dissolution experiment was collected under different experimental conditions (1% CO2,
anoxic) with the faster rate suggesting that chlorite dissolution may occur more quickly
under anoxic or enriched CO2 conditions, perhaps because the release of reduced Fe from
the crystal structure is faster under anoxic conditions (MALMSTRÖM et al., 1996).
Measured chlorite BET SSAs were smaller than the BET SSAs for the other
SSMs, particularly the 2:1 SSMs (Table 2.5). The more Mg-rich chlorite samples had
BET SSAs 2-3 times larger than the more Fe-rich chlorite. It is not clear from the small
data set whether the difference is significant but it is worth noting. One implication of
larger SSA in more Mg-rich chlorites is that the flux of Mg, Si, and other elements from
dissolving chlorite may be higher in a soil with a more Mg-rich chlorite than one with a
more Fe-rich chlorite (since the flux of Si in the experiments was normalized to the
surface area by the larger surface area for these chlorites).
One study included both AFM microscopic dissolution experiments and
macroscopic dissolution experiments (BRANDT et al., 2003). Their results suggested that
chlorite dissolution predominantly occurs at step edges along the basal surface. The
formation of steps on the basal surface seemed to be controlled by etch pits, usually one
sheet layer thick, that form at defect sites. Results from PFR experiments suggested that
that aqueous Al concentration may play an important role in controlling chlorite
dissolution rates (LOWSON et al., 2005) although the rate data are equally well described
(empirically) by proton and hydroxyl-promoted dissolution.
2.4.4. Vermiculite
Vermiculite is a 2:1 SSM that contains K in the interlayer space and often
contains lower concentrations of Si in the tetrahedral layer than the other 2:1 SSMs in
this study (MOORE and REYNOLDS, 1997). Vermiculite is found in relatively young or
undeveloped soils and forms from the transformation of other SSMs such as micas or
chlorite (WILSON, 1999). Vermiculite dissolution experiments were conducted in a CSTR
(Table 2.6). Rates of dissolution decreased with increasing pH (Figure 2.5). Dissolution
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of vermiculite occurred nonstoichiometrically in acidic pH solutions with K and Mg
preferentially released relative to Si and Si preferentially released relative to Al
(KALINOWSKI and SCHWEDA, 2007). The linear best-fit equation was:
( 2.9)
for dissolution rates calculated after more than 4500 hours of dissolution. After 4500
hours of dissolution, the extent of dissolution varied with pH.
At pH 2 and 3, greater than 10% of the original mineral mass had dissolved, while
less than 10% of the original mineral had dissolved at pH 4 and 6.5. When dissolution
rates were calculated at the point that 10% of the original mineral had dissolved (for pH 2
and 3), the linear best-fit equation was:
( 2.10)
See Table 2.9 for the R2 values. The pH-dependence of the best fit in this study is
approximately equal to the dependence in the original study (KALINOWSKI and SCHWEDA,
2007). The authors of the original data set argue it is best to compare dissolution rates
after similar extents of reaction because the SSA changed significantly due to dissolution
for the pH 2 experiment and due to experimental artifacts for the pH 3 experiment
(KALINOWSKI and SCHWEDA, 2007). Al coordination states as measured by NMR had
changed after dissolution, which suggested that some of the Al remaining in the mineral
had transformed or reprecipitated in the interlayer space resulting in hydroxy-interlayered
vermiculite (KALINOWSKI and SCHWEDA, 2007). Their results suggest that in soils with
low concentrations of base cations or Al-complexing organic ligands, vermiculite does
not dissolve but transforms into hydroxy-interlayered vermiculite (KALINOWSKI and
SCHWEDA, 2007).
2.4.5. Illite
Illite is a 2:1 SSM that most often contains K+ in the interlayer space. The
composition of illite is variable and no single ideal composition exists. Illite is often
found in soils that formed from sedimentary rocks because it is the most abundant clay
mineral in sedimentary rocks (MOORE and REYNOLDS, 1997). Illite is more
thermodynamically stable than smectite at higher temperatures and pressures (MOORE
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and REYNOLDS, 1997), meaning that when sedimentary rocks undergo diagenesis,
smectite is usually converted to illite.
Illite dissolution experiments were conducted in batch reactors and CSTR (Table
2.7). Far-from-equilibrium illite dissolution rates were faster at acidic and basic pHs and
slowest in the near-neutral pH range (Figure 2.6). Output solution concentrations were
nonstoichiometric with preferential release of Si over Al from pH 3.5-10.5 and
preferential release of Si over Mg at pH >11. However, illite dissolution was argued to be
congruent with respect to Al and Si over most of the pH range despite the precipitation of
amorphous Al-oxides or gibbsite from pH 3.5-10.5 (KÖHLER et al., 2005). Mg appeared
to be nonstoichiometrically released at acidic pH and retained, or perhaps enriched, at
alkaline pH (KÖHLER et al., 2005). The best-fit rate law for illite was:
( 2.11)
See Table 2.9 for errors associated with the fit. Two data points from the batch
experiment were excluded from the best fit because the rates were much slower than rates
from CSTR reactors at the same pH. Rates from short-term experiments that measured
K+ release indicate that the presence of aqueous PO4 enhances illite dissolution (ZHOU
and HUANG, 2007).
2.4.6. Smectite
Smectite is a 2:1 sheet silicate mineral (SSM) with two layers dominated by silica
tetrahedra and one layer dominated by octahedrally coordinated Al. The layers, especially
the tetrahedral layer due to the substitution of Al (3+) for Si (4+), have a permanent
negative charge (MOORE and REYNOLDS, 1997). In smectites, that negative charge is
balanced by cations in the interlayer region, such as Ca2+, K+, Mg2+, and Na+. The
interlayer space in smectites is large compared to other SSM, which results in smectites
swelling in the presence of water because water moves in the interlayer space and
expands the unit cell. Because smectite expands when wet, it is a particularly attractive
material for lining waste disposal sites. Smectites typically form in cool soils and often
from mafic materials such as volcanic ash deposits.
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Smectite dissolution experiments were conducted with batch reactors, CSTR, and
NSTR (Table 2.8). In most experiments, smectite dissolved non-stoichiometrically. The
interlayer cations were usually released much more quickly than elements from the
tetrahedral or octahedral sheets. At pHs ranging from pH 4 up to 9-10, Si was
preferentially released into solution relative to Al. Most researchers hypothesized that Al
was initially released into solution but subsequently precipitated as an amorphous or
poorly crystalline Al phase due to gibbsite saturation (e.g., GOLUBEV et al., 2006).
Smectite dissolution rates measured in batch and FT reactors were relatively similar. One
early study, which reported only weight-normalized dissolution rates found that
dissolution rates in batch reactors were three time faster than dissolution in FT, which the
authors attributed to aggregation and clumping of smectite grains in the FT (FURRER et
al., 1993). Batch experiments matched well with other studies when surface-normalized
dissolution rates were compared (BAUER and BERGER, 1998; ROZALÉN et al., 2008,
submitted-b).
Smectite dissolution rates were fastest at low and high pH and slowest between
pH 7 and 8 (Figure 2.7). The empirical best fit to smectite dissolution rates included data
from several studies (BAUER and BERGER, 1998; HUERTAS et al., 2001; GOLUBEV et al.,
2006; ROZALÉN et al., 2008, submitted-b). Dissolution experiments conducted at 20°C
(HUERTAS et al., 2001) and 35°C (BAUER and BERGER, 1998) were adjusted to 25°C
using the Arrhenius equation (2.12) and an activation energy of 30.5 kJ/mol (HUERTAS et
al., 2001) and 65 kJ/mol (BAUER and BERGER, 1998), respectively. The best-fit rate
equation for smectite was:
( 2.12)
See Table 2.9 for errors associated with the fit. Data from Amram and Ganor (2005) were
excluded from the fit due to a much different pH-dependence than seen with the other
datasets. Dissolution rates from shaken batch reactors were excluded because they were
faster than the other studies (ZYSSET and SCHINDLER, 1996). The faster rates observed by
Zysset and Schindler (1996) may be due to the creation of ultrafine particles by the
collision of smectite grains in the reactor and to the shorter experimental duration of their
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experiments; an increase in the dissolution rate was observed after ~120 hours, which
again may be the result of the creation, and subsequent dissolution, of ultrafine particles.
Weight-normalized smectite dissolution rates were also compiled (Figure 2.7).
The relationships between the dissolution experimental data sets look quite similar
between the surface-area and the weight-normalized rates with a few minor differences.
In both plots, the Amram and Ganor (2005) rates have a higher pH-dependence than the
other data sets. Rates from the earlier batch experiments are still faster than the other
experiments (FURRER et al., 1993; ZYSSET and SCHINDLER, 1996) although the difference
is slightly reduced for the weight-normalized rates (ZYSSET and SCHINDLER, 1996). The
best-fit equation to the weight-normalized smectite dissolution data was:
( 2.13)
See Table 2.9 for errors associated with the fit.
Smectite dissolution rates were similar when dissolved in HClO4 and HNO3
(AMRAM and GANOR, 2005), suggesting that the ClO4 anion does not affect smectite
dissolution rates as it did gibbsite dissolution rates. Dissolution rates in acidic solution
remained the same when ionic strength was increased from 0.03 to 0.1M and increased
when ionic strength was raised from 0.1 to 1M (ZYSSET and SCHINDLER, 1996).
At concentrations higher than 10-3 M, Smectite dissolution rates increased in the
presence of some organic ligands: citrate, oxalate, 3,4-DHBA, and EDTA (Figure 2.7).
Dissolution rates were inhibited by acetate, gluconate, alginate, H2PO4, glucsamine, and
glucuronate at concentrations greater than 10-3 M (Figure 2.7). However, as noted earlier
(section 2.3.5), ligand concentrations in natural systems are typically <10-3 M (DREVER
and STILLINGS, 1997).
2.4.7. Temperature
Of course, gibbsite and SSM dissolution at temperatures other than 25°C will be
modeled. To facilitate that modeling, apparent activation energies have been compiled in
Table 2.10 with apparent activation energies as reported in the original publications
unless otherwise noted. The activation energies are called apparent activation energies
because the numbers are calculated for multiple step reactions rather than an elementary
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reaction and because numbers include the activation energy of the rate-limiting step and
the enthalpy of the reaction (BRANTLEY and CONRAD, 2008). Additionally, the solubility
of some minerals, such as kaolinite, decreases with temperature. Thus dissolution
experiments, particularly batch experiments performed at near-neutral pHs, may more
quickly approach equilibrium at high temperatures than at low temperatures resulting in a
slower dissolution rate because of the approach to equilibrium (CAMA et al., 1999). The
dependence of dissolution rates on pH changes with temperature (e.g., CARROLL-WEBB
and WALTHER, 1988). As a result, the apparent activation energies vary across the pH
range with larger apparent activation energies at low and high pHs and smaller apparent
activation energies at circumneutral pHs. In modeling applications, apparent activation
energy for the pH range most applicable to the system being modeled should be used.
The equation used in this paper to recalculate selected dissolution data to 25°C or to
calculate apparent activation energies was:
( 2.14)
where kT is the rate at the temperature of interest, kT,R is the rate at the reference
temperature (298 K), Ea is the activation energy (kJ mol--1), R is the gas constant (kJ K-1
mol -1), T is the temperature of interest, and TR is the reference temperature (OLSEN and
RIMSTIDT, 2007).
2.4.8. Changes in dissolution rate with approach to chemical equilibrium
Transition state theory (TST), the theoretical underpinning for much of the
understanding of mineral dissolution and precipitation kinetics, in its most basic form
assumes that rates are faster under far-from-equilibrium conditions, slow linearly with
changes in free energy (ΔGr) as chemical equilibrium is approached, and are reversible
(e.g., BRANTLEY, 2004). Most experimental data sets, such as the data sets used in the
best fits in this chapter, are collected at far-from-equilibrium conditions where data are
less ambiguous. Dissolution data sets collected under near-equilibrium conditions do not
seem to fit with the basic TST understanding that rates decrease linearly with ΔGr (e.g.,
BURCH et al., 1993; CAMA et al., 2000; BEIG and LUTTGE, 2006; HELLMANN and
TISSERAND, 2006). Instead, most dissolution rates for data sets collected at ambient or
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near-ambient conditions change sigmoidally with ΔGr including rates for gibbsite at 80°C
(NAGY and LASAGA, 1992), gibbsitic bauxite at 25°C (MOGOLLON et al., 1996), kaolinite
at 80°C (NAGY et al., 1991), and smectite at 80°C (CAMA et al., 2000).
An alternative model from experimental data proposed that dissolution rates are
inhibited by cations in solution (OELKERS et al., 1994; DEVIDAL et al., 1997). Most of the
data supporting this alternative model was collected at higher temperatures (~150°C)
where rates slow more linearly with approach to equilibrium and vary as a function of
aqueous Al concentrations (out to very low ΔGr numbers) with higher Al concentrations
inhibiting dissolution of aluminosilicate minerals, including sheet silicates such as
kaolinite (DEVIDAL et al., 1997). Some evidence exists for Al inhibition effects on
chlorite dissolution at low temperatures (LOWSON et al., 2005; LOWSON et al., 2007).
Other experiments found that aqueous Al did not inhibit kaolinite dissolution at 25°C
(CAMA et al., 2002; YANG and STEEFEL, 2008) but did at 50° and 70°C (CAMA et al.,
2002).
When modeling natural systems, the chemistry of the system should play a role in
determining the form of the rate law used for modeling. A modeling study of plagioclase
dissolution in two different soil and saprolite systems (see chapter 4) found that most
plagioclase dissolution occurred under near-equilibrium conditions. As a result, the use of
a sigmoidal rate law decreased model adjustments (to reactive surface area) necessary to
successfully predict field data.
2.4.9. Precipitation
Compared to dissolution kinetics, many fewer experiments have been conducted
on precipitation kinetics. In short, gibbsite and kaolinite precipitation rates at higher
temperatures (50-80°C) appeared to vary linearly with ΔGr when close to chemical
equilibrium (NAGY et al., 1991; NAGY and LASAGA, 1992; BÉNÉZETH et al., 2008). At
22°C, kaolinite precipitation rates appeared to vary linearly with ΔGr initially (105 hours)
but then slowed by an order of magnitude (YANG and STEEFEL, 2008). They found that
kaolinite precipitation rates over longer durations remained slow and followed a twodimensional nucleation model. Not enough precipitation data exist to indicate how
precipitation rates vary with pH for gibbsite or any of the SSMs. In the absence of
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precipitation rate versus pH data, dissolution rate versus pH data offer the best proxy for
modeling gibbsite and SSM precipitation in natural systems.
2.5. Summary
Dissolution rates fell into two groups: faster dissolution rates for gibbsite, δAl2O3, and chlorite and slower dissolution rates for illite, kaolinite, smectite, and
vermiculite (Figure 2.8). The order of reaction with respect to proton concentrations was
lowest for kaolinite (0.15), similar for δ-Al2O3, chlorite, and smectite, and vermiculite
after 4500 hours of dissolution (0.24-0.33), and highest for gibbsite, illite, and
vermiculite with <10% dissolved (0.44-0.51, Equation 2.1, Table 2.9). The order of
reaction with respect to hydroxyl concentrations for chlorite, illite, and smectite
dissolution rates was similar (0.24-0.39, Table 2.9). Kaolinite and δ-Al2O3 have a larger
order of reaction under slightly alkaline to alkaline conditions (0.64 and 0.89, Table 2.9).
Surface-area normalized rates for the clay SSMs were similar, particularly between pH 4
and 10 where the maximum difference between rates was <0.5 log units. The similarity of
the rates suggests that in addition to far-from equilibrium kinetic data, the changes in
dissolution rates as chemical equilibrium is approached and the thermodynamics of the
sheet silicates must be understood to effectively model gibbsite and SSM dissolution in
natural systems. Although gibbsite dissolution rates are faster at acidic pHs than for the
secondary SSMs, the extremely low solubility of gibbsite should result in a rapid
approach to equilibrium and little dissolution of gibbsite in most natural environments.
Promotion or inhibition of dissolution by organic ligands occurs for gibbsite,
kaolinite, and smectite. However, the concentrations necessary to promote or inhibit
dissolution (>10-3 M) were higher than the concentrations found in the bulk solution of
most soil and saprolite environments (DREVER and STILLINGS, 1997). The promotion of
gibbsite, kaolinite, chlorite, and presumably other SSM dissolution by SO4 is likely to be
important in some natural environments, particularly those affected by acid mine or acid
rock drainage, and should be taken into account in such environments.
The compilation and synthesis of gibbsite, δ-Al2O3, and SSM dissolution data
along with other important information will be useful for modeling natural systems.
Synthesis of dissolution data allows for the development of more robust kinetic rate laws
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than can be developed from single kinetic data sets. Additionally, the pH-dependence of
gibbsite and SSM dissolution rates are the best proxy for the pH-dependence of
precipitation of those same minerals.
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2.6. Appendix
Details of the calculation (or recalculation) of selected dissolution rate data are
described in this appendix.
2.6.1. Kaolinite
Steady-state dissolution rates for kaolinite were calculated from the Si release
data of Bauer and Berger (1998) for the experiments with the highest solution to mineral
ratio (240:1). Rates were calculated using the following equation for a batch reactor:
( 2.15)
where r is the rate (mol m-2 s-1), As is the specific surface area (m2 g-1), which is usually
measured by BET, m is the mass of mineral (g) used in the experiment, and nZ is the
amount of the element of interest Z released from the mineral (BRANTLEY and CONRAD,
2008). Values of nZ were calculated as a function of time from:
( 2.16)
Here, nZ,t is the total amount of the element of interest released to solution at time t, nZ,t-1
is the amount of the element of interest released at time t-1, [Z]t and [Z]t-1 are aqueous
concentrations (mol l-1) of the element of interest at times t and t-1, respectively, and Vt-1
is the volume remaining in the batch reactor at time t-1 (BRANTLEY and CONRAD, 2008).
Rates were calculated for the same extent of dissolution (~20%): 75 days for an initial pH
= 12.56 and 15 days for initial pH = 13.18 and 13.44. The surface area (and mass) used to
normalize the rates was assumed to equal the average values during the time intervals
over which the rate was calculated. It was assumed that sampling did not alter the
solution to mineral ratio throughout the experiments.
2.6.2. Smectite
Smectite dissolution rates were calculated from Si release data measured for
experiments in batch reactors by Bauer and Berger (1998). Data from the experiments
with the highest solution to mineral ratio (240:1) were used. Rates were calculated using
equation (2.14). The total surface area (and mass) used to normalize the rates was
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assumed to equal the average values during the experiment.

Sampling during the

experiment was assumed not to have altered the solution to mineral ratio.
The weight-normalized smectite dissolution rates of Amram and Ganor (2005)
measured in a NSTR were recalculated to surface area-normalized rates using the
following equation:
( 2.17)
where r is the rate (mol m-2 s-1), Q’ is the flow rate (l), [Z]o and [Z]i are aqueous
concentrations (mol l-1) of the element of interest at the outlet and inlet, respectively, As is
the specific surface area (m2 g-1), which is usually measured by BET, and m (g) is the
mass of mineral used in the experiment (BRANTLEY and CONRAD, 2008). The surface
area used to calculate the rate, 127 m2 g-1, from the data of Amram and Ganor (2005) was
the specific surface area measured for the same smectite after steady state dissolution was
achieved (METZ et al., 2005b) .
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Table 2.1: BET to Edge Surface Area

Mineral
gibbsite
kaolinite

Sample name
synthetic
KGa-1

BET SSA
(m2 g -1)
4
10.1c

Edge SSA
(m2 g -1)
1.5
nr

Edge surface area
/ Total surface
areaa
(%)
37.5b
27.3d

KGa-1
KGa-1b

15.3
11.3

nr
3.39

26-31e
30.0d

KGa-1b

12.5

2.13

17

KGa-2

24.1

4.39

18.2d

KGa-2

22.4

4.03

18

KGa-2

20.6
16.5g
16.9
50.3g
171
150.6g
4
7.7
21.3h
34j
127l
114

3.0
2.3g
2.4
7.3g
38
29.2g

15
14g
14
14g
22
20g
2.7
0.7
25.9i
14.4k
19.7 k
19.2-32.0

Khg
illite

Illite du Puy

smectite

Kunipia-P
Kunipia-P
SAz-1
SAz-1
SHCa-1

5.3
4.9
25
21.9-36.5m

Reference
Jodin et al. (2004)
Bickmore et al.
(2002)
Zbik & Smart (1998)
Bickmore et al.
(2002)
Sutheimer et al.
(1999)
Bickmore et al.
(2002)
Sutheimer et al.
(1999)
Hassan et al. (2006)
Hassan et al. (2006)
Hassan et al. (2006)
Kuwahara (2006)
Yokoyama et al.
(2005)
Metz et al. (2005b)
Metz et al. (2005b)
Bosbach et al. (2000)

nr: not reported
a

Total surface area (TSA) is the surface area of the basal planes plus the edge surface area (ESA).
ESA to BET SSA ratio reported rather than ESA to TSA.
c
TSA was calculated from particle size data measured by atomic force microscopy (AFM). The SSA calculated from
their TSA measurements, particle volume, and particle density was within 4% of the BET values compiled for KGa-1
(BICKMORE et al., 2002).
d
Included contributions from steps on the basal plane.
e
The smaller number is the ESA reported for the sheet edges. The larger number is the ESA reported for the sheet
edges and for step edges on the basal plane.
g
Top value measured by BET (low-pressure argon adsorption). Bottom value measured by AFM. BET SSA is equal to
TSA for these experiments.
h
Smaller surface area was measured on a sample that had been dissolved in 0.3M NaCl for 2 days at 25°C. Larger
surface area was measured on a sample that had been dissolved in 0.3M NaOH for 2 days at 25°C.
i
Lower number is the ESA to TSA ratio. The lower number is the Edge SSA to BET SSA ratio (based on larger SSA).
j
Values from initial BET SSA measured and edge SSA calculated from weighted average by particle size.
k
Edge SSA to BET SSA.
l
Values from BET SA measured after steady state dissolution and edge SSA calculated from cumulative surface areas,
which has been argued to be a better way to calculate edge SA (BICKMORE et al., 2002).
m
Determined to be 3-5% of TSA (730 m2 g-1).
b
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Table 2.2: Gibbsite
BET
SSA
(m2 g -1)
1.82

Particle
diameter
(µm)
0.2-20

Log K
(25°C)
nr

Reactor type
Batch

7.51a
7.67b
0.6

<1

nr

Batch

2-30

8.04c

Batch; CSTR

Source
Fisher Chemical Company Reagent-grade (FF)
Commercial hydrated
alumina (C-730)
Merck (p.a. 1093)

<43

5.00

f

CSTR; PFRg

ALCOA C-31h

<350

7.74i
7.83j

Batch

Gibbsitic bauxite (Los
Pijiguaos)

d

0.37
0.39e
9.9

Reference(s)
Bloom (1983)
Bloom (1983)
Bloom & Erich (1987)
Dietzel & Bohme (2005)
Nagy & Lasaga (1992)
Ganor et al. (1999)
Mogollon et al. (1996)
Mogollon et al. (2000)

nr: not reported
a

From Bloom (1983).
From Bloom & Erich (1987).
c
Used value from Singh (1974).
d
From Nagy & Lasaga (1992).
e
From Ganor et al. (1999).
f
Determined at 80°C (NAGY and LASAGA, 1992).
g
Nagy & Lasaga (1992) used only stirred-flow through reactors. Ganor et al. (1999) used both reactor types.
h
Used in numerous other gibbsite dissolution and solubility experiments (e.g., PALMER and WESOLOWSKI, 1992;
WESOLOWSKI, 1992; WESOLOWSKI and PALMER, 1994; RIDLEY et al., 1997).
i
Both Peryea and Kittrick (1988) and Palmer and Wesolowski (1992) calculated the same log K value.
j
From Mogollon et al. (1996) experiments.
b
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Table 2.3: δ-Al2O3
BET
SSA
(m2 g -1)
113a
100b

Particle
diameter
(µm)
nr

Log K
(25°C)
nr

Reactor type
Batch; CSTRc

Source
Aluminiumoxid C,
DEGUSSA

References
Furrer & Stumm (1986)
Kraemer et al. (1998)

nr: not reported
a

From Furrer and Stumm (1986).(1986).
From Kraemer et al. (1998).
c
Furrer & Stumm (1986) used batch reactors. Kraemer et al. (1998) used stirred flow-through reactors.
b
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Table 2.4: Kaolinite
BET
SSA
(m2 g -1)
3.17

Particle
diameter
(µm)
5-10

Log K
(25°C)
nr

Reactor type
CSTR

7.5

nr

8.9b

CSTR

6.4c

nr

nr

NSTR; CSTR

8.16

0.5-2

7.43d

Batch

9.68

nr

nr

8.1

nr

Batch

Source
Decazeville, France (highly
crystalline hydrothermal
kaolinite)
Dry Branch, Georgia, USA
(Georgia Kaolin Co.)
Dry Branch, Georgia (KGDB,
Georgia Kaolin Co., Inc.)
Twiggs County, Georgia, USA
(Ward’s Scientific)
Aglie SEC

8.9

b

NSTR

KGa-1

Cama & Ganor (2006)

b

NSTR

KGa-1B

Cama & Ganor (2006)

KGa-1b, Clay Mineral Society
Source Clay Repository
KGa-1b, Clay Mineral Society
Source Clay Repository
Washington County, Georgia,
USA

Sutheimer et al. (1999)

10.5
10.9e
12.6

nr

8.9

<0.586f

nr

Batch

13.1

nr

nr

na

11.2

0.40-1.0

nr

Batch

11.72

0.40-1.0

nr

Batch

13.2
15.4g

nr

7.43d

Batch

17.5

0.15-4

nr

CSTR

18.5

nr

8.9b

NSTR

19.4h

nr

nr

NSTR; CSTR

21.7

nr

nr

na

22.2

<0.359d

nr

Batch

27.0

nr

nr

Batch

St. Austell, UK (Supreme,
English China Clays)
St. Austell, Cornwall, UK
(China Clay Supreme, English
Clays Lovering Pochin & Co)
Twiggs County, Georgia, USA
(Ward’s Scientific)
Warren County, Georgia, USA
(KGa-2, Clay Mineral Society
Source Clay Repository)
KGa-2 (Clay Mineral Society
Source Clay Repository)
KGa-2, Clay Mineral Society
Source Clay Repository
KGa-2, Clay Mineral Society
Source Clay Repository
Hongxing Pottery (Jingdezhen
City of Jiangxi Province,
China)

Reference(s)
Devidal et al. (1997)

Ganor et al. (1995)
Metz & Ganor (2001)
Huertas et al. (1998; 1999)
Chin & Mills (1991)

Dogan et al. (2006)
Carroll-Webb & Walther
(1988)
Carroll & Walther (1990)
Bauer & Berger (1998)
Wieland & Stumm (1992)
Nagy et al. (1991)
Cama et al. (2002)

Metz & Ganor (2001)
Dogan et al. (2006)
Sutheimer et al. (1999)
Wang et al. (2005)

na: not applicable
nr: not reported
a

Determined by SEM unless otherwise noted
Calculated from log K (80°C ) = 3.75 (NAGY et al., 1991).
c
Initial surface area. Final surface areas were higher by 2-28% and are listed in the original paper for each experiment.
d
From May et al. (1986) who measured the solubility of Dry Branch, Georgia kaolinite.
e
BET specific surface area (SSA) before and after pretreatment.
f
Mean diameter as measured by AFM on pretreated clays.
g
Smaller number is the measured BET SSA for the raw material and the larger number is the measured BET SSA after
pretreatment. Note that the SSA was the same within for either of the pretreatment steps performed.
h
Initial surface area. The final surface areas were the same within uncertainty for most experiments and listed in the
original paper for each experiment.
b

1.1

1.41

1.44

1.6

6.7

4.38
3.36e

Mineral composition
(Mg2.68Al1.31Fe1.97)(Si2.78Al1.23)O 10(OH)8

(Mg2.77Fe(II)1.51Fe(III)0.47Al1.24)(Si2.67Al1.33)O10(OH)8

(Mg2.76Fe(II)1.90Fe(III)0.07Al0.97)(Si2.48 Al1.52)O 10(OH)8

(Mg2.80Fe(II)1.95Al1.25)(Si2.75Al1.25)O10(OH)8

(Mg3.17Fe(II)1.14Fe(III)0.47Al1.24)(Si2.67Al1.33)O10(OH)8

(Mg4.72Fe(II)0.36Al0.84)(Si3.24Al0.70Fe(III)0.07)O10(OH)8c

(Mg4.90Al0.7Fe(II)0.1Fe(III)0.1)(Si3.5Al0.5)O 10(OH)8
e

nr

nr

<25d

75-125
125-300

same

nr

42.3b

67.2391
70.6124
32.8416a

Log K
(25°C)
nr

63-200

38-125

38-75

63-200

Particle
diameter
(µm)
125-250

Mössbauerf

Mössbauer

Titration

ammonium
vanadate
method
All Fe
assumed to
be Fe(II)

Titration

How
Fe(II)/Fe(III)
determined
All Fe
assumed
Fe(II)

Thin-film flowthrough

Thin-film flowthrough

AFM; CSTR

Batch

Plug-flow
(column)

AFM; CSTR

Reactor type
CSTR

Department of
Environmental Sciences,
University of CaliforniaRiverside, California,
USA
Mangalapur, India (MaIn
from Institut fur
Mineralogie, Universitat
Munster, Germany)
Taberg, Sweden
(Naturhistoriska
Riksmuseet, Stockholm,
Sweden #89530)
Naturhistoriska
Riksmuseet, Stockholm,
Sweden (#740665)

Source
Source Clay Mineral
Repository, University of
Missouri, Columbia, MO,
USA
Flagstaff Hill, California,
USA (Source clay for
CCa-2, Clay Mineral
Society)
Siertronics Ltd (Canberra,
Australia)

Malmström et al.
(1996)

Gustafsson et al.
(2003)

Brandt et al. (2003)

Hamer et al. (2003)

Lowson et al. (2005);
Lowson et al. (2007)

Brandt et al. (2003)

Reference(s)
Rochelle et al. (1995)

Brandt et al. (2003) reported using log K values from the PHREEQC database (PARKHURST and APPELO, 1999). It should be noted that the PHREEQC database does not contain log
K values for chlorite but the Lawrence Livermore database (llnl.dat based on thermo.com.V8.R6.230) that accompanies PHREEQC does contain log K values for chlorite minerals.
The log K values reported are for the 14Å and 7Å clinochlore (Mg-rich chlorite endmember (Mg5Al2Si3O 10(OH)8) and for chamosite (Fe-rich chlorite endmember (Fe5Al2SiO5(OH)4),
respectively.
b
Lowson (2005) used values from HATCHES database. Lowson et al. (2007) calculated log K for ripidolite using values from the literature (KITTRICK, 1982).

a

nr: not reported

BET
SSA
(m2 g -1)
0.893

Table 2.5: Chlorite
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d

Unlike other papers, Fe was reported in tetrahedral layer.
Reported <25mm but assumed the authors meant <25µm.
e
Reported two size fractions. It was unclear if one or both size fractions were used in experiment.
f
The proportion of Fe(II) as measured with spectrophotometry was 71% of total

c

Fe

versus

the

52%

as

measured

using

Mössbauer

spectroscopy.
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nr: not reported

Mineral composition
Ca0.01Na0.01K1.05Mg0.35(Fe3+0.23Fe2+0.06Mn0.003Mg 5.66)(Si5.93Al1.77Fe3+0.30)O20(OH)4

Table 2.6: Vermiculite

BET
SSA
(m2 g -1)
14.4

Particle
diameter
(µm)
~5
Log K
(25°C)
nr

Reactor
type
Batch;
CSTRc
Source
Far. Krantz,
Bonn, Germany
(Chile)

Reference(s)
Kalinowski & Schweda
(2007)
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BET
SSA
(m2 g -1)
130

Particle
diameter
(µm)
0.1-0.3
Log K
(25°C)
6.58a
Reactor type
Batch; CSTRc

Source
Illite du Puy (Massif
Central, France)

b

Average aggregate size for sodium-exchanged illite used in this study. Samples included larger aggregates up to 8 µm in diameter.
Calculated using method of Vieillard (2000).
c
Kohler et al. (2003) used batch reactors. Kohler et al. (2005) used CSTRs with the illite grains contained in a dialysis bag.

a

Mineral composition
K0.53Na0.13Ca0.01(Al1.27Fe(III)0.36Mg0.44)(Si3.55Al0.45)O 10(OH)2

Table 2.7: Illite

Reference(s)
Kohler et al. (2003;
2005)
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nr

nr

16-32
21.4f
23h
22.7

48k
64m

(Na0.77Ca0.08)(Mg 0.59Fe0.40Al3.00)(Al0.32Si7.68)O20(OH)4 c

K0.62(Al3.02Fe0.41Mg0.57)(Si7.95Al0.05)O20(OH)4e

(K0.19Na0.51Ca0.18)(Al2.56Mg1.02Fe0.42)(Al0.23Si7.77)O 20(OH)4

Ca0.52K0.01Na0.14(Al3.23Fe(III)0.42Mg0.56)(Si7.89Al0.11)O 20(OH)4i

(Ca0.06Na0.56)(Al3.08Fe(III)0.38Mg0.54)(Si7.93Al0.07)O 20(OH)4j

K0.04Ca0.5(Al2.8Fe(III)0.47Fe(II)0.06Mg 0.7)(Si7.65Al0.35)O 22

nr

nr

nr

nr

nr

14.5

(K0.35Na0.35Ca0.06)(Mg0.53Fe0.09Al1.56Ti0.01)(Al0.13Si3.87)O10(OH)2

nr

781.0

7.7
21.3b
11.72e

Total
SSA
(m2 g -1)
750

BET
SSA
(m2 g -1)
4

Na0.4475K0.012Ca0.0984(Al3.105Fe(III)0.3128Fe(II)0.0443Mg0.5109)(Si7.98Al0.02)O22

Mineral composition (as used in experiment)
(K0.02Na0.78Ca0.12)(Al3.02Mg0.66Fe0.18Ti0.02)(Al0.26Si7.74)O20(OH)4

Table 2.8: Smectite

<0.2

<0.1

nr

nr

nr

1-100d

nr

<0.2

nr

Particle
diamet
er (µm)
<1

Batch

CSTRl

na

Batch; CSTR

Batch;
CSTRg

NSTR

Batch

Batch

AFM; batch

Reactor type
AFM

SWy-2 (Clay Mineral
Society Source
Repository)
Ibeco industrial bentonite
(ICO and IBECO,
Germany)

Source
Kunipia-P (Kunimine
Industry Co. Ltd)
Kunipia-P, Yamagata
Prefecture, Japan
(Kunimine Industry Co.
Ltd)
Ceca industrial bentonite
(BRGM, France)
Kunipia-F (Kunimine
Industries Co. Ltd from
Tsukinuno Namontmorillonite, Japan
Clay Science Society,
#JCSS-3101)
SWy-1 (Clay Mineral
Society Source
Repository)
Crook County, Wyoming,
USA montmorillonite
(SWy-1)
Bentonitic smectite,
Serrata de Jijar, Almeria,
Spain
SWy-2 (Clay Mineral
Society Source
Repository)

Bauer & Berger (1998)

BET- Dogan et al.
(2006)
Chemistry - Mermet &
Cano (2001)
Golubev et al. (2006)

Furrer et al. (1993);
Zysset & Schindler
(1996)
Cama et al. (2000)

Metz et al. (2005a)

Takahashi et al. (2007)

Bauer & Berger (1998)

Yokoyama et al. (2005)

Reference(s)
Kuwahara (2006)

56

57.0
34p
65.2

34n

111
114

nr

(K0.20Na0.20Ca0.18Mg0.18)(Al2.83Mg 0.89Fe0.37)(Al0.42Si7.58)O 20(OH)4

(K0.02Na0.05Ca0.41Mg0.18)(Mg1.11Fe0.17Al2.77)(Al0.3Si7.7)O 20(OH)4o

Ca0.88K0.05Na0.01(Al2.96Fe(III)0.18Mg1.32Ti0.02)(Si7.86Al0.14)O20(OH)4i

(K0.03Na0.08Ca0.01Mg0.31)(Mg0.83Fe0.19Al3.03)(Al0.07Si7.93)O 20(OH)4 r

K0.88 (Al2.54 Fe(III)0.45 Mg1.12) (Si7.91 Al0.09) O20(OH)4s

Na0.80(Mg5.30Li0.70)(Si7.90Al0.10)O 20(OH)4

Na0.96(Fe(III)3.96Mg 0.02Ti0.02)(Si6.94Al1.06)O 20(OH)4
nr

730

nr

nr

nr

753

649

nr

<2

<2

nr

1-100d

nr

1-100d

nr

1-100d

AFM

AFM

Batch; CSTR

NSTR

na

NSTR;
CSTRq

Batch

NSTR

SAz-1 (Clay Mineral
Society Source
Repository)
Cabo de Gata, Cortijo de
Archidona deposit
(Almería, Spain)
Hectorite, SHCa-1,
Hector, California, USA
(Clay Mineral Society
Source Repository)
Nontronite, Garfield,
Washington, USA (#33A,
Ward’s Scientific)

STx-1 (Clay Mineral
Society Source
Repository)
Bentonite, Serrata de Jijar,
Almeria, Spain
SAz-1 (Clay Mineral
Society Source
Repository)
SAz-1 (Clay Mineral
Society Source
Repository)

Bickmore et al. (2001)

Rozalén et al. (2008,
submitted-a; 2008,
submitted-b)
Bosbach et al. (2000);
Bickmore et al. (2001)

Amram & Ganor
(2005); Metz et al.
(2005b)
BET- Dogan et al.
(2006)
Chemistry - Mermet &
Cano (2001)
Metz et al. (2005a)

Huertas et al. (2001)

Metz et al. (2005a)

b

Edge surface area (ESA) was estimated by the authors of this paper using the ESA/total surface area (TSA) ratio of 20 experiments and the reported TSA.
Smaller surface area was soaked in 0.3M NaCl for 2 days at 25°C. Larger surface area was soaked in 0.3M NaOH for 2 days at 25°C.
c
Based on bulk chemical analysis of raw sample and steady state dissolution Al/Si ratio. Metz et al. (2005a) also included structural formula
(Ca0.39)(Mg0.45Fe0.42Al3.13)(Al0.34Si7.66)O 20(OH)4 from Komadel et al. (1991) 7th Euroclay Conference, 605-610 for Ca-saturated sample.
d
Aggregates and accessory minerals (including quartz and feldspar grains).
e
Furrer et al. (1993) actually reported as K 0.310(Al1.509Fe0.205Mg0.286)(Si3.976Al0.024)O 10(OH)2. Zysset & Schindler (1996) reported a slightly different composition with
K0.318(Al1.509Fe0.205Mg0.283)(Si3.975Al0.025)O 10(OH)2. The dissolution rate as plotted was calculated with 20 oxygen atoms.
f
Measured by Zysset & Schindler (1996). Furrer et al. (1993) don’t report specific surface area (SSA).
g
Furrer et al. (1993) used both batch and CSTRs. Zysset & Schindler (1996) used only batch reactors.
h
BET SSA 62 m2 g-1 before pretreatment. Final BET SSAs for each experiment were reported to range from 10-85.7 m2 g -1. The final SSA were used for surface-area
normalization.

a

na: not applicable
nr: not reported

55-83

(K0.03Na0.11Ca0.33Mg0.10)(Mg0.83Fe0.16Al3.06)(Al0.32Si7.68)O 20(OH)4 n
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From chemical analysis of raw minerals. Authors suggest that discrepancies relative to idealize formula are the result of impurities in the minerals. Note that the charge of the
octahedral layer is greater than 4 (4.48 for SAz-1, 4.21 for SWy-2).
j
Converted to sodium form.
k
Final BET SSAs were the same as the initial BET SSA within uncertainty with the exception of the sample dissolved in the presence of EDTA (final BET SSA 61 m2 g-1).
Golubev et al. (2006) normalized their dissolution rates to the initial surface area.
l
The smectite grains were contained in a dialysis bag.
m
Final BET SSAs were same within error (10%) of initial BET.
n
Based on bulk chemical analysis of raw sample and steady state dissolution Al/Si ratio.
o
Corrected for silica-rich phase (assumed amorphous silica) leached out during dissolution experiment.
p
Other investigators reported higher values (74-97 m2/g) with Metz et al. (2005b) attributing the difference to the preparation, primarily the degassing time. Final BET SA was 127
m2 g-1 after steady-state dissolution was achieved.
q
Amram & Ganor (2005) used NSTRs. Metz et al. (2005b) used CSTRs.
r
Based on SEM-EDS analysis of sample from steady state dissolution experiment
s
Formula after conversion to K-montmorillonite by dispersion in 0.5M KCl solution.

i
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Table 2.9: Best fit parameters

Mineral
gibbsiteb
δ-Al2O 3
kaolinite
chlorite
vermiculite
(>4500 hr) c
vermiculite
(<10% dissolved)c
illite
smectite
(surface areanormalized)
smectite
(weightnormalized – mol
g-1 s-1)

kH+ at pH 0
(mol m -2 s-1)a
7.464 x 10-11
3.386 x 10-13
± 1.41 x 10-11
7.153 x 10-14
± 1.23 x 10-14
1.670 x 10-11
± 4.23 x 10-12
4.130 x 10-12

0.323 ± 0.042

1.968 x 10-11

0.444

1.587 x 10-12
± 4.76 x 10-13
2.362 x 10-13
± 6.95 x 10-14

0.512 ± 0.048

3.362 x 10-11
± 5.63 x 10-12

0.306 ± 0.021

One sigma uncertainties are reported.
a

See equation 2.1 for form of rate equation.
R2 value for linear fit is 0.68.
c
R2 value for linear fit is 0.95.
d
R2 value for linear fit is 0.99.
b

m
0.495

0.151 ± 0.018
0.256 ± 0.024

kOH- at pH 14
(mol m -2 s-1)

n

4.642 x 10-09
± 1.99 x 10-09
5.335 x 10-11
± 1.01 x 10-11
1.006 x 10-11
± 7.89 x 10-12

0.635 ± 0.034

3.245 x 10-13
± 1.10 x 10-13
3.252 x 10-13
± 5.56 x 10-14

0.278 ± 0.047

1.338 x 10-11
± 2.43 x 10-12

0.242 ± 0.019

0.894 ± 0.030
0.388 ± 0.095

0.327

0.242 ± 0.032

0.298 ± 0.027
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Table 2.10: Activation energies

Mineral
chlorite
″

pH range
3-4
7-10

40.5

25-95

Reference(s)
Lowson et al. (2007)
″

gibbsite
″

1.75

60-68a

25-55

Bloom (1983)

b

63.5

10-40

Bloom & Erich (1987)

c

59.5

10-40

Bloom & Erich (1987)

″

1.75-2.19

2.27-2.93
d

″

2.31

64

10-40

Bloom & Erich (1987)

″

acidic

47.5

25-80

″

circumneutral

61.2

25-80

Palandri & Kharaka (2004)
compilatione
″

″

basic

80.1

25-80

″

illite
″

acidic

46

5-50

circumneutral

14

5-50

Kohler et al. (2003)
″

″

basic

67

5-50

″

kaolinite
″

1 -> 7f

66.9 -> 7.11

25-80

Carroll & Walther (1990)

1.5-3.0

g

78.4

25-70

Cama et al. (2002)

″

3.1-3.2

h

31.4

25-80

Ganor et al. (1995)

″

acidic

65.9

25-230

″

circumneutral

22.2

25-230

Palandri & Kharaka (2004)
compilation
″

″

basic

17.9i

25-230

″

14.2 -> 41.4

25-80

Carroll & Walther (1990)

35-80

Bauer & Berger (1998)

″

a

Temperature
range
(°C)
25-95

Apparent Ea
(kJ mol-1)
94.3

8 -> 12

j

k

″

12.5

67

smectite
″

1.1 -> 4.3

49.8 -> 14.3l

25-80

Amram & Ganor (2005)

1.0 -> 5.8

80.0 -> 21.4

m

25-70

″

acidic

23.6

25-80

″

circumneutral

35.0

25-80

Rozalén et al. (2008, submitteda; 2008, submitted-b)
Palandri & Kharaka (2004)
compilation
″

″

basic

58.9

25-80

″

″

8

30.5

20-60

Huertas et al. (2001)

25-70

Rozalén et al. (2008, submitteda; 2008, submitted-b)
Bauer & Berger (1998)

″

8.4 -> 13.4

-20.1 -> -80.2

″

12.5

65

n

35-80

Bloom (1983) reported 60 kJ mol-1 in one section of the paper and 68 kJ mol
b
For dissolution in 0.1M KNO3/HNO3 solution
c
For dissolution in 0.1M K2SO4/H2SO4 solution

61
d

For dissolution in 0.0001M KH2PO4 solution
Based on only two papers with data points at pH 3 (NAGY and LASAGA, 1992) and pH ~12-14 (PACKTER
and DHILLON, 1974).
f
The apparent activation energy declined with increasing pH. The activation energy equaled 66.9, 55.7,
43.1, 32.2, 20.5, 9.62, 7.11 kJ mol-1 at pHs 1, 2, 3, 4, 5, 6, and 7, respectively.
g
Calculated as described in the appendix, section 2.6.1.
h
Cama et al. (2002) suggested that the increased kaolinite dissolution rates observed with increased stirring
(METZ and GANOR, 2001) were the reason for the lower apparent activation energy calculated by
Ganor et al. (1995).
i
Fit values are likely too low. See text for discussion.
j
The apparent activation energy increased with pH where the apparent activation energies equaled 14.2,
22.2, 29.3, 35.6, 41.4 kJ mol-1 at pHs 8, 9, 10, 11, 12, respectively.
k
Value calculated in original paper using initial rates.
l
Apparent activation energy generally declined as pH increased where the apparent activation energies
equaled -49.7, -56.6, -36.2, -40.5, -30.6, and -14.3 kJ mol-1 at pHs 1.08-1.16, 1.94-2.04, 2.49-2.56,
2.97-3.1, 3.57-3.62, and 4.1-4.3. Apparent activation energies were calculated as described in
section 2.4.7. Also note that the difference in dissolution rates was much smaller between 50 and
70°C than between the rates 25 and 50°C, which meant that an apparent activation energy
calculated between 25 and 50°C was higher than an apparent activation energy calculated between
25 and 80°C. The difference in apparent activation energies calculated from 25-50°C and 25-80°C
was larger (10-30 kJ mol-1) at pH ≤ 2.05 and smaller (2.5-5 kJ mol-1) at pH 2.5-4.3.
m
Apparent activation energy declined where the apparent activation energies equaled -80.0, -76.0, -45.3,
and -21.4 kJ mol-1 at pHs 1.0-1.15, 2.03-2.23, 3.07-3.26, and 5.55-5.77. Apparent activation
energies were calculated as described in section 2.4.7.
n
Apparent activation energy increased with increasing pH where the apparent activation energies equaled 20.1, -42.6, -54.5, and -80.2 kJ mol-1 at pHs 8.36-8.73, 9.17-9.37, 11.23-11.45, and 13.21-13.41.
Apparent activation energies were calculated as described in section 2.4.7.
e
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Figure 2.1
Log rate of dissolution for kaolinite (as measured by Si release) versus pH for two best-fit models
using compiled kinetic rate data. The Bandstra and Brantley (2008) fit was performed on the most
robust results from 25°C datasets (see kaolinite section for more details). The Palandri and
Kharaka (2004) fit was performed on datasets measured at temperatures ranging from 25°C to
230°C .
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Figure 2.2
Log rate of dissolution for gibbsite and δ-Al2 O3 versus pH. (A) Rates of gibbsite dissolution in
the presence of HCl and HNO3 acids. Closed symbols were included in the linear best fit (solid
line) and open symbols were not included in the linear best fit. The dashed line is the best-fit line
for δ-Al2 O3 dissolution versus pH. (B) Rates of gibbsite dissolution versus pH in the presence of
H2SO4 and citrate. (C) Rates of δ-Al2O3 dissolution versus pH. The best-fit rate equation was
plotted as a solid line and the one-sigma errors were plotted as dashed lines. The upper error was
estimated by adding the one-sigma errors to the best fit rate constants and by subtracting the one
sigma errors from the exponents on the proton and hydroxyl terms. The lower error was
calculated by subtracting and adding the one-sigma errors to the rate constants and exponents,
respectively. The Furrer and Stumm (1986) δ-Al2O3 data points at pH 5 and 6 from were
extrapolated using dissolution results collected in the presence of citrate.
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Figure 2.3
Log rate of dissolution for kaolinite versus pH where closed symbols were included in the best-fit
rate equation. Note that the Huertas et al. (1999) and Cama et al. (2002) experiments conducted at
pH <2 were excluded from the fit. Open symbols also represent data that were not included in the
best fit. The best-fit rate equation was plotted as a solid line and the one-sigma errors were plotted
as dashed lines. See text for further details and for rate equation.
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Figure 2.4
Log rate of dissolution for chlorite versus pH. (A) Chlorite dissolution rates where the closed
symbols were included in the best fit and open symbols were not included in the best fit. The best
fit was plotted as a solid line and the one-sigma errors were plotted as dashed lines. (B) Chlorite
dissolution rates in the presence of different anions and organic ligands as reported by Hamer et
al. (2003).
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Figure 2.5
Log rate of dissolution for vermiculite versus pH. The squares represent the dissolution rates
calculated after at least 4500 hours of dissolution with the solid line representing the best fit to
those data. The circles represent the dissolution rates calculated after 10% of the original mineral
had been dissolved with the dashed line representing the fit to those data at pH 2 and 3 and the
longer duration experiments at pH 4 and 6.5. See text for best-fit equations.
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Figure 2.6
Log rate of dissolution for illite versus pH. Closed symbols were included in the best fit and open
symbols were not included in the best fit. The best-fit rate equation was plotted as a solid line and
the one-sigma errors were plotted as dashed lines.
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Figure 2.7
Log rate of dissolution for smectite versus pH. For both (A) and (B) the closed symbols were
included in the best fit (solid line) and open or line symbols were not included in the best fit. The
best-fit rate equation was plotted as a solid line and the one-sigma errors were plotted as dashed
lines. (A) BET surface area-normalized smectite dissolution rates, (B) Weight-normalized
smectite dissolution rates, and (C) BET surface area-normalized smectite dissolution rates versus
the concentrations of selected organic ligands (from Golubev et al., 2006). Smectite dissolution
rates are the same within uncertainty (15-20%) for organic ligand concentrations of less than 10-3
M. At higher concentrations, some ligands promote dissolution and others inhibit dissolution.
Note that experiments run with log PO4 concentrations of -2 and -1.5 had silicon concentrations
below the detection limit so no rate could be calculated.
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Figure 2.8
Log dissolution rates for the best-fit rate laws for A) δ-Al2 O3, gibbsite, and chlorite and B)
vermiculite, illite, kaolinite, and smectite versus pH.
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3.

Chapter 3
Chapter 3

Microbial community evolution across a granitic grassland
chronosequence, Santa Cruz, California
3.1. Abstract
Changes in the soil microbial community were investigated across a granitic
grassland chronosequence (ages 65,000 - 226,000 years old) near Santa Cruz, California.
The microbial community size and composition, determined by microbial biomass carbon
and phospholipid fatty acids, were different between soils of different ages. Changes in
the microbial community were correlated with changes in aboveground net primary
productivity (ANPP), changing organic matter quality, and nutrient limitations. Smaller
microbial communities in the older soils, particularly in the subsurface, were correlated
with increased C to N and lower P to Fe ratios indicating changes in organic matter
quality and decreased phosphorus availability. Principal components analysis indicated
microbial community composition changed primarily as a function of depth and of soil
age for subsurface soils. The variance in the microbial community composition was
determined by redundancy analysis to correlate predominantly with gradients in organic
matter (measured by C or N) and base cations (measured by Ca or K) as well as water
content to a lesser extent. Surface microbial community composition showed little change
with soil age but the subsurface microbial community changed significantly, including
increases in the fungal portion of the community. Microbial community changes with soil
age were connected to reduced ANPP, reduced biological nutrient status as indicated by
poorer quality organic matter, and geochemical changes driven by weathering including
reduced base cation and P availability.
3.2. Introduction
Soil microbial communities are crucial for the breakdown of plant litter, organic
matter, and recycling of nutrients back into ecosystems. The size (CARNEY and MATSON,
2005) and community composition (or structure) (GRAYSTON and PRESCOTT, 2005) of the
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soil microbial community affects how nutrients are cycled in systems. Studying microbial
communities is key to understanding ecosystem processes including how ecosystems will
respond to perturbation (BALSER and FIRESTONE, 2005) and the productivity of plant
communities, particularly in nutrient-poor soils and ecosystems (VAN DER HEIJDEN et al.,
2008).
As a result of their important role in ecosystems, soil microbial communities have
been a major focus of study in recent years, particularly as techniques that do not require
culturing (e.g., phospholipid fatty acid (PLFA) analysis or DNA extraction) have become
more common. Additionally, differing environmental microbiology techniques have been
demonstrated to yield similar conclusions about community shifts between surface and
subsurface microbial communities at the same site (e.g., PLFA analysis (FIERER et al.,
2003) and terminal restriction fragment length polymorphisms (TRFLP) (LAMONTAGNE
et al., 2003)). One major area of research has focused on mapping differences and
similarities in microbial communities among soils with different nutrient availability or in
different ecological settings including agricultural versus undisturbed soils (GRAYSTON et
al., 2004), short-term chronosequences (<100 years) of agricultural versus restored
grasslands (ALLISON et al., 2007), or grasslands versus forests (BALSER and FIRESTONE,
2005). Another growing area of research has focused on examining the subsurface
(deeper than ~0.25 m) microbial communities in addition to the surface microbial
communities (e.g., BLUME et al., 2002; FIERER et al., 2003; POTTHOFF et al., 2006;
ALLISON et al., 2007). This study examined shifts in soil microbial communities due to
variations in nutrient availability with soil age and with depth across a declining (or longterm) grassland chronosequence.
Declining (or long-term) chronosequences are found on non-eroding (or slowlyeroding) soils, which support ecosystems that often, but not always, increase in
productivity from the youngest soils to middle-aged soils, and always decline in
productivity with increasing soil age from the middle-aged soils to oldest soils
(VITOUSEK et al., 1997; WARDLE et al., 2004b). Forested declining ecosystems have been
the increasing focus of study over the last 10-20 years, in part due to possible applications
for sustainable land use practices. Ecological communities developed on declining
chronosequences tend to evolve from nitrogen-limited in the youngest soils to co-
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limitation by both nitrogen and phosphorus in the middle-aged forest soils to
phosphorous-limited forests in the oldest soils (VITOUSEK et al., 1997). Unlike carbon
and nitrogen in soils, which come mainly from biological fixation processes, the primary
source of phosphorus to soils is mineral dissolution. Phosphorus becomes limiting in the
oldest soils because phosphorus-containing minerals, such as apatite, are increasingly
depleted with soil age due to weathering where phosphorus is continually leached and
lost from soils and because soil mineralogical changes due to weathering results in the
build up of Fe-oxides, which make the remaining phosphorus less available (WALKER
and SYERS, 1976).
Studies of declining ecosystems have focused on the aboveground ecosystem and
on soil chemistry changes. Few studies have explored how soil microbial communities,
which will play a key role in nutrient cycling and availability, change with soil age across
declining ecosystems. One study evaluated microbial communities in the humus layer
across declining forested ecosystems (WARDLE et al., 2004b) and another examined
microbial communities in the humus layer and surface (0 - 5 cm) mineral soil among
forest chronosequence soils (WILLIAMSON et al., 2005). In both studies the composition
of the microbial communities were found to change with soil age, including an increase
in the fungal to bacterial lipid ratio in four of the seven studied chronosequences
(WARDLE et al., 2004b; WILLIAMSON et al., 2005). Microbial biomass, either in absolute
biomass (WARDLE et al., 2004b) or in relation to soil carbon (WILLIAMSON et al., 2005),
was found to decrease with soil age in six of the seven of the chronosequences.
This study examines the relationship between surface and subsurface soil
microbial communities, plant productivity, and geochemical changes across a long-term
grassland chronosequence located near Santa Cruz. The Santa Cruz soil microbial
communities were investigated using phospholipid fatty acids (PLFA), which are
frequently used to compare and contrast soil microbial communities (e.g., BARDGETT et
al., 1999; FIERER et al., 2003; GRAYSTON et al., 2004; WARDLE et al., 2004b; ALLISON et
al., 2007).
We predicted that the soil microbial community would change across a declining
ecosystem (65 – 226 ka) and would be connected to changes in plant productivity and
geochemistry. Geochemical trends with soil age included increased depletion of cations
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due to mineral weathering and decreasing phosphorus availability as a result of secondary
mineral formation. In particular, we predicted that fungal component of the microbial
community would increase with soil age. We also predicted that the surface and
subsurface microbial communities would evolve differently with soil age.
3.3. Methods
3.3.1. Sample sites
The sample sites are located on marine terraces in or near Wilder State Park, north
of Santa Cruz, California. The marine terraces were exposed by tectonic uplift (WHITE et
al., 2008). The terraces exhibit increasing erosion with terrace age due to stream incision,
but the sample sites were located in non- or minimally-eroding parts of the terraces so
that chemical depletion was much greater than physical erosion (WHITE et al., 2008). The
soil parent material was marine sediment derived from the Ben Lomand granite in the
Santa Cruz Mountains with plagioclase, potassium feldspar, and quartz as the dominant
minerals (WHITE et al., 2008). The ecosystem at the field sites is California coastal prairie
with annual European grasses currently dominating (pers. commun, Marjorie Schulz).
Santa Cruz terraces 1 (SCT1), 2 (SCT2), 3 (SCT3), and 5 (SCT5) from youngest to oldest
were included in this study. The terrace ages as measured by cosmogenic nuclides were
calculated to be 65, 92, 137, and 226 ka, respectively (PERG et al., 2001). Terrace SCT4
was excluded was due to recent anthropogenic disturbance, which resulted in the removal
of up to 30 cm of soil (WHITE et al., 2008). The climate is Mediterranean with a wet, cool
winter and warm, dry summer. The mean annual temperature in Santa Cruz, California
from 1948-2005 was 13.9°C and the mean annual precipitation was 0.777 m (WESTERN
REGIONAL CLIMATE CENTER).
Ca, K, Mg, and Na were increasingly depleted with soil age due to mineral
weathering (Figure 3.1). The mass of Al and Fe remained fairly constant with soil age but
the depth distribution changed with progressive enrichment in the upper 1-2 meters of the
older soils as Fe-oxide and kaolinite concentrations increased (Figure 3.1). The sites
sampled for microbial community measurements were adjacent to sites extensively
characterized for bulk chemistry and mineralogy (WHITE et al., 2008) and pore water
chemistry (WHITE et al., 2006) with ongoing studies of pore water chemistry, stream
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water chemistry, and soil organic matter cycling. The SCT1 sample site was located in a
city park with regular addition of animal waste so a full suite of microbial analyses was
not performed. The basal depth of the A horizon in all the soils varied from 0.25 to 0.87
m (PINNEY et al., 2002) but was approximately 0.40-0.50 m at the sample sites (Art
White, unpublished data). B horizon basal depths were at least 1.70 m deep in all the soils
(PINNEY et al., 2002). The rooting depth varied from 0.45 to 0.75 m deep in SCT1, SCT2,
and SCT3 and increased to 1.10-1.40 m depth for SCT5 (Art White, unpublished data).
Fine and very fine roots dominated below the surface horizon (Art White, unpublished
data). Subsurface clay concentrations, often co-incident with argillic horizons,
consistently began to increase between 0.5 and 1 m depth, reached maximum
concentrations between 1 and 1.5 m depth, and decreased deeper in the soils (PINNEY et
al., 2002; WHITE et al., 2008).
3.3.2. Sampling
Samples for microbial biomass were collected in April 2003 (SCT3) and August
2003 (SCT1, SCT2, and SCT5) using a soil auger. Soil samples were collected from the
interior of the auger to minimize contamination from the auger bucket. The samples were
put into sterile Whirl-Pak bags, placed in a cooler, and refrigerated at 4°C until analysis.
Samples for phospholipid fatty acid analysis (PLFA) were collected in June 2004 using a
soil bulk density corer with removable internal brass rings. Between each sample, the
rings were removed, cleaned with deionized water, and then sterilized using methanol.
The samples were put into sterile Whirl-Pak bags, placed in a cooler, and frozen at -20°C
until analysis.
3.3.3. Aboveground plant biomass
The aboveground plant biomass data were collected 10-15 times from October
2002 to November 2003 (Art White, unpublished data). Biomass data were collected by
clipping one square meter of grass, air drying the sample, and weighing the biomass.
Aboveground net primary productivity (ANPP) for each terrace was estimated by
calculating the difference between the maximum and minimum grass biomass (SALA and
AUSTIN, 2000) collected between November 1, 2002 and October 31, 2003.
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3.3.4. Carbon and nitrogen analysis
Samples for carbon and nitrogen analysis were ground to a fine powder using a
solvent-rinsed quartz agate mortar and pestle. Total carbon and nitrogen analysis was
performed on duplicates of each sample with concentrations measured in an elemental
analyzer. Concentrations were reported on a dry weight basis.
3.3.5. Microbial biomass carbon
Microbial biomass carbon (MBC) was extracted using a modification for the
method proposed by Islam et al. (1997). Duplicate subsamples were oversaturated with
water, frozen at -20°C for approximately 24 hours, freeze-dried to lyse microbial cells,
and then extracted with 0.5M K2SO4 solution (pH-adjusted to 7.0). Duplicate control
subsamples (not freeze-dried) also were extracted with 0.5M K2SO4 solution. The extracts
were measured for total organic carbon with a Shimadzu TOC-Vcsn with the ASI-V
autosampler. The MBC was calculated from the difference between frozen/freeze-dried
and control samples, which was divided by the extraction efficiency (0.152) calculated by
Islam et al. (1997) to calculate the MBC, and was reported on a dry weight basis.
3.3.6. Phospholipid fatty acid analysis
Samples were freeze-dried and subsampled for PLFA analysis and C and N
analysis. Before subsampling, samples were disaggregated using a solvent-rinsed ceramic
mortar and pestle. Triplicates of each samples were extracted using a Dionex 200
Automated Solvent Extractor (ASE) following the method of Macnaughton et al. (1997)
with slight modifications. Soil samples were mixed in a 5:1 ratio by weight with preextracted (using 2:1 methanol:dichloromethane) diatomaceous earth (VWR, Celite).
Because the size of the microbial community decreased with depth, the mass of soil
extracted was increased with depth below the surface. Five grams of soil was extracted
from 0.04 m, 8 g from the 0.25 m interval, 15 g from the 0.5 m and 0.75 m intervals, and
20 g from the 1 m interval. The volume of the ASE cell not filled by sample was filled
with ashed and pre-extracted Ottawa quartz sand. The ASE extraction was done at 80°C
and 1200 psi with a 3 rinse cycle (15% per rinse) with 15 minutes per cycle. The
extraction was performed using a 2:1:0.8 mixture of methanol, chloroform, and 0.05M
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HK2PO4 solution (pH-adjusted 7.0). The ASE extractions were compared against
extractions using a modified Bligh-Dyer extraction (e.g., MACALADY et al., 2000).
Extractions performed with the modified Bligh-Dyer and with the ASE exhibited similar
lipid patterns and extraction efficiency.
All

glassware

was

either

solvent-rinsed

(with

methanol,

chloroform/

dichloromethane, and hexane) or ashed at 480°C. HPLC-grade solvents and 18.2 MΩ
water were used in the extraction process. The solvent containing the extracted lipids was
put into a separatory funnel and chloroform and phosphate solution were added as
necessary to bring the extraction solution to a 1:1:1 mixture. After shaking the separatory
funnels for 2 minutes each, the extraction solution was allowed to separate for at least 8
hours. The chloroform fraction was removed from the separatory funnels and then
evaporated using N2 in a 32°C water bath. The lipids were resuspended in chloroform
using 5 x 250 µl rinses and transferred to a 0.5 g silica gel column preconditioned with 3
ml of chloroform. The neutral lipid and glycolipid fractions were eluted from the column
by one 5 ml chloroform rinse and by two 5 ml acetone rinses, respectively, and discarded.
The polar lipid fraction was eluted using two 5 ml methanol rinses. The polar lipid
fraction was evaporated using N2 in a 32°C water bath. The polar lipids were
transesterified by mild alkaline esterification. One ml each of 1:1 methanol:toluene and
0.2M methanolic KOH were added to the polar lipid fraction. The solvents were vortexed
and placed in a 37°C water bath for 15 minutes. To stop the transesterification reaction,
0.3 ml of 1N acetic acid was added to the sample and then 2 ml each of hexane and water
were added to the sample. After vortexing, the hexane fraction was pipetted off and
placed in a clean glass vial. Any remaining lipids were extracted from the aqueous phase
by adding another 2 ml of hexane and vortexing. The hexane fraction was again removed
with a pipette and added to the same glass vial with first aliquot of hexane. The hexane
fraction was evaporated using N2 and then was transferred to polyspring glass inserts in
GC vials using 2 x 75 μl aliquots of hexane. The hexane used to transfer the samples
contained a 19:0 FAME standard (Matreya, Pleasant Gap, PA) at a concentration of 20
μg per ul. Samples were stored at -20°C until analysis.
The PLFAs were run on an HP 5972 GC-MS. GC-MS settings were as follows:
the inlet was set to 300°C, the inlet pressure was pulsed with 14.0 psi for 1.5 minutes,
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then the pressure regulated to maintain 1.0 ml/min of flow through the column. The
temperature program started at 50°C and held for 1.5 minutes, temperatures then ramped
at 10°C per minute for 6 minutes, 4°C per minute for 10 minutes, 2°C per minute for 30
minutes, 4°C per minute for 10 minutes, and then held at 320°C for 15 minutes. A DB-5
column (J&W Scientific) was used in the GC-MS. Lipids were identified using the
NIST98 database and by comparison to the CP Mix Fatty Acid Methyl Ester Lipid
Standard (Matreya, Pleasant Gap, PA). Lipid concentrations were calculated using the
internal 19:0 FAME standard and were reported on a dry weight basis.
Certain lipids can serve as indicators for types of microbial groups. Lipid
nomenclature will follow the A:BωC form where A is the number of carbons in the lipid,
B indicates the degree of saturation, and C indicates the position of double bonds with
respect to the methyl end of the lipid; a number preceding A, e.g., 10Me, indicates a
methyl group on the tenth carbon from carboxyl end of the lipid (FROSTEGARD et al.,
1993). Branched saturated (iso- and anteiso-) lipids have been found to be indicators of
Gram-positive bacteria with the i15:0, a15, i16:0, i17:0 and a17:0 (ZELLES, 1997) lipids
used in this study. Lipids used as indicators of Gram-negative bacteria in this study were
16:1ω9, 18:1ω9, cy17:0, and cy19:0 (ZELLES, 1997) with the cy indicating a cyclopropyl
group. The Me16:0 and Me18:0 lipids served as indicators of actinomycetes (ZELLES,
1997). The 18:2ω9,12 lipid served as an indicator for fungi (ZELLES, 1997). While the
18:2ω9,12 lipid is also found in eukaryotes other than fungi, it has been shown to work
well as a relative indicator of fungal abundances. For example, concentrations of the
18:2ω9,12 lipid were well correlated with concentrations of ergosterol, a compound
produced by fungi, in California grasslands located less than 60 miles to the south of
Santa Cruz (POTTHOFF et al., 2006). For the purposes of this study, concentrations of the
18:2ω9,12 will be considered proportional to fungal abundance in the soil microbial
community. The bacterial lipids included in the fungal to bacterial ratio calculation were
those classified above as indicators of Gram-positive bacteria and Gram-negative bacteria
along with the Me18:0 lipid.
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3.3.7. Statistical analysis
Broad indicators of changes in the microbial community such as biomass or lipid
diversity can be difficult to connect to changes in environmental variables or soil
processes, but community structure or composition has been found to correlate well with
environmental changes (BALSER and FIRESTONE, 2005). Multivariate, or ordination,
analysis techniques such as Principal Components Analysis (PCA) or Redundancy
Analysis (RDA) are often used to detect shifts in microbial community composition.
PCA and RDA were used rather than Correspondence Analysis and Canonical
Correspondence Analysis because changes in both the microbial communities and
environmental variances were predominantly linear. Nonconstrained ordination analyses
like PCA work well as exploratory analytical techniques (RAMETTE, 2007). PCA results
can be used with indirect gradient analysis, which uses linear regression of gradients in
environmental variables in conjunction with the PCA results to test connections between
the microbial community composition and environmental variables (RAMETTE, 2007).
Constrained ordination methods like RDA allow for the explicit testing of connections
between microbial community shifts and environmental variables by constraining
ordination results to the variance explained by changes in environmental variables
(RAMETTE, 2007).
Ordination analyses were performed using R (R DEVELOPMENT CORE TEAM,
2007) with the vegan library (OKSANEN et al., 2007). Lipid data included in the
ordination analyses were those lipids common to all sample intervals (number of lipids
n=20 from 0 - 1.07 m depth, n=39 from 0 to 0.84 m depth). Each lipid was converted to
the fractional abundance of the total PLFA biomass (nmol g-1) that was calculated using
the common lipids for each interval. Correlation matrices were used for the PCA and
RDA analyses. The environmental fit function in R was used to test the correlation
between environmental variables and the principal component axes. The environmental
fit algorithm uses linear regression to calculate the vectors of maximum correlation
between ordination results and environmental variables. The amount of variance
accounted for along each RDA axis, and the statistical significance of that variance
(calculated using ANOVA) were tested both manually and with the automated step
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function, which used Akaike’s information criterion (OKSANEN et al., 2007), to maximize
the variance explained with the fewest number of environmental variables.
3.4. Results
The soil chemical, C and N, and microbiological data show changes with depth
and with soil age. For each type of data in the results section, changes with depth will be
discussed first, followed by changes with age.
Ca, K, Mg, and Na concentrations decreased with depth to a minimum at
approximately one meter and then increased with depth to the parent material (Figure
3.1). Concentrations of Ca, Na, and K both at the surface and the subsurface minimum
decrease with soil age. Al and Fe concentrations in the top 1-2 meters increased with soil
age (Figure 3.1) and were concentrated primarily in kaolinite and Fe-oxides, respectively
(WHITE et al., 2008). Bulk P concentrations generally decreased with depth below the
surface and were similar for SCT2 and SCT3 but slightly higher for SCT5 in the
subsurface (Table 3.1, Figure 3.2). Due to the increase in Fe concentrations, the P to Fe
ratio decreased with soil age and with depth (Figure 3.2).
Soil water content increased with depth in all the soils (Table 3.2, Figure 3.3).
Below 0.5 m depth, the moisture content in SCT2 and SCT3 was 1.3 to 2.8 times lower
than SCT5. The increase in water content is largely attributed to increasing
concentrations of clay-sized particles, primarily kaolinite and Fe-oxides, in the argillic
horizon with soil age.
Aboveground net primary productivity (ANPP) for the grass-dominated
ecosystem initially increased from SCT1 to a maximum for SCT2 and then decreased
from the maximum for SCT3 and SCT5 (Table 3.1). Grass chemistry changed as a
function of soil age as base cation concentrations in grass tissues decreasing by 20-50%
and Fe concentrations increasing by ~65% (unpub. data, Art White and Marjorie Schulz).
In the older soils, the base cation concentrations of the grasses and the productivity
decreased, both of which result in smaller base cation fluxes from decomposing plant
matter.
Concentrations for C and N were highest at the surface and significantly
decreased with depth, declining by a factor of 10 to 20 over the top meter with a slightly
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smaller decrease for SCT1 (Table 3.2, Figure 3.3). C and N concentrations showed a
similar pattern to ANPP with the surface concentration increasing from SCT1 to SCT2
and then decreasing for SCT3 and SCT5 (Table 3.2). The SCT3 and SCT5 C to N ratios
were higher than SCT2 (Table 3.2, Figure 3.3). In the subsurface, C concentrations are
generally but not always higher for SCT2 than SCT1, SCT3, and SCT5. Subsurface N
concentrations are consistently higher over the top meter for SCT2 compared to SCT3
and SCT5.
MBC concentrations were highest at the surface and then decreased by a factor of
2 to 12 over the top meter for SCT1, SCT2, SCT3, and SCT5 (Table 3.3, Figure 3.4). A
subsurface peak appeared in the MBC data for SCT2, SCT3, and SCT5, which is likely
due to dead biomass or labile carbon temporarily stored at the top of the argillic horizon
during the dry season and then flushed through the system in the wet season. Similar to
the ANPP trend with soil age, MBC surface concentrations increased from SCT1 to
SCT2 and then decreased slightly for SCT3 and SCT5 (Table 3.3, Figure 3.4).
PLFA biomass concentrations from the surface down to one meter decreased by a
factor of 30 for SCT2 and more than two orders of magnitude for SCT3 and SCT5 (Table
3.4, Figure 3.5). Surface biomass from the total PLFAs was similar for SCT2 and SCT3
and slightly higher for SCT5 (Table 3.4, Figure 3.5). PLFA biomass and the PLFA to C
ratios decreased more quickly with depth in SCT3 and SCT5 than SCT2 (Table 3.4,
Figure 3.5). From 0.5 m down to 1 m depth, PLFA biomass and PLFA to C ratios were
approximately two times higher for SCT2 than for the older terraces. The lipid
concentration for a 25 g sample extracted from the SCT2 1.28 m interval was
approximately 0.01 nmol per g of soil indicating an extremely small microbial
community deeper in the soils. The number of lipid structures detected generally declined
with depth for all the soils (Table 3.4).
The fraction of lipids predominantly derived from Gram-positive bacteria
generally increased with depth for all three terraces but showed no pattern related to soil
age (Table 3.5, Figure 3.5). The proportion of lipids associated with gram-negative
bacteria and actinomycetes did not show a consistent trend with depth or soil age (Table
3.5). The fraction of the total lipids associated with fungi decreased with soil age in the
surface samples. In the younger SCT2 soil, the fungal fraction and the fungal to bacterial
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lipid ratio decreased from the surface to 0.25 m and then remained constant down to 1 m
depth (Table 3.5). In contrast in the older SCT3 and SCT5 soils, the fungal fraction and
the fungal to bacterial lipid ratio decreased from the surface down to 0.5 m but then
increased in the 0.75 and 1 m intervals. (Table 3.5, Figure 3.5).
The lipids common to all samples (n=20) were analyzed using PCA to determine
differences in the microbial community composition between samples. PCA results
indicated significant microbial community changes between samples with 46% of the
variability explained by PC1 and 19% of the variability explained by PC2 (Figure 3.6).
The PCA scores for each lipid along PC1 and PC2 are reported in Table 3.6. Note that a
PCA performed for lipids common to all samples down to approximately 0.75 m (n=39,
results not shown) displayed a similar pattern to when the number of lipids was 20. An
environmental fit was performed with the following variables: C concentration, N
concentration, C to N ratio, age, depth, K2O concentration, CaO concentration, P2O5
concentration, P2O5 to Fe2O3 ratio, and water content. The age variable was not
statistically significant but all other variables were significant (P <0.05, Table 3.7).
Environmental fit results indicated changes in carbon concentrations, nitrogen
concentrations, the C to N ratio, P2O5 concentrations, and depth were closely aligned
(≥0.85 or ≤-0.85) with PC1 (Table 3.7). Environmental factors closely aligned with PC2
(≤-0.85) were CaO and K2O. The P2O5 to Fe2O3 ratio and water content were somewhat
aligned with both axes (≥0.5 or ≤-0.5) and depth was somewhat aligned with PC2.
A RDA was performed using the same lipid data set and environmental variables
to more rigorously test the connections between microbial community composition and
environmental variables. RDA results strongly suggest that C concentrations, CaO
concentrations, and soil water content accounted for all the variance accounted for by the
PCA (Figure 3.7). Loading scores for the lipids were similar in scale to the loading scores
from the PCA. Variance accounted for was 44%, 16%, and 5% along RDA1, RDA2, and
RDA3, respectively. The statistical significance of the variance correlated with the
environmental variables was <0.001 for C and CaO and <0.05 for water content. Water
content accounted for much less of the variance than either C or CaO. If water content
was excluded from the RDA, then 41% and 15% of the variance were accounted for
along RDA1 and RDA2. When N concentrations were substituted for C concentrations,

82

the variance accounted for and significance were essentially the same. When K2O
concentrations were substituted for CaO concentrations, the variance accounted for along
RDA2 was smaller with reduced statistical significance. The variance of the microbial
community composition with depth could be explicitly connected to concentration
changes in environmental variables, particularly C, so depth will not be discussed further
as a possible environmental variable.
3.5. Discussion
3.5.1. Chemical changes with depth and age
Ca and Na, K, and Mg concentrations generally increased with depth due to
higher concentrations of plagioclase feldspar (Ca and Na), potassium feldspar, and
smectite because mineral dissolution occurs in the upper part of the profile first (WHITE
et al., 2008). The slightly higher surface concentrations in Ca (Figure 3.1, also Na and K,
not shown) was attributed to dust input (WHITE et al., 2008). As a result of the dust input,
the minimum Ca, K, and Na concentrations in each profile were at about 1 m depth. P
concentrations were highest at the surface and decreased with depth. The high surface P
concentrations (Table 3.1, Figure 3.2) were likely due primarily to biological enrichment
(BRANTLEY et al., 2007). P to Fe ratios, used as a proxy of P availability also decreased
with depth (Figure 3.2). Increasing Fe concentrations in a soil are likely to result in
decreased availability of P. P is known to sorb and coprecipitate with Fe-oxides, resulting
in P becoming occluded, i.e., not readily available to plants and the soil microbial
community (WALKER and SYERS, 1976).
Bulk surface and subsurface Ca, Na, K and Mg concentrations decreased with soil
age due to longer durations of feldspar and smectite dissolution (WHITE et al., 2008).
Concentrations of the exchangeable Ca, Na, K, and Mg, as well as soil pH, also decreased
with soil age (PINNEY et al., 2002) as the base cations were depleted due to feldspar and
smectite weathering. P concentrations were similar between SCT2, SCT3, and SCT5
(Table 3.1, Figure 3.2). Mass balance calculations indicated that Fe is retained within the
soil profiles, but the distribution and Fe-containing mineral phase changed with age
(WHITE et al., 2008). In younger SCT1 and SCT2 soils, much of the Fe was contained in
the smectite. The dissolution of the smectite resulted in the precipitation of Fe-oxides and
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kaolinite. Additionally, Fe is redistributed from the lower part of the soil and increasingly
concentrated in the upper 1-1.5 m with soil age (WHITE et al., 2008). As a result of
increasing Fe concentrations with soil age, P to Fe ratios, used as a proxy for occluded P,
in the upper meter decreased from the younger to the older soils (Figure 3.2). Occluded P
has been found to constitute an increasing percentage (up to ~50%) of the total P pool
with soil age across a chronosequence (CREWS et al., 1995).
3.5.2. Depth trends for C, N, and the microbial community
C and N concentrations decrease with depth because the surface plant
communities are the primary producers and thus the primary source of C and N to the
soils (WARDLE et al., 2004a). Much of the dead plant matter is at or near the soil surface.
Given the importance of C and N to microbial growth, decreases in the microbial
community size with depth as measured by MBC and PLFA biomass correspond to the
decrease of C and N with depth (Figure 3.3, Figure 3.4, Figure 3.5). The larger decrease
with depth for PLFA biomass compared to MBC is to be expected. PLFAs have been
shown to represent the viable and active portion of the soil microbial community because
PLFAs break down quickly and are recycled upon cell death (ZELLES et al., 1994). The
viable microbial community is smaller than the nonviable portion of the microbial
community in soils (DRENOVSKY et al., 2004a), particularly in the deeper subsurface
(KIEFT et al., 1998). The larger decrease in the PLFA biomass as compared to the MBC
indicates that the viable portion of the microbial community decreases faster with depth
than the nonviable portion for the Santa Cruz soils. The PLFA to C ratio also decreases
with depth (Figure 3.5) indicating the subsurface microbial communities are less
efficient, or have less access, to carbon present in the soil.
The significant decreases in C, N, MBC, and PLFA biomass concentrations at
Santa Cruz are similar to results of other studies of microbial communities as a function
of depth in grasslands (BLUME et al., 2002; FIERER et al., 2003; ALLISON et al., 2007).
The trends of C, MBC, and PLFA concentration changes with depth were similar to those
found in a study of an annual grassland in southern California where concentration
decreases with depth down to one meter were smaller for MBC and C than for PLFA
biomass (FIERER et al., 2003). The Santa Cruz surface biomass as measured by PLFA and

84

MBC were larger by about a factor of 4-6 compared to measurements for two grassland
soils in southern California and the subsurface biomass at Santa Cruz was larger than the
southern California soil by a similar factor with a slightly larger difference between the
two for the MBC (FIERER et al., 2003). Differences in MBC and PLFA biomass between
Santa Cruz and the southern California site is likely due to precipitation since the mean
annual precipitation is 55% higher at Santa Cruz. Santa Cruz PLFA biomass
concentrations are slightly lower but similar to early-succession prairie soils in Ilinois
(ALLISON et al., 2007).
The finding of significant changes in microbial community groups with soil depth
at Santa Cruz is similar to observations of other studies. At Santa Cruz and in other
studies (BLUME et al., 2002; FIERER et al., 2003; POTTHOFF et al., 2006; ALLISON et al.,
2007), Gram-positive bacteria increase with depth (Table 3.5). The decline in the fungal
portion of the microbial community with soil depth seen at Santa Cruz matches well with
results from other studies (FRITZE et al., 2000; EKELUND et al., 2001; FIERER et al., 2003).
However, the fungal portion does not decrease monotonically with depth for the two
Santa Cruz older soils. In the Santa Cruz soils SCT3 and SCT5, the fungal portion of the
population and the ratio of fungal to bacterial lipids increased from a minimum at 0.5 m
to a secondary maximum at 1 m (Figure 3.5). A similar increase was reported in the data
of Fierer et al. (2003) but with no accompanying comments. Another observation from
Santa Cruz that has been observed elsewhere (FRITZE et al., 2000; FIERER et al., 2003) is
an increase in the lipids associated with actinomyctes (Table 3.5). Actinomycetes are
proposed to be more abundant in nutrient-poor soils (e.g., FIERER et al., 2003). The
increase at Santa Cruz was driven by the lipid tentatively identified as Me16:0, whereas
in forest soils, Me18:0 was the lipid to increase significantly with depth (FRITZE et al.,
2000).
The amount of the community composition variance (44%) accounted for along
PC1 (corresponding to depth) was similar to the variance along PC1 in other studies, e.g.,
42% for the southern California grassland soils (FIERER et al., 2003) and 56% for the
Illinois prairie soils (ALLISON et al., 2007) and larger than other studies, with 27%
variance observed along PC1 for a forest soil (FRITZE et al., 2000). Additionally, some of
the same lipids including 18:1w9c, cy19:0 are responsible for the differentiation of the
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microbial communities with depth as determined by PCA (FRITZE et al., 2000; FIERER et
al., 2003; ALLISON et al., 2007). PCA results for Santa Cruz showed relatively small
community composition differences between the surface soil samples but larger
differences between the surface and subsurface soil samples. Other studies have observed
a similar pattern both with PLFA analysis (BLUME et al., 2002; FIERER et al., 2003) and
TRFLPs (LAMONTAGNE et al., 2003), which were collected from the same site as Fierer
et al. (2003). A major difference with the other subsurface soil studies is that the variance
along PC2 is larger at Santa Cruz (19%) than the California (12%) or Illinois (17%)
grassland soils and the variance at Santa Cruz corresponded to clear environmental
variables, particularly changes in soil chemistry as a function of soil age.
3.5.3. Age trends for C, N, and the microbial community
Changes in ANPP, C, N, and MBC as a function of soil age occurred mainly at
the soil surface while changes in C to N, PLFA biomass, the PLFA to C ratio, and
microbial community composition occurred predominantly in the subsurface (Table 3.1,
Figure 3.3, Figure 3.4). ANPP, C, N, and MBC initially increased from SCT1 to SCT2
and then exhibited a general decrease with age from SCT2 to SCT3 and SCT5. The
surface PLFA biomass was slightly different in that SCT5 has a higher biomass than
SCT2 and SCT3. The difference was not surprising given that the MBC and PLFA
samples were collected within a few meters of each other but not in precisely the same
location. Other studies also have found discrepancies between biomass as measured by
MBC and by PLFA. For example, the humus layer microbial biomass as measured by
substrate-induced respiration was found to decrease across five of six chronosequences,
but the PLFA biomass only decreased for three of the six chronosequences (WARDLE et
al., 2004b).
Gram-positive, Gram-negative, and actinomycetes as a proportion of the
population were similar for SCT2, SCT3, and SCT5 (Table 3.5). The fungal fraction and
fungal to bacterial lipid ratio at the surface were similar for SCT2 and SCT3 and then
decreased for the oldest soil SCT5 (Table 3.5, Figure 3.5). In contrast, studies of forest
(and shrubland) ecosystems have found decreases in the fungal to bacterial ratio with soil
age for the humus layer for three of six chronosequences studied (WARDLE et al., 2004b)
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and for the fungal to bacterial lipid ratio for the humus layer and mineral soil
(WILLIAMSON et al., 2005). PCA of the surface microbial communities with 20 or 39
lipids indicate the composition of the surface communities were relatively similar
compared to differences with, or among, subsurface communities (Figure 3.6). The
similarity between surface microbial communities has been suggested to be a function of
the relative nutrient abundance compared to deeper soil and because the larger biomass of
the surface communities may reduce or hide changes between communities (BLUME et
al., 2002).
Biological and microbiological measures that changed predominantly in the
subsurface at Santa Cruz were C to N, PLFA biomass, the PLFA to C ratio, Grampositive bacteria, actinomycetes, the fungal fraction of the PLFAs, the fungal to bacterial
lipid ratio, and the overall community composition. The larger subsurface C to N ratios
for SCT3 and SCT5 (compared to SCT2, Figure 3.3) indicated a reduction in organic
matter quality and an increase in the recalcitrant portion of organic matter pool (FIERER et
al., 2003). PLFA biomass and the PLFA to C ratio in the SCT3 and SCT5 soils exhibited
greater decreases from the surface down to 1 meter than the decrease for SCT2 (Table
3.4, Figure 3.5). A reduction in biomass indicated less substrate for the viable portion of
the microbial community to subsist on and the decreasing PLFA to C ratio suggests that
the subsurface microbial communities in the older soil are less efficient at utilizing the
carbon present in the system (ALLISON et al., 2007).
The fungal fraction and fungal to bacterial lipid ratio are larger in the subsurface
for the older two Santa Cruz soils (SCT3 and SCT5). An increase in the fungal fraction or
the fungal to bacterial lipid ratio often has been found to occur when surface microbial
communities from nutrient-limited and nutrient-abundant soils are compared (GRAYSTON
et al., 2004; WARDLE et al., 2004b; WILLIAMSON et al., 2005). The only studies of
microbial communities in declining ecosystems found that the fungal fraction or the
fungal to bacterial lipid ratio of forest humus or surface microbial communities increased
with soil age (WARDLE et al., 2004b; WILLIAMSON et al., 2005). While, the fungal
fraction and fungal to bacterial lipid fraction increased in the subsurface of the older
soils, the lipid pool for all samples from the Santa Cruz grassland soils was dominated by
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bacterial lipids, in contrast to a declining forest chronosequence where fungal lipids
dominated the surface soil (WILLIAMSON et al., 2005).
In comparison to forest soils, grassland soils tend to have microbial communities
dominated by bacteria (BARDGETT et al., 1999; FIERER et al., 2003; GRAYSTON et al.,
2004; MCKINLEY et al., 2005; ALLISON et al., 2007). However, across management
gradients from managed and fertilized to unmanaged, and more nutrient-poor, grassland
soils, the fungal fraction of the surface microbial communities increased as nutrients
become more limited (BARDGETT et al., 1999; GRAYSTON et al., 2004). At least two
studies, both with study sites in Illinois with relatively young fertile soils, found that
bacterial lipids increased as a fraction of the total lipid pool with succession from
agriculture to restored prairie (MCKINLEY et al., 2005; ALLISON et al., 2007). The fungal
to bacterial lipid ratios in the surface soils at Santa Cruz were at least a factor of two
larger than the ratios found in other grassland studies where nutrient limitations
correlated with increased fungi (BARDGETT et al., 1999; GRAYSTON et al., 2004).
In contrast to the relatively similar surface communities, PCA (and RDA) results
indicated subsurface microbial community compositions were different between the
younger SCT2 soil and the older SCT3 and SCT5 soils (Figure 3.6, Figure 3.7).
Differences between the microbial communities in Santa Cruz soils are primarily found
below 0.5 m and vary along PC2. Moving from bottom to top along PC2 corresponds
with younger to older subsurface microbial communities. The PCA indicates that the
change in microbial communities is greater with depth (PC1 explains 44% of variance)
than age (PC2 explains 19% of variance) but the differences with age were still
significant.
3.5.4. Why do the Santa Cruz microbial communities change with depth and age?
Changes in grassland microbial community size and composition as a function of
soil depth have been correlated to changes in substrate availability, both in terms of
concentration (e.g., C) and organic matter quality (FIERER et al., 2003; ALLISON et al.,
2007), to changes in soil moisture and water availability (FIERER et al., 2003; POTTHOFF
et al., 2006), and to changes in soil pH, P, and changes in base cation concentrations,
particularly Ca and Mg (GRAYSTON et al., 2004; ALLISON et al., 2007). The
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environmental fit results indicated that changes in each of the three categories–substrate
availability, water availability, and P and base cation concentrations–correlated with
community size and composition changes.
The decrease in PLFA biomass and the shifts in community composition with
depth at Santa Cruz were primarily a function of decreased C concentrations. Changes in
PLFA biomass and C were highly correlated in a linear regression with an R2 of 0.92 for
the correlation between C concentrations and PLFA biomass when surface samples were
included and 0.95 when surface samples were excluded. RDA results (Figure 3.7)
strongly suggest that shifts in the microbial community composition with depth are due to
decreasing C concentrations with depth. Soil C concentrations can serve as roughly a
proxy for organic matter since substituting N for C in the RDA results in similar results.
C concentration and quality were proposed as a driver of changes in the microbial
community composition in a similar grassland in southern California (FIERER et al.,
2003). In contrast, another study found that soil carbon changes with depth directly affect
microbial biomass but only indirectly affect microbial community composition (ALLISON
et al., 2007). Water content, which increased with depth for all the Santa Cruz soils,
played a small role in accounting for changes in community composition with depth
(~10% more variance is explained along RDA1 if water content is included in the RDA).
At a grassland soil located <60 miles from the Santa Cruz site, where water content also
increased with depth down to 0.80 m, the water content, along with depth, were the
environmental variables that accounted for the variance in microbial community
compositions and no variance accounted for by any environmental factor related to site
differences between bare tilled soil, annual grassland, and young perennial grassland
(POTTHOFF et al., 2006).
Since changes in the PLFA biomass and microbial community composition were
relatively small at the surface, the discussion of changes in community size and
composition will focus on the subsurface. No single driving factor was clear for the lower
biomass of the subsurface microbial communities in the older terraces. The decreasing
ANPP with soil age most likely plays a role in the smaller microbial communities since
less organic matter is being added to the older soils. The correlation of PLFA biomass
and C concentrations suggests that C is likely one factor. In addition to concentration,
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carbon accessibility may play a role in the smaller PLFA biomass in the older soils. For
example, carbon that is active in cycling processes on an annual to decadal scale or
shorter decreased as a fraction of the total carbon pool as soil age increased across grasscovered granitic chronosequence similar to Santa Cruz (BAISDEN et al., 2002). Microbial
community size may also be affected by P availability. The P to Fe ratio and PLFA
biomass correlated well (R2=0.87) for samples from 0.25 m or deeper. The availability of
P in soil can play an important role, not only for the aboveground community, but also
for the microbial community processes (CLEVELAND et al., 2004). Decreases in both C
and P availability (indicated by the P to Fe ratio in the Santa Cruz soils) may play a role
in the decrease in the PLFA biomass.
The fungal component of the microbial community have been shown to increase
in surface soil microbial communities limited by P both in natural systems across forested
chronosequences (WARDLE et al., 2004b; WILLIAMSON et al., 2005) and in agricultural
(with P fertilizer) versus natural grasslands (GRAYSTON et al., 2004). The higher fungal to
bacterial lipid ratio in the Santa Cruz surface soils compared to other grassland soils (e.g.,
BARDGETT et al., 1999; GRAYSTON et al., 2004) may be an indication of greater nutrient
limitation in the older Santa Cruz soils. The increase in the fungal portion of the
subsurface microbial community with soil age may be as a result of greater biological and
geochemical nutrient limitation in the older soils.
The soil water content was higher in the subsurface samples that had a larger
proportion of fungi at Santa Cruz. In contrast, fungi concentration decreased in surface
soils as moisture increased due to flooding by irrigation (DRENOVSKY et al., 2004b). The
water content in the Santa Cruz soils where fungi increased from 0.5 to 1 m is even
higher during the wet season when a perched water table can develop at SCT5 (WHITE et
al., 2008). The results of Drenovsky et al. (2004b) suggest the amount of fungi should
decrease in a soil with flooding, rather than increase as is the case for SCT5. Increases in
the fungal portion of the microbial community despite seasonal flooding, an
environmental condition that usually results in decreased fungi, may be another indicator
that increases in subsurface fungi is a response to nutrient limitations.
The subsurface microbial community at Santa Cruz showed distinct changes with
soil age. RDA results indicate that CaO concentrations, which decrease with soil age due
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to increased depletion of plagioclase from the soil, were the environmental variable that
accounted for nearly all of the variance along RDA2 (Figure 3.7). Water content changes
also played a small role in accounting for variance along RDA1 and RDA2. The effect of
Ca on the Santa Cruz soil microbial community is unclear and may be more of an indirect
effect related to lower pH as Ca concentrations decrease. Correlations between lower Ca
concentrations and soil pH and smaller communities and community composition
changes have been found in other grassland subsurface microbial communities (ALLISON
et al., 2007). Since the changes in Ca and pH at Santa Cruz are the result of greater
plagioclase depletion as a function of soil age, about one-third of the variance in the soil
microbial communities accounted for along PC1/RDA1 and PC2/RDA2 at Santa Cruz
can be attributed, directly or indirectly, to mineral weathering processes.
3.5.5. Connections between the soil microbial community, plant community, and
geochemistry
The findings of this study indicate there are connections and feedbacks between
the soil microbial community, plant communities, and the evolution of soil geochemistry
with soil age at the Santa Cruz chronosequence. The initial weathering of the Santa Cruz
terraces would have released P and base cations into soil solution. Plants growing on the
new soils would most likely be N limited initially (VITOUSEK et al., 1997). Soil microbial
communities would develop along with the plant communities, breaking down plant
litter, recycling nutrients to the soil, fixing N, often in symbiotic relationships with plants.
Plants and soil microorganisms will transform mineral P (usually apatite) to organic P
(WALKER and SYERS, 1976). The early microbial communities would most likely contain
more bacteria as a portion of the microbial population than at the present, resulting in
“leaky” nutrient cycling where C, N, and P fluxes were relatively high because nutrients
were abundant (BARDGETT et al., 2005). As P and other nutrients were lost from the soils
due to weathering, the fungal portion of the microbial community would likely increase
because more fungally-dominated systems seem to better conserve nutrients because
nutrient cycling is slower (WARDLE et al., 2004a; BARDGETT et al., 2005).
The slowing of microbial nutrient cycling will reduce nutrients available to plants.
Eventually, limitation of N fixation due to depletion of P has been proposed to be a key
ecosystem process in long-term granitic chronosequence soils with a grassland ecosystem
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(BAISDEN et al., 2002). Lower nutrient availability will result in decreased productivity
for the plant community (VITOUSEK et al., 1997), which will then result in fewer nutrient
inputs to the soil microbial communities due to lower organic matter input to the soil.
Additionally, with fewer nutrients available for plant growth, the litter quality will be
reduced, which will also contribute to the slowing of nutrient cycling (CREWS et al.,
1995; CARNEY and MATSON, 2005).
Feedbacks from the microbial and plant communities back to geochemical
processes include P and base cation uptake as well as a role in argillic horizon formation.
A microbial community with a higher proportion of fungi may have an advantage
exploiting the less accessible nutrient pools in the older soils. Mycorrhizal fungi are
responsible for much of P uptake in plants (VAN DER HEIJDEN et al., 2008) and can also
aid in water uptake. Increased Fe concentrations in the argillic horizons of the older Santa
Cruz soils has been proposed to result from biopumping since the mass balance indicates
more Fe is present in the upper 1-2 m of SCT3 and SCT5 then can be accounted for by
mineral weathering or dust input (WHITE et al., 2008). Fungi along with plant roots may
have played a role in transporting Fe up the soil column, both in the mass flow and
perhaps through dissolution of Fe-oxides to gain access to P. Increased Fe-oxide
concentrations in the shallow soil occludes P make it less accessible to microorganisms
and plants resulting in further changes in plant and microbial communities.
Another possible feedback between the microbial community and mineral
weathering (geochemical cycling) results from the formation and breakdown of Al (and
Fe) organic complexes. As organic matter becomes more recalcitrant, organic ligands
may become an important source of nutrients to the soil microbial community. Organic
ligands have been found to complex with Al and Fe in soils. Formation of Al- and Fe-rich
horizons in subsurface soils is likely to occur due to microbial consumption of the
organic ligands (LUNDSTRÖM et al., 2000), which releases the Al and Fe to solution. The
low solubility of Al and Fe deeper in the soil results in the precipitation of kaolinite and
Fe-oxides in the B horizon, respectively. Downward transport of Al- and Fe-organic
complexes has been demonstrated to occur in grasslands similar to those at Santa Cruz
(MASIELLO et al., 2004). Additionally, high aqueous Al concentrations (much higher than
predicted by equilibrium with kaolinite, the primary secondary aluminosilicate in the soil)
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were observed in the top meter of grasslands of the Merced chronosequence (WHITE et
al., 2005), which is similar to the Santa Cruz chronosequence. The measured aqueous Al
concentrations at Merced decreased quickly with depth with the Al decrease correlated
with decreases in soil organic matter (WHITE et al., 2005). Modeling of mineral
dissolution processes (see chapter 4) significantly underpredicted aqueous Al
concentrations in the upper 1-1.5 meters at Merced, most likely because no organic
component was included in the model. Model results (see chapter 4) and field data from
similar grasslands indicate that organic complexation of Al and Fe and microbial
community breakdown of those complexes are likely to play an important role in the
evolution of soil geochemistry with soil age in soils like those found at Santa Cruz.
Absent any major disturbance, the feedbacks from the microbial community and
plant community to the geochemical cycle will likely decrease with time as the main zone
of mineral dissolution moves deeper into the soil profile. This geochemical evolution
leads to a separation of the biological and geochemical elemental cycles in the soil profile
with biologically cycling of elements concentrated in the upper meter and geochemical
cycling of elements primarily found deeper than 1 meter. The separation between
biological and geochemical elemental cycling has been observed in pore water chemistry
trends in the older Santa Cruz soil (WHITE et al., 2006). Systems like the older Santa Cruz
soils where the biological and geochemical cycling have largely separated are likely to be
particularly prone to perturbation, and restoration of their original state after perturbation
may prove a difficult or impossible task (WALKER et al., 2001).
3.6. Conclusions
The study is the first to examine the evolution of subsurface soil microbial
communities across a long-term grassland chronosequence. Soil microbial community
size was observed to initially increase to a maximum and then to decrease with soil age
across a declining grassland chronosequence with soils ranging in age from 65 to 226 ka.
Microbial community size corresponded with aboveground plant productivity and
geochemistry. Microbial community size and composition changed significantly as a
function of depth in each of the soils. The shift in composition of the microbial
communities with depth was driven by C concentrations. The compositions of the surface
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microbial communities at Santa Cruz exhibited little variability with soil age whereas the
subsurface microbial communities changed more significantly with soil age than the
surface communities. Shifts in the subsurface microbial community composition were
driven primarily by changes in bulk CaO concentrations. Fungi as a fraction of the
surface microbial community did not increase with soil age as has been found for forested
chronosequences. However, the fungal to bacterial lipid ratio at Santa Cruz for the
surface communities was higher than in other grassland studies. The biggest change of
any microbial group with soil age was the increase in the fungal portion of the subsurface
microbial population in the older soils. The increasing fungal component of the microbial
communities with soil age corresponded with lower nutrient availability as indicated by
higher C to N and lower P to Fe ratios. In summary, feedbacks between microbial
communities, geochemistry, and the plant community results in a secular evolution in the
size of the microbial and plant communities and the composition of the microbial
communities, particularly the subsurface communities, at Santa Cruz.
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Table 3.1: Plant productivity and phosphorus concentrations

Soil
SCT1

Aboveground
Net Primary
Productivity
(g m-2 y -1)
583.1

SCT2

776.9

SCT3

349.3

SCT5

516.5

Depth
(m)
0.15
0.30
0.40
0.65
0.85
0.98
0.25
0.40
0.56
0.70
0.86
1.00
0.10
0.33
0.45
0.54
0.64
0.74
1.07
0.11
0.22
0.33
0.44
0.54
0.63
0.81
1.08

P2O5
(weight %)
0.04
0.03
0.03
0.01
0.01
0.02
0.07
0.05
0.04
0.03
0.03
0.02
0.06
0.04
0.04
0.03
0.03
0.03
0.02
0.07
0.05
0.04
0.04
0.06
0.05
0.05
0.03

P2O5:Fe2O 3 ratio
0.018
0.014
0.014
0.002
0.002
0.004
0.033
0.020
0.015
0.009
0.006
0.006
0.027
0.017
0.015
0.012
0.011
0.010
0.004
0.030
0.017
0.013
0.012
0.009
0.007
0.007
0.004

The grass biomass data used to calculate ANPP and P2O5 concentration are unpublished data from Art White and
Marjorie Schulz, U.S. Geological Survey.
Fe2O3 data were published (WHITE et al., 2008).
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Table 3.2: Carbon and Nitrogen
Top
interval
(m)
0.00
0.30
0.51
0.91
1.07
1.71
2.01
4.58

Bottom
interval
(m)
0.29
0.50
0.90
1.06
1.70
2.00
4.57
5.18

Midpoint
depth
(m)
0.15
0.40
0.70
0.98
1.38
1.85
3.29
4.88

C
(wt %)a
1.07
0.29
0.12
0.18
0.03
0.07
0.08
0.07

C
error
(wt %)
nr
nr
nr
nr
nr
nr
nr
nr

N
(wt %)a
nm
nm
nm
nm
nm
nm
nm
nm

N
error
(wt %)
nm
nm
nm
nm
nm
nm
nm
nm

C:N
ratio
nm
nm
nm
nm
nm
nm
nm
nm

C:N
errorb
nm
nm
nm
nm
nm
nm
nm
nm

SCT2

0.00
0.11
0.23
0.38
0.69
0.91
1.24
2.34

0.08
0.19
0.30
0.46
0.79
0.99
1.32
2.41

0.04
0.15
0.27
0.42
0.74
0.95
1.28
2.37

3.03
1.91
1.14
0.61
0.46
0.18
0.09
0.05

0.11
0.07
0.08
0.01
0.03
0.01
0.00
0.00

0.27
0.18
0.11
0.08
0.06
0.03
0.02
0.02

0.01
0.01
0.00
0.00
0.00
0.01
0.00
0.01

11.28
10.37
10.46
7.87
8.20
5.10
4.21
1.94

0.68
0.59
0.81
0.20
0.50
0.83
0.16
0.76

2.04
5.89
5.62
6.03
11.95
15.87
14.99
15.89

SCT3

0.00
0.23
0.48
0.76
0.99
1.27
1.98

0.08
0.30
0.56
0.84
1.07
1.35
2.08

0.04
0.27
0.52
0.80
1.03
1.31
2.03

2.19
0.86
0.31
0.32
0.12
0.09
0.08

0.09
0.02
0.01
0.00
0.00
0.00
0.02

0.18
0.08
0.03
0.04
0.02
0.02
0.02

0.00
0.00
0.00
0.00
0.00
0.00
0.00

12.41
11.24
9.21
9.19
7.23
5.41
4.74

0.53
0.58
0.42
0.38
0.43
0.30
1.45

2.63
4.52
4.92
12.24
16.04
15.46
12.91

Soil
SCT1d

SCT5

Water
content
(wt %)c

0.00
0.08
0.04
2.71
0.07
0.23
0.01
11.89
0.40
4.67
0.20
0.28
0.24
0.87
0.01
0.09
0.00
9.92
0.13
9.35
0.51
0.58
0.55
0.61
0.00
0.06
0.00
10.57
0.40
16.55
0.66
0.74
0.70
0.40
0.00
0.04
0.00
9.78
0.17
18.38
0.99
1.07
1.03
0.18
0.00
0.02
0.00
7.72
0.14
20.93
1.27
1.35
1.31
0.14
0.00
0.02
0.00
6.46
0.10
19.35
1.96
2.03
1.99
0.04
0.00
0.01
0.00
4.31
0.62
14.84
a
C and N concentrations are the average of duplicate samples for all but SCT5 0-0.08 m, which is the average of four
replicates. The error is the standard deviation.
b
Error for C:N ratio calculated from the sum of the square errors for C and N.
c
Calculated from the difference between the wet (before freeze-drying) and dry (after) weights divided by the wet
weight.
d
C data for SCT1 from (PINNEY et al., 2002).
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Table 3.3: Microbial Biomass Carbon

Soil
SCT1

SCT2

SCT3

SCT5

Bottom deptha
(m)
0.15
0.30
0.53
0.61
0.91
1.22
1.52
1.83
2.13
2.44
2.74

Microbial
biomass carbon
(mg C kg-1 soil)a
455.08
198.60
202.73
162.91
279.62
153.79
77.43
76.28
117.89
<bdb
50.41

0.15
0.18
0.36
0.46
0.61
0.91
1.22
1.52
1.83
2.13
2.44
2.74
3.05
3.35
3.66
3.96
4.27
4.57

997.71
447.91
300.42
174.24
501.47
123.69
<bd
50.10
<bd
<bd
33.27
44.18
80.07
64.59
42.58
81.30
60.47
34.94

44.10
34.84
44.20
84.20
130.95
30.60

0.15
0.46
0.61
0.91
1.22
2.13
3.05
3.66
4.27
4.57
4.88

892.74
631.88
285.52
51.44
355.55
<bd
39.61
9.41
26.86
<bd
7.06

ncc
60.36
103.66
85.68
72.04

0.15
0.30
0.61
0.91
1.22
1.52
1.83
2.13
3.05
3.66
4.88

681.91
214.24
188.62
447.52
41.41
185.12
134.73
63.40
65.26
18.70
34.94

140.34
125.15
86.76
170.67
33.53
7.51
0.18
14.68
80.13
7.53
16.15

Error
(mg C kg-1 soil)
24.71
50.35
1.03
8.55
62.14
84.11
9.39
17.21
90.17
5.50

46.31

31.46
0.86
0.80
4.32
13.06
7.29
6.87
21.34

20.16
28.22
17.81
7.11
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a

Depth intervals listed were the bottom of the sampled depth. The top of the sampled depth was approximately 0.1 m
above the bottom.
b
Below detection limit because the sample with lysed microbial cells had a lower C concentration than the control
sample.
c
Only one lysed and one control sample was run because of material limitations.
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Table 3.4: Phospholipid Fatty Acid Biomass and Lipids

Midpoint
depth (m)
0.04
0.27
0.42
0.74
0.95

PLFA
biomass
(nmol g-1
soil)a
59.88
23.72
10.73
7.15
1.88

PLFA
error
(nmol g-1
soil) b
1.68
0.51
0.23
0.05

Number
of lipids
detectedc
60
63
na/77
26/63
20/39

0.04
0.27
0.52
0.80
1.03

63.02
18.31
3.41
4.07
0.44

1.07
0.52
0.07
0.11
0.02

74
58
22/51
20/51
9/21

0.04
0.24
0.55
0.70
1.03
na: not analyzed

89.77
14.11
6.85
4.17
0.70

0.86
0.88
0.13
0.17
0.04

75
34/74
20/60
23/50
9/32

Soil
SCT2

SCT3

SCT5

a

PLFA concentrations are the average of the lipid concentrations for lipids 20 carbons in length or shorter (through the
20:0 PLFA) calculated from three replicates (with the exception of SCT2 0.38-0.46 m with one subsample). Only lipids
common to a given depth interval across the three soils were included in the biomass calculations.
b
The PLFA error is calculated from the sum of the square errors and the standard deviation for each lipid.
c
Samples from deeper than 0.42 m for SCT2 and SCT3 and 0.24 m for SCT5 were reanalyzed in solutions three times
as concentrated as the upper soil samples. The first and second numbers are the number of lipids detected at the lower
and higher concentration, respectively.

a

0.04
0.24
0.55
0.70
1.03

SCT5

0.179
0.177
0.207
0.201
0.248

0.167
0.174
0.231
0.190
0.221
0.001
0.003
0.001
0.002
0.008

0.001
0.001
0.002
0.002
0.005

error
(mol
fraction)a
0.002
0.002
0.000
0.002
0.002

0.219
0.304
0.281
0.269
0.234

0.247
0.193
0.190
0.268
0.248

Gramnegative
bacteria
(mol
fraction)
0.235
0.242
0.243
0.253
0.314

0.001
0.015
0.004
0.009
0.007

0.003
0.002
0.002
0.006
0.007

error
(mol
fraction)
0.003
0.003
0.000
0.006
0.005

0.033
0.011
0.007
0.015
0.013

0.047
0.027
0.006
0.023
0.022

Fungal
(mol
fraction)
0.056
0.005
0.003
0.004
0.003

0.003
0.003
0.002
0.004
0.002

0.005
0.005
0.001
0.008
0.009

error
(mol
fraction)
0.008
0.000
0.000
0.001
0.001

0.082
0.023
0.015
0.031
0.027

0.114
0.073
0.013
0.050
0.048

Fungal to
bacterial
lipid ratio
0.138
0.011
0.006
0.009
0.006

The PLFA error is calculated from the sum of the square errors and the standard deviation for each lipid.

0.04
0.27
0.52
0.80
1.03

SCT3

Soil
SCT2

Midpoint
depth (m)
0.04
0.27
0.42
0.74
0.95

Grampositive
bacteria
(mol
fraction)
0.172
0.211
0.228
0.214
0.230

Table 3.5: Indicator phospholipid quantities

0.007
0.007
0.004
0.008
0.004

0.013
0.013
0.002
0.018
0.019

error
0.021
0.001
0.000
0.002
0.002

0.026
0.017
0.028
0.023
0.027

0.019
0.015
0.024
0.022
0.017

10Me18:0
(mol
fraction)
0.025
0.016
0.023
0.028
0.029

0.002
0.004
0.002
0.001
0.007

0.001
0.001
0.002
0.002
0.003

error
(mol
fraction)
0.003
0.002
0.000
0.004
0.003

0.034
0.031
0.055
0.049
0.060

0.026
0.027
0.051
0.047
0.051

10Me16:0
+
10Me18:0
(mol
fraction)
0.031
0.028
0.037
0.042
0.048

0.002
0.005
0.002
0.003
0.010

0.001
0.001
0.003
0.002
0.007

error
(mol
fraction)
0.003
0.002
0.000
0.004
0.003

104

105

Table 3.6: PCA loadings
Lipid
PC1a
PC2
16:1w9*
-0.32
-0.01
18:1w9c
-0.31
0.13
18:1w9t
-0.30
-0.07
16:1w11
-0.30
0.08
18:2w9:12
-0.29
0.20
16:0
-0.26
0.25
cy17:0
-0.11
-0.32
i-15:0
-0.05
-0.17
i-16:0
-0.05
-0.10
14:0 OH*
-0.01
-0.45
18:0
0.02
0.11
Me18:0
0.04
-0.06
a-15:0
0.04
-0.47
i-17:1
0.21
-0.30
a-17:0
0.22
-0.04
Me16:0*
0.25
0.24
cy19:0
0.25
-0.09
16:1 OH*
0.267
0.23
i-19:0*
0.27
0.23
i-17:0
0.29
0.17
* Peak identities that are not completely certain.
A
Loading scores for lipids common to all intervals and included in the PCA. Lipids are sorted by loading score for
PC1. Lipids with loading scores ≥0.20 for PC2 are displayed in italics and lipids with loading scores ≤-0.20 for PC2 are
displayed in bold type.
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Table 3.7: Environmental fit loading scores
Environmental
variable
C
N
P2O5
C:N
P2O5:Fe2O 3
CaO
K2O
Water content`
Depth
a

PC1a
-1.00
-0.99
-0.96
-0.94
-0.78
-0.39
-0.33
0.71
0.87

PC2
-0.06
-0.16
-0.27
0.33
-0.63
-0.92
-0.94
0.71
0.50

R2
0.86
0.83
0.54
0.68
0.68
0.80
0.70
0.86
0.86

P (significance)
>0.001
>0.001
>0.05
>0.001
>0.01
>0.001
>0.01
>0.001
>0.001

Environmental variable fits sorted by the correlation with PC1. Variables with correlation ≥0.50 for PC2 are displayed
in italics and variables with loading scores ≤-0.50 for PC2 are displayed in bold type. The correlation with soil age was
not reported because the relationship was not statistically significant.
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Figure 3.1
Concentration versus depth for (A) CaO, (B) Fe2 O3, and (C) kaolinite from the bulk soil. Ca is
primarily found in plagioclase feldspar. The depth and age trends for Na (also in plagioclase) and
K look similar to Ca though depletion with soil age slower than Ca. Fe is retained in the profile
and becomes enriched in the upper 1-2 m with soil age. Al distributions look similar to Fe as can
be seen from the kaolinite versus depth profiles. Data were published in White et al. (2008).

108

Figure 3.2
Concentration versus depth for (A) P2 O5 and (B) the P:Fe ratio from SCT2, SCT3, and SCT5. Fe
concentration data were published in White et al. (2008) and P2O5 are from Art White
(unpublished data).
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Figure 3.3
Concentration versus depth for (A) C, (B) N, (C) the C to N ratio, and (D) the water content. All
concentrations are for the bulk soil.
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Figure 3.4
Microbial biomass carbon versus depth for (A) 65 ka, (B) 92 ka, (C) 137 ka, and (D) 226 ka.
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Figure 3.5
Concentration versus depth for (A) total PLFA, (B) PLFA to C ratio with values normalized to
the surface value for each soil, and (C) fungal to bacterial lipid ratio (see section 3.3.6 for details).
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Figure 3.6
Results for principal components analysis (PCA) of the phospholipid (PLFA) data. Soil ages are
designated as follows SCT2 (T2, squares), SCT3 (T3, circles), and SCT5 (T5, diamonds). The
number following the soil age designation is the approximate midpoint depth of the soil sample.
The PCA accounted for 46% of the variance in community compositions along PC1 and 19%
along PC2. Sample depths generally increase from left to right along PC1 and sample ages
generally increase from bottom to top along PC2. Selected results of the environmental fit
performed to compare changes environmental variables with community composition changes are
presented visually for the environmental variables that corresponded best with PC1 (C
concentrations (PerC)) and PC2 (and CaO concentrations). The loading scores for other
environmental variables can be found in Table 3.7.
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Figure 3.7
Results for redundancy analysis (RDA) of phospholipid (PLFA) data. Note that the RDA1 axis is
reversed for ease of comparison with the PCA results. Soil ages are designated as follows SCT2
(T2), SCT3 (T3), and SCT5 (T5). The number following the soil age designation is the
approximate midpoint depth of the soil sample. The RDA accounted for 44% of the variance in
community compositions along RDA1 and 16% along RDA2. As was the case with the PCA
results, sample depths generally increase from left to right along RDA1 and sample ages
generally increase from bottom to top along RDA2. The statistical significances were <0.001 for
C and CaO and <0.05 for water content (fract_water). The loading scores for individual lipids
were quite similar in scale to the loading scores for the PCA.
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4. Chapter 4
Chapter 4
Using a reactive transport model to elucidate differences between
laboratory and field mineral dissolution rates in a chronosequence
4.1. Abstract
The reactive transport model, FLOTRAN, and data from granitic regolith profiles
were used to explore whether laboratory dissolution rates can be used to predict
weathering over 40 to 3000 ka. FLOTRAN was used to model field data from a Merced,
California (USA) chronosequence and from a deep granitic saprolite near Davis Run,
Virginia (USA). Plagioclase and potassium feldspar dissolution for Merced and Davis
Run were successfully modeled with FLOTRAN. To successfully model plagioclase and
potassium feldspar depth profiles, the depth of the front across which the more soluble
mineral, plagioclase, dissolved was first modeled by tuning the pore fluid flow rate.
Tuned flow rates ranged from 30-75% of the estimated flow rates for the present. Next,
the reactive surface areas were reduced relative to BET surface areas measured on soil
samples to successfully match the thickness of the broad reaction fronts observed in the
field data. When plagioclase and potassium feldspar dissolution were successfully
predicted, the model also predicted the total volume of kaolinite in the soil and the pore
water concentrations for Na+, SiO2(aq), and pH reasonably well. Use of a sigmoidal rate
law to describe decreasing dissolution rates near equilibrium instead of a TST-like
(transition-state theory) rate law narrowed the difference between the BET surface area
and the field reactive surface area to less than an order of magnitude. A comparison
between FLOTRAN models for the dry, Mediterranean Merced soils and the wetter
Davis Run regolith indicate that regolith hydrology may account for at least an order of
magnitude of the laboratory – field discrepancy. Results indicate that future work
incorporating more complex hydrological transport may further elucidate differences
between laboratory and mineral dissolution. The inclusion of organic ligands and P
cycling in future reactive transport modeling will allow more rigorous coupling of the
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evolution of geochemical properties (described in this chapter) and ecological properties
(described in chapter 3) across chronosequence soils.
4.2. Introduction
The dissolution of silicate minerals is a key process in geochemical cycles.
Silicate mineral dissolution in soils and saprolite provides nutrients to ecosystems (e.g.,
CAREY et al., 2005), plays a role in neutralizing acid deposition (WILLIAMS and MELACK,
1997), and serves as a significant source of elemental fluxes to the ocean (KUMP et al.,
2000). On the million-year time scale, silicate mineral weathering is one of the major
drivers of atmospheric CO2 levels (BERNER, 1995). As a result, the ability to predict rates
of mineral dissolution in natural environments is key to understanding numerous
geological and ecological processes. For example, the ability to successfully model
mineral dissolution in soils will be important in predicting how changes in temperature
and precipitation due to global climate change will affect soil chemistry and mineral
dissolution rates (e.g., WILLIAMS et al., 2003). Prediction of mineral dissolution rates is
an important component of understanding numerous other societal issues including water
quality (e.g., MALMSTRÖM et al., 2000), nuclear waste disposal (e.g., YOKOYAMA et al.,
2005), and geologic carbon sequestration (e.g., CARROLL and KNAUSS, 2005).
Previous researchers have consistently found that mineral dissolution rates
calculated from field data, including rates calculated from aquifers, soil pore waters, soil
chemistry, and stream chemistry, are two to five orders of magnitude slower than
experimental mineral dissolution rates observed under far-from-equilibrium conditions
(e.g., WHITE et al., 1996; OLIVA et al., 2003; WHITE et al., 2005; ZHU, 2005; WHITE et
al., 2008). For example, at one field site, the plagioclase dissolution rates calculated from
changes in soil mineralogy (WHITE et al., 1996) were more than 4 orders of magnitude
slower than far-from-equilibrium experimental rates for plagioclase dissolution under
similar pH conditions (BANDSTRA and BRANTLEY, 2008). The large differences in rates
make it difficult to predict mineral dissolution in field systems using experimental data.
The concept of mineral reaction fronts provides a useful framework for understanding
mineral dissolution in soils.
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4.2.1. Reaction fronts
A reaction front is defined as the portion of a elemental or mineral concentration
depth profile over which the concentration of some element or mineral decreases from
the parent material concentration to some minimum (Figure 4.1), often reaching complete
depletion (WHITE, 2002; BRANTLEY et al., 2007; BRANTLEY et al., 2008). The thickness
(L, m), which is a function of the slope of a reaction front (Figure 4.1), has been proposed
to reveal information about the kinetics of dissolution (ORTOLEVA et al., 1986; LICHTNER,
1988; LICHTNER, 1996; MURPHY et al., 1998; WHITE, 2002; BRANTLEY et al., 2008). The
slope of the reaction front can be calculated from the difference between the depth of the
top of the reaction front Zt (m), where the concentration of the reacting element
approaches zero, the bottom of the reaction front Zb (m), and the change in elemental or
mineral concentration across this interval (Figure 4.1). The integration of elemental or
mineral concentration across the front yields the fraction, F, or volume of mineral
remaining in the soil column compared to the original volume of that mineral in the soil
column. The advance rate of the reaction front, i.e., the rate at which Zm moves
downward with time, controls F.
For an advection-dominated porous column, when a reaction front is formed by
dissolution of a single mineral (single component) that dissolves to form a single species
(e.g., quartz to SiO2(aq)), the thickness of the reaction front L can be solved analytically.
Surface area is assumed to remain constant and porosity changes are assumed to have no
effect on dissolution or transport (LICHTNER, 1988). The dissolution reaction is written
as:
( 4.1)
where Maq is the aqueous species and Ms is the dissolving mineral. Note the reaction is
written where precipitation is the forward reaction, rather than dissolution as commonly
written (LICHTNER, 1996). The kinetic rate equation for the dissolution reaction can be
written as:
( 4.2)
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where R is the rate of forward reaction for equation 4.1 (mol cm-3 s-1), k is the far-fromequilibrium rate constant (mol cm-2 s-1), A is volumetric specific surface area (cm2 cm-3),
ai is the activity of the ith species, Q is the ion activity product, and K is the equilibrium
constant (LICHTNER, 1996). The rate constant is converted from concentration per volume
units to a length unit as follows:
( 4.3)
where k' is the kinetic rate constant (cm s-1) and Ceq is the equilibrium concentration (mol
cm-3) of the single aqueous species (LICHTNER, 1996). If surface area is assumed to be
constant, then L can be calculated as follows:
( 4.4)
where v is the Darcy velocity of porefluid flowing through the porous matrix (cm s-1)
(LICHTNER, 1988; LICHTNER, 1996). From equation 4.4, it can be seen that changes in
either v or k′A will result in changes in L.
While equation 4.4 is useful for single-mineral, single-component systems and for
conceptualizing what controls L, it cannot be solved analytically for multiple-mineral,
multiple-component systems. In multiple-mineral, multiple-component systems a number
of coupled processes occur that require calculations using a reaction transport model like
FLOTRAN (LICHTNER, 2007), including mineral precipitation as a sink for dissolution
products, mineral dissolution rates that change with pH, and dissolution rates that change
as chemical equilibrium is approached. Reaction transport model results indicate that the
general relationship described in equation 4.4 holds for a multiple-mineral, multiple
component system (Figure 4.1).
4.2.2. Factors controlling weathering
Physical, biological, and chemical factors all play a role in mineral dissolution and
have been cited as contributing to the difference between laboratory and field mineral
dissolution rates. These factors can be classified into two categories: intrinsic and
extrinsic (WHITE and BRANTLEY, 2003). Intrinsic factors are related to mineral properties,
both chemical and physical, that may change as dissolution proceeds (WHITE and
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BRANTLEY, 2003). For example, both BET and reactive surface area may change with
greater duration of dissolution. Extrinsic factors are external environmental variables
such as climate and biota (WHITE and BRANTLEY, 2003). Information about intrinsic
factors are likely to be transferable between field sites while extrinisic factors are likely
to be different between field sites.
Intrinsic factors are predominantly chemical and mineralogical in nature. Mineral
chemistry and structure affects mineral solubility and preferential dissolution, e.g., the
calcic zones of plagioclase have been found to dissolve much more quickly than the more
sodic portions of the mineral (e.g., OLIVA et al., 2004; WHITE et al., 2008). Experimental
data have demonstrated that dissolution rates do not vary linearly with ΔG but are much
slower (≥1 order of magnitude) close to equilibrium (e.g., BURCH et al., 1993;
HELLMANN and TISSERAND, 2006). Aqueous species can have catalytic or inhibitory
effects on dissolution and precipitation rates (OELKERS et al., 1994; STILLINGS et al.,
1996). Reactive surface area seems to diminish with time (WHITE et al., 1996; WHITE and
BRANTLEY, 2003) or with approach to chemical equilibrium (SHIRAKI and BRANTLEY,
1995; BEIG and LUTTGE, 2006). In contrast, BET surface area has been found to increase
with duration of dissolution (WHITE et al., 1996; HODSON et al., 1998).
Extrinsic factors are predominantly physical and biological in nature. Primary
climatic factors are temperature and precipitation, including both the amount and annual
distribution (WHITE and BLUM, 1995; KUMP et al., 2000). Physical erosion creates or
exposes mineral surfaces to weathering (KUMP et al., 2000; RIEBE et al., 2003). Coating
of soil minerals by secondary minerals such as clays or aluminum, iron, and manganese
oxyhydroxides can physically reduce the reactive surface area (NUGENT et al., 1998).
Hydrological factors include the amount of water flowing through a soil and the
hydrological heterogeneity with regions with differing rates of advection as well as
regions of low or no permeability where diffusive transport dominates (GREEN et al.,
2005; WHITE et al., 2005).
Several extrinsic factors are related to ecosystem functions. Plants and
microorganisms take up water and inorganic nutrients such as Ca, K, and P (CREWS et al.,
1995; BORMANN et al., 1998; MOULTON et al., 2000). Both plants and fungi also produce
organic matter and organic acids that can play a direct role in mineral dissolution
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(STILLINGS et al., 1996; DREVER and STILLINGS, 1997) as well as in transport of Al and
Fe from the surface soil to subsurface horizons (LUNDSTRÖM et al., 2000; MASIELLO et
al., 2004). Plants slow physical erosion by holding soil particles in place with root
systems (DREVER, 1994).
Reactive transport models can be used to understand the effects of many of these
chemical factors and some of the physical factors responsible for the difference between
laboratory and field dissolution rates. The Merced chronosequence was chosen as the
primary site for modeling in order to minimize differences in climate, biological factors,
erosion, and lithology (see section 4.3.2). Erosion across the plagioclase reaction front is
insignificant at Davis Run, which was modeled as a comparison site to Merced (see
section 4.3.3).
4.2.3. Objectives
FLOTRAN, a coupled chemical and hydrological reactive transport model
(LICHTNER, 2007), was used with extensive data for flow and chemistry of water and
chemistry for soil particles across soils of the Merced chronosequence (40 to 3000 ka) to
explore some of the factors contributing to differences between laboratory and field
mineral dissolution rates. Davis Run, a granitic regolith profile weathering under cooler
and wetter conditions than Merced, was modeled to compare the effects of temperature
and hydrology on weathering.
FLOTRAN

incorporates

parameters

such

as

kinetic

rate

constants,

thermodynamic data, mineral surface area, and flow rate to forward predict mineral
dissolution. In particular, this study was focused on plagioclase dissolution. Plagioclase
feldspars are the most abundant minerals in the Earth’s crust, and plagioclase dissolution
was the most important dissolution reaction in terms of elemental fluxes from both
Merced and Davis Run. A systematic study of the factors in the model that control
plagioclase dissolution in both field sites allowed greater understanding of why
laboratory rates are four orders of magnitude faster than rates calculated from field data
for these systems (WHITE and BRANTLEY, 2003).
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4.3. Site description and field data
The first field site modeled is the granitic soil chronosequence in Merced,
California, USA, which has been extensively studied (PAVICH et al., 1986; HARDEN,
1987; WHITE et al., 1996; BAISDEN et al., 2002; BULLEN et al., 2004; GREEN et al., 2005;
WHITE et al., 2005). At Merced, modeling is highly constrained because chronosequence
data includes the extent of mineral dissolution for soils of several ages, in essence
providing snapshots in time for comparison to model results out to 3000 ka. The
plagioclase reaction front in the Davis Run granitic saprolite, Virginia, USA (PAVICH et
al., 1989; WHITE et al., 2001) was also modeled to gain additional perspective on how
plagioclase weathering proceeds under a different climatic and hydrological regime. The
plagioclase reaction fronts at both sites occur in porous material: alluvial deposits at
Merced and saprolite at Davis Run. The Davis Run site provided a good contrast to the
Merced site in terms of the climate (both precipitation and temperature), hydrology (in a
saturated or nearly-saturated zone), and the depth of the plagioclase reaction front (meters
below the surface). Hydrological complexity was lower in the Merced and Davis Run
systems where the parent material was relatively porous (≥7%) than in relatively low
porosity systems (<5%) where reaction fronts occur across the bedrock to saprolite
transition. Mineral reaction fronts that cross the bedrock to saprolite transition zone often
exhibit large changes in porosity due to mineral dissolution with the large porosity
changes resulting in significant shifts in the hydrological and transport parameters
(NAVARRE-SITCHLER, 2008).
4.3.1. Interpreting field results through mass transfer calculations
Elemental and mineral concentrations were first recast in terms of the change
relative to the parent material. The depletion or enrichment of a given mineral relative to
the parent material can be calculated using the mass transfer coefficient τj:
(4.5)
Here, Cj,w is the concentration (g mineral g-1 soil) of some mobile component j in the
weathering regolith, Cj,p is the concentration of the mobile component j in the parent
material, Ci,w and Ci,p are the concentrations of the immobile component i in the
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weathered and parent material, respectively (BRIMHALL et al., 1988; CHADWICK et al.,
1990; ANDERSON et al., 2002). Using the mass transfer coefficient aids in the comparison
of field data and model data because it accounts for the effects of soil volume changes
and of relative enrichment or depletion (the apparent increase or decrease in
concentration of one mineral due to dissolution of another mineral or addition of organic
matter).
For the Merced soils, equation 4.5 was used on a mineral basis where i equals
quartz. No significant quartz dissolution occurred in the Merced soil through 3000 ka
(WHITE et al., 1996). In addition, the density of quartz is similar to that of plagioclase
and potassium feldspar, and thus was less subject to variations in depositional effects
(WHITE et al., 1996). The titanium oxide component was assumed to be immobile when
calculating τj for the Davis Run field data following White et al. (2001); quartz
dissolution predicted by FLOTRAN was minimal and thus quartz was assumed to be
immobile when calculating τj for the Davis Run model predictions.
Mass losses were calculated using a variation of an equation formulated to
calculate the mass flux loss (mol m-2 land surface) from the surface to the bottom of the
weathering front (CHADWICK et al., 1990):
( 4.6)
where ρp is the bulk density of the parent material, wj,p is the weight fraction of the
weatherable mineral in the parent material, 106 is a conversion term to convert bulk
density from g cm-3 to g m-3, Zb is the bottom of the reaction front, and τj(z) is the average
value for τj over the weathering front. The equation was modified as follows:

( 4.7)
Here, Vj,p is the volume fraction of the weatherable mineral in the parent material (m3
mineral m-3 soil), Vm is the molar volume (m3 mol-1), τj,x is the value for a given interval x,
and zx is the thickness of a given interval x. Mj the percentage of mineral remaining in the
soil column.
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4.3.2. Merced
The Merced chronosequence soils, formed on dissected terraces along the Merced
River in the eastern Central Valley and western foothills of the Sierra Nevada, have been
the subject of several studies related to soil development and mineral weathering (e.g.,
ARKLEY, 1962; PAVICH et al., 1986; HARDEN, 1987; HARDEN, 1988; WHITE et al., 1996;
WHITE et al., 2005). Here we focused on soils formed on the lower member of the
Modesto formation (40 ka), the middle member of the Riverbank formation (250 ka), the
Turlock Lake formation (600 ka), and the China Hat formation (3000 ka). The soils
formed on alluvial sediments dominantly derived from granitic rocks in the interior of the
Sierra Nevada (HARDEN, 1987). Erosion was assumed to be minimal for most of the
Merced soils following previous studies (WHITE et al., 1996; WHITE et al., 2005), which
allowed for the assumption that the loss of primary minerals to be attributed primarily to
dissolution rather than physical transport. Merced chronosequence soils younger than 40
ka were not modeled because the soils included minerals derived from metamorphic
rocks located in the foothills of the Sierra Nevada along with the granitic minerals from
the interior of the Sierra Nevada (HARDEN, 1987) and the noise in the data resulting from
depositional variations made it difficult to detect a weathering signal. The mean annual
temperature and mean annual precipitation (from 1930-2003) at Turlock Lake (~40 km
away) are 16°C and 30.6 cm, respectively (HARDEN, 1987; WHITE et al., 2005).
Plagioclase, quartz, potassium feldspar, and kaolinite are the most common
minerals in the parent material with hornblende and biotite present in smaller amounts
(WHITE et al., 1996). For the 250, 600, and 3000 ka terraces, five, three, and four depth
profiles were collected, respectively (Table 4.9). Mineral concentrations from these
profiles (WHITE et al., 1996 and White, unpub. data) were used to construct a composite
profile for each chronosequence terrace to maximize the number of data points with
depth for each of the terraces. The composite profiles were calculated by using the
quantitative XRD results for the sand and silt size fractions and the size separation results
for the clay fraction (see WHITE et al., 1996 for methods) from the three to five depth
profiles collected from each of the terrace soils. The composite profiles were then
converted from a weight basis to a volume basis (see Appendix section 4.9.1 for details).
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Patterns observed for the Merced chronosequence soils included increasing
depletion of near-surface soil plagioclase with soil age. Nearly 50% of the plagioclase
was present in the near-surface soil at 600 ka compared to the parent whereas only about
5% of plagioclase remained in the soil profile at 3000 ka (Table 4.1, Figure 4.3). In
contrast, potassium feldspar concentrations remained nearly constant through 600 ka and
then decreased to nearly 25% of the potassium feldspar remaining at 3000 ka.
Conversely, quartz concentrations increase with soil age as the more soluble minerals
were weathered away (WHITE et al., 1996). Clay concentrations increased through time as
primary minerals dissolved and clay precipitated. One likely reaction is the dissolution of
albite (NaAlSi3O8) or potassium feldspar (KAlSi3O8) to kaolinite (Al2Si2O5(OH)4):
NaAlSi3O8(s) + H+(aq) + 0.5H2O → Na+(aq) + 0.5Al2Si2O5(OH)4(s) + 2SiO2(aq) ( 4.8)
While this reaction indicates that Al is conservative in the soils, no such assumption is
built into FLOTRAN.
4.3.3. Davis Run
The Davis Run granitic saprolite is located in Fairfax County, VA and overlies the
Occaquan granite (PAVICH et al., 1985; PAVICH, 1986; PAVICH et al., 1989).
Geomorphological studies indicate the landscape is at steady state: i.e., the transformation
of bedrock to saprolite occurs at the same rate as the erosion of material from the surface
(PAVICH, 1986). The mean annual temperature at this site is 10°C and the mean annual
precipitation is 1.04 m (PAVICH, 1986). A previous study calculated plagioclase and
potassium feldspar dissolution rates at Davis Run to be slower (Table 4.8) than the
average Merced rates (WHITE et al., 2001). The Davis Run regolith was calculated to
have been exposed to weathering for at least 810 ka from 10Be measurements at a nearby
location (PAVICH et al., 1985). Therefore, a previous study of mineral weathering rates at
Davis Run assumed the regolith exposure age to be 800 ka (WHITE et al., 2001). For most
of the last 800 ka, the earth had extensive glacial coverage and the climate was cooler.
Oxygen isotope measurements of kaolinite at the Davis Run site indicate that weathering
at Davis Run predominantly occurred during the cooler glacial climates (ELLIOTT et al.,
1997).

124

While no mineralogical data were collected for the Davis Run depth profile, the
mineralogy of the bedrock is known (SEIDERS et al., 1975) and the chemistry of the soil
and saprolite can be used to calculated mineral phases. Sodium was primarily found in
plagioclase and potassium was found in potassium feldspar and muscovite, respectively
(WHITE et al., 2001). The saprolite chemistry indicated little alteration of muscovite and
that most of the potassium loss in the saprolite was due to potassium feldspar dissolution
(WHITE et al., 2001). Sodium concentrations were approximately zero down to 11 m
depth and then concentrations increased from approximately zero at Zt to the parent
concentration at 21 m (Figure 4.2, Table 4.2). Potassium concentrations decreased
steadily from the weathered bedrock to the surface with much of this loss attributed to the
loss of potassium feldspar due to inferred muscovite stability in soils and Mg retention in
the saprolite (WHITE et al., 2001). Because the plagioclase reaction front is found well
below the surface (11 to 20 m), no physical erosion occurs across the plagioclase reaction
front. Weathering of the saprolite occurs isovolumetrically where the structure of the
original bedrock is maintained as minerals dissolve (PAVICH et al., 1989; WHITE et al.,
2001). The lower part of saprolite is saturated or nearly saturated and serves as reservoir
for groundwater (PAVICH et al., 1989).
4.3.4. Key features of the reaction fronts
We sought to capture several features of the observed reaction fronts at Merced:
1) Plagioclase reaction front depth, Zm,p, and thickness, Lp, for each soil
3) Potassium feldspar reaction fronts where the depth, Zm,f, and thickness, Lf,
equaled ~0 through 600 ka and then matched the field data at 3000 ka
4) Quartz reaction fronts where the depth Zm,q and thickness Lq were ~0 through
3000 ka
5) Kaolinite precipitation profiles where the fraction of the clay increased relative
to the parent clay volume, Fk, and the thickness of the clay precipitation front, Lk
At Davis Run, modeling focused on capturing the plagioclase reaction front
depth, Zm,p, and thickness, Lp. A secondary goal was to capture the depth and thickness of
the potassium reaction front, which was assumed to be the same as the potassium feldspar
front (see section 4.3.3).
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4.4. Model inputs
4.4.1. Merced parent material mineralogy and surface area
Parent material for this study was assumed to be identical to the parent material
described for other studies of the Merced chronosequence: the average mineralogy and
grain size distribution from the basal horizons in the three Modesto Formation terraces
(M12 201-231cm, M31 200-254 cm, M46 66-250 cm) (HARDEN, 1987; WHITE et al.,
1996) (Table 4.3). Biotite and hornblende were excluded from the parent material used
for model input (see concentrations in Table 4.9). Biotite did not dissolve in the soils but
rather transformed to hydrobiotite and then vermiculite as it weathered (WHITE et al.,
1996). About 65% of the hornblende was depleted from the soil by 250 ka (WHITE et al.,
1996). The relatively low concentrations of hornblende, and its rapid depletion, indicate
that feldspar, and particularly plagioclase, dissolution dominates soil solution chemistry
through much of the chronosequence history. Additionally, the scarcity of
thermodynamic and kinetic data for hornblende makes the modeling of this mineral
difficult.
The geometric specific surface areas of the primary minerals in the parent material
were calculated using the grain size distribution data for the sand and silt fractions from
the parent horizons as reported previously (see Appendix, section 4.9.2). Geometric
specific surface areas were converted to a BET-equivalent specific surface area by using
mineral-specific roughness factors for the primary minerals in each of the sand and silt
grain size classes (Appendix, section 4.9.2). The clay fraction was assumed to be entirely
secondary clay minerals, primarily kaolinite, and the specific surface area was set equal
to the average of the BET values measured for the clay fractions from the Post-Modesto
and Modesto soils (WHITE et al., 1996).
The mass-specific surface area (cm2 g-1) for any given mineral was converted to a
volume-specific surface area (cm2 cm-3) for input into FLOTRAN. The volumetric
surface area can be calculated from the mineral specific surface area if the soil bulk
density and mineral concentration are known (e.g., WHITE, 2002).
( 4.9)
where Sm is the specific surface area for a given mineral m (cm2 g-1), ρm is bulk density for
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a given mineral m (g cm–3), and Vm is the volume fraction for a given mineral m.
4.4.2. Davis Run parent material mineralogy and surface area
The mineralogy of the Davis Run parent material was measured to be quartz =
37%, potassium feldspar = 27%, plagioclase = 21%, muscovite = 13%, and biotite =
2.1% by volume (SEIDERS et al., 1975). Parent mineralogy for the model was calculated
by adding the 7% porosity calculated for the bottom of the saprolite to the total volume
fraction and then readjusting the reported mineral volumes so that the total volume
fraction was equal to one. The plagioclase composition was predominantly albitic (An6)
and little to no Na was found in other minerals; therefore, Na concentrations in the
saprolite and soil can be used as a proxy for plagioclase concentration. The plagioclase,
potassium feldspar and quartz volumetric surface areas for Davis Run were calculated
using the parent BET specific surface areas for the sand size classes (but not the silt size
class) from Merced (Table 4.3). The muscovite specific surface area was taken from the
literature for laboratory-ground muscovite (KNAUSS and WOLERY, 1989). A small
volume fraction of kaolinite (0.01) was included in the model parent material (Table 4.3).
Similar to Merced, biotite was not included in the models of Davis Run.
4.4.3. Model specifications
The soils were modeled with FLOTRAN as one-dimensional columns of porous
material with homogeneous parent composition and surface area. The thickness of model
grid cells ranged from 0.0001 (near the surface) to 0.1m (at depth). Reaction front depths
and thicknesses were relatively insensitive to maximum model grid sizes of 0.0001 to
0.1m. Model results were also insensitive to maximum time step intervals over a range
from 1 to 300 y. The model solution algorithm was a hybrid between central finite
difference and first order upwinding (LICHTNER, 2007).
4.4.3.1. Climate and hydrology
Model temperatures were set to 11°C and 5°C, which is 5°C colder than the
current mean annual temperatures for Merced and Davis Run, respectively (see site
descriptions in sections 4.3.2 and 4.3.3), due to the fact that a significant portion of the
weathering occurred during glacial periods. For example, at the Davis Run and Merced
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sites, mesoscale climate model results indicate temperatures at the last glacial maximum
were more than 5°C below current mean annual temperatures (BROMWICH et al., 2004).
In addition paleotemperatures calculated from aquifer noble gas concentrations for a site
near Davis Run were also more than 5°C colder than current temperatures for at least the
last 80 ka (AESCHBACH-HERTIG et al., 2002).
Constant pore fluid flow and permeability were assumed for both systems. The
porosity of the Merced parent material was set at 0.34, the calculated value for the
Riverbank soil (White, 2005). The porosity of the Davis Run parent material was
calculated to be 0.07 assuming a grain density of 2.7 g cm-3 using bulk density
measurements from Pavich et al. (1989). The initial hydrological saturation was set at 0.5
for both sites. A sensitivity test for hydrological saturation between 0.01 and 1 revealed
that variations in this value had little effect in the advection-dominated systems modeled.
The pore fluid flow rate measured in the field was 0.057 m y-1 for the 250 ka
Merced soil at 5.4 m depth (WHITE et al., 2005) and 0.23 m y-1 for Davis Run (PAVICH et
al., 1989). Peclet numbers, or the ratio of advective to diffusive transport over a length
scale of interest, calculated for the baseline model conditions were about 2 for a length
scale of 0.04 m (the width of the plagioclase reaction front) for Merced and about 67 over
the same length scale for Davis Run. With the average grain sizes and flow rates found at
both Merced and Davis Run, data from laboratory studies indicate transport by molecular
diffusion is greater than transport by longitudinal dispersion (OELKERS, 1996). The
effective diffusivity, De, for Merced was calculated to be 1.16 x 10-6 cm2 s-1 and for Davis
Run was calculated to be 6.76 x 10–7 cm2 s-1 using the following equation from Oelkers
(1996):

( 4.10)
where D is diffusivity in water (1 x 10-5 cm2 s-1) and φ is the porosity (0.34 in the Merced
parent material, 0.20 for Davis Run at the midpoint of the plagioclase reaction front).
Note that the sodium (and plagioclase (albite, An6)) reaction front was found in the
porous saprolite above the bedrock (PAVICH et al., 1989; WHITE et al., 2001) with
porosities ranging from 0.37 at 11m to 0.12 at 20m. Species-independent aqueous
diffusion coefficients were calculated using equation 4.10 and were assumed to be
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constant for all grid points.
4.4.3.2. Aqueous chemistry and thermodynamic data
Primary and secondary aqueous species included in the model are listed in Table
4.4. All aqueous reactions were assumed to be at equilibrium in each grid cell. The input
solution chemistry for Merced was estimated from the average precipitation chemistry at
the Modesto, Riverbank, and Turlock Lake sites after accounting for concentration due to
evaporation as explained below (Table 4.5). Input solution chemistry for Davis Run was
estimated from the average of the precipitation chemistry from National Atmospheric
Deposition Program (NADP) data (NADP, 2008). To simulate the effects of
evapotranspiration on solution chemistry, solutions with the average precipitation
chemistries for Merced and Davis Run were concentrated by 80% using PHREEQC
(PARKHURST and APPELO, 1999). Thermodynamic data were derived from the database
based on Lawrence Livermore National Laboratory thermodynamic modeling
(thermo.com.V8.R6.230). The NADP does not measure Al and Si concentrations so
concentrations in the initial precipitation chemistry were assumed two orders of
magnitude lower than the lowest measured concentrations from Merced pore waters
(Table 4.5). When initial Si concentrations in precipitation were assumed to be one order
of magnitude lower than the lowest measured concentrations at Merced and after
concentration with PHREEQC, the input solution was saturated with respect to quartz.
The effect of evaporation was to increase elemental concentrations by approximately a
factor of five compared to the unevaporated precipitation chemistry (Table 4.5). Input
pore fluid velocity and chemistry were assumed to be unaffected by plant uptake.
The pH values for the input solution were calculated by equilibrating the
“evaporated” precipitation to values of log pCO2 = -2.3 (Table 4.5), consistent with the
low end of soil pCO2 values observed for modern temperate ecosystems (CERLING,
1999). While this pCO2 value is slightly lower than the average maximum pCO2
measured for the 40, 250, and 600 ka Merced soils (-2.2, White, unpublished data), a
lower concentration is justified since much of the weathering in these soils occurred
during glacial periods when atmospheric CO2 was lower. Paleosoil pCO2 was likely lower
than the present due to decreased atmospheric CO2 and lower plant productivity (BENDER,
2003).
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4.4.3.3. Mineral thermodynamics
All minerals were modeled as pure phases (thermodynamic and kinetic data
summarized in Table 4.6). While the Merced plagioclase contained calcium (An32,
WHITE et al., 1996), it was modeled as albite. The Davis Run plagioclase (An6) solubility
was assumed to be the same as albite.
4.4.3.4. Mineral kinetics
The kinetic rate equation for mineral dissolution and precipitation in FLOTRAN
is written as follows:
( 4.11)
where Rm is the rate (mol cm-3 s-1) for mineral m, sgnm is the sign of the affinity term, Am is
the volumetric mineral surface area (cm2 cm-3), Pml is the prefactor for the lth parallel
reaction, kml is the rate constant (mol cm-2 s-1) for the lth parallel reaction, Qm is the ion
activity product, Km is the equilibrium constant, and σm is Tempkin’s constant (related to
the stoichiometry), and βm is the affinity power (LICHTNER, 2007). Note that in this
reaction, Km is the equilibrium constant for the precipitation reaction (LICHTNER, 1988;
LICHTNER, 1996). The sign for the affinity term is calculated as follows:

( 4.12)
where positive values imply dissolution and negative values imply precipitation. The
prefactor is defined as the product of contributions from primary and secondary aqueous
species:

( 4.13)
where ai and aj represent the activity of the secondary and primary species respectively,
and ail, ajl, bil, bjl are constants. The prefactor is used to formulate rate laws dependent on
aqueous species such as H+, OH-, and Al3+.
Rate laws based on aqueous species such as H+ and OH- are modeled in
FLOTRAN as parallel rate laws. Parallel rate laws are considered to be additive, for
example:
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( 4.14)
where km is the rate constant for acidic (m=H+), water (m=H2O), or basic (m=OH-)
dissolution , am is the activity of the proton (m=H+) or hydroxyl (m=OH-) ions, and m
and n are the reaction order for the proton and hydroxyl ions, respectively. Literature
activation energies (see Table 4.6) were used to calculate rate constants at field
conditions. Rate constants and reaction orders for albite, kaolinite, muscovite, potassium
feldspar, and quartz used in the model were derived from best-fit equations based on
compiled laboratory results (see Table 4.6). The degree of supersaturation necessary for
the precipitation of primary minerals was set to 1 x 1099 since precipitation of those
minerals is thermodynamically unfavorable at earth surface conditions. As a result,
kaolinite was the only mineral that readily precipitated.
4.4.3.5. Alternative rate laws
When σm and βm are equal to one, the kinetic rate equation (equation 4.11) is
consistent with a conventional transition-state theory (TST) formulation (BRANTLEY,
2008). In TST, dissolution and precipitation rates are constant under far-from-equilibrium
conditions and change linearly with respect to the free energy of reaction, ΔGr, at nearequilibrium conditions (Figure 4.3). Numerous experimental studies have demonstrated
that the conventional TST-like rate law formulation overpredicts dissolution rates under
near-equilibrium conditions for plagioclase (BURCH et al., 1993; GAUTIER et al., 1994;
OELKERS et al., 1994; TAYLOR et al., 2000; HELLMANN and TISSERAND, 2006). Results
from two continuously-stirred tank reactor experiments indicate near-equilibrium
plagioclase dissolution rates are approximately one order of magnitude slower than rates
that are far from equilibrium (BURCH et al., 1993; HELLMANN and TISSERAND, 2006). In
one proposed alternative to TST, dissolution rates change sigmoidally with respect to ΔGr
as equilibrium is approached (BRANTLEY, 2004; HELLMANN and TISSERAND, 2006). The
TST rate law fails because more than one rate-limiting step is important across the full
range of affinity (SHIRAKI and BRANTLEY, 1995; BEIG and LUTTGE, 2006). To investigate
the use of the sigmoidal dissolution rate law, albite dissolution data from nearequilibrium experiments at 150°C and pH 9.2 (HELLMANN and TISSERAND, 2006) were
empirically fit using parallel rate laws (Figure 4.3) following the approach of Maher et al.
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(2006). The relationship between near-equilibrium and far-from-equilibrium rates at
higher temperature was assumed to the same at ambient conditions as at the experimental
conditions. The following simplified rate equation illustrates the relationship between the
near-equilibrium and far-from-equilibrium rates used in the sigmoidal rate law for
proton-promoted dissolution:
( 4.15)
Here kH+FFE is the far-from-equilibrium rate constant, kH+NE is the near-equilibrium rate
constant (see Table 4.6 for values), and Ap, Kp, and Qp are the reactive surface area,
equilibrium constant, and ion activity product, respectively, for plagioclase.
Several researchers have reported that aqueous aluminum inhibits plagioclase
(and other aluminosilicate) dissolution even under far-from-equilibrium conditions and at
the same time that dissolution rates change non-linearly with ΔGr as chemical
equilibrium is approached (e.g., GAUTIER et al., 1994; OELKERS et al., 1994). The
following equation has, therefore, been proposed (OELKERS et al., 1994) for inhibition of
alkali feldspar dissolution:

( 4.16)
Here, kf is the forward rate constant for dissolution of alkali feldspar (mol m-2 s-1) and A is
the mass-specific surface area (m2 g-1). The coefficient n is 0.33 and K• is the equilibrium
constant for the formation of the silica-rich precursor to dissolution on the mineral
surface. When the denominator approaches one and when no other precursor species are
involved, only the numerator of the precursor term is necessary. The following equation,
therefore, was used to model aluminum-inhibition in this study:
( 4.17)
Under the pH and aluminum concentration conditions at Merced (pH 6 - 8, dissolved Al3+
concentration 1 x 10-9 to 1 x 10-13 M, see White et al. (2005)), the greatest possible
difference in the rates between the full and simplified version of the aluminum-inhibition
rate law is less than ten percent.
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Changes in mineral surface area were modeled versus time using the following
equation:
( 4.18)
where Am is the volumetric surface area of mineral m, Am0 is the initial volumetric surface
area of the mineral, Vm is the volumetric concentration of the mineral, Vm0 is the initial
volumetric surface area of the mineral, and γ is the exponent describing the relationship
!
between surface area and volume. The exponent γ is usually assumed to be 0.66, based on
!
the relationship between surface and volume for Euclidean surface (e.g., BRANTLEY et al.,
1999). Several studies have shown that BET specific surface area changes with duration
of weathering (WHITE et al., 1996; WHITE and BRANTLEY, 2003). At Merced, the BET
specific surface area increases with soil age (WHITE et al., 1996).
4.5. Results
FLOTRAN was used to model Merced in a series of sensitivity tests to understand
the effects of values chosen for various parameters on reaction front depth and thickness.
First, results are presented for a “baseline” model using laboratory rate constants, BET
surface area, and field-estimated Darcy flow velocities for Merced. Model parameters
were adjusted and compared to the baseline models to examine model sensitivity and to
ascertain which parameters must be adjusted to match field data. These model results are
useful for understanding how factors such as temperature, flow rate, and surface area
affect the reaction front depth and thickness. Second, best-fit models are presented where
the rate constants and flow rates were tuned so that model results matched the Merced
and Davis Run field data. A general approach for modeling reaction fronts is described.
4.5.1. Merced baseline model with laboratory dissolution kinetics
The baseline models were run with laboratory dissolution rate constants, TST-like
rate laws (where σm and βm equal 1 in equation 4.11), BET surface areas, and the
measured hydrologic flux. (See Table 4.3, Table 4.4, Table 4.5, and Table 4.6 for
baseline model input parameters.) The results for these models displayed plagioclase and
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potassium feldspar reaction fronts that were different in depth and thickness than the field
data (Figure 4.1).
Note that Zm and Zb were designated to be the depth where mineral concentrations
equaled ≥50% and ≥90% of the parent concentration, respectively; Zt was the deepest
point at which mineral concentrations equaled zero for a complete reaction front.
Reaction front thickness L was calculated from the difference of Zt and Zb. After 250 ka,
the baseline model predicted the plagioclase front thickness (Lp) to be 0.4 m (Figure 4.1).
The predicted depth of the plagioclase reaction front (Zm,p) was slightly deeper than the
plagioclase reaction front observed in the field data. Therefore, the model predicted more
plagioclase depletion than was observed in the field. For the 250 ka soil, the fraction of
plagioclase remaining in the soil column (Mp, equation 4.7) equaled 86.6% over the top 5
m compared to the model-predicted Mp value of 73.6%. At 600 ka, the field Mp equaled
77.4% of plagioclase to a depth of 4.25 m whereas the model-predicted Mp was 27.35%.
Smaller model-predicted Mp values indicated that the model plagioclase front was deeper
than observed in the field data and thus the model front had a faster advance rate.
The baseline model also predicted that the thickness of the potassium feldspar
front, Lk (not shown), equals 0.1 meters and that the depth, Zm,k, is positioned one grid cell
(~0.1 m) above the plagioclase front. In contrast, almost all the original potassium
feldspar was observed to remain in the 40, 250, or 600 ka soil profiles (Table 4.1). Unlike
the overprediction of the extent of plagioclase and k-feldspar dissolution, the baseline
model predicted that Mq = ~97% for the quartz after 3000 ka of model dissolution.
Predicted quartz dissolution was confined to the upper 0.4m of the model profile. The
model prediction of minimal quartz dissolution in the baseline model with laboratory
rates and a BET surface area matched with the field evidence for little to no quartz
dissolution (WHITE et al., 1996).
The sensitivity of the baseline model was explored with respect to various
parameters and how they affected Zm,p and Lp. The extent of dissolution, Mp, was strongly
controlled by Zm,p where Mp increases or decreases as Zm,p decreases or increases. The
value of Lp conveys information about the kinetics of plagioclase dissolution (LICHTNER,
1988; MURPHY et al., 1998; WHITE, 2002). The following parameters were varied to test
model sensitivity. Temperature was varied from 6 to 16°C (or ±5°C compared to the
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baseline model, the difference in average global temperature between glacial-interglacial
cycles); hydrologic saturation was varied from 0.01 to 1; the diffusion coefficient was
varied between 1 x 10-5 and 1.16 x 10-6 cm2 s-1 (the diffusion coefficients in water and the
value for used in baseline model, respectively, section 4.4.3.1); dispersivity was varied
from 0.01 to 0.1 m, physically reasonable values for the Merced system; and the surface
area exponent (γ) was varied from 0.01 to 1. Zm,p and Lp were not observed to vary (<5%)
within these ranges of parameters. Furthermore, the choice of a sigmoidal rate law or
aluminum-inhibition rate law (see section 4.4.3.5) similarly had little effect on Zm,p and
Lp .
In contrast, model-predicted Zm,p and Zb,p was shifted by the choice of Darcy flow
rates. Also important were the choice of the assumed concentration of pCO2 in
equilibrium with the pore water, the presence or absence of clay, the rate constant for
clay precipitation, and the clay solubility (Figure 4.4). Changes in the flow rate had the
largest effect on the baseline model Zm,p of all parameters tested with 50% decrease in the
flow rate resulting in a 48% shallower Zm,p and Zb,p and a 50% increase resulting in a 45%
and 50% deeper Zm,p and Zb,p, respectively (Figure 4.4). Pore water pCO2 values ~60%
higher (log pCO2 = -2.1) than the baseline resulted in the positions of the Zm,p and Zb,p
shifting ~45% deeper, and pore water pCO2 values ~35% lower than the baseline resulted
in the positions of Zm,p and Zb,p shifting 24% and 15% shallower, respectively (Figure
4.4).
When kaolinite was not allowed to precipitate in the model, the baseline model
solution chemistry quickly reached saturation with respect to plagioclase resulting in a
shallower Zm,p and Zm,f (Figure 4.4). Note that the shallower reaction front predicted for
plagioclase when kaolinite did not precipitate was due to chemical factors (the approach
to equilibrium), not hydrological factors. Smaller values for the precipitation rate and
solubility product for kaolinite resulted in shallower Zm,p and Zm,f because the model
solution quickly approached equilibrium, slowing feldspar dissolution. When kaolinite
precipitation rates were decreased by an order of magnitude, Zm,p shifted downward by
~6% and Zb,p remained the same. Increasing the kaolinite solubility (i.e., by increasing the
equilibrium constant for kaolinite by two orders of magnitude) resulted in slightly
shallower Zm,p and Zm,k (~6%). Changes in flow, pCO2, temperature, and kaolinite-related
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parameters affected Zm,p and Zm,f but none of these parameters significantly affected Lp
(Figure 4.4).
Flow rates were constrained both by the values estimated for flow rates at Merced
and by the field values for Zm,p and Zb,p since higher flow rates than the baseline predicted
deeper values for Zm,p and Zb,p than observed in the field data. Given those two constraints
to the flow rates, changes to the value of kmAm (equation 4.11) were the only way to
significantly change Lp (Figure 4.4). Because little is known about reactive surface area
compared to the large body of data for laboratory rate constants (BRANTLEY, 2008), from
this point forward, dissolution rate constants were assumed to equal laboratory values and
the reactive surface areas of minerals were tuned to achieve best-fit models. Note that
when either the dissolution rate constant or the reactive surface area was changed by the
same amount (e.g., one order of magnitude), the effect on the model-predicted values for
Zm,p and Lp was exactly the same. In contrast, for the precipitation of kaolinite, changing
the rate constant or the reactive surface area by the same amount affected model
predictions differently. Therefore the rate constants were changed for the clay, and the
reactive surface area was held constant.
Reducing the initial plagioclase reactive surface area by one order of magnitude
produced little noticeable change in the shape of the reaction front but a three order of
magnitude reduction resulted in a nearly straight reaction front (Figure 4.4). As discussed
earlier, using either a sigmoidal rate law or an Al-inhibition rate law did little to change
the shape of the plagioclase reaction front when the initial reactive surface was equal to
BET surface area.
The baseline models overpredicted Zm,p and Zm,f and predicted values for Lp and Lf
that were much thinner than observed in the field. Reductions in reactive surface area
were the only way to increase Lp and Lf. The value of Mp and Mf was primarily controlled
by flow rate with some portion of M controlled by temperature, buffering capacity (as set
by pCO2), and factors related to clay kinetics and solubility. Temperature, buffering, and
clay factors were assumed to be constrained by field and laboratory data. Therefore, the
initial reactive surface area and flow rate were adjusted to achieve best-fit models where
the predicted model dissolution matches the field data.
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4.5.2. Merced best-fit models
The following method was followed to arrive at best-fit models. Best fit models
were achieved by adjusting the flow rate to match model-predicted values for Zm,p to the
field value. Next, the model-predicted Lp was matched to field data by adjusting the
initial reactive surface area. Model results were compared to field data by calculating the
sum of the square of the errors between the model data and field data at the same interval.
A model was designated as a best-fit model when the sum of the square of the errors was
at a minimum for plagioclase feldspar (250 and 600 ka soils) and for plagioclase and
potassium feldspars (3000 ka soil). The 40 ka soil depth data were not detailed enough to
calculate the sum of the square of the errors so the best-fit parameters for the 40 ka soil
was assumed to be the same as the 250 ka soil. In the younger 40, 250, and 600 ka soils
where little or no potassium feldspar and quartz dissolution occurred, the magnitude of
adjustments to the potassium feldspar and quartz initial reactive surface areas were
approximately the same as adjustments to the initial reactive surface area of plagioclase.
Model-predicted Zm,p and Lp were matched to the field plagioclase front at 250 ka
by reducing the model flow rate by about 50% relative to the calculated field flux rate
and by reducing the initial reactive surface area by a factor of about 400 relative to the
BET surface area (Figure 4.5, Table 4.7). Potassium feldspar and quartz dissolution was
minimal while kaolinite concentrations increased from the deepest part of the profile to
the surface (Table 4.7). The same pattern of increasing kaolinite concentrations with
proximity to the surface and approximately mirroring decreases in feldspar
concentrations was predicted by the best-fit models for all the Merced soils. The average
model kaolinite enrichment over the top 5 m (τkaol = 1.62) was slightly greater than
enrichment calculated from field data (τkaol = 1.2). However, the modeled clay depth
distribution was different than the field with the model predicting more clay in the upper
meter and less clay below 1.5 meters than was the case for the soil. Differences in clay
distribution are likely due to physical phenomena not included in the model, particularly
translocation of clay particles by infiltrating water. Note that the best-fit model
parameters for 250 ka were assumed to apply to the 40 ka soil. (Table 4.7). Model
predictions are also presented where σ = 3. All the other input parameters are the same as
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when σ = 1, but the plagioclase fronts look smoother and more closely resemble fronts
observed in the field (Figure 4.6).
After 600 ka model years, the best-fit model plagioclase reaction front was
achieved by reducing the model flow rate by approximately 75% relative to the flow rate
calculated for the 250 ka soil. The plagioclase initial reactive surface was reduced by a
factor of about 700 relative to the BET surface area (Figure 4.5, Table 4.7). Similarly to
250 ka, modeled potassium feldspar and quartz dissolution were nearly zero and the
average model clay enrichment (τkao =1.97) was slightly overpredicted (τkao = 1.7). The
model overpredicted clay concentrations in the top meter and underpredicted below 1.5
meters compared to the soil profile.
For the 3000 ka soil, the plagioclase and potassium feldspar fronts are best
matched by using a fluid flux similar to the one calculated for the Riverbank soil (Figure
4.5, Table 4.7). Initial reactive surface areas were reduced by greater than three orders of
magnitude for the plagioclase and not quite three orders of magnitude for potassium
feldspar. Both the plagioclase and potassium feldspar fronts showed little curvature. With
the reduced quartz surface area, only a fraction of a percent of quartz dissolved through
3000 ka. The average model clay enrichment (τkaol = 4.17) is slightly less than the amount
of clay present in the soil profile (τkaol = 4.60) suggesting input of clay and/or dust from
elsewhere or that erosion has removed the upper part of the soil where the clays were
originally formed by the precipitation of dissolution products from primary mineral
dissolution. The same initial surface areas resulted in best fits for models run with pHdependent rate laws or with pH-independent rate constants.
4.5.3. Merced best-fit model and match with solution chemistry
Pore water chemistry was part of the extensive dataset collected at Merced and can
serve to evaluate how well the model is predicting plagioclase weathering in the Merced
system. The best-fit model for the soil mineralogy also predicts the soil pore water
chemistry data reasonably well as can be seen from a comparison of the 250 ka best-fit
model and measured pore water chemistry (Figure 4.7). The model-predicted pH and
sodium concentrations matched the pore water chemistry, especially in the upper 2
meters where most of the plagioclase dissolution occurred. Below 2 meters depth the
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model slightly overpredicted pH below two meters and underpredicted Na concentrations
at about 2 and 2.5 meters depth. Model-predicted SiO2 concentrations underpredicted
pore water concentrations by a factor of 2 to 3. The model predicted total Al
concentrations reasonably well with model-predicted soil pore water Al concentrations of
4.4 to 4.6 x 10-3 µmol from 2.5 to 5.0 m depth compared with measured mean Al
concentrations of 5.9 x 10-3, 1.4 x 10-4, and 1.0 x 10-4 µmol at 2.59, 3.05, and 3.66 m
depth, respectively. Al concentrations were underpredicted in the upper 2 meters with the
higher observed Al concentrations likely due to Al-organic complexes leaving little of the
Al free to interact with mineral surfaces. See Chapter 2 for more information on this
process.
The effects of using modern measured modern soil pCO2 (log pCO2 = -2.0) were
tested with the output mineralogy from the best-fit model at 250 ka. Reactive surface
areas were set to those calculated by the best-fit model for the mineralogy at 250 ka. Two
models were run for 150 years (to ensure that a steady-state was reached with respect to
solution chemistry) with the predicted plagioclase depth profile and solution in
equilibrium with a log pCO2 of -2.0. One model used the flow rate calculated from
chloride-enrichment (0.057 m/yr) and the other model used the same flow rate (0.028
m/yr) used to achieve a best-fit model for the 250 ka soil mineralogy. The model using
the same flow rate as the best-fit model for the mineralogy better matched the field pore
water concentrations. Both of the models run for the pore water chemistry predicted
aluminum concentrations (2.0 to 5.8 x 10-4 µmol from 2.5 to 5 m depth) that were lower
than the best-fit model for the plagioclase depth profile, but still matched reasonably well
with measured pore water solution concentrations. In summary, with modern pCO2
concentrations rather than the lower concentrations used to model over 250 ka, the model
match with modern soil pore water chemistry improved (Figure 4.7).
4.5.4. Best-fit model sensitivity
As was the case for the baseline model, changing the values for dispersion, the
diffusion coefficient, and hydrologic saturation state had little effect on model results.
Changes in the surface area exponent γ had a small, relatively insignificant effect on
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model results. Decreasing γ to 0.01 or 0.33 did not noticeably change Lp. Increasing γ to
1.0 resulted in slight, but relatively insignificant, increases in Lp.
Best-fit model results showed sensitivity to the form of the rate law, temperature,
flow rate, buffering capacity (as set by pCO2 in the model), the surface area exponent,
and variations in the thermodynamics and kinetics of kaolinite. Using a sigmoidal
plagioclase dissolution law had the same effect of reducing the plagioclase initial reactive
surface area by one order of magnitude. As a result, a best-fit model with a sigmoidal rate
law could be achieved with an order of magnitude smaller reduction in initial reactive
surface area than the best-fit model with a TST rate law (Figure 4.8, Table 4.7). Inclusion
of an aluminum-inhibition rate law was a small improvement on the TST model but did
not predict the plagioclase front shape well (Figure 4.8, Table 4.7).
Changing the model temperature affected Zm,p with a higher temperature resulting
in a shallower Zm,p and a lower temperature resulting in a deeper Zm,p (Figure 4.9). The
effect of a 5°C decrease or increase in model temperature had a similar effect to
decreasing or increase the reactive surface area by about 35%. Unlike the baseline model,
the effect of temperature on Lp was detectable. The model predicted that higher
temperatures resulted in a thinner plagioclase reaction front and lower temperatures
resulted in a wider reaction front (Figure 4.9). The pCO2 value, which sets the buffering
capacity of the solution in the model, affected both the depth and the shape of the
plagioclase reaction front. Higher pCO2 values resulted in deeper and slightly wider
fronts and lower pCO2 value resulted in shallower fronts (Figure 4.9).
Increasing or decreasing kaolinite rate constants by an order of magnitude
resulted in only minor changes to the plagioclase reaction front. Decreased (slower
precipitation) kaolinite rate constants resulted in a slightly wider plagioclase reaction
front and increased (faster precipitation) kaolinite rate constants produced a slightly
narrower reaction front. Increasing the kaolinite solubility had a similar effect to
decreasing kaolinite rate constants where plagioclase dissolution, especially in the lower
part of the front, is slowed. Greater kaolinite solubility reduced the difference between
the plagioclase BET surface area and the reactive surface area needed to produce a bestfit model of the plagioclase reaction front. However, it was necessary to increase
kaolinite solubility by at least 2 orders of magnitude to significantly reduce the difference
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between the BET and reactive surface areas for plagioclase. Kaolinite solubility increases
of that scale resulted in significant model underprediction of potassium feldspar
dissolution because potassium feldspar is less soluble than plagioclase and increased
aluminum and silicon in the model solution resulted in potassium feldspar approaching
chemical equilibrium while plagioclase was still relatively far from chemical equilibrium.
The effects of changing the kaolinite reactive surface area or solubility are more apparent
for wider plagioclase reaction fronts observed in the best-fit models than for the fronts in
the baseline models.
4.5.5. Davis Run best-fit model
Models were also run to simulate plagioclase weathering in a porous granitic
saprolite from Davis Run, Virginia (PAVICH et al., 1989). A best-fit model was achieved
at Davis Run by adjusting the fluid flux and reactive surface area to minimize the sum of
the square of the errors between the model and field plagioclase fronts. In the best-fit
model for Davis Run, the fluid flux was reduced by about 20% compared to the estimated
field flux and the reactive surface area for plagioclase was reduced by approximately a
factor of 50 relative to the estimated BET surface area (Figure 4.5, Table 4.7). The
reactive surface areas for muscovite and potassium feldspar needed to be reduced by
more than two orders of magnitude to match the slopes of potassium loss from the soil
and saprolite. The model underpredicted potassium loss, including not predicting
dissolution of muscovite or potassium feldspar below 10 meters compared to some loss
of potassium down to at least 15 meters from the field data.
4.6. Discussion
4.6.1. Sensitivity of reaction front depth and shape
Model results indicated that surface area changes with time as described by the
surface area exponent (γ), and both the kaolinite rate constant and solubility were
relatively unimportant in controlling the plagioclase reaction front depth or shape at
Merced. While the formulation of surface area used in this model did not explicitly
capture the increase in mineral specific surface area that is seen with greater dissolution
time, the effects of increasing rough mineral surfaces with age can be approximated. For
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example, using the surface area to volume relationship expressed in equation 4.9
indicates small γ values (0.01) should result in more surface area remaining per volume
relative to γ values of 0.66 or 1. Thus models run with small γ values would approximate
the roughening of mineral surfaces with increased time of dissolution. Model predictions
of similar plagioclase Zm,p or Lp across a two-order of magnitude range for γ indicated
that mineral surface roughness as formulated in equation 4.9 was a relatively unimportant
parameter.
While the presence or absence of clay as a sink for dissolution products had a
significant effect on the plagioclase reaction front depth, decreasing or increasing the
kaolinite precipitation rate over two orders of magnitude resulted in only minor
differences in the plagioclase reaction front thickness. Additionally, decreasing the
kaolinite precipitation rate or the reactive surface area too much resulted in predicted
fronts for Davis Run that were much too shallow and wide. Increasing the kaolinite
solubility did slow plagioclase dissolution similar to results in (MAHER et al., 2006). It
was necessary to increase the kaolinite solubility by at least two orders of magnitude to
slow predicted plagioclase dissolution rates. However, when kaolinite solubility was
increased enough to slow predicted plagioclase dissolution, the dissolution of potassium
feldspar was predicted to be near zero through 3000 ka. In contrast, field data indicate
that ~80% of potassium feldspar was dissolved after 3000 ka. Thus in soils studied,
kaolinite precipitation rates and solubility cannot explain differences between the
laboratory and the field. Model predictions indicated that when modeled in a onedimensional, continuum model, hydrological parameters including dispersion, diffusion,
and hydrologic saturation were relatively unimportant in controlling plagioclase reaction
front depth or shape when varied within reasonably bounds.
Important parameters that control reaction front depth and shape that vary
between sites and across geological time were Darcy flow, pCO2 (or buffering capacity),
temperature, reactive surface area, or the form of the rate law. Except for the form of the
rate law, the parameters are extrinsic factors. Changes in the Darcy flow and buffering
capacity (as set by equilibrium with pCO2 in the models) primarily affected the Zm,p and
only secondarily affected Lp. Temperature changes affected the reaction front shape,
albeit to a smaller degree than the reactive surface area, but did not change the midpoint

142

depth of the reaction front. Reactive surface area was important for setting the reaction
front shape and seems likely to have two components. One component is the chemically
reactive surface area, which was predicted to decline with reaction time. A second
component of reactive surface area is the hydrologically-accessible reactive surface area
(i.e., surface area that is accessible to reacting fluids and not occluded by surface coatings
or within dead-end pores and away from flow paths), which is more likely to show
significant variations between field sites than the chemically-reactive surface area. As
will be discussed later, this hydrologically-accessible reactive surface area may be the
primary reason for the greater than order of magnitude difference between modelpredicted rates for Merced and Davis Run. The form of the rate law (TST, aluminuminhibition, or sigmoidal) played an important role in controlling the shape of the reaction
front, but is likely to remain relatively constant between different field sites and across
geological time.
4.6.2. Comparison between model predictions, field data, laboratory rates, and fieldderived rates
The difference between plagioclase dissolution rates calculated from field data at
Merced and Davis Run and from far-from-equilibrium laboratory plagioclase (albite)
dissolution rates at pH 7 (dissolution rate minimum between pH 0 and 14) was
approximately four orders of magnitude (Table 4.8). In contrast, the difference between
the best-fit TST rate law model “rates” and the far-from-equilibrium rate constants was
less than two orders of magnitude for Davis Run to slightly more than three orders of
magnitude for plagioclase in the oldest (3000 ka) Merced soil (Table 4.8). A smaller
difference was calculated between the laboratory and field when using FLOTRAN versus
the laboratory and rates calculated directly from field data. The smaller difference
suggests that one to two orders of magnitude of the difference in dissolution rates
calculated from field data and laboratory dissolution rates can be accounted for with a full
kinetic rate law, which incorporates the slowing of mineral dissolution as chemical
equilibrium is approached. Alternative rate laws such as an aluminum-inhibition rate law
or a sigmoidal rate law further reduced the difference between model rates and far-fromequilibrium rate constants (Table 4.8). When using a sigmoidal rate law for plagioclase
(albite) where the near-equilibrium rate is about an order of magnitude slower than the
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far-from-equilibrium, the difference was as small as a factor of approximately 8. These
results suggest that much of the plagioclase dissolution at Merced and Davis Run occurs
at near-equilibrium conditions.
Producing best-fit models for the Merced soils required a factor of 4 to 5
reduction in initial surface area from the 250 ka soil to the 3000 ka soil. Reductions in
reactive surface area with weathering age have been seen in other field systems (WHITE
et al., 1996; WHITE and BRANTLEY, 2003; WHITE et al., 2008) and suggested by modeling
studies (MAHER et al., 2006).
Part of the difficulty in comparing calculated rate constants from field data and
laboratory rate constants is that field-derived rates are apparent rate constants that
incorporate factors such as heterogeneous hydrologic pathways, reactive surface area, and
affinity effects (VELBEL, 1993). As a result, it is not surprising that the field rate
constants are lower than laboratory rate constants. The comparison of the Merced and
Davis Run system allows for some separation of the chemical and hydrological (or
physical) factors. At Davis Run where flow rates are higher, the lower regolith is
saturated or close to saturated acting as the reservoir for much of the water table (PAVICH
et al., 1989). The plagioclase reaction front occurs in an isovolumetrically weathering
system with no compaction and changes in hydrology are minimized with depth in the
saprolite and during the period of dissolution (PAVICH et al., 1989). The Merced system
has slower flow rates, unsaturated flow, and a reaction front that is weathering nonisovolumetrically. Those factors combined with the increased clay concentrations with
time increased the likelihood of heterogeneous flow with many dead-end pores and more
mineral grains have low hydrologically-accessible reactive surface area in the Merced
system. A hydrological study performed on the 40 ka Merced found that dead-end pores
played a major role in solute processes in the soil, particularly in the upper meter (GREEN
et al., 2005).
With only a factor of ~6 difference between the laboratory and the modelpredicted rates using a sigmoidal rate law (Table 4.8), the Davis Run results suggest that
approximately an order of magnitude or less of the difference between the laboratory and
field is due primarily to chemical factors. The greater difference between laboratory and
model-predicted rates at Merced may be primarily due to hydrological factors.
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Darcy flow rates were reduced relative to the estimated field flow rates for all but
one of the best-fit models (Table 4.7). The need to reduce model flow rates by about 50%
compared to the flow velocity calculated from field data is a pattern similar to that seen
from a simple spreadsheet model for a similar chronosequence near Santa Cruz,
California (WHITE et al., 2008). The necessity of reducing flow rates suggest that not all
the water flowing through the soil encounters reactive mineral surfaces, that field-derived
flow rates, especially in seasonally-dry climates like Merced and Santa Cruz may contain
significant errors, or some combination of the two. It should be noted again that modelpredicted pore water chemistry better matched measured soil pore water chemistry when
the lower best-fit flow rate was used rather than the flow rate estimated from chloride
enrichment. Model flow rates were only reduced by about 20% relative to the estimated
flow rates for Davis Run. If the plagioclase reaction front at Davis Run was 50% older
(1,200 ka) than the minimum age of 800 ka, the Davis Run model flow rate would need
to be reduced to 0.13 m y-1, about 50% of the estimated flow rate for the site. (The
reactive surface area for an older Davis Run plagioclase reactive front would be similar,
though slightly smaller, than the best fit for the 800 ka reaction front.)
The model did reasonably well predicting the total amount of clay in the Merced
soil profiles but did less well predicting the depth distribution of the clays. Two likely
factors, one physical and the other chemical, contribute to the model overpredicting clay
concentrations in the shallow subsurface and underpredicting concentrations below about
one meter depth. The physical factor is the physical transportation and movement of clay
particles by water moving through the soil. The chemical factor is related to the
complexation of aluminum with organic matter. Aluminium concentrations were quite
high in the shallow subsurface and decline with depth (WHITE et al., 2005). The
aluminum concentration decline corresponded with a decrease in soil organic matter
concentrations (WHITE et al., 2005). Most likely Al and Fe in the upper soil complexed
with organic matter and as the organic matter concentration declines, more free
aluminum is present in the solution to be precipitated out as kaolinite (LUNDSTRÖM et al.,
2000; MASIELLO et al., 2004).
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4.6.3. Implications
Model predictions point to the importance of pore fluid velocity and reactive
surface area for understanding weathering in soil systems. As presented in equation 4.4,
the reaction front thickness is controlled by the ratio of the pore fluid flow rate (or
velocity v) to the product of the rate constant k’ and surface area A. This ratio is
unknown. By tuning v to match the observed Zm and assuming that k can be estimated
from laboratory data, then A is the parameter that must be tuned to match the thickness,
L, of observed depth profiles. The relationship between v and Z and between A and L is
illustrated in Figure 4.1. Model results demonstrate that pore fluid flow plays a key role
in controlling reaction front depth. Results also demonstrate that the reactive surface area
plays the predominant role in setting reaction front thickness.
In summary, much of the difference between the laboratory and the field is related
to the difference in flow paths in natural systems as compared to ideal flow paths through
porous media. Hydrological studies to understand heterogeneous flow in soils and how to
parameterize heterogeneous flow over geological time scales will be key to better
predicting field mineral dissolution. Such studies should aim to provide flow rates as well
as surface area.
Ongoing research efforts are also seeking to measure the reactive surface area of
minerals. In the interim, using surface area as an adjustable parameter to model field
dissolution seems conceptually preferable to changing reaction rates. In effect, by varying
v and A, we assume that laboratory rate constants are useful predictors but that the fluid
chemistry that baths mineral surfaces approaches equilibrium and that we cannot predict
the amount of near-equilibrium and far-from-equilibrium pore fluid. The reduction of
reactive surface area with time of dissolution is well established yet poorly understood
(NAVARRE-SITCHLER and BRANTLEY, 2007). A combination of geochemical and
hydrological techniques may be the best way to assess reactive surface area in field
settings.
Using a reactive transport model with full kinetic rate laws is likely to be a more
accurate way to estimate dissolution rates in field settings than mass balance methods.
Based on this study, estimating dissolution rates is successful when Zm is modeled first
and then L is fit by matching the kinetics of the front. If pCO2 and temperature can be
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constrained, then the Darcy flow through the system will predict the depth of the reaction
front.
Model results from this study predict that higher pCO2 and temperature will
increase geochemical fluxes from a weathering soil system (Figure 4.7) may be important
to understanding effects of anthropogenically-induced climate change on soil systems.
Accurate prediction of contemporary fluxes may need more sophisticated hydrological
models that include heterogeneous flow, particularly if precipitation becomes more
episodic, and the effects of temperature feedbacks on water retention in pores (RICHARDS
and KUMP, 2003).
4.7.

Conclusions

• Modeling mineral dissolution in granitic chronosequence soils and granitic
saprolite at Merced, CA and Davis Run, VA using FLOTRAN indicated that the
depth and extent of mineral depletion was largely a function of the fluid flow rate.
As a result, the fraction of mineral remaining, M, in a soil or saprolite is
predominantly controlled by the fluid flow rate. Therefore, a good approach to
modeling soils is to tune the value of v to a reasonable number that predicts the
depth at which 50% of the most abundance reactive mineral is depleted (Zm).
• Once v is tuned, the thickness, L, of a reaction front should be modeled by tuning
the initial value of A and by using laboratory rate constants.
• The form of the affinity function used in the rate equation affects the shape of the
front. For feldspars, where sigmoidal rate versus ΔG curves have been postulated,
use of sigmoidal rate laws for modeling was warranted. As the dissolution rate
laws became more sigmoidal, the tuned value for the initial reactive surface area
approached the measured value for the BET surface area of the parent materials.
In contrast to feldspar, quartz dissolution was well fit in both the laboratory and
field with a TST-like model rate law.
• For the Merced and Davis Run systems, when a sigmoidal rate law was used for
feldspar dissolution, the tuned initial value for A approached within 1-2 orders of
magnitude of the measured values of A for both the Davis Run and Merced parent
materials.
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• The small difference (<1 order of magnitude) between the BET surface area and
reactive (or tuned) surface area in the Davis Run best-fit model using a sigmoidal
rate law is consistent with the conclusion that much of the difference between
laboratory and field rates can be attributed to nonhomogeneous flow, e.g., at
Merced.
• The extent of kaolinite precipitation was well predicted by FLOTRAN for Merced.
Less well predicted was the distribution of kaolinite with depth. Again
nonhomogeneous flow is implicated since changes in permeability with clay
precipitation (and soil deflation) were not modeled. The use of a dual-continuum
model will be useful to determine the effects nonhomogeneous flow, e.g., the
effect of dead end pores on pore water chemistry and thus mineral dissolution in
soils and saprolite.
• Future work will also need to incorporate biological effects, particularly with
respect to Al- and Fe-organic complexes, to successfully model the clay depth
distribution with soil age. To incorporate ecological shifts across chronosequences
such as Merced (or Santa Cruz, Chapter 3), models will ideally incorporate Pcontaining minerals, including primary minerals such as apatite and secondary
minerals such as Fe oxides.
• Results presented in this paper emphasize that reaction transport models can be
used to understand soil mineral weathering over geologic time to 106 y using a
relatively simplified model that excludes biological effects and when field sites
are chosen that experience insignificant erosion. The results also suggest that
calculating field dissolution rates with a reactive transport model elucidate the
discrepancy between laboratory- and field-derived rates.
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Table 4.1: Mass transfer (τj) coefficients for Merced terrace composite profiles
Midpoint depth
(m)

Clay, <2 µm
( τj )

K-feldspar
( τj )

Plagioclase
( τj )

Modesto soil - 40 ka
0.48
2.16

0.061
-0.348

0.021
0.278

-0.118
0.063

Riverbank soil - 250 ka
0.15
0.56
1.18
1.83
2.82
4.27
5.50

0.203
0.877
1.535
1.540
1.768
0.625
0.346

0.157
-0.067
-0.004
0.152
0.214
0.728
0.118

-0.284
-0.423
-0.382
-0.173
-0.039
0.038
-0.125

Turlock soil - 600 ka
0.10
0.30
0.65
1.40
2.80
4.00

0.184
-0.198
0.723
4.029
1.375
0.698

0.063
0.087
0.267
-0.143
-0.021
0.153

-0.559
-0.432
-0.250
-0.456
-0.042
-0.214

China Hat soil - 3000 ka
0.15
0.40
0.80
1.40
1.85
2.50
3.08
3.95

1.269
2.594
8.444
6.097
4.867
5.236
4.198
2.470

-0.733
-0.754
-0.668
-0.899
-0.754
-0.774
-0.740
-0.682

-0.942
-0.961
-0.914
-0.929
-0.912
-0.976
-0.963
-0.965

Calculated from composite profile (see section 4.9.1) based on published data (WHITE et
al., 1996); see section 4.3.2 for more details about the site.

156

Table 4.2: Mass transfer (τj) coefficients for Davis Run
Midpoint depth
(m)
0.6
1.5
4.3
6.7
11.0
15.0
20.0
21.0
22.0

K
( τj )
-0.868
-0.835
-0.628
-0.436
-0.257
-0.233
-0.074
-0.019
0.000

Na
( τj )
-0.977
-0.968
-0.961
-0.982
-0.985
-0.725
-0.042
-0.046
0.000

Calculated from published data (PAVICH et al., 1989); see section 4.3.3 for more details
about the site.

157

Table 4.3: Parameters describing parent material

Merced

Mineral
Kaolinite
K-feldspar
Muscovite
Plagioclase
Quartz

BET
specific
surface
area
(m2 g-1)a
1.485
0.372
not
measured
0.636
0.274

Volume
fraction
0.035
0.087
not
present
0.250
0.243

Davis Run
BET
surface
area
(cm2 cm-3) b
1365
827.9

4210
1769

BET
specific
surface
area
(m2 g-1)c
1.485
0.210

Volume
fraction
0.010
0.251

BET
surface
area
(cm2 cm-3) b
386.1
1353

0.550

0.121

1862

0.359
0.155

0.195
0.344

1856
1415

a

Calculated from measured specific surface areas from the Merced soils (WHITE et al., 1996) and grain size
distribution (HARDEN, 1987). See section 4.9.2.
b
See section 4.4.2 for details.
c
See sections 4.4.1 and 4.4.2 for details.
Note that the parent material bulk densities were assumed to be 1.72 and 2.7 g cm-3 for Merced (HARDEN,
1987; WHITE et al., 1996) and Davis Run (PAVICH et al., 1989), respectively. The bulk density for the
Merced parent material was the average of the measured bulk density measurements for the parent horizons
(HARDEN, 1987; WHITE et al., 1996).
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Table 4.4: Aqueous chemistry species
Primary aqueous
species
Al3+
Ca2+
ClH+
HCO3K+
Mg2+
Na+
SiO2(aq)

Secondary
aqueous species
AlOH2+
Al(OH)2Al(OH)3
Al(OH)4CO2
CO32HCl
H3SiO3H2SiO42KCl
NaCl
NaHCO3
NaOH
OH-

Thermodynamic data for primary and secondary aqueous species are taken from the EQ3/6 database
(LICHTNER, 2007) with the exception of Al(OH)4, which is taken from (JOHNSON et al., 1992).
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Table 4.5: Model input solution chemistry
Average
Merced
precipitation
chemistry
(µmol)a
Ion
Al3+
Ca2+
HCO3-

20.0

K+
Mg2+
Na+
pH
log pCO2
SiO2(aq)

13.8
15.0
38.9
7.00
-2.4
2.20 d

Field flow rate
(m y-1)
a

1.04 x 10-6 d
20.8

Evaporated
average
Merced
precipitation
chemistry
(µmol)b
5.30 x 10-6
106
pCO2controlled
70.3
76.4
198
6.13
-2.3
11.2
0.057

Average Davis
Run
precipitation
chemistry
(µmol)c
1.04 x 10-6 d
1.75
12.0
0.52
0.71
4.24
7.0
-2.4
2.20 d

Evaporated
average Davis
Run
precipitation
chemistry
(µmol)b
5.30 x 10-6
8.92
pCO2controlled
2.65
3.62
21.6
5.70
-2.3
11.2
0.23

Combination of wet and dry deposition collected at sites where pore water chemistry samples were
collected (WHITE et al., 2005).
b
Concentrated with PHREEQC and the LLNL database (PARKHURST and APPELO, 1999) to simulate the
effects of evaporation.
c
Average wet deposition chemistry from National Atmospheric Deposition Program sites VA-10, MD99,
VA00, & PA47 using all data available (3-23 years) for each site through January 2008 (NATIONAL
ATMOSPHERIC DEPOSITION PROGRAM (NRSP-3), 2008).
d
Set at two orders of magnitude smaller than lowest concentration measured in Merced pore waters.
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Table 4.6: Mineral kinetic and thermodynamic data

Assumed mineral
stoichiometry
Albite - Far-fromequilibrium
[NaAlSi3O8]
Albite - Nearequilibrium

Log K at
25°Ca

Log of rate
constant at
pH 0
(mol m-2 s-1)

Rate law
dependence

Reaction
order

Activation
energy
(kJ mol-1) b

2.7645

-9.62c

H+

0.403c

65.0

OH-

0.376

c

71.0

H+

0.403c

65.0

c

-14.90

c

-10.84d
d

Kaolinite
[Al2Si2O5(OH)4]
Potassium
feldspar
[KAlSi3O8]
Muscovite
[KAl3Si3O10(OH)2]
Quartz
[SiO2]
a

6.8101

-16.12
-14.15e
-23.79e

OHH+
OH-

0.376
0.151e
0.894e

71.0
65.9
17.9

-0.2753

-10.06b

H+

0.50b

51.7

-12.41b
-21.20b
-11.85b
-13.55b
-14.55b
-11.36c
-14.35c

H2O
OHH+
H2O
OHH+
OH-

13.5858

-3.9993

0.82b
0.37b
0.22d
0.309c
0.411c

38.0
94.0
22.0
22.0
22.0
87.7
87.7

From EQ3/6 database. Log of equilibrium constant for 25 degrees C is given but FLOTRAN recalculates
the equilibrium constant at the model temperature.
b
Values from Palandri et al. (2004).
c
Regression of compiled experimental data for far-from-equilibrium dissolution data (see Bandstra et al,
2007).
d
Calculated using the relationship between far-from-equilibrium and near-equilibrium dissolution rates
observed by Hellman and Tisserand (2006). See section 4.4.3.5 and Figure 4.3 for details.
e
Synthesis of compiled experimental data (see chapter 1).
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Table 4.7: Best-fit models
Factor by which initial reactive surface was reduced relative to BET
surface area:
Model
best-fit
flow rate
(m y-1)
Merced
40 & 250 ka
potassium
feldspar
plagioclase
quartz
kaolinite
600 ka
potassium
feldspar
plagioclase
quartz
kaolinite
3000 ka
potassium
feldspar
plagioclase
quartz
kaolinite
Davis Run
muscovite
potassium
feldspar
plagioclase
quartz
a

for best-fit
with TST
rate laws

for best-fit
with Alinhibition
rate law

for best-fit
with
sigmoidal
rate law

Field
volume
remaining
(Mj)

250
0.029

395
240

Modelpredicted
volume
remaining
(Mj)

97.40
270

40

86.7
120

83.4
100
162

555
0.017 a, b

1000
540

640

90

1180
0.055

1800
720

1140
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77.4
170

77.2
100
197

19.5

35.2

4.97

3.34
99.8
517

560

200
0.1725

200
55
40

35

5.5

Best-fit flow rate for pH-independent model was 0.016 m y-1. Best-fit flow rates for pH-dependent and
pH-independent models were the same for the other Merced soils.
b
Since no fluid flux was calculated from field data for the Merced 600 ka soil, part of the additional
reduction necessary for the model flow rate may be due to differences between the field fluid fluxes in the
600 ka soil and the 250 ka soil. Additionally, the erosion rate for the 600 ka was calculated to be higher
than for the other soils in the Merced chronosequence (PAVICH et al., 1986). At a faster erosion rate, the
more depleted upper part of the soil would be removed more quickly and the more enriched intervals with
higher plagioclase concentrations would then be closer to the soil surface. Since the plagioclase front has
been moved up higher in the soil due to the higher erosion rate, it is to be expected that the model flow rate
must be decreased to fit the field data.

plagioclase
quartz
3000 ka
potassium
feldspar
plagioclase
quartz
Average
Merced
potassium
feldspar
plagioclase
quartz

plagioclase
quartz
600 ka
potassium
feldspar

Mercedb
40 & 250 ka
potassium
feldspar

-4.25

-3.92
-3.85

-16.30
nm

-16.30

-15.90
nm

-14.92

-15.03

-15.31
-14.94

-15.45

-4.24

-15.05

-16.62

-3.97
-14.81

-15.07
-15.42e

nm

-16.02

-15.12

-3.86

-14.65

-16.24

-3.78

-14.78

Log "rate"
from best-fit
TST model
(mol m -2 s-1)a

-14.46

-14.29
-15.15e

-3.93

Log
difference
between
laboratory
rates at pH 7
and field
(mol m -2 s-1)

nm

-15.83d

-16.31c

Log rate
calculat-ed
from soil
mineralogy
(mol m -2 s-1)

Log rate
calculated
from soil
pore water
chemistry
(mol m -2 s-1)

-2.87

-2.65

-3.26
-2.86

-3.07

-2.73

-3.00

-2.74

-2.38

-2.60

-2.40

Log
difference
between
laboratory
and best-fit
TST model
(mol m -2 s-1)

-14.42

Log "rate"
from best-fit
Alinhibition
rate law
model
(mol m -2 s-1)

-2.37

Log
difference
between
laboratory
and best-fit
Alinhibition
rate law
model
(mol m -2 s-1)

-13.92

-14.31

-14.05

-13.65

Log "rate"
from best-fit
sigmoidal
rate law
model
(mol m -2 s-1)

Table 4.8: Comparison of models with far-from-equilibrium laboratory rates and field-calculated rates

-1.87

-2.26

-2.00

-1.60

Log
difference
between
laboratory
and best-fit
sigmoidal
rate law
model
(mol m -2 s-1)
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-4.42
-4.35

-16.80f

-16.40 f
nm
-13.79
-13.68

-14.68
-1.74
-1.60

-2.30
-13.59

-1.54

-12.79

-0.74

The rate is the product of the (reactive) surface area and the rate constant for dissolving minerals, which meant that a change in the reactive surface area was
equivalent to a change in the rate constant.
b
Field dissolution rates from White et al. (1996).
c
Rate calculated for 250 ka soil only because no dissolution was calculated for potassium feldspar in the 40 ka soil (WHITE et al., 1996).
d
Average rate calculated for 40 and 250 ka soils (WHITE et al., 1996).
e
Minimum and maximum plagioclase dissolution rates calculated from pore water chemistry (WHITE et al., 2005).
f
Field dissolution rates from White et al. (2001).

a

Davis Run
potassium
feldspar
plagioclase
quartz
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Figure 4.1
Plots of variations in model and field reaction front thicknesses and depths. (A) Comparison of
mass transfer values for a field plagioclase reaction front in the Merced 250 ka soil (diamonds)
compared to baseline model predictions for plagioclase reaction fronts in 40 ka (shallow dashed
line), 250 ka (solid line), and 600 ka (deep dashed line). Model-predicted plagioclase reaction
fronts were much thinner and were slightly deeper than the fronts observed from field data. (See
section 4.5.1 for details of model). (B) A schematic reaction front with depth of the top (Zt),
middle (Zm), bottom (Zb), and thickness (T) of the reaction front labeled. The slope of the reaction
front, set by T and the extent of mineral depletion, gives information about the kinetics of the
system. FLOTRAN-predicted results for plagioclase (C) reaction front thicknesses, T, and (D)
depths, Zb, versus Darcy flow rate where T and Zb are contoured as a function of different values
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for k*A. Zb for these results was defined as 0.99 of the parent plagioclase concentration, Zt was
defined as zero plagioclase remaining, and T was defined as Zb - Zt.

166

Figure 4.2
Mass transfer function plotted for (A) plagioclase from 40 ka (circles) and 250 ka (diamonds)
Merced soils, (B) plagioclase from 600 ka Merced soil, (C) plagioclase (triangles) and potassium
feldspar (diamonds) from 3000 ka Merced soil, and (D) sodium (circles) and potassium
(diamonds) from Davis Run. Note that the depth scale is different for the Davis Run profile.
Quartz was assumed to be the immobile component for Merced and TiO2 was assumed to be the
immobile component for Davis Run. A tj value of -1 means that a component has been
completely depleted relative to the parent material, a value of zero indicates the component is
present in the same concentration as the parent, and a positive value results when a component
has been enriched relative to the parent.
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Figure 4.3
Composite rate law made by fitting two parallel rate laws to the Hellmann and Tisserand (2006)
data (circles). This formulation does not contain the mechanistic data from the parallel rate laws
used by Hellmann and Tisserand (2006) to fit the data but this composite rate law is
mathematically equivalent in following the approach of (MAHER et al., 2006). A TST rate law
(dashed line) is also included on the plot for comparison.
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Figure 4.4
Sensitivity of plagioclase reaction front depth and shape in the baseline model at 250 ka where
(A) kaolinite was absent or present as a sink for dissolution products, (B) Darcy flow rate, (C)
solution buffering capacity as set by pCO2, and (D) changes and reactive surface area. The
presence or absence of clay, Darcy flow rate, and buffering capacity primarily affected the depth
of the plagioclase reaction front. Only by changing the reactive surface area (or product of the
rate constant and surface area) did the plagioclase front begin approaching the shape and
thickness observed for the field plagioclase front.
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Figure 4.5
Mass transfer plotted for the best-fit models plotted against the field data: (A) plagioclase from 40
ka (field-circles, model-thin solid line) and 250 ka (field-diamonds, model-thick solid line), (B)
plagioclase from 600 ka Merced soil, (C) plagioclase from 3000 ka Merced soil with the thick
dashed lines indicating the model predictions for the other soils given the same parameters as
each of the individual best-fit models, and (D) sodium (field-circles, model-solid line) and
potassium (field-diamonds, model-thick dashed line) from Davis Run. Note that the depth scale is
different for the Davis Run profile.
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Figure 4.6
Mass transfer coefficients plotted for the best-fit models with σ = 3 (lines) plotted with field data
(symbols): (A) Merced plagioclase at 40 ka (thin solid line, circles) and 250 ka (thick solid line,
diamonds), (B) Merced plagioclase at 600 ka, (C) Merced plagioclase at 3000 ka, and (D) sodium
(solid line, circles) and potassium (dashed line, diamonds) from Davis Run. Note that the depth
scale is different for the Davis Run profile. The dashed lines indicating the model predictions for
the other Merced soils given the same parameters as each of the individual best-fit models, e.g., in
(C) the dash lines represent the model predictions at 40, 250, and 600 ka with older soils
increasingly depleted.
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Figure 4.7
Plots of pore fluid chemistry versus depth showing varying assumptions of soil atmosphere pCO2
and flow rate. Merced 250 ka soil pore water (A) pH, (B) Na, and (C) SiO2 concentrations
(circles) compared to model-predicted pore water concentrations for the best-fit solid model
(solid line) and model-predicted concentrations when equilibrated with the measured modern 250
ka soil pCO2 (log pCO2 -2.0) with either the same flow rate (0.028 m y-1) as the best-fit solid
model (dashed line) or the flow rate (0.06 m y-1) estimated from chloride enrichment (dash-dot
line).
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Figure 4.8
Plagioclase reaction fronts for best-fit models run with alternative types of rate equations for (A)
the Merced 250 ka soil (sigmoidal rate law) where the 3000 ka reaction front is deeper than 5 m,
(B) the Merced 250 ka soil (aluminum-inhibition rate law), (C) Davis Run (sigmoidal rate law),
and (D) Davis Run (aluminum-inhibition rate law).
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Figure 4.9
Sensitivity of model results to (A) and (D) Darcy flow rate, (B) and (E) pCO2, and (C) and (F)
temperature for the Merced 600 ka and Davis Run best-fit models, respectively. Field plagioclase
data are plotted as squares and circles for the Merced 600 ka and the Davis Run profiles,
respectively. The best-fit model predictions (parameters in Table 4.7) are plotted as a solid line
and model predictions of changes are plotted as dashed lines.
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4.9. Appendices
4.9.1. Composite profiles calculations
Several depth profiles were collected at each terrace by auger cores and soil pits
(HARDEN, 1987; WHITE et al., 1996). Data from the depth profiles, which were collected
at different depth intervals, from each terrace were used to construct a composite profile.
To construct the composite profile the following equation was used:
( 4.19)
where Wc,m is the composite mineral concentration (weight fraction) for some mineral m
over a given interval, wi is the concentration (weight fraction) based on quantitative XRD
mineralogy data for sample interval i, fd,i is the fraction of the theoretical composite depth
interval represented by the actual sampling interval, fs,i is the fraction of the sampling
interval contained within the composite depth interval. The composite mineralogy for a
given composite interval was calculated from the mineralogy of different cores using a
weighted average that took into account the fraction of the composite depth interval
covered by the sampling interval (e.g., if the composite depth interval is 0-30 cm and a
sampling interval for one reported soil profile was 0-15 cm, the mineralogy of that
sampling interval would be weighted at 0.5), the fraction of the sampling interval
contained within the composite depth interval (e.g., if the composite depth interval is 030 cm and a sampling interval for a given soil profile is 0-40 cm, the mineralogy of the
interval would be weighted at 0.75), or a combination of the two. The depth profile data
on which the composite profiles were based are plotted for 250 ka (Figure 4.10), 600 ka
(Figure 4.11), and 3000 ka (Figure 4.12). Only one depth profile was collected and
analyzed for the 40 ka soil. The composite profiles are plotted in Figure 4.13 and
tabulated in Table 4.9.
The parent mineralogy and composite profiles were converted to a volume basis
rather than a mass basis for use in, and comparison to, the models. The mass to volume
conversion was calculated as:
( 4.20)
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where Vc,m is the mineral volume fraction (cm3 mineral cm-3 soil) for some mineral m for
the mineral concentrations in the parent material, ρm is the specific density for mineral m
(g cm-3), wi is the weight fraction for the ith mineral, ρi is the specific density for the ith
mineral, and φ is the soil porosity. The total volume fraction, including porosity, must
equal one. For the simplified profiles where biotite and hornblende were excluded, the
volume fractions for biotite and hornblende was reallocated to pore space so that the total
volume fraction remained equal to one. The composite profiles converted to a volume
fraction basis are plotted in Figure 4.14 and tabulated in Table 4.11.
4.9.2. Calculation of mineral- and grain-size specific surface area
The geometric specific surface area (S, cm2 g-1) for some grain size class g for a mineral m was
calculated using the following equation:

( 4.21)
where ρm = mineral density (g cm-3 ) and dg is the mean diameter (cm) for grain size class g. This
equation is based upon the assumption of smooth, spherical particles.
The geometric specific surface area was converted to a BET-equivalent specific surface
area by multiplying by the roughness factor, i.e., the ratio between the BET specific surface area
and the geometric specific surface area (BRANTLEY et al., 1999). Because roughness is
dependent on grain-size and mineral type, knowledge of both was necessary to calculate the
roughness factor. Grain-size specific roughness factors for the Merced parent material were
calculated from the average BET measurements for the sand and silt grain size classes from the
Post-Modesto and Modesto soils (see Table 4 in (WHITE et al., 1996) for measurements). For
those two soils, roughness varied linearly with λg:
( 4.22)
Here, λg is the roughness factor for a given grain size class g. See Table 3 for slight discrepancies
between some of the grain size classes for the grain size distribution (HARDEN, 1987) and the
grain size classes for measured for BET surface area (WHITE et al., 1996). In subsequent
calculations of the specific and total surface area for the parent material, it was assumed that the
mineralogy of each grain size fraction was the same as the bulk mineral composition so that the
concentration of each mineral was split evenly between the grain size classes (i.e., if there are 5
grain size classes, 20% of the total plagioclase concentration was present in each grain size class).
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In addition to variations with grain size, different minerals of the same grain size fraction
can have different roughness factors. For this study, mineral-specific roughness factors were
calculated by using average roughness factors calculated from BET measurements of quartz,
plagioclase, and k-feldspar mineral separates (0.5-1.0mm in diameter) from the two youngest
Merced soils where BET measurements were reported (WHITE et al., 1996). The sum of the
average roughness for each of the three minerals was calculated and when the BET surface area
was calculated using the calculated roughness, the calculated BET surface area was within 10%
of the BET measured surface area of the 0.05-0.1 cm grain size fraction (see Table 4.13). Thus,
the roughness for a given mineral m was calculated as the fraction of the total roughness for all
minerals:

( 4.23)
where λ m is the roughness for mineral m and ∑λa is the sum of the average roughness factors for
quartz, plagioclase, and k-feldspar. The roughness for mineral m in a given grain size class g was
calculated by the product of equations 4.22 and 4.23:
( 4.24)
where λ m,g is the roughness factor for a given mineral m and given grain size g and fλ,m is the
fraction of the total roughness for mineral m.
The BET-equivalent specific surface area for a given grain size class g was calculated from
the geometric specific surface area and the grain-size and mineral-specific roughness factor
calculated above:

( 4.25)
Once the BET-equivalent specific surface area was calculated for each mineral and each
grain size class, the total mineral specific surface area was calculated for each mineral. The total
mineral specific surface area was calculated from the sum of the surface areas for all the grain
size classes and the weight fraction of the soil for each grain size class:
( 4.26)
Here, g1, g2, gn are different grain size classes, and f is the weight fraction for a given grain size
class gn. Either the geometric or the BET specific surface area can be calculated from this
equation. The equations outlined thus far were used with the sand and silt fractions to calculate
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the total soil specific surface area for the primary minerals. The grain size (sand and silt) fractions
were normalized so that the sum of the grain size fractions was equal to one.

4.9.3. Detailed model results
Detailed model results, including the predicted volume percent and the τj values
calculated from the volume percent values, are compared to field data for the following model
scenarios:
1) Volume fractions and τj values are plotted for the baseline model at 250 and 3000 ka
(Figure 4.15) and compared to the field data.
2) Volume fractions and τj values are plotted for the 250 ka best-fit model where σ = 3 at
250 and 3000 ka (Figure 4.16) and compared to the field data.
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Table 4.9: Composite profiles for Merced terraces

Top of
interval
(m)

Bottom
of
interval
(m)

Midpoint of
interval
(m)

Clay,
<2 µm
(wt %)

Biotite
(wt %)

Hornblende
(wt %)

Quartz
(wt %)

Kfeldspa
r (wt
%)

Plagioclase
(wt %)

# of soil
samples
included
in
composite
estimate

39.7
35.5

14.0
15.7

35.9
38.7

1
1

41.5
44.3
41.0
37.2
33.8
30.5
39.6

16.6
14.3
14.1
14.8
14.1
20.6
15.3

30.5
26.2
26.0
31.6
33.3
36.8
35.6

4
5
4
2
5
1
1

48.8
46.7
37.9
37.8
36.3
39.9

17.9
17.5
16.6
11.2
12.3
15.9

22.1
27.2
29.2
21.1
35.7
32.2

3
2
1
1
2
2

67.0
60.0
38.4
45.4
48.0
48.7
51.6
58.9

6.2
5.1
4.4
1.6
4.1
3.8
4.6
6.5

4.0
2.4
3.4
3.3
4.3
1.2
2.0
2.1

4
1
2
2
2
4
1
1

Modesto soil - 40 ka
0.15
2.01

0.81
2.31

0.48
2.16

6.0
3.3

0.9
1.0

3.5
5.8

Riverbank soil - 250 kaa, b
0.00
0.30
0.81
1.55
2.10
3.54
5.00

0.30
0.81
1.55
2.10
3.54
5.00
6.00

0.15
0.56
1.18
1.83
2.82
4.27
5.50

7.1
11.8
14.8
13.5
13.3
8.0
7.6

0.9
0.8
0.8
0.6
1.1
1.0
0.5

3.4
2.6
3.4
2.2
4.4
3.1
1.4

Turlock soil - 600 ka
0.00
0.20
0.40
0.90
1.90
3.75

0.20
0.40
0.90
1.90
3.70
4.25

0.10
0.30
0.65
1.40
2.80
4.00

8.2
5.3
9.3
27.1
12.3
9.7

0.9
0.9
1.7
0.9
0.7
0.8

2.1
2.3
5.3
1.8
2.7
1.6

China Hat soil - 3000 ka
0.00
0.30
0.50
1.10
1.70
2.00
3.00
3.40

0.30
0.50
1.10
1.70
2.00
3.00
3.15
4.50

0.15
0.40
0.80
1.40
1.85
2.50
3.08
3.95

21.7
30.7
51.7
45.9
40.1
43.3
38.2
29.1

0.6
0.8
1.1
1.6
1.5
1.5
1.5
1.7

0.5
1.0
1.1
2.1
2.0
1.5
2.1
1.7

Parent material - average mineralogy from Merced M12, M31, and M46 deep horizonsC
n/a
a

n/a

n/a

5.2

1.3

7.0

36.5

12.6

37.4

3

One sample was collected at 4.57m and was not a homogenized horizon sample like the others. The 4.57m
sample was assumed to be representative of the interval between the overlying (bottom at 3.54m) and
underlying (top at 5.00m) interval and the midpoint of the interval was adjusted to 4.27m.
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b

One sample was collected at 5.50m and assumed to be representative of the 5.00-6.00m interval. This
interval was excluded from further analysis due to the high quartz and low plagioclase concentrations
suggesting that a previously exposed surface may begin at this depth.
c
The parent material concentrations were calculated using the average mineralogy of the three horizons
used as the parent material in White et al. (1996). The horizons were the 2.00-2.54m horizon from the 10 ka
M31 soil, the 0.66-2.50m horizon from the 10 ka M46 soil, and the 2.01-2.31m horizon from the 40 ka
M12 soil. The grain size data for these horizons can be found in Harden (1987).
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Table 4.10: Mineral specific densities used to convert from weight to volume basis

Kaolinite
K-feldspar
Muscovite
Plagioclase
Quartz

Mineral specific
density (g cm-3)
2.60
2.57
2.82
2.65
2.66
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Table 4.11: Composite profiles for Merced terraces (volume %)a
Top of
interval
(m)

Bottom
of
interval
(m)

Midpoint of
interval
(m)

Clay, <2
µm
(vol. %)

Biotite
(vol. %)

Hornblende
(vol. %)

Quartz
(vol. %)

Kfeldspar
(vol. %)

Plagioclase
(vol. %)

26.2
23.5

9.5
10.7

23.8
25.7

27.3
29.1
27.0
24.5
22.3
20.1
26.0b

11.3
9.7
9.6
10.1
9.6
14.0
10.4

20.2
17.3
17.2
20.8
22.0
24.3
23.4

32.1
30.7
25.1
24.8
23.9
26.2

12.2
11.9
11.3
7.6
8.4
10.8

14.6
18.0
19.4
13.9
23.6
21.2

44.0
39.3
25.1
29.8
31.5
31.9
33.9
38.7

4.2
3.5
3.0
1.1
2.8
2.6
3.1
4.4

2.6
1.6
2.2
2.2
2.8
0.8
1.3
1.4

Modesto soil - 40 ka
0.15
2.01

0.81
2.31

0.48
2.16

4.0
2.2

0.5
0.6

1.9
3.2

Riverbank soil - 250 ka
0.00
0.30
0.81
1.55
2.10
3.54
5.00

0.30
0.81
1.55
2.10
3.54
5.00
6.00

0.15
0.56
1.18
1.83
2.82
4.27
5.50

4.8
8.0
10.0
9.1
9.0
5.4
5.1

0.5
0.5
0.5
0.4
0.6
0.6
0.3

1.9
1.4
1.8
1.2
2.4
1.7
0.8

Turlock soil - 600 ka
0.00
0.20
0.40
0.90
1.90
3.75

0.20
0.40
0.90
1.90
3.70
4.25

0.10
0.30
0.65
1.40
2.80
4.00

5.5
3.6
6.3
18.2
8.3
6.5

0.5
0.5
1.0
0.5
0.4
0.4

1.1
1.3
2.9
1.0
1.5
0.9

China Hat soil - 3000 ka
0.00
0.30
0.50
1.10
1.70
2.00
3.00
3.40

0.30
0.50
1.10
1.70
2.00
3.00
3.15
4.50

0.15
0.40
0.80
1.40
1.85
2.50
3.08
3.95

14.5
20.6
34.5
30.8
26.9
29.0
25.7
19.6

0.4
0.5
0.6
1.0
0.8
0.9
0.9
1.0

0.3
0.5
0.6
1.1
1.1
0.8
1.1
0.9

Parent material - average mineralogy from Merced M12, M31, and M46 deep horizons
n/a
a

n/a

n/a

3.5

0.7

3.8

24.3

8.7

25.0

Because biotite and hornblende were not modeled, the volume fractions for those minerals were
reallocated to pore space so that the sum of the clay, quartz, k-feldspar, and plagioclase mineral volumes
and porosity equaled 1. The data used to calculated the composite profiles were from White et al. (1996).
Porosity was assumed to equal 0.34 for all samples.
b
Note that the decrease in quartz concentrations in the 4.27m interval from the 250 ka Riverbank soil was
likely due to depositional artifacts in the alluvial deposits on which the soils formed. Thus for the mass
transfer calculations, the quartz concentration for that interval was adjusted by calculating the average of
the 4.27m interval and the intervals above and below.
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Table 4.12: Grain size classes

Grain size class
v. coarse sand
coarse sand
medium sand
fine & v. fine sand
silt
clay
a

Harden (1987)
(grain size distribution) (µm)
1000-2000
500-1000
250-500
62-250
2-62
<2

White et al. (1996)
(grain sizes separates
measured for BET surface
area) (µm) a
Not measured
500-1000
250-500
75-250
4-75
<4

The roughness for the 1000 - 2000 µm grain size was calculated for this study by extrapolation using
equation 4.22.
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Table 4.13: Mineral roughness calculations

mineral roughness for
1000-500 µm grain size
fraction
quartz
44.9
plagioclase
104.0
potassium feldspar
58.8
sum
207.0
total 0.05-0.1cm grain size class roughness
a

Calculated using equation 4.23.

fraction of total
roughness for
grain size classa
0.216
0.500
0.284
1.000
194.0
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Figure 4.10
Weight percent concentrations versus the midpoint depths from the Merced 250 ka
terrace profiles for (A) clay, (B) potassium feldspar, (C) plagioclase, and (D) quartz. All
data are from White et al. (1996) (see section 4.3.2 for details). The errors associated with
the weight percent data represent the standard deviation of the 2-5 replicates measured
for each interval. Errors associated with depth represent the top and bottom of each
horizon sampled. Note that the RB_cliff data do not have errors associated with depth
because the depth range of sampling was not noted but is assumed to be within the size of
the symbol.
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Figure 4.11
Weight percent concentrations versus depth from the Merced 600 ka terrace profiles for
(A) clay, (B) potassium feldspar, (C) plagioclase, and (D) quartz. All data are from White
et al. (1996) (see section 4.3.2 for details). The errors associated with the weight percent
data represent the standard deviation of the 2-5 replicates measured for each interval.
Errors associated with depth represent the top and bottom of each horizon sampled.
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Figure 4.12
Weight percent concentrations versus depth from the Merced 3000 ka terrace profiles for
(A) clay, (B) potassium feldspar, (C) plagioclase, and (D) quartz. All data are from White
et al. (1996) (see section 4.3.2 for details). The errors associated with the weight percent
data represent the standard deviation of the 2-5 replicates measured for each interval.
Errors associated with depth represent the top and bottom of each horizon sampled.
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Figure 4.13
Weight percent concentrations versus depth from the Merced composite profiles for (A)
40 ka (note that only one depth profile was collected for this soil), (B) 250 ka, (C) 600 ka,
and (D) 3000 ka. All data are from White et al. (1996) (see section 4.3.2 for details and
Table 4.9 for the data). The errors associated with the weight percent data were estimated
from the standard deviation of the average of the replicates for each sample that was part
of a composite interval, which should be a conservative (or large) estimate of error.
Errors associated with depth represent the top and bottom of the composite interval. Note
that errors associated with depth were the same for all minerals but were only plotted on
the potassium feldspar data to reduce visual noise.
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Figure 4.14
Volume fraction concentrations versus depth for the composite profiles from (A) 40 ka,
(B) 250 ka, (C) 600 ka, and (D) 3000 ka. See section 4.9.1 for details of composite profile
calculation and weight percent to volume fraction calculations. The data plotted here are
contained in Table 4.11.
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Figure 4.15
Volume fractions or τj values for the baseline model (lines) versus field (symbols) data at
250 ka and 3000 ka. Volume fractions are plotted at (A) 250 ka and (C) 3000 ka. The τj
values are plotted at (B) 250 k and (D) 3000 ka. See section 4.3.1 for details of τj
calculations. Note that the increase in the τj value predicted for kaolinite at 3000 ka is
primarily due to quartz dissolution since quartz was assumed to be the immobile
component.
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Figure 4.16
Volume fractions or τj values for the 250 ka best fit model (lines) where σ = 3 versus
field (symbols) data at 250 ka and 3000 ka. Volume fractions are plotted at (A) 250 ka
and (C) 3000 ka. The τj values are plotted at (B) 250 k and (D) 3000 ka. See section 4.3.1
for details of τj calculations.
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