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Abstract

Knowledge of processes, dynamics, and the ongoing mass-balance of polar ice sheets
is essential if we are to understand the response of the cryosphere to a changing
climate. Here we present a series of hypotheses and associated observations and
interpretations addressing the West Antarctic and Greenland ice sheets. Specific
attention is paid to the grounding line, ice-shelf mass balance, and crystal orientation fabrics in streaming ice. Initially, GLAS ICESat laser altimetry data is
used in an accurate and rapid method of grounding line location. The method
exploits the high surface-slope at the grounding line relative to the flat ice-shelf
and ice streams. Validation is performed using ground-based observations and
comparisons between the modern grounding-line and past estimates indicate that
the Siple Coast grounding line has been largely static for at least several decades.
During this time the ice streams have been undergoing large changes in flow speed
indicating that the grounding-line position is insensitive to such changes. In order
to address the mass balance of the Ross Ice Shelf, a divergence method assuming
steady-state is used to estimate the spatial distribution and magnitude of basal
melting (Ṁb ). An area-average rate of -0.08±0.01 m a−1 is estimated indicating
that accretion dominates the sub-ice-shelf environment with rates of Ṁb =-0.32 ±
0.01 m a−1 estimated in the centre of the ice shelf. Our estimates of accretion are
an order of magnitude higher than previous studies and we caution that this is
likely due to the divergence method misinterpreting past non-steady-state behavior of the ice streams. High melt rates (1.3±0.1 m a−1 ) are observed at the ice
shelf front. The ice front is further investigated using spatial and temporal elevation changes from GLAS ICESat laser altimetry data. Melt rates are observed
to increase exponentially as the front is approached, from zero at approximately
40 km from the front to an average of 2.7±0.9 m a−1 within the front kilometer.
Melt estimates are best fit by the relationship Ṁb =2.1ex/11800 m a−1 . Melt at the
front is modeled as a combination of tidally-induced mixing and the ascension of
iii

buoyant water from beneath the ice shelf, indicating a relationship between melt
profile and calving history. In the final section of this study, active-source seismic
data are reported from an upstream location on Greenland’s fastest-flowing outlet
glacier, Jakobshavn Isbræ. Englacial reflectivity in these data reveal the development of complex and alternating crystal orientation fabrics, which we associate
with changes in impurity loading brought about by climactic changes. These fabrics likely result in strain localization and therefore have implications for predictive
ice sheet modeling.
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Figure 1.1. Greenland and Antarctic Ice sheets. AP: Antarctic Peninsula, LBIS: Larsen
B Ice Shelf, PIG: Pine Island Glacier, ASS: Amundsen Sea Sector, RIS: Ross Ice Shelf,
WANT: West Antarctica, EANT: East Antarctica. Gray scale represents elevation with a
maximum of over 3200 m on the Greenland Ice Sheet and over 4000 m in East Antarctica.

The cryosphere forms one of the largest sources of uncertainty in future sea-level
change predictions. This is primarily due to the present lack of knowledge regarding the dynamic response of polar ice-caps to a warming world (Alley et al., 2005;
IPCC , 2007). Several discoveries in the past decade have emphasized this uncertainty. The rate at which ice streams and glaciers can respond to external forcing

2
has been highlighted by observations that between 1992 and 2003, Greenland’s
fastest glacier (Jakobshavn Isbrae) nearly doubled its speed (Joughin et al., 2004).
The sensitivity of polar-ice streams to external forcing has been demonstrated by
observations that ice-stream motion is modulated by ocean tides, with this influence extending several hundred kilometers inland (Anandakrishnan et al., 2003;
Bindschadler et al., 2003). And, dramatic examples of the response of ice shelves
and inland ice to increases in oceanic and atmospheric forcing have been observed
in the Antarctic Peninsula, where ice shelves have collapsed, and grounded ice has
accelerated in response (de Angelis and Skvarca, 2003; Scambos et al., 2004).
This dissertation aims to contribute to our understanding of the cryosphere by
analyzing a series of geophysical observations from the Antarctic and Greenland
ice-sheets. In this first chapter we present a brief overview of ice sheet and ice-shelf
dynamics and focus on key aspects that we will subsequently explore. Primarily,
this dissertation addresses the grounding-line (the point at which the ice goes
afloat) and the ice-shelf components of the system, with an excursion into crystalorientation fabrics within deforming land-based ice.

1.1

The Marine Ice Sheet Instability Hypothesis

The West Antarctic Ice Sheet has been a subject of societal concern since its instability was first suggested (Mercer , 1968; Weertman, 1974; Thomas and Bentley,
1978). This proposed instability is due to the dependance of ice discharge on ice
thickness and the fact that the West Antarctic Ice Sheet is largely grounded below sea-level with a bed that deepens towards the interior. The instability can be
summarized as follows. Should the fringing ice-shelves around West Antarctica be
removed, ice flow will increase due to the loss of buttressing, and the grounding
line will retreat into thicker ice, leading to ongoing retreat. A marine ice-sheet
should therefore have no stable position so long as the bed continues to slope inland. While the applicability of the marine ice-sheet instability hypothesis has
been questioned (Hindmarsh, 1996), it has been shown to remain relevant today
(Schoof , 2007; Nowicki and Wingham, 2008).

3

1.2

The Grounding Line

The grounding line represents the zone through which ground-based ice must pass
in order to enter the worlds oceans and thus contribute to sea-level rise. As such,
the grounding line forms the lynchpin of the ice-sheet–ice-shelf system. Rheologically, the grounding line is highly complex. At the base of the ice the grounding
line represents the transition from a limited-slip condition on the grounded side to
a free-slip condition of the floating side (Barcilon and MacAyeal , 1993; Wilchinsky and Chugunov , 2000). Within the ice the grounding-line is the transition
from deformation dominated by vertical shear to plug-flow dominated by longitudinal stretching (Weertman, 1957). Meanwhile, the ice surface transitions from a
grounded elevation determined by the bed elevation and ice thickness, to an elevation determined by ice-thickness, the hydrostatic condition, and sea-level (e.g.
Vaughan (1995)).
This thesis focuses on the location and recent stability of the grounding line.
In Chapter-2 a method of locating the grounding-line is presented using remotelysensed data and ground-based observations. This location is then compared to
previous grounding-line locations to determine the stability of the grounding line
in the face of ongoing upstream changes. Chapter-2 has been published as Horgan
and Anandakrishnan (2006).

1.3

The Role of Ice Shelves

Approximately 80% of the mass leaving Antarctica does so through floating iceshelves (Jacobs et al., 1992), which range in area from the small unbounded ice
tongues, found around much of the periphery of the continent, up to the large
embayed-ice-shelves such as the 471 500 km2 Ross Ice Shelf. Once afloat, ice
shelves lose mass primarily through basal melting and ice-front calving processes
while continuing to gain mass from the flux of grounded ice, surface accumulation,
and basal accretion. While mass loss from an ice shelf does not directly contribute
to sea-level rise, such mass loss can contribute to the loss of grounded ice through
mechanical coupling between the ice sheet and ice shelf. Ice shelves contribute a
resistive longitudinal-stress, transferring stress from their sides, front, and pinning

4
points, to buttress the glaciers and ice-streams feeding them (e.g. Dupont and
Alley (2005)).
Recently, the importance of this coupling has been emphasized by observations
in the Antarctic Peninsula where the loss of the Larsen-B ice shelf resulted in a
sustained speed-up of its tributary glaciers (de Angelis and Skvarca, 2003; Scambos
et al., 2004; Hulbe et al., 2008). Similarly, the rapid recession of the grounding line
of Pine Island Glacier, in the Amundsen Sea sector of West Antarctica, has been
attributed to mass loss of its floating ice-tongue (Rignot, 1998). In this way changes
in ice shelf mass-balance can affect inland ice with increased drawdown extending
many hundreds of kilometers inland (Payne et al., 2004).
This dissertation focusses on the role of basal-melt beneath and near the front of
the Ross Ice Shelf. Melt beneath the Ross Ice Shelf has previously been estimated
using limited observations and oceanographic models (Jacobs et al., 1979, 1985;
Assmann et al., 2003; Smethie and Jacobs, 2005; Loose et al., 2009) or by glaciological methods (e.g. Shabtaie and Bentley (1987)). Chapter-3 uses steady-state
assumptions to address basal-melt beneath the Ross Ice Shelf. Special attention is
paid to basal melt close to the grounding line due to a theorized focussing of basal
melt in this region (e.g. Rignot and Jacobs (2002)). Chapter-4 addresses frontal
melt using repeat-track laser altimetry data in an attempt to quantify a significant
component of the total melt budget.

1.4

Ice Fabric and Concentrated Deformation

While the boundary conditions and processes at the grounding line and on the ice
shelf are of particular interest to this dissertation, the dynamics of land-based ice
determines the flux into the ice shelf and oceans. The motion of land-based ice can
be attributed to a combination of the following: internal deformation, sliding over
the bed, or deformation within the underlying material. The relative importance of
these three-factors is likely to differ depending on the environment. For example,
a glacier that is frozen to underlying bedrock is likely to deform principally by
internal deformation, whereas a glacier with a saturated bed, or evidence of dilatant
basal-material, is more likely to have a component of basal sliding, or subglacial
deformation. Such deformation mechanisms can also determine the response of a

5
glacier system to external forcing.
Greenland’s Jakobshavn Isbræ has become an archetype for the role of ice dynamics in ice-sheet decay. This major outlet glacier, draining ∼6.5% of the Greenland Ice Sheet (Echelmeyer et al., 1991), almost doubled in speed between 1992 and
2003 (Joughin et al., 2004) and is Greenland’s fastest outlet glacier. Though much
attention has been paid to the role of meltwater reaching the bed of the Greenland
Ice Sheet (e.g. Zwally et al. (2002)) this effect is observed to strongly affect regions
of ice-sheet flow but is not as significant in the outlet glaciers themselves (Joughin
et al., 2008). The lessened effect of basal water implies a more significant role for
englacial deformation within the main trunk of Jakobshavn. Chapter-5 reports
active source seismic observations from the upstream reaches of Jakobshavn Isbræ
and addresses the development of internal-deformation structures. Chapter-5 has
been published as Horgan et al. (2008).

1.5

Statement of Authorship

Chapters 2–5 of this thesis have either been published or will be published. While
the work involves the cooperation of collaborators, the scientific direction and the
body of the work presented in this thesis is my own. An external contribution
was obtained from Dr. Ryan Walker (Penn State Geosciences) who contributed
the plume-model to Chapter-4. Other contributions are noted as co-authorships of
publications and acknowledgements. During my dissertation studies I was coauthor on two additional publications which are relevant to the the work presented
here. They are Anandakrishnan et al. (2007), which addresses the discovery of
till-deposition at the grounding line of Whillans Ice Stream and is relevant to
Chapter-2, and Alley et al. (2008), which establishes an empirical relationship
with which to predict the calving of tabular ice bergs from floating ice shelves and
is relevant to Chapters 3–4.

Chapter

2

Static Grounding Lines and Dynamic
Ice Streams; Evidence from the
Siple Coast, West Antarctica
Grounding line dynamics are key to our understanding of marine ice
sheets such as the West Antarctic Ice Sheet (WAIS). We present an
accurate and rapid method for locating grounding lines using GLAS
ICESat laser altimetry data. We then apply this technique to the Siple
Coast region of the WAIS. Our technique exploits the high surface slope
at the grounding line relative to the adjacent flat ice streams and ice
shelf. The technique is validated by ground-based observations. Comparisons between the current grounding line and earlier measured locations demonstrate that the Siple Coast’s grounding line has been largely
static over the last two decades. This is important as the ice streams
have been undergoing considerable variations over this period. We conclude that ice stream flow speeds can vary while the grounding line
remains stable. We suggest that grounding lines may migrate abruptly
and then stabilize rather than undergoing continuous retreat.
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2.1

Introduction

Marine ice sheets such as the West Antarctic Ice Sheet (WAIS) are largely grounded
well below sea level, and it has been suggested that their stability is linked to the
location of the grounding line or grounding zone (the point at which ice goes afloat)
(Weertman, 1974). The location of this transition is dependent on the interplay
between ice volume, sea level, and sea floor topography, making it the point of
primary ice-ocean interaction. It is a zone of enhanced basal melting (Rignot and
Jacobs, 2002), basal sediment flux (Alley et al., 1987), and is important for ice
sheet, ice shelf, and oceanographic modeling.
The WAIS contains 5–6 m of sea level equivalent and has shrunk during the
Holocene (Conway et al., 1999). There is significant interest, but little consensus,
regarding the WAIS’s contribution to future changes in sea level (e.g., Alley et al.
(2005)). Some of the uncertainty is tied to poor knowledge of the location and
sensitivity of the grounding line position in response to climate change(Vieli and
Payne, 2005) and limited information on how the grounding line has behaved in
the past (Conway et al., 1999; Anderson et al., 2002).
The Siple Coast is the transition from the WAIS to the Ross Ice Shelf (the
world’s largest ice shelf). Studies in the area have concentrated on the fast flowing
Ross ice streams, which drain approximately one third of the WAIS (e.g., Bentley (1987); Joughin et al. (1999); Bindschadler et al. (2003)). The ice streams
exhibit considerable flow speed variability on time scales ranging from daily, to
decadal, to millennial (Bindschadler et al., 2003; Anandakrishnan and Alley, 1997;
Joughin et al., 1999; Retzlaff and Bentley, 1993). For example, Kamb Ice Stream
(previously known as Ice Stream C) is presently stagnant and shear margin burial
suggests it ceased motion only 140 years ago (Retzlaff and Bentley, 1993), and
Whillans Ice Stream (previously known as Ice Stream B) has been shown to have
decelerated by ∼ 26 % between 1973 and 2004 (Joughin et al., 2002, 2005). The
response of the grounding line to such changes is of considerable interest.
Previous methods used to locate the grounding line in the area relied upon ice
surface elevations and ice thicknesses (Rose, 1979; Shabtaie and Bentley, 1987),
radar-derived ice bottom characteristics (Shabtaie and Bentley, 1987), and satellite imagery analysis (Bindschadler , 1993). Slope-break methods, whereby the
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grounding line is approximated by the change in slope at the start of the ice shelf,
have also been employed (Bamber and Bentley, 1994). More recently, interferometric synthetic aperture radar (InSAR) techniques have been used to map the
limit of vertical ice motion in response to ocean tides (Gray et al., 2002).
Traditionally, the grounding zone has been considered as an elastic flexural
transition from bedrock-supported elevations to lower, hydrostatically supported
and tidally influenced elevations (e.g., Vaughan (1995)). Alternatively, the grounding line could take place at a transition from thicker to thinner ice over a flat bed.
When the ice goes afloat, it continues to flow to obtain minimum potential energy. Brittle deformation occurs at the transition as is evident in the thin tide
cracks or strand cracks observed at the surface and bottom crevassing imaged at
the base. Additionally, there is a contrast across the grounding line between the
limited-slip or no-slip condition at the base of the grounded ice and the free-slip
condition beneath floating ice (e.g., Barcilon and MacAyeal (1993); Wilchinsky and
Chugunov (2000); Gudmundsson (2003)). These attributes manifest themselves at
the surface, and here we exploit these surface manifestations in order to locate the
grounding line.

2.2
2.2.1

Data and Methodology
GLAS ICESat

The Ice, Cloud and land Elevation Satellite (ICESat) (Shuman et al., 2006) has
been in operation since January 2003, using the Geosciences Laser Altimetry System (GLAS), and has produced high-precision elevation data over the polar regions
to 86◦ North and South. ICESat has a ∼ 65 m footprint with an along-track sample spacing of ∼ 172 m. We report on data from Laser 2A, which operated between
September 25 and November 19, 2003. Crossover errors for GLAS data are small
for grounded ice (typically < ±0.14 m (Shuman et al., 2006)) but deteriorate in
the grounding zone and on the ice shelf to ∼< ±2 m due to poor ocean tide corrections (Shuman and Fahnestock , 2005). These ocean tide corrections remain in
the data used here, but we will show that they are small compared to our signal.
We used the GLAS ICESat data to create a new digital elevation model using
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continuous curvature techniques (Wessel and Smith, 1998). To remove cloud noise,
the ICESat elevation data were first compared to the RAMP DEM (Liu et al., 2001)
and outliers were removed. The digital elevation model reveals a high surface slope
(∼ 0.2–0.5◦ ) near the grounding line, bounded by low slope regions seawards (on
the ice shelf) and landwards (on the grounded ice). All the ice streams have this
ramp between relatively flatter regions. The ramp is ∼ 10–25 m high on the active
ice streams and ∼ 80 m on the stagnant one. The ramp length is generally ∼ 8
km.

2.2.2

The origin of high slope at the grounding line

We will show that the ramp is above the grounding line and we suggest it arises
from bending and thinning. Here, bending refers to the spatial change in surface
elevation of the ice with no associated thickness change, and thinning refers to
the spatial change in thickness (not to be confused with temporal bending and
thinning ).
Bending would occur where the ice flows from a higher elevation, bedrocksupported, grounded state to a lower elevation, hydrostatically-supported, floating
state. Tidally induced flexure would periodically vary the magnitude of the elevation change (Vaughan, 1995); however, tidal flexure accounts for a maximum
change of a few meters in this region, and so is not responsible for the majority of
the elevation change observed.
Several processes may contribute to thinning of ice along flow, and some of
these processes will cause thinning to be greater on slower moving ice. Note that
the magnitude of the surface slope is only 1/10th of the magnitude of the thickness
gradient for floating ice, but equals the magnitude of the thickness gradient for ice
grounded on a horizontal bed.
Although basal melting near grounding lines can be rapid (up to 40 ma−1 ;
Rignot and Jacobs (2002)), shallower draft grounding lines such as those along the
Siple Coast are less susceptible to basal melt, and net melt beneath the Ross Ice
Shelf is 0.22 ma−1 (Jacobs et al., 1996). Flow thinning is also slight with negative
along-flow strain rates observed near the grounding line of Whillans Ice Stream
(Thomas et al., 1984; Van der Veen, 1999). Consistent with these considerations,
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radio-echo-sounding (RES) data across the grounding lines of Kamb Ice Stream
(Shabtaie and Bentley, 1987) and Whillans Ice Stream (Shabtaie and Bentley,
1987; Anandakrishnan et al., 2005) show much less thinning along flow than is
needed to explain the surface ramp. Furthermore, although two mechanisms might
contribute to the underestimation of thinning along flow, our calculations indicate
that possible errors are much too small to explain the surface ramp. (First, basal
crevasses introduce denser sea water into the ice (Jezek et al., 1979), so the upper
surface of a basally crevassed ice shelf will float lower than for an uncrevassed ice
shelf of the same thickness. Second, if the lee of the surface ramp traps extra
snow accumulation, then downglacier thinning of the ice may be masked by the
extra layer of low-density snow added on top.) We thus argue that a ramp in the
sea-floor topography contributes to the ramp in surface elevation, and that the
underlying topography is probably the single most important factor controlling
the surface ramp.

2.2.3

Grounding line picks and validation

In order to map the grounding line, the magnitude of the first spatial derivative
was calculated over 3 km length scales centered every 1 km (Figure 1). The resulting map of slope magnitude highlights the grounding line along the entire Siple
Coast as a ramp of high slope bounded by the low-slopes of the ice shelf and ice
streams. We pick the midpoint of this ramp as the grounding line, which is subtly
different from slope-break techniques, and is verified by our ground based validation. This methodology also serves to highlight the ramp phenomenon. Grounding
line picks are unambiguous except in areas of intense crevassing, where the high
slopes inside the crevasses contaminate the signal. Also evident are major pinning points (e.g., Steershead Ice Rise) and rifting within the ice shelf. So as to
avoid confusion between the grounding line and crevassing, the Moderate Resolution Imaging Spectroradiometer (MODIS) Mosaic of Antarctica (MOA) image
map (Haran et al., 2005) with Lambertian radiance applied (Wessel and Smith,
1998) was used to check the picks. The MODIS MOA map was created from
swaths acquired between November 20, 2003 and February 29, 2004 (directly after
the acquisition period of the GLAS data reported here).
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Ground-based validation of these picks was done on Whillans Ice Stream during
the 2004-2005 austral summer (Figure 2, see Figure 1 for location). Figure 2A
shows the ramp in kinematic GPS surveying (December 2004) and in the GLAS
tracks that covered the same area (September–November 2003). These are overlain
on the surfaced GLAS data used to pick the grounding line. The GPS results are
in good agreement with the GLAS data. A continuously operating GPS receiver
array, which straddled the ramp, confirms that this is indeed the grounding line
(Figure 2B). The downstream stations have vertical motion from the ocean tide
but the upstream stations do not (note that motions are relative to station one,
which was held fixed). The intermediate stations show the transition from floating
to grounded. The grounding-line location is further confirmed by strand crack
observations (Figure 2A; crosses) and bottom crevassing in radar observations
(Anandakrishnan et al., 2005). Also shown in Figure 2A are the grounding line
picks using Interferometric Synthetic Aperture Radar (InSAR) techniques from
Gray et al. (2002). These picks are derived from the 1997 Radarsat Antarctic
Mapping Mission.
An uncertainty estimate is enabled by these comparisons and from observations of picking repeatability. The grounding line oscillates up and down stream
depending on tidal range and bed profile, so the accuracy of any grounding line
determination is inherently limited. The width of the transition is dependent on
both the bathymetry and ice bottom topography as well as tidal range. Assuming
that our method picks the landward point of the transition, as indicated by our
ground validation, the estimated accuracy is 1–2 km. This uncertainty is similar
to that of the InSAR method presented by Gray et al. (2002), but more than that
estimated by repeat track observations such as those presented by Fricker and
Padman (2006).

2.3
2.3.1

Discussion
Comparisons with earlier grounding line picks

Figure 3 compares previous grounding-line picks with that obtained using the
method described here. The earliest grounding line estimate in Figure 3 is that
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of Shabtaie and Bentley (1987), who used hydrostatic constraints and radar observations from the Glaciologeophysical Survey of the Interior Ross Embayment
(GSIRE) 1984–1985 season and 1973–1975 observations from the Ross Ice Shelf
Geophysical and Glaciological Survey (RIGGS) (Bentley, 1984). Also shown are
the September–October 1997 Radarsat-InSAR derived grounding-line picks of Gray
et al. (2002), and a new pick we performed for this study using the European Remote Sensing satellite (ERS-1) digital elevation model (Bamber and Binschadler ,
1997). ERS-1 acquired geodetic radar-altimetry data between March 1994 and
May 1995. The ERS-1 DEM consists of a 5 km grid, resulting in a lower resolution
than the GLAS picks.
The grounding line of Ice Streams Bindschadler and MacAyeal shows no significant migration between the ERS-1 picks (1994-1995) and the GLAS picks (late
2003). The coast of Siple Dome is consistent between Shabtaie and Bentley (1987)
and this study with the exception of a grounded zone on the ice plain of Kamb
(Figure 3, A), which is poorly constrained by the Shabtaie and Bentley (1987)
data. We therefore suggest that the Siple Dome grounding line has been stable for
at least two decades. Similarly, the grounding line of Kamb Ice Stream appears
to be static with the exception of a seaward excursion in the southern portion of
the Shabtaie and Bentley (1987) pick (Figure 3, B). Shabtaie and Bentley (1987)
explicitly stated low confidence in their pick of this feature. A small portion of
the ridge between Kamb and Whillans Ice Stream (Figure 3, C) has been shown
to be receding (Bindschadler and Vornberger , 1998). This recession appears to be
continuing. The grounding line of Whillans and Mercer (previously known as Ice
Stream A) ice streams is the most complex on the Siple Coast and extends to the
tip of Crary Ice Rise. The Shabtaie and Bentley (1987) picks capture the general
features of the modern grounding line but show some differences in its complexity.
Shabtaie and Bentley (1987) also state low confidence in their pick of the grounding
line of Mercer Ice Stream (Figure 3, D). Some of the differences are due to coverage
limitations of the Shabtaie and Bentley (1987) study, but small scale migrations
may also be present. There is however very good agreement between the Gray
et al. (2002) picks from 1997 and our late 2003 picks. Some of the features lateral
to Crary Ice Rise are not picked by our study, although they are present as high
slope ramps. There are small differences in the vicinity of the southeast portion
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of Whillans Ice Stream (Figure 3, E) between Shabtaie and Bentley (1987), Gray
et al. (2002), and this study, indicating that this may be a region in which the
grounding line position is dynamic. These small scale, localized migrations may
be symptomatic of the natural variability of the system; overall, the grounding line
appears to be static.

2.3.2

Grounding line sensitivity

The largely static nature of the grounding line over the past decades indicates
that the grounding line position is not sensitive to the forcing experienced over
this period. Mercer and Whillans ice streams are presently in a state of neutral
mass balance (Joughin and Tulaczyk , 2002) although Whillans has decelerated by
∼ 26 % between 1973 and 2004 and is perhaps headed towards stagnation (Joughin
et al., 2002, 2005). Kamb Ice Stream continues to thicken, resulting in a positive
total mass balance of 26.8 gigatons per year across the Ross Ice Streams (Joughin
and Tulaczyk , 2002). It appears that the grounding line has not responded to
these changes. The reconstructed position of the grounding line at the last glacial
maximum implies 1300 km of retreat along the western side of the Ross Ice Shelf
and migration rates of 120 m a−1 (Conway et al., 1999). The ongoing retreat
implied by this value is not evident in this study; however this may be due to the
retreat being exceeded by the combined uncertainties of the grounding line picks.
If the grounding line is indeed static, implications are that the grounding line has
attained a stable position and grounding line retreat is episodic in nature. The
grounding line may have stabilized at its present position by migrating until the
Ross Ice Shelf reached a size where side shear and pinning points were adequate to
sufficiently buttress the system (Dupont and Alley, 2006). This may have happened
only recently. This kind of episodic retreat and stabilization of the grounding line
is further supported by paleo-grounding line wedge observations in the Ross Sea
(Anderson et al., 2002).
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2.4

Summary

The grounding-line picking methodology outlined and utilised here is a rapid and
robust technique, which has been shown to be effective along the Siple Coast.
The technique identifies the grounding zone as a confined high-slope surface ramp,
which we hypothesize results from thinning and bending of the ice across the
transition. We consider bending over a sea-floor ramp to be the single largest
contributor to the surface ramp. The Siple Coast’s grounding line appears to have
been largely static over the last one to three decades. This implies that although
the Siple Coast ice streams are undergoing changes in velocity and overall exhibit
positive mass balance, the grounding line is insensitive to these changes. Therefore,
we suggest that the grounding line is presently in a stable configuration and is more
likely to retreat episodically than continuously.
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Chapter

3

A Steady-State Estimate of Basal
Melt Beneath the Ross Ice Shelf
Basal melting beneath approximately 80% of the Ross Ice Shelf is estimated using an assumption of steady-state. The majority of the study
region is estimated to be undergoing basal accretion with an average
ice shelf melt-rate (Ṁb ) of -0.08±0.01 m a−1 . Basal melting predominantly occurs at the ice front where an average Ṁb of 1.3±0.1 m a−1
is estimated. The center of the ice-shelf is dominated by basal accretion where marine ice is refreezing to the bottom of the ice shelf at a
Ṁb -0.32 ± 0.01 m a−1 . We attribute this accretion to the ascension
of supercooled Ice Shelf Water (ISW) but caution that our estimate is
an order of magnitude higher than model findings and similarly higher
than the only sub ice-shelf observation (the J-9 borehole). Our estimates of Ṁb at the grounding line are diverse. A regional steady-state
estimate results in a grounding-line average Ṁb of 0.09 ± 0.02 m a−1 ,
while our more detailed study in an embayment of the grounding line of
Whillans Ice Stream resulted in estimates of Ṁb = 5.0 ± 8.4 m a−1 , and
Ṁb = -1.4 m ± 1.0 m a−1 . We attribute these disparate findings to the
complexity of the grounding line transition and question the suitability of steady-state assumptions in this region. The difference between
our steady-state estimates and those obtained by oceanographic studies
leads us to suggest that our steady-state estimate misses a significant
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portion of the melt budget, most probably located at the grounding
line, or at the ice front.

3.1

Introduction

Ice shelves buttress the flow of glaciers, reducing the rate at which land-based ice
enters the worlds oceans. On the Antarctic Peninsula, where atmospheric warming
is leading to ongoing ice-shelf retreat (Vaughan and Doake, 1996) and the relatively
warm ocean is able to erode the base of floating ice (Shepard et al., 2003), the loss
of ice shelves has led to increased drawdown of grounded ice (de Angelis and
Skvarca, 2003; Scambos et al., 2004). It remains to be seen whether the large,
embayed ice-shelves of the Antarctic, such as the Ross Ice Shelf (Figure 3.1, left),
could be vulnerable to such a collapse due to anticipated warming. However,
stratigraphic drilling and modeling studies indicate that over the last 5-million
years the existence of the Ross Ice Shelf has been coincident with the existence
of the West Antarctic Ice Sheet (Naish et al., 2009; Pollard and DeConto, 2009),
indicating that the loss of the Ross may have consequences similar to the recent
loss of smaller ice shelves on the Antarctic Peninsula but at a much larger scale.
The Ross Ice Shelf receives approximately 12% of the ice flowing from West
Antarctica and approximately 6% of the ice flowing from East Antarctica (Rignot
et al., 2008). The ice shelf also receives mass in the form of snow accumulation
on its surface and basal accretion from the ocean beneath. The ice shelf loses
mass through basal melt and through the episodic calving of large tabular icebergs at the ice front (e.g. Keys et al. (1998)). The mass-balance terms of the
Ross Ice Shelf are poorly constrained. Using Interferometric Synthetic Aperture
Radar (InSAR) velocity estimates and by assuming hydrostatic equilibrium at
InSAR-resolved grounding lines along the Siple Coast and Transantarctic Mountains, Rignot et al. (2008) estimated an input flux of ice flowing into the Ross Ice
Shelf of 129 ±6 Gt a−1 (1 Gt=1012 kg). Additional mass is added to the ice shelf
by accumulation. Integrating the accumulation-rate data of Arthern et al. (2006)
over the 471 500 km2 Ross Ice Shelf area (this includes ice rises and Roosevelt
Island), a total accumulation rate of 60.6 Gt a−1 is obtained (corresponding to an
area-average annual accumulation-rate of 128.6 kg m2 – note that this estimate
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represents the sum of surface accumulation and ablation). The combined total of
ice-flux and accumulation is therefore 189.6 Gt a−1 . Mass loss from the ice shelf is
achieved through calving and basal melt. An average long-term calving rate at the
Ross Ice Shelf front is 0.8–0.9 km a−1 (Keys et al., 1998). Assuming an average
thickness of calved ice as 250(300) m, and taking the length of the Ross Ice Shelf
as 760 km (measured using the Moderate-resolution Imaging Spectroradiometer
(MODIS) Mosaic of Antarctica (MOA) (Haran et al., 2005)), loss by calving is
estimated as 147(176) Gt a−1 . This leaves a minimum excess 42.6(13.6) Gt a−1 of
mass to be removed by basal melt.
Here we investigate basal melt-rates (Ṁb ) for the Ross Ice shelf by assuming
the ice shelf is in steady state. The steady-state assumption allows us to solve the
divergence equation, wherein thickness and velocity gradients are balanced with
accumulation and basal-melt rates. We first solve for Ṁb across the entire Ross
Ice Shelf using published data. Then, we use ground-based GPS and Radio Echo
Sounding (RES) observations in a focussed study concentrating on a small portion
of the grounding-line of Whillans Ice Stream (Figure 3.1, right).

3.2

The Divergence Method

We follow the method of Jenkins and Doake (1991), Joughin and Padman (2003),
and Joughin and Vaughan (2004), and use the steady-state balance between the
volume-flux and the combined basal and surface accumulation to solve for basal
melt (Paterson (1994), pp. 256), whereby,
∂H
∂(HU ) ∂(HV )
=−
−
+ Ṁs + Ṁb = 0,
∂t
∂x
∂y

(3.1)

where H denotes ice thickness, U denotes velocity in the x direction, and V denotes
velocity in the y direction. Ṁs denotes the sum of surface accumulation rate and
ablation rate and Ṁb denotes the sum of basal melt-rate and basal accretion-rate.

3.2.1

Ice-shelf thickness

GLAS ICESat laser altimetry data (Shuman et al., 2006) Laser 3J were used to
create a freeboard (height above sea-level) grid of the Ross Ice Shelf. Average data-
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Figure 3.1. Location map showing the Ross Ice Shelf (left panel) and grounding line
(right panel) locations. J-9 denotes the j-9 borehole (Zotikov et al., 1980). W5A and GL1
denote the ends of the RES profile shown in Figure 3.8. RS02 denotes the fixed GPS
location and RS07, RS08, RS09, and RS10 denote kinematic stations. Color denotes
RES derived thicknesses. The grounding line is shown as a thin black line in the left
panel and as a grey line in the right panel.

values were calculated within 2 km bins before a grid surface was created using
continuous curvature techniques (Wessel and Smith, 1998). ICESat elevations
were adjusted from height above ellipsoid to height above geoid using corrections
provided in the data release. Data from Laser 3J, which operated from February
17th until March 2nd , 2008, were used because of the availability of improved tidal
corrections for this mission. Data were corrected for receiver saturation and a highgain cut was applied so as to remove noisy data due to clouds. In order to convert
from freeboard to thickness, ICESat elevation data were extracted at the locations
of thickness data acquired during the Ross Ice Shelf Geophysical and Glaciological
Survey (RIGGS) (Bentley, 1984). A linear regression between ice-shelf elevation
and thickness (Figure 3.2) was then used to determine a thickness relationship,
which was used to calculate a thickness grid (following the method of Bamber and
Bentley (1994)) (Figure 3.3, top right). An assumption of steady state over the
last three decades is implicit in the use of the RIGGS data. Large rifts at the
front of the ice shelf were edited in anticipation of the noise they would generate in
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subsequent thickness gradient calculations, and a grounded-ice mask was created
using MODIS MOA and the grounding line of Horgan and Anandakrishnan (2006).
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Figure 3.2. Ross Ice Shelf thicknesses (Bentley, 1984) plotted against gridded ICESat freeboard elevations. Blue line represents best fitting linear regression. The gradient represents the average density of the ice column (ρ̄i ) and sea water (ρ¯w ) whereby
ρ¯w
gradient= ρ¯i −
ρ¯i ). The y-axis intercept (y int) represents the firn correction (fc ), which
i
is related to the air content of the firn (ha ) by fc = ha ρwρ−ρi
. The gradient of the red
−3
line represents the density of pure ice (ρi , 917 kg m ) against sea water (ρw , 1028 kg
m−3 ).

3.2.2

Ice-shelf accumulation

Ice shelf accumulation-rates (Ṁs ) were obtained from Arthern et al. (2006). Arthern et al. (2006) used in-situ observations in an interpolation scheme guided by
polarization observations from the Advanced Microwave Scanning Radiometer
(AMSR) satellite and remotely-sensed snow temperatures. Their resulting accumulation map possesses a spatial resolution of 100 by 100 km. For this study
the accumulation grid was resampled at 2 km resolution so as to enable merging
of data (Figure 3.3, bottom right).

3.2.3

Ice-shelf velocity

The Ross Ice-Shelf velocity field (Figure 3.3, bottom left and Figure 3.5) was
provide by Ian Joughin (pers. comm. 2008) . The velocity data were generated
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Figure 3.3. Top left: ICESat laser 3J surfaced freeboard. Top right: Thickness calculated using freeboard–thickness relationship (Figure 3.2). Bottom left: InSAR interferometry and speckle-tracking velocity field. Bottom right: Resampled accumulation rate
estimate (Arthern et al., 2006).

using combined Interferometric Synthetic Aperture Radar (InSAR) and speckletracking techniques on RADARSAT Antarctic Mapping Mission data (for details
see Joughin (2002)). The velocity field does not provide complete coverage of the
Ross Ice Shelf and areas of data contamination due to ionospheric interference and
poor coherence are apparent.
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3.2.4

Melt estimate

Prior to calculation of melt rates, the thickness and velocity data were low-pass
filtered using Gaussian weights. Gaussian filter-widths were examined up to 20
km (for examples see Figures 3.4–3.5). After filtering, the thickness and velocitycomponent fields were summed and node-centered gradients were calculated over a
4 km distance. Equation 3.1 was then solved for Ṁb . Data coverage is obtained for
approximately 80% of the floating Ross Ice Shelf (361700 km2 , of the total basal
area of 460200 km2 ). Missing portions include a swath from the grounding line of
Kamb Ice Stream to the central ice shelf. Approximately two thirds of the Siple
Coast grounding line is covered by our data.

3.2.5

Uncertainties

Here we estimate the uncertainties in the divergence melt estimate using arithmetic
error-propogation. Uncertainties in the thickness can be quantified by examining
the goodness of fit in Figure 3.2 where combined gradient and intercept uncertainties total approximately 4.5% of ice thickness. Velocity percentage uncertainties
are generally proportional to velocity magnitude and are estimated during InSAR processing (Joughin, 2002). Arthern et al. (2006) quote uncertainties of less
than 10% for the Ross Ice Shelf, though they acknowledge that local deviations
may exceed this estimate. Figure 3.7 presents the results of error propagation using gridded velocity and accumulation errors and a constant 4.5% thickness error.
The majority of the ice shelf exhibits Ṁb uncertainties of less than 20% with higher
uncertainties found in regions of high shear (for instance around Roosevelt Island)
and poor InSAR coherence. Averaging within zones allows us to estimate standard errors ( √σN ), where σ denotes standard deviation and N denotes the number
of samples. We determine our N based on the 2 km2 velocity-data coverage. To
convert this to a standard-error based on the accumulation-data coverage multiply
the standard error by 50. We note that our uncertainty treatments do not consider
deviations from steady-state.
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3.3

Results – The Ross Ice Shelf

Divergence melt-rate estimates are presented in Figure 3.6 and Table 3.1. Much
of the short wavelength content of Figure 3.6 can be attributed to contamination
due to noise sources. Most notable is the linear-streaking perpendicular to the
RADARSAT tracks used to obtain the velocity field (Figure 3.5). This banding
is likely the result of ionospheric variability (Gray and Mattar , 2000) and is high-
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Table 3.1. Table showing melt estimates for the Ross Ice Shelf and sub regions for
varying filter parameters. The number of observations in the standard error estimate is
based on the 2km by 2km cell size. Totals represent melt rate integrated over area for
the 5 km Gaussian filter.

Region
80% RIS

Area (km2 )
361700

Filter (km)
0
5
10
20

80% RIS:
Front

22600

0
5
10
20

Front:
Center

189000

0
5
10
20

Center:
G-line

32700

0
5
10
20

Gline:

Melt rate (m a−1 )
-0.09
-0.08
-0.06
-0.03
-33.2 Gt a−1
1.25
1.29
1.37
1.70
26.9 Gt a−1
-0.32
-0.32
-0.32
-0.32
-52.0 Gt a−1
0.09
0.09
0.20
0.25
3.0 Gt a−1

Std. error (m a−1 )
±0.01
±0.01
±0.01
±0.01
±0.06
±0.06
±0.06
±0.06
±0.01
±0.01
±0.01
±0.01
±0.02
±0.02
±0.02
±0.02

lighted here due to our use of derivatives. The patchy noise in the middle of the
plot is also due to the velocity data (Figure 3.5), and is likely the result of poor
correlation (Joughin et al., 2002). Linear noise near the ice front is likely due to
rifting during the 24-day RADARSAT repeat period. Contamination due to the
thickness data is also apparent. For instance, the speckling leading from the tip of
Crary Ice Rise (for location see Figure 3.1) is due to surface crevassing, which has
been translated into thickness.
The majority of the ice shelf displays near zero melt-rates, with high rates
observed at the ice front, especially in the Western Ross Sea (grid southeast). Melt
estimates after the application of a 5 km Gaussian-filter result in a Ross Ice Shelf
area-average Ṁb =-0.08 ± 0.01 m a−1 for the study region, where the uncertainty
denotes the standard error of the mean. Splitting the area into a near-front zone
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(within approximately 50 km of the ice front), a central zone (which is the central
ice-shelf with the exception of the central area of high noise), and a grounding-line
zone (within approximately 50 km of the grounding line), the following estimates
are obtained (for zones see Figure 3.6 top left). The ice-front is the area in which
the majority of melting occurs, with an average Ṁb =1.3 ± 0.1 m a−1 . A large
degree of spatial variability is observed along the front and contamination due to
unedited rifting is apparent. The central region is dominated by basal accretion
at an average rate of Ṁb =-0.33 ± 0.01 m a−1 . At the grounding line, the shelf is
at near equilibrium with a low melt rate of Ṁb =0.09 ± 0.02 m a−1 . (All results
given here are from the 5 km Gaussian filtered data. Varying filter parameters
produce some changes for the entire (80%) RIS and the Central region while edge
effects cause large changes for the Grounding Line and Ice Front regions (Table
3.1). Total mass change rates are also shown in Table 3.1 for the 5 km Gaussian
case.

3.4

The Grounding Line of Whillans Ice Stream

The grounding line is traditionally thought to be a focus of basal-melt due to the
ice-pump mechanism (Lewis and Perkin, 1986; Rignot and Jacobs, 2002). High
Salinity Salt Water (HSSW) forms through brine rejection during the formation
of sea ice in the coastal leads and polynya of the Western Ross Sea (Zwally et al.,
1985). Formed at the freezing point of sea water, dense HSSW sinks and flows
downslope towards the ice shelf grounding line. As it sinks, HSSW obtains thermal
driving due to the pressure dependence of the melting point of ice (0.75◦ C km−1
(Fujino et al., 1974)).
Here we estimate basal-melt proximal to the grounding line of Whillan’s ice
stream using Equation 3.1, thickness constraints from an intersecting RES profile,
and velocity observations from a GPS strain-grid. Thickness was estimated from
a 2-MHz RES profile acquired during the 2004-2005 austral summer (Figure 3.8)
using an ice velocity of 168.5 m µs−1 and a firn correction of 7 m (which accounts for the higher velocity in the firn) (Dowdeswell and Evans, 2004). Internal
crossovers from within the RES survey indicate a thickness uncertainty of ± 10 m,
or approximately 2% of ice thickness. The RES profile traverses one limb of the
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subarray addressed here and thickness along that approximately 1 km limb is a
relatively constant 600 meters (Figure 3.8. In the absence of additional thickness
(H) constraints within the array, and due to the unsuitability of the hydrostatic
assumption this close to the grounding line, we assume

∂H
∂x

= 0 and

∂H
∂y

= 0, and

Depth (m)

Thickness (m) Elevation (m)

use a constant value of H =600 m.
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Figure 3.8. Radio-Echo-Sounding profile W5A GL1, see Figure 3.1 for location. Top
panel shows surface elevation relative to WGS-84 elipsoid. Middle panel shows ice thickness. Bottom panel shows RES profile processed to resolve bed-arrival. The strain grid
stations RS07 and RS09 lie at kilometer 6 and kilometer 7 respectively.

We use a spatially uniform accumulation rate of 96 kg a−1 (Arthern et al.,
2006). This assumption introduces an uncertainty due to preferential deposition
in areas of topographic relief. While the topography at the grounding line is subtle,
wind may result in the redistribution of precipitation with enhanced precipitation
in the lee of the grounding-line slope (in the case of winds directed down-slope). As
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we have no constraints on these processes we accept them as an added uncertainty.
Conversion at ice density results in an accumulation thickness of 0.1 m a−1 .
Ice-shelf velocities were obtained from continuous GPS observations for 8 receivers deployed in a strain-grid across the grounding-line transition on December
23rd and December 24th 2004 (Figure 3.9). A single member of the strain grid
(unit RS02) was processed against a stationary unit deployed on the ice-ridge between Whillans Ice Stream and the adjacent Kamb Ice Stream by Dr. M. King
(pers. comm., King (2006)). The strain grid was then processed to obtain relative
baselines by treating the reference station as fixed and all other sites as kinematic.
The processing strategy followed the methodology outlined by King (2004) and
used the Track software package. The four seaward-most GPS receivers were used
to calculate velocity components for Equation 3.1. These stations exhibit a tidal
signal in their vertical component and are deemed to be floating; however, they do
not exhibit a full tidal-range and therefore should be considered to be under the
influence of the transition (compare the right panel of Figure 3.9 to Figure 3.10).
Two methods were used to estimate melt within the sub-array. By averaging the divergence within the four triangular elements of the 4 unit sub-array, a
melt-rate estimate of Ṁb = 5.0 ± 8.4 m a−1 is obtained (where the uncertainty
represents the standard error of the mean of the four estimates). The large uncertainty reduces the usefulness of this estimate. The uncertainty is partly a result of
the lack of thickness constraints; however, it is dominated by the highly variable
velocity-gradients. These variable gradients most likely result from the proximity of the grounding-line transition. In the second method we fit a second-order,
two-dimensional polynomial surface to the U and V velocity-components. Differentiating the resulting function allows

∂U
∂x

and

∂V
∂y

to be estimated everywhere

within the domain. We then calculate Ṁb along the RES profile, where thickness is
best constrained (no gradients in thickness are evident along the profile, however,
out of plane gradients may still exist). This approach resulted in an Ṁb estimate
of -1.4 m ± 1.0 m a−1 , where the uncertainty represents the standard deviation of
observations along the profile.

33

3.5

Discussion

Our steady-state estimate of melt beneath the Ross Ice Shelf results in an area
average rate of -0.08 ±0.01 m a−1 for approximately 80% of the ice shelf. Spatially,
melt appears to be concentrated at the front and predominantly occurs in the
Western Ross Sea. Frontal-melt averages 1.3 ± 0.1 m a−1 and is likely caused by
the circulation of seasonally-warm surface waters by tidal mixing (e.g. Makinson
and Nicholls (1999)) and the ascension of buoyant meltwater-plumes (MacAyeal ,
1985). The concentration of melt near the front has been reported by previous
studies (e.g. Jacobs et al. (1992)) and the concentration in the western front is
reproduced by the modeling studies of Holland et al. (2003) and Assmann et al.
(2003). A major discrepancy remains between our steady-state estimates and
oceanographic observations. For instance, Smethie and Jacobs (2005) estimates
an average melt rate of 0.17 m a−1 for 75% of the ice shelf base (the authors
include only those regions with a draft greater than 300 m). Loose et al. (2009),
who expand upon the tracer techniques of Smethie and Jacobs (2005), report area
average rates of 0.07 – 0.11 m a−1 . In general, area average melt-rates obtained
from oceanographic observations for the Ross Ice Shelf typically fall between 0.1
and 0.25 m a−1 (Assmann et al., 2003; Smethie and Jacobs, 2005; Loose et al.,
2009). From this we conclude that our steady state estimate misses a significant
portion of the melt budget. We suggest that this additional melt is located either
outside of our region of data coverage, or at the grounding line where we lack
sufficient observations, or at the ice front, where steady-state assumptions may be
unsuitable due to the calving process.
The central ice-shelf is dominated by a region of refreezing where marine ice
is accreted to the bottom of the ice shelf at a rate of -0.32 ± 0.01 m a−1 . The
ascension of ISW is thought to result in basal accretion and the only sub ice-shelf
observation (J-9 borehole, Zotikov et al. (1980), see Figure 3.1 for location) also
observed refreezing. Model results indicate a central zone of refreezing (Holland
et al., 2003; Assmann et al., 2003). However, our estimate appears to be high,
with Zotikov et al. (1980) estimating a rate of -2 cm a−1 , an order of magnitude
less than our own estimate. Similarly, the model results of Holland et al. (2003)
indicate a rate an order of magnitude less than our estimate. We attribute this
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disparity to our assumption of steady-state.
The unsuitability of the steady-state assumption is perhaps not surprising considering the stagnation of Kamb Ice Stream approximately 140 years ago (Retzlaff
and Bentley, 1993) and the recent slowing of Whillans Ice Stream (Joughin et al.,
2002, 2005). The residence time of ice on the Ross Ice Shelf is approximately 1000
years and streak lines (surface features which correspond to particles that have all
passed a certain originating feature, for examples see the MOA image in Figure 3.1)
indicate a history of several episodes of stagnation and reactivation during this time
(Hulbe and Fahnestock , 2004, 2007). While changes in velocity and flux propagate
almost instantaneously through the system, changes in thickness propagate much
slower at advective timescales (MacAyeal and Lange, 1988). Considering this we
suggest that the Ṁb signal that we estimate is often dominated by the advection
of thickness associated with non steady-state behavior. Non steady-state behavior
such as thinning of grounded ice on the Siple Coast or the slowing of Whillans and
Kamb ice streams would result in a pulse of thinner ice following relatively thicker
ice, which steady-state methods would interpret as the thickening we see in the
central zone.
The rate of melt at the grounding line remains enigmatic. While our regional
steady-state estimate indicates a rate of 0.09 ± 0.02 m a−1 , our data capture
the near grounding-line environment poorly; InSAR velocities are masked at the
grounding line and the hydrostatic assumption used to obtain thickness from freeboard is unsuitable due to the elastic behavior of the transition. Our more detailed
study in an embayment of the grounding line of Whillans Ice Stream resulted in
the diverse estimates of Ṁb = 5.0 ± 8.4 m a−1 and Ṁb = -1.4 m ± 1.0 m a−1 .
The discrepancy between these grounding-line melt estimates is most likely caused
by complexity in the velocity-field introduced by the complicated structure of the
grounding line in this region, and by the unsuitability of the steady-state assumption. The depth-averaged velocity field is likely not well represented by the surface
velocity this close to the grounding-line transition.
Our findings of accretion within the central ice shelf also imply basal melt at the
grounding line if the ice-pump mechanism is thought responsible as the ice-pump
mechanism is in part driven by basal melt at the grounding line. Grounding line
melt is thought to result in a fresh, buoyant plume of Ice Shelf Water (ISW) as-
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cending the ice-shelf base entraining underlying HSSW as it goes before becoming
supercooled to the point of basal accretion. We suggest the need for more focussed
studies at the grounding-line of the Ross Ice Shelf. More precise thickness observations, perhaps using a phase-sensitive RES system such as that reported by
Corr et al. (2002) and Jenkins et al. (2006), would assist future studies, as would
a study area with a simpler grounding-line geometry.
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Figure 3.9. GPS time series for the four stations used to estimate grounding line melt.
Left panels show easting and northing in meters with the mean subtracted. Velocity components from a least-squares linear regression and associated uncertainty are shown in
each panel. Right panels show vertical signal with the mean removed. RS numbers refer
to GPS units, site numbers denote sites in Figure 2.2 and Horgan and Anandakrishnan
(2006).
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Figure 3.10. Vertical time-series for the free-floating station W5C, located approximately 60 km to the north (grid south) of the study area.

Chapter

4

Surface Elevation Changes at the
Front of the Ross Ice Shelf;
Implications for Basal Melting
Spatial and temporal elevation changes for the front 60 km of the Ross
Ice Shelf are examined using GLAS ICESat laser altimetry data. Elevation profiles show a spatial trend of decreasing elevation towards
the calving front, which is explained by temporal changes over a 3–4
year period, demonstrating ongoing lowering of surface elevations. The
constraint of hydrostatic equilibrium, along with assumptions regarding
spreading rate, accumulation rate, and firn depth, allow basal melting
to be quantified. Melt rates (Ṁb ) are observed to increase exponentially
as the front is approached, from zero at approximately 40 km from the
front to an average of 2.7±0.9 m a−1 within the front kilometer. Melt
estimates are best fit by the relationship Ṁb = 2.1ex/11800 m a−1 . Spatial averaging along the front indicates that regions which have recently
calved large tabular bergs (e.g. icebergs C-19 and B-15) may experience
a faster decrease in melt rate with distance from the front compared to
a gradual decrease in non-calving regions. This points to the dependence of melt rate on basal profile – the basal profile at the front after
calving events is not as conducive for melting at greater distances from
the front. Basal-melting is thought to be due to a combination of i) the
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tidally-induced mixing of seasonally warm near-surface ocean water, and
ii) plume ascension of buoyant ice shelf water.

4.1

Introduction

Approximately 80% of the mass leaving Antarctica passes through floating ice
shelves before loss by iceberg calving or ice-shelf basal melting (Jacobs et al., 1992).
These ice shelves restrain the flow of land-based ice by providing buttressing due
to the lateral drag exerted at their sides and longitudinal resistive stress due to
pinning points (e.g. Thomas (1979); Dupont and Alley (2005)). Where ice shelves
have been reduced or removed, land based ice has been observed to accelerate in
response (de Angelis and Skvarca, 2003; Scambos et al., 2004; Hulbe et al., 2008)
and this acceleration propagates inland as drawdown increases surface slope, and
therefore driving stress. Thus, changes at the ocean boundary can affect ice stored
many hundreds of kilometers inland (Payne et al., 2004). Ice shelves are especially
vulnerable to global warming due to their direct contact with ocean water. In
Antarctica, the importance of such vulnerability is emphasized by model results
showing that over the past 5-million years the existence of the bulk of the West
Antarctic Ice Sheet has been dependent on the existence of the Ross Ice Shelf
(Pollard and DeConto, 2009). The ability of the Ross Ice Shelf to respond rapidly
to ocean forcings is further revealed by model results showing short residence-times
for sub ice-shelf waters (e.g. Smethie and Jacobs (2005); Loose et al. (2009)) and
observations of a warm core of Circumpolar Deep Water extending beneath the
shelf (Pillsbury and Jacobs, 1985). The established link between increasing ocean
temperatures and increasing basal-melt rates (Rignot and Jacobs, 2002; Holland
et al., 2008) further emphasizes this vulnerability.
While oceanic observations have been made just off the front of the Ross Ice
Shelf (e.g. Jacobs et al. (1992); Smethie and Jacobs (2005)), so far only a single
set of observations is available from beneath the interior of the ice shelf, at the
J-9 borehole (Jacobs et al., 1979; Zotikov et al., 1980). Two methods are typically
employed in order to estimate basal melt from glaciological data, i) the divergence
method, and ii) the flux-gate method. In the divergence method, melt is calculated from gradients in the thickness and velocity fields of the flowing ice, with
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gradients taken either in the along-flow direction (Jenkins and Doake, 1991), or
in both horizontal directions (Joughin and Padman, 2003). Combining the resulting divergence with accumulation-rate data results in an estimate of basal melt or
accretion. An advantage of the divergence method is that it allows the spatial distribution of melt to be addressed. Disadvantages include the inherent steady-state
assumptions and high sensitivity to noisy or sparse data. In the flux-gate method,
fluxes through an upstream and a downstream gate, typically joined by bounding
flow-lines, are compared. The difference in flux, combined with accumulation-rate
data, again results in a melt or accretion estimate for the area between the two
gates. An advantage of the flux-gate method is its use of sparse data, while disadvantages include the assumption of steady-state, and a lack of spatial resolution.
Examples of the flux-gate method are found in Shabtaie and Bentley (1987) and
Joughin and Padman (2003).
Here, we use repeat elevation profiles from the Geoscience Laser Altimetry
System (GLAS) aboard the Ice, Cloud, and land Elevation Satellite (ICESat) to
estimate basal melt at the front of the Ross Ice Shelf. Since its deployment in
January 2003, data from GLAS ICESat has been used to address a multitude of
ice-shelf processes, including: rifting (Bassis et al., 2005; Fricker et al., 2005),
tidal motion (Padman and Fricker , 2005), grounding line behavior (Fricker and
Padman, 2006; Horgan and Anandakrishnan, 2006), and thickness changes (King
et al., 2009). The study presented here was prompted by the pronounced decrease
in surface elevations observed on the ice shelf as the calving front is approached.
The elevation change is more apparent in regions of the ice-shelf front where calving
has not recently occurred than in regions where the ice shelf has recently calved,
indicating that the surface profile is perhaps related to both proximity to, and
duration at, the ice front.

4.2

Data and Methodology

ICESat’s orbit extends to 86◦ south, and processed surface elevation picks for
grounded ice have a precision of ±14 cm (Shuman et al., 2006). On floating ice,
elevation uncertainties can increase to ±2 m due to erroneous ocean tide corrections (Shuman et al., 2006). We remove this added uncertainty by averaging local
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sea-level within the polynya at the ice-front for each of the ICESat tracks (in a
manner similar to Scambos et al. (2005)). We then difference this sea-level elevation from the ice-shelf elevation resulting in tide-free estimates of freeboard (the
height of the ice shelf above sea level). Receiver saturation, due to automatic gain
increases applied in order to penetrate cloud cover, is accounted for by applying
saturation corrections distributed with GLAS ICESat data. Data contaminated by
clouds were removed using a high-gain cut, and gains were visually inspected when
selecting suitable tracks. The resulting freeboard estimates (h) were converted to
thickness (H) using the hydrostatic assumption whereby:
H =h+

ρi h
− fc ,
ρw − ρi

where ρi denotes the density of ice = 910 kg m−3 , ρw denotes the density of sea
i
),
water = 1028 kg m−3 , and fc denotes the firn correction, which equals ha ( ρwρ−ρ
i

where ha equals the height equivalent of the air content of the firn. Here we use
a fc of 15.5 m after Bamber and Bentley (1994). However, as we are addressing
absolute changes, which we interpret to be occurring at the base of the ice (where
we assume density to be constant and 910 kg m−3 ) the firn correction is somewhat
arbitrary for the analysis presented here.
For repeat observations, ICESat tracks were pinned to the ice front and comparisons made between the same distance from the front. This was considered
more desirable than pinning to features such as crevasses as GLAS ICESat tracks
are rarely parallel to velocity vectors and both are rarely perpendicular to surface features. The ice front was therefore considered the most reliable point of
commonality. In order to check the validity of this assumption, the Moderate
resolution Imaging Spectro-radiometer (MODIS) Mosaic Of Antarctica (MOA)
imagery (Haran et al. (2005)) was used to ensure that no significant calving had
occurred between ICESat periods; however, some small-scale spalling may have
occurred. (A discussion of the uncertainty associated with this method is presented in Section 4.4.1.) We compare laser periods; 2A, 2B, and 2C, to the more
recent laser periods; 3G, 3H, 3I, and 3J (for observation periods see Table 4.1).
For each track a best pair was selected on the basis of data completeness and
the longest time (dt) between laser periods. This resulted in an average dt of 3.5
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years. Major crevasses were edited from the profiles during processing; however,
smaller crevasses survived the editing process. After conversion to thickness, a
rate of thickness-change (dH/dt) was obtained by dividing the change in thickness
between the repeated ICESat tracks by the time between laser periods. The angle
between the track profile and the ice front was calculated and used to convert
distance along-track to distance from the front (x). Finally, published estimates of
accumulation rate, spreading rate, and changes in firn thickness were used to convert dH/dt to basal melt rates (Ṁb ) (details of which are provided in Section 4.4).
As melt-rate estimates are complicated by the influence of sastrugi and crevassing,
averaging multiple profiles was deemed to be the most suitable method of analysis.

4.3
4.3.1

Observations
Spatial patterns

Ice-shelf surface elevation decreases exponentially approaching the front of the
Ross Ice Shelf (Figure 4.2). This decrease begins several tens of kilometers back
from the front and is distinct from the elastic plate-bending phenomenon that
occurs within a few ice thicknesses (< 1 km) of the front (Reeh (1968); Hughes
(2002); Scambos et al. (2005)). Such a spatial trend in surface elevation must
result from one of, or a combination of, the following: decreasing accumulation
along flow, increasing firn compaction along flow, decreased velocity along flow
(whereby more time is spent in the melt zone), increased spreading along flow, or
increased basal melting along flow. We favor the last of these explanations, and
eliminate the others for the following reasons. Precipitation and accumulation are
expected to remain approximately constant in this terrain over these length scales
(slopes of < 0.1◦ and distances of 10s of kilometers) or, if changing, increase with
proximity to the open ocean (as observed by Heap and Rundle (1964)), not decrease
as the surface elevation profile would require. The possibility exists that wind
redistribution near the ice shelf front results in a decrease in accumulation as the
front is approached; however, we again consider this unlikely over this length scale.
Firn compaction is influenced by temperature and accumulation rate. We also
consider firn compaction to be spatially uniform over the length scales addressed
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Figure 4.1. The Ross Ice Shelf as imaged by MODIS MOA (Haran et al., 2005).
GLAS ICESat tracks used in this study are overlain at the ice shelf front. The ice
shelf grounding line is shown in black, and the inset shows the regional location. The
projection is polar stereographic with the true scale at 71◦ South. ICESat track T1331
(Figure 2) is indicated.

here and discount it accordingly. Velocity on the ice shelf increases along flow,
contrary to the decreased velocity required to produce the decrease in surface
elevation. Spreading is expected to decrease along flow due to its proportionality
with the cube of freeeboard (Paterson (1994)) and is therefore discounted. In
Section 4.4 we test our hypothesis of increasing basal melt-rate along flow by
examining temporal changes in surface elevation, and examine the influences of
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Figure 4.2. GLAS ICESat elevation profiles for track T1331 (location Figure 1) laser
period 2A (black) and laser period 3H (gray) plotted against distance from the front
(uncorrected for track angle).

other components of the ice shelf’s mass balance and dynamics.

4.3.2

Temporal patterns

Temporal elevation patterns show decreasing elevations over the ∼ 3.5 year period
of observation. Most profiles demonstrate greater elevation decreases (dh) at the
ice front (x=0), and elevation change magnitude decreasing with distance from
the front. By converting the elevation changes to thickness change per year, and
averaging the estimates within 1 km bins, a clear pattern of exponential thickness
change, increasing towards the front, emerges (Figure 4.3 top). (As we have not
yet accounted for accumulation rate, spreading, or firn compaction, we do not yet
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Table 4.1. GLAS ICESat Laser Periods

Laser
Laser
Laser
Laser
Laser
Laser
Laser
Laser

2A
2B
2C
3G
3H
3I
3J

Start date
2003-09-24
2004-02-17
2004-05-18
2006-10-25
2007-03-12
2007-10-02
2008-02-17

End date
2003-11-18
2004-03-21
2004-06-21
2006-11-27
2007-04-14
2007-11-05
2008-03-02

term these changes melt-rates.) Within the front one-kilometer, thickness changes
of 3.3 ± 1.0 m a−1 are observed, while the second kilometer back from the front
exhibits a rate of 2.9 ± 0.8 m a−1 . The most rapid variation occurs within the
front 5 km. Within the range of 50 to 60 km back from the front, the thickness
change has decreased to an average of 0.6 ± 0.8 m a−1 . (see Section 4.4.1 for a
discussion of uncertainties.).

4.4

Melt rates

In order to address melt-rates (Ṁb ) we must first account for accumulation rate
(Ṁs ), strain rate (˙x ), and changes in the firn depth (f˙), all of which can cause
thickness changes. Accumulation rates from Arthern et al. (2006) were converted to
a dH/dt correction using an ice density of 910 kg m−3 . The applied accumulationrate corrections average -0.17 ± 0.01 m a−1 (where the uncertainty represent the
1-σ distribution about the mean correction). So as to ensure that the coarse
resolution of Arthern et al. (2006) was not under-sampling the front of the Ross Ice
Shelf, the North–South accumulation-rate transect of Heap and Rundle (1964) was
examined. Heap and Rundle (1964) found a positive south to north accumulationrate gradient along the 165◦ W meridian. Between their two northernmost stations
(mile markers 52 and 90, which is approximately equal to the distance of the
observations from the ice front) this gradient was approximately 1 kg m−2 km−1 .
We consider this gradient negligible as it represents an annual accumulation-rate
induced thickness gradient (dH/dx) of approximately 1 mm km−1 and is contrary
to the trend required to produce the observed thickness change. It is however
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possible that this gradient becomes more pronounced closer to the front, in which
case our Ṁb estimates are biased towards lower melt than is actually occurring.
A constant strain-rate (˙x ) of 0.001 a−1 was applied to the calculated ice thicknesses. This strain rate is consistent with observations from the front of the Ross
Ice Shelf (e.g. Thomas et al. (1984); Alley et al. (2008)). As spreading is proportional to the cube of ice-shelf freeboard (Paterson (1994)), it is possible that our
use of a uniform-rate overestimates the influence of spreading at the front. In the
case of overestimation we would be biasing our results towards lower melt-rates as
the front is approached, contrary to the increase in melt-rates observed. However,
the influence of a decrease in thickness may be offset by the unconfined boundary
at the front. Velocity fields obtained using InSAR and speckle-tracking techniques
(Joughin (2002, 2008)) were examined to determine the suitability of such an approach. Although the remotely-sensed velocity data span rifting-events, and are
therefore noisy near the front, they indicate that changes in strain rate are not the
cause of the thickness changes we observe. We consider our use of a constant rate
to be the clearest means of applying a strain-rate correction. The applied dH/dt
corrections average +0.60 ± 0.05 m a−1 (where the uncertainty again represents
the 1-σ distribution of the spreading-rate correction about its mean).
For the Ross Ice Shelf, Helsen et al. (2008) model surface elevation-changes due
to firn depth variations of +2 to +4 cm yr−1 . These changes are largely driven by
a positive accumulation anomaly on the Ross Ice Shelf but also take temperature
changes into account (Helsen et al., 2008). These influences are regional, and
we account for them by applying an across-the-board elevation-change (dh/dt)
correction of +0.03 cm a−1 (from Helsen et al. (2008)), which we subtract from the
initial surface-elevation change estimates. This translates into a dH/dt correction
of +0.26 m a−1 .
The corrected melt-rates stacked for all profiles along the front are shown in
Figure 4.3. The front 1 km exhibits a melt rate of 2.7 ± 1.0 m a−1 , which drops to
2.3 ± 0.8 m a−1 by the second kilometer back and 1.2 ± 0.8 m a−1 by 5 km back.
(Uncertainties have been obtained from the standard error of the mean in each
bin. See Section 4.4.1 for a detailed discussion of uncertainties.) The switch from
melt-dominated to accretion-dominated occurs at approximately 40 km: however,
rates are effectively zero within the 40 km to 60 km range. The entire profile is
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best fit by the exponential Ṁb = 2.1e−x/11800 m a−1 and the front 10 km is best fit
by Ṁb = 3.0e−x/5.0 m a−1 .

4.4.1

Uncertainties

Assuming the hydrostatic conditions outlined in Section 4.2, the elevation uncertainty of ±0.14 m per observation (Shuman et al. (2006)) results in a total dH
uncertainty of ±2.6 m. Converting this uncertainty to a dH/dt uncertainty (based
on an average observation period of 3.5 ± 0.5 a) we obtain ±0.7 m a−1 . However,
additional uncertainty is introduced by the movement of the ice shelf relative to
the ICESat tracks. ICESat orbits repeat their ground tracks precisely (typically
within several hundred meters); however, the ice shelf is moving relative to the
tracks, so the same surface locations on the ice shelf are not repeated. The initial observations sample transects that are subsequently advected down-flow, and
later observations sample transects from upflow of the initial observation. This
results in a mismatch of small scale surface features, such as crevassing or sastrugi,
that may themselves propagate or migrate independently of the flow direction.
This mismatch is subsequently converted into a difference in ice-thickness, contaminating our thickness-change estimates. Here, we pin tracks to the ice front,
which leads to tracks being compared across a distance of v × t × sine(α), where
v denotes flow velocity, t denotes time between observations, and α is the angle
between the track orientation and flow direction. The resulting noise, or uncertainty, is random; the variance of the binned thickness-change estimates exhibits
a standard normal-distribution with an average standard deviation of 2.1 m a−1
and an average of 264 observations per bin. We interpret the standard error of the
mean within each bin as our experiment error. We combine this standard error
with the observational uncertainty of ±0.7 m a−1 to obtain our total uncertainty.

4.4.2

Spatial distribution of melt

As individual profiles were too noisy to address the spatial distribution of melt
rate along the front, melt-rate profiles were binned into five zones. These zones
were selected based on calving history (or a lack thereof). The Ross Ice Shelf
advances at an average rate of 0.8–0.9 km a−1 (Jacobs et al. (1986); Keys et al.
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(black circles) with standard error plus observation uncertainties and best fitting exponential (light gray line) for the entire Ross Ice Shelf. Bottom: corrected melt rate
estimates.
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(1998)) and maintains a steady frontal position through sporadic calving events,
which release large tabular-bergs often equivalent to many decades of advance
(Keys et al. (1998)). Within the last 20 years, calving events have occurred along
all but a small section of the ice front. In October of 1989, B-9 calved from the
front section to the east of Roosevelt Island (Keys et al., 1998). B-9 was followed
by over a decade of calving-free advance ending in the April 2000 calving of B-15
– measuring 300 km long by 40 km wide – which calved the front from Roosevelt
Island to ∼177◦ W (Martin et al. (2007)). At approximately the same time as B-15,
the same section of the front that produced B-9, calved B-17 (Martin et al., 2007).
In May of 2002, the calving of the small C-18 iceberg (∼ 6 km by ∼ 70 km) between
177◦ E–180◦ E was swiftly followed by the calving of the ∼30 km by ∼200 km C-19,
which calved between 170◦ E–177◦ E (Martin et al., 2007). These calving events
left the portion of the front between 177◦ W to 180◦ W, termed Nascent Iceberg by
MacAyeal et al. (2006), as the only region that has not experienced calving for >
20 years. Here, we divide the front into the following zones, east and west B-15,
Nascent, east C-19 (which includes C-18 and a portion of C-19), and west C-19.
Zonal melt rates are compared in Figures 4.4–4.5, where binned averages and
best fitting exponentials are presented. The different zones exhibit remarkably
similar profiles, indicating little variation in melt-rate along the Ross Ice Shelf
front. However, the best-fitting exponentials for the average melt profiles in zones
B-15 east and west (B15E and B15W) and C-19 west (C19W) exhibit shorter efolding lengths than the Ross Ice Shelf average. These are the zones that have
experienced the greatest degree of calving in the recent past. Zones Nascent and
C-19 east (C19E), which have been subject to the least calving, exhibit greater
e-folding distances than the Ross Ice Shelf average. In other words, Nascent and
C-19 east demonstrate a gentler roll-off in their melt profiles while zones B-15 east
and west along with C-19 west exhibit steeper melt rate gradients with distance
from the front. This tentatively suggests a relationship between melt and calving
history, which is likely due to some by-product of calving such as the draft or the
basal slope.
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Figure 4.4. Ross Ice Shelf average melt-rate (black circles) plotted with zonal melt
rate estimates (gray circles). Uncertainties are standard error of the binned average plus
observation uncertainty. Right hand plots show normalized frequency and profiles used
for each zone (grey) (polar stereographic projection).
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4.5

Discussion

4.5.1

Total melt

The front of the Ross Ice Shelf is approximately 760 km long, and the total area
of floating ice is ∼460 200 km2 (as measured from MODIS MOA imagery (Haran
et al., 2005). By our estimates, melt produced within the front 40 km from 2003
until 2008 totals almost 17 km3 a−1 (Figure 4.6). Previous estimates of the total
melt produced beneath the Ross Ice Shelf typically range from an area average melt
rate of 0.1–0.25 m a−1 (Shabtaie and Bentley, 1987; Loose et al., 2009; Smethie and
Jacobs, 2005; Assmann et al., 2003). (We note that some previous estimates have
omitted the contribution of melt near the front.) Converting these rates to volume,
we estimate that melt at the ice front is contributing between 15% and 51% of the
total melt budget. A comparison of area-average melt rates and percentage of total
melt is presented in (Figure 4.6).

4.5.2

Melting and calving

The surface elevation profile, and therefore the thickness profile, not only represents the melt history but also the calving history. This is demonstrated in
Figure 4.7, where schematics are presented for varying melt durations and calving
scenarios. A long period with no calving naturally results in the most pronounced
roll-off towards the front. The greater the width calved from the front, the more
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the thickness profile is reset and the basal-slope feedback removed. Such a reset
occurred in the case of B-15, which after calving had a north-side thickness of
∼150 m and a south-side thickness of ∼280 m (Martin et al., 2007). The evolution
of the surface and thickness profile is demonstrated in Figure 4.7, where after 60
years of melt and no calving, the ice shelf exhibits a frontal thickness of ∼146 m
paired with a thickness of ∼276 m 40 km back, while after 80 years of melt and
no calving, the frontal thickness is ∼105 m and the thickness 40 km back is ∼275
m. It appears that prior to April 2000, the region of the front encompassing B-15
had not experienced significant calving since at least 1962 (Keys et al., 1998).

4.5.3

Melt mechanism

The consistent pattern of melt along the Ross Ice Shelf front suggests that frontal
melt is controlled by a process that is largely spatially-uniform. The exponential
melt profiles suggest a governing process related to distance from the front, either
due to proximity to the open ocean or due to other parameters coincident with
distance, such as basal slope or draft. We suggest two mechanisms that may result
in the observed exponential decay of melt-rate with distance. In the first, tidalmixing circulates water with a constant thermal-driving beneath the front of the
ice shelf. Tidal action results in both tidal-rectification currents and elliptical tidalexcursions, and tidal-excursion ellipses are largely perpendicular to the ice fronts
in both models and observations (MacAyeal , 1984b; Makinson and Nicholls, 1999).
Tidal excursion therefore offers a mechanism by which water from the open ocean
can be circulated beneath the ice front and then returned to the open ocean at
diurnal and semidiurnal timescales. The distance-dependence of melt rate due to
tidal mixing may be due to a reduction in flux, or thermal driving, with distance.
A similar process could occur in response to wind-forcing or storm surges.
As a second mechanism we consider a mini-gyre, whereby water is circulated
beneath the front at depth, returning along the ice–water interface. Such a mechanism is presented by MacAyeal (1985) in support of the findings of Jacobs et al.
(1985). We model a rising plume following the approach used by Jenkins (1991).
This one-dimensional plume model is used by Jenkins and Doake (1991) to describe the ice-pump mechanism, which is thought to drive much of the circulation
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Figure 4.7. Schematic showing melting profiles for varying time durations and calving
scenarios. Top figure shows melting at 20 year increments with no calving. Bottom figure
shows 3 calving scenarios (10, 30, and 40 km events) after an initial 80 years of melt
followed by 20 years of addition melt. The initial ice-shelf profile is from Van der Veen
(1986), accumulation and spreading rate are assumed to sum to zero, and the shape of
the melt profile is kept constant and pinned to the ice front.

beneath ice shelves (Robin, 1979). The ice-pump is driven by dense High Salinity Shelf Water (HSSW), which is formed through brine rejection during sea-ice
formation (Lewis and Perkin, 1986). In the ice-pump, HSSW sinks and flows downslope beneath the ice shelf to the grounding line. Once at the grounding line the
HSSW has acquired thermal driving due to the pressure dependence of melt (the
freezing point of sea water is depressed by approximately 0.75◦ C per kilometer;
Fujino et al. (1974)). The HSSW proceeds to melt ice at the grounding line before
freshening and ascending the base of the ice as Ice Shelf Water (ISW), entraining
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additional HSSW, as it does so. Eventually the ascending water may super-cool,
resulting in basal accretion, and it may obtain neutral buoyancy and detach from
the base of the ice. Our mini-gyre forms above this detachment. Following Jenkins
(1991), the plume is treated as a homogenous boundary-layer flowing along the ice
surface, entraining ISW and HSSW through tidal mixing and/or, turbulence. The
plume may also entrain Antarctic Surface Water (AASW) and Modified Circumpolar Deep Water (MCDW; Circumpolar Deep Water (CDW) modified by Antarctic
Surface Water) (Smethie and Jacobs, 2005). As the plume is buoyancy driven,
the steeper the basal slope the greater the plume’s velocity. Higher velocities lead
to a higher degree of turbulent mixing, which results in higher melt-rates. The
higher melt-rates steepen the basal profile leading to a positive feedback. In the
plume model, the pattern of melting is generated by the increased mixing and
entrainment resulting from the increasing basal slope as the front is approached.
Applying the plume model to smoothed thickness profiles (Figure 4.8), which
were obtained by averaging within the frontal zones, results in the melt rates presented in Figure 4.9. A thermal-driving of -1.5◦ C is considered most appropriate
following the observations of Pillsbury and Jacobs (1985) and Smethie and Jacobs
(2005). The melt-rate profiles generally fit the observed exponential increase towards the front with the greatest melt rates observed at the front of the Nascent
zone, which also displays the most gradual decrease in melt rate with distance.
The B15W and C19E zones demonstrate the steepest change in melt profile with
distance from the front, in keeping with the short e-folding distances we observe
in our melt estimates (Figures 4.4–4.5).
Some spatial variability in melt rate is observed along the front, which appears
to correlate with calving events. We suggest that this correlation is due to the
recently calved regions having relatively deep-draft and low-slope basal profiles
near the front, compared to those that have not recently calved. This may be
resulting in shorter mixing-distances in the calved zones (B15E, B15W and C19W)
than in the non-calving zones (Nascent and to a lesser extent C19E). The difference
between B15E and B15W is not explained by this theory, especially if we consider
that an additional calving event occurred in the B15E zone sometime between
1911 and 1962 (Keys et al., 1998). We acknowledge that any correlation of melt
rate with calving events may be coincidental with differences in melt profile along
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Figure 4.8. Smoothed thickness profiles used in plume modeling (Figure 4.9). Average
thickness profiles within zones were approximated using a polynomial fit.

the front instead due to differences in circulation patterns and/or, seasonal surface
temperature along the front.
In a second modeling scenario, we demonstrate the evolution of the ice shelf
basal profile and melt rate by beginning with the exact solution for a floating ice
tongue (Van der Veen, 1986). We run the plume model with a background tidalmixing melt signal, which we approximate by using the exponential fit obtained
within the front 10 km for the B-15 west profile (Ṁb = 5.1e(x/2800) m a−1 ). This is
justified by the calving of B-15 in 2000. At 40 km wide, the calving of B-15 returned
the basal profile to as close to the starting profile as is likely to occur (although
we do have a 3 year gap between calving and the start of our observations). We
run the model with a range of prefactors for the tidal mixing exponential (10%,
25%, 50%, and 100%, Figure 4.10). While, our modeling approach is simplistic,
it replicates the evolution of the ice-shelf front. As melt continues the e-folding
distance of the melt profile increases.

4.5.4

The effects of warming

Increasing seasonal warming of waters and subsequent increases in frontal melt
rates are one means by which the mass balance of polar ice shelves, and therefore
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Figure 4.9. Plume model melt-rate result using average thickness profiles from Figure 4.8. Note that the melt-axis scales are different. Different colors represent different
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ice sheets, can be modified. High Salinity Shelf Water generated by brine rejection
during sea-ice production is fixed at the surface freezing point ∼-1.9◦ C (as pointed
out by MacAyeal (1984a)). Infiltration of Circumpolar Deep Water requires reorganization of southern ocean circulation patterns in order to infiltrate the continental
margins of Antarctica (Jacobs, 2006). But increasing surface temperatures during
the southern summer months will almost certainly increase frontal melt-rates for
the Ross Ice Shelf (Figure 4.9). If this were to happen to a degree whereby contact
is lost with pinning points such as Roosevelt Island, the effect has the potential to
greatly alter the configuration of the ice shelf and, as a direct result of a reduction
in ice shelf buttressing, lead to increased draw-down of the ice sheet. Furthermore,
the distribution of melt beneath an ice shelf also affects the buttressing potential.
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Basal melt close to the grounding line, such as that reported by Rignot and Jacobs
(2002), leads to a greater reduction in buttressing than distributed melt (Walker
et al., 2008). In the case of frontal melt, the melt is less significant for buttressing,
unless it serves to dislocate the ice shelf from marginal pinning points.
A comprehensive summary of modeling studies addressing the relationship between increases in ocean temperature and ice-shelf basal melting is provided by
Holland et al. (2008). Through their own model investigation, Holland et al. (2008)
demonstrate that increasing ocean temperatures proximal to an ice front not only
increases the temperature contrast beneath, it also results in higher flow-velocities
in the sub ice-shelf waters, and this combination results in a quadratic increase in
basal melt-rate with increasing ocean-temperature. Holland et al. (2008) address
whole ice shelf studies at a necessarily coarse resolution, and their model does
not include elements such as seasonality and tidal-mixing, which, considering our
findings, may be appropriate for investigating the influence of warming.

4.6

Summary and conclusions

GLAS ICESat laser altimetry data reveal an exponential spatial-decrease in iceshelf surface elevation as the ice front is approached. This elevation trend appears
more pronounced in regions that have not recently calved than those that have
recently calved. Repeat ICESat track analysis results in surface elevation change
estimates, which are interpreted as thickness changes and converted to basal-melt
estimates using assumptions of accumulation rate, spreading, and firn depth migration. These basal melt estimates reveal an exponential increase in basal melt rate
as the front is approach with a maximum melt-rate of 2.7 ± 0.9 m a−1 observed in
the front kilometer. The front 60 km is best fit by Ṁb = 2.1ex/11800 m a−1 . Frontal
melt is thought to be due to the influence of tidally-mixed warm water beneath
the ice front. We suggest that melting due to tidal mixing is amplified by plume
ascension and entrainment. Within the front 40 km of the ice shelf ∼17 km3 of
melt are produced annually, making these processes a significant contributor to
the overall mass balance of the ice shelf, and therefore the ice sheet.

Chapter

5

Complex Fabric Development
Revealed by Englacial Seismic
Reflectivity - Jakobshavn Isbræ,
Greenland
High-resolution reflection seismic data from Jakobshavn Isbræ, Greenland, reveal complex fabric development. Abundant englacial reflectivity occurs for approximately half the thickness of the ice (the lower half ),
and disruption of the englacial reflectors occurs in the lower 10–15%
of the ice-thickness. These depths correspond to the higher impuritycontent, and more easily deformed, ice from the Younger Dryas and
Last Glacial Maximum to Stage-3. We conclude that the reflectivity
results from contrasting seismic velocities due to changes in the crystal
orientation fabric of the ice, and suggest that these fabric changes are
caused by variations in impurity loading and subsequent deformation
history. These findings emphasize the difference between ice-divide and
ice-stream crystal orientation fabrics and have implications for predictive ice sheet modeling.
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5.1

Introduction and Data

Jakobshavn Isbræ highlights the uncertainty surrounding the role of ice dynamics
in ice-sheet decay and sea level rise – Greenland is thinning around the margins,
and Jakobshavn has recently experienced large accelerations in flow speed (Alley
et al., 2005; Thomas et al., 2003; Joughin et al., 2004). Jakobshavn is Greenland’s
fastest glacier, with speeds of up to 12,600 m a−1 observed in 2003 (Joughin et al.,
2004), and it drains approximately 6.5% of the Greenland Ice Sheet (Echelmeyer
et al., 1991). In our study area (Figure 1), the ice is flowing towards the deep main
trough of Jakobshavn Isbræ at ∼ 200 m a−1 , and driving stress averages ∼ 200
kPa.
Internal deformation dominates Jakobshavn Isbræ’s motion within the deep
central trough and contributes significantly outside the trough (Echelmeyer et al.,
1991; Iken et al., 1993; Funk et al., 1994; Lüthi et al., 2002), although basal sliding
and subglacial deformation doubtlessly contribute. Here we present active-source
seismic data that image the internal structure at a location ∼ 85 km upstream of
the grounding line of Jakobshavn Isbræ, providing an unprecedented view of fabric
development within this glacier.

5.1.1

Data acquisition

Multichannel-seismic-data were acquired in May 2007 along two orthogonal profiles, 10 km and 6 km long, oriented parallel and perpendicular to the flow of the
glacier, respectively (Figure 1). The seismic sources were provided by the detonation of 500 g of PETN (pentaerythritol tetranitrate) at a depth of 10 m below the
surface. Twenty-four vertical-component geophones were placed at a spacing of 20
m along the profiles. The minimum and maximum shot–receiver offsets were 10 m
and 470 m, respectively. We used 28-Hz single-component geophones for recording
all data, except for the downstream 2 km of the longitudinal profile, where 40 Hz
“georods” were used instead. (A georod is an instrument developed specifically for
recording in snow and firn, and consists of 4 geophone elements spaced vertically
20 cm apart in a high-density plastic housing.) The shot spacing was 160 m for the
longitudinal profile and 240 m for the transverse profile (resulting in a nominal fold
of 1.5 and 1 respectively). Data were recorded on a Geometrics Geode system with
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simultaneous shot triggering and data recording enabled by GPS synchronization.
The dominant frequencies in our data of 50–200 Hz result in a quarter-wavelength
vertical resolution of ∼ 5–20 m.

5.1.2

Data processing

The data were edited to remove noisy and bad traces. Frequency filtering was
applied with a band–pass of 20 to 300 Hz. Despiking was applied to remove noise
due to crevassing events, which were apparent in the data as steeply-dipping linear
arrivals. The shot data were then amplitude-balanced, normal-moveout corrected
at a velocity of 3830 m s−1 , and sorted to common-depth-point gathers prior to
stacking. No deconvolution was applied to the data because of the impulsive source
and reflection signatures. Automatic-gain control was applied prior to plotting and
in some cases the bed reflection was muted (e.g. Figure 2, inset) in order to better
display the relatively lower amplitude englacial reflectors.

5.1.3

Profile descriptions

The longitudinal profile (Figure 2) shows englacial reflectivity in the lower half of
the ice. Reflections may be present above this depth but if so they are masked
by the source-generated noise. The englacial reflections are smooth and bedconformable at long wavelengths, and are continuous along our profiles (the disruption at km 4.5 is due to low signal-to-noise ratio). Nearer the bed, one reflection
has a markedly different character to the overlying internal reflectors: it is of low
frequency and high amplitude. This low-frequency arrival is at an average height
above the bed of 270 ± 40 m or ∼ 15% of the ice thickness of 1830 ± 110 m. (All
thicknesses were calculated using a constant ice velocity of 3830 m s−1 determined
from the relationship of Kohnen (1974) and assuming an average temperature
of −15◦ C. Uncertainties represent the one standard-deviation distribution of the
thickness along the profile.) Below the low-frequency reflector there is a relatively
transparent layer (which is not due to auto-gain-control shadowing) followed by a
series of discontinuous and chaotic internal layers throughout the lowest 190 ± 30
m (∼ 10%) of the ice.
The transverse profile (Figure 3) matches the englacial reflectivity of the longi-
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Figure 5.2. The longitudinal multichannel seismic profile jakl1. The left axis shows
two-way travel-time, while the right axis shows depth converted at an ice velocity of 3830
m s−1 . The horizontal axis shows distance along the profile in km. Flow is from right to
left, and the transverse profile crosses at ∼ 5 km. Inset: zoom on the internal reflectivity
near the bed of jakl1; an end mute has been applied to keep the high-amplitude bed
arrival from masking the internal reflectors in the basal layer.

tudinal profile but the horizontal wavelengths of the layer undulations are shorter.
The length-to-amplitude ratio for the longitudinal profile is ∼ 200 : 1, and for the
transverse profile is ∼ 30 : 1. In the transverse profile, the reflectivity is generally
bed-conformable. As in the longitudinal profile, both the deep low-frequency arrival and the disturbed layer near the bed are present. The low-frequency arrival
averages 260 ± 30 m off the bed (14% of the ice thickness of 1850 ± 40 m) and the
disturbed layer is the lower 170 ± 30 m (9% of the ice thickness).
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5.2
5.2.1

Discussion
The origin of englacial reflectivity

Observations of englacial seismic reflectivity have been made in Antarctica, where
they have been variously attributed to the entrainment of basal sediment (Bentley,
1971; Smith, 1996) or to changes in crystal orientation fabrics (Blankenship and
Bentley, 1987; Anandakrishnan, 1996; Burkett, 2000).
The seismic reflection coefficient is determined by contrasts in acoustic impedance (z), which is the product of density (ρ) and velocity (v) (z = ρv). The density
of ice is relatively constant at these depths (> 900 m) (e.g. Gow et al. (1997)) and
entrained rock is unlikely: debris is only observed in the very lowest 10’s of meters
at the ice divide (Gow et al., 1997) and there is no transport mechanism known
to be capable of entraining material higher up in the ice column. Furthermore,
debris is not observed far above the bed in icebergs or boreholes. The seismic
velocity of ice can vary due to a number of reasons, which we detail below. Seismic
velocity (Vp ) is weakly dependent on temperature (T ) (Vp = −(2.30±0.17)T+3795
m s−1 ; Kohnen (1974)). However, even the high temperature-gradients observed in
boreholes near our study area (Iken et al., 1993; Lüthi et al., 2002), are insufficient
to produce discernible velocity contrasts. Velocity is, however, highly anisotropic
in single-crystal ice, with 5% differences observed between the slow a and the fast
c-axis (Röthlisberger , 1972). Glacier ice can range from isotropic to nearly singlecrystal anisotropy (e.g. Blankenship and Bentley (1987); Anandakrishnan et al.
(1994)). We propose that contrasting degrees of anisotropy, brought about by
variations in crystal orientation fabric, are responsible for the observed reflectivity.

5.2.2

Crystal orientation fabric

Typically, near the surface in the center of an ice sheet, the c-axis distribution
is random or weakly clustered about the vertical (e.g. Diprinzio et al. (2005)).
With increasing depth, c-axes are typically rotated to the vertical (by vertical
compression or bed-parallel simple shear) or toward a vertical plane (by vertical
compression with convergent flow (e.g. Wang et al. (2002))). Near the base of
an ice sheet, recrystallization can result in a return to a dispersed c-axis distri-
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bution within a cone angle of ∼ 30–35◦ (Alley, 1988; Budd and Jacka, 1989).
Under strong basal shear, recrystallization may create multi-pole fabrics that are
not symmetrical about the vertical (Kamb, 1972). Recrystallization is favored by
higher temperatures, higher strain rates, and lower impurity (dust) loading, which
together create new strain-free nuclei, the driving stress for growth of those nuclei,
and the ability for boundaries of those nuclei to migrate into strained ice (Alley
et al., 1995; Budd and Jacka, 1989). In the event of contrasts in impurity loading,
c-axis-vertical fabrics in fine-grained impure ice are found adjacent to recrystallized
fabrics in coarser-grained, purer ice (e.g. Gow and Meese (2007)).
In order to fit the observations of internal reflectivity made here, we require
the fabric to successively switch from one style to another down through the ice
column. Such switching is not commonly observed in ice cores but is not unknown
(e.g. Gow et al. (1997); Wang et al. (2002); Diprinzio et al. (2005); Gow and Meese
(2007)). The viscosity of an ice crystal is dependent on the crystal orientation
and small variations in fabric will be amplified with increasing strain as favorably
oriented crystals deform more easily (e.g. Alley (1988)). Variations in impurity
loading, which at ice divides often do not manifest themselves as fabric variations,
would respond differently to strain as they travel down-flow from the ice divide,
eventually resulting in the fabric variations we interpret here.

5.2.3

Deforming basal layer and the Holocene–Wisconsin
transition

An age–depth relationship (Figure 3 inset) was obtained from Funk et al. (1994)
and verified by extending the internal layer tracing of Legarsky and Gao (2006) and
Gao (2006). Based on the age-depth relationship, on the considerations outlined
above, and on knowledge of the impurity loading history of Greenland (Mayewski
et al., 1993; O’Brien et al., 1995), we suggest that the low-frequency arrival corresponds to the bottom of the Younger Dryas stadial ice, with predominantly
vertical c-axes, overlying purer Bølling-Allerød interstadial ice. The deeper zone
of disrupted reflectors would then correspond to relatively impure Last Glacial
Maximum (LGM) to Stage-3 ice, and might possibly record the effects of changes
in impurity loading associated with Dansgaard-Oeschger events on the c-axis fab-
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rics. The disruption in the basal layer is at least potentially similar to the deep
disruption of layers in central Greenland cores related to ice flow processes (e.g.
Alley et al. (1997)).
Boreholes adjacent to and within the main trough of Jakobshavn have provided direct observations of the temperature structure and deformation (Iken et al.
(1993); Funk et al. (1994); Lüthi et al. (2002, 2003), see Figure 1 for locations).
In the ice sheet, Lüthi et al. (2002) observed enhanced deformation in a basal
layer 150 m thick (∼ 18% of the ice thickness), the top of which they correlated
with the transition between Holocene and the relatively impure Wisconsin age
ice. Lüthi et al. (2003) also hypothesize that thrust-faulting is occurring at the
Holocene–Wisconsin interface. By matching borehole conductivity profiles, Lüthi
et al. (2002) infer that a thicker layer of pre-Holocene ice exists within the main
trough of Jakobshavn. This thicker layer should be resolvable using seismic reflection techniques.
The internal reflectivity above the low-frequency arrival occurs in relatively
pure Holocene ice, the reflections are low amplitude, and we suggest they result
from one or a combination of the following: i) The impurity loading in Holocene ice
is low but is not constant (O’Brien et al., 1995), so dirtier ice may be holding the
c-axis vertical while cleaner ice is recrystallizing; ii) Thin regions of high impurity
loading related to volcanic events (Zielinski et al., 1996) may be resulting in a correspondingly strong c-axis preference (similar to that observed by Gow and Meese
(2007)), and corresponding reflection events; or iii) We may be imaging cyclicbehavior whereby c-axis orientations tend toward the vertical, strain accumulates,
recrystallization occurs, and the cycle repeats. We know of no reports of similar
internal reflectivity, which is almost certainly due to changes in c-axis fabric, from
elsewhere on ice sheets, nor do we know of any prediction of the occurrence of such
features. Understanding this new phenomenon may provide new insights into ice
deformation and prove important for predictive ice sheet modeling.

5.3

Summary and Conclusions

Complex fabric development is interpreted upstream on Jakobshavn Isbræ, Greenland, using active-source seismic methods. Englacial reflectivity is observed along
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two orthogonal profiles totaling 16 km in length. The englacial reflectivity has a
long spatial-wavelength and is bed-conformable in the along-flow direction, while
the reflectivity has a shorter spatial-wavelength perpendicular to flow. We argue
that the reflectivity results from successive changes in crystal orientation fabric.
In turn, these contrasting fabrics are thought to result from contrasts in impurity
loading and subsequent differing responses to strain. A prominent reflector corresponds to impure Younger Dryas aged ice, and the discontinuous and chaotic
reflectors near the base correspond to LGM to Stage-3 ice, where enhanced deformation is occurring. These results have particular importance for studies of fabric
development and predictive ice sheet modelling.

Chapter

6

Summary and Outlook
We have presented a series of hypotheses, observations, and interpretations addressing the Siple Coast’s grounding line, basal mass-balance
of the Ross Ice Shelf, and crystal orientation fabrics within streaming
ice from Jakobshavn Isræ. Here we briefly summarize our findings and
comment on the relevance of recent discoveries. We finish with an outlook to future work.

6.1

The Grounding Line

The grounding line is characterized by a zone of high-slope bounded by a slope
break on the floating ice-shelf, which is not surprising, and a slope-break upstream
on the grounded ice, which is surprising. In Chapter-2, the lack of concomitant
thickness change associated with the change in elevation across the Whillans Ice
Stream grounding-line led to the conclusion that the high-slope zone and associated
spatial surface-elevation change occur as a result of a change in elevation at the bed.
After using the high-slope attribute to map the grounding zone, the recent decadal
stability of the grounding zone was established. The findings of Chapter-2 have
been supported by the subsequent findings of Anandakrishnan et al. (2007) and
Alley et al. (2007). Anandakrishnan et al. (2007) reported the deposition of a tillwedge at the grounding line of Whillans Ice Stream based on RES soundings close
to the GPS array reported in Chapters 2–3. Subsequent modeling of deposition at
the grounding line by Alley et al. (2007) indicate that such deposition results in
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a stabilizing feedback. These findings suggest that the ice sheet is less vulnerable
to small sea-level rises, implicating that warming alone may have been responsible
for past ice-sheet mass losses that were not proceeded by sea-level rise.
One of the few regions noted to be retreating in Chapter–2 (Figure 4.1, location C), which was also reported to be retreating in the past (Bindschadler and
Vornberger , 1998), has since been shown to be the drainage outlet for a large
subglacial-lake (Subglacial Lake Engelhardt, Fricker et al. (2007)). This finding
implies that grounding-line retreat may occur in response to erosion caused by
subglacial drainage across the grounding line. This stresses the importance of the
subglacial drainage budget and suggest that other points of grounding-line migration might be likely locations to look for subglacial outlets.

6.2

Basal Melt Beneath the Ross Ice Shelf

Chapters 3–4 provided estimates of the Ross Ice Shelf’s basal mass-balance. The
steady-state results of Chapter–3 cover approximately 80% of the ice shelf and
indicate that the majority of basal melt occurs at the ice front, predominantly in
the western Ross Sea. The center of the ice shelf is dominated by basal accretion,
while the grounding line resulted in diverse estimates of melt and accretion, leading
to the conclusion that it was inadequately addressed by our study.
Chapter–3 emphasizes the significance of the steady-state assumption and the
past non-steady-state behavior of the ice shelf and the ice-streams feeding it. Since
changes in velocity and changes in thickness propagate through an ice shelf at different time scales (velocity changes are transferred almost instantly, while thickness
changes are transferred at slow advective timescales), past stagnations and reactivations of the ice streams (Hulbe and Fahnestock , 2007) continue to be manifest
in the ice shelf today as anomalous thicknesses. We attribute the discrepancy
between our steady-state findings and oceanographic observations (e.g. Smethie
and Jacobs (2005)) to past stagnations and reactivations of ice streams. Our Ross
Ice Shelf study is in contrast with the findings of Joughin and Vaughan (2004)
on the Filchner–Ronne Ice Shelf, where RES and divergence mass balance estimates compare well, indicating that steady-state assumptions are suitable for the
Filchner–Ronne.
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In Chapter–4, repeat ICESat laser altimetry observations at the ice shelf front
indicate that melt-rate increases exponentially as the front of the ice shelf is approached. The relationship between melt rate and distance from the front is best
described by Ṁb =2.1ex/11800 m a−1 . Melt in the front 40 km of the ice shelf is
thought responsible for approximately 17 km3 a−1 , which means melt in this zone
may be producing up to half of the melt budget required to fit oceanographic observations (e.g. Loose et al. (2009)). Melt rate is observed to be largely uniform along
the front of the ice shelf, with some variations in e-folding distance beneath the
front, which appear to be coincident with recent calving history. The hypothesis
that frontal melt is generated by a combination of tidal mixing and plume ascension is supported by simple modeling following the methods of Jenkins (1991) and
Jenkins and Doake (1991). The largely uniform spatial distribution of melt is in
contrast with the steady-state findings indicating that the steady-state assumption
may be violated by the calving process. This seems reasonable as directly after a
calving event the new ice-front will be experiencing much greater melt rates while
its thickness field is still adjusting.
Two domains of basal melt remain poorly constrained. While the center of the
ice shelf appears to be undergoing accretion, the magnitude is poorly known, with
our estimate of accretion an order of magnitude higher than the solitary observation
from beneath the ice shelf (Zotikov et al., 1980). Basal melt at the Siple Coast
grounding line is also poorly constrained. While high melt rates are observed at
deeper draft outlet glaciers (Rignot and Jacobs, 2002), the relatively shallow draft
of the Siple Coast ice streams is unlikely to generate such a magnitude of melt.
However, the ice-pump mechanism which is invoked to explain accretion within
the center of the ice shelf requires the ascension of supercooled water from the
grounding line, thus requiring grounding line melt.

6.3

Fabric Development on Jakobshavn Isbræ,
Greenland

Active-source seismic data presented in Chapter-5 reveal a series of deformed layers
from upstream on Jakobshavn Isbræ, Greenland. The layers are shown to be bed
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conformable and to have long spatial wavelengths in the direction of ice flow, while
exhibiting short wavelengths across ice flow. The layers are interpreted as resulting from contrasts in crystal-orientation fabric and are thought to coincide with
changes in impurity loading linked to climactic events. We suggest that the contrasts in fabric are locations of enhanced deformation within the ice sheet. These
findings stress the importance of internal deformation and crystal orientation fabrics in ice flow. The prevalence of englacial seismic-reflectivity, especially in the
lower regions of ice sheets, both in Greenland and Antarctica, suggest they may
play a significant role in ice-sheet dynamics by providing zones of concentrated deformation due to the dependence of softness on crystal orientation and the process
of recrystallization.

6.4

Outlook

Despite concerted and focussed research, polar glaciology remains a data-poor field
with considerable societal importance. Anticipated satellite-observations, such as
CryoSat-2 and the upcoming ICESat-II, should help to remedy this by providing
continuous elevation observations allowing ongoing change estimates. The lack of
velocity data on the Ross Ice Shelf currently limits the usefulness of glaciological
estimates of basal melt. Cryosat-2 or other InSAR-capable satellite missions have
the potential to address this. These remotely-sensed observations must be supplemented with ground-based observations. Upcoming field programs targeting the
grounding line of Whillans Ice Stream should provide invaluable in-situ observations. Subglacial and ocean-cavity geophysical imaging and sampling should aid
in our understanding of grounding-line processes and facies thus assisting in the
interpretation of stratigraphic-drilling results and furthering our understanding of
grounding-line erosion and stability. The ocean-cavity observations will provide a
first look at the water mass at the Siple Coast grounding line, and thus help in
quantifying basal melt in this region. Furthermore, first-order ground-based observations, such as bathymetric data, are essential if we are to further our knowledge
of melting and circulation beneath the Ross Ice Shelf.
It is likely that process knowledge will prove to be the limiting factor for
prognostic models. Again, the grounding line provides a good example of this.
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While recent advances have been made in grounding-line modeling, our knowledge
of grounding-line processes remains scant. The depositional environment at the
grounding line is poorly understood. For instance it is not known by what means
subglacial material is deposited and consolidated there, and what prevents such
material from being quickly flushed to the ocean cavity. Similarly, our knowledge
of the role of crystal orientation fabric in ice sheets is currently biased towards
ice divides due to the requirements of paleoclimate studies. This suggests that if
we are to understand the process of strain-localization in streaming ice, there is a
need for a dedicated ice core in a region of rapid ice-flow. Without such process
knowledge, advances in modeling and data interpretation will be hindered.
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