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ABSTRACT
Geoscientists reconstruct the past in order to understand the future. Minerals and associated
geochemical (isotopic and trace metal) signatures act as tools for geoscientists to decipher past processes
that led to Earth’s biogeochemical evolution. In this thesis, the geochemical signatures contained within
calcite, gypsum and pyrite were characterized through a multidisciplinary approach involving genomics,
field sampling, laboratory experiment and diagenetic modeling to understand the primary processes
(abiotic and biotic) that led to specific geochemical signatures. These signatures are then interpreted as
either biosignatures or as environmental indicators for the ancient Earth.
Chapter 2 focuses on the unusual calcite (CaCO3) inclusions precipitated intracellularly within
giant bacteria called Achromatium, which have the potential to be used as biosignatures. Single-cell
genomics were utilized to shed light on the bacteria’s metabolisms and genetic machinery in forming
intracellular calcite. Two potential functions were proposed for this unusual metabolism. First, calcite
inclusions may have been deposited as ballasts to anchor the cells from being swept away by water flow.
Second, intracellular calcite precipitation may be a novel way to generate free protons and ATP to sustain
life. Limitations in current techniques hamper geochemical characterizations of the calcite inclusions;
nonetheless, our progress in understanding Achromatium have paved the way for culture-based, omic or
in silico modeling techniques that will be useful for interpreting specific signatures of microbial calcite.
In Chapter 3, we will travel deep into the subsurface to look for gypsum (CaSO4.2H2O) minerals
coated by slimes of sulfur-oxidizing microbes. The microbes consumed hydrogen sulfide to sulfate,
imparting unique sulfur isotopic (δ34S) signatures in gypsum that are spatially recognizable at the cave
room scale. Similar spatial isotopic patterns in subsurface systems may be utilized as biosignatures,
subject to tighter constraints of physico-chemical diagenetic effects to gypsum deposits over million-year
timescales.
From Chapter 4 to 7, we will shift our attentions towards pyrite (FeS2) minerals. In Chapter 4, we
will encounter submerged microbial “ropes” containing abundant pyrite (and its mineral polymorph,
marcasite) that are potentially analogous to microbial biofilms in the anoxic early Earth. Combined with
morphological, trace metals and Fe isotopic (δ56Fe) analysis, we suggest that the FeS2 minerals were
formed through both Fe-oxides in the bedrock as well as dissolved Fe from the water, with significant
catalysis induced by microbial sulfur cycling. Biofilm-associated FeS2 minerals are clearly different from
sedimentary FeS2 in terms of morphology, mineralogy, trace metal and Fe isotopic compositions,
rendering them potentially useful as a biosignature. Additionally, their differences suggest that care must
be taken to interpreting geochemical signatures from Precambrian pyrite, which has traditionally been
based solely on sedimentary pyrite.
In Chapter 5 and 6, we will travel back to the laboratory and use defined experimental studies to
constrain factors affecting the chemical signatures of pyrite. Chapter 5 is focused on molybdenum (Mo)
content in pyrite as potential proxies for Mo content in ancient waters, with direct relevance towards
testing the Mo scarcity hypothesis that impeded eukaryotic evolution during the Proterozoic.
Experimental data show that the initial dissolved Mo concentrations are linearly correlated with Mo
contents in pyrite. This relationship is validated for use in diagenetic pyrite under oxic to sub-oxic water
column, but overestimates the Mo concentrations calculated from pyrite deposited under euxinic water
columns. Correcting for these biases as much as possible, we determined that Proterozoic seawater had
Mo concentrations between 1-50 nM and are typically higher than the 5 nM Mo limit for nitrogen
fixation. Consequently, the Mo scarcity hypothesis cannot readily explain the lack of eukaryotic evolution
in the middle Proterozoic.
iii

In Chapter 6, Fe isotopic analysis of laboratory-formed pyrite showed that the apparent
fractionation associated with pyrite precipitation are affected by the relative rates of pyrite precipitation to
isotopic exchange rate between FeS mineral and aqueous FeS at low temperatures (< 40⁰C) and between
aqueous FeS and pyrite at high temperatures (> 80⁰C). In euxinic sediments where diagenetic pyrite
formed, pyrite δ56Fe may be used to constrain pyrite precipitation and burial rates, with implications to
oxygen sinks particularly in the Precambrian.
In Chapter 7, a diagenetic model is developed in order to characterize the effects of multiple
pyrite precipitation pathways to pyrite δ56Fe in marine sediments. Model outputs suggest that pyrite likely
formed from at least two pathways: one mediated by aqueous Fe(II) and another mediated by surfacebound Fe(II). The model’s framework can easily explain the typical ~7‰ variation of individual pyrite
grains within the same sediment. Additionally, bulk pyrite δ56Fe that leans toward more positive values
are characteristic of Fe(III)-dominated system while bulk pyrite δ56Fe that leans toward more negative
values are characteristic of Fe(II)-dominated system.

iv

TABLE OF CONTENTS
List of Tables

x

List of Figures

xi

Acknowledgements

xiii

CHAPTER 1 INTRODUCTION ............................................................................................................... 1
1.1. Mineral proxies and why they matter to us ........................................................................................ 1
1.2. Organization of the thesis .................................................................................................................. 2
1.3. Anticipated publications .................................................................................................................... 2

CHAPTER 2 Metabolic Diversity and Ecological Niches of Achromatium Populations Revealed with
Single-Cell Genomic Sequencing ............................................................................................................... 3
2.1. Abstract .............................................................................................................................................. 3
2.2. Introduction ........................................................................................................................................ 3
2.3. Materials & methods .......................................................................................................................... 4
2.3.1. Site description, sample collection and geochemistry ................................................................ 4
2.3.2. Cell purification .......................................................................................................................... 5
2.3.3. Genomic DNA amplification, sequencing and assembly............................................................ 6
2.3.4. Annotation................................................................................................................................... 7
2.3.5. Nucleotide sequence accession numbers .................................................................................... 7
2.4. Results ................................................................................................................................................ 7
2.4.1. Geochemistry .............................................................................................................................. 7
2.4.2. Cell isolation and phylogeny of Achromatium populations ........................................................ 8
2.4.3. Genome completeness and purity ............................................................................................... 9
2.4.4. Anabolism and motility............................................................................................................... 9
2.4.5. Energy metabolism ................................................................................................................... 10
2.4.6. Possible calcification-related genes .......................................................................................... 11
2.5. Discussion ........................................................................................................................................ 11
2.5.1. Phylogeny ................................................................................................................................. 11
2.5.2. Habitats of Achromatium .......................................................................................................... 11
2.5.3. Metabolic versatility of Achromatium populations ................................................................... 12
2.5.4. Genomic insights on mechanisms of calcite precipitation ........................................................ 13
2.5.5. Metabolic role(s) of calcite inclusions ...................................................................................... 14
2.6. Acknowledgements .......................................................................................................................... 16
v

2.7. Tables and figures ............................................................................................................................ 17
2.8. Supplementary materials .................................................................................................................. 22
2.9. References ........................................................................................................................................ 30
CHAPTER 3 Transport-induced spatial patterns of sulfur isotope (δ34S) as biosignatures .............. 35
3.1. Abstract ............................................................................................................................................ 35
3.2. Introduction ...................................................................................................................................... 35
3.3. Sampling Site ................................................................................................................................... 36
3.4. Materials & Methods ....................................................................................................................... 37
3.4.1. Field sampling ........................................................................................................................... 37
3.4.2. Laboratory analysis: Gypsum and elemental sulfur .................................................................. 37
3.4.3. Experimental determination of isotopic fractionation............................................................... 38
3.4.4. Measurements of S isotopic compositions (δ34S) and isotopic notations.................................. 38
3.5. Results .............................................................................................................................................. 39
3.5.1. Field data ................................................................................................................................... 39
3.5.2. Gypsum morphology................................................................................................................. 39
3.5.3. Sulfur isotopic compositions of gypsum and elemental sulfur ................................................. 40
3.5.4. Experimental results .................................................................................................................. 40
3.6. Discussion ........................................................................................................................................ 40
3.6.1. Constraints on isotopic fractionation of aerobic microbial H2S oxidation ................................ 40
3.6.2. Imprints of microbial H2S oxidation to gypsum δ34S at the cave room scale ........................... 41
3.6.3. Strategies for sampling in inactive cave systems and potential complications ......................... 42
3.7. Acknowledgements .......................................................................................................................... 43
3.8. Tables and figures ............................................................................................................................ 44
3.9. Supplementary materials .................................................................................................................. 52
3.9.1. Method: Visual simulator of gas transport ................................................................................ 52
3.9.2. Method: Reactive transport model of cave rooms .................................................................... 53
3.9.4. Supplementary Figures ............................................................................................................. 54
3.9.5. Supplementary Tables ............................................................................................................... 56
3.10. Addendum: Utilities of cave gypsum Ca isotopes as biosignatures............................................... 60
3.10.1. Introduction ............................................................................................................................. 60
3.10.2. Methods................................................................................................................................... 60
3.10.3. Results and Discussion............................................................................................................ 61
3.10.4. Tables and Figures .................................................................................................................. 63
3.11. References ...................................................................................................................................... 65
vi

CHAPTER 4 The Uniqueness of Biofilm-Associated Pyrite Compared to Sedimentary Pyrite:
Implications to Interpreting Geochemical Proxies from Geological Pyrite ......................................... 69
4.1. Abstract ............................................................................................................................................ 69
4.2. Introduction ...................................................................................................................................... 69
4.3. Site description: Lago Dell’Orsa and Lago Infinito ......................................................................... 71
4.4. Materials & methods ........................................................................................................................ 72
4.4.1. Field sampling ........................................................................................................................... 72
4.4.2. Mineralogy and geochemical characterizations ........................................................................ 72
4.4.3. Fe extraction and isotopic analysis ........................................................................................... 73
4.5. Results .............................................................................................................................................. 75
4.5.1. Minerals in sediments and biofilms .......................................................................................... 75
4.5.2. Fe distribution and isotopic compositions................................................................................. 76
4.5.3. Organic carbon, nitrogen, sulfur and trace metal contents ........................................................ 77
4.5.4. Water column geochemistry ..................................................................................................... 77
4.6. Discussion ........................................................................................................................................ 77
4.6.1. Source(s) of Fe for pyrite formation ......................................................................................... 78
4.6.2. Catalytic role of microbial sulfur cycling in pyrite formation, Fe isotopic variations and trace
metal enrichments ............................................................................................................................... 80
4.6.3. Geological imprints of biofilm-associated pyrite ...................................................................... 81
4.7. Acknowledgements .......................................................................................................................... 82
4.8. Tables and figures ............................................................................................................................ 83
4.9. Supplementary Materials ................................................................................................................. 94
4.10. References ...................................................................................................................................... 99

CHAPTER 5 Quantitative Constraints on Seawater Molybdenum Concentration over Geological
Times ........................................................................................................................................................ 105
5.1. Abstract .......................................................................................................................................... 105
5.2. Introduction .................................................................................................................................... 105
5.3. Experimental study of Mo incorporation into pyrite...................................................................... 106
5.3.1. Experimental details ................................................................................................................ 106
5.3.2. Factors affecting Mo contents of pyrite (Mopy) ...................................................................... 107
5.4. Validation of Mopy proxy through comparisons with modern pyrite ............................................. 107
5.5. Reconstructing seawater Mo concentrations over the past 3.6 Ga ................................................. 108
5.6. Acknowledgements ........................................................................................................................ 109
5.7. Tables and Figures ......................................................................................................................... 110

vii

5.8. Supplementary Materials ............................................................................................................... 113
5.8.1. Materials and Methods ............................................................................................................ 113
5.8.2. Supplementary tables & figures .............................................................................................. 115
5.9. References ...................................................................................................................................... 119

CHAPTER 6 Iron Isotope Fractionation during Pyrite Formation as Mediated by Precipitation
Rates ......................................................................................................................................................... 123
6.1. Abstract .......................................................................................................................................... 123
6.2. Introduction .................................................................................................................................... 123
6.3. Materials and Methods ................................................................................................................... 125
6.3.1. Experimental methods............................................................................................................. 125
6.3.2. Isotopic analysis and notations ............................................................................................... 125
6.4. Model Outlines............................................................................................................................... 126
6.4.1. Three-reservoir model ............................................................................................................. 126
6.4.2. Surface kinetic model.............................................................................................................. 126
6.5. Results ............................................................................................................................................ 127
6.6. Discussion ...................................................................................................................................... 127
6.6.1. Mechanisms for rate-dependent isotopic fractionation associated with pyrite precipitation .. 127
6.6.2. Implications to pyrite δ56Fe throughout time .......................................................................... 129
6.7. Summary ........................................................................................................................................ 130
6.8. Acknowledgements ........................................................................................................................ 131
6.9. Tables and Figures ......................................................................................................................... 132
6.10. References .................................................................................................................................... 137
CHAPTER 7 Simulations of iron isotopic fractionation due to multiple pyrite precipitation
pathways during early diagenesis .......................................................................................................... 144
7.1. Abstract .......................................................................................................................................... 144
7.2. Introduction .................................................................................................................................... 144
7.3. Site description............................................................................................................................... 146
7.4. Description of multicomponent reactive transport model .............................................................. 147
7.4.1. Model conditions, parameters and transport processes ........................................................... 147
7.4.2. Biogeochemical reaction network ........................................................................................... 148
7.4.3. Mineral precipitation ............................................................................................................... 149
7.5. Architecture for simulating Fe isotopic fractionation .................................................................... 149
7.5.1. Stoichimetric (non-fractionating) dissolution and precipitation ............................................. 149
viii

7.5.2. Equilibrium fractionation ........................................................................................................ 150
7.5.3. Kinetic fractionation ............................................................................................................... 151
7.5.4. Diffusive fractionation ............................................................................................................ 152
7.6. Strategy for model simulations ...................................................................................................... 152
7.7. Results and discussions .................................................................................................................. 153
7.7.1. Pore fluid and solid phase concentration profiles ................................................................... 153
7.7.2. Controls on Fe isotope profiles ............................................................................................... 154
7.8. Summary ........................................................................................................................................ 156
7.9. Acknowledgements ........................................................................................................................ 156
7.10. Tables and figures ........................................................................................................................ 157

CHAPTER 8 Final Reflections .............................................................................................................. 182

ix

LIST OF TABLES
Table 2-1 Summary of surface water geochemistry at Warm Mineral Spring. .......................................... 17
Table 2-2 Statistics for final draft genomes of Achromatium single cells. ................................................. 17
Table 2-3 Organic contents of sediments harboring Achromatium............................................................. 18
Table 3-1 Summary of sulfur isotopic data in sulfidic caves. ..................................................................... 44
Table 3-2 Summary of Ca isotope data from the Frasassi cave system. ..................................................... 63
Table 4-1 Geochemistry of euxinic waters from Lago Dell’Orsa and Lago Infinito. ................................. 83
Table 4-2 Fe distribution and isotopic compositions of various phases. .................................................... 84
Table 4-3 Mineralogy and elemental molar ratios normalized to either bulk Al or Fe in pyrite. ............... 86
Table 5-1 Data summary for dissolved Mo concentrations, pyrite-Mo contents and fpyrite. ...................... 110
Table 6-1 Summary of experimental data. ................................................................................................ 132
Table 7-1: Upper and lower boundary conditions for the model. ............................................................. 157
Table 7-2: Reactions for secondary species in the model. ........................................................................ 158
Table 7-3: Diffusion coefficient for aqueous species at 25⁰C. ................................................................. 159
Table 7-4: Reactions for organic carbon oxidation coupled to oxygen, nitrate, and sulfate reduction. .... 160
Table 7-5: Mineral precipitation or dissolution reactions as included in the model. ................................ 162
Table S 2-1 List of gene markers used to estimate genome completeness. ................................................ 22
Table S 2-2 List of identified metabolic genes in the draft genomes of Achromatium............................... 26
Table S 3-1 Description and analytical results for all samples. .................................................................. 56
Table S 3-2 Results of experimental determination of isotopic fractionation due to microbial S(0)
oxidation and gypsum precipitation at low pH. .......................................................................................... 59
Table S 3-3 Parameters used for Energy2D simulations. ........................................................................... 59
Table S 4-1 Comparison of Fe isotopes measured in this study to previously published values. ............... 95
Table S 4-2 Mineralogy and geochemistry of water column particulates................................................... 96
Table S 5-1 Pyrite precipitation rates for all experimental runs. .............................................................. 115
Table S 5-2 Compilation of Mopy data from various environments as presented in Figure 5-1. .............. 116

x

LIST OF FIGURES
Figure 2-1 Map and water column geochemistry of Warm Mineral Springs. ............................................ 18
Figure 2-2 Light microscopy images of Achromatium. .............................................................................. 19
Figure 2-3 Maximum likelihood tree of 16S rRNA gene sequences of Achromatium populations with
Allochromatium vinosum and Beggiatoa alba as outgroups (OG). ............................................................ 20
Figure 2-4 Model for putative biogeochemical roles of Achromatium populations. .................................. 21
Figure 3-1 Map of Frasassi cave rooms: Ramo Sulfureo and Grotta Bella. ............................................... 45
Figure 3-2 Microscopic images of cave gypsum ........................................................................................ 46
Figure 3-3 Gypsum δ34S values as a function of crystal aspect ratios at (a) Ramo Sulfureo and (b) Grotta
Bella. ........................................................................................................................................................... 47
Figure 3-4 Δ34S values of gypsum relative to the maximum gypsum δ34S value at each site..................... 48
Figure 3-5 Variations of gypsum δ34S (black circles) as a function of height at location RS1. .................. 49
Figure 3-6 Snapshots of Energy 2D simulations showing air flow patterns at (a) Ramo Sulfureo and (b)
Grotta Bella due to temperature differences of 0.5 ⁰C from bottom to top. ............................................... 50
Figure 3-7 Model outputs that highlight isotopic distillation effects at high H2S oxidation rates. ............. 51
Figure 3-8 Sampling length scales at different ratios of H2S oxidation rate (µmol/m2/hr) to gas flow
velocity (cm/s). ........................................................................................................................................... 52
Figure 3-9 Mass dependent fractionation (MDF) line for Ca isotopes. ...................................................... 64
Figure 3-10 Plot of Δ44Ca versus aspect ratio of gypsum from laboratory experiments and cave systems. 64
Figure 3-11 Plot of Δ44Ca versus δ34S of cave gypsum. .............................................................................. 65
Figure 4-1 Map of the sampled lakes in the Frasassi cave system. ............................................................. 87
Figure 4-2 Images of biofilms and associated pyrite. ................................................................................. 88
Figure 4-3 XRD, Raman and reflected light microscope images/spectra of pyrite-marcasite .................... 90
Figure 4-4 Fe/Al ratios of samples as a function of the fraction of Fe in silicates and FeS2 δ56Fe. ............ 91
Figure 4-5 Genesis model for biofilm formation, pyrite precipitation with variable δ56Fe and S(0) and Mo
enrichments ................................................................................................................................................. 92
Figure 4-6 Biofilm-associated pyrite δ56Fe as a function of (a) S(0), (b) bulk Mo/Al, (c) pyrite Mo/Fe and
(d) bulk Cu/Al. ............................................................................................................................................ 93
Figure 5-1 Compilation of Mo content in pyrite (Mopy) as a function of dissolved Mo concentrations
([Mo])........................................................................................................................................................ 111
Figure 5-2 Variations in seawater Mo over time, focusing on (a) throughout Earth’s history and (b) the
Phanerozoic. .............................................................................................................................................. 112
Figure 6-1 Compilations of pyrite precipitation rates. .............................................................................. 133
Figure 6-2 Three-isotope plot of samples measured with the Neptune MC-ICP-MS. .............................. 134
Figure 6-3 Instantaneous pyrite precipitation rates and δ56Fe at different extent of pyritization (fpyrite). .. 134
Figure 6-4 Model diagrams and outputs from the three reservoir model for FeS-Fe(aq)-pyrite system. . 135
Figure 6-5 Surface kinetic model for pyrite precipitation at constant dissolution rates of (a) 10-8, (b) 10-9
and (c) 10-10 mol/L/s.................................................................................................................................. 136
Figure 6-6 Summary of bulk and individual-grain pyrite δ56Fe in various environments and time period.
.................................................................................................................................................................. 137
Figure 7-1: Schematic diagram for pyrite precipitation pathways in sediments. ...................................... 164
Figure 7-2: Determination of rate constant (log k) for (a) mackinawite and (b) pyrite precipitation from
aqueous Fe(II). .......................................................................................................................................... 165
Figure 7-3: Model outputs for surface-reactive Fe(III) (dashed lines) compared to calculated
concentrations (solid lines) at different surface areas for ferrihydrite. ..................................................... 165
Figure 7-4: Pore fluid profiles (modeled and measured) for various chemical species. ........................... 166
xi

Figure 7-5: Solid phase profiles (modeled and measured) for comparison to one another....................... 167
Figure 7-6: Sensitivity analysis of factors affecting aqueous Fe(II) profile. ............................................ 168
Figure 7-7: Solid phase profile for sulfide minerals when the surface precipitation pathway is considered.
.................................................................................................................................................................. 169
Figure 7-8: Sensitivity analysis for δ56Fe values of Fe phases in response to different ferrihydrite surface
areas. ......................................................................................................................................................... 170
Figure 7-9: Sensitivity analysis for δ56Fe values of Fe phases in response to the fractionation factor
associated with mackinawite precipitation. .............................................................................................. 171
Figure 7-10 Sensitivity analysis for δ56Fe values of Fe phases in response to the fractionation factor
associated with pyrite precipitation........................................................................................................... 171
Figure 7-11: Sensitivity analysis of mackinawite and pyrite δ56Fe to varying rates of surface precipitation
pathway. .................................................................................................................................................... 172
Figure S 2-1 Flow cytometry dot plot of filtered sediments containing Achromatium............................... 28
Figure S 2-2 Neighbor-joining tree of Sqr sequences recovered from the single cell genomes and closely
related sequences. ....................................................................................................................................... 29
Figure S 2-3 Neighbor-joining tree of large subunits of type 1 [NiFe]-hydrogenases sequences recovered
from the single cell genomes and closely related sequences. ..................................................................... 30
Figure S 3-1 Schematic of model set-ups for H2S(g) flow with concurrent H2S oxidation. ....................... 54
Figure S 3-2 Reaction progress over time in a batch system where initial excess H2S(g) is solubilized to
H2S(aq) until equilibrium is reached. .......................................................................................................... 55
Figure S 3-3 Model outputs that highlight the transient isotopic gradients observed when gas-aqueous
exchange is dominant and H2S oxidation is insignificant. .......................................................................... 55
Figure S 4-1 Three-isotope plot of samples and standards measured with the Neptune............................. 96
Figure S 4-2 Variations in (a) FeHCl, (b) S(0) and (c) bulk Mo contents as a function of organic carbon
content. ........................................................................................................................................................ 97
Figure S 4-3 Fitting of rate constant (log k) for pyrite precipitation kinetics based on data points of
Harmandas et al. (1998). ............................................................................................................................. 98
Figure S 5-1 Mo content in pyrite (Mopy) as a function of precipitation rate in reactors with no added Mo.
([Mo] = 13.3 ± 4 nM). Different symbols represent different amount of S(0) added to increase
precipitation rates. Blue and orange markers represent data from pH 7 and pH 9 reactors, respectively. No
trend is observed for Mopy with either precipitation rate or pH. ............................................................... 118
Figure S 5-2 Linear relationship between Mopy and initial Mo concentrations. ....................................... 118
Figure S 5-3 Mo content in pyrite (relative to initial time point) at different extent of pyritization (f pyrite).
.................................................................................................................................................................. 119
Figure S 7-1: Summary of experimental data (markers) with model fittings (lines) for pH 2 (panel a-c)
and pH 7 (panel d-f) diffusion experiments. ............................................................................................. 173

xii

ACKNOWLEDGEMENTS
I have received an incredible amount of support from my family, friends and mentors over the
past several years. First and foremost, I would like to thank my mother for allowing me to pursue my
education in a foreign country far away from her. My experiences in the United States have shaped me
into a better man than would have been possible if I had simply stayed in Malaysia.
My research would not have been possible without a host of people supporting me throughout the
years. Lots of thanks to my co-advisors, Matt Fantle and Jenn Macalady. Matt is always available
whenever I need him and has influenced me greatly in the ways of scientific thinking. Jenn has provided
me with the opportunities to conduct researches at places that would normally be inaccessible to normal
human beings and have encouraged me to continuously put myself out there into the world. Chris House
and Li Li have been incredibly helpful and friendly whenever I reached out to them. Thanks to Hu
Barnes, Hiroshi Ohmoto, Mike Arthur and Clara Chan for insightful discussions on the early Earth and
pyrite formation. Chris Gorski is a wonderful person to talk to and has given me opportunities to pursue
cutting edge researches at the Materials Characterization Laboratory (MCL). Following that, I would like
to thank the MCL personnel whom have assisted me, including Gino Tamborino, Nichole Wonderling,
Julie Anderson, Mark Angelone, Daniel Veghte, Trevor Clark and Max Wetherington.
Personally, I want to thank the managers of the geochemistry labs in the department including
Irene Schaperdoth, Zhidan Zhang, Laura Liermann, Scott Hynek, Huimin Yu, Matt Gonzales and Denny
Walizer. In particular, Irene and Scott have lend me their time and expertise numerous times and I am
proud to have them as co-authors for my publications. Trinity Hamilton and Christy Grettenberger are my
friends and mentors during the earlier years of my Ph.D, as well as Dan Jones, Kat Dawson, Becky
McCauley, Khadouja Harouaka, Piyali Chanda and Heather Tollerud. Additionally, thanks to all members
of the Macalady, Fantle and Freeman lab. Special thanks to Uyen Nguyen and Laura Rodriguez for
sometimes (not always) being patient in listening to my weird ideas. It has been fun hanging out with all
of you.
Finally, I want to give my heartfelt appreciation to Beatrice Aren for her constant support and
patience. My love, I hope we will be together forever.

xiii

CHAPTER 1 INTRODUCTION

1.1. Mineral proxies and why they matter to us
Human history started when our ancestors developed ways to convey information to the next
generation, whether through archaic drawings, storytelling, written documents or the internet. Lessons
from our past provide insights to the future such as ways to prepare for drought and famine. Our human
civilization however is incredibly short relative to the age of the Earth, comprising a mere 1.5% of the
Earth’s history (based on Neil de Grasse Tyson’s 2016 Cosmos television series). The field of geosciences
encompasses the study of all of Earth’s history as well as its present state and future trajectory. This field
holds the key to understanding the interaction between life and inorganic matter that results in the
evolution of our planet.
Geosciences have yielded both wonderful and frightening visions into our Earth’s evolution. For
the first 4 billion years, microbial life were likely the dominant life form on this planet, living in an
oxygen-free world with either an iron-rich or sulfide-rich ocean (Canfield, 1998; Lyons et al., 2014).
Eukaryotes only evolved about 500 million years ago, when sufficient oxygen was built up partly due to
production by photosynthesizing bacteria (Kasting, 2013; Lyons et al., 2014; Robbins et al., 2016).
Majestic dinosaurs thrived around 65 million years ago, but then became extinct when a large asteroid
impacted the Earth (Alvarez, 1982). Looking closely into the geological record, mass extinction events
are common (Whiteside and Grice, 2016) and there is a real danger that we are nearing the 6th major
extinction event, caused by the unprecedented rate of carbon dioxide released by human industrializations
(Ceballos et al., 2015). None of these knowledge could have been known without studying geoscience.
But how do we actually know what happened eons ago? The answer lies in the rocks beneath our
feet. Think of rocks (or more specifically, the minerals inside them) as books or proxies that record
environmental information during their time of formation. By cataloguing the physico-chemical
characteristics of minerals formed in different environments on the modern Earth or in controlled
laboratory conditions, we are able to correlate these variations and understand the nature of the stories
hidden inside each mineral. For example, trace metal contents in pyrite minerals are primarily controlled
by the concentrations of these trace metals and can be used to infer their availability as nutrients in
ancient oceans (Gregory et al., 2015; Large et al., 2014). Alternatively, carbon isotopic ratios (13C/12C)
can be used to infer for the presence of life that preferentially uptake 12C compared to the heavier 13C
(Bell et al., 2015). By combining various mineral proxies, we can reconstruct conditions on the early
Earth. Similar to books however, information recorded in minerals are liable to degrade over time due to
multiple processes of post-depositional alteration or diagenesis. Careful work are hence necessary to
understand the primary controls of a mineral’s signature, whether it be microbial, environmental or
diagenetic.
This thesis is the culmination of my four and a half years’ adventure as a Ph.D student,
representing my small contribution to the overall human knowledge. I focused my research into
developing mineral proxies for time periods dominated by microbes, using minerals deposited in modern
anoxic systems as analogs to oxygen-free environments. In particular, proxies in minerals such as calcite,
gypsum and pyrite were characterized through geochemical (isotopes, morphology, major and trace
elements) measurements, numerical modeling and genomic sequencing of associated microbes. These
mineral proxies can potentially be applied as signatures specific to microbial life or environmental
conditions not only on the Earth, but also to other habitable worlds in our search for life in the universe.
Please enjoy.
1

1.2. Organization of the thesis
The thesis is split up into multiple chapters, with each chapter being a stand-alone unit. Within each
chapters, the organization closely follows that of a manuscript prepared for publications, consisting of
abstract, materials & methods, results & discussion, tables and figures and references.
Chapter 2 discusses the possible functions of unusual calcite inclusions within Achromatium as
inferred from single-cell genomics. Chapter 3 discusses the biosignatures of cave gypsum deposited in the
presence of sulfur-oxidizing microbes. Chapter 4 discusses the unique signatures of biofilm-associated
pyrite relative to sedimentary pyrite, with implications to interpretations derived from Precambrian pyrite.
Chapter 5 discusses the quantitative reconstructions of molybdenum availability in seawater over
geological time scales. Chapter 6 discusses the importance of Fe isotopic exchange rates to the apparent
fractionation during pyrite precipitation. Chapter 7 describes the integration of Fe isotopes into a reactive
transport model that can be used to understand the relative importance of pyrite formation pathways in
nature. The thesis finishes with a summary of future directions.
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CHAPTER 2 Metabolic Diversity and Ecological Niches of Achromatium Populations Revealed
with Single-Cell Genomic Sequencing
Published in Frontiers in Microbiology, Issue 6, 2015 with co-authors Trinity Hamilton, Matthew Fantle
& Jennifer Macalady

2.1. Abstract
Large, sulfur-cycling, calcite-precipitating bacteria in the genus Achromatium represent a significant
proportion of bacterial communities near sediment-water interfaces at sites throughout the world. Our
understanding of their potentially crucial roles in calcium, carbon, sulfur, nitrogen, and iron cycling is
limited because they have not been cultured or sequenced using environmental genomics approaches to
date. We utilized single-cell genomic sequencing to obtain one incomplete and two nearly complete draft
genomes for Achromatium collected at Warm Mineral Springs, FL. Based on 16S rRNA gene sequences,
the three cells represent distinct and relatively distant Achromatium populations (91-92% identity). The
draft genomes encode key genes involved in sulfur and hydrogen oxidation; oxygen, nitrogen and
polysulfide respiration; carbon and nitrogen fixation; organic carbon assimilation and storage;
chemotaxis; twitching motility; antibiotic resistance; and membrane transport. Known genes for iron and
manganese energy metabolism were not detected. The presence of pyrophosphatase and vacuolar (V)type ATPases, which are generally rare in bacterial genomes, suggests a role for these enzymes in calcium
transport, proton pumping, and/or energy generation in the membranes of calcite-containing inclusions.

2.2. Introduction
The genus Achromatium contains morphologically striking and unusually large bacteria
distinguished by their abundant calcium carbonate inclusions. A single Achromatium cell may be shaped
as a coccus or rod with a length between 10-100 µm, with large calcite inclusions (5-6 µm) and smaller
sulfur inclusions (0.5-2 µm) (Gray & Head, 2014). Additional small inclusions containing elevated
concentrations of Ca2+ ions (>1 mM) have recently been described in Achromatium populations from a
salt marsh (Salman et al., 2015). Achromatium cells have been observed in surface sediments of both
fresh and marine waters throughout the world and can reach population densities as high as 105 cells/ml
(Head et al., 1995; 1996; Gray & Head, 2014; Salman et al., 2015). Given the large size of Achromatium
cells, at this cell density they can comprise over 90% of the bacterial biovolume within a few centimeters
of the sediment-water interface (Head et al., 1995; 1996). Despite their large biomass and mysterious
carbonate precipitation behavior, the role of Achromatium populations in biogeochemical cycling is not
well understood. A differential sedimentation technique can be used to enrich for calcite-filled
Achromatium cells based on their density (de Boer et al., 1971), but has yet to yield a pure culture.
There is strong evidence in the literature that Achromatium utilize reduced sulfur sources as
electron donors (Gray et al., 1997; 1999b). In addition, Achromatium can fix organic carbon and
assimilate acetate (Gray et al., 1999b; 2000), and can potentially use nitrate as an electron acceptor (Gray
et al., 2004). Achromatium cells are capable of vertical migration by rolling, jerky motions, and their
vertical migrations in sediment have been interpreted as a response to oxygen gradients (Gray et al.,
1997). This apparent chemotaxis suggests that they use oxygen as an electron acceptor (Gray et al., 1997,
La Riviere & Schmidt, 2006 in Gray & Head, 2014). Under anoxic conditions, Achromatium have been
hypothesized to gain energy from the reduction of nitrate, iron, manganese, or elemental sulfur (Gray et
al., 1997; Head et al., 2000b; Gray & Head, 2014) although none of these activities have been
demonstrated to date.
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Similar to Achromatium, several strains of cyanobacteria are capable of precipitating intracellular
calcite (Couradeau et al., 2012; Benzerara et al., 2014). Given the cosmopolitan distribution and early rise
of cyanobacteria in Earth’s history, this uncharacterized calcification pathway may have been integral to
both the global calcium and carbon biogeochemical cycles on early Earth (Couradeau et al., 2012;
Benzerara et al., 2014). In freshwater sediments from a wetland region close to Rydal Water in Cumbria,
UK (54⁰27’N, 3⁰00’N), the solid-phase calcium content across sediment depths correlates with
Achromatium cell numbers, indicating that intracellular, prokaryotic calcification plays an important role
in controlling calcium and carbonate distributions in surface sediments (Head et al., 1995; Head et al.,
2000b).
The function of calcite inclusions in prokaryotes is not known. Current hypotheses include
dissolution or precipitation to regulate acidity generated by sulfur oxidation (La Riviere & Schmidt, 2006;
Salman et al., 2015), to generate protons to dissolve acid-volatile sulfides (AVS) (Gray, 2006), to
maintain a high pCO2 for carbon fixation (Head, 2000b), as buoyancy regulators (Babenzien, 1991;
Couradeau et al., 2012) and as electron acceptors in carbonate respiration (Babenzien, 1991). In
Achromatium cells, TEM analysis suggests the presence of membranes surrounding the calcite inclusions,
as well as electron-dense central areas interpreted as sites of crystal nucleation (Head, 2000b; Gray &
Head, 2014). Because pure cultures of Achromatium are not available, it has proven difficult to
characterize the biochemical pathway of intracellular calcite precipitation as well as to determine the
biological role of calcite inclusions in Achromatium’s physiology.
Natural communities of Achromatium described to date are comprised of multiple phylotypes
with 16S rRNA gene sequence identities ranging between 90-100% (Head et al., 1996; Gray et al., 1999a;
Glöckner et al., 1999, Salman et al., 2015). Combined microautoradiography and fluorescence in situ
hybridization (FISH) indicated that physiological differences in Achromatium communities are not related
to carbon metabolism (Gray et al., 2000). However, different populations of Achromatium appear to
respond differently to nitrate under anoxic conditions (Gray et al., 2004), suggesting that energy
metabolisms could differ among co-existing populations.
Single-cell genomic sequencing offers a suitable method to reveal the genetic potential of
Achromatium populations and to test how co-occurring Achromatium populations differ in their genetic
potential. Femtograms of DNA from a single cell obtained from an environmental sample can be
amplified by multiple displacement amplification (MDA) and sequenced, revealing the metabolic
capacities of uncultured microorganisms (Mußmann et al., 2007; Chitsaz et al., 2011, Marshall et al.,
2012). In this study, we utilized single-cell genomic sequencing on multiple Achromatium populations
from a single environmental sample. The three draft genomes represent phylogenetically diverse
phylotypes and offer a first glimpse of the molecular machinery present in this enigmatic genus.
2.3. Materials & methods
2.3.1. Site description, sample collection and geochemistry
Warm Mineral Springs (WMS) is a water-filled sinkhole located in the city of North Port, Florida,
United States (27.06⁰N, 82.26⁰W). The spring consists of a central basin and a single outflow with tidal
fluctuations up to 20 cm (Fig. 2-1a). The spring basin is approximately 70 meters deep and is fed by
multiple warm springs that enter near the bottom. It has been popular as a spa since the 1960s due to its
warm temperature of 30⁰C, a near-neutral pH of 7, and brackish composition equivalent to approximately
50% of seawater salinity. Human and animal remains and cultural artifacts are well preserved in the
spring basin due to perennially low dissolved oxygen in the water column, making it an important
archeological site (Clausen et al., 1975). A constant supply of dissolved sulfide in the water column, high
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sediment organic carbon content and nitrate levels of about 0.8 µM likely contribute to the diversity of
sulfur-oxidizing bacteria found in the basin and spring outflow stream, including Beggiatoa, Thiothrix,
Thiovulum and Achromatium species described in reports since the early 1960s (Lackey & Lackey, 1961;
Larkin et al., 1994; Brigmon et al., 1994). Bicarbonate concentration in the spring water is ~2 mM and
elemental sulfur (S(0)) is present in the sandy sediments (Lackey & Lackey, 1961). Discharge from the
basin is high (3.4 x 106 L/day, Lackey & Lackey, 1961; Clausen et al., 1975) and flows into a narrow
channel that runs approximately 1.3 km downstream before joining the Myakka River.
The top 2 cm of sediments at WMS were sampled for genetic, microbiological, chemical, and
physical analyses. Samples were collected by scooping the sediments with pre-sterilized tubes and bottles.
Sediments used for elemental analysis were frozen at -20⁰C after storage at 4⁰C for less than one month.
After thawing, they were centrifuged at 8,000x g for 10 min and the pore water was removed. Sediments
were subsequently freeze-dried and powdered. Sediment organic matter content was measured with the
Loss-On-Ignition (LOI) method by heating overnight at 750⁰C followed by further heating at 900⁰C for
three hours. Aliquots of the same sample were decarbonated in 1N HCl overnight and dried at 80⁰C prior
to LOI as a control to determine the effect of possible carbonate particles on organic matter
measurements. Solid-phase acid-volatile sulfides (AVSsolid) were dissolved in 1.2 N HCl mixed with
1:100 volume of Ti(III)-citrate as a reducing agent. Ti(III)-citrate was added to prevent the formation of
S(0) during acid dissolution (Rickard et al., 2006; Guilbaud et al., 2011). Released H2S(g) was channeled
to 0.2 M zinc-acetate trapping solution with continuous N2 flow for at least an hour. The reaction was
allowed to proceed until no more H2S(g) was produced, as determined by a PGD2 portable gas detector
(ENMET Corp., Ann Arbor, MI, USA). Leakage was continuously monitored with the portable gas
detector. Precipitated zinc sulfide minerals were subsequently dissolved and analyzed with the methylene
blue method (Hach Co., Loveland, CO, USA) for AVSsolid measurements.
Dissolved oxygen (DO), pH, conductivity and temperature of the spring water were determined in
situ in the WMS basin with a YSI 6600 multi-parameter sonde probe (YSI Incorporated, Yellow Springs,
OH, USA) or in the WMS outflow streams using sensors attached to a 50i multimeter (WTW, Weilheim,
Germany) calibrated daily with fresh standards. Dissolved sulfide, sulfate, nitrate, iron and ammonium
concentrations were measured in the field on a portable spectrophotometer using the methylene blue,
SulfaVer 4, Cadmium Reduction, FerroVer and Salicylate methods respectively (Hach Co., Loveland,
CO, USA). Filtered (<0.2 μm) water samples were collected into acid-washed polypropylene bottles and
tubes during sampling events in 2012 and 2013 to determine the concentrations of major cations and
anions. Filtered water samples were immediately placed on ice and stored at 4⁰C until further processing.
Cations were measured on acidified samples with Inductively Coupled Plasma-Atomic Emission
Spectroscopy and anion concentrations were measured with a Dionex ICS-2500 Ion Chromatogram at
Pennsylvania State University.
Based on our observations, Achromatium populations decline after two weeks in natural sediments
stored at temperatures between 4 and 30⁰C. Thus, fresh sediments from the basin were regularly collected
as described above and shipped on ice overnight to Pennsylvania State University for further processing.

2.3.2. Cell purification
Fresh sediments were sequentially filtered through pre-sterilized 100, 63 and 40 µm sieves to
remove particles larger than Achromatium. The cells were concentrated using the ‘gold panning’ method
that takes advantage of their fast sedimentation rate (de Boer et al., 1971; Glöckner et al., 1999) and
counted by direct microscopic observation. After the heavy cells sedimented, the majority of small
particles were carefully removed by repeated decanting in distilled water. Enriched Achromatium cells
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were then sorted by flow cytometry through a Beckman Coulter MoFlo Astrios employing a 100 µm
nozzle and a flow rate of approximately 2,000 events per second. This fraction was washed three times
after sorting with UV-treated phosphate-buffered saline (PBS) at pH 7 to remove residual free DNA.
Single cells of Achromatium were carefully hand-picked with a pre-sterilized syringe needle (127 µm
inner diameter, Hamilton Company, Reno, NV, USA) attached to a micromanipulator, transferred to 3 µl
of UV-treated PBS, and immediately frozen at -20⁰C.

2.3.3. Genomic DNA amplification, sequencing and assembly
Genomic amplification was carried out using the REPLI-g Single Cell Kit according to
manufacturer's protocol (Qiagen, Valencia, CA). Briefly, single Achromatium cells in PBS were thawed
at room temperature and lysed following the addition of alkaline Buffer D2 solution at 65⁰C for 10 min.
Stop Solution was added to stop the lysis reaction and to neutralize the solution. Genomic DNA was then
amplified with Φ DNA polymerase at 30⁰C for 8 hours followed by deactivation at 65⁰C for 3 min.
Results of the amplification were checked by NanoDrop (Thermo Fisher Scientific Inc, Wilmington, DE).
Amplified genomic products were then screened for the presence of 16S rRNA gene sequences using 1
uL of 1:25 dilutions of amplified gDNA in a polymerase chain reaction (PCR) with 27f and 1492r primers
(Lane, 1991). PCR cycling conditions were described previously (Macalady et al., 2008). Unpurified PCR
products were sequenced by Sanger sequencing at the Genomics Core Facility at Pennsylvania State
University. Partial sequences were assembled with CodonCode Aligner, version 4.0.4 and were manually
checked for chimeras. Three amplified genomic products (WMS1, WMS2 and WMS3) contained single
16S rRNA gene sequences, and all were affiliated with the genus Achromatium based on BLASTN. The
16S rRNA gene sequences from the single cells and closely related sequences identified with BLASTN
searches were automatically aligned to the SILVA reference alignment using the SINA Webaligner and
merged into the SILVA version 108 database (Pruesse et al., 2007). The alignment was manually refined
in ARB (Ludwig et al., 2004). To rigorously assess the placement of the single cell genomes in the genus
Achromatium using the 16S rRNA sequences, multiple phylogenetic tree construction methods were
employed. Neighbor-joining, maximum parsimony and maximum likelihood trees were calculated in
ARB using 1000 bootstrap replicates. Trees were calculated in MEGA (ver. 6.05; Tamura et al., 2013)
using neighbor-joining and maximum likelihood methods and the tree topology was evaluated by 1000
bootstrap resamplings. One thousand bootstrap samples were generated and evaluated in PhyML under
the HKY85 substitution model and the gamma distribution with four rate categories. The relationship
among Achromatium spp. was further examined by Bayesian phylogeny inference analyses with the HKY
substitution matrix for 100,000 generations with MrBayes (Ronquist et al., 2012). All trees were
congruent and displayed identical branching order. 16S rRNA secondary structures were visualized with
the XRNA software (http://rna.ucsc.edu/rnacenter/xrna/xrna.html).
The three amplified genomic products were subjected to whole genome sequencing at the Genomics
Core Facility at Pennsylvania State University. Genomic libraries were prepared using a TruSeq DNA
PCR-Free kit (Illumina, San Diego, CA) to reduce bias and sequenced using the Illumina MiSeq platform
(paired ends, 250 bp read length) (Illumina, San Diego, CA). Quality of the reads was checked with
FastQC (bioinformatics.babraham.ac. uk/projects/fastqc). Based on the quality check, the first 10 and last
15 base pairs of the reads were trimmed with Trimmomatic (Bolger et al., 2014), with further trimming at
the ends if the read qualities fell below a phred-33 quality value of 20. Only reads with a minimum length
of 50 base pairs were used for assembly. Reads from each single cell (WMS1, WMS2, WMS3) were
assembled independently using IDBA-UD (Peng et al., 2012), Velvet-sc (Chitsaz et al., 2011) and A5MiSeq (Coil et al., 2014). The resulting assemblies were compared using Quast (Gurevich et al., 2013)
and the best assembly for each cell was chosen based on the longest contig, the fewest number of contigs
and the largest N50. Assembly with IDBA-UD was the best in all cases. To further improve assembly, a
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step size of two was chosen for k-mer increments up to 201 in IDBA-UD and the output was manually
checked for the best assembly based on the criteria listed above. Contigs less than 500 bp were removed
from each assembly. Each assembly was then assessed for the presence of contaminants using BLASTN.
Contigs with high similarity to eukaryotic or phage sequences were removed. The potential presence of
microbial contaminant sequences was evaluated through a binning approach within the program
MetaWatt (version 1.7; Strous et al., 2012). Genome completeness was estimated based on a set of
conserved, single-copy housekeeping genes (Supplementary Table 1; Gil et al., 2004).
2.3.4. Annotation
The draft genomes were annotated using RAST (Aziz et al., 2008; Overbeek et al., 2014) and the
Kyoto Encyclopedia of Genes and Genomes server (KEGG; Kanehisa & Goto, 2000). Annotation of
respiratory genes was manually checked with BLASTP, with an e-value cutoff of <1 x 10-4 and a
minimum identity coverage of 75%. An annotation was accepted as correct only if two out of the three
methods described gave the same functional annotation. Amino acid sequences annotated as
sulfide:quinone reductase (Sqr) and type 1 [NiFe]-hydrogenases from the single cell genomes were
further grouped into their respective homologs based on phylogenetic analyses. The sequences were
aligned with ClustalX. Alignments were populated with closely related sequences and manually curated.
Phylogenetic trees were prepared using MEGA as described above. The Sqr sequences were classified
according to Gregersen et al. (2011) while type 1 [NiFe]-hydrogenases were classified based on Pandelia
et al. (2012). For identification of genes encoding enzymes necessary for nitrate respiration, full-length
sequences of component proteins of Nap and Nar were mined from public databases using functional
annotation and BLAST. Multiple query sequences for BLAST searches against the single cell genomes
were chosen. To be identified as a putative Nap or Nar component, BLASTP/BLASTX hits were required
to meet the following criteria: each functional gene for all alignments had to cover greater than 70% of
the total query, with e-value scores greater than 1e-4 and a bit score > 100. Putative calcium-binding
motifs in amino acid sequences were identified via Prosite (prosite.expasy.org) based on a motif list
prepared by Santamaria-Hernando et al. (2012). Three publicly available genomes of cyanobacteria that
contain carbonate inclusions (Benzerara et al., 2014) were downloaded from NCBI for comparison. These
consists of Chroococcidiopsis thermalis PCC 7203 (Shih et al., 2013), Cyanothece sp. PCC 7425
(Bandyopadhyay et al., 2011) and Thermosynechococcus elongatus BP-1 (Nakamura et al., 2002).
2.3.5. Nucleotide sequence accession numbers
Raw sequence reads of all samples were deposited at the NCBI Short Read Archive (SRA) and can be
accessed under the accession numbers SRR1771604, SRR1771715 and SRR1771809. Draft genome
sequences were deposited at GenBank under the accession numbers JXSM00000000, JXSN00000000 and
JXSO00000000 and the versions described in this paper are JXSM00000000, JXSN00000000 and
JXSO00000000. 16S rRNA gene sequences have been deposited in GenBank under the accession
numbers KP694216 through KP694218.
2.4. Results
2.4.1. Geochemistry
Geochemistry of the WMS spring water was analyzed during sampling trips in 2012 and 2013. In
2012, dissolved oxygen (DO) in the basin was depleted (<20 µM) below a water depth of 2 m, while total
sulfide concentration varied between 20-30 µM throughout the water column (Fig. 2-1b). In contrast, on
28 October 2013, there was no detectable sulfide at the water surface. DO decreased with depth to <20
µM at 10 m while sulfide increased with water depth within the basin, reaching 10 µM at 20 m. The
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following day, 8 µM sulfide was detected at the water surface (Table 2-1). Other geochemical parameters
showed no significant variations with depth in the basin. Nitrate remained at less than 0.16 µM
throughout the water column. Nitrite was below the detection limit (0.5 µM). Dissolved calcium
concentration was 11.1 mM. Total dissolved Fe remained at less than 0.5 µM throughout the water
column. Other geochemical parameters in the basin were similar to values reported by Lackey & Lackey
(1961).
Three locations along the outflow stream were chosen as sample sites in addition to the basin (Fig. 21a). All of the outflow sample sites had near-neutral pH, low levels of dissolved Fe (<0.9 µM), low levels
of dissolved sulfide (<1.1 µM) and low levels of nitrate (<1 µM) (Table 2-1). Dissolved sulfate was
lower in the outflow sites relative to the basin, with the lowest concentration measured at Site C (10.413.3 mM). Temperature and conductivity at Site C were measured at 26.1-27.3⁰C and 27.5-28.3 mS/cm
respectively. These values were lower relative to other outflow sites, which had values comparable to the
basin (27.7-30⁰C and 29.3-30.4 mS/cm respectively). Furthermore, DO at site C was measured at 65-73
µM and this was higher relative to Sites A and B (17-39 µM). Geochemistry of Site C, the farthest
downstream site sampled, is likely influenced by freshwater inputs leading to relatively lower
concentrations of sulfate, lower temperature, lower conductivity and higher amounts of DO.
Surface sediments from all sampling sites were composed of organic-rich peat mixed with silicate
sand. Surface sediments from the littoral zone of the basin were characterized by high porosity (0.9, n =
2), high organic matter (21.9-26.6 wt%, n =2) and low AVSsolid (0.3-0.6 µmol/g solid, n = 3).
Decarbonation prior to LOI analysis did not yield notably different estimates of sedimentary organic
matter content, suggesting that inorganic carbon in carbonate minerals was not present in the sediment in
significant amounts.
Achromatium cells were abundant in surface sediments in the littoral zone of the basin, reaching cell
densities of 200-500 cells/cm3 of wet sediment. The size and shape of observed cells varied but typically
exceeded 15 µm on the shortest axis with a maximum of 45 µm on the longest axis (Figure 2-2). Calcite
and sulfur inclusions had diameters of 3-7 and 0.5-1.5 µm respectively. No white mats or veils typical of
sulfur-oxidizing bacteria were observed at the sediment-water interface in the basin. Along the outflow
channel, Achromatium was not observed at Site A or Site C where white microbial mats were abundant,
but Achromatium was observed in the surface sediments from Site B where white microbial mats were
absent or weakly developed. The abundance of Achromatium at Site B was <100 cells/cm3 of wet
sediment.
2.4.2. Cell isolation and phylogeny of Achromatium populations
Single cells of Achromatium from a bulk sediment sample collected from the basin were isolated
by a combination of differential sedimentation, flow cytometry, and micromanipulation. The sorted
fraction from flow cytometry (Figure S 2-1) contained less than 4% Achromatium intermingled with
abundant mineral particles and a few diatoms. Attempts to further purify the Achromatium cells based on
size or lack of fluorescence were unsuccessful. Hand-picked single cells were subjected to whole genome
amplification and screened for 16S rRNA genes prior to genomic sequencing. The WMS single cell 16S
rRNA gene sequences had high sequence identity to known Achromatium phylotypes. WMS3 was most
similar to “Candidatus Achromatium palustre” recovered from Sippewissett Salt Marsh (HG934343) with
99% 16S rRNA gene identity, while WMS1 and WMS2 were only weakly affiliated with existing clades
(Figure 2-3). Based on visualization of 16S rRNA secondary structure, WMS3 has a deletion affecting
helix 38 in the V6 region (“Cluster A”), whereas WMS1 and WMS2 lack the deletion (“Cluster B”) (Gray
et al., 1999a, Glöckner et al., 1999; Salman et al., 2015).
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2.4.3. Genome completeness and purity
Single-cell genomes were sequenced with Illumina MiSeq, yielding 1.6 to 2.4 Gb of raw sequence
data per genome. After removing low quality reads, over 99.5% of total reads remained. Assembly
yielded draft genome sizes of 1.3, 2.8 and 3.8 Mbp for WMS1, WMS2 and WMS3 respectively (Table 21). Each draft genome sequence contained approximately 1,000 contigs with N50 values ranging from
2,561 bp for WMS1 to 8,360 bp for WMS2. Based on single copy marker genes (Table S 2-1), WMS1 is
40% complete and WMS2 and WMS3 are both 80% complete. Estimated Achromatium genome sizes
range between 3.3 and 4.8 Mbp.
Using BLASTN, we identified several contigs with homology to Homo sapiens or the bacteriophage
phi X. These sequences made up <0.1 to <0.3 Mbp of the total assembled sequences in each draft single
cell genome. Contaminant sequences were removed immediately after assembly. We then used an
intrinsic binning-based approach to identify potential microbial contaminants. Using MetaWatt’s low
confidence threshold (Strous et al., 2012), tetranucleotide binning grouped >98% of contigs from each
draft genome into a single ‘Proteobacteria’ bin. Microscopy observations prior to single-cell
micromanipulation did not reveal any prokaryotic cells, and no growth was observed in mineral media
amended with acetate. PCR with bacterial domain-specific primers 27f and 1492r yielded a single 16S
rRNA gene sequence per cell. Finally, sequences of the assembled contigs within each draft genome
displayed a unimodal distribution for GC%. Collectively, these data indicate no evidence for
contamination in the draft genomes.
2.4.4. Anabolism and motility
Each of the three draft genomes contains a partial set of the genes required for glycolysis, the
tricarboxylic acid cycle and the synthesis of key amino acids and vitamins. Collectively however, the
draft genomes contain the complete set of genes needed for glycolysis and the tricarboxylic acid cycle as
well as for the synthesis of the 20 common amino acids and key vitamins. WMS3 also contained genes
encoding for resistance to the antibiotics vancomycin (vanW) and penicillin (outer membrane protein
gene tolC).
WMS2 and WMS3 had genes encoding for acetate permease, acetyl-CoA synthetase and RuBisCO
(Figure 2-4; Table S 2-2 List of identified metabolic genes in the draft genomes of
AchromatiumTable S 2-2), supporting previous observations that some Achromatium populations
exhibit mixotrophic or facultative lithoautotrophic lifestyles (Gray et al., 1999b; Gray et al., 2000). No
evidence for known carbon fixation pathways other than the Calvin-Benson-Bassham Cycle was detected.
Carbonic anhydrase was detected in all three draft genomes. WMS2 and WMS3 encoded the nitrogen
fixation structural component gene nifDHK. Genes encoding for glutamate dehydrogenase, required for
ammonium incorporation, were also detected in all three draft genomes.
The genes enabling Achromatium’s jerky, rolling motility potentially belong to the twitching motility
gene set (pil). The WMS3 draft genome contained the complete pil gene set (pilGHIJTU) while the
WMS1 and WMS2 draft genomes contained at least one gene involved in twitching motility. Several
genes encoding chemotaxis response proteins were identified including the aerotaxis receptor (aer) the
cheABRWY complex, motility protein B (motB) and genes encoding for various methyl-accepting
chemotaxis proteins. The regulators of these genes/proteins are not known (Marshall et al., 2012).
However, the presence of these genes is consistent with previous observations of vertical migration of
Achromatium cells within sediment columns hosting chemical gradients (Gray et al., 1997).
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2.4.5. Energy metabolism
We identified multiple genes encoding enzymes involved in sulfur oxidation in the Achromatium
draft genomes. Sulfide may be converted to S(0) through the activity of sulfide:quinone reductase (Sqr).
A gene encoding for Sqr type C was identified in WMS2 while a gene encoding Sqr type A was identified
in WMS3 (Figure S 2-2). The presence of at least one gene in the Sox pathway suggests that populations
represented by WMS2 and WMS3 can convert thiosulfate to S(0)/sulfate. S(0) may be further converted
to sulfite via rDsrAB or SoxCD (Loy et al., 2009; Gregersen et al., 2011). WMS2 had the genes encoding
both subunits of rDsrAB while only the gene encoding rDsrB was identified in WMS3. The genes
encoding SoxCD were not identified in WMS2 or WMS3. In contrast, a sequence encoding SoxD was
identified in WMS1. Neither genes encoding for SoxC nor rDsrAB were present in WMS1. In addition,
genes encoding for rhodanese were detected in WMS2 and WMS3. Rhodanese may function to oxidize
thiosulfate to form sulfite, sulfate or S(0) (Smith & Lascelles, 1966; Schedel & Truper, 1980). Conversion
of sulfite to sulfate may be catalyzed by genes encoding for sulfate adenyltransferase (sat), adenosine
phosphosulfate reductase (aprAB) and heterodisulfide reductase (hdrABC) (Mußmann et al., 2007;
Gregersen et al., 2011), which are partially/completely present in the draft genomes.
All three draft genomes contained genes encoding putative proteins with sequences homologous to
hydrogenases. The draft genome of WMS2 encodes an Isp type 1 [NiFe]-hydrogenase (Figure S 2-3)
while WMS1 and WMS3 have genes encoding for [FeFe]-hydrogenases with distant homology to
coenzyme F420 oxidoreductase. WMS2 and WMS3 also have genes that encode an additional [FeFe]hydrogenase.
We retrieved at least one gene encoding for components of cytochrome c oxidase (coxABC) in each
single-cell genome, suggesting that all three populations have the potential to utilize oxygen as an
electron acceptor. We did not identify any genes that encode typical nitrate reductase enzymes (i.e. Nar,
Nap). In WMS3, we found a gene encoding for hydroxylamine reductase, which may function in
dissimilatory nitrate reduction to ammonium (Jones et al., 2015). WMS2 can potentially reduce nitrite to
nitric oxide via a copper-containing nitrite reductase (EC 1.7.2.1). rDsrAB, encoded in the draft genome
of WMS2, is also known to slowly reduce nitrite to ammonia (Haveman et al., 2004). All three draft
genomes include norBC, which encode the machinery necessary to reduce nitric oxide to nitrous oxide
(e.g. Watmough et al., 1999).
In addition to oxygen, nitrite and nitric oxide, several other electron acceptors are potentially utilized
by Achromatium based on annotated genes in the draft genomes, including polysulfide, thiosulfate and
arsenate. In WMS2 and WMS3 we identified protein coding genes with homology to the NrfD-like
polysulfide reductase, which catalyzes the reduction of polysulfide to sulfide (e.g. Krafft et al., 1995). In
WMS2 we also identified a gene that encodes the C subunit of PhsABC, which functions as a thiosulfate
reductase (Mußmann et al., 2007). A gene encoding an arsenate reductase (arsC) was identified in
WMS2. No genes encoding proteins implicated in Fe reduction were identified. Siderophore biosynthesis
genes were similarly not identified, even though genes encoding for TonB-dependent receptors and
siderophore-specific ABC transporters were present in the draft genomes.
Additionally, we identified multiple genes related to diverse inclusions in Achromatium. Genes
encoding for sulfur globule protein B (SgpB) (Brune, 1995) were identified in WMS2 and WMS3. We
also identified genes encoding a polyphosphate kinase (PPK) in all three draft genomes, suggesting that
Achromatium can utilize polyphosphates (polyP) and may store them for energy reserves. However, PPK
alone does not indicate the presence of polyP granules. Finally, we identified genes encoding for
polyhydroalkanoate synthase (PHA) in WMS1 and WMS3 and for glycogen synthase in WMS3. Acetate
may be converted to either PHA or glycogen for carbon and energy storage using energy gained from
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polyP degradation, similar to Thiomargarita (Schulz et al, 2005) and marine Beggiatoa (Mußmann et al.,
2007).
2.4.6. Possible calcification-related genes
Carbonic anhydrase, which interconverts bicarbonate (HCO3-) and CO2(aq),was identified in all three
draft Achromatium genomes. Genes encoding for Ca2+-ATPase (PMCA-like membrane pump) and a
predicted Na/H+-Ca exchanger (yrbG) were identified in WMS2 and WMS3. We also identified several
genes encoding subunits of vacuolar(V)-type ATPases and for pyrophosphatase (PPase), which can
generate a transmembrane H+ electrochemical gradient that can be used to drive transport of substrates
across biological membranes (Martinoia et al. 2000, Beyenbach & Wieczorek, 2006).
Predicted proteins in the Achromatium draft genomes were examined to identify Ca-binding motifs,
which could participate in calcification reactions. Several homologous proteins containing cadherin and
hemolysin motifs were identified in WMS1 and WMS3 but not in WMS2. All of these proteins have
unknown functions based on annotations. Other Ca-binding proteins identified in Achromatium were
annotated as enzymes with caspase activity, NADH activity or involved in sugar biosynthesis.
We compared the Achromatium genes to genes present in the genomes of three cyanobacteria capable
of forming calcite inclusions (Benzerara et al., 2014). Carbonic anhydrase genes were present in C.
thermalis PCC 7203 and Cyanothece sp. PCC 7425 but not in T. elongatus BP-1. Genes encoding for
Ca2+-ATPase were present in all three cyanobacteria while genes encoding for other membrane
transporters (Na/H+-Ca2+ exchanger, V-type ATPases and PPase) were missing. Achromatium proteins
containing hemolysin motifs were very distantly related (<30% identity) to Ca-binding proteins in the
genomes of C. thermalis PCC 7203 and Cyanothece sp. PCC 7425 and had no homology to proteins in
the genome of T. elongatus BP-1. Proteins containing cadherin motifs in Achromatium did not share any
homology to proteins in the three cyanobacteria.
2.5. Discussion
2.5.1. Phylogeny
Achromatium phylotypes have been grouped into two clusters based on phylogenetic analysis of
the 16S rRNA gene and the presence/absence of a deletion affecting helix 38 in the V6 region (Gray et
al., 1999a, Glöckner et al., 1999; Salman et al., 2015). However, the WMS phylotypes are deeply
branching sister groups to preexisting clades and do not fall neatly within existing taxonomic clusters
based on phylogenetic analyses of full-length 16S rRNA genes carried out using multiple tree-building
methods (Figure 2-3). WMS3 is closely related to the only known marine representative, “Ca.
Achromatium palustre”. Both WMS3 and “Ca. Achromatium palustre” lack helix 38, but are not affiliated
with other Cluster A sequences. WMS1 and WMS2 both have intact helix 38 but are only weakly
affiliated with each other or with other Cluster B phylotypes.
2.5.2. Habitats of Achromatium
Achromatium populations have been found in freshwater sediments that are oxic or microoxic with
low levels of sulfide (<30 µM), and in salt marsh sediments where sulfide concentrations are highly
variable (0-2,500 µM). The freshwater sediments are characterized by a weak sulfide generation capacity
(low sulfate reduction rates) and/or continuous sulfide removal through iron sulfide precipitation
(Babenzien, 1991; Babenzien & Sass; 1996; Head et al., 2000b; Gray, 2006; Gray & Head, 2014), leading
to the suggestion that Achromatium cells may benefit from the ability to access reduced sulfur trapped in
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minerals such as iron sulfides (Gray, 2006; Gray & Head, 2014). Previous studies have shown that
microbial oxidation of sulfide minerals to S(0)/sulfate can be coupled to nitrate, nitrite and/or oxygen
reduction at neutral pH (e.g. Drobner et al., 1992; Vaclavkova et al., 2014 and references therein),
although the mechanisms for accessing the sulfide at neutral pH are not well-studied. Our data suggest
that dissolved sulfide may be continuously or intermittently limiting in the shallow-water, sunlit surface
sediments at WMS. Achromatium is abundant at outflow Site B, where dissolved sulfide in the bulk water
was below detection limits (<0.16 µM) at the time of sampling, and in the littoral zone of the basin, where
sulfide concentrations were highly variable with a maximum of 30 µM over a 24 hour period.
To evaluate whether Achromatium in the WMS basin sediments could benefit by accessing sulfide
minerals for reducing power, we compared the amount of total dissolved sulfide available in the sediment
pore water (assuming 30 µM concentration) versus the amount of sulfide trapped in sulfide minerals
(AVSsolid) over the same sediment depth interval. Accounting for porosity, 1 cm3 of sediment contains
approximately 0.03 µmol of dissolved sulfide and 0.05-0.10 µmol of sulfide trapped in sulfide minerals.
Therefore, Achromatium would gain an advantage relative to other sulfur-oxidizing bacteria in the surface
sediments by being able to access sulfide from AVSsolid.
Relatively high sediment organic carbon content has been postulated as another factor that defines the
ecological niche of Achromatium (Head et al., 2000a; 2000b) and indeed sediments at WMS contain a
high concentration of organic matter, similar to other habitats where Achromatium is abundant (Table
2-3). Based on the presence of RuBisCO, acetate permease and acetyl-CoA synthetase genes in the
WMS2 and WMS3 draft genomes, Achromatium populations at WMS can likely both assimilate organic
carbon and fix inorganic carbon, similar to the well-studied Achromatium populations at Rydal Water
(Gray et al., 2000). In contrast, Achromatium populations in a freshwater pond near Hell Kettles, County
Durham, UK, (54⁰29’N, 1⁰33’W) do not appear to contain genes for RuBisCO, but can assimilate organic
carbon (Gray et al., 2000). Heterotrophy may thus be a conserved trait within the Achromatium genus,
whereas autotrophy is not.
Water flow characteristics including turbulence have been shown to be important in predicting the
outcome of competition among sulfur-oxidizing Beggiatoa, Thiothrix and Sulfurovumales-group
Epsilonproteobacterial populations in sulfidic cave waters (Macalady et al., 2008). This is not surprising
since flow characteristics directly influence gas exchange and water chemistry as well as forces that can
sweep away non-attached cells. In the sample locations where we detected Achromatium (basin and
outflow site B), we observed little turbulence and a lack of conspicuous mat-forming sulfur oxidizers.
Achromatium was not detected at sample sites in between or further downstream, where water turbulence
was consistently higher. Our observations are consistent with the idea that water flow characteristics play
an important role in controlling the distributions of Achromatium.
2.5.3. Metabolic versatility of Achromatium populations
Based on the draft genomes, Achromatium populations at WMS are likely carbon mixotrophs with
highly versatile respiratory metabolisms. WMS populations can probably generate energy from the
oxidation of sulfide, thiosulfate, S(0), and hydrogen. Interestingly, phylogenetically distinct Achromatium
cells had significant differences in their genetic potential for carrying out energy generation reactions
(Figure 2-4; Table S 2-2). In terms of sulfide oxidation, SqrA (encoded in the WMS3 genome) is well
characterized and has a high (micromolar) affinity for sulfide (Marcia et al., 2010), while the sulfide
affinity of SqrC (encoded in the WMS2 genome) is not well known. WMS2 and WMS3 appear to use
rDsrAB for S(0) oxidation, while WMS1 uses SoxCD. rDsrAB and SoxCD genes are typically not found
in the same organism (Loy et al., 2009; Gregersen et al., 2011), with the only known exception in
Roseobacter (Lenk et al., 2012). Genes encoding three types of hydrogenases were identified in the draft
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genomes. One of them, Isp type 1 [NiFe]-hydrogenase, has been linked to sulfur-dependent metabolism
(Pandelia et al., 2012). Type 1 [NiFe]-hydrogenases are the primary hydrogenases for growth on H2
coupled to reduction of O2, nitrate, sulfate, S(0), fumarate or CO2 , and also recycle H2 produced by the
enzyme nitrogenase (Vignais et al., 2001). The other two hydrogenases we identified are not closely
affiliated to any well-characterized hydrogenases, and their exact functions are therefore unknown. In
general, hydrogenases are oxygen sensitive although several forms maintain catalytic activity in
oxygenated environments (Vignais et al., 2007; Pandelia et al, 2012). In Achromatium, it is possible that
different types of hydrogenases may be better suited to different redox zones in the sediments due to
varying levels of oxygen.
We have strong evidence based on the presence of terminal oxidases and other respiratory genes that
Achromatium populations at WMS can utilize oxygen, polysulfide/thiosulfate, and NO as electron
acceptors. We found only weak evidence for nitrate and nitrite respiration genes. The WMS3 draft
genome contains a gene encoding a putative nitrate reductase (hydroxylamine reductase). The WMS2
draft genome contains a gene encoding a copper-containing nitrite reductase (EC 1.7.2.1). Genes
encoding typical nitrate reductase enzymes (Nap, Nar) were not detected even after an extensive
BLASTP/BLASTX search of the Achromatium draft genomes (assembled and unassembled reads) against
sequences of well-characterized nitrogen respiration enzymes. Although nitrate profiles within sediments
showed no clear relationship with Achromatium cell numbers in one previous study (Head et al., 2000a),
Gray et al. (2004) showed that certain Achromatium populations survive longer under anoxic conditions
when nitrate is provided. It is possible that nitrate and/or nitrite respiration genes are present in some or
all Achromatium populations but were not observed due to amplification bias or incomplete coverage in
the single-cell genomes.
2.5.4. Genomic insights on mechanisms of calcite precipitation
Bicarbonate (HCO3-) is freely available in natural waters and can be interconverted to CO2(aq) by the
action of carbonic anhydrase, which is present in all three draft genomes. Carbonic anhydrase is an
important enzyme in microbially mediated extracellular calcite precipitation (e.g. Kupriyanova et al.,
2007; Li et al., 2010) and eukaryotic biomineralization (e.g. Marie et al., 2012; Mann et al., 2012), and
could therefore be involved in modifying saturation states of calcite in Achromatium vacuoles.
Proteins containing Ca-binding motifs or Ca2+-channels could potentially participate in calcite
biomineralization reactions, but we did not identify any putative calcification genes by homology within
the draft genomes. Calcium concentrations in the cytoplasm and vacuoles could be regulated via
membrane pumps such as Ca2+-ATPase (PMCA-like), Na/H+-Ca exchangers, V-type ATPases and PPase.
V-type ATPases are common in eukaryotes and archaea but are rarely present in bacteria (Beyenbach &
Wieczorek, 2006). “Candidatus Allobeggiatoa”, which contains nitrate storage vacuoles, employs V-type
ATPases and PPase to generate ATP by pumping protons into the cytoplasm across the vacuolar
membranes (Beutler et al., 2012). Alternatively, proton gradients generated by V-type ATPases and PPase
at the expense of ATP can be used to drive transport of substrates across vacuolar membranes (Martinoia
et al., 2000; Beyenbach & Wieczorek, 2006) and were proposed to facilitate nitrate uptake in marine
Beggiatoa (Mußmann et al., 2007). In Achromatium, V-type ATPases and PPase might be used to drive
the uptake of Ca2+ from the cytoplasm into the vacuoles, or may have a direct role in energy metabolism
as in “Candidatus Allobeggiatoa”. Genes encoding for the subunits of V-type ATPases and PPase in the
Achromatium draft genomes reside on short contigs and no co-localized transporter genes were identified
on these contigs. Thus the function of these membrane transporters in Achromatium remains a subject for
further investigation.
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We compared the draft genomes of Achromatium to those belonging to three cyanobacterial species
containing carbonate inclusions in hope of finding closely related genes that may participate in
intracellular calcification. Out of all the possible calcification-related genes discussed, only Ca2+-ATPases
are encoded in Achromatium (WMS2 and WMS3) and all three cyanobacterial genomes. Interestingly, Vtype ATPases and PPase were not present in the genomes of these cyanobacteria. This suggests that either
different calcification pathways are utilized in these different lineages or that the genes discussed here are
not essential for intracellular calcification. Further studies are required to resolve this matter.
2.5.5. Metabolic role(s) of calcite inclusions
Carbonate inclusions are rare in prokaryotic cells and are a defining feature of the morphology of
Achromatium as well as several species of cyanobacteria. Whereas cyanobacteria are known to induce
the extracellular precipitation of calcium carbonate minerals as a result of rapid uptake of inorganic
carbon during photosynthesis, bacteria such as Achromatium oxidize reduced sulfur compounds
completely to sulfate, resulting in a net production of protons that should have a negative influence on
carbonate precipitation. The function of intracellular carbonate inclusions in prokaryotes is not well
understood, and may differ even among cyanobacterial species (Benzerara et al., 2014). Multiple
hypotheses have been proposed for the function of carbonate inclusions in Achromatium (summarized in
Gray & Head, 2014), and these are discussed briefly below in light of new data generated in our study.
Since we did not identify any genes involved in methanogenesis or acetogenesis in the three draft
genomes, we consider it very unlikely that the carbonate in calcite serves as an unconventional electron
acceptor in CO2 respiration (Babenzien, 1991). Head et al. (1995; 2000b) suggested that calcite
precipitation could be used to maintain a high intracellular partial pressure of CO2 for carbon fixation. In
the WMS basin water, we calculated a dissolved CO2 concentration of about 200 µM after accounting for
salinity, pH and temperature (Fantle et al., 2010). This concentration is considerably higher than the
dissolved CO2 concentration in marine water, which falls between 10-80 uM. Furthermore, whereas
calcite inclusions are observed in all members of the genus to date, some Achromatium do not fix carbon
and/or lack genes encoding RuBisCO (Gray et al., 1999b; 2000). Thus, inorganic carbon storage for
carbon fixation cannot explain the presence of carbonate mineral inclusions in Achromatium populations.
Babenzien (1991) proposed that intracellular calcite precipitation is a buoyancy regulator to assist
migration of cells along vertical sediment redox gradients. In this scenario, calcite-filled Achromatium
cells sink deeper into the sediments, with subsequent dissolution to rise back to the surface. Contrary to
what this hypothesis would predict, several studies have shown that cells at the surface have more calcite
compared to cells deeper in the sediments (Babenzien, 1991; Head et al. 1995; Salman et al., 2015).
Furthermore, several studies report that Achromatium cells are motile. We observed twitching motility in
all populations at WMS, and at least one gene in the gene set coding for twitching motility was present in
all three single-cell genomes. Salman et al. (2015) considered a modified version of this hypothesis in
which Achromatium at the sediment-water interface benefit from the anchoring effect of dense inclusions.
At WMS, we observed that Achromatium were abundant only in relatively calm niches and were
outcompeted by filamentous giant sulfur oxidizers with holdfasts in more turbulent areas. Thus, high
density may well prove to be an advantage since ballasted cells are less likely to be swept away. A similar
role for carbonate mineral inclusions as ballast has been suggested for certain cyanobacteria (Couradeau
et al., 2012).
Two remaining previously proposed hypotheses are nominally consistent with our data and with the
limited literature on Achromatium physiology and ecology to date. Gray (2006) suggests that calcite
precipitation provides a source of protons to solubilize AVS minerals under sulfide-limiting conditions.
This hypothesis is consistent with the observation that freshwater Achromatium habitats are characterized
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by low and/or highly variable dissolved sulfide concentrations. At WMS, sulfide in AVS probably
represents a larger reservoir of electron donor than total dissolved sulfide. AVS could thus serve as an
external solid source of electron donor in addition to intracellular stored S(0). Mechanisms by which
Achromatium could enhance AVS mineral dissolution include the production of siderophores (Page &
Huyer, 1984) and excretion of protons from sulfur oxidation or calcite precipitation (Gray et al., 2006).
The absence of siderophore synthesis genes but presence of siderophore transport genes in the draft
genomes is difficult to interpret but does not preclude the possibility that proton-mediated dissolution
may enhance AVS solubilization by Achromatium. We note however that calcite-filled Achromatium
have been recently reported in a marine environment with high dissolved sulfide, where AVS may
represent a much smaller resource (Salman et al., 2015).
Lastly, several authors suggest that calcite dissolution could function as a buffer against acidity
generated by S(0) oxidation (La Riviere & Schmidt, 2006; Salman et al., 2015). Although it is unclear
why such a buffer should be needed by Achromatium cells and not by other giant sulfur oxidizers found
in geochemically similar habitats, recent work by Salman et al. (2015) documents correlations among
internal cell Ca:S ratios, pH, dissolved sulfide, and dissolved oxygen. They provide clear evidence that
the growth and consumption of calcite inclusions are linked to dynamic temporal and spatial changes in
environmental conditions that influence both acid production and the availability of electron donors and
acceptors. In their conceptual model, acid consumption during sulfide oxidation to stored S(0) proceeds
with CaCO3 precipitation under sulfidic conditions, with subsequent dissolution of the calcite inclusions
as acid is produced during S(0) oxidation to sulfate. Given the significant variations in the number of
protons produced or consumed during each phase of respiration depending on whether O2 or oxidized
nitrogen species are used as electron acceptors (Salman et al., 2015), Ca:S ratios would be expected to
vary in a potentially complex fashion.
An additional hypothesis for the function of calcite inclusions emerges from our genomic data. Based
on the recognition that calcite precipitation generates protons at circumneutral cytoplasmic pH (equation
1),
Ca2+ + HCO3- → CaCO3 + H+

(1)

It is possible that Achromatium generates ATP across calcite-containing vacuole membranes
containing V-type ATPases and PPase, by analogy to ATP generation across vacuolar membranes
containing nitrate in “Candidatus Allobeggiatoa” (Beutler et al., 2012). If this process occurs, it
represents a previously unrecognized mechanism for prokaryotic energy generation based on
chemiosmotic gradients produced by mineral precipitation.
In order to evaluate our new hypothesis, we asked whether the calcite precipitation reaction could
generate enough energy for cell survival or growth. The amount of calcium in an average Achromatium
cell is approximately 0.05 nmol Ca/cell (Head et al., 2000b). Ignoring small contributions from free
intracellular calcium (<1 fmol Ca) and assuming that all calcium in the cell is in the form of calcite, an
average Achromatium cell thus contains 0.05 nmol calcite/cell. One mole of precipitated calcite generates
1 mole H+ and 1 mole of ATP requires approximately 3 moles of H+ under aerobic conditions (Madigan et
al., 2006). Therefore, 16 pmol ATP can be generated from the calcite present in an average cell. This
exceeds the amount of energy required for the creation of a new Escherichia coli cell (one cycle of cell
division) by two orders of magnitude under anaerobic or aerobic growth (0.1-0.2 pmol; Hempfling &
Mainzer, 1975; Farmer & Jones, 1976; Stouthammer & Bettenhausen, 1977). Assuming that similar
energy requirements apply to Achromatium, one round of calcite precipitation in a single cell would
enable six to seven cycles of cell division, producing a population size of 64-128 Achromatium cells.
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If cells need to expend energy to pump calcium into vacuoles in order to precipitate calcite, the
energy yield from calcite precipitation would be significantly smaller than the estimates above. We also
note that ATP generated from calcite precipitation is small compared to ATP that can be generated by
reducing nitrate in nitrate-storing vacuoles. Assuming that nitrate vacuoles make up 80% of cell volume,
that the vacuoles contain 250 mM nitrate, and that the energy yield is approximately 16 ATP per mole of
nitrate (coupled to sulfur oxidation), a typical cell gains between 0.08 to 375 µmol of ATP from the
reduction of stored nitrate. This yields at least four orders of magnitude more energy than calcite
precipitation. No nitrate vacuoles have been observed in Achromatium to date. Instead all known
Achromatium populations precipitate intracellular calcite, even in waters undersaturated with respect to
calcite such as acidic Lake Fuchskuhle (Glöckner et al., 1999) and the freshwater Rydal Water (Gray &
Head, 2014). Thus, it remains unclear why Achromatium would precipitate calcite to produce energy
instead of employing a more energetically rich nitrate storage strategy.
Further work is required to resolve the striking and enigmatic calcite precipitation behavior of
Achromatium populations. If calcite precipitation serves as an alternative energy generation scheme
mediated by V-type ATPases and PPase in vacuolar membranes, calcite inclusions should accumulate
when redox energy substrate availability is low. If calcite inclusions function as a reservoir of buffer to
offset sulfuric acid production, then they should accumulate in parallel with S(0) inclusions. Given the
spatially and temporally dynamic habitats favored by Achromatium populations, these two predictions are
not mutually exclusive. A third hypothesis, that calcite serves as ballast to anchor Achromatium cells
vulnerable to being swept away at the sediment water interface, is consistent with existing observations
and should also be considered.
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2.7. Tables and figures
Table 2-1 Summary of surface water geochemistry at Warm Mineral Spring.
a
Dissolved oxygen. bBDL; Below Detection Limit. cMethod detection limit, total sulfide = 0.16 µM.
d
Method detection limit, total Fe = 0.4 µM.
Site & distance
downstream

Basin
6/12

Date

28/10/13

Outflow Site A, 165m
29/10/13

27/10/1
3

28/10/1
3
No

29/10/1
3

Yes, 200-500 cells/cm3

Achromatium present?

Site B, 540m
28/10/1
29/10/1
3
3
Yes, <100 cells/cm3

Site C, 960m
28/10/1
3

29/10/1
3
No

pH

7.03

7.32

7.12

7.09

7.10

7.14

7.11

7.10

7.19

7.21

Temp (⁰C)

29.6

31.7

29.3

29.3

30.0

28.4

29.0

27.7

27.3

26.1

Conductivity (mS/cm)

28.9

32.6

30.5

29.3

29.5

29.8

29.7

30.4

27.5

28.3

DOa (µM)
Dissolved sulfide
(µM)b
Sulfate (mM)

255

191

11

36

22

18

39

17

73

65

33.1

BDL

8.0

0.2

BDL

1.1

BDL

BDL

BDL

0.3

17.7

12.1

15.0

12.5

14.2

11.7

11.3

12.9

10.4

13.3

Nitrate (µM)

0.16

<1.00

<1.00

<1.00

<1.00

<1.00

<1.00

<1.00

<1.00

<1.00

Fe (µM)c

0.5

BDL

BDL

BDL

0.9

0.7

BDL

0.7

0.7

0.9

Ca (mM)

-

11.1

-

-

-

-

-

-

-

-

K (mM)

-

2.8

-

-

-

-

-

-

-

-

Na (mM)

-

147

-

-

-

-

-

-

-

-

Mg (mM)

-

20.0

-

-

-

-

-

-

-

-

Cl- (mM)

-

239

-

-

-

-

-

-

-

-

NH3 (µM)

-

20.8

-

-

-

-

-

-

-

-

Table 2-2 Statistics for final draft genomes of Achromatium single cells.
Contaminant sequences with high homology to Homo sapiens and bacteriophage phi X have been
removed.
Statistics
Raw data (Gb)
GC (%)
N50 (bp)
Longest contig
(bp)
# of contigs
Average coverage
Assembly size
(Mbp)
Genome
completeness
Estimated
genome size
(Mbp)

WMS1
2.3
39
2,561

Cells
WMS2
1.6
43
8,360

WMS3
2.4
38
6,610

12,446

47,002

31,024

669
1,000x

777
600x

1,113
600x

1.3

2.8

3.8

40%

80%

80%

3.3

3.5

4.8

17

Table 2-3 Organic contents of sediments harboring Achromatium.
a
This study. bHead et al. (2000b). cGiblin and Howarth (1983). dCasper (1985). eMeasured as weight %
organic matter by the Loss-On-Ignition method, but reported as weight % organic carbon. Conversion
factor from organic matter to organic carbon was not reported. Data for Lake Dagow and Lake
Fuchskuhle are from Conrad et al. (2009) and Conrad et al. (2010), respectively.
Org matter
Org C
Location
(wt%)
(wt%)
Warm Mineral Springsa
21.9-22.6
Rydal Waterb

-

14.8-15.9

Hell Kettlesb

-

21.3-22.2

Jenny Damb

-

13.4-22.0

Sippewissettc

50-80

-

Lake Stechlind

53

-

Lake Dagowe

-

18-21

Lake Fuchskuhlee

-

43-44

Figure 2-1 Map and water column geochemistry of Warm Mineral Springs.
(A) Sampling sites at Warm Mineral Springs. (B) Water column depth profile of H2S (gray) and dissolved
oxygen (black) within the basin. Solid and dashed lines indicate profiles for June 2012 and 28 October
2013 respectively.
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Figure 2-2 Light microscopy images of Achromatium.
(A) Black arrows point towards Achromatium of various sizes and shapes (B) Phase contrast microscopy
of Achromatium. Calcite inclusions (black arrows) can be seen throughout the cell, while small sulfur
inclusions (white arrows) can be seen at the periphery.
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Figure 2-3 Maximum likelihood tree of 16S rRNA gene sequences of Achromatium populations with
Allochromatium vinosum and Beggiatoa alba as outgroups (OG).
NCBI accession numbers are given in parentheses. Sequences from the single cells analyzed in this study
were obtained by PCR of the amplified gDNA (WMS1, WMS2 and WMS3) and are identical to the 16S
rRNA gene sequences recovered from the assembled genomic data for each cell. The percent identity of
the WMS Achromatium 16S rRNA sequences relative to one another are highlighted. Bootsrap values
>85 based on 1,000 samplings are given for each node.
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Figure 2-4 Model for putative biogeochemical roles of Achromatium populations.
Different size/shape of Achromatium symbols represent different populations. Light gray Achromatium
symbols indicate the genes were not identified in the draft genome, possibly due to amplification bias.
Metabolic reactions are grouped according to those with genes identified in all three draft genomes (top),
in WMS2 and WMS3 (middle) and in a single draft genome (bottom). Text in grey indicate the proteins
catalyzing the reaction, with numbers in parentheses indicating a draft genome.
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2.8. Supplementary materials
Table S 2-1 List of gene markers used to estimate genome completeness.

Gene markers
rRNAs
23S
16S
5S
tRNA synthetases
Ala
Arg
Asn
Asp
Cys
Gln
Glu
Gly
His
Ile
Leu
Lys
Met
Phe
Pro
Ser
Thr
Trp
Try
Val
DNA maintenance
DNA pol III, α subunit
DNA pol III, β subunit
DNA pol III, ε subunit
DNA pol III, γ and τ subunit
DNA pol III, δ subunit
DNA pol III, δ' subunit
Replicative DNA helicase
DNA primase
DNA gyrase, A subunit
DNA gyrase, B subunit
DNA ligase

Presence
WMS1 WMS2 WMS3
+
+
-

+
+
+

+
+
+

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
-

+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
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SSB
DNA pol I
Ribonuclease H
Endonuclease III
Uracil-DNA glycosylase
RNA transcription
RNA helicase
Transcription elongation factor greA
Transcription termination protein NusA
RNA polymerase, β subunit
RNA polymerase, β' subunit
RNA polymerase, α subunit
RNA polymerase, ω subunit
σ54 factor RpoN
σ factor RpoS
σ factor RpoD
σ factor RpoE
σ factor RpoH
RNA translation
Cysteine desulfurase
Ribonuclease PH
Peptidyl-tRNA hydrolase
Elongation factor P
Elongation factor G
N(5)-glutamine methyltransferase PrmC
N(5)-glutamine methyltransferase PrmB
Initiation factor 1
Initiation factor 2
Initiation factor 3
Elongation factor LepA
Peptide chain release factor 1
tmRNA-binding protein SmpB
Elongation factor Ts
Elongation factor Tu
Polyribonucleotide nucleotidyltransferase
Ribonuclease III
Ribonuclease P
Ribosomal proteins
L1
L2
L3

+
+
+

+
+
+
+

+
+
+

+
+

+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
-

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
-

+
+

+
+
+
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L4
L5
L6
L7/L12
L9
L10
L11
L13
L14
L15
L16
L17
L18
L19
L20
L21
L22
L23
L24
L25
L26/S20
L27
L28
L29
L30
L31
L32
L33
L34
L35
L36
S1
S2
S3
S4
S5
S6
S7
S8
S9
S10

+
+
+
+
+
+
+
-

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
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S11
S12
S13
S14
S15
S16
S17
S18
S19
S21
Protein processing
Methionine aminopeptidase
Aminopeptidase pepA
Chaperone protein dnaK
Chaperone protein dnaJ
Hsp60 groES
Hsp60 groEL
Hsp grpE
Signal recognition particle subunit ffh
Signal recognition particle receptor protein ftsY
Preprotein translocase subunit secE
Preprotein translocase subunit secD/F
Preprotein translocase subunit secY
Preprotein translocase subunit yajC
Preprotein translocase subunit yidC
Preprotein translocase subunit secA
Preprotein translocase subunit secB
ATP-dependent protease HsIV
ATP-dependent protease La
Cell division protein ftsZ
Cell division protein ftsW
F-type ATPase
ATP synthase α chain
ATP synthase a chain
ATP synthase ε chain
ATP synthase β chain
ATP synthase c chain
ATP synthase b chain
ATP synthase γ chain
ATP synthase δ chain
V-type ATPase

+
+

+
+
+
+
+
+
+

+
+
+
+

+
+
+
+
+
+
+
-

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+
+

-

+
+
+
+
-

+
+
+
+
+
+
+
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+
+
+

A subunit
B subunit
C subunit
D subunit
E subunit
I subunit
K subunit

+
+
+
+
+
+

+
+
+
+
+

Table S 2-2 List of identified metabolic genes in the draft genomes of Achromatium

Genes
Oxygen metabolism
Cytochrome c oxidase (coxABC)
Carbon metabolism
Acetate permease
Acetyl-CoA synthetase (ACS)
Carbonic anhydrase
RuBisCO (rbcLS)
Polyhydroxyalkanoate (PHA) synthase
Glycogen synthase
Nitrogen metabolism
Nitrogenase (nifDHK)
Copper-containing nitrite reductase (EC 1.7.2.1)
NO reductase (norBC)
Putative nitrate reductase (hydroxylamine reductase)
Sulfur oxidation/reduction
Sulfide:quinone reductase (sqr)
sox
ABXYZ
CD
Reverse dissimilatory sulfite reductase (rdsrAB)
dsrMKJOP
Sulfate adenyltransferase (sat)
Adenosine-5′-phosphosulfate reductase (aprAB)
Polysulfide reductase (NrfD-like)
Rhodanese
Thiosulfate reductase (phsABC)
Heterodisulfide reductase (hdrABC)
Sulfur globule proteins (sgpABC)
Hydrogen metabolism

Draft genome
WMS1
WMS2
WMS3
B

AC

ABC

+
+
-

+
+
+
LS
-

+
+
+
LS
+
+

BC
-

DHK
+
BC
-

DHK
BC
+

-

Type C

Type A

D
+
ABC
-

ABYZ
AB
JP
+
+
+
+
C
ABC
B

AZ
B
MKJOP
+
+
+
+
B
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Isp type 1 [NiFe]-hydrogenase (large and small subunits)
[FeFe] hydrogenase, homology to coenzyme F420
oxidoreductase
[FeFe] hydrogenase
Motility-related
Twitching motility gene set (pilGHIJTU)
Chemotaxis response genes/protein
Aerotaxis receptor (aer)
Methyl chemotaxis proteins (MCP)
cheABRWY
Motility protein B (motB)
Transporters
Ca2+ ATPase (PMCA-like)
YrbG / Cation:H+ antiporter / Na:Ca exchanger (yrbG)
V-type ATPase (ABCDEIK subunits)
Pyrophospate-energized H+/Na+/K+ pump (hppA)
Arsenate metabolism
Arsenate reductase (arsC)
Phosphate metabolism
Polyphosphate kinase (ppk)
Siderophore-related
Siderophore-specific ABC transporter, periplasmic component
Siderophore transport system, periplasmic protein (tonB)
Siderophore transport system, transport protein (exbB)
TonB-dependent copper receptor
Antibiotic resistance
Vancomycin resistance protein (vanW)
Multidrug transporter (tolC)

-

+

-

+

-

+

-

+

+

G

GHIJT

GHIJTU

ABRY
-

+
ABWY
+

+
+
ABRWY
+

-

+

+

EIK
+

+
ABCEIK
+

+
ABDIK
+

-

+

-

+

+

+

+
-

+
+
+

+
+

-

-

+
+
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Figure S 2-1 Flow cytometry dot plot of filtered sediments containing Achromatium.
Achromatium cells were collected from the grey shaded area, along with diatoms and large mineral
particles.
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Figure S 2-2 Neighbor-joining tree of Sqr sequences recovered from the single cell genomes and closely
related sequences.
Sequences from single cells analyzed in this study are boxed. Classification of Sqr homologs is based on
Gregersen et al. (2011). Bootstrap values based on 1000 samplings are given for each node.

29

Figure S 2-3 Neighbor-joining tree of large subunits of type 1 [NiFe]-hydrogenases sequences recovered
from the single cell genomes and closely related sequences.
Sequences from single cells analyzed in this study are boxed. Classification of type 1 [NiFe]hydrogenases homologs is based on Pandelia et al. (2012). Bootstrap values based on 1000 samplings are
given for each node.
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CHAPTER 3 Transport-induced spatial patterns of sulfur isotope (δ34S) as biosignatures
Submitted to Astrobiology journal with co-authors Khadouja Harouaka, Matthew Gonzales, Jennifer
Macalady & Matthew Fantle.

3.1. Abstract
Cave minerals deposited in the presence of microbes can potentially be utilized as biosignatures with
applications to subsurface niches on Mars and other habitable worlds. Gypsum (CaSO4.2H2O) crystals
precipitated in the presence of sulfur-oxidizing microbial communities in the sulfidic Frasassi cave
system, Italy were evaluated for biosignatures in terms of sulfur isotopes. Sulfur isotopic compositions
(δ34SVCDT) of gypsum from cave rooms with sulfidic air varied from -11 to -24‰. At the centimeter length
scale, gypsum δ34S varied by < 8‰ and this reflects the isotopic effect of local microbial sulfide oxidation
(Δ34SSO4-H2S = 0 to -8‰). This range is similar to those expected from abiotic sulfide oxidation with O2
(Δ34SSO4-H2S mean of -5‰), thus complicating the use of sulfur isotopes as a biosignature. At the cave
room (meter length) scale, the ~13‰ variation in δ34S of gypsum reflects isotopic distillation of
circulating H2S gas due to microbial sulfide oxidation occurring at the cave walls. Systematic variations
of gypsum δ34S along a gas flow path may thus be interpreted as biogenic given that slow, abiotic
oxidation cannot produce the same spatial patterns.

3.2. Introduction
The Martian subsurface is a prime target for future space missions with primary objectives focusing
on the identification of life (NRC, 2007). Relative to the inhospitable conditions at the Martian surface,
the subsurface has a more stable temperature, can shield organisms from damaging ultraviolet radiation
and may contain liquid water critical to life. Subsurface mineral deposits formed in the presence of active
microbial metabolisms may record the presence of life, thereby serving as targets for sample analysis
missions. Unambiguous interpretation of mineral biosignatures is however often complicated by
competing signals from abiotic processes as well as post-deposition alteration (diagenesis) that may erase
the original signature (Banfield et al., 2001; Des Marais et al., 2008). Therefore, it is critical to understand
if and to what extent the expression of a given biosignature varies in natural systems.
To accomplish this goal, one approach is to explore analogous subsurface systems on Earth for
mineral-based biosignatures. Sulfidic caves, in particular, have been suggested to be promising analogs
given the extensive ecosystems that these environments can support on Earth in the absence of light
(Sarbu et al., 1996; 2000; Vlasceanu et al., 2000; Boston et al., 2006; Jones et al., 2008). Sulfidic caves on
Earth are formed by sulfuric acid speleogenesis, via the oxidation of hydrogen sulfide (H2S) transported
into the cave through groundwater. Hydrogen sulfide is degassed due to turbulent flow and further
oxidized above the water table by aerobic microbes such as Acidithiobacillus thiooxidans, which are
abundant on sulfidic cave walls (Hose et al., 2000; Macalady et al., 2007; Jones et al., 2011; 2014).
Sulfide oxidation produces sulfuric acid that dissolves the limestone wall (Eqn. 1) and subsequently forms
gypsum deposits (CaSO4.2H2O) that can accumulate to several centimeters thickness (Hose et al., 2000;
Galdenzi and Maruoka, 2003; Jones et al., 2015):
H2SO4 + CaCO3 --> CO2 + H2O + Ca2+ + SO42-

(1)

Massive deposits of gypsum have been found in both active and inactive sulfidic caves as old as 10
million years around the world (e.g. Hill, 2000; Galdenzi and Maruoka, 2003; De Waele et al., 2016).
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Given that microbial oxidation of H2S to sulfate is between 10 to 105 faster relative to abiotic
oxidation (Wilmot et al., 1988; Buisman et al., 1990; Luther et al., 2011; Jones et al., 2015), there is
potential for a geochemical tracer of microbial S cycling to be expressed in gypsum. One such tracer is S
isotopes (δ34S). The δ34S values of gypsum reflect the sulfate source, being consistently higher by about
1‰ (Raab and Spiro, 1991 and references therein). Observations in sulfidic caves showed that gypsum
minerals can be ~13‰ lower relative to the assumed H2S source, possibly indicative of an isotope effect
during aerobic microbial H2S oxidation (Hose et al., 2000). This interpretation is based on two culture
experiments with aerobic microbes performed in the 1960s that showed sulfate being 6 to 18‰ lower
relative to the H2S source (Kaplan and Rafter, 1958; Kaplan and Rittenberg, 1964). Abiotic oxidation in
contrast produce sulfate that is on average 5‰ lower than H2S (Fry et al., 1988). Recent culture
experiments however showed <5‰ fractionation between sulfate and the H2S source during anaerobic
microbial H2S oxidation (Zerkle et al., 2016 and references therein). These findings brought into question
the interpretation of a biological δ34S signal in gypsum from a small subset of experiments given that both
anaerobic and aerobic pathways for H2S oxidation utilize similar sets of enzymes (Gregersen et al., 2011;
Jones et al., 2014; Zerkle et al., 2016). Thus, it is essential to re-evaluate the fractionation associated with
aerobic microbial H2S oxidation, which is vital for cave gypsum biosignature evaluation and has not been
done for over 50 years to our knowledge. Furthermore, gypsum δ34S values showed tremendous
variability in several sulfidic caves, spanning a range between +5‰ to -13‰ relative to the assumed H2S
source (Table 1). Clearly, there are additional processes that affect the S isotopic compositions of cave
gypsum that must be understood if S isotopes are to be used as biosignatures. In particular, the pattern of
fractionation during transport of H2S gas and distillation effects during H2S oxidation in cave systems
have not been evaluated and will be crucial in producing informed sampling strategies and accurate
interpretations of data for future missions.
In this study, we evaluated the extent to which gypsum from the sulfidic Frasassi caves reflect the
microbial H2S oxidation known to be occurring in the system. Over 50 gypsum samples were collected
and analyzed for S isotopes and morphology. The data were used to constrain the isotopic fractionation
associated with aerobic microbial H2S oxidation. Coupled to numerical models that take into account H2S
gas flow, the different length scale at which this process impart variations in δ34S of cave gypsum deposits
is explored, yielding spatial patterns in δ34S that can be recognized as biosignatures. This study further
highlights the strategy for detecting biosignature in ancient cave systems and the potential complications
associated with it in terms of physical and chemical diagenesis.

3.3. Sampling Site
The Frasassi cave system in Italy (43.39 N, 12.96 E) is a large network of actively-forming and older
passages with an explored length of 25 km. Temperature fluctuations in the cave is small (13 ± 1⁰C) and
humidity is constantly near 100%. A recent study suggests that subaerial H2S oxidation at Frasassi is
more important for cave formation than subaqueous H2S oxidation (Jones et al., 2015).
Two cave rooms were sampled in this study: Ramo Sulfureo and Grotta Bella (Fig. 3-1). Sample
locations are near the water table above H2S-degassing streams. Limestone cave walls are actively
dissolving, resulting in gypsum crusts along with small amounts of elemental sulfur (S(0)). The walls are
often covered with acidic biofilms, including mucus-like “snottites” with pH <1.8 (Vlasceanu et al., 2000;
Galdenzi and Maruoka, 2003; Macalady et al., 2007; Jones et al., 2008; 2011; 2014). Snottites are
dominated by the aerobic S-oxidizing species of A. thiooxidans, as well as smaller populations of
Acidimicrobium and relatives of the archaeon taxon G-plasma (Vlasceanu et al., 2000; Macalady et al.,
2007; Jones et al., 2011; 2014). Snottite populations were shown to contain diverse forms of
sulfide:quinone oxidoreductase (SQR) genes implicated in sulfide oxidation (Jones et al., 2011; 2014).
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In Grotta Bella, H2S(g) rises through several chimney-like vents that begin at the water table
approximately eight meters below. The H2S(g) concentration at the vents ranges between 3 to 8 ppmv
(Jones, 2011). In comparison, H2S(g) concentrations at Ramo Sulfureo’s sampling sites are higher,
ranging from 3.4 to 25 ppmv and decreasing quickly away from the water table (Galdenzi and Maruoka,
2003; Macalady et al., 2007; Galdenzi et al., 2008; Jones et al., 2008; 2011; 2014). Sulfur dioxide gas was
not detected at either site (Jones et al., 2011; 2014).

3.4. Materials & Methods
3.4.1. Field sampling
Gypsum and elemental sulfur deposits were collected with clean spatula into acid-cleaned tubes
prefilled with 90% isopropanol or 95% ethanol. Figure 3-1 shows detailed sampling locations in Grotta
Bella (GB) and Ramo Sulfureo (RS). In Grotta Bella, 21 samples were collected from areas within two
meters of H2S-degassing vents. In Ramo Sulfureo, over 50 total samples were collected. Five different
locations in Ramo Sulfureo (named RS1 to RS5) located within five meters of the water table were
extensively sampled (Fig. 3-1). Gypsum minerals were collected as a function of height from water table
(RS1) or morphology (RS2, RS3 and RS4). At location RS5, soft gypsum crust about 2.5 cm thick was
sub-sectioned by layers into nine approximately equal portions and analyzed separately. At all collection
sites, the pH of gypsum crusts or limestone walls was measured using pH strips.
H2S(g) and SO2(g) concentrations were measured using either a PGD2 portable gas detector (ENMET
Corp., Ann Arbor, MI, USA), Draeger diffusion tubes (part # 6733091; 2.5 hrs equilibration time) or
Draeger pump tubes (part # 6728041; Sugarland, TX, USA). Error in gas measurements is estimated to be
up to 25%. At Grotta Bella, H2S(g) was collected for S isotopic analysis using a 1 L gas syringe with a
gas-tight valve connected to Tygon tubing. The air sample was directly pumped into 100 ml of 20% zinc
acetate solution until the solution became cloudy, indicating the precipitation of zinc sulfide. The
precipitates were pelleted by centrifugation at 6,000x g for 15 min. The supernatant was removed and the
pellets were converted to Ag2S by the addition of 1 ml 10% AgNO3. Precipitated Ag2S particles were then
pelleted by centrifugation as above and the supernatant was removed.

3.4.2. Laboratory analysis: Gypsum and elemental sulfur
Quantitative description of gypsum crystal morphology was achieved by measuring aspect ratios,
defined as the length/width of a crystal. Aspect ratios of air-dried gypsum crystals were determined by
imaging via a dissecting microscope (for large needles) or scanning electron microscopy equipped with an
energy dispersive spectroscopy (EDS) detector (FEI Quanta 200 ESEM). For microcrystalline gypsum
and coarse-grained (wall crust) samples, aspect ratios of over 50 individual crystals were averaged to
obtain the bulk aspect ratio of the sample, with typical 1 SD of <1.8. Aspect ratios of needles were
averaged from varying numbers of crystals due to sample limitation, ranging from one (single crystal) to
50.
Organic carbon contents were measured on a C/S analyzer (LECO Corporation, MI, USA). Gypsum
samples were dried at 60⁰C and powdered before being weighed into the instrument. Samples containing
observable calcite under SEM were excluded from measurements. Blank tests on laboratory grade CaSO4
(Alfa Aesar) were performed to check for carbon contamination from ethanol or isopropanol used during
sampling. Untreated and ethanol-treated laboratory CaSO4 yielded organic carbon values within
measurement error of 0.04 wt%.
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For S isotopic analyses, gypsum samples from Grotta Bella were briefly vortexed and sonicated in
isopropanol for 10 minutes. Samples were then centrifuged at 4,000x g for 10 min. A dark brown
substance, likely to be organic materials and clay particles, separated out into the solution or settled at the
top of the gypsum pellet. This substance was removed by pipetting. The samples were centrifuged
repeatedly until the dark substance was no longer visible and only pure gypsum remained.
Gypsum samples from Ramo Sulfureo were powdered and dissolved overnight in 5 ml 5N HCl with
continuous shaking. Residual solids were pelleted at 6,000x g for 20 min. Supernatants were transferred
to clean tubes and dissolved sulfate precipitated as BaSO4 by the addition of 1 ml 1M BaCl2 solution.
Precipitated BaSO4 was pelleted by centrifugation at 6,000x g for 20 min. The supernatant was removed
and the remaining BaSO4 was washed twice with H2O.
Elemental sulfur particles were separated from gypsum by repeated dissolution of gypsum in 5N HCl.
The samples were then extensively washed in water by repeated centrifugation. Brown residues that
settled to the top of the yellow elemental sulfur layer were removed by resuspension and pipetting until
only pure elemental sulfur remained.
3.4.3. Experimental determination of isotopic fractionation
Three laboratory experiments were conducted to determine fractionation during (1) microbial S(0)
oxidation to sulfate and (2) gypsum precipitation at acidic pH. In the first experiment, triplicate cultures
of Acidithiobacillus thiooxidans strain GB30-2c, isolated from gypsum crust in the Grotta Bella cave
room (Jones et al., 2016), were grown on a shaker table at room temperature in defined mineral medium
containing 3 g/L KH2PO4, 0.4 g/L MgCl2.6H2O, 0.25 g/L CaCl2.2H2O, 0.08 g/L NH4Cl and supplemented
with 10g/L S(0). S(0) was pre-sterilized by autoclaving at 100⁰C for 30 minutes on three consecutive
days. The initial pH of the medium was 4.2. Sampling and analyses were performed weekly for three
weeks. Cell concentrations were determined using a hemacytometer, pH was determined with pH strips
and sulfate concentrations were determined by anion chromatography (Dionex ICS-2500) on 0.2 µm
filtered samples. For isotopic analysis, sulfate was precipitated as BaSO4 by the addition of BaCl2,
centrifuged and washed repeatedly with MQ water as described above to >95% purity. Initial and final
S(0) particles were pelleted by centrifugation at 8,000 g for 20 minutes. After removal of the supernatant,
S(0) was treated with 12.5 mg/ml lysozyme and 1% sodium dodecyl sulfate (SDS) to remove cell
materials. The treated S(0) was pelleted as before and washed at least three times with MQ water to
remove any traces of SDS (Bosshard et al., 2000; Zerkle et al., 2009).
In the second experiment, gypsum was precipitated abiotically at pH 5.5. Experimental procedures
and detailed geochemical data for this experiment were described previously (Harouaka et al., 2014).
Briefly, CaCl2.2H2O and Na2SO4 stock solutions in MQ water were mixed together in a batch reactor to
precipitate gypsum over a range of saturation states. Gypsum was allowed to precipitate until the
dissolved Ca concentration reached a stable value, after which the crystals were filtered from solution
with a 0.45 µm PVDF filter paper. In the third experiment, gypsum was precipitated in a mineral medium
containing S(0) (final pH 1.3-1.6) and 50 mM Ca either in the presence or absence of A. thiooxidans
(Series 1 experiments; Harouaka et al., 2016). In these second and third experiments, the S isotopic
compositions of the final dissolved sulfate (precipitated as BaSO4) and gypsum were determined.

3.4.4. Measurements of S isotopic compositions (δ34S) and isotopic notations
Sulfur isotopic analyses of air-dried and powdered Ag2S, CaSO4, BaSO4, and S(0) were conducted
via EA-IRMS (elemental analyzer isotope ratio mass spectrometry) at the Carnegie Institution of
Washington, Pennsylvania State University and the SIRFER facility at the University of Utah. Between
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0.05-1 mg of powdered samples were placed into tin tubes, mixed with excess V2O5 and combusted at
1000-1200 ⁰C to produce SO2, which was then measured by the spectrometer. All isotope measurements
are expressed in delta notation (δ34S; Eqn. 2) relative to Vienna Canyon Diablo Troilite (V-CDT):
δ34Ssample = [((34S/32S)sample / (34S/32S)V-CDT ) – 1] · 1,000

(2)

Isotopic standards were used to construct calibration curves for linear and 2-point corrections.
International standards used were NBS-127, NBS-123, IAEA-S-1 and IAEA-S-3 with accepted δ34S
values of +20.3, +17.1, -0.3 and -32.3‰, respectively (IAEA, 1995). In-house standards include labprepared GFS barite (accepted δ34S = -3.2‰, Watanabe et al., 2009), methionine (accepted δ34S = -6.2‰)
and natural barite from the Fig Tree group, Barberton, South Africa (accepted δ34S = +4.1‰). External
reproducibility was < ±0.5‰ (1SD) for all samples, as determined by the analysis of standards and
replicate samples over multiple analytical sessions.
We denote the intrinsic fractionation factor associated with a process using alpha (α) notation, where
the subscripts ‘P’ and ‘R’ stand for product and reactant, respectively:
𝛼𝑃/𝑅 =

1000 + 𝛿 34𝑆𝑃
1000 + 𝛿 34𝑆𝑅

(3)

In systems where α is not known, or isotopic expression is the result of multiple processes as is typical for
natural systems, isotopic fractionation between two phases can instead be written in terms of capital delta
(Δ) notation, where the subscripts ‘a’ and ‘b’ represent distinct phases:
Δ34Sa-b = δ34Sa – δ34Sb

(4)

3.5. Results
3.5.1. Field data
Descriptions and analysis results for all samples are presented in Table S3-1. The pH of all gypsum
crusts were < 2.5. Concentrations of H2S(g) typically ranged between 1.5 to 5 ppmv, with the exception
of site 4 in Ramo Sulfureo cave room (RS4) where H2S(g) was below the detection limit (< 0.1 ppmv).
Sulfur dioxide gas was never detected (< 0.1 ppmv). At vent A in Grotta Bella, the concentration of
H2S(g) was 8 ppmv just above the water table and was indistinguishable, within error, to 7.8 m above the
water table. At the top of the vent, 8 m above the water table, H2S(g) concentration was 2 ppmv.
Measured δ34S values of H2S(g) at the top of the vent and just above the water table were -16.5 and -11‰
respectively. At vent B in Grotta Bella, the H2S(g) concentration at the top of the vent was 2 ppmv with a
δ34S value of -10.2‰.

3.5.2. Gypsum morphology
Variants of gypsum morphologies were observed through the naked eye as well as by microscopy,
which can be classified into soft microcrystalline gypsum aggregates, coarser grained wall crusts, small
needles, and large needles. Microcrystalline gypsum aggregates are the most prevalent form of gypsum in
the cave and are composed of < 30 µm long crystals (Fig. 3-2a). Wall crust gypsum tends to show larger
variations in terms of crystal sizes, ranging from 10-2,000 µm long crystals (Fig. 3-2b). Needles are less
prevalent throughout the cave rooms. At Ramo Sulfureo, small needles between 0.1 and 1 cm long (Fig.
3-2c) are found near the water table, often in association with snottite biofilms.
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Scanning electron microscopy observations of snottite surfaces revealed various gypsum minerals
embedded within the biofilm matrix (Fig. 3-2d). Elemental sulfur (either amorphous or elongated; Fig. 32e) and amorphous organic matter were also found in association with some gypsum samples. Aspect
ratios for all gypsum crystals ranged between 1.8 and 22.7 (Table S3-1). We classify the gypsum
minerals into two main types based on aspect ratios: microgypsum (including wall crusts; aspect ratios
between 1.8 and 4.4) and needles (aspect ratio between 7 and 23).

3.5.3. Sulfur isotopic compositions of gypsum and elemental sulfur
The δ34S of microgypsum, needles and S(0) ranged from -15 to -24‰, -12 to -19‰, and -17 to -19‰,
respectively (Fig. 3-3; Table S3-1). Gypsum samples collected within ten centimeters of one another
showed δ34S variations of up to 8.5‰, with microgypsum typically showing lower values relative to
needles (Fig. 3-4). Additionally, physically separated microgypsum around needles also had lower δ34S
values (-19.2 ± 0.3‰) relative to the needles (-17.0 ± 0.1‰). At site RS5 where gypsum was sampled by
depth, δ34S values ranged between -15.7 to -23.9‰ with no systematic variation with distance from the
limestone cave wall. Interestingly, δ34S values decreased with height at site RS1, with average values of 19.5 ± 1.4, -21.0 ± 1.0 and -23.6 ± 0.5‰ at 1.2, 2.0 and 2.6 m height from the water table, respectively
(Fig. 3-5). Elemental sulfur particles were isotopically similar to associated microgypsum, ranging from
being 0.2‰ heavier to -2.2‰ lower.

3.5.4. Experimental results
During growth on S(0), A. thiooxidans produce sulfuric acid as the sole product. Cell density
increased from 1 x 106 to 2.5 x 108 cells/ml over three weeks, with concurrent increase in sulfate (up to 60
mM) and decrease in pH (from 4.2 to 1.3). The δ34S of sulfate and final S(0) in the cultures were within
±0.5‰ relative to initial S(0) (Table S3-2), suggesting negligible fractionation during S(0) oxidation to
sulfate. Abiotic controls did not show any sulfate production. Gypsum crystals precipitated abiotically at
pH 5.5 were between 0.2‰ lower to 1.7‰ heavier relative to dissolved sulfate. Similarly, gypsum
precipitated in the presence or absence of A. thiooxidans at pH 1.6 were between 0.1 to 1.2‰ heavier
relative to dissolved sulfate. On average, the fractionation associated with gypsum precipitation is
approximately +1‰.

3.6. Discussion
3.6.1. Constraints on isotopic fractionation of aerobic microbial H2S oxidation
With the aim of evaluating a gypsum S isotope biosignature, it is crucial that we constrain the
fractionation associated with aerobic microbial H2S oxidation in the system. To achieve this, we
compared the isotopic range of gypsum and S(0) collected within small areas (<10 cm apart) of the cave
walls. Up to 8.5‰ variations in gypsum δ34S were observed, with needles having higher values by 2‰ on
average (Fig. 3-4). We interpret these differences to reflect varying rates of H2S oxidation on needles
relative to microgypsum (Galdenzi and Maruoka, 2003). The highest oxidation rate is expected around
needles that are often covered with dense snottites in comparison to sparser populations around
microgypsum crusts (Hose and Macalady, 2006; Macalady et al., 2007; Jones et al., 2011). Thus, the δ34S
of gypsum needles should be most similar to the original δ34S of H2S(g) source due to mass balance
consideration. Our data then suggest that the isotopic expression during microbial H2S oxidation to sulfate
(Δ34SSO4-H2S) is between 0 to -8.5‰, and up to -9.5‰ if the +1‰ fractionation during gypsum
precipitation is considered.
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The magnitude of this fractionation is at the low end of those determined from the 1960s experiments
for A. thiooxidans (-6 to -18‰; Kaplan and Rafter, 1958; Kaplan and Rittenberg, 1964). More
importantly, the values determined here are also very similar to the range expected for abiotic sulfide
oxidation with O2 (-1.8 to -7.3‰, mean = -5‰; Fry et al., 1988), suggesting that δ34S values of actively
forming gypsum at the centimeter scale cannot be used to confidently distinguish between aerobic
biological and abiotic H2S oxidation.
In Frasassi, microbial H2S oxidation also produces S(0) as an intermediate product in the oxidation
pathway to sulfate. S(0) particles are not easily oxidized via abiotic means and if this pathway to forming
gypsum imparts a distinctive isotopic effect, it may be useful as a biosignature. This requires either a
distinct isotopic fractionation for the first oxidation step of H2S to S(0) or from the subsequent oxidation
of S(0) to sulfate. A previous study suggest that a unique Δ34SS(0)-H2S of +3 to +8‰ can be expected from
biological oxidation in pH-neutral sulfidic systems (Zerkle et al., 2016). In contrast, we found Δ34SS(0)-H2S
of -2 to -4‰ on acidic gypsum crusts (assuming δ34S H2S is equal to the groundwater H2S at -15‰;
Galdenzi and Maruoka, 2003). Differences in the isotopic fractionation may be explained by the pH
regime. The enrichment of heavy isotopes in S(0) at neutral pH are likely governed by a polysulfidemediated equilibration mechanism (Amrani et al., 2006). At low pH, polysulfide is unstable (Rickard and
Luther, 2007) and thus isotopic equilibration cannot proceed. Therefore, fractionation during microbial
oxidation of H2S to S(0) on acidic gypsum crusts ended up being similar to what is expected for abiotic
sulfide oxidation. Further oxidation of S(0) to sulfate by A. thiooxidans will likely produce negligible
fractionation, consistent with laboratory studies and cave S(0) being isotopically similar to associated
microgypsum. In the end, traces of sulfate produced via a microbially-catalyzed H2S and S(0) oxidation
cannot be easily teased apart from abiotic oxidation based on δ34S values in this system at the centimeter
scale.

3.6.2. Imprints of microbial H2S oxidation to gypsum δ34S at the cave room scale
In Frasassi, gypsum δ34S values are between 4‰ higher to 9‰ lower relative to the H2S source,
similar to those observed in other actively-forming sulfidic caves (Table S3-1; Galdenzi and Maruoka,
2003; Zerkle et al., 2016). Centimeter-scale microbial H2S oxidation can impart up to 8.5‰ variation in
gypsum δ34S. Additional processes are thus required to explain the full ~13‰ variation. In our study, we
noted that the δ34S values of microgypsum and H2S(g) showed 5-6‰ variations with height from the
water table (Fig. 3-5). Thus we hypothesize that isotopic values in gypsum may also be a function of
fractionations associated with transport of H2S(g) in tandem with distillation during microbial oxidation.
Both convection and diffusion are relevant transport processes to consider in a cave system. Isotopic
effects will depend on which is dominant, as diffusion is shown to fractionate while convection (driven by
temperature differences) does not (Chanton, 2005). To determine which transport mode dominates, we
utilized Energy2D, a visual simulator that couples physical equations of heat transfer with fluid dynamics
(Supplementary Materials; Xie, 2012). Importantly, the simulations show that even with small
temperature differences observed in Frasassi (<1 ⁰C), air flow in Frasassi caves are still driven by
convection (not diffusion; see Supplementary Discussion) at the scale of a cave room. In Ramo Sulfureo,
stable convection cells on the order of three meters in diameter developed (Fig. 3-6). Passive tracers in
Energy 2D simulations suggest that H2S(g) molecules released from the stream will concentrate mainly in
the first convection cell above the stream surface. This is consistent with our data, which show a constant
concentration of H2S(g) near the stream (~5 ppm) that decreases significantly over ~4 meters to < 0.1
ppm. Meanwhile, in Grotta Bella, temperature gradients between the bottom water and wall ceiling result
in convection that is driven vertically upwards through the vents. There are nevertheless complexities in
air flows in both cave rooms due to appearances of small convection cells or areas of air stagnation,
which contribute to increase the actual length of H2S(g) flow path along the cave wall.
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Since convection controls gas transport in this system, reactions between the circulating gas and water
films on cave walls may isotopically distill H2S(g) during circulation. Two reactions are possible: (1)
isotopic exchange between H2S(g) and dissolved H2S in water films (H2Sfilm) and (2) subsequent
oxidation of H2Sfilm to sulfate. Both reactions are associated with isotopic fractionations. At equilibrium,
the δ34S of H2Sfilm will be 1‰ higher than H2S(g) at 13⁰C (Czarnacki and Hałas, 2012 and references
therein), which will leave the convecting H2S(g) isotopically lighter. Meanwhile, the oxidation of H2S to
sulfate can generate isotopically light sulfate (αoxi = 0.995 for abiotic oxidation, Fry et al., 1988; αoxi =
0.992 for microbial oxidation), which will leave the residual H2Sfilm and H2S(g) isotopically heavy. To
evaluate the extent to which these reactions can influence δ34S of cave gypsum, we constructed a 1D
model that simulates a three meter air column in continuous contact with cave wall saturated with water
films. In the model space, H2S(g) is supplied continuously from a boundary and allowed to flow, sorbed
onto water films and oxidized to sulfate, with fractionation factors assigned to each process. Further
details are provided in Supplementary Materials.
Interestingly, the simulations suggest that considerable isotopic gradients in sulfate can occur over
meter-scale distance through both gas-film exchange and H2S oxidation. However, gas-film exchange
impart only transient gradients that disappear on time scales of minutes (Fig S3-3) while gypsum
formation is likely to occur over timescales of weeks to months (Galdenzi and Maruoka, 2003; Jones et
al., 2015; Harouaka et al., 2016). In comparison, H2S oxidation imparts gradients that persist under
steady-state conditions. Depending on the values chosen for the fractionation factor and the oxidation
rates, δ34S of sulfate (and gypsum) at different locations of the cave wall can differ by as much as 15‰
over 3 meters (Fig. 3-7). Because of the thinness of water films on the cave walls (0.01 cm; Dreybrodt et
al., 2005) and the resulting mass balance of H2S between gas and aqueous phases, a gas concentration
gradient need only occur locally, within ~0.5 cm of the water film, so that there is no requirement for the
concentration and isotopic gradient to be a bulk-gas phenomenon.
Taking the model a step further, we can use it to constrain sulfide oxidation rates assuming a constant
gas flow rate and direction at site RS1 in Ramo Sulfureo. It is important to recognize that at this site, the
air flow direction is actually heading downwards (not upwards) due to the circular motion of the
convection cells (Fig. 3-6a). With this approach, the data are consistent with modeled oxidation rates that
are 1,000 and 5,000 times faster relative to the abiotic baseline rate (Fig. 3-5). This corresponds to actual
oxidation rates of 0.14 to 0.71 µmol sulfide/m2/hr. This rate range should be considered as a maximum
given that the actual length of the flow path may actually be longer. Regardless, our finding implicates
microbial H2S oxidation as an important component for gypsum formation.
Ultimately, we suggest that the signal of microbial sulfide oxidation can be expressed isotopically
over the scale of a cave room. This expression is heterogeneous within a cave room as driven by
geometrical variations and patterns of air circulation. Systematic variations of δ34S of gypsum along a
flow path may then be a type of biosignature, given that slow abiotic oxidation cannot produce the same
signal in gypsum minerals.

3.6.3. Strategies for sampling in inactive cave systems and potential complications
Insights from active cave rooms suggest that systematic variations of gypsum δ34S along a gas flow
path can be interpreted as strong evidence for a biosignature. We therefore propose the following steps to
develop sampling strategies in inactive cave systems. Sampling missions should start with reconnaissance
and cross-section mapping of a cave room, taking particular note of features where gas may have
circulated such as vents, chimneys, rounded domes and cupolas (Galdenzi and Maruoka, 2003; Audra et
al., 2007; De Waele et al., 2016). Visualization of gas flow patterns can be aided with simulations (such
as Energy2D), which also allow for some constraints on the flow velocity. Sampling areas within a cave
room can then be decided based on the gas circulation patterns. We suggest sampling over certain length
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spacing/scales where gypsum δ34S should vary by more than typical analytical δ34S resolution of <
±0.5‰. The length scale varies a function of the ratio of H2S oxidation rate to gas flow velocity but is
relatively insensitive to the isotopic fractionation associated with H2S oxidation (Fig. 3-8). At high
oxidation rate relative to flow velocity, the sampling length scale is < 1 m and is easily achievable in
many cave rooms. At low oxidation rate to flow velocity however, the sampling length scale becomes
large (> 1 m) and may not be feasible in certain study sites.
Complications with this sampling approach results from uncertainties caused by potential inversions
of gas flow as a result or diurnal and seasonal variations, especially for cave rooms located very close to
openings to the surface (De Freitas, 1982; Lacanette et al., 2009). Spatial patterns built up in gypsum δ34S
during a particular time period may be erased in the subsequent time period. Furthermore, wall gypsum
are known to fall to the floor where they can remain as floor deposits or be dissolved by undersaturated
groundwater (e.g. Galdenzi and Maruoka, 2003; De Waele et al., 2016); consequently, any spatial pattern
is lost.
Additionally, there are some evidence that suggest chemical diagenesis can modify gypsum δ34S to
higher values. Gypsum in Frasassi from sites where H2S(g) is undetectable tend to be isotopically heavier
relative to modern-day groundwater H2S, with δ34S values between -7.5 to -16‰ (site RS4; this study,
older cave sections; Galdenzi and Maruoka, 2003). The most straightforward explanation for these
observations is that old gypsum deposits could be sourced from past groundwater H2S with heavier δ34S.
However, a recent study by Zerkle et al. (2016) showed that δ34S of groundwater H2S within a cave room
tend to only vary by < 2‰ over decadal timescales. Changes over longer timescales however are not
constrained and is not testable with current techniques. Alternatively, as the water table recedes, older
gypsum deposits could have been exposed more and more to small quantities of residual H2S(g) that is 34S
enriched due to isotopic distillation by extensive sulfide oxidation near the water table. Instead of a H2S
source, older gypsum deposits could also reflect a component of sulfate source with high δ34S. This could
come as a result of sulfate reducing microbes (Galdenzi and Maruoka, 2003) or from percolating drip
waters with high δ34S (Wynn et al., 2013). Regardless of the mechanism(s), there are potentials for
biogenic signals to be erased over time.
In summary, active sulfidic cave rooms display clear biosignatures for S-oxidizing microbes in
the form of systematic variations of gypsum δ34S along a gas flow path. We propose strategies for
detecting biosignatures in caves as well as other partially enclosed systems by first reconstructing gas
flow patterns to decide on sampling areas followed by sampling over a defined length scale. Detectable
systematic variations of gypsum δ34S along a gas flow path can be considered as direct evidences for
biosignatures. Complications can arise as a result of gas flow inversions and physical or chemical
diagenesis that can erase this biosignature. Constraining these complicating factors should be a subject for
future study.

3.7. Acknowledgements
This work was supported by grants to MSF and JLM from NASA NAI (NNA09DA76A and
NNA04CC06A). MM acknowledges support from the Lewis and Clark Fund for Exploration and Field
Research in Astrobiology. The authors thank A. Montanari for providing logistical support and the use of
facilities and laboratory space at the Osservatorio Geologico di Coldigioco in Italy. Thanks to S. Mariani,
S. Cerioni, M. Mainiero, F. Baldoni, S. Carnevali and members of the Gruppo Speleologico C.A.I. di
Fabriano and Ancona for assistance during field campaigns, and to Jiuyuan Wang, Andrew Chorney,
Yumiko Watanabe, Laura Liermann, Denny Walizer, and Irene Schaperdoth for technical support and
assistance with various analyses. We also thank Aubrey Zerkle for helpful discussions on sulfur isotopes.

43

3.8. Tables and figures
Table 3-1 Summary of sulfur isotopic data in sulfidic caves.
Descriptions

δ34SH2S (‰)

δ34Sgypsum
(‰)

Δ34SgypsumH2S (‰)

δ34SS0
(‰)

Refs.

Active,
microbially rich
Active,
microbially rich
Active,
microbially rich

-15 to -17a

-11 to -24

+4 to -9

-17 to -19

1,2,3

-11 to -16b

-14 to -23

+2 to -7

-

1

-16c

-18 to -20

-2 to -4

-

2,3

Pozzo dei Cristalli

Unclear

-15a

-8 to -10

+5 to +7

-

2,3

Other cave rooms

Inactive or
unclear

-

-8 to -16

-

-

2

Triponzo Spring, Italy

Active

-9a

-19 to -24

-10 to -15

-

2

Active,
microbially rich

-12b

-22 to -25

-10 to -13

-24 to -27

5

Active

-7a

-5 to -12

+2 to -5

-

6

Active. Glacier
"pipes" feature

+9a

+7 to +14

+5 to -2

+8 to +14

7

Active

+19 to +24a

+18 to +20

~0

-

8,9

Active

+19 to +24a

+14 to +19

+5 to 0

-

9

Active

+19 to

+24a

+14

+5

-

9

Inactive
Inactive

-14 to

-23a

-23 to -28

+2 to -2

-

9

-14 to -23a

-20 to -22

+3 to +5

-

9

Inactive
Inactive

-

-25 to +5

-

-15 to -25

10

Lechuguilla Cave

-

-26

-

-21 to -26

11

Carlsbad Cavern

Location
Frasassi caves, Italy
Ramo Sulfureo
Grotta Bella
Laghi di Lucia

Cueva de Villa Luz, Mexico
Cave-and-Basin Springs
Borup Fiord Pass, Canada
Cerna Valley caves, Romania
Diana
Despicatura
Hercules
Birzoni
Great Salitrari, inner part
New Mexico caves, USA
Guadalupe Mountains

Inactive

-

-15 to -22

-

-

11

Corkscrew Cave, USA

Inactive

-

-8 to -10

-

-

12

Kraushöhle, Austria

Inactive

-

-16 to -23

-

-

13

Acqua Fitusa Cave, Italy

Inactive

-

-1 to +11

-

-

13

Grotte du Chat, France

Inactive

-

-9

-

-

13

Provalata Cave, Macedonia

Inactive

-

-2

-

-

13

aGroundwater

H2S. bH2S gas. cAverage δ34S of groundwater H2S in Frasassi. (1)-This study (2)-Galdenzi & Maruoka
(2003) (3)-Zerkle et al. (2016) (4)-Piccini et al. (2015) (5)-Hose et al. (2000) (6)-Everdingen et al. (1985) (7)-Grasby
et al. (2012) (8)-Onac et al. (2009) (9)-Onac et al. (2011) (10)-Hill (2000) (11)-Pisarowicz (1994) (12)-Onac et al.
(2007) (13)-De Waele et al. (2016)
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Figure 3-1 Map of Frasassi cave rooms: Ramo Sulfureo and Grotta Bella.
(a) Map of the Frasassi cave system is modified from Macalady et al. (2006). Sampling locations in this
study are bolded. (b) Schematic cross-sectional view of Ramo Sulfureo stream passage, depicting
sampling sites RS-1 to RS-5. RS-2 and RS-3 are located downstream of site RS-1. (c) Schematic crosssectional view of Grotta Bella passage, with H2S(g) rising from vents connected to the water table.
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Figure 3-2 Microscopic images of cave gypsum
(a) Microcrystalline gypsum aggregates. (b) Wall crust gypsum associated with amorphous organic
matter. The presence of organic matter was confirmed using EDS. (c) Light microscopic image of
gypsum needles. (d) SEM image of gypsum minerals on snottite surface. (e) SEM image of elemental
sulfur (marked by ‘S’) among gypsum minerals as confirmed using EDS.
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Figure 3-3 Gypsum δ34S values as a function of crystal aspect ratios at (a) Ramo Sulfureo and (b)

Grotta Bella.
Vertical line marks the approximate cut-off between microgypsum (aspect ratio <5) and needles
(aspect ratio > 5). Shaded horizontal box in panel a represents the δ34S range of groundwater H2S
at Ramo Sulfureo (Galdenzi and Maruoka, 2003; Zerkle et al., 2016). Shaded horizontal box in
panel b represents the δ34S range of H2S gas at Grotta Bella (this study).
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Figure 3-4 Δ34S values of gypsum relative to the maximum gypsum δ34S value at each site.
At sites where needles (♦) and microgypsum (○; including wall crusts) co-occur, microgypsum

crystals are isotopically depleted relative to needles. Maximum range in δ34S values of gypsum at
each site is about 8‰. Data for samples LL, RS G27-26, RS G14-13 and Triponzo are from
Galdenzi & Maruoka (2003).
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Figure 3-5 Variations of gypsum δ34S (black circles) as a function of height at location RS1.
The two parameters are strongly correlated, with R2 = 0.67. Different colored lines denote sulfate δ34S as
a function of height based on 1D modeling results using different oxidation rates (relative to abiotic
oxidation) with αoxi = 0.992. H2S(g) source at the top is assumed to have a δ34S value of -17‰, which is
similar to the minimum groundwater H2S δ34S at Ramo Sulfureo. H2S oxidation rate is constrained to be
between 1,000 to 5,000x faster relative to abiotic rate, indicating the spatial pattern is a type of
biosignature.
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Figure 3-6 Snapshots of Energy 2D simulations showing air flow patterns at (a) Ramo Sulfureo and (b)
Grotta Bella due to temperature differences of 0.5 ⁰C from bottom to top.
In Ramo Sulfureo, large convection cells appear. In Grotta Bella, air rises upward from the stream and
flow through the vents. Small convection cells may also appear transiently.
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Figure 3-7 Model outputs that highlight isotopic distillation effects at high H2S oxidation rates.
Parameters are: flow rate of 0.2 cm/s, αequi = 1.001 and variable oxidation rates. Baseline oxidation rate
(1x) was calculated using the abiotic rate law of (Millero et al., 1987). Faster oxidation rates were tested
to simulate microbial H2S oxidation by changing the abiotic rate constant to be between 10 to 2,500 times
larger. (a) Gas concentration profiles at steady-state at various oxidation rates. (b) δ34S values of H2S(g)
(solid lines) and sulfate (dashed lines) at various oxidation rates with αoxi = 0.995. (c) Similar to previous,
except αoxi = 0.992. Larger isotopic gradients are observed for H2S(g) and sulfate.
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Sampling length scale (m)

10

1

αoxi = 0.9995
αoxi = 0.9992

0.1
0.0

0.5

1.0

1.5

2.0

Oxidation rate / gas flow
Figure 3-8 Sampling length scales at different ratios of H2S oxidation rate (µmol/m2/hr) to gas flow
velocity (cm/s).
The length scale here is defined as the minimum sampling spacing required in order to detect gypsum
with δ34S difference of ≥ 0.5‰. Solid and dashed lines represent simulations where αoxi = 0.9992 and
0.9995, respectively.

3.9. Supplementary materials
3.9.1. Method: Visual simulator of gas transport
Energy 2D simulator (Xie, 2012) is used to model H2S(g) transport processes in the cave rooms. The
simulator is able to account for differences in air flow patterns induced by geometrical and size variations
between different cave rooms. Parameters inputted into the simulator are listed in Table S-3. Temperature
data for Ramo Sulfureo are obtained from previous monitoring efforts (Galdenzi et al., 2008), while
temperatures in Grotta Bella are assumed to be similar to those in Ramo Sulfureo.
The importance of diffusion at smaller length scales (L) can be assessed using the dimensionless
Peclet number (Pe):
PeL = Lv / D

(1)

where v is the local flow velocity (0.2 cm/s from simulation) and D is the molecular diffusion coefficient
for H2S(g) (0.13 cm2/s at 13⁰C; Hobler, 1966). At >5 cm length scale, the Peclet number is >8, which
signifies a convection-dominated transport regime.
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3.9.2. Method: Reactive transport model of cave rooms
Processes that could modify S isotopic compositions in Frasassi are modeled through the reactivetransport simulator CrunchTope (Steefel et al., 2015). The model consists of one-dimensional 0.1 m
spaced grids spanning 3 meters of distance with a constant 5 ppmv H2S(g) source at one side and an open
boundary at the other side. This model incorporates transport process via gas flow, exchange between
H2S(g) and dissolved H2S in water films (H2Sfilm) and O2-mediated oxidation of H2Sfilm to sulfate (Fig.
S3-1). Isotopic fractionations are included by modeling 32S- and 34S-containing molecules as separate
species, governed by different equilibrium constants (Keq; for equilibrium fractionation) or rate constants
(k; for kinetic fractionation). Further details for isotopic modeling can be found in previous publications
(Druhan et al., 2012; Hubbard et al., 2014).
B.1. Gas flow
Gas flow is modeled through partially saturated flow by coupling a gas phase to another aqueous
species assuming equilibrium. Liquid saturation is set to 0.9 to allow partially saturated flow. Flow
velocities inputted in CrunchTope are the Darcy velocities and are sensitive to the liquid saturation
parameter (Steefel et al., 2015). Darcy velocity in the input file is thus varied to ensure that absolute gas
flow is constant at 0.2 cm/s. The value for gas flow velocity was obtained from Energy2D and is
consistent with measurements made in other parts of Frasassi (Dragoni and Verdacchi, 1993). Convective
flow is assumed to impart no isotopic fractionation (αflow = 1.000).
B.2. H2S(g)-H2Sfilm exchange
As mentioned above, gas flow is modeled by coupling a gas phase to an aqueous species. Direct
coupling between H2S(g) and H2Sfilm in the model is undesirable given that H2Sfilm will flow concurrently
with the gas phase rather than be fixed in place on the cave walls. Therefore, coupling is instead achieved
by using an intermediate S species called Sint (Fig. S3-1). H2S(g) and Sint are set to be in chemical and
isotopic equilibrium with a log Keq of 0. At 0.9 liquid saturation, this results in >99% of the mass being
partitioned into Sint while maintaining the same δ34S values for H2S(g) and Sint.
Next, the rate of air-water transfer for H2S is given by (Yongsiri et al., 2004):
A
R = K L ( ) (C − Ceq )
V

(2)

Where KL = 0.11 m/hr at pH 4, A is the interfacial area (m2), V is the volume of the water phase (m3), C is
the concentration of H2Sfilm and Ceq is the concentration of H2Sfilm at equilibrium (0.68 µM in equilibrium
with 5 ppmv H2S(g) based on Henry’s law at 13⁰C; Sander, 2015). We assume a water film thickness of
0.01 cm (Dreybrodt et al., 2005), width of 100 cm and height of 10 cm corresponding to a single grid
point in the model. Analytical solution showed that the reaction is extremely fast and the system is close
to reaching equilibrium after about 15 seconds (Fig. S3-2). This reaction is modeled in CrunchTope using
transition state theory (TST) formulation:
Sint <--> H2Sfilm

(3)

The Keq is set so that at equilibrium, 90% of mass in the gas phase (H2S(g) + Sint) is partitioned into
H2Sfilm. The rate constant is determined by fitting to the analytical solution, with kexchange = 4 M/yr.
An equilibrium isotopic effect with Keq = αH2Sfilm/H2S(g) = 1.001 (Czarnacki and Hałas, 2012) was
achieved at every time step with the following TST formulation:
H234Sfilm + 32Sint <--> H232Sfilm + 34Sint

(4)
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However, it was found that CrunchTope was subjected to a systematic error such that at K eq = 1.001, the
resultant Δ34SH2Sfilm- gas was -2.3‰. To correct for the error, it was necessary to change the Keq from 1.001
to 0.9957 to obtain a constant Δ34SH2Sfilm-gas of 1‰. The rate constant is set to 108 M/yr so that isotopic
exchange is complete in less than 1 s. Exchange reactions were validated in a batch system model (Fig.
S3-2).
B.3. H2S oxidation
H2S oxidation rate with O2 is governed by the rate law determined by Millero et al. (1987) assuming
constant ionic strength = 0.1 M, dissolved O2 = 340 µM, pH = 4 and temperature = 13⁰C. Oxidative
fractionation (αoxi) is set either at 0.995 or 0.992. Faster microbial H2S oxidation was simulated by
accelerating the abiotic rate constant up to 5,000x faster relative to the abiotic rate (1x).

3.9.4. Supplementary Figures

Figure S 3-1 Schematic of model set-ups for H2S(g) flow with concurrent H2S oxidation.
H2S(g) and H2Sfilm are coupled indirectly through an intermediate species (Sint), assumed to be in chemical
equilibrium and allows to isotopically exchange with αH2Sfilm/H2S(g) = 1.001. H2S(g) and Sint flow together
via partially saturated flow with no associated fractionation. H2Sfilm can be oxidized to sulfate with αoxi =
0.995 or 0.992.
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Figure S 3-2 Reaction progress over time in a batch system where initial excess H2S(g) is solubilized to
H2S(aq) until equilibrium is reached.
(a) Comparison of H2S(aq) concentration over time obtained from analytical solution and the model. (b)
Modeled δ34S values of different S species as a function of fH2Saq. H2S(aq) is always 1‰ enriched relative
to H2S(g)/Sint, confirming the validity of the model.

Figure S 3-3 Model outputs that highlight the transient isotopic gradients observed when gas-aqueous
exchange is dominant and H2S oxidation is insignificant.
Parameters are: flow rate = 0.2 cm/s, oxidation rate = 1x, αoxi = 0.995 and αequi = 1.001. δ34S values of (a)
H2S(g) and (b) sulfate are shown as a function of distance from source at different time points. Sulfate
δ34S values respond slower and in smaller magnitude compared to H2S(g). Isotopic values decreased with
distance until steady-state is reached within minutes, after which no isotopic gradients were observed with
distance. Gypsum formation rate is likely to occur over longer timescales; therefore, these effects are
likely not imparted to the gypsum deposits.
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3.9.5. Supplementary Tables
Table S 3-1 Description and analytical results for all samples.
Description

Aspect ratio
(length/width)

δ34S (‰)

Org C
(wt%)

[H2S(g)]
(ppmv)

Height
from
water
table (m)

Lateral
distance
from H2S
source (m)

Microgypsum

2.0 ± 1.0

-20.4

-

-

-

-

OP-2

Small needles

7.2 ± 4.5

-18.5

-

-

-

-

OP-3

Wall crust gypsum

4.4 ± 1.1

-21.2

-

-

-

-

OP-4

Large needles

11.6 ± 5.2

-14.2

-

-

-

-

H2S-A1

H2S gas at vent A

-

-11.0

-

8.0

0.4

0.00

H2S-A2

H2S gas at vent A

-

-

-

6.4

4.0

0.00

H2S-A3

H2S gas at vent A

-

-

-

7.7

5.0

0.00

H2S-A4

H2S gas at vent A

-

-

-

7.5

6.0

0.00

H2S-A5

H2S gas at vent A

-

-

-

8.8

6.5

0.00

H2S-A6

H2S gas at vent A

-

-

-

9.8

7.0

0.00

H2S-A7

H2S gas at vent A

-

-

-

8.4

7.2

0.00

H2S-A8

H2S gas at vent A

-

-

-

7.0

7.4

0.00

H2S-A9

H2S gas at vent A

-

-

-

8.4

7.6

0.00

H2S-A10

H2S gas at vent A

-

-

-

5.6

7.8

0.00

H2S-A11

H2S gas at vent A

-

-16.5

-

2.0

8.0

0.00

H2S-B1
001

H2S gas at vent B

-

-10.2

-

2.0

8.0

0.00

Sample
GB2009
OP-1

GB2011

Microgypsum

-

-23.2

-

2.7-5.0

8.0

-

250

Microgypsum

-

-21.9

-

2.7-5.0

8.0

-

537

Microgypsum

-

-22.5

-

2.7-5.0

8.0

-

591

Microgypsum

2.0 ± 0.8

-18.5

-

2.7-5.0

8.0

0.02

599

Microgypsum

2.4 ± 1.3

-18.4

-

2.7-5.0

8.0

0.12

603

Microgypsum

2.4 ± 1.3

-20.4

-

2.7-5.0

8.0

0.22

Microgypsum

2.5 ± 1.0

-

-

2.7-5.0

8.0

0.30

2.3 ± 1.3

-18.9

-

2.7-5.0

8.0

0.52

-

-19.5

-

2.7-5.0

8.0

0.52

3.5 ± 2.3

-19.5

-

2.7-5.0

8.0

1.10

10.6 ± 1.2

-17.7

-

2.7-5.0

8.0

0.06

Microgypsum

2.8 ± 1.5

-

-

2.7-5.0

8.0

1.70

685

Microgypsum

1.9 ± 0.9

-

-

2.7-5.0

8.0

0.64

688

Wall crust gypsum

1.9 ± 0.8

-

-

2.7-5.0

8.0

0.79

691

Wall crust gypsum

-

-22.7

-

2.7-5.0

8.0

-

611
629
629N
637
647
655

Microgypsumneedles mixture
Microgypsumneedles mixture
Microgypsumneedles mixture
Needles, 1.2-1.5 cm
long

739

Microgypsum

-

-20.4

-

2.7-5.0

8.0

-

743

Wall crust gypsum

2.0 ± 1.8

-

-

2.7-5.0

8.0

-

RS05
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2G
2S

Brownish
microgypsum with
snottites
S(0) around
snottites

-

-16.5

-

-

-

-

-

-18.7

-

-

-

-

4G

Microgypsum

-

-17.4

-

-

-

-

4S

S(0) around
microgypsum

-

-18.7

-

-

-

-

21G

Microgypsum

-

-17.5

-

-

-

-

21S

S(0) around
microgypsum

-

-17.3

-

-

-

-

22G

Microgypsum

-

-17.8

-

-

-

-

22S

S(0) around
microgypsum

-

-17.9

-

-

-

-

1.2m-A

Microgypsum

2.3 ± 1.0

-17.1

0.35

5.0

1.2

0.00

1.2m-B

Microgypsum

2.2 ± 1.1

-20.5

0.51

5.0

1.2

0.00

1.2m-C

Microgypsum

2.0 ± 0.8

-20.6

0.55

5.0

1.2

0.00

RS07

RS1

1.2m-D

Microgypsum

2.4 ± 1.1

-19.7

-

5.0

1.2

0.00

2m-A

Dry microgypsum

3.1 ± 1.8

-21.4

1.41

5.0

1.2

0.00

2m-B

Wet microgypsum

1.8 ± 0.8

-21.0

0.28

5.0

2.0

0.00

2m-C

Microgypsum

2.0 ± 1.0

-20.8

0.69

5.0

2.0

0.00

2m-C2

Microgypsum

2.0 ± 0.9

-22.3

0.70

5.0

2.0

0.00

2m-D

Microgypsum

2.5 ± 1.3

-19.3

1.39

5.0

2.0

0.00

2.6m-A

Microgypsum

2.0 ± 0.9

-24.2

0.15

5.0

2.6

0.00

2.6m-B

Microgypsum

1.8 ± 0.7

-23.4

0.41

5.0

2.6

0.00

2.6m-C

Microgypsum

2.1 ± 0.9

-23.9

0.61

5.0

2.6

0.00

2.6m-D

Dry microgypsum

2.1 ± 0.8

-22.9

-

5.0

2.6

0.00

3.4 ± 1.7

-

-

1.5

1.6

0.00

12.2 ± 4.7

-

-

1.5

1.6

0.00

3.3 ± 1.6

-19.5

-

1.5

1.6

0.00

11.0 ± 5.2

-17.1

-

1.5

1.6

0.00

3.4 ± 2.7

-18.9

-

1.5

1.6

0.00

10.5 ± 5.4

-16.9

-

1.5

1.6

0.00

-21.9

0.60

1.5

1.6

0.00

RS2
1
1N
2
2N
3
3N

Microgypsum
around needles
Needles, 0.2-0.4 cm
long
Microgypsum
around needles
Needles, 0.15-0.45
cm long
Microgypsum
around needles
Needles, 0.1-0.3 cm
long

4

Wet microgypsum

2.9 ± 1.4

5

Wet microgypsum

2.0 ± 0.8

-22.1

0.50

1.5

1.6

0.00

6

Wet microgypsum

2.3 ± 1.2

-23 ±

0.77

1.5

1.6

0.00

7

Microgypsum

2.2 ± 1.4

-20.6

0.76

1.5

1.6

0.00

8

Microgypsum

2.7 ± 1.6

-22.8

-

1.5

1.6

0.00

9

Microgypsum

3.3 ± 1.4

-22.2

1.19

1.5

1.6

0.00

RS3
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1

Needle, 1.4 cm long

22.1

-

-

4.0

2.1

0.00

3

Needles, 0.4-1.2 cm
long

22.7 ± 10.4

-

-

4.0

2.1

0.00

Needle, 2.4 cm long

11.8

-14.2

0.41

<0.1

4.0

4.00

RS4
1
2

Needle, 3 cm long

14.2

-11.9

0.18

<0.1

4.0

4.00

3A

Needle, 2.3 cm long

8.00

-16.1

0.47

<0.1

4.0

4.00

3B

Needle, 2.0 cm long

12.5

-18.0

0.78

<0.1

4.0

4.00

4

Needle, 2.7 cm long

7.3

-18.4

0.60

<0.1

4.0

4.00

4B

Needle, 2.1 cm long

10.9

-18.5

0.67

<0.1

4.0

4.00

Needles, 0.1-0.5 cm
long
Needles, 0.3-0.7 cm
long
Needles, 0.3-0.7 cm
long

9.8 ± 5.6

-

-

<0.1

4.0

4.00

12.6 ± 3.6

-15.7

-

<0.1

4.0

4.00

10.8 ± 4.6

-18.9

-

<0.1

4.0

4.00

Wet microgypsum

1.6 ± 0.9

-20.3

0.06

<0.1

4.0

4.00

10

Dry microgypsum

2.2 ± 1.1

-17.5

0.27

<0.1

4.0

4.00

11

Wall crust gypsum

3.8 ± 1.5

-18.2

1.16

<0.1

4.0

4.00

12

Wall crust gypsum

2.4 ± 1.6

-20.0

0.50

<0.1

4.0

4.00

1

Microgypsum,
outermost crust

2.1 ± 1.0

-17.7

-

4.5

1.8

2.20

2

Microgypsum

2.2 ± 0.9

-22.5

0.45

4.5

1.8

2.20

3

Microgypsum

2.0 ± 0.8

-22.5

0.83

4.5

1.8

2.20

4

Microgypsum

2.2 ± 0.9

-19.9

0.49

4.5

1.8

2.20

5

Microgypsum

2.1 ± 1.0

-15.7

0.40

4.5

1.8

2.20

6

Microgypsum

2.1 ± 0.9

-21.9

0.35

4.5

1.8

2.20

7

Microgypsum

1.9 ± 0.7

-23.9

-

4.5

1.8

2.20

8

Microgypsum

2.1 ± 0.8

-

0.38

4.5

1.8

2.20

9

Microgypsum,
innermost crust

2.2 ± 1.0

-23.1

0.27

4.5

1.8

2.20

5
6
8
9

RS5
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Table S 3-2 Results of experimental determination of isotopic fractionation due to microbial S(0)
oxidation and gypsum precipitation at low pH.
pH

Ionic strength
(M)

Δ34SSO4-S(0)
(‰)

4.2 to 1.3

0.02

-0.2 to +0.4

-

1

5.5
5.5
5.5
5.5
5.5
5.5
5.5
1.3-1.6

0.5
0.5
0.5
0.5
0.5
0.5
0.5
0.2

-

1.0
0.8
-0.2
0.8
1.7
1.1
1.4
1.2

2
2
2
2
2
2
2
3

Experiments
A. thiooxidans, S(0) --> SO4
Abiotic, SO4 --> gypsum
10-1
4-1
6-1
7-1
10u-1
4u-1
7u-1
8C-1

Δ34SgypsumRefs.
SO4 (‰)

Biotic, S(0) --> SO4 --> gypsum
1P-1
1.3-1.6
0.2
1.4
3
2P-1
1.3-1.6
0.2
0.4
3
3P-1
1.3-1.6
0.2
0.1
3
7K-1*
1.3-1.6
0.2
1.4
3
*In the presence of dead A. thiooxidans cells. Sulfate was added to precipitate gypsum. (1) This
study. (2) Harouaka et al. (2014). (3) Harouaka et al. (2016)

Table S 3-3 Parameters used for Energy2D simulations.
Materials
Thermal conductivity (W/m/K)
Specific heat (J/kg/K)
Density (kg/m3)
Temperature Coefficient (1/K)
Kinematic viscosity (m2/s)
Thermal expansion coefficient (m/s2/K)
Z heat diffusivity

Air
0.025
1012
1.225

Groundwater
0.58
4200
1000

Limestone
1.3
908
2700

1.57 x 10-5
2.5 x 10-4
0.05

8.8 x 10-5
-

8
-
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3.10. Addendum: Utilities of cave gypsum Ca isotopes as biosignatures
3.10.1. Introduction
Ca isotopes is a novel tool to study the processes affecting gypsum precipitation in nature. Recent
work in the laboratory have shown that Ca isotopic compositions of gypsum may be useful as
organosignatures, given that gypsum precipitated in the presence of organics were consistently
isotopically lighter than inorganic gypsum by about 0.3‰ (Harouaka et al., 2016). This effect was
proposed to be correlated to the mineral morphology, whereby organically-affected gypsum tend to have
smaller aspect ratios (length/width) compared to the needle-like shapes (high aspect ratios) of inorganic
gypsum (Harouaka et al., 2016). Further support for a morphologically-controlled isotopic effect comes
from comparisons between inorganic gypsum precipitated at different rates, whereby those with smaller
aspect ratios tend to be isotopically lighter relative to those with high aspect ratios (Harouaka et al.,
2014).
In the Frasassi cave system, gypsum morphology shows a continuum of aspect ratios from
microcrystalline aggregates (low), coarse wall crusts (medium) to thin needles (high aspect ratios).
Intriguingly, initial studies showed that cave gypsum isotopic compositions correlated negatively with
aspect ratios (Harouaka et al., 2016), which is in direct contrast to the laboratory observations mentioned
above. To explain this finding, a biological Ca isotope effect that is distinct from a morphological Ca
isotopic effect was suggested (Harouaka et al., 2016). This stems from the observations that gypsum
needles with high aspect ratios were more likely to be associated with thick microbial biofilms compared
to other cave gypsum with lower aspect ratios (Harouaka et al., 2016). Thus, there seems to be an
uncertainty on the mechanism for Ca isotopic fractionation in natural gypsum, whether it is primarily
biological or morphologically-controlled. The question of which one is more important may vary
depending on the depositional conditions and is vital if Ca isotopes are to be confidently interpreted as
biosignatures.
To further constrain the relative contributions of these two mechanisms and how they affect the
utilities of cave gypsum Ca isotopes as biosignatures, we substantially increase our sample size for natural
gypsum by analyzing cave gypsum from a different cave room in Frasassi. This work shows that while
needles do indeed tend to have low Ca isotopic compositions, there are significant variations in Ca
isotopes in all types of gypsum that likely reflect contributions from biology and isotopic re-equilibration
processes, the second of which may be dependent on the crystal morphology.

3.10.2. Methods
Cave gypsum collected from Ramo Sulfureo in Frasassi were dissolved in 6N HCl at 90⁰C.
Insoluble clay particles were pelleted by centrifugation at 8,000 g for 10 min. Supernatants were
transferred into acid-cleaned Teflon vials and evaporated to dryness at 90 ⁰C. Dried samples were then
treated to remove organic carbon by reacting twice with 1 ml 30% H2O2 at room temperature for 1 hr, at
50⁰C for 1 hr followed by evaporation at 90⁰C. About 20-50 µg of Ca for each sample was purified using
DGA resin (Eichrom Technologies, Illinois, USA) following the method of Harouaka et al. (2016).
Column yields were ensured to be > 95% by measurements on the ICP-AES. Purified samples were then
resuspended in 1% HNO3 to a concentration of 3 ppm (± 10%) and isotopic compositions were measured
on the Neptune MC-ICP-MS as δ44/42Ca:
δ44/42Ca = [(44Ca/42Ca)sample / (44Ca/42Ca)standard – 1] x 1,000

(1)
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To facilitate comparisons to previously published Ca isotope data, the isotopic values are then converted
to δ44/40Ca and reported relative to SRM915a (Harouaka et al., 2016). The value of SRM915b secondary
standard measured alongside the samples were 0.68 ± 0.15 (n = 5) which agree with previously reported
values of 0.68-0.70 ± 0.14‰ (Fantle and Tipper, 2014; Harouaka et al., 2016). All standards and samples
also fall on the mass dependent fractionation line (Fig. 3-9), giving confidence to the measured values.
Isotopic differences between gypsum and the Ca source (limestones and drip waters; δ44/40Ca = 1.16 ±
0.22‰, n = 3; Harouaka et al., 2016) are discussed in terms of the capital delta (Δ) notation, where:
Δ44Cagypsum-source = δ44/40Cagypsum - δ44/40Casource

(2)

3.10.3. Results and Discussion
Biological Ca isotope effect as the main fractionating mechanism for cave gypsum
Relative to the Ca source, Δ44Ca values of cave gypsum from Ramo Sulfureo are between -0.2
and -0.7‰ (Table 3-2). Needles have Δ44Ca values from -0.30 to -0.66‰ while microgypsum and wall
crust gypsum have Δ44Ca values from -0.18 to -0.60‰. Therefore, microgypsum and wall crust gypsum
had a large range of variation that overlaps with the Δ44Ca values of needles. The Δ44Ca values of gypsum
collected previously from Grotta Bella cave room show a clear negative correlation to aspect ratio (Fig. 310b; Harouaka et al., 2016). In contrast, no clear correlation between Δ44Ca and aspect ratios are observed
for gypsum from Ramo Sulfureo (Fig. 3-10).
The new dataset from Ramo Sulfureo argues against crystal morphology being the only process
that resulted in the observed Ca isotopic compositions. Variable precipitation rates between the gypsum
minerals may result in different isotopic compositions of the minerals, subject to a Rayleigh distillation
effect (Harouaka et al., 2014). However, Harouaka et al. (2016) argued that natural gypsum precipitation
rates are similar enough and are insufficient to explain the ~0.7‰ isotopic distribution. Additionally,
gypsum with Δ44Ca < -0.5‰ are unexpected given the precipitation rate regime and are likely to result
from an unspecified biological effect, based on laboratory experiments (Harouaka et al., 2016).
Evaluating this interpretation in light of the new dataset, all gypsum from Ramo Sulfureo with Δ44Ca < 0.5‰ must have been biologically-influenced during precipitation. This is consistent with the ubiquitous
presence of organic carbon (~0.5 wt%) in all types of gypsum (Table S3-1). Thus, subsets of all types of
cave gypsum irrespective of morphology display evidence of biological influences in the form of Ca
isotopes that may be useful as biosignatures.
The mechanism of this biological effect is still unknown at this present time. One possibility is
that gypsum initially formed within biofilms that sequester low δ44Ca that is distinct from the bulk
solution, akin to dolomite precipitation within a biofilm matrix (Krause et al., 2012). This hypothesis can
be tested in the future by careful sequential extraction of Ca from the various reservoirs.

Ca and S isotopes approach to biosignatures
Judging biosignatures solely in terms of Ca isotopes, 82% of the cave gypsum sampled displayed
Δ44Ca values of > -0.5‰, which are ambiguous in terms of their biogenicity. Extensive sampling are thus
required in order to identify a biosignature. Furthermore, Ca incorporated in gypsum are known to
isotopically re-equilibrate with the solution on time scales of weeks (Harouaka et al., 2014). This may be
the cause for the correlation between Δ44Ca and aspect ratios in Grotta Bella. Isotopic exchange is most
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pronounced for small crystals with high surface area such as microgypsum, but the same process is likely
affecting the large needles as well albeit on longer time scales (Harouaka et al., 2016). As a whole, Ca
isotopes alone is an ambiguous biosignature proxy.
Combining the information from Ca and S isotopes of gypsum may provide a clearer view for
biosignatures. A clear trend between Ca and S isotopes can be seen whereby microgypsum cluster at high
Δ44Ca and low δ34S while needles cluster at low Δ44Ca and high δ34S (Fig. 3-11). Simplistically, S isotopes
act as a proxy for the rate of microbial H2S oxidation to sulfate. Higher δ34S values indicate that H2S is
oxidized rapidly and more quantitatively by microbes, resulting in sulfate δ34S that approximates the δ34S
of the H2S source. In contrast, lower δ34S values indicate slower microbial oxidation with isotopic
signatures that may overlap with abiotic H2S oxidation. The argument of a biological influence for needle
formation is robust since needles trend towards low Δ44Ca and high δ34S.
The data for the microgypsum and wall crust gypsum are more complicated however. In
general, δ34S of both types of gypsum are lower, which reflect slower oxidation of H2S. Values of Δ44Ca
are more variable and can be biologically ambiguous with the majority falling at > -0.5‰ possibly due to
faster re-equilibration time. Thus in this case, combining Ca and S isotopes together yield little new
information.
In summary, detecting biosignatures in a small subset of actively forming cave gypsum is
possible by combining state-of-the-art isotopic approaches. Yet, the majority of cave gypsum display
ambiguous isotopic values that hold no promise as biosignatures. Future work that look into how the
isotopic distribution shift over time by sampling inactive sulfidic cave system such as the Carlsbad
Cavern will be invaluable in refining the utilities of these proxies.
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3.10.4. Tables and Figures
Table 3-2 Summary of Ca isotope data from the Frasassi cave system.
Aspect ratio and δ34S values from previous section of this thesis are included as well.
Sample

Description

SRM915a
Bracketing standard
SRM915b
Secondary standard
RS1-1.2m-B
Microgypsum
RS1-2m-C
Microgypsum
RS1-2.6m-A
Microgypsum
RS2-2
Microgypsum around needles
RS2-2N
Needles, 0.15-0.45 cm long
RS3-1
Needle, 1.4 cm long
RS3-3
Needles, 0.4-1.2 cm long
RS4-1
Needle, 2.4 cm long
RS4-5
Needles, 0.1-0.5 cm long
RS4-6
Needles, 0.3-0.7 cm long
RS4-9
Wet microgypsum
RS4-10
Dry microgypsum
RS4-11
Wall crust gypsum
RS4-12
Wall crust gypsum
RS5-1
Microgypsum, outermost crust
RS5-9
Microgypsum, innermost crust
OP-1
Microgypsum
OP-2
Small needles
OP-3
Wall crust gypsum
OP-4
Large needles

δ44Ca915a
(‰)

n

0.07
a
0.68
0.87
0.90
0.98
0.92
0.85
0.84
0.68
0.50
0.81
0.72
0.56
0.78
0.71
0.53
0.68
0.98
1.15b
0.74b
b
0.96
b
0.45

2
5
3
3
3
2
2
2
2
2
2
2
2
2
2
2
2
2
-

44
External Δ Cagypsum- Aspect
2SD (‰) source (‰)c
ratio

0.09
0.15
0.10
0.23
0.19
0.03
0.06
0.04
0.12
0.06
0.17
0.07
0.01
0.02
0.03
0.05
0.01
0.12
0.04
0.09
0.03
0.03

-0.28
-0.26
-0.18
-0.24
-0.30
-0.32
-0.48
-0.66
-0.34
-0.44
-0.60
-0.38
-0.45
-0.62
-0.48
-0.18
-0.01
-0.42
-0.20
-0.71

2.3
2.0
2.0
3.3
11.0
22.1
22.7
11.8
9.8
12.6
1.6
2.2
3.8
2.4
2.1
2.2
2.0
7.2
4.4
11.6

δ34S (‰)
-17.1
-20.8
-24.2
-19.5
-17.1
-14.2
-15.7
-20.3
-17.5
-18.2
-20.0
-17.7
-23.1
-20.4
-18.5
-21.2
-14.2

a

Agree with published values of 0.68-0.70 ± 0.14‰ (Fantle & Tipper; 2014; Harouaka et al., 2016) bFrom Harouaka et al. (2016)

c

Assuming a source composition of 1.16 ± 0.22‰ obtained by averaging isotopic values of limestone and drip water
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Figure 3-9 Mass dependent fractionation (MDF) line for Ca isotopes.
All data plot on the MDF line as expected.

Figure 3-10 Plot of Δ44Ca versus aspect ratio of gypsum from laboratory experiments and cave systems.
(a) Dashed curved line indicates the general trend of higher Δ44Ca with higher aspect ratios for laboratory
gypsum. (b) A close-up of the data for cave gypsum only. Trend line is shown for samples from Grotta
Bella. Shaded area represents the range of Δ44Ca values that can be interpreted as biologically influenced.
Data for laboratory experiments from Harouaka et al. (2014; 2016), Ramo Sulfureo (RS; this study) and
Grotta Bella (GB; Harouaka et al., 2016).
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Figure 3-11 Plot of Δ44Ca versus δ34S of cave gypsum.
Different mineral morphology are represented by different markers. Values of δ34S act as proxies for the
rate of H2S oxidation, where higher δ34S is more likely to be a result of microbial oxidation. Values of
Δ44Ca lower than -0.5‰ can only be biologically-caused but Ca incorporated in gypsum may isotopically
re-equilibrate with Ca in solution, causing Δ44Ca values to rise over time.
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CHAPTER 4 The Uniqueness of Biofilm-Associated Pyrite Compared to Sedimentary Pyrite:
Implications to Interpreting Geochemical Proxies from Geological Pyrite
In preparation for submission to Geochimica et Cosmochimica Acta

4.1. Abstract
Pyrite (FeS2) formation within biofilms are rare today but could have been more widespread on the
microorganism-dominated anoxic early Earth. The geochemical signatures of biofilm-associated pyrite
have not been explored as much as sedimentary pyrite and could perhaps complicate reconstruction of
environmental conditions based on ancient pyrite or be used as biosignatures. In this study, we compared
pyrite minerals formed within biofilms relative to sedimentary pyrite in the euxinic lakes of the Frasassi
cave system, Italy. Rope-like biofilms hanging from the cave ceiling contained two to ten times more
FeS2 minerals (by weight) relative to sediments and display enrichment in Fe/Al ratios. Biofilms and
sediments contained euhedral, anhedral and framboidal pyrite, with the latter being enriched in biofilms.
Marcasite, a polymorph of pyrite, was also found in biofilms. Relative to sediments, biofilm-associated
pyrite (and marcasite) have lower Fe isotopic compositions (δ56Fe between -0.4 to -1.1‰ versus 0 to 0.3‰ for sediments) and are enriched in bulk elemental sulfur, copper and molybdenum contents. We
propose that biofilm-associated pyrite were formed from at least two distinct Fe sources: Fe-oxides
initially present within the limestone bedrock (δ56Fe = -0.24‰) and dissolved Fe(II) in the water column
(δ56Fe = +0.6‰), coupled to variable kinetic isotope effects during pyrite precipitation. In contrast, the
primary Fe source for sedimentary pyrite were silicate-bound Fe (δ56Fe = +0.45‰) and pyrite δ56Fe
reflect the isotopic compositions of dissolved Fe(II) released from the silicates. The δ56Fe of biofilmassociated FeS2 minerals were negatively correlated with bulk elemental sulfur and molybdenum
contents. Enrichments of elemental sulfur and molybdenum point towards higher polysulfide
concentration, which possibly results in increasing pyrite formation rate from the water column and lead
to the accumulation of pyrite with more negative Fe isotopic compositions.
When interpreting geochemical data from the rock record, biofilm-associated pyrite could have
contributed to some of the more negative δ56Fe values observed in the Precambrian. Additionally, trace
metal enrichments in biofilm-associated pyrite could bias the interpretation of seawater metal inventory to
higher values. Finally, marcasite is uniquely found associated with biofilms and may be a promising
biosignature.

4.2. Introduction
Pyrite (FeS2) is an ubiquitous sedimentary mineral that is present in all types of rocks throughout
Earth’s history. Today, pyrite is mainly formed due to coupled iron and sulfur reduction near the
sediment-water interface (as diagenetic pyrite) or the chemoclines of stratified water columns (syngenetic
pyrite). Together, diagenetic and syngenetic pyrite are preserved in sediments and are collectively known
as sedimentary pyrite. Pyrite minerals have been the subject of intense geochemical investigations,
serving as proxies for the evolution of Earth’s environment and biological metabolisms. Early studies
focusing on mass-dependent fractionation of sulfur isotopes in pyrite have been useful in constraining
pyrite burial rate over time, which are tied to oxygen levels and seawater sulfate inventory (Berner, 1984;
Canfield, 2004, 2005). Additionally, the disappearance of mass independent fractionation of sulfur
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isotopes in pyrite has been taken as strong evidence for the Great Oxidation Event (GOE) around 2.4
billion years ago (Claire et al., 2014; Lyons et al., 2014; Pavlov and Kasting, 2002).
Over the last fifteen years, the advent of high-resolution metal isotopic analysis has generated
widespread interests in utilizing Fe isotopes (δ56Fe) in pyrite as complementary tracers for
biogeochemical cycling throughout Earth’s history (Johnson et al., 2008; Rouxel et al., 2005; Tahata et
al., 2015; Yoshiya et al., 2012). Near the GOE, pyrite δ56Fe spanned a 7‰ range with values as low as 4‰. Smaller variations are observed during the Proterozoic and Phanerozoic, with typical values of ± 1‰
(summarized in Busigny et al., 2014; Johnson et al., 2008; Wolfe et al., 2016). Redox changes of Fe incur
large isotopic effects, with dissolved Fe(II) achieving rapid isotopic equilibrium to be between 1-3‰
lower relative to Fe(III) phases (e.g. Balci et al., 2006; Crosby et al., 2007; Johnson et al., 2002; Kappler
et al., 2010; Percak-Dennett et al., 2011; Welch et al., 2003). Thus, the large spread in pyrite δ56Fe near
the GOE is interpreted to be the result of the increasing importance of Fe(III) phases due to rising oxygen
levels in this time period, albeit with slight differences in the mechanism and scale of Fe redox cycling
(e.g. Archer and Vance, 2006; Czaja et al., 2010; Johnson et al., 2008; Rouxel et al., 2005; Severmann et
al., 2008; Yamaguchi et al., 2005). Additionally, the isotopic fractionation associated with pyrite
precipitation has been shown to be quite large, with pyrite being on average 2.2‰ lower relative to the
Fe(II) source (Guilbaud et al., 2011). Hence, low pyrite δ56Fe values around GOE can be alternatively
interpreted as the result of partial precipitation of pyrite from Fe(II)-rich water bodies in an open system
(Guilbaud et al., 2011).
Very recently, a new proxy for deep time oceanic progression emerged in the form of trace element
contents in pyrite (Gregory et al., 2015; Large et al., 2014). This proxy is based on the notion that the
trace element contents of pyrite directly reflect the concentrations of these elements in the water from
which the mineral formed (Large et al., 2014). As a result, seawater trace element concentrations can be
reconstructed and used to probe the change in elemental variability throughout Earth’s history. In
particular, the availability of redox-sensitive elements such as molybdenum (Mo) and copper (Cu) are
predicted to vary depending on the oxygenation state of the Earth (Anbar, 2008; Saito et al., 2003; Zerkle
et al., 2005). Indeed, multiple trace elements show trends consistent with timings of oxidation events
(Gallagher et al., 2015; Large et al., 2014), providing support for the trace metal contents of pyrite as
proxy for seawater concentrations.
Discussions on pyrite formation and corresponding δ56Fe values or trace element contents have been
focused on sedimentary pyrite. Another potentially important method of forming pyrite has been
traditionally overlooked. Natural biofilms or microbial mats have been found with significant quantities
of pyrite typically in anoxic settings (Chen et al., 2006; Popa et al., 2004; Thiel et al., 2001; ValdiviesoOjeda et al., 2014). The quantities of pyrite formed within biofilms today are insignificant relative to
sedimentary pyrite; however, they could have been more important in the microorganism-dominated,
anoxic early Earth. There are many tentative evidence of relic microbial mats in association with pyrite
from shallow carbonate deposits to deep ocean shales (Duda et al., 2016; Gallagher et al., 2015; Sarkar et
al., 2016; Schieber, 1998; Wacey et al., 2015). This pathway towards forming pyrite represents a
significant gap in our understanding of pyrite formation with unknown implications to the usage of pyrite
geochemistry as proxies. The Fe isotopic and trace metal compositions of biofilm-associated pyrite, and
to a more general extent, the roles of biofilms in mediating pyrite formation, have yet to be studied.
Deep in the subsurface, euxinic lakes of the Frasassi cave system, we discovered microbial biofilms
containing a substantial amount of pyrite in comparison to sediments directly below them. Biofilmassociated pyrite display lower δ56Fe and higher trace metal (Mo & Cu) contents relative to sedimentary
pyrite. Pyrite morphological variety in biofilms suggest that individual grains formed from at least two
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distinct Fe sources: from Fe-oxides and dissolved Fe(II) with a kinetic isotope effect associated with the
latter. Lower pyrite δ56Fe values are related to higher bulk molybdenum and elemental sulfur contents.
Both of these tracers point towards higher polysulfide availability, which can lead towards faster pyrite
formation, larger isotopic fractionation and incorporation of molybdenum during precipitation. We
conclude our study on possible biases induced by biofilm-associated pyrite in the rock record and
potential biosignatures.

4.3. Site description: Lago Dell’Orsa and Lago Infinito
The Frasassi cave system in Italy is hosted in a pure limestone Calcare Massiccio Formation
(Galdenzi and Maruoka, 2003; Mariani et al., 2007) containing < 0.5 wt% of Fe-oxides, cherts and clays
(Ciccotti and Mulargia, 2004; Karcz and Scholz, 2003). The cave system contains over 25 km of passages
with explorations still ongoing. Sulfate-rich groundwater originating from the Burano evaporite formation
flows through the cave system, where sulfide is produced by sulfate-reducing bacteria (Galdenzi and
Maruoka, 2003; Macalady et al., 2006). Negligible wind-mixing, low water flow and sharp differences in
salinity between groundwater and percolating meteoric water lead to water column stratification in lakes
hosted within the cave system (Galdenzi et al., 2008; Mariani et al., 2007).
Two lakes were sampled for this study: Lago Dell’Orsa (LO) and Lago Infinito (LI) (Fig. 4-1). Lago
Dell’Orsa is situated in the Grotta Grande del Vento system, which was opened to tourists in the late
1970s. In comparison, Lago Infinito is located at the tip of the Grotta del Fiume system and this location
represents the current limit of human exploration in Frasassi. Water columns in both lakes are stratified,
with oxygenated mixolimnion layers located on top of bottom euxinic monimolimnion layers (McCauleyRench, 2015). At Lago Dell’Orsa, the mixolimnion reaches a depth of 2 m, followed by a chemocline at
2-6 m and the monimolimnion at 6-20 m depth (Fig. 4-1b). Lago Infinito is considerably shallower, with
the mixolimnion at the upper 2.5 m and the monimolimnion at 2.5-7.5 m. Monimolimnion layers at both
lakes are characterized by pH ~7, temperatures close to 14 ⁰C, high salinity (1,500 ppm), high dissolved
sulfide (0.18-0.33 mM) and sulfate (0.8-1 mM; Table 4-1). The monimolimnion in Lago Infinito
contained 84 nM dissolved Fe. Nitrate and nitrite concentrations are below detection limits of 0.1 and 0.5
µM, respectively. Dissolved organic carbon (43-760 µg/L) and acetate (< 2.9 µM) are low; thus, the lakes
can be characterized as oligotrophic (McCauley-Rench, 2015). Low amounts of dissolved hydrogen (<
9.7 µM) and methane (1.7-6.2 µM) have also been detected (McCauley-Rench, 2015).
Mysterious rope-like microbial biofilms hang from the lakes’ limestone ceiling only in certain parts
of the monimolimnion (Fig. 4-1b, 4-2a). These biofilms are ~2 cm in diameter and can reach up to 1 m in
length (Mariani et al., 2007; McCauley-Rench, 2015). Thermodynamic calculations, microbial
compositions and metagenomic data suggest that microbial communities present in the biofilms obtained
their energy through heterotrophy, sulfate reduction and methane-related metabolisms (McCauley-Rench,
2015). Metabolic activities of cells in the biofilms are low as shown by fluoresence in-situ hybridization,
and estimated age of the organic carbon in the biofilms based on 14C dating is between 1,000 to 2,000
years (McCauley-Rench, 2015).
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4.4. Materials & methods
4.4.1. Field sampling
Biofilms hanging from the lakes’ ceiling were collected using plastic tube corers by professional
cave divers. Biofilms collected in 2013 (LO13-Bio# or LI13-Bio#) were air-dried a day after collection
and stored at room temperature. Biofilms collected in 2014 (LO14-Bio#) were anoxically transferred into
N2-filled, acid-cleaned glass serum vials and fixed within a few hours of collection by the addition of N2degasssed ZnCl2 (1% final concentration). Additionally, limestone from the Calcare Massiccio formation
(Harouaka et al., 2016), mixolimnion sediments of Lago Infinito and Lago Dell’Orsa (1.5 m depth),
monimolimnion sediments in Lago Dell’Orsa (10 m depth) and monimolimnion sediments directly below
the biofilms in Lago Dell’Orsa (17.5 m depth, about 1 m below the biofilms) were collected. Sediment
samples were stored at 4 ⁰C for less than three weeks and subsequently centrifuged at 10,000 g for 10 min
to separate the liquid and solid fractions. Sedimentary pore water was kept aside, acidified with ultra-pure
HCl (BDH Aristar Ultra) and stored at 4 ⁰C. The remaining solid phases were freeze-dried, powdered and
stored at -20⁰C.
Water samples from the monimolimnion of Lago Dell’Orsa were collected with a gas-tight
syringe and immediately filtered at the surface through 0.45 µm acid-cleaned filter into an acid-cleaned
bottle (~250 ml total sample). This sample was acidified with double-distilled, trace-metal clean HNO3
and stored at 4 ⁰C until used for elemental and isotopic analyses. Collection blank is 30 ng Fe (< 4.5% of
Fe in sample). Water column particulates were collected by filtering two to four liters of lake water
sequentially through 1.5 and 0.3 µm ashed glass fiber filters (Sterlitech Corp., WA, USA). These filters
were air-dried and stored tightly wrapped in ashed aluminium foil at room temperature.

4.4.2. Mineralogy and geochemical characterizations
X-ray diffraction (XRD) patterns were collected using PANalytical Empyrean at Pennsylvania
State University. Minerals were identified and measured semi-quantitatively with the Jade software (MDI
Products). Detection limit of the instrument is approximately 3 weight percent (wt%).
Imaging was performed using a transmitted light microscope, reflected light microscope or a
scanning electron microscope (FEI Quanta 200 ESEM) using the back-scattered electron detector.
Elemental composition maps were obtained through energy dispersive spectroscopy (EDS) coupled to the
SEM and analyzed in AZtec software (Oxford Instruments, UK). For identification of different
polymorphs of FeS2 minerals (pyrite and marcasite), polished sections of samples were first prepared
either by National Petrographic Service, Inc. (Texas, USA) or Precimat Labs (Texas, USA). Marcasite
minerals (orthorhombic crystal structure) over ~5 µm in size were then differentiated from pyrite
(isotropic) by pleochroism and anisotropy under a reflected light microscope (Schieber, 2011). FeS2
mineral polymorphs were further identified and mapped using Raman spectroscopy on the Horiba
LabRam HR Evolution (488 nm laser wavelength, spot size ~330 nm) at Pennsylvania State University.
Raman data were analyzed with the LabSpec6 software (HORIBA Scientific, US).
Nitrogen, sulfur, organic and total carbon contents were measured by a Carlo Elba 1108
elemental analyzer or a C/S analyzer (LECO Corporation, MI, USA), as previously described (Watanabe
et al., 1997; Zimmermann et al., 1997). Powdered samples were treated with 1 N HCl while particulate
samples on filter papers were left in a HCl-saturated chamber overnight to dissolve carbonates. Vanadium
oxide (V2O5) was added to each sample to aid the combustion of sulfur. Both pre- and post-dissolved
samples were analyzed to determine inorganic carbon content by subtracting total carbon with organic
carbon. Calcite content was calculated assuming all the inorganic carbon is in the form of calcite.
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Estimated errors for organic C, inorganic C, N and S are <0.02, <0.5, <0.01 and <0.5 wt%, respectively.
Estimated errors for particulate organic C (POC) and N measurements are 26 and 2 µg/L respectively.
For measurements of solid-phase S(0) (organic sulfur and elemental sulfur), 20-200 mg of
powdered samples were first treated with 5 ml 2 N HCl and 0.5 ml Ti(III)-citrate for 2 hrs to remove acidvolatile sulfides (Rickard et al., 2006). Residuals were centrifuged and rinsed once with water. Solidphase S(0) was extracted using 10 ml methanol with continuous shaking overnight and the extraction
solution decanted after centrifugation at 8,000 g. Extracted S(0) is measured with a modified cyanolysis
method (Steinmetz and Fischer, 1981) that uses methanol as the matrix instead of water.
Concentrations of major cations (Al, Na, Ca, Mg, K, Ba, Si, Sr) were measured with the ICP-AES
while trace cations (Cu & Mo) were measured with the ICP-MS. Dissolved chloride concentration was
measured with a Dionex ICS-2500 Ion Chromatogram.

4.4.3. Fe extraction and isotopic analysis
4.4.3.1. Sediments and biofilms
Solid phases containing Fe were chemically separated using a sequential extraction method (e.g.
Huerta-Diaz and Morse, 1990; Severmann et al., 2006; Busigny et al., 2014) that was modified for safety
considerations. Ultra-pure acids and reagents were used for all steps. Samples were first leached with 6 N
HCl for 2 hours, centrifuged at 10,000 g for 20 minutes and supernatants transferred to acid-cleaned
containers. Residuals were rinsed twice with water followed by centrifugation as above, after which the
original HCl fractions and water rinses were combined. This procedure extracts adsorbed Fe, carbonatebound Fe, HCl-soluble sulfides (mackinawite and greigite) and potentially some silicate Fe (Raiswell et
al., 1994). Residuals were then treated with 10 M HF to dissolve silicate Fe. The original method employs
two extractions with 10 M HF followed with centrifugation. To prevent bringing HF-filled tubes outside
of the fume hood during centrifugation, the method was modified so that the samples are treated only
once with 10 ml 10 M HF for 16 hrs, followed by evaporation of the HF in the fume hood at 100⁰C.
Samples were then resuspended in 0.5 N HCl, centrifuged and rinsed twice with water as before. Good
reproducibility was achieved between the two methods, especially for trends in Fe contents and isotopic
compositions (Table 4-1). Finally, FeS2 minerals were dissolved using concentrated HNO3 for 2 hours.
XRD analysis confirmed the complete dissolution of silicates and FeS2 after their respective extraction
step.
Fe concentrations within each extraction solution were measured either with the FerroVer method
(Hach Co., Loveland, CO, USA), ICP-AES or ICP-MS at Pennsylvania State University. These methods
typically yield Fe concentrations within 10% of one another. Degree of pyritization (DOP) were
calculated using the following formula (Raiswell et al., 1988; 1994):
DOP = FeFeS2 / (FeHCl + FeFeS2)

(1)

For isotopic analysis, extraction solution aliquots were dried down at < 100 ⁰C in acid-boiled
Teflon vials and subjected to at least two rounds of digestion with 250 µl of 30% hydrogen peroxide and
250 µl of concentrated HNO3 to remove organics. After another dry down, samples were resuspended in 7
N HCl. Iron were purified by column chromatography to remove any interference due to matrix effects
following previously described protocol (Yesavage et al., 2012). Briefly, 10-50 µg of Fe were loaded onto
2 ml pre-cleaned AG-MP1 resin (Bio-Rad Laboratories, CA, USA) and the matrix was eluted with 27 ml
of 7 N HCl. Iron was eluted by 9 ml of 0.5 N HCl and collected. Sample purity and yield (> 95%) were
monitored for every sample. Isotopic standards were also processed through column chemistry alongside
samples. Process blanks were always less than 50 ng. Purified samples and standards were dried and
resuspended to a concentration of 3 ppm in 0.3 N HNO3 for isotopic analysis.
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4.4.3.2. Limestone bedrock
For complete digestion, carbonates were first dissolved with 6N HCl for > 2 hrs. Samples were
then centrifuged and supernatants transferred to other tubes for temporary storage. Residuals were fully
digested by 1 ml concentrated HF and 1 ml concentrated HNO3 at 90 ⁰C overnight followed by
evaporation at 100 ⁰C. At this point, the previous HCl-soluble fraction was recombined with the digested
residuals, followed by evaporation at 80 ⁰C. Digested samples were resuspended in 0.3N HNO3 for
determination of total Fe and Al by ICP-AES.
Fe-oxides were separated for isotopic analysis from the carbonate matrix following the method
of Henkel et al. (2016). Powdered samples were first treated with 1 M Na-acetate to remove carbonates,
carbonate-associated Fe, FeS and adsorbed Fe. Next, Fe-oxides were extracted with 0.02 M Na-citrate/50
g/L Na-dithionite solution. Fe yields from both the acetate and citrate-dithionite fractions were measured
with the FerroVer method. Fe-oxides extracted via citrate-dithionite solution were treated with
concentrated HNO3, H2O2 and high heat (190 ⁰C for >7 hrs) to remove the organic matrix, followed by
precipitation in a NH4OH solution. Precipitates were then dissolved in 7N HCl and purified via AG-MP1
resin as above.

4.4.3.3. Water sample
Dissolved Fe in the lake water sample was prepared for isotopic analysis through a combination
of methods based on John and Adkins (2010) & Chever et al. (2015). 250 ml of lake water was dried
down at 90 ⁰C and resuspended to the same volume in pH 1.75 HCl solution. Hydrogen peroxide was
added to 10 µM final concentration and let to react for >30 minutes to fully oxidize Fe in the samples to
Fe(III). Pre-cleaned nitrilotriacetic acid resin (NTA, Qiagen Inc, Valencia, CA, USA) was packed into
Poly-Prep columns (Bio-Rad Laboratories) to a wet volume of 1.2 ml. The resin was rinsed with 20 ml of
1.5 N HNO3 and conditioned with 20 ml of pH 1.75 HCl solution. The sample was then passed through
the resin 10 ml at a time. Finally, the resin was washed with 15 ml of pH 1.75 HCl solution and Fe was
eluted out with 10 ml of 1.5 N HNO3. An aliquot of this eluant was set aside for Fe concentration
measurement with ICP-MS. Tests performed with gravimetric standards showed that extraction efficiency
of NTA resin is 95 ± 3% (n = 3), similar to previous reports (Chever et al., 2015; Rouxel and Auro,
2010).
The rest of the sample was dried down and resuspended in 7 N HCl for purification through a
small amount of AG-MP1 resin designed to minimize procedural blanks. 100 µl of resin was packed into
a Teflon column. The resin was rinsed with 0.55 ml of 0.5 N HCl and conditioned with 0.55 ml of 7 N
HCl. Sample was loaded on top of the resin and the matrix was eluted twice with 0.75 ml 7 N HCl.
Finally, Fe was eluted with 0.7 ml 0.5 N HCl. Sample purity and yield (>95%) were monitored with ICPMS.
For validation of column chemistry, an isotopic standard was added to artificial lake water that
was previously stripped off Fe by passing through NTA resin. The isotopic lake standard was then
processed alongside the sample. Total process blanks for the whole procedure were always less than 5 ng
(<1% relative to sample). Purified sample and standards were dried and resuspended to a concentration of
200 ppb in 0.3 N HNO3 for isotopic analysis.

4.4.4.

Instrument-set up and isotopic notations

Isotopic measurements were performed on a ThermoFisher Neptune Plus MC-ICP-MS at the
Metal Isotope Laboratory, Pennsylvania State University using high resolution mode. Ion beams
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corresponding to 52Cr, 53Cr, 54Fe, 56Fe, 57Fe, 58Fe and 60Ni were monitored on the L4, L2, L1, C, H1, H2
and H4 Faraday cups respectively. For each sample or standard, one block consisting of 35 cycles of 4.2 s
integrations were measured. Instrumental mass discrimination was corrected using the sample-standard
bracketing approach. Isotopic values are reported in delta (δ) notation in per mil (‰) unit:
δnFe = [(nFe/54Fe)sample / (nFe/54Fe)standard – 1] • 1,000

(2)

where n represents mass 56 or 57. The values are reported relative to IRMM-14, with δ56Fe value of 0.09‰ relative to average igneous rocks (Dauphas and Rouxel, 2006). Isotopic standards (HPS-Fe, SRM
3126a, BCR-1) were measured alongside samples in every run and each sample was measured at least in
duplicates.
Isotopic analysis were performed at either 3 ppm or 200 ppb concentrations, with different setups to maximize signal intensity and stability. For analysis at 3 ppm, samples were introduced into the
plasma torch through a PFA microflow nebulizer and a quartz cyclonic spray chamber. For analysis at
200 ppb, sensitivity was improved by replacing the quartz cyclonic spray chamber with an Apex IR
introduction system (no nitrogen flow). Sensitivity was further improved by using an X-skimmer cone
instead of regular cones. This set-up results in noisier measurements relative to those performed at 3 ppm
concentrations. Furthermore, measurements were subjected to random instabilities that may shift the
isotopic ratios during a measurement block of either the bracketing standards or the samples by as much
as 0.6‰. Each dataset was manually checked and measurements affected by instabilities were discarded.
Under both instrumental set-ups, long-term average values of isotopic standards are consistent
with previously published values (Table 4-S1). At 3 ppm analysis concentration, external precisions
(2SD) of 0.08‰ for δ56Fe and 0.14‰ for δ57Fe were obtained and all data plot well on the massdependent fractionation line (Figure 4-S1a). At 200 ppb analysis concentration, external precisions (2SD)
of 0.27‰ for δ56Fe were obtained. 2SD for δ57Fe were larger (>0.4‰) and are not considered further in
this study. The data still plot on the mass-dependent fractionation line albeit with more scatter (Figure 4S1b).
In some samples, small amounts of Ba and Cr were evident after column chromatography. 3 ppm
IRMM-14 solution doped with 50, 100 and 200 ppb Ba showed no discernible effect to the measured
isotopic values (± 0.06‰). Samples containing Cr (54Cr/54Fe signal ratio > 0.025‰) were either reseparated through column chromatography or corrected for Cr interference (Schoenberg and Von
Blanckenburg, 2005). In either case, the obtained values were within 0.02‰ of one another.

4.5. Results
4.5.1. Minerals in sediments and biofilms
Biofilms collected from the Frasassi lakes consisted of filaments with many tightly associated
opaque grains under transmitted light (Fig. 4-2b). These grains are shown to be composed of iron and
sulfur via EDS and are reflective under reflected light microscopy; they are thus putatively identified as
pyrite. Pyrite grains display varying morphology including euhedral (octahedron and dodecahedron),
anhedral (irregularly shaped) and framboids (ball-shaped clusters of smaller grains) (Fig. 4-2, c-e).
Biofilms have higher proportion of framboids while monimolimnion sediments have higher proportion of
anhedral pyrite (Fig. 4-3). The sizes of pyrite grains in biofilms are quite uniform with a median of 3-6
µm, while sedimentary pyrite grains show more variation towards larger sizes up to 60 µm, with a median
of 3-10 µm. This relationship is also observed when the data are separated according to morphology.
Biofilm-associated pyrite grains are commonly coated with organics. Elemental sulfur particles (identified
through EDS) are also observed in biofilms but are relatively rare.
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Using XRD, the presence of pyrite was confirmed in most of the biofilm samples as well as in the
sediments (Fig. 4-4a; Table 4-3). Pyrite peaks were particularly prominent in two specific biofilm
samples (LO14-BioA and LO14-BioB). Marcasite, a mineral polymorph of pyrite, was also identified in
these two samples. In sediments and biofilms that contained a lot of calcite, pyrite peaks were lower or
completely absent and no marcasite peaks were present. High amounts of calcite likely indicates sampling
artifact, due to the difficulties of careful sampling while diving in a limestone cave. Therefore, a subset of
samples was dissolved with either HCl or HCl + HF to remove carbonates and/or silicates prior to XRD
analysis. After this treatment, pyrite was detected in all samples while marcasite was detected only in
biofilms. Marcasite makes up between 11 to 44% of total FeS2 in biofilms as estimated from XRD. Based
on reflected light microscopy and Raman analysis, marcasite minerals were present only as multiphase
crystals with pyrite within euhedral or anhedral grains (Fig. 4-4, b-d). No marcasite were identified in
framboids.
Calcite, quartz and silicates are major components in all samples (Table 4-3). Calcite contents
ranged from 7 to 99 wt% of the samples. The exact mineralogy of the silicates is difficult to determine,
but is most likely a mixture of illite and chlorite. Barite is a minor component in some samples, while
small peaks corresponding to elemental sulfur were detected in LO14-BioB. We did not identify peaks
belonging to mackinawite (FeS) or greigite (Fe3S4) in any of the samples.

4.5.2. Fe distribution and isotopic compositions
Total Fe in the limestone bedrock were 0.01 to 0.02 wt% with Fe/Al molar ratio of 0.48 ± 0.02 (n
= 2; Table 4-2). Fe-oxides comprised 68 ± 1% of total Fe in the limestone, with the rest primarily
residing in the acetate-extractable fraction. By mass balance considerations, Fe in silicates is a minor
reservoir of Fe in the limestone. Fe-oxides had an average δ56Fe of -0.24 ± 0.06‰ (n = 2).
Solid-phase contents in other samples (sediments and biofilms) are reported in terms of CaCO3free basis or normalized to Al to avoid bias due to sampling artifacts caused by calcite addition (Lyons
and Severmann, 2006; Raiswell and Berner, 1985). We caution that CaCO3-corrected data are sensitive to
calcite concentration, especially for samples that contain > 90% calcite (LO14-Sed3 and LO13-Bio1 to
Bio3; Table 4-3). Therefore, we use Al normalization for most of the dataset. Disregarding samples with
high calcite contents, total Fe in sediments ranged from 3.4 to 4.2 wt% and FeS2 contents ranged from 0.3
to 2.1 wt%. Total Fe and FeS2 in biofilms tend to be higher relative to sediments, ranging from 3.4 to 10.7
wt% and 2.0 to 8.2 wt%, respectively. Mixolimnion sediments have similar Fe/Al molar ratios (0.12-0.18)
to monimolimnion sediments (0.16-0.20), with both sets of samples being lower relative to biofilms
(0.29-0.95). DOP show an increasing trend between mixolimnion sediments (0.39-0.50) to
monimolimnion sediments (0.78-0.91) to biofilms (0.89-0.99).
In sedimentary pore waters, dissolved Fe concentrations range from 0.5 to 8.8 µM (Table 4-2). In
the solid phase, HCl-extractable Fe (FeHCl) makes up ≤ 7% of total Fe in all samples (Table 4-2).
Sediments are characterized by higher proportions of Fe in the silicate phase, with this fraction containing
between 72 to 92% of Fe in sediments. In comparison, biofilms are characterized by higher proportions of
Fe in the FeS2 phase (60-82% over total Fe).
Silicate δ56Fe values were very similar for monimolimnion sediments and biofilms with an
average of 0.45 ± 0.03‰ (n = 9). FeS2 phases have lower δ56Fe than silicates. Sedimentary pyrite have
δ56Fe ranging from -0.06 to -0.27‰, with sedimentary pyrite below biofilms (-0.21 ± 0.04; n = 3) having
lower δ56Fe relative to sediments away from the biofilms (-0.07 ± 0.01‰; n =3). Biofilm-associated FeS2
have even lower δ56Fe values ranging from -0.42 to -1.12‰ with an average of -0.65 ± 0.24‰ (n= 6;
Table 4-2).
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The concentration of dissolved Fe in the monimolimnion of Lago Dell’Orsa was 46 nM, with
δ56Fe = 0.61 ± 0.27‰. Out of three isotopic analysis on the instrument, only one analysis was deemed
acceptable as the other two were affected by huge instabilities during measurement. A fourth analysis was
attempted at a lower concentration due to sample limitation, but this caused a substantial decrease in δ56Fe
to 0.25‰ and the data does not plot on the mass-dependent fractionation line. Therefore, a value of
0.61‰, with an estimated error of 0.27‰ (based on external precision of isotopic standards measured at
200 ppb concentrations) is taken as the optimal value for dissolved Fe.

4.5.3. Organic carbon, nitrogen, sulfur and trace metal contents
Bulk solid-phase data are reported relative to Al on a molar basis. Biofilms have high organic
C/Al ratios between 0.94-6.52. Monimolimnion sediments have lower organic C/Al ratios between 0.270.32 as well as N/Al ratios of 0.01-0.03. Total sulfur/Al ratios for all samples range between 0.04-2.45.
Sulfur contents before and after treatment with HCl are within error of one another, suggesting that solidphase acid-volatile sulfides such as FeS made up a minor component of the total sulfur pool. Solid-phase
S(0) (organic sulfur and elemental sulfur) show an increasing trend between monimolimnion sediments
away from the biofilms (S(0)/Al of 0.46-0.59 in unit of mmol/mol) to monimolimnion sediments below
biofilms (0.61-1.64) to biofilms (9.97-76.91). Bulk Mo/Al and Cu/Al ratios show similar enrichment
trends between the samples (Table 4-3).
To explore the contents of Mo and Cu associated with pyrite, HNO3-extractable Mo and Cu are
reported relative to pyrite-Fe in a mmol/mol unit. Pyrite Mo/Fe show an increasing trend between
monimolimnion sediments away from the biofilms (0.03-0.04), to monimolimnion sediments below
biofilms (0.25-0.85) to biofilms (0.07-12.58). In contrast, pyrite Cu/Fe ratios were more variable between
the samples and ranged between 0.04-26.93.

4.5.4. Water column geochemistry
The monimolimnion of Lago Dell’Orsa contains high concentrations of dissolved Na (16 mM),
Cl (26 mM) and Ca (3.4 mM). Lower amounts of dissolved Mg (1 mM), K (0.5 mM), Si (0.03 mM), Sr
(0.03 mM) and Ba (0.4 µM) were also present (Table 4-1). Dissolved Cu and Mo concentrations were 2
and 0.5 nM respectively.
Total particulate organic carbon (POC; > 0.3 µm grain size) concentrations range between 43-222
µg/L throughout the water column, with no particular variations by water depth (Table 4-S2). Total
particulate nitrogen varies between 8-23 µg/L. XRD analyses of the particulates showed high abundance
of calcite, quartz and silicates. Mackinawite, greigite and pyrite were not detected via XRD. However, ~7
µm diameter iron-sulfur rich framboids were identified in particulates at 7.6 and 16 m water depth below
the chemocline via EDS coupled to SEM.

4.6. Discussion
In the Frasassi lakes, biofilm-associated pyrite are geochemically distinct relative to sedimentary
pyrite from the monimolimnion, most notably in terms of Fe isotopic compositions, Mo contents and FeS2
mineralogy and morphology. In order to fully explain these variations, we aim to develop a holistic model
that can elucidate major controls on the poorly understood formation of biofilm-associated pyrite, starting
with tracing the Fe source(s), to a genesis model of biofilm formation in this setting to a discussion on the
role of microbial sulfur cycling in enhancing pyrite formation and trace metal enrichments. We conclude
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our discussion on the potential of biofilm-associated pyrite to skew geochemical proxies that are based on
sedimentary pyrite towards lower or higher values.

4.6.1. Source(s) of Fe for pyrite formation
Biofilms are characterized by lower δ56Fe values relative to sedimentary pyrite. These isotopic
differences likely reflect the preferential use of certain Fe source(s) for pyrite formation. Four possible Fe
sources exist in these system: silicates, Fe-oxides from the limestone bedrock, adsorbed Fe on organic
matrix and dissolved Fe in the water column. We start by tracing the Fe source(s) for sedimentary pyrite
because its long historical research provides a clear frame of reference before delving into the
complicated nature of the biofilms.
4.6.1.1. Sedimentary pyrite
Sedimentary pyrite in the monimolimnion could be derived from pyrite formed either
diagenetically (inside sediments) or syngenetically (in the water column, which then settles to the
sediment below). Geochemical proxies such as Fe/Al ratios are highly useful to compare between the
relative importance of these two modes of pyrite formation, with higher Fe/Al ratios in monimolimnion
sediments (compared to mixolimnion sediments or original bedrock in the same system) being indicative
of high contributions from syngenetic pyrite (Lyons and Severmann, 2006). In the lakes, framboids can be
observed in the water column and are direct evidences for syngenetic pyrite formation. However, Fe/Al
ratios of monimolimnion sediments are indistinguishable to mixolimnion sediment (Fig. 4-5a), indicating
that sedimentary pyrite in the monimolimnion are primarily composed of diagenetic pyrite rather than
syngenetic pyrite that settled into the sediments. Surprisingly, both mixolimnion and monimolimnion
sediments also display lower Fe/Al ratios compared to the bedrock, even after correcting for loss of
carbonate-associated Fe during limestone dissolution (Fig. 4-5a). The significance of this observation is
two-fold. First, it indicates that Fe-oxides originally present in the bedrock were lost during limestone
dissolution irrespective of redox states of the overlying water. The mechanism by which this proceed is
unclear, but the end result is that Fe-oxides were loss before they could be converted to pyrite. Second, no
additional Fe (that is decoupled from Al input) is added to the sediments. Therefore, we can also rule out
diffusion of dissolved Fe from the overlying water into the sediments as a source for diagenetic pyrite
formation. In any case, the diffusive Fe flux should be outward rather than into the sediments given that
sedimentary pore water has ~100 times higher Fe concentrations than the overlying water.
The only other significant Fe source in monimolimnion sediments is the ever-present silicates that
are left behind after limestone dissolution. Silicate-bound Fe is typically thought of as unreactive for
pyrite formation on timescales of millions of years (Canfield et al., 1992) but its reactivity could be
enhanced due to catalysis by microbial activities (Anderson and Raiswell, 2004; Shi et al., 2016). This
hypothesis is supported by the comparison of Fe partitioning between silicates and pyrite in mixolimnion
and monimolimnion sediments, which suggests that between 15-20% of Fe in silicates were converted
into pyrite in the euxinic zone (Fig. 4-5b). Pyritization of silicates then resulted in pyrite minerals that are
as much as 0.6‰ lower relative to silicates, consistent with previous experiments that show Fe(II)
released from silicates can be between 0.6 to 1.2‰ lower relative to the mineral (Brantley et al., 2001;
2004; Liermann et al., 2011; Shi et al., 2016).

4.6.1.2. A genesis model for biofilm-associated pyrite
78

Pyrite within biofilms display multiple morphologies (framboidal, euhedral and anhedral) that
suggests the minerals were formed from multiple pathways with different Fe sources. The δ56Fe values
show a wide range between -0.4 to -1.1‰, significantly lower relative to sedimentary pyrite δ56Fe of 0 to
-0.3‰ that were formed by pyritization of silicates. Biofilm-associated pyrite δ56Fe values are then too
low to be explained via pyritization of silicates alone, although we cannot rule out this pathway
completely.
The Fe/Al ratios of biofilms are higher relative to monimolimnion sediments and in some cases
even higher compared to the bedrock (Fig. 4-5a). This indicates that Fe-oxides in the bedrock, as well as
some other additional Fe sources, could be used to form pyrite. However, there is a mystery as to how Feoxides can be used to form pyrite at the tip of biofilms that are located up to 1 m away from the limestone
ceiling. In order to explore this, we present a speculative genesis model for the biofilms, whereby the
biofilms grew from bottom to top in step with limestone dissolution and cave enlargement process (Fig.
4-6). In this scenario, we envision an initial surface layer of biofilms on the lake ceiling with direct access
to the Fe-oxides for pyrite formation. These surface layers are present in the lakes based on diving
observations, although they were selectively not sampled in this study in lieu of the more enigmatic rope
biofilms. Wall areas covered with biofilms could be subjected to faster rate of carbonate dissolution either
through microbial metabolisms or perhaps even through infiltration of calcite-undersaturated seepage
water filled with nutrients that encouraged preferential biofilm formation in that area in the first place. As
the ceiling retreats, the biofilms grew upward to remain attached to the ceiling. This genesis model
explains why some biofilms are found within cupolas (Fig. 4-1), why silicates and quartz can be found
within the biofilm matrix (residues after carbonate dissolution) and provides the mean for biofilms to
access Fe-oxides for pyrite formation during the initial formation stage.
When Fe-oxides with δ56Fe of -0.24‰ is reduced, the released Fe(II) can have a δ56Fe range of 2.2 to -0.2‰, which are consistent with the δ56Fe values of pyrite minerals observed here. However, it is
clear that many of the biofilms have elevated Fe/Al ratios relative to the bedrock with a general trend
towards lower δ56Fe with higher Fe/Al ratios (Fig. 4-5a), suggesting that pyrite formation continues even
after some portion of the biofilms can no longer access Fe-oxides in the bedrock. Therefore, while Feoxides can be important in initial biofilm pyrite formation, additional Fe sources are required to explain
our observations.
Fe adsorbed to the organic matrix may be an additional source for pyrite formation, given that
biofilm surfaces are well-known for accumulating Fe through adsorption (Flemming and Wingender,
2010; Mulholland et al., 2015). The amount of HCl-extractable Fe (which includes adsorbed Fe) showed
no correlation to organic carbon (Figure S4-2a), suggesting that adsorbed Fe did not become an
increasingly more important Fe source in the presence of high organics. Furthermore, adsorbed Fe will
have δ56Fe that is between 1-2.7‰ higher than dissolved Fe(II) (Mulholland et al., 2015), which will then
produce pyrite with δ56Fe > +1.6‰. Therefore, adsorbed Fe on biofilms is likely not the Fe source for
pyrite formation. Through mass balance consideration, it is also possible that free Fe(II) within biofilms
can be pushed towards low δ56Fe values due to equilibration with adsorbed Fe. However, we note that the
biofilms are extremely soft and porous by nature. It is more likely that the fluid within the biofilms is
homogenously mixed with the bulk lake water. Thus, the biofilms are more aptly described as an “open”
system rather than a “closed” system with respect to Fe. It is unlikely that there exists a separate pool of
dissolved Fe(II) with low δ56Fe within the biofilms.
With other Fe sources insufficient to explain the δ56Fe of biofilm-associated pyrite, we are left to
evaluate dissolved Fe(II) in the water column as the Fe source for pyrite formation even though its
concentration is low (46-84 nM). Biofilm-associated pyrite is between 1-1.7‰ lower relative to dissolved
Fe(II). This is within the average 2.2‰ isotopic fractionation observed during abiotic pyrite formation in
the presence of FeS minerals (Guilbaud et al., 2011). For this fractionation to be expressed, only small
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amounts of Fe(II) must be removed from solution as pyrite. To evaluate whether this is possible, we turn
to a 1D model developed in CrunchTope (Steefel et al., 2015) whereby Fe(II) is flowing through a 2 cm
thick biofilm and precipitated to pyrite. We use precipitation kinetics determined through a flow-through
experiment where pyrite was formed directly from solution in the absence of FeS mineral formation
(Harmandas et al., 1998), similar to the conditions in the lakes. We further assumed a flow rate that is
similar to the slowest flow rate measured in Frasassi at 1 cm/s (Jones et al., 2015). Further details for the
model construction are presented in Supplementary Materials. Given these assumptions, less than 2% of
Fe(II) is consumed to form pyrite as the water is flowing through the biofilm, satisfying the mass balance
requirement to display isotopic fractionation during precipitation. Our model predicts a precipitation rate
in the order of 10-9 mol/L/s, which is three orders of magnitude lower compared to laboratory experiments
where isotopic fractionation was determined (Guilbaud et al., 2011). It is uncertain whether large
fractionation due to precipitation can be expressed at this low rate in the absence of FeS mineral.
Additionally, biological and organic effects to pyrite precipitation are unclear, with some experiments
showing that biology accelerated pyrite precipitation (Canfield et al., 1998; Rickard et al., 2007) while
others showing inhibition of pyrite precipitation (Harmandas et al., 1998; Rickard et al., 2001).
Sensitivity analysis of pyrite δ56Fe to precipitation rates are presented in Figure S-3. With these caveats,
we contend that pyrite precipitation from dissolved Fe in an open system can explain the measured pyrite
δ56Fe in biofilms and is consistent with known kinetics. Rayleigh distillation effects may contribute a
secondary control on pyrite δ56Fe (Figure S-3). Experimental studies under conditions relevant to the
lakes are however required to confirm this hypothesis.
In summary, sedimentary pyrite are sourced from Fe in silicates with a small isotopic effect and range
in pyrite δ56Fe. In comparison, biofilm-associated pyrite has larger spread in δ56Fe values that are
consistent with Fe sourced from Fe-oxides in the bedrock and dissolved Fe in the water column. We
hypothesize that biofilms initially grow as a surface layer on the limestone ceiling with access to Feoxides in the bedrock for pyrite formation with δ56Fe around -0.4‰. Preferential dissolution at this area
led to the retreat of the ceiling, formation of cupolas and growth of biofilms upward to remain attached to
the ceiling. The bottom part of the biofilms are consistently exposed to dissolved Fe(II) that is
precipitated as pyrite, leading to negative δ56Fe values down to -1.2‰.

4.6.2. Catalytic role of microbial sulfur cycling in pyrite formation, Fe isotopic variations and trace
metal enrichments
Biofilms are characterized by lower pyrite δ56Fe and higher bulk S(0), Mo and Cu contents as
well as pyrite-associated Mo relative to sediments. Processes that result in these patterns are invariably
tied to one another, as suggested by the strong correlations towards lower pyrite δ56Fe values at higher
bulk S(0) and Mo contents (bulk and pyrite-associated) (Fig. 4-7, a-c). The amount of S(0) did not
correlate with organic carbon (Fig. S4-2b), suggesting that this S(0) pool is primarily elemental sulfur
rather than organic sulfur. In the presence of sulfide either from the water column or produced by sulfatereducing microbes, elemental sulfur dissociates to form polysulfides (e.g. S22-). Elevated polysulfides are
also indicated by enrichments in Mo, which requires an initial reduction step catalyzed by polysulfides
before it can be efficiently incorporated into pyrite, organic matter or silicate matrix (Chappaz et al.,
2014; Freund et al., 2016; Vorlicek et al., 2004). High polysulfides in turn leads to an increase in pyrite
precipitation rates (Benning et al., 2000; Rickard, 1975; Rickard and Luther, 2007), which may allow a
larger expression of kinetic isotope fractionation during pyrite precipitation (Czaja et al., 2012; Guilbaud
et al., 2011). Overall, we suggest that high amounts of S(0) in the biofilms combined with microbial
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sulfide reduction led to elevated polysulfide concentrations, which led to Mo enrichments and more pyrite
precipitation with lower δ56Fe values (Fig. 4-6).
The question then becomes: why is elemental sulfur enriched within the biofilms (relative to
sediments) in the first place? In euxinic conditions similar to our study sites, elemental sulfur can be
formed either through sulfate reduction by methanotrophic archaea (Milucka et al., 2012) or less likely,
through abiotic oxidation of sulfide coupled to reduction of dissolved selenium (Hockin and Gadd, 2003).
Differences between monimolimnion sediments and biofilms then imply that either the production or
removal rate of elemental sulfur (possibly via microbial sulfur disproportionation) is distinct between
these two settings. Further discussion on this subject requires a more focused study into sulfur cycling
within the lakes.
Bulk Cu enrichments in biofilms likely proceed by a different mechanism than discussed above,
as no correlation is observed between Cu contents and other geochemical parameters analyzed here (Fig.
4-7d). White and Gadd (2000) showed that Cu is enriched in sulfate-reducing biofilms through
precipitation as Cu-sulfides. Gregory et al. (2015) discussed the drawbacks of using sequential acid
extraction similar to in this study for analyzing Cu distributions in pyrite, as Cu can form a number of
different phases with different solubility in various acids including chalcopyrite (CuFeS2) that is only
soluble in HNO3. Therefore, we speculate that microbial sulfate reduction likely led to bulk Cu
enrichments in biofilms, but not necessarily in pyrite without finer scale resolution.

4.6.3. Geological imprints of biofilm-associated pyrite
It is clear that biofilm-pyrite is distinct from sedimentary pyrite in several features. In Frasassi, there
are indications that pyrite is transferred from the hanging biofilms into the monimolimnion sediments
located ~1 m directly below them, based on lower δ56Fe values and enrichment in Mo in pyrite relative to
monimolimnion sediments located away from biofilms (Fig. 4-7). In marine systems where biofilms form
at the sediment-water interface (Chen et al., 2006; Thiel et al., 2001), there are even higher likelihood for
biofilm-associated pyrite to be buried in sediments and preserved in the rock record.
Pyrite in Neoarchean shales show wide δ56Fe variations ranging from -4‰ to +3‰ while those in the
euxinic Proterozoic (Canfield, 1998) tend to have values between -0.5 to +1‰ (summarized in Busigny et
al., 2014; Rouxel et al., 2005; Wolfe et al., 2016). If biofilms similar to those studied here existed in the
anoxic ocean, sulfur cycling mediated by these biofilms will generate local hotspots for pyrite formation
with distinct δ56Fe values due to pyrite formation in an “open” system. For example, pyrite grains in
Archean stromatolitic carbonate rock often have δ56Fe values clustering around two values at -1‰ as well
as +1‰, which are interpreted to be the combined effect of sedimentary pyrite formation from ironoxides, early diagenetic microbial iron reduction that releases dissolved Fe(II) and subsequent pyrite
formation with variable distillation effects in a closed system (Yoshiya et al., 2012). We note importantly
that the cluster of low δ56Fe values from these dataset is also consistent with pyrite formation within
biofilms. In shales, it is more difficult to ascertain the presence of microbial mats petrographically due to
abiotic processes that resulted in similar lamination patterns (Schieber, 1998). We hypothesize that
microbial mats could have continuously precipitated pyrite from the anoxic water column, leading to
accumulation of low δ56Fe pyrite over time that is preserved in Neoarchean deposits. This is speculative
without supporting evidence from other proxies and without knowing the areal extent of ancient microbial
mats.
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Trace metals in pyrite have garnered recent interests due to their potential as proxies for seawater
metal inventory over geological times (Gallagher et al., 2015; Gregory et al., 2015; Large et al., 2014). In
particular, seawater Mo trend based on Mo content in pyrite has yielded insights into the progressive
oxygenation of the Earth as well as into cycles of nutrient-rich and nutrient-poor periods in the
Phanerozoic (Large et al., 2014, 2015). Based on our study, biofilm-associated pyrite could contain up to
300 times more Mo relative to sedimentary pyrite. Since Mo can also be bound to organic matter that is
soluble in HNO3, we attempt to correct the data by subtracting the contribution from organic matter
assuming a ratio of 60 umol Mo/mol organic C derived from black shales at a concentration of ~1 nM Mo
(Algeo and Lyons, 2006). This is an overestimation given that this ratio also includes Mo from pyrite.
With this correction, we found that organic matter-derived Mo can account for at most 5% of HNO3extractable Mo in all samples, except for LI13-Bio1 where it can account for 50% of HNO3-extractable
Mo. Therefore, Mo enrichments in biofilm-associated pyrite are real and are supported by the lack of
correlation between organic carbon and Mo (Fig. S4-3c). This bias potential needs to be considered in the
reconstruction of seawater inventory based off trace metal contents in pyrite, particularly in the
Precambrian.
Finally, we suggest that marcasite minerals found in low temperature Precambrian deposits may be a form
of biosignature. In the biofilms studied here, it is actually surprising that marcasite makes up an
appreciable portion of FeS2 in the biofilms, given that it is more commonly known as a high temperature
mineral (Rickard and Luther, 2007). At low temperatures, marcasite requires a pH of less than 6 to form
under abiotic conditions (Rickard, 1997; Schoonen and Barnes, 1991). Because of this, the presence of
marcasite in Phanerozoic shales has been suggested as indicative of intermittent bottom-water oxidation
of pyrite that resulted in low pH and secondary marcasite formation (Schieber, 2011). Interestingly
though, marcasite has been directly identified (Schieber, 2011) or inferred to be the primary phase before
later being replaced by pyrite (Hannah et al., 2004) in anoxic Proterozoic shales. Under near-neutral, low
temperature conditions, marcasite precipitation seems to be always closely associated with microbes
(Cheshire and Bish, 2012; Donald and Southam, 1999; Popa et al., 2004; Rickard, 1969; Zhang et al.,
2014). The precipitation mechanism is as yet unclear, but may be related to low pH microenvironments in
biofilms (Hunter and Beveridge, 2005) as a result of organic acid secretions (Cheshire and Bish, 2012),
fermentative activity or continuous outward pumping of H+ to maintain proton gradients around the cell
wall. More detailed documentation of marcasite’s presence and preservation in Precambrian deposits may
provide a promising avenue for the detection of ancient life.
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4.8. Tables and figures
Table 4-1 Geochemistry of water samples from the monimolimnion of Lago Dell’Orsa and Lago Infinito.
Bolded values were measured in this study. Other data are from McCauley-Rench (2015).
Parameters
pH
Temperature (⁰C)
Salinity (ppm)
Cations
Na (mM)
Ca (mM)
Mg (mM)
K (mM)

Value
Lago
Lago
Dell'Orsa
Infinito
7.2
7.1
14.5
13.7
1,500
1,500
16.3
3.35
1.00
0.48
35
29
0.4
<1.0
46
2
0.5

166
84
-

22.65
0.40

3.50

1.00
0.33
<0.1

0.78
0.18
<0.1

NO2- (µM)
Others

<0.5

<0.5

H2 (µM)

9.7

<1.0

6.2
43-280
50-210

1.7
2.9
760
-

NH4 (µM)
Sr (µM)
Si (µM)
Ba (µM)
Mn (µM)
Fe (nM)
Cu (nM)
Mo (nM)
Anions
Cl- (mM)
HCO3- (mM)
SO4 (mM)
Sulfide (µM)
NO3- (µM)

CH4 (µM)
Acetate (µM)
DOC (ug/L)
POC (ug/L)
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Table 4-2 Fe distribution and isotopic compositions of various phases.
a
CaCO3 subtracted with the exception for limestone bedrock. bItalicized values indicate wt% are biased towards higher values due to calcite
content > 90%. cExternal 2SD for each sample is ≤ 0.08‰. dPercent over total FeS2 as estimated by XRD. eSequential extraction procedure of
Huerta-Diaz and Morse (1990). See Method sections for more details.

Sample

Porewater
Fe (µM)

Fe (wt%)a

FeHCl

Fe/Al
molar
ratio

DOP

0.46
0.50

Fesilicate

FeFeS2

ftotalFe

ftotalFe

δ56Fe (‰)c

ftotalFe

δ56Fe (‰)c

Marcasite
%d

-

-

-

-

-

-

-

0.12
0.18

0.39
0.50

0.06
0.04

0.84
0.92

-

0.10
0.04

-

-

0.18
0.21
0.20 ± 0.02

0.78
-

0.06
-

0.72
-

0.44
-

0.22
-

-0.07
-0.04
-0.06 ± 0.02

-

0.15
0.18
0.17 ± 0.02

0.88
-

0.03
-

0.75
-

0.46
-

0.22
-

-0.14
-0.01
-0.08 ± 0.07

-

0.20
0.17
0.19 ± 0.02

0.86
-

0.04
-

0.74
-

0.48
-

0.22
-

-0.02
-0.15
-0.08 ± 0.07

-

0.14
0.18

0.91
-

0.03
-

0.73
-

0.44
-

0.25
-

-0.22
-0.19

-

Limestone bedrock
FG-3B
0.01
FG-10
0.02
Mixolimnion sediments
LO16-Sed1
8.3b
LI04-Sed1
0.5
3.8
Monimolimnion sediments
LO14-Sed4
Modified method
3.8
e
Original method
3.9
Average
4.8
3.85 ± 0.05
LO14-Sed5
Modified method
4.1
e
Original method
3.3
Average
5.4
3.70 ± 0.40
LO14-Sed6
Modified method
4.1
e
Original method
3.4
Average
6.3
3.75 ± 0.35
Monimolimnion sediments under biofilms
LO14-Sed1
Modified method
4.4
e
Original method
3.9
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Average
LO14-Sed2
Modified method
Original methode
Average
LO14-Sed3
Modified method
Original methode
Average
Biofilms
LO13-Bio1
LO13-Bio2
LO13-Bio3
LO14-BioA
LO14-BioB
LO14-BioC
LI13-Bio1

8.6

4.15 ± 0.25

0.16 ± 0.02

-

-

-

-

-

-0.21 ± 0.02

-

5.4

4.2
2.6
3.40 ± 0.80

0.17
0.16
0.17 ± 0.01

0.90
-

0.02
-

0.76
-

0.46
-

0.22
-

-0.11
-0.21
-0.16 ± 0.05

-

8.8

7.0
5.3
6.15 ± 0.85b

0.14
0.17
0.16 ± 0.02

0.88
-

0.03
-

0.76
-

0.41
-

0.21
-

-0.29
-0.25
-0.27 ± 0.02

-

-

32.6b
44.3b
19.3b
10.7
10.3
5.8
3.4

0.89
0.51
0.95
0.58
0.83
0.29
0.40

0.98
0.90
0.99
0.99
0.99
0.96
0.89

0.02
0.07
0.004
0.004
0.01
0.02
0.07

0.17
0.26
0.21
0.25
0.19
0.36
0.33

0.41
0.47
0.48
-

0.82
0.67
0.79
0.75
0.80
0.62
0.60

-0.50
-0.54
-0.56
-0.79
-1.12
-0.60
-0.42

0.25
0.11
0.19
0.44
-
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Table 4-3 Mineralogy and elemental molar ratios normalized to either bulk Al or Fe in pyrite.
a
Mineralogy determined by XRD in approximate order of decreasing abundance. Clay: illite or chlorite, Qu: quartz, Ca: calcite, Py: pyrite, Ba:
barite, Ms: marcasite, S: elemental sulfur. bThese samples were not dissolved to check for marcasite due to low sample amounts.

Sample

Mineralogya

Mixolimnion sediments
LO16-Sed1
Ca, Qu, Clay
LI04-Sed1
Ca, Clay, Qu, Ba
Monimolimnion sediments
LO14-Sed4
Clay, Qu, Ca, Py
LO14-Sed5
Clay, Qu, Ca, Py
LO14-Sed6
Clay, Qu, Ca, Py
Monimolimnion sediments under biofilms
LO14-Sed1
Ca, Clay, Qu, Py
LO14-Sed2
Clay, Ca, Qu, Py
LO14-Sed3
Ca, Qu, Clay, Py
Biofilms
LO13-Bio1
Ca, Py, Qu, Ba, Ms
LO13-Bio2
Ca, Qu, Pyb
LO13-Bio3
Ca, Ba, Pyb
LO14-BioA
Ca, Clay, Py, Qu, Ba, Ms
LO14-BioB
Clay, Py, Ca, Qu, Ms, Ba, S
LO14-BioC
Ca, Clay, Qu, Py, Ms
LI13-Bio1
Ca, Clay, Qu, Py2

Calcite
(wt%)

mol/mol
Org
C/Al

N/Al

Total
S/Al

S(0)/Al

mmol/mol
Bulk
Pyrite
Bulk
Mo/Al
Mo/Fe
Cu/Al

Pyrite
Cu/Fe

96
40

-

-

-

-

0.90
-

0.08
-

-

-

12
7
14

0.27
0.32
0.27

0.02
0.02
0.02

0.17
0.13
0.11

0.59
0.46
0.52

0.01
0.01
0.01

0.04
0.04
0.03

0.30
0.40
0.32

2.53
4.73
3.82

65
24
91

0.31
0.31
0.31

0.02
0.03
0.01

0.14
0.13
0.04

1.15
0.61
1.64

0.03
0.04
0.02

0.27
0.85
0.25

0.94
0.67
0.56

10.95
11.62
7.38

98
98
99
36
19
62
74

2.18
1.30
0.94
6.52

-

2.45
0.99
0.96
0.68

18.65
9.97
21.78
29.46
76.91
31.88
18.14

2.89
2.48
4.11
6.18
14.20
2.25
1.13

0.31
5.39
0.07
7.77
12.58
6.70
3.44

2.95
1.85
3.48
2.10
6.24
1.99
8.92

0.21
3.29
0.04
2.44
3.68
4.29
26.93
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Figure 4-1 Map of the sampled lakes in the Frasassi cave system.
(a) Map of the Frasassi cave system, modified from Mariani et al. (2007). Locations of the lakes are
bolded. (b) Schematic of Lago Dell’Orsa, courtesy of diver Alejandro Crocetti. Locations of collected
sediments and biofilms are bolded or denoted by arrows.
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Figure 4-2 Images of biofilms and associated pyrite.
(a) Hanging biofilms in Lago Dell’Orsa. Their lengths are between 0.5-1 m. (b) Light microscopy image
of a biofilm, showing intertwined filaments and tightly-associated opaque particles. (c) SEM image of
framboids consisting of < 1 µm-sized octahedron crystals, covered in an organic layer. (d) Wide area
SEM image of a biofilm, displaying particles with octahedron & framboidal morphology. (e) Elemental
map of Fe for photo (d). Elemental map of sulfur are almost identical to Fe.
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Figure 4-3 Distribution of pyrite morphology within the samples.
Values at the top of the chart indicate the number of grains counted. Sediments have higher proportion of
anhedral grains while biofilms have higher proportion of framboids.
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Figure 4-4 XRD, Raman and reflected light microscope images/spectra of pyrite-marcasite
(a) XRD spectrum for a representative biofilm sample (LO14-BioB) containing pyrite (P) and marcasite
(M) peaks. (b) Raman spectrum of a euhedral mineral for the same sample. Characteristic peaks for pyrite
(343, 379 and 430 cm-1) and marcasite (323 cm-1) (White, 2009) are present. (c) Images of an FeS2
particle at different rotation angles to illustrate anisotropy (blue to red color pointed by the arrows),
indicating the presence of marcasite overgrowth on pyrite. (d) Mineralogy map of an anhedral FeS2
particle obtained by Raman spectroscopy. Pyrite (red) and marcasite (green) show complex distribution
patterns even within a single grain.
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Figure 4-5 Pyrite δ56Fe as a function of Fe/Al ratios, including the fraction of Fe in different extractable
phases.
(a) Vertical shades indicate Fe/Al ratios of mixolimnion sediments, the limestone bedrock, and the
residual bedrock after carbonate-associated Fe is lost through calcite dissolution (labeled Bedrock*) as
comparison. Biofilms (◊) have higher Fe/Al ratios at lower pyrite δ56Fe, indicative of pyrite originating
from an Fe source that is decoupled from silicate inputs. Monimolimnion sediments (●) have similar
Fe/Al ratios to mixolimnion sediments. (b) Fraction of Fe in different extractable-phases of sediment
samples. Monimolimnion sediments show less fraction of Fe in silicates, offset by an increased fraction of
Fe in pyrite. This trend is interpreted to reflect pyritization of silicate-bound Fe.
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Figure 4-6 Genesis model for biofilm formation, pyrite precipitation with variable δ56Fe and S(0) and Mo
enrichments
Initially, biofilms exist as surface layers on the limestone ceiling with direct access to Fe-oxides for pyrite
precipitation, yielding pyrite with relatively high δ56Fe. Preferential dissolution on the surface layer led to
dome formation and growth of biofilms upward to remain attached to the ceiling. Hydrogen sulfide and
elemental sulfur are produced by microbial activities, forming polysulfides that enable precipitation of
pyrite with low δ56Fe from dissolved Fe(II) in the water column. Molybdenum is also enriched in pyrite
and the biofilm matrix as a result of polysulfide-catalyzed reduction.
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Figure 4-7 Pyrite δ56Fe for biofilms (◊) and monimolimnion sediments away from biofilms (●) and
directly below biofilms (○) as a function of (a) S(0)/Al, (b) bulk Mo/Al, (c) pyrite Mo/Fe and (d) bulk
Cu/Al.
Note the log scale for the horizontal axis. Biofilms have maximum values for all of the geochemical
parameters. Sediments below biofilms have intermediate values between biofilms and sediments away
from biofilms. Insets show correlation analysis between pyrite δ56Fe for biofilms versus respective
geochemical parameters, with linear scales for the horizontal axis. Pyrite δ56Fe in biofilms correlate
strongly with S(0) and Mo contents but not with Cu contents.
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4.9. Supplementary Materials
Model for pyrite precipitation within biofilms
A one-dimensional model of Fe(II) flowing through biofilms with simultaneous pyrite
precipitation is developed in CrunchTope (Steefel et al., 2015). Thickness of the biofilm is set to 2 cm,
divided into 20 grid points with a thickness of 0.1 cm each. Flow velocity of the water is assumed to be 1
cm/s, based on the slowest velocity measured in Frasassi streams (Jones et al., 2015). Open boundary
conditions are set for both sides of the model. The model is run to steady-state (>5 minutes) with a
maximum timestep of 0.01 minute.
Temperature, pH and concentrations of major and minor elements are as shown in Table 4-1.
Secondary species in the model, assumed to be in equilibrium with the primary Fe and S species, includes
Fe(HS)+, FeS(aq), H2S(aq) and polysulfides (S22-). Their respective concentrations are calculated by the
software by specifying the equilibrium constants listed in Rickard and Luther (2007). Polysulfide (e.g.
S22-) equilibrium constants are written in terms of the primary species HS- and SO42-.
For pyrite precipitation kinetics, there are three different rate laws that could have been used in
the model. Two of the rate laws; the H2S and polysulfide pathways (Rickard, 1975, 1997) are only
important when the pyrite precursor mineral, mackinawite (FeS) is formed in significant quantities.
However, mackinawite is undersaturated within our system (Mackinawite --> FeS(aq); log Ksp = -5.7;
Rickard and Luther (2007). Therefore, we used the rate law that was determined in the absence of
mackinawite (Harmandas et al., 1998) for pyrite precipitation reaction:
FeS2 --> Fe2+ + S22-

; log Ksp = -23.1

(1)

Using the transition-state-theory formulation included in CrunchTope, a rate constant (log k) of -12.5 for
pyrite precipitation is determined by fitting the data from Harmandas et al.’s (2008) abiotic flow-through
experiments (Fig. S4-3a). The specific surface area of pyrite is specified as 2.9 m2/g as determined for ~1
µm sized pyrite crystals (Berner, 1969; Schippers and Jørgensen, 2001).
Sensitivity analysis show that pyrite δ56Fe is dependent on the precipitation rates (relative to flow
rates) (Fig. S4-3, b-c). Increase in pyrite precipitation rate may be achieved around sulfur-cycling
biofilms. Under abiotic condition (flow rate = 1 cm/s, log k = -12.5), minimal isotopic distillation effects
are seen in dissolved Fe; consequently, pyrite δ56Fe values were near constant at -1.6‰. Increasing the
rate constant for pyrite precipitation leads to more extensive distillation effects, moving pyrite δ56Fe
towards higher values. The spread in pyrite δ56Fe in biofilms may then be partially explained through
distillation effects, although correlation with S(0) and Mo (Fig. 4-7) suggest an alternative primary
control on pyrite δ56Fe values.
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Table S 4-1 Comparison of Fe isotopes measured in this study to previously published values.
#
Processed through the method of Henkel et al. (2016). *Not an international isotopic standard. This sample was previously measured at 3 ppm
concentration.
Standards
3 ppm concentration
SRM 3126a
SRM 3126a in citratedithionite solution#
HPS-Fe

δ56Fe (‰)

δ57Fe (‰)

n
(this
study)

This study

Published

This study

Published

47

0.35 ± 0.08

0.39 ± 0.13
0.42 ± 0.07

0.52 ± 0.14

-

Rouxel & Auro (2010)
Chever et al. (2015)

2

0.40 ± 0.01

43

0.57 ± 0.07

0.74 ± 0.07

Beard et al. (2003); Welch et al.
(2003); Johnson et al. (2005)
Severmann et al. (2006)
Czaja et al. (2012)
Percak-Dennett et al. (2013)
d'Abzac et al. (2014)
Liu et al. (2015)

0.46 ± 0.01
0.49 ± 0.05

0.84 ± 0.13

0.44 ± 0.15
0.51 ± 0.06
0.48 ± 0.02
0.48 ± 0.10
0.48 ± 0.11
HPS-Fe, column-purified
BCR-1, column-purified

2

0.52 ± 0.01

3

0.08 ± 0.11

0.70 ± 0.25
0.79 ± 0.01

0.09-0.12 ± 0.13

0.16 ± 0.04

0.24 ± 0.13
200 ppb concentration
SRM 3126a
HPS-Fe
BCR-1
LO14-BioB* in lake
matrix, column-purified
LO14-Sed3*

Source of published values

0.08-0.21 ±
0.15
-

14
20
3
7

0.33 ± 0.27
0.56 ± 0.23
-0.02 ± 0.10
-1.17 ± 0.24

See above
See above
See above
-1.12 ± 0.08

0.54 ± 0.57
0.96 ± 0.46
-0.04 ± 0.13
-1.70 ± 0.82

See above
See above
-1.64 ± 0.14

2

-0.23 ± 0.02

-0.29 ± 0.08

-0.37 ± 0.03

-0.41 ± 0.14

Dauphas & Rouxel (2006)
Fantle & DePaolo (2004)
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Table S 4-2 Mineralogy and geochemistry of water column particulates.
Mineralogy was determined by XRD and ranked in approximately decreasing abundance. Ca: calcite, Qu:
quartz, Ba: barite.

Par3 & 4
Par9 & 10
Par11 & 12

Water
depth
(m)
5.7
7.6
7.6

Par5 & 6

16.0

Par7 & 8
Par1 & 2

16.0
16.3

Sample

Mineralogy
Ca, Qu
Ca, Qu
Ca, Clay, Qu,
Ba
-

Organic C (µg/L)
> 1.5
0.3-1.5
Total
µm
µm
44
53
97
61
79
140
29
79
108

> 1.5
µm
6
7
7

N (µg/L)
0.3-1.5
µm
11
15
12

Total
17
22
19

15

28

43

4

4

8

124
58

98
84

222
142

10
8

13
10

23
18

Figure S 4-1 Three-isotope plot of samples and standards measured with the Neptune.
(a) Measured at 3 ppm concentration using wet plasma mode and (b) 200 ppb concentration using the
Apex. Dashed lines show the mass-dependent fractionation line of δ56Fe = 0.676 • δ57Fe.
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Figure S 4-2 Variations in (a) FeHCl, (b) S(0) and (c) bulk Mo contents as a function of organic carbon
content.
In all cases, no correlation is evident. Biofilms (◊); euxinic sediments (●).
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Figure S 4-3 Fitting of rate constant (log k) for pyrite precipitation kinetics based on data points of
Harmandas et al. (1998).
(a) Fitting of rate constant (log k) for pyrite precipitation kinetics based on data points (◆) of Harmandas
et al. (1998). A best fit for log k of -12.5 (solid line) is determined. Panel b-c: Simulation results for
dissolved Fe flowing through a 2 cm thick biofilm at different rate constant for pyrite precipitation. Panel
b displays the fraction of Fe(II) remaining after pyrite precipitation over a distance of 2 cm while panel c
shows the resulting trend in pyrite δ56Fe. At log k ≤ -11.5, minimal distillation effects are seen and pyrite
δ56Fe remained at around -1.6‰. At higher log k, pyrite δ56Fe can display more positive values due to
isotopic distillation effects.
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CHAPTER 5 Quantitative Constraints on Seawater Molybdenum Concentration over Geological
Times
In preparation for submission to Geochemical Perspective Letters

5.1. Abstract
Molybdenum (Mo) availability in seawater is tied to Earth’s evolution in terms of biological metabolisms,
environmental redox conditions and the presence of weatherable continents. Mo content in pyrite provides
a unique window to probe Mo availability in seawater and may be used in tandem with other proxies to
distinguish between surface ocean and deep ocean’s Mo inventory, with significance to limits on nitrogen
fixation. In this contribution, we apply an experimentally-derived relationship between molybdenum in
pyrite (Mopy) and dissolved Mo to reconstruct the Mo availability in seawater over the past 3.6 Ga. The
relationship has been determined to be:
Mopy = 0.0005 (mmol Mo / mol Fe in pyrite) nM-1 • [Mo]
This relationship is validated through comparison with modern diagenetic pyrite but overestimates the Mo
concentrations of bulk water calculated from some syngenetic and biofilm-associated pyrite by up to
20,000 fold. Taking into account this enrichment bias as much as possible, reconstruction of seawater Mo
from pyrite in carbonates and black shales indicate that Archean seawater had 0.1-10 nM Mo; the
concentration increase to 1-50 nM in the Proterozoic and to 20-100 nM in the Phanerozoic. The Mopy
record of carbonate deposits, corresponding to the surface ocean, typically points to at least 10 times
higher Mo concentration relative to the deep ocean based on the proxy of Mo/total organic carbon ratio of
black shales. Consequently, nitrogen fixation and primary productivity are not significantly limited by Mo
after the Archean and even less so in the surface ocean throughout Earth’s history.

5.2. Introduction
Trace metal biogeochemistry is of widespread interest due to their importance in biological
metabolisms and as indicators of redox conditions (Robbins et al., 2016). Molybdenum (Mo) in particular
is an important cofactor in enzymes such as nitrogenase and nitrate reductase, where low Mo availability
(< 5 nM) significantly inhibits primary productivity (Zerkle et al., 2006; Glass et al., 2009; Glass et al.,
2012). Mo is supplied to the ocean through oxidative weathering; thus, its availability in seawater is an
indicator of the environment’s redox state as well as the presence of weatherable continents (Scott et al.,
2008; Large et al., 2015).
Biogeochemical models suggest that Mo availability in seawater has changed in tandem with oxygen
levels, starting from ~1 nM in the Fe-rich Archean ocean to ~10 nM in the sulfide-rich Proterozoic ocean
to ~100 nM in the modern oxic ocean (Anbar and Knoll, 2002; Zerkle et al., 2005; Glass et al., 2009).
While Mo concentration is homogenous in the modern ocean, its concentration is predicted to vary
between the surface ocean and the deep ocean due to redox differences in the Precambrian (Glass et al.,
2009). Deep ocean Mo concentrations can be constrained using data from black shales in the form of bulk
Mo over total organic carbon (TOC) ratio (Algeo and Lyons, 2006; Scott et al., 2008; Reinhard et al.,
2013). This proxy is however only useful for euxinic restricted basins with uncertain connections to the
open ocean (Algeo and Lyons, 2006; Gallagher et al., 2015). Depending on the areal extent of euxinic
basins, surface ocean Mo may have been drawn down enough to cause nitrogen limitation to the
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Proterozoic ecosystem, resulting in the impediment of eukaryotic evolution during this period (Anbar and
Knoll, 2002; Reinhard et al., 2013). However, no quantitative proxy for Mo concentrations in the surface
ocean currently exist.
Recent studies proposed the use of Mo in pyrite as a proxy for the Mo concentrations in water from
which the mineral formed (Berner et al., 2013; Large et al., 2014). This proxy holds great potential given
that pyrite are ubiquitous and are formed in a variety of environments. It may be possible to use Mo
content in pyrite (for coastal and deep ocean) in combination with Mo/TOC ratios of shales (deep water)
to compare between Mo availability at different oceanic depths, with relevance to nitrogen metabolism
and primary productivity. To this point in time however, Mo content in pyrite are not directly analogous
to seawater Mo because the relationship between these two parameters has yet to be determined,
hindering the use of the proxy in terms of absolute concentrations that are more meaningful to
comparisons with bulk shale proxy as well as interpretations on metabolic requirements. Furthermore,
there are a variety of uncertainties associated with Mo incorporation into pyrite such as the effects of
precipitation rates, pH and biology among others.
In this study, we conducted batch pyrite precipitation experiments to constrain the effects of initial
dissolved Mo concentrations, precipitation rates and pH to Mo contents in pyrite. Strong correlation is
found between dissolved Mo concentrations and Mo contents in pyrite. We then apply this relationship to
give a first look to the spatial variability of seawater Mo with implications to biological evolution over the
past 3.6 Ga.

5.3. Experimental study of Mo incorporation into pyrite
5.3.1. Experimental details
Pyrite was synthesized experimentally at 80⁰C for up to one week by adding sulfide (5.89 ± 0.06
mM) to an Fe-rich solution (2.66 ± 0.15 mM) in a series of parallel batch reactors. Baseline Mo
concentration was 13.3 ± 4 nM from impurities in the salts. Solution pH and initial dissolved Mo
concentrations were varied systematically, while precipitation rate was varied by adding elemental sulfur
(S(0)), with and without Mo additions. Summary of methods and results are listed in Table 5-1 and
Supplementary Information (Table S5-2). Fine black precipitates (likely amorphous FeS similar to
mackinawite) formed immediately upon addition of sulfide. Over time, FeS transformed into pyrite.
Greigite (Fe3S4), a mineral precursor of pyrite, was detected via XRD and magnetism in reactors
containing added Mo. The presence of pyrite as the final product was confirmed by XRD.
At pH 7 with no added Mo and S(0), initial pyrite formation rates within the first day were
relatively fast (7.3 ± 0.6 • 10-9 mol/L/s). After day one, rates dropped by approximately a factor of seven
(0.9 • 10-9 mol/L/s; Table S5-2). Precipitation rates averaged over the seven day duration were 1.9 • 10-9
mol/L/s. The addition of S(0) lead to faster precipitation rates between 2-10 fold higher (3.8-4.7 • 10-9
mol/L/s) relative to when no S(0) was added. No significant change in rate was observed when only Mo
was added (1.7 • 10-9 mol/L/s). In reactors that had both S(0) and Mo, pyrite precipitation rate increased
by 15-30% (4.6-5.2 • 10-9 mol/L/s) relative to the S(0)-only case depending on the amount of Mo added.
Pyrite precipitated more slowly at pH 9 relative to pH 7 except when 500 mM S(0) is added. The rates are
slower by 14-70% (0.3-3.9 • 10-9 mol/L/s) relative to similar conditions at pH 7.
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5.3.2. Factors affecting Mo contents of pyrite (Mopy)
Several factors can affect Mo incorporation into minerals including precipitation rates (Lorens, 1981;
Tang et al., 2008; Kisakürek et al., 2011), pH and aqueous Mo speciation. Variable precipitation rates
were achieved between different reactors by the addition of S(0), with and without Mo. By adding S(0)
however, Mo speciation in solution can change through ligand-induced reduction by polysulfides such
that Mo(VI) may be reduced to Mo(V) and Mo(IV), which enhances adsorption (and potentially
incorporation) of Mo onto the pyrite surface (Vorlicek et al., 2004; Freund et al., 2016). Further
complication arise from the fact that FeS can effectively sorb trace metals (Morse and Arakaki, 1993;
Morse and Luther, 1999), with unknown effects to the amount of aqueous Mo and its speciation.
Therefore, a mechanistic understanding of how Mo is incorporated into pyrite is difficult and cannot be
achieved with the current experimental set-up.
Even with all these complications however, Mopy did not differ significantly between precipitation
rates of 1.8-4.9 • 10-9 mol/L/s and between pH 7 and 9, with or without S(0) additions (Fig. S5-1). Instead,
a strong linear correlation (R2 = 0.83) between initial Mo concentrations ([Mo]) and Mopy is observed
under all conditions (Fig. S5-2) where:
Mopy = 0.0005 (mmol Mo / mol Fe in pyrite) nM-1 • [Mo]

(1)

Mopy can be converted to parts per million unit typically used in mass spectrometry analysis by
multiplying by 800.
Some scatter in Mopy is evident at any given initial Mo concentration, spanning a range of about a
magnitude. This scatter is related to the amount of pyrite produced in the reactors, which equates directly
to the extent of pyritization (fpyrite) in a closed system:
fpyrite = Fepyrite / (Fepyrite +FeHCl)

(2)

Here, FeHCl denotes the amount of Fe in HCl-soluble phases (FeS and greigite with minor dissolved
Fe). Extent of pyritization increased over time for all the conditions tested and reached > 0.9 in reactors
with elevated S(0) and Mo. Values of Mopy are typically highest at low extent of pyritization and show
generally decreasing trends with higher extent of pyritization (Fig. S5-3). This can be explained by
complete removal of Mo from non-pyrite phases over time as calculated via mass balance. Even with this
scatter, Mopy still strongly correlates with initial Mo concentration. We therefore propose that the main
determinant on the Mo content of pyrite is the initial dissolved Mo concentrations, consistent with
previous hypotheses (Berner et al., 2013; Large et al., 2014).

5.4. Validation of Mopy proxy through comparisons with modern pyrite
The validity of using experimentally-derived relationship to reconstruct seawater Mo concentrations
is tested via comparison to modern pyrite, which today can be formed either diagenetically (within
sediments), syngenetically (within stratified water columns) and more rarely within biofilms (e.g. Lyons
and Severmann, 2006; Picard et al., 2016; Popa et al., 2004; Rickard and Luther, 2007). These
environments can be further subdivided into whether the overlying water was oxic (to sub-oxic) or
sulfidic. From Figure 5-1, it can be seen that the measured Mo concentrations of the overlying water
agree well with the concentrations predicted based on Mopy of diagenetic pyrite under oxic overlying
water. Closer observations suggest that there is a wide spread of Mopy from the mean value that can
contribute to erroneous extrapolations, ranging from about an order of magnitude lower to an order of
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magnitude higher (Fig. 5-1). Possible reasons for this spread is numerous. Apparent enrichments may be
related to elevated pore fluid Mo concentrations due to degradation of Mo-rich organic matter, Mn- or Feoxides while depletion effects may be related to decreasing availability of Mo at depth due to
incorporation into sedimentary matrix or organic matter (Brumsack and Gieskes, 1983; McManus, 2002;
Audry et al., 2006; Beck et al., 2008; Wang et al., 2011; Scott and Lyons, 2012; Scholz et al., 2013;
Chappaz et al., 2014; Gregory et al., 2015). The presence of arsenic in pyrite also can enhance trace metal
incorporation into pyrite (Deditius et al., 2008). Nevertheless, the mean Mopy value of diagenetic pyrite
under oxic overlying water predict the aqueous Mo concentrations pretty well.
In contrast, Mopy of diagenetic pyrite from the sulfidic Frasassi lakes overestimate Mo concentrations
of the overlying water by up to 3,000 fold, while syngenetic pyrite from the euxinic Black Sea and the
Cariaco Basin overestimate Mo concentrations of the surface water by 20-40 fold. This is problematic
given that most data for Mopy over time came from black shales, where pyrite from a small subset of
geological formations were definitely formed under sulfidic water columns while a large number of other
formations were not ascertained to form under sulfidic water columns or if sulfidic conditions developed
within the sediments (Gregory et al., 2015). Similarly, Mopy of biofilm-associated pyrite from two
localities also tend to overestimate Mo concentrations of the overlying water, on average by 58-fold under
oxic overlying water and 20,000 fold under sulfidic overlying water (Fig. 5-1) The observed enrichment
could be related to changes in Mo speciation from molybdate to thiomolybdates, Mo(V) or Mo(IV) that
are more easily captured by pyrite in areas of intense sulfur cycling within biofilms or at under euxinic
water columns (Erickson and Helz, 2000; Vorlicek et al., 2004; Tribovillard et al., 2008; ValdiviesoOjeda et al., 2014; Wong et al., 2015). Therefore, there is a danger of overestimating seawater Mo with
data from black shales as well as carbonates formed in the presence of microbial mats, which encompass
all the Mopy data collected to date (Large et al., 2014; Gallagher et al., 2015; Gregory et al., 2015; Large
et al., 2015; Mukherjee and Large, 2016a; Mukherjee and Large, 2016b).

5.5. Reconstructing seawater Mo concentrations over the past 3.6 Ga
Taking into account this bias towards higher values and uncertainties related with pyrite formation
pathways and biological activities in different localities, we propose a constraint on seawater Mo using
the median and minimum values of Mopy as the upper and lower limits, respectively. Surface water Mo
can be reconstructed from Mopy of shallow carbonate deposits (Gallagher et al., 2015) while deep water
Mo can be reconstructed from Mo/TOC ratios of black shales (Scott et al., 2008). For Mopy of black
shales, it is unclear if the data corresponds to surface or deep water Mo, which is dependent on whether
water column stratification exists at the time of deposition. At this moment, we shy away from attributing
Mopy data from black shales to either the surface or deep ocean. We exclude black shales deposited under
sulfidic water columns whenever possible, pending additional observations from modern environments
that can allow a correction factor to be applied. Our current approach represents the best case scenario for
quantitatively reconstructing seawater Mo given our present understanding of this field.
In Figure 5-2, we present seawater Mo concentrations for the surface and deep oceans over the past
3.6 Ga. Seawater Mo has varied by at least 5 orders of magnitude throughout time, from < 0.1 nM in deep
waters of the Precambrian to > 100 nM in the Phanerozoic. Seawater Mo concentrations derived from
pyrite in black shales and carbonates generally overlapped with one another, suggesting low Mo in the
Archean (0.1-10 nM), higher Mo in the Proterozoic (1-50 nM) and significantly higher in the Phanerozoic
(typically between 20-100 nM but with major fluctuations). This is incredibly close to the predicted
seawater Mo trend from biogeochemical models (Anbar and Knoll, 2002; Zerkle et al., 2005; Glass et al.,
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2009) and support the idea of a progressively oxygenated Earth. In contrast to the surface water, deep
water Mo is significantly lower throughout the Proterozoic and the late Archean (between 0.1-10 nM) and
is consistent with the notion of redox-variable oceanic zones (Lyons et al., 2014).
Seawater Mo availability affects the level of nitrogen fixation and hence primary productivity in
aquatic systems (Glass et al., 2012). For the past decade, it was hypothesized that oceanic system in the
Proterozoic is Mo and nitrogen co-limited, leading to a period of evolutionary stasis for eukaryotes that
was not broken through until the second rise in oxygen about 0.6 Ga ago (Anbar and Knoll, 2002; Glass
et al., 2009; Reinhard et al., 2013). Given a threshold of 5 nM Mo for nitrogen fixation (reviewed in Glass
et al., 2012), the available data suggests that nitrogen fixation is indeed likely limited by Mo in the
Precambrian deep ocean and surface ocean in the Archean, but less so in the Proterozoic and Phanerozoic
ocean. As a whole, Mo levels predicted in the Proterozoic ocean based on pyrite in carbonates and black
shales tend to be fairly high with the exception of a period between 0.6-1 Ga, where surface water Mo
dropped to < 5 nM coincident with the period proposed for Snowball Earth (Hoffman et al., 1998), the
late Precambrian greening of land surfaces (Knauth and Kennedy, 2009) and a decrease in atmospheric
oxygen (Large et al., 2014), all of which can decrease Mo supply to the ocean. Therefore, the lack of
eukaryotic evolution during the middle Proterozoic cannot be strongly attributed to Mo limitation on
nitrogen cycling in the surface ocean.
In the Phanerozoic, seawater Mo exhibit cyclic patterns with peaks up to 3,000 nM and troughs
down to ~1 nM (Fig. 5-2b). This pattern is also observable for other trace nutrients (Se, Cd, Tl), where
the timing of the peaks correspond to periods of orogenic events and biological evolution while troughs
correspond to periods of mass extinction (Large et al., 2015). Seawater Mo limitation alone cannot cause
mass extinction, but the data do suggest that Mo concentrations may have dropped below the 5 nM
threshold during the End Ordovician (440 Ma) and Late Devonian (380 Ma) extinction events,
contributing to limitations in primary productivity during this time period. There are less evidence of
harmful drops associated with other extinction events in the Phanerozoic.
In summary, reconstruction of seawater Mo concentration support the notion of a progressively
oxygenated Earth with variable Mo availability in the surface and deep ocean. Quantitative evaluation of
seawater Mo allows for comparison to metabolic requirements for nitrogen fixation, which was likely
Mo-limited in the Precambrian deep ocean but not in the post-Archean surface ocean. This work also
suggests that other trace metals incorporated into pyrite may be used to reconstruct trace metal
availabilities on the early Earth through extrapolation of experimentally-derived relationships.
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5.7. Tables and Figures
Table 5-1 Data summary for dissolved Mo concentrations, pyrite-Mo contents and fpyrite.
Initial
[Mo] (nM)

1SD
(nM)

Time
(day)

fpyrite

Mopy
(mmol/mol
Fe)

pH 7
No S(0)

13.3

4

10 mM S(0)

13.3

4

100 mM S(0)

13.3

4

500 mM S(0)

13.3

4

10 mM S(0) +
100 nM Mo

81.2

1.7

10 mM S(0) +
10,000 nM
Mo

9356.4

140.3

0
0.03
1
7
1
3
5
7
1
3
5
7
1
3
5
7
1
3
5
7
1

0.00
0.04
0.23
0.41
0.27
0.44
0.71
0.83
0.25
0.56
0.73
0.9
0.34
0.62
0.78
0.94
0.31
0.48
0.80
0.95
0.37

0.100
0.008
0.011
0.022
0.009
0.006
0.010
0.008
0.028
0.015
0.011
0.007
0.005
0.003
0.135
0.085
0.078
0.038
0.043
8.140

3
5
7

0.57
0.89
0.99

5.259
3.335
2.929

1
3
5
7
1
3
5
7
1
3
5
7

0.11
0.29
0.34
0.44
0.16
0.52
0.73
0.67
0.09
0.70
0.82
0.98

0.046
0.042
0.015
0.012
0.027
0.008
0.005
0.008
0.081
0.008
0.007
0.004

Conditions

pH 9
10 mM S(0)

13.3

4

100 mM S(0)

13.3

4

500 mM S(0)

13.3

4
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Figure 5-1 Compilation of Mo content in pyrite (Mopy) as a function of dissolved Mo concentrations
([Mo]).
Box plots represent data from experimental studies while markers represent data from modern, natural
systems, grouped into whether pyrite was formed diagenetically, syngenetically or within biofilms, under
oxic or sulfidic overlying water. Solid line drawn between markers for syngenetic pyrite represent the
possible range for dissolved [Mo], spanning from oxic surface waters to euxinic bottom waters. Individual
data are presented in Table 1 & S2. The range of Mopy throughout geologic times are shown in the gray
box (Berner et al., 2013; Large et al., 2014; Gallagher et al., 2015; Gregory et al., 2015; Large et al.,
2015; Mukherjee and Large, 2016b).
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Figure 5-2 Variations in seawater Mo over time, focusing on (a) throughout Earth’s history and (b) the
Phanerozoic.
Orange shading corresponds to surface water concentrations derived from pyrite in carbonate deposits
(Gallagher et al., 2015) while blue shading corresponds to seawater Mo derived from pyrite in shales
112

(Large et al., 2014; 2015 and Mukherjee et al., 2016). Gray shading corresponds to deep water Mo
concentrations derived from Mo/TOC ratios of bulk shales (Scott et al., 2008). In (a), the plot is divided
vertically into Phanerozoic, Proterozoic and Archean time periods. In (b), the symbol ‘E’ denotes
coincidence or precedence of Mo concentration troughs with mass extinction events, based on Large et al.
(2015). From left to right: Cretaceous-Tertiary mass extinction, Triassic-Jurassic boundary, End Permian
mass extinction, Late Devonian mass extinction and End Ordovician mass extinction.

5.8. Supplementary Materials
5.8.1. Materials and Methods
Pyrite was synthesized in sealed 50 ml glass vials at 80 ⁰C for up to a week. Solutions were prepared
fresh every time before an experimental run. For experiments performed at pH 7, Mohr’s salt
((NH4)2Fe(SO4)2.6H2O; J.T. Baker Chemicals, product # 2054) was dissolved to 3 mM concentration in
20 mM NaCl solution and degassed with N2. In the glove box, the solution was aliquoted to 30 ml
volumes into glass vials. 1 M MOPS solution (adjusted to pH 7 by NaOH and N2-degassed) was added to
a final concentration of 50 mM. The glass vials were then capped with a rubber stopper and sealed with a
crimper. 0.2 M Na2S.9H2O (EMD Chemical, product # SX0770) was prepared in N2-degassed water and
injected into the vials to a final concentration of 6 mM. Final solution volumes in the vials were 32.5 ml.
Initial Fe and sulfide concentrations were monitored with the Hach FerroVer and methylene blue
methods, respectively (Hach Co., Loveland, CO, USA).
At different time points, vials were sacrificed to determine the amount of pyrite that had formed
through sequential acid extraction (Huerta-Diaz and Morse, 1990; Guilbaud et al., 2011). The presence of
magnetic greigite (Fe3S4) was first tested in situ via a hand magnet. Vials were then uncapped and the
contents transferred to 50 ml tubes. Concentrated 12 N HCl was added to a final concentration of 2 N HCl
to dissolve FeS and greigite after 2 hrs of incubation. The samples were centrifuged at 8,000 g for 15 min
and the supernatants were transferred to other tubes for storage. Residuals were washed twice more, first
with 10 ml 2 N HCl and second with 10 ml H2O, centrifuged in between and the supernatants combined.
No magnetism was detected in HCl-leached samples, indicating that greigite fully dissolves in HCl.
Residuals were then treated overnight with 5 ml 15 N HNO3 to dissolve pyrite. Fe in each extracts were
measured with Hach FerroVer and used to calculate the fraction of Fe in pyrite (fpyrite):
fpyrite = Fepyrite / (Fepyrite +FeHCl)

(1)

The procedures above were subsequently modified to investigate the effect of different parameters to
Mo incorporation into pyrite. Precipitation rates were increased by adding solid elemental sulfur at 10,
100 and 500 mM concentrations. Experiments at pH 9 were performed by replacing MOPS with a weak
10 mM NaHCO3 buffer whereby pH naturally increases to 9 after the addition of Na2S. Initial Mo
concentrations were varied between 10-10,000 nM by adding different amounts of 10 mM sodium
molybdate (Na2MoO4.2H2O; Alfa Aesar, CAS# 10102-40-6) stock solution. Mo speciation was
determined based on geochemical modeling using CrunchFlow (Steefel et al., 2014) with an updated
database for sulfur and Mo species (Erickson and Helz, 2000; Rickard and Luther, 2007).
Mineral products were confirmed through X-ray diffraction (XRD) analysis of parallel incubations.
Samples were centrifuged as above and supernatants decanted in the glove box. Samples were then
immediately freeze-dried or frozen at -20 ⁰C prior to freeze drying. XRD patterns of dried samples were
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collected using PANalytical Empyrean and mineral phases were identified through Jade software (MDI
products).
Pyrite formation rates in units of mol/L/s were calculated based on simple linear fits of plots of Fe in
pyrite versus time. Three rates are presented: initial (between day 0 and 1 with intercept set to 0),
secondary (between day 1 and day 7) and averaged (between day 0 and day 7 with intercept set to 0).
Molybdenum incorporated into pyrite (herein defined as Mopy in units of mmol/mol Fepy) was
measured on an ICP-MS through dilutions of the dissolved pyrite extracts. Dissolved Mo was also
measured from acidified solutions. Typical reproducibility and accuracy were ±5% through tests with
known standards.
To supplement Mopy data from natural systems containing low dissolved Mo, water, sediment and
biofilm samples from sulfidic lakes in the Frasassi cave system were collected for analysis. These lakes
are stratified with oxygenated surface waters and sulfidic bottom waters (Mariani et al., 2007; McCauleyRench, 2015). Samples were collected at locations that are located laterally away from the narrow mouth
of the lakes’ opening and the chemoclines. Limited settling of syngenetic pyrite to these locations are
expected. Pyrite in these samples likely represent primarily diagenetic pyrite, consistent with no apparent
enrichments in Fe/Al ratios between the oxic zone of the lake and the sulfidic zones (data not shown).
Sequential Fe extraction was performed as above, but with an additional step before pyrite dissolution
involving 10 N HF for the removal of Fe-containing silicates (Huerta-Diaz and Morse, 1990; Severmann
et al., 2006). Mo contents were measured on the ICP-MS as described above.
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5.8.2. Supplementary tables & figures
Table S 5-1 Pyrite precipitation rates for all experimental runs.
Conditions
pH 7
No S(0)
No S(0)
No S(0) + 10 µm Mo
Average
1 SD
10 mM S(0)
10 mM S(0)
10 mM S(0)
Average
1 SD
100 mM S(0)
500 mM S(0)
10 mM S(0) + 100 nm Mo
10 mM S(0) + 10,000 nm Mo
10 mM S(0) + 10,000 nm Mo
Average
1 SD
pH 9
No S(0)
10 mM S(0)
100 mM S(0)
500 mM S(0)
10 mM S(0) + 10,000 nm Mo

Precipitation rates (10-9 mol/L/s)
Initial
Secondary
Averaged
7.9
6.6
7.3
0.6
9.1
9.4
9.7
9.4
0.2
8.7
12.0
11.0
9.6
13.0
11.3
1.7

0.9
0.9
0.9
0.0
2.6
3.0
3.0
2.9
0.2
3.3
3.0
3.4
3.5
3.3
3.4
0.1

1.9
1.9
1.7
1.8
0.1
3.8
4.1
4.3
4.1
0.2
4.4
4.7
4.6
5.2
5.0
5.1
0.1

4.0
5.7
3.3
2.7

1.6
2.7
4.2
3.9

0.3
2.1
3.8
4.9
3.9
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Table S 5-2 Compilation of Mopy data from various environments as presented in Figure 5-1.
1
Mixing zones. Upper limit derived from marine concentration, but river water may have concentrations
as low as 0.1 nM (Glass et al., 2012). 2Shiller and Boyle (1991). 3Concentration assumed to scale linearly
with salinity, according to Valdivieso-Ojeda et al. (2014). 4Anbar and Knoll (2002). 5Algeo and Maynard
(2008).
Pyrite types and
environment

Mopy (mmol/mol Fepyrite)

Analysis
type

Dissolved
[Mo] (nM)

Average

Minimum

Maximum

Bulk

1001

0.027

<0.004

0.22

Huerta-Diaz & Morse (1992)

Derwent estuary

Laser

1001

0.02

0.0005

0.15

Gregory et al. (2014)

Huon estuary

Laser

1001

0.04

0.0002

0.3

Gregory et al. (2014)

Atchafalaya Bay: marsh
Gulf of Mexico: box
cores

Bulk

1

0.009

<0.004

0.05

Huerta-Diaz & Morse (1992)

0.54

<0.004

3.28

Huerta-Diaz & Morse (1992)

Gulf of Mexico: piston
cores

Bulk

1002

0.15

<0.004

2.87

Huerta-Diaz & Morse (1992)

Marine biogenic rock

Bulk

100

0.063

-

-

Raiswell & Plant (1980) in
Huerta-Diaz & Morse (1992)

Green Canyon

Bulk

100

0.11

0.01

1.07

Huerta-Diaz & Morse (1992)

Baffin Bay
Bulk
Diagenetic pyrite (sulfidic)
Frasassi lakes
Bulk
LO14-Sed1
LO14-Sed2
LO14-Sed3
LO14-Sed4
LO14-Sed5
LO14-Sed6
Syngenetic pyrite
Black Sea
Bulk

1403

0.24

<0.004

1.37

Huerta-Diaz & Morse (1992)

Diagenetic pyrite (oxic)
Atchafalaya Bay &
Mississippi Delta

Bulk

Cariaco Basin
Laser
Biofilm-associated pyrite
(sulfidic)
Frasassi lakes
Bulk
LO13-Bio1
LO13-Bio2
LO13-Bio3
LO14-BioA
LO14-BioB
LO14-BioC
LI13-Bio1
Biofilm-associated pyrite (oxic)

100

1002

0.5

This study

3-404
80-100

Reference for Mopy

2

0.27
0.85
0.25
0.04
0.04
0.03

-

-

0.83

-

-

Pilipchuk & Volkov (1974)

1.19

0.21

5.08

Large et al. (2014)

0.5

This study
0.31
5.39
0.07
7.77
12.58
6.70
3.44

-

-
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Hypersaline Baja
California Sur, Mexico
1 mm depth
3 mm depth
5 mm depth
7 mm depth
9 mm depth
11 mm depth
13 mm depth
15 mm depth
17 mm depth
19 mm depth
21 mm depth
23 mm depth
25 mm depth
27 mm depth
29 mm depth
31 mm depth
33 mm depth
35 mm depth
37 mm depth
39 mm depth

Bulk

Valdivieso-Ojeda et al.
(2014)

315
2.01
9.08
8.04
9.97
12.22
9.20
9.36
20.27
12.64
7.45
8.39
18.95
15.48
11.73
10.08
5.02
5.81
3.08
3.88
0.87

-

-

117

Figure S 5-1 Mo content in pyrite (Mopy) as a function of precipitation rate in reactors with no added Mo.
([Mo] = 13.3 ± 4 nM). Different symbols represent different amount of S(0) added to increase
precipitation rates. Blue and orange markers represent data from pH 7 and pH 9 reactors, respectively. No
trend is observed for Mopy with either precipitation rate or pH.

Figure S 5-2 Linear relationship between Mopy and initial Mo concentrations.
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Figure S 5-3 Mo content in pyrite (relative to initial time point) at different extent of pyritization (fpyrite).
Different symbols represent different amount of S(0) added to increase precipitation rates. Blue and
orange markers represent data from pH 7 and pH 9 reactors with no added Mo, respectively, while green
markers represent data from pH 7 reactors with added Mo. With the exception of a small subset of data,
Mopy decreased with increasing pyritization.
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CHAPTER 6 Iron Isotope Fractionation during Pyrite Formation as Mediated by Precipitation
Rates
In preparation for submission to Geochimica et Cosmochimica Acta

6.1. Abstract
The Fe isotopic compositions (δ56Fe) of sedimentary pyrite (FeS2) minerals provide insights into
biogeochemical cycling at the Earth’s surface. The isotopic compositions of pyrite minerals have been
suggested to be a function of precipitation rates but this has not been proven to date. In this study, we
synthesized pyrite experimentally from Fe(II) precursors (FeSx, comprising mainly of FeS mineral and
minor amounts of aqueous Fe(II) and greigite) at pH 7 at 80⁰C. The δ56Fe of pyrite increases with the
extent of pyritization, evolving with an almost constant offset from FeSx by -0.55 ± 0.23‰. Comparison
of data from this study and from previous pyrite synthesis experiments at 40-350⁰C, complemented by
modeling approaches suggest that the apparent fractionation between pyrite and FeSx is a function of
pyrite precipitation rates relative to isotopic exchange rates. At low temperatures (≤ 40⁰C), pyrite
precipitation is accompanied by a kinetic fractionation factor between pyrite and aqueous Fe(II) of
~0.9978. If however the isotopic exchange rate between FeS and aqueous Fe(II) is sufficiently slow, δ56Fe
of aqueous Fe(II) may be distilled leading to less negative δ56Fe of pyrite. This can apply to marine
sediments where FeS and aqueous Fe(II) may not be in isotopic equilibrium. At high temperatures (≥
80⁰C), pyrite is open to isotopic exchange with aqueous Fe(II); subsequently, the apparent fractionation is
a function of the precipitation rate (with associated kinetic fractionation factor) and the isotopic exchange
rate between pyrite and aqueous Fe(II) (with associated equilibrium fractionation factor). The surface
kinetic model is used to derive a relationship between the apparent fractionation and pyrite precipitation
rates, which suggest an equilibrium fractionation factor between pyrite and FeSx of 1.00025 at 80-100⁰C.
Implications of rate-dependent fractionation during pyrite precipitation are discussed in context to
geological pyrite.

6.2. Introduction
Pyrite (FeS2) is an ubiquitous sedimentary mineral that is present in all type of rocks throughout
Earth’s history. Along with organic carbon burial, it has long been recognized that pyrite precipitation and
subsequent burial is indirectly a source of oxygen by removing reduced iron (Fe) and sulfur that are able
to deplete oxygen from the Earth’s surface (Berner, 1984; Canfield, 2005; Johnston et al., 2009). Pyrite
burial rates are well constrained in the Phanerozoic from mass balance of sulfur isotopes (sulfate vs
sulfide deposits) and carbon isotopes (organic vs inorganic deposits) assuming constant sizes of sulfur,
carbon and oxygen reservoirs on the Earth’s surface (Berner and Raiswell, 1983; Canfield, 2004). In the
Precambrian however, sulfur, carbon and oxygen reservoir sizes were changing at the same time
(Canfield and Farquhar, 2009; Kah et al., 2004; Kasting, 1993; Lyons et al., 2014; Ohmoto et al., 2014).
Therefore, projection to Precambrian pyrite burial rates based on relationships derived from Phanerozoic
sediments are fraught with errors. Nevertheless, Canfield (2005) utilizes certain assumptions in a simple
model to demonstrate that pyrite burial, rather than organic carbon burial, can dominate oxygen
production in the Proterozoic under certain cases. However, there is currently no independent proxy to
estimate pyrite precipitation and burial rates for the Precambrian.
Over the last twenty years, the advent of high-resolution metal isotopic analysis has generated
widespread interests in utilizing Fe isotopes (δ56Fe) as tracers for biogeochemical cycling throughout
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Earth’s history, with emphasis towards deciphering ancient microbial metabolisms and oceanic redox
states (Beard et al., 1999; Johnson et al., 2008; Rouxel et al., 2005; Tahata et al., 2015; Yoshiya et al.,
2012). Bulk pyrite minerals in black shales have been extensively analyzed and found to yield large δ56Fe
variation relative to other Fe-bearing minerals. Pyrite δ56Fe vary widely near the Great Oxidation Event,
spanning a 7‰ range with values as low as -4‰. Smaller variations are observed during the Proterozoic
and Phanerozoic, with typical values of ± 1‰ (summarized in Busigny et al., 2014; Johnson et al., 2008;
Wolfe et al., 2016). The unnaturally large spread in pyrite δ56Fe near the Great Oxidation Event is thought
to represent a major shift of oceanic Fe cycle due to rising oxygen levels in this time period. Redox
changes of Fe incur large isotopic effects, with dissolved Fe(II) achieving rapid isotopic equilibrium to be
1-3‰ lower relative to Fe(III) phases (Balci et al., 2006; Crosby et al., 2007; Johnson et al., 2002;
Kappler et al., 2010; Percak-Dennett et al., 2011; Welch et al., 2003). Therefore, the increasing
importance of Fe(III) in an oxidized world can theoretically shift residual Fe(II) and pyrite towards values
as low as -3‰. Reactions between Fe(II) and Fe(III) on the early Earth may occur at different scales and
locations, ranging from sedimentary-scale early diagenetic cycling mediated by microbial iron reduction
(Archer and Vance, 2006; Craddock and Dauphas, 2011; Heimann et al., 2010; Hofmann et al., 2009;
Whitehouse and Fedo, 2007; Yamaguchi et al., 2005), to extensive oxidation of hydrothermal Fe(II) that
leaves isotopically light residual Fe(II) from which pyrite formed (Ohmoto et al., 2014; Rouxel et al.,
2005) to patches of oxidation on the productive continental shelf, with isotopically light Fe(II) produced
by microbial iron reduction being “shuttled” to deep oceanic sediments via pyrite formation in the water
column (Czaja et al., 2010; Severmann et al., 2008).
All of the aforementioned hypothesis were at first proposed based on the assumption that pyrite δ56Fe
directly reflects the isotopic compositions of dissolved Fe(II). One study has however shown that fast
pyrite precipitation led to pyrite minerals that are on average 2.2‰ lower relative to the Fe(II) sources
(Guilbaud et al., 2011). Therefore, there is an additional complication in interpreting δ56Fe values of
geological pyrite without knowing the extent of pyrite precipitation as well as the condition of deposition
(open system vs closed system). It is plausible that Neoarchean pyrite may have been deposited directly
from an Fe(II)-rich ocean in an open system, leading to a typical pyrite δ56Fe distribution of -1.2 to -2.2‰
in that time period (Guilbaud et al., 2011).
The validity of directly applying this fractionation factor to natural systems is questionable because of
the extremely fast precipitation rates utilized in the laboratory, on the order of 10-6 mol/L/s (Guilbaud et
al., 2011). The associated isotopic effects expressed at this rate may apply to hydrothermal systems
(Rickard, 1997; Rouxel et al., 2004, 2008; Syverson et al., 2013) and at individual grain scales (Virtasalo
et al., 2013; Yoshiya et al., 2012, 2015b). But, in modern marine sediments where pyrite formed
diagenetically at much slower rates (10-9 to 10-13 mol/L/s,; Fig. 6-1), bulk pyrite δ56Fe reaches only as low
as -1.3‰ relative to bulk Fe-detrital of 0‰ (Scholz et al., 2014b; Severmann et al., 2006, 2008). This is
hypothesized to be caused by slow pyrite precipitation rates, which led to a muted expression of kinetic
fractionation factor in marine sediments (Guilbaud et al., 2011; Rickard and Luther, 2007; Scholz et al.,
2014b; Wu et al., 2012). However, no studies have directly shown this to be case through determination
of isotopic fractionation at slower pyrite precipitation rates. If pyrite δ56Fe is indeed a function of
precipitation rate, under ideal conditions it may be used to constraint pyrite burial flux with implications
to oxygen levels particularly in the Precambrian.
In this study, we have evaluated the fractionation associated with pyrite precipitation in the presence
of FeS at different rates. Experimental data complemented with modeling approaches suggest that the
apparent fractionation is dependent on the relative rates of pyrite precipitation to isotopic exchange of
FeS-aqueous FeS at low temperatures (≤ 40⁰C) and to pyrite-aqueous FeS at high temperatures (≥ 80⁰C).
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Our study suggests that geological pyrite will display more negative δ56Fe values under moderate to slow
precipitation rates at low temperatures and under fast precipitation rates at high temperatures.

6.3. Materials and Methods
6.3.1. Experimental methods
Samples used in this study were from experiments described in Chapter 5 of this thesis. Briefly,
~6 mM Na2S.9H2O were added to a solution containing ~3 mM Mohr’s salt ((NH4)2Fe(SO4)2.6H2O) in
sealed batch reactors at pH 7, resulting in rapid precipitation of FeS. The reactors were incubated at 80⁰C
for up to one week. Elemental sulfur and/or molybdenum were added to induce faster precipitation rates.
Reaction progress was tracked through sacrificial sampling of parallel batch reactors. At each time point,
FeSx (aqueous Fe(II), FeS and/or greigite) were dissolved in 2 N HCl followed by dissolution of pyrite in
15 N HNO3. Extent of pyritization was calculated as follows:
fpyrite = Fepyrite / (Fepyrite +FeHCl)

(1)

Instantaneous pyrite precipitation rates were calculated based on linear relationship of Fe in pyrite
between two adjacent time points. Mineralogy was confirmed with X-ray diffraction.

6.3.2. Isotopic analysis and notations
Aliquots of extracts corresponding to 15-30 µg of Fe were dried down at 80-100⁰C, resuspended in 7
N HCl and purified through column chromatography containing AG-MP1 resin (as described in Chapter 4
of this thesis). Column yields were checked with ICP-MS to be > 95‰ to ensure no fractionation during
purification. Purified samples were diluted to 3 ppm concentrations in 0.3 N HNO3 and measured for Fe
isotopic compositions on the Neptune MC-ICP-MS with IRMM-14 as bracketing standards. Isotopic
values are reported in delta (δ) notation in per mil (‰) unit:
δ56Fe = [(56Fe/54Fe)sample / (56Fe/54Fe)standard – 1] • 1,000

(2)

Typical external reproducibility (2SD) is < 0.08‰. All samples fall along the mass dependent
fractionation line (Fig. 6-2) and isotopic mass balance is conserved for all samples (Table 6-1).
The intrinsic fractionation factor due to a specific kinetic- or equilibrium-controlled process is
denoted in terms of the alpha (α) notation, where the subscripts ‘a’ and ‘b’ represent two different phases:
𝛼𝑎/𝑏 =

1000 + 𝛿 56𝐹𝑒𝑎
1000 + 𝛿 56𝐹𝑒𝑏

(3)

The apparent fractionation between two phases can be controlled by multiple processes with different
α values and are therefore written in terms of the capital delta (Δ) notation:
Δ56Fea-b = δ56Fea – δ56Feb

(4)
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6.4. Model Outlines
6.4.1. Three-reservoir model
To evaluate the processes controlling trends in isotopic compositions of pyrite and FeSx at increasing
extent of pyritization, a three-reservoir model for the FeS mineral-FeS(aq)-pyrite system is developed in
CrunchFlow (Steefel et al., 2015). The design is similar to Guilbaud et al. (2011), with the exception that
pyrite may isotopically exchange with aqueous FeS (Fig. 6-4). FeS mineral is allowed to dissolve to
aqueous FeS, which is a known intermediate in forming pyrite (Rickard et al., 2001; Rickard and Luther,
2007). Aqueous FeS then precipitates to form pyrite. The initial mass or concentration of FeS(aq) is set to
be 10-6 M, as constrained by its solubility with respect to mackinawite (Rickard, 2006). Steady state is
assumed whereby the rate of mackinawite dissolution is equal to rate of pyrite precipitation, with no
dependence on saturation state. Dissolution of FeS is assumed to impart no isotopic fractionation, while
fractionation during pyrite precipitation is assumed to be unidirectional with a constant kinetic
fractionation factor of 0.9978. FeS mineral and/or pyrite is allowed to isotopically exchange with aqueous
FeS at variable rates, controlled by their respective rate constants, k. All the reactions are written in
CrunchFlow’s “aqueous” database, with each reservoir corresponding to separate “primary species”. This
is done to allow isotopic exchange between the different reservoirs, which are not easily coded if the solid
phases are defined as “minerals” in CrunchFlow.

6.4.2. Surface kinetic model
The surface kinetic model relates variations in isotopic fractionation to a mineral’s precipitation rates
(DePaolo, 2011; Fantle and DePaolo, 2007). Specifically, the fractionation is controlled by the ratio of the
net precipitation rate (Rp) to the dissolution rate (Rb) with associated kinetic and equilibrium fractionation
factors. The light isotopes are preferentially incorporated into the mineral at fast precipitation rates,
resulting in a kinetic control of isotopic compositions. At precipitation rates that are more similar to the
dissolution rate, the isotopic compositions are controlled by equilibrium fractionation.
The model takes the following form:

𝛼𝑝𝑝𝑡 =

𝛼𝑘𝑖𝑛𝑒𝑡𝑖𝑐
𝑅𝑏
𝛼
1+
( 𝑘𝑖𝑛𝑒𝑡𝑖𝑐−1)
𝑅𝑝 + 𝑅𝑏
𝛼𝑒𝑞

(4)

From this equation, the apparent fractionation during precipitation (αppt or 1000 ln αppt or Δ56Fepyrite-FeSx)
can be calculated at different net precipitation rates assuming that the kinetic fractionation (αkinetic), the
equilibrium fractionation (αeq) and the dissolution rates are known in advance. The value of 0.9978 is
taken as the kinetic fractionation factor (Guilbaud et al., 2011). The dissolution rates of pyrite under
anoxic condition are estimated from two studies to be between 0.1 and 1.5 • 10-8 mol/L/s (Bebie and
Schoonen, 2000; Schippers and Jørgensen, 2001). Equilibrium fractionation is predicted to be 1.004 at
25⁰C based on ab initio modeling (Polyakov and Soultanov, 2011) but has not been confirmed
experimentally. An equilibrium fractionation of 1.001 has been measured at 300-350⁰C, consistent with
ab initio modeling (Syverson et al., 2013). In this study, the apparent fractionation is measured; therefore,
the only unknown parameter remaining is the equilibrium fractionation, which can be constrained with
the surface kinetic model.
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6.5. Results
Instantaneous pyrite precipitation rates decreased with increasing extent of pyritization for all
experimental runs (Fig. 6-3a, Table 6-1). During the first day, initial pyrite precipitation rates in reactors
with no added elemental sulfur were between 0.81-1.57 • 10-8 mol/L/s. Comparison of precipitation rates
at similar extent of pyritization (fpyrite between 0.25-0.37) show that the rates increased when elemental
sulfur is added (Fig. 6-3a). The rates increased to 0.94 and 1.19 • 10-8 mol/L/s when 10 and 100 mM S(0)
were added, respectively. Addition of molybdenum alongside 10 mM elemental sulfur induced magnetic
greigite (Fe3S4) formation and further increased pyrite precipitation rates, with rates of 1.10 and 1.31 • 108
mol/L/s when 100 and 10,000 nM Mo were added, respectively. Precipitation rates after the first day
were less than 0.49 • 10-8 mol/L/s for all reactors.
Isotopic measurements showed that Δ56Fepyrite-FeSx (FeSx include FeS, greigite and aqueous Fe(II))
ranged from -1.0 to -0.1‰, with an average of -0.55 ± 0.23‰ (n = 20; Fig. 6-3b). Pyrite δ56Fe approached
the initial isotopic compositions of FeSx at higher extent of pyritization, evolving with an almost constant
offset from the FeSx reservoir.

6.6. Discussion
6.6.1. Mechanisms for rate-dependent isotopic fractionation associated with pyrite precipitation
There is a large discrepancy in the apparent fractionation associated with pyrite precipitation in the
presence of FeS in our study (-0.6‰) compared to the previous study (-2.2‰; Guilbaud et al., 2011a).
The major difference between the two studies is the precipitation rates, which are about three orders of
magnitude slower in this study (10-8 to 10-9 versus 10-6 mol/L/s). Precipitation rates may induce variable
isotopic fractionations via two non-exclusive mechanisms. The first is that the isotopic compositions of
aqueous FeS (FeS(aq)), an important dissolved intermediate in forming pyrite, is balanced by the relative
rates of sulfide mineral precipitation (with associated kinetic fractionation) and continuous isotopic
equilibrium with FeS mineral in the reactors. In this case, pyrite is assumed to be closed with respect to
isotopic exchange with aqueous FeS. In contrast, the second mechanism implicitly assumes that pyrite is
open to isotopic exchange with an aqueous phase, similar to calcite and amorphous silica (DePaolo, 2011;
Fantle and DePaolo, 2007; Roerdink et al., 2013). In this case, the apparent fractionation is a function of
pyrite’s precipitation rate (with a kinetic fractionation) relative to pyrite’s dissolution rate (with associated
equilibrium fractionation).
In order to test how isotopic exchange rates can affect the apparent fractionation during pyrite
precipitation, we utilize the three-reservoir model for FeS-FeS(aq)-pyrite system assuming a constant
kinetic fractionation for pyrite precipitation of 0.9978 (Guilbaud et al., 2011). First, the rate of isotopic
exchange between FeS and aqueous FeS relative to pyrite precipitation rate is varied, assuming that pyrite
is closed with respect to isotopic exchange. The rate constant (k) for isotopic exchange between FeS and
FeS(aq) were fitted based on literature data for temperatures between 2-25⁰C (Fig. 6-4b) and this should
be considered as a minimum estimate given that isotopic exchange rates should increase with temperature
(Pekala et al., 2011). At slow pyrite precipitation rates (or faster isotopic exchange), the isotopic
compositions evolve along a Rayleigh distillation trend (Fig. 6-4c). With faster pyrite precipitation (or
slower isotopic exchange), the apparent fractionation between FeSx and pyrite decreased and eventually
showed no apparent fractionation. This is because the isotopic compositions of FeS(aq) are substantially
distillated to higher values in the absence of isotopic exchange; subsequently, pyrite also trends towards
higher δ56Fe values. Guilbaud et al.'s (2011) experimental data at 40⁰C are best explained with fast
isotopic exchange relative to precipitation rate. Additionally, their data at 100⁰C and data from this study
at 80⁰C can be explained by slower isotopic exchange relative to precipitation rate. This is unlikely to be
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true however given that the rate of isotopic exchange between FeS and FeS(aq) should increase rather
than decrease at higher temperatures.
In the previous formulation, we assume that pyrite cannot isotopically exchange with aqueous
FeS, as suggested by Guilbaud et al. (2011). This assumption does not hold especially at higher
temperatures. Experimental observations showed that pyrite is open to isotopic exchange at ≥ 300⁰C
(Syverson et al., 2013), while aqueous copper is able to isotopically exchange with copper in pyrite’s
crystal lattice at ≥ 80⁰C (Pekala et al., 2011). Hence, we tested the effect of allowing pyrite to isotopically
exchange at variable rates, assuming an equilibrium fractionation factor of 1.004 (Polyakov and
Soultanov, 2011). With rapid isotopic exchange (or slower pyrite precipitation), pyrite is constantly offset
by +4‰ relative to FeSx due to equilibrium fractionation. With slower rates of isotopic exchange, pyrite
δ56Fe eventually become lower than FeSx as the isotopic fractionation is dominated by the kinetic
fractionation during precipitation (Fig. 6-4d). Experimental data at 40⁰C are best explained with
extremely slow exchange between pyrite and aqueous FeS, while data at 80 and 100⁰C can be explained
with partial isotopic exchange between pyrite and aqueous FeS. This observation is consistent with the
temperature-dependent isotopic exchange rate that was previously determined for copper in pyrite (Pekala
et al., 2011). Therefore, modeling results suggest that pyrite is likely open to isotopic exchange with
aqueous FeS at ≥ 80⁰C. The apparent fractionation during pyrite precipitation at this temperature regime
is then a function of the relative rates and fractionation during precipitation and isotopic exchange,
possibly driven by recrystallization (Syverson et al., 2013).
When pyrite is open to isotopic exchange, we can use the well-established surface kinetic model
for isotopic fractionation in order to derive a relationship between precipitation rates and the apparent
fractionation during mineral precipitation (DePaolo, 2011; Fantle and DePaolo, 2007; Roerdink et al.,
2015). Based on this model, data for temperatures between 80-100⁰C are best fitted assuming a constant
dissolution rate of 10-8 mol/L/s with an equilibrium fractionation of 1.00025 (Fig. 6-5a). If constant pyrite
dissolution rates of 10-10 and 10-9 mol/L/s are assumed, poor fits are obtained for the overall data (Fig. 65, b-c). This means that Δ56Fepyrite-FeSx can vary from -2.2‰ at fast precipitation rates (≥ 10-7 mol/L/s) to
+0.25‰ at slow rates that are governed by precipitation close to equilibrium (≤ 10-9 mol/L/s). In fact, data
from this study at 80⁰C is best explained with a fractionation of -0.8‰ at fast initial rates followed by a
smaller fractionation of -0.5‰ at slower precipitation rates of (Fig. 6-3b). The equilibrium value of
+0.25‰ is in contrast to the +4‰ value predicted for aqueous Fe(II) and pyrite (Polyakov and Soultanov,
2011) and requires more investigation to be confirmed. Interestingly, Δ56Fepyrite-FeSx for temperatures at
300-350⁰C (Fig. 6-5; Syverson et al., 2013) suggest that a smaller kinetic fractionation factor is required
to fit the data at this elevated temperature. Conversely, data at 40⁰C also suggests a slightly larger kinetic
fractionation factor is required when compared with data of similar rates at 100⁰C. The degree of kinetic
fractionation factor for pyrite precipitation may be negatively temperature-dependent.
Overall, pyrite δ56Fe is shown to be a function of precipitation rates, temperature and the extent of
pyritization. At low temperatures (≤ 40⁰C) similar to marine sediments, faster pyrite precipitation relative
to FeS-FeS(aq) isotopic exchange rate is expected to drive initial pyrite δ56Fe to higher values due to
distillation effects on FeS(aq) intermediate. At high temperatures (≥ 80⁰C), pyrite is open to isotopic
exchange; fast pyrite precipitation leads to low δ56Fe values due to kinetic fractionation factor while slow
pyrite precipitation leads to high δ56Fe values due to equilibrium fractionation. Therefore, pyrite is
expected to display different δ56Fe values depending on environmental conditions that have changed
substantially throughout Earth’s history.
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6.6.2. Implications to pyrite δ56Fe throughout time
Pyrite δ56Fe represents a potential record of biogeochemical cycling throughout Earth’s history. Since
the apparent fractionation associated with pyrite precipitation is not constant, we discuss the implications
of this complicating factor to interpreting pyrite δ56Fe in various depositional settings and time period.
In the Phanerozoic, most pyrite are formed diagenetically in low-temperature marine sediments in the
presence of FeS and Fe(III)-oxides (Berner, 1984). The δ56Fe values of bulk pyrite within this time period
ranged between -1.5 to +2‰ (Fig. 6-6). The primary source of Fe for diagenetic pyrite formation is
thought to be pore fluid Fe(II) released by either microbial iron reduction or abiotic sulfide-mediated
reduction of Fe-oxides (Canfield, 1989; Poulton et al., 2004; Rickard and Luther, 2007). Aqueous FeS
species is expected to have δ56Fe values that are between 0.5 to 1.4‰ lower relative to bulk pore fluid
Fe(II), depending on temperature and activity of dissolved sulfide (Fujii et al., 2014). Pyrite precipitated
from aqueous FeS in this temperature regime is expected to display more negative values, with an
apparent fractionation that is governed by the relative rate of pyrite precipitation to the rate of isotopic
exchange between FeS and aqueous FeS. Interestingly however, while pore fluid Fe(II) may have δ56Fe as
low as -2‰ right below the sediment-water interface (Chever et al., 2015; Homoky et al., 2013;
Severmann et al., 2006; Wu et al., 2012), bulk pyrite δ56Fe can be ~1‰ higher relative to Fe(II)
(Severmann et al., 2006). While pyrite grains with positive δ56Fe values can be precipitated from residual
Fe(II) pool that is enriched in 56Fe through distillation effects, this is insufficient to explain why bulk
pyrite δ56Fe can be more enriched relative to the pore fluid. To explain the observation, it is necessary to
invoke simultaneous pyrite precipitation that is not mediated by pore fluid Fe(II) (Canfield, 1989) that
resulted in pyrite grains with relatively higher δ56Fe. This is supported by the observations that micronsized pyrite grains within the same sediment depth can have δ56Fe values ranging from -3.1 to +4.1‰
(Virtasalo et al., 2013). Pyrite with negative δ56Fe values were likely precipitated from Fe(II). Meanwhile,
pyrite with more positive δ56Fe values may have been formed through a different mechanism, potentially
through the reaction of Fe(II), bound on the surfaces of Fe-oxides, with polysulfide (Hellige et al., 2012;
Peiffer et al., 2015). If so, bulk pyrite δ56Fe in any systems containing Fe-oxides is the consequences of
mixing between pyrite grains with low δ56Fe and high δ56Fe.
The Proterozoic eon is characterized by persistence of euxinic regions that by some estimates
cover at least 30-40% of the seafloor (Canfield, 1998; Reinhard et al., 2013), with bulk pyrite δ56Fe of
±1‰ and single pyrite grains δ56Fe between -1.2 to +4‰ (Fig. 6-6). In euxinic systems, a major portion
of pyrite can form syngenetically (in the water column) as a result of a benthic iron shuttle derived from
Fe-oxides reduction on the continental shelf (Fehr et al., 2008, 2010; Owens et al., 2012; Severmann et
al., 2008). Syngenetic pyrite is expected to directly reflect the Fe source from studies in modern anoxic
systems (Busigny et al., 2014; Fehr et al., 2010). At the same time, some pyrite may also be formed
diagenetically under a euxinic water column, analogous to the modern Baltic Sea (Fehr et al., 2010). The
condition of precipitation here is most similar to laboratory conditions where pyrite precipitated in the
presence of FeS without any Fe-oxides. In the Baltic Sea, δ56Fepyrite averaged -1.38 ± 0.17‰ and δ56FeFeSx
averaged -0.02 ± 0.22‰ at pyritization extents ≤ 0.55 (Fehr et al., 2010). The Δ56Fepyrite-FeSx value of 1.4‰ suggests that FeS and FeS(aq) are not in isotopic equilibrium at the timescale of pyrite
precipitation, which will lead to a decrease in the apparent fractionation associated with precipitation
(Fig. 6-4c). Consequently, given a good understanding of isotopic exchange rate between FeS and
FeS(aq) in this kind of system, it may be possible to back-calculate pyrite precipitation rates. The steadystate model employed in this study predicts a pyrite precipitation rate of ~10-8 mol/L/s, which is about 10
times higher when estimated from radiolabeled 35SO4 tracer (Lein, 1983), not accounting for pyrite
oxidation and isotopic exchange between different pools of sedimentary sulfur (Thode-Andersen and
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Jørgensen, 1989). A more thorough diagenetic model will likely provide better estimates. Pyrite δ56Fe in
depositional settings similar to the Baltic Sea may then be used to constraint pyrite precipitation and
burial flux, with implications to oxygen sinks at least locally throughout Earth’s history.
The Archean is the most enigmatic period for Fe isotopic cycling in pyrite, with bulk pyrite δ56Fe
ranging from +1 to -3.5‰, while single grains of pyrite have δ56Fe between -4 and +3‰ (Fig. 6-6). The
ocean is conventionally thought to be Fe-rich (~200 µM Fe(II)) due to low oxygen conditions and
continuous input from hydrothermal source with expected δ56Fe of between 0 and -0.5‰ (Johnson et al.,
2008; Ohmoto et al., 2014). Hydrothermal pyrite may have δ56Fe values between 1 and 2‰ lower from
the Fe(II) pool depending on the precipitation rate and temperature, with subsequent evolution towards
equilibrium to be 1‰ higher relative to the Fe source (Syverson et al., 2013). Partial pyrite precipitation
from a ferruginous ocean can form small quantities of pyrite as low as -3‰ (Guilbaud et al., 2011). In
periods leading to the Great Oxidation Event, low amount of oxygen caused partial oxidation of Fe(II) to
Fe-oxides with positive δ56Fe values. Redox cycling of Fe-oxides whether in sediments or chemoclines of
stratified water columns will form pyrite with δ56Fe values ≥ -2‰. However, none of this mechanism can
explain bulk pyrite δ56Fe that is lower than -3‰. There has to be a mechanism that can produce sufficient
quantities of Fe(II) with more negative δ56Fe values and to separate this Fe(II) pool from Fe sources (e.g.
Fe-oxides) with more positive δ56Fe, either spatially or temporally.
Rouxel et al. (2005) first suggested that highly negative pyrite can be explained if about 90% of
the Fe in the Archean ocean was oxidized, leaving behind a pool of Fe(II) with very negative δ56Fe
values. It is unclear however as to why the Fe-oxides would not settle to the ferruginous bottom water and
be sulfidized to form pyrite with high δ56Fe values. Severmann et al. (2008) first proposed a “benthic
shuttle” model whereby Fe-oxides were preferentially deposited on the continental shelf, and isotopically
light Fe(II) is shuttled into the anoxic deep ocean through precipitation as pyrite at the chemocline of a
stratified ocean. In modern anoxic systems analogous to conditions on the early Earth, this mechanism
produced pyrite with minimum δ56Fe of -1.5‰ and thus cannot explain the more negative values down to
-3.5‰ (Fig. 6-6). An alternative mechanism is proposed by Ohmoto et al. (2014) in which Fe(II) exhaled
out of hydrothermal vents are rapidly precipitated as Fe-oxides with positive δ56Fe values in an open
system. Therefore, residual Fe(II) with low δ56Fe values can be transported away from its source and from
Fe-oxides. However, any mechanism to make Fe-oxides near hydrothermal vents require some form of
oxidant to reach the deep ocean and it is difficult to imagine non-quantitative oxidation of Fe(II) in that
case. In the end, the presence of bulk pyrite with δ56Fe lower than -3‰ still represents an enigma and
requires an unlikely (but not impossible) set of events to be explained.

6.7. Summary
Pyrite was synthesized in the laboratory at 80⁰C to study the Fe isotopic fractionation associated with
pyrite precipitation with FeS mineral and excess H2S as the reactants. Elemental sulfur and/or
molybdenum were added to increase precipitation rates. Initial precipitation rates were ~10-8 mol/L/s with
slower rates thereafter around ~0.5 • 10-8 mol/L/s. Pyrite δ56Fe values increased with higher extent of
pyritization and were on average 0.55 ± 0.23‰ lower than residual FeS. The smaller apparent
fractionation observed in this study compared to the 2.2 ± 0.7‰ fractionation observed in previous study
at 40 and 100⁰C (Guilbaud et al., 2011) were explained in terms of precipitation rates. At low
temperatures (≤ 40 ⁰C), pyrite δ56Fe is a function of the mineral’s precipitation rate relative to the isotopic
exchange rate between FeS and aqueous FeS, an intermediate in forming pyrite. Fast pyrite precipitation
rate relative to isotopic exchange rate will result in pyrite with less negative δ56Fe values because the
130

isotopic compositions of aqueous FeS will be distilled towards higher values. In euxinic sediments where
diagenetic pyrite formed, pyrite δ56Fe may be used to constrain pyrite precipitation and burial rates, with
implications to oxygen sinks particularly in the Precambrian. In sediments receiving inputs of Fe-oxides,
pyrite grains with more positive δ56Fe values may form through a surface Fe(II)-mediated pathway that
does not involve dissolved Fe(II). Subsequently, bulk diagenetic pyrite δ56Fe is dependent on the relative
amount of pyrite precipitated from Fe(II) with low δ56Fe and from an alternative pathway with higher
δ56Fe values.
At high temperatures (≥ 80⁰C), the isotopic exchange rate between pyrite and aqueous FeS becomes
important. Using the surface-kinetic model, the apparent fractionation between FeS and pyrite is
dominated by a kinetic fractionation factor of 0.9978 at precipitation rates >10-7 mol/L/s and an
equilibrium fractionation factor of 1.00025 at precipitation rates <10-9 mol/L/s for temperatures between
80-100⁰C. Hydrothermal pyrite is expected to display ~3‰ variation depending on temperature, extent of
pyritization and isotopic exchange.
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6.9. Tables and Figures
Table 6-1 Summary of experimental data.
Values for δ56Fesum were measured for Mohr’s salt and initial FeS, with typical 2SD of ≤ 0.08‰.Values
for the rest were calculated, with propagated 2SD of ≤ 0.11‰.

Sample
Mohr's salt
Initial FeS
No S(0)

10 mM S(0)

500 mM S(0)

10 mM S(0) +
100 nM Mo

10 mM S(0) +
10,000 nM
Mo

Time
(day)

fpyrite

0
0.33
1
7
1
3
5
7
1
3
5
7
1
3
5
7
1
3
5
7

0
0.04
0.23
0.41
0.27
0.44
0.71
0.83
0.34
0.62
0.78
0.94
0.31
0.48
0.80
0.95
0.37
0.57
0.89
0.99

Instantaneous
precipitation
rate (10-8
mol/L/s)
1.57
0.81
0.09
0.94
0.27
0.41
0.18
1.19
0.44
0.24
0.24
1.10
0.25
0.49
0.22
1.31
0.30
0.49
0.15

δ56FeFeSx
(‰)

δ56Fepyrite
(‰)

Δ56FepyriteFeSx (‰)

δ56Fesum
(‰)

0.45
0.48
0.58
0.47
0.66
0.64
0.74
0.85
0.63
0.63
0.69
0.93
0.69
0.67
0.69
0.56
0.70
0.82
0.99
1.31

-0.28
-0.03
0.22
-0.37
0.19
0.33
0.35
0.06
0.38
0.39
0.41
-0.04
0.18
0.36
0.46
0.03
0.21
0.39
0.51

-0.76
-0.61
-0.25
-1.03
-0.45
-0.41
-0.50
-0.57
-0.25
-0.31
-0.52
-0.73
-0.49
-0.33
-0.10
-0.68
-0.61
-0.59
-0.79

0.44
0.45
0.45
0.44
0.37
0.39
0.44
0.45
0.44
0.44
0.48
0.45
0.44
0.46
0.44
0.42
0.46
0.45
0.47
0.46
0.52
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Figure 6-1 Compilations of pyrite precipitation rates.
Rates are not surface-area normalized to enable comparison of data between laboratory and natural
systems. Pyrite surface areas vary by less than an order of magnitude and averaged about 0.5 m2/g
(McKibben and Barnes, 1986; Moses and Herman, 1991; Pugh et al., 1981; Schippers and Jørgensen,
2001; Wolfe et al., 2016); the error due to not correcting for surface area is likely to be about the same
and do not affect the differences observed in this figure. Abiotic baseline rates are from Rickard and
Luther (2007). Hydrothermal rates are either calculated from laboratory-derived rate laws (Rickard, 1997)
or measured through experiments at 300-350 ⁰C (Syverson et al., 2013). Rates for marine sediments and
marshes are measured through stoichiometric products of reduction of radiolabelled 35SO4 (Fossing, 1990;
Howarth and Giblin, 1983; Howarth and Jorgensen, 1984; Howarth and Merkel, 1984; Lein, 1983; Lin et
al., 2000, 2002; Lin and Morse, 1991; Thode-Andersen and Jørgensen, 1989). Error due to isotopic
exchange between different pools of sulfur (Thode-Andersen and Jørgensen, 1989) is expected to be
about an order of magnitude. Precipitation rates in the laboratory were directly measured (this study;
Canfield et al., 1998; Guilbaud et al., 2011a; Harmandas et al., 1998) or as the case for precipitation in
plant cells, estimated based on pyrite infilling 20% of cell volume in 10 days (Rickard et al., 2007).
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Figure 6-2 Three-isotope plot of samples measured with the Neptune MC-ICP-MS.
Solid line denotes the mass-dependent fractionation line (δ56Fe = 0.676 • δ57Fe). All samples plot on the
line.

Figure 6-3 Instantaneous pyrite precipitation rates and δ56Fe at different extent of pyritization (fpyrite).
(a) Instantaneous precipitation rates as a function of extent of pyritization (fpyrite). Different markers
indicate different amount of S(0) added while different filled colors indicate different amount of Mo
added. Rates decreased with increasing extent of pyritization. (b) Values of δ56Fe (relative to IRMM-14)
for FeSx and pyrite as a function of fpyrite. Horizontal line denotes the initial FeS composition. Vertical line
separates samples whereby precipitation rates are > 0.8 • 10-9 mol/L/s to the left and < 0.8 • 10-9 mol/L/s
to the right.
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Figure 6-4 Model diagrams and outputs from the three reservoir model for FeS-Fe(aq)-pyrite system.
(a) Schematic representation of the set-up. (b) Model fitting (colored lines) for isotopic exchange rate
between FeS and aqueous FeS. Data (markers) are from Butler et al., (2005), Guilbaud et al. (2010) and
Wu et al. (2012). A rate constant (kexFeS) of 6.3 • 10-10 mol/L/s is chosen as the best fit. (b-c) The δ56Fe
values of FeSx (circles) and pyrite (squares) relative to initial values as a function of extent of pyritization.
Black markers are data from this study, while grey and white markers are from Guilbaud et al.’s (2011)
experiments at 40 and 100⁰C, respectively. Panel (b) shows the isotopic trends for FeSx (dashed lines) and
pyrite (solid lines) at variable relative rates of isotopic exchange between FeS-FeS(aq) to precipitation
rate. Panel (c) shows the isotopic trends at variable relative rates of isotopic exchange between pyriteFeS(aq) to precipitation rate.
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Figure 6-5 Surface kinetic model for pyrite precipitation at constant dissolution rates of (a) 10-8, (b) 10-9
and (c) 10-10 mol/L/s.
Lines denote model results with variable equilibrium fractionation. Black squares are data from this study,
while grey and white squares are from Guilbaud et al.’s (2011) experiments at 40 and 100 ⁰C,
respectively. White circles represent data from pyrite precipitation at 300-350⁰C (Syverson et al., 2013).
Best fit for data at 80-100⁰C is obtained with dissolution rate of 10-8 mol/L/s and equilibrium
fractionation of 1.00025.
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Figure 6-6 Summary of bulk and individual-grain pyrite δ56Fe in various environments and time period.
Light grey vertical zone represent the range of isotopic compositions of Fe sources (detrital and
hydrothermal). The Phanerozoic and Proterozoic are characterized by typical δ56Fe values between -1 to
+1‰ while Archean pyrite are skewed towards negative values. Mechanisms for forming pyrite with
negative and positive values are listed at the bottom. Data are from: (Archer and Vance, 2006; Busigny et
al., 2014; Fehr et al., 2008, 2010; Johnson et al., 2008; Nishizawa et al., 2010; Rouxel et al., 2003, 2004,
2008, 2005; Scholz et al., 2014a; Severmann et al., 2006, 2008; Sharma et al., 2001; Tahata et al., 2015;
Virtasalo et al., 2013; Wolfe et al., 2016; Yoshiya et al., 2012, 2015a, 2015b).
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CHAPTER 7 Simulations of iron isotopic fractionation due to multiple pyrite precipitation
pathways during early diagenesis
In preparation for submission to Computational Geosciences

7.1. Abstract
In this study, we describe a diagenetic model that incorporates iron isotopes as a tool to explore the
multiple precipitation pathways leading to diagenetic pyrite formation in marine sediments, with
relevance to interpreting Earth’s biogeochemical evolution. Model parameters for pyrite precipitation are
derived based on solid phase and pore fluid data from Santa Barbara Basin, California, which provides a
well-characterized system with abundant geochemical data and relatively simple transport processes for
modeling. The model combines a biogeochemical reaction network involving organic matter oxidation to
sulfate, oxygen, nitrate, and iron reduction with Fe isotopic fractionation due to multiple processes
including isotopic exchange between aqueous Fe(II) and solid Fe(III), aqueous diffusion, aqueous
speciation and sulfide mineral precipitation. Four pyrite precipitation pathways are considered: (1) direct
nucleation from solution, (2) dissolution-reprecipitation of mackinawite, and (3) reactions of surfacebound Fe(II) with polysulfides (sulfidation or surface pathway). The model outputs show that isotopic
exchange between aqueous Fe(II) and solid Fe(III) is the primary control on isotopic composition (δ56Fe)
of aqueous Fe(II) that is imparted to pyrite, with diffusion and aqueous speciation playing secondary
roles. The model outputs further suggest that pyrite content and isotopic profiles cannot be explained only
through aqueous Fe(II) (reaction 1 and 2), which produce pyrite with negative δ56Fe values. In the upper 5
cm of the sediment, the inclusion of the surface pathway is necessary to explain pyrite content and
isotopic profiles. Below 5 cm, pyrite content is underestimated, suggesting either significantly more Fe
input in the past or formation of pyrite via Fe released from silicates. Overall, pyrite δ56Fe values are
shown to be primarily controlled by the relative contributions of the multiple pathways. The surface
pathway is expected to be more important in systems with significant contribution of Fe-oxides, leading
to more positive pyrite δ56Fe values. In comparison, the aqueous pathways (reaction 1-2) are expected to
be important in environments devoid of Fe-oxides, leading to more negative pyrite δ56Fe values. This
study provides a framework to interpret pyrite δ56Fe at the grain and bulk scale and suggest that extremely
positive or negative pyrite δ56Fe values at the bulk scale require that Fe-oxides and aqueous Fe(II) be
separated spatially or temporally.

7.2. Introduction
The iron isotopic composition (δ56Fe) of pyrite (FeS2) in the rock record can potentially inform on the
evolution of life, ocean chemistry, and the atmospheric system on Earth. Pyrite δ56Fe exhibits systematic
variations throughout Earth’s history, with values of -3.5 to +1‰ in the Archean, -1 to +1‰ in the
Proterozoic and -1.5 to +2‰ in the Phanerozoic (e.g. Johnson et al., 2008; Busigny et al., 2014; Wolfe et
al., 2016). These isotopic variations have been interpreted to be due to shifts in the spatial scale of redox
Fe cycling, as the Archean ocean evolved from dominantly ferruginous to a Proterozoic sulfidic ocean to
today’s generally well-oxygenated ocean in which aqueous Fe(II) is minor (Archer and Vance, 2006;
Craddock and Dauphas, 2011; Czaja et al., 2010; Guilbaud et al., 2011a; Johnson et al., 2008; Severmann
et al., 2008; Yamaguchi et al., 2005). This interpretation is based on the key observation that Fe exhibits
the largest isotopic variation when both Fe(III) and Fe(II) co-exist in comparable reservoir sizes, due to a
large equilibrium fractionation factor of ~3‰ (Crosby et al., 2007; Rouxel et al., 2005; Welch et al.,
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2003). Such interpretations may be simplistic, as the Fe isotopic composition of diagenetic pyrite is
controlled by multiple factors that can impact the δ56Fe of aqueous Fe(II) in marine sedimentary setting.
This matters because pyrite to a certain extent reflect the δ56Fe of aqueous Fe(II), albeit with a
fractionation factor that produces pyrite on average 2.2‰ lighter relative to aqueous Fe(II) (Guilbaud et
al., 2011a).
Various studies have shown that redox reactions, exchange with minerals, aqueous diffusion of Fe(II),
aqueous speciation and adsorption to mineral surfaces can all impact Fe isotopically (e.g. Butler et al.,
2005; Crosby et al., 2007; Fujii et al., 2014; Guilbaud et al., 2011a; Percak-Dennett et al., 2011;
Polyakov and Soultanov, 2011; Rodushkin et al., 2004; Teutsch et al., 2005; Welch et al., 2003; Wu et
al., 2012). Additionally, in natural systems, pyrite forms through multiple reaction pathways with
potentially distinct isotopic fractionation factors (Peiffer et al., 2015; Rickard and Luther, 2007). Clear
correlations between morphology and δ56Fe values of individual pyrite grains analyzed by laser ablation
or secondary ion mass spectrometry have been documented, which suggest multiple pathways to forming
pyrite (Nishizawa et al., 2010; Virtasalo et al., 2013; Yoshiya et al., 2012, 2015a, 2015b). The pathway
by which pyrite formed may be influenced by the availability of electron acceptors (Fe-oxides or sulfate)
or by relative microbial reduction rates of sulfate and iron. Considering all these factors, it is currently not
clear if pyrite δ56Fe reflects the state of the global ocean-atmosphere system or if pyrite δ56Fe reflects
local effects within the sedimentary system. It is possible that we can extrapolate pyrite δ56Fe to the
interpretation of processes acting at both global and local scale, but this requires a clear framework for
interpreting the data.
In this study, we seek a diagenetic model that incorporates Fe isotopes as a tool to explore the primary
factors affecting the δ56Fe values of diagenetic pyrite. Multicomponent diagenetic models for Fe cycling
have been used extensively in the past (Arora et al., 2015; Couture et al., 2016; Raiswell and Anderson,
2005; Wang and Van Cappellen, 1996), but none so far have included Fe isotopes. The development of
such a model allows extrapolation of Fe isotopic fractionation determined from a single process in simple
laboratory studies to complex natural environments with multiple processes acting at the same time. The
model also allows for the exploration of the importance of various pyrite formation pathways in nature.
We focus the model development on a relatively simple study site, using data from the well-characterized
Santa Barbara Basin as a template. Once confidence in the model is established, we can then extend the
model to provide insights into environmental conditions that can sufficiently shift pyrite δ56Fe values,
with relevance to understanding Earth’s biogeochemical evolution.

7.3. Isotopic reaction network to forming diagenetic pyrite
The development of the model starts by identifying key reactions that may impact the isotopic
compositions of aqueous Fe(II) and pyrite. In an oxidized ocean, Fe is first supplied to the sediments as
Fe-oxides that settle down from the water column, with δ56Fe values that can span a range of ~3‰
depending on mass balance with aqueous Fe(II) (Crosby et al., 2007; Johnson et al., 2008; PercakDennett et al., 2011; Tangalos et al., 2010). Near the sediment-water interface, Fe-oxides are reduced by
either microbial iron reduction or abiotic, sulfide-mediated reduction. Aqueous Fe(II) is released as a
result, being at most 2‰ lower relative to the bulk solid (Crosby et al., 2007; Johnson et al., 2008;
Percak-Dennett et al., 2011; Tangalos et al., 2010). Aqueous Fe(II) may diffuse away from the site of
reduction, be adsorbed to mineral surfaces or react with sulfide species to precipitate iron-sulfide minerals
such as metastable mackinawite (FeS) and pyrite.
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Pyrite precipitation may proceed through multiple pathways that impart different isotopic signatures.
Pyrite can either (1) precipitate directly from solution (Harmandas et al., 1998; Rickard et al., 2007), (2)
form through dissolution-reprecipitation of mackinawite (FeS pathway; Rickard, 1975, 1997) or form
through the reaction of surface-bound Fe(II) with polysulfides (sulfidation pathway; Hellige et al., 2012;
Peiffer et al., 2015) (Fig. 1). Direct precipitation of pyrite from solution requires that the high energy
barrier for nucleation to be overcome, which are thought to be readily achieved in natural environment
through reactive surface areas provided by other minerals, earlier formed pyrite and microorganisms
(Canfield et al., 1998; Rickard et al., 2007; Rickard and Luther, 2007). Once pyrite nucleates, its growth
can be quite rapid (Harmandas et al., 1998). Via the FeS pathway, mackinawite precipitates first and can
display δ56Fe values of ±0.6‰ relative to aqueous Fe(II) depending on the extent of isotopic exchange
between the two phases (Butler et al., 2005; Guilbaud et al., 2010, 2011b; Wu et al., 2012). Mackinawite
are then later converted to pyrite through dissolution-reprecipitation mediated by an aqueous FeS species
(Rickard et al., 2001) to produce pyrite that is on average 2.2‰ lower relative to mackinawite (Guilbaud
et al., 2011a). Finally, laboratory studies and diagenetic modeling show that pyrite formation may
proceed through a sulfidation pathway whereby surface-bound Fe(II) reacts with polysulfides (Canfield,
1989; Hellige et al., 2012; Peiffer et al., 2015). The sulfidation pathway is fundamentally different from
the previous two pathways because the reaction is not mediated by an aqueous Fe(II) phase. The isotopic
fractionation associated with this pathway has not been investigated, but considering that surface-bound
Fe(II) will be ~0.8‰ higher relative to aqueous Fe(II) at equilibrium (Crosby et al., 2007; Johnson et al.,
2008), there is reason to suspect that pyrite formed through the sulfidation pathway will have higher δ56Fe
relative to pathways mediated by the aqueous phase. All of these processes are considered in the model
development, as discussed in section 7.5.
7.4. Site description
The Santa Barbara Basin (34⁰ 16.87’ N, 119⁰ 54.84W) is chosen as the site of interest for this study
because the isotopic compositions of aqueous Fe and Fe minerals (oxides and sulfides, including pyrite)
have been previously reported from the sediments of the basin, down to 40 cm depth (Severmann et al.,
2006). Additionally, this site has been well characterized owing to major interests in reconstructing
climate throughout the Holocene from the varved sediments, which record climate change at the annual
scale (Kuwabara et al., 1999; Raven et al., 2016; Reimers et al., 1996; Sholkovitz, 1973; Thunell et al.,
1995; Zheng et al., 2000). The varved sediments are composed of alternating layers of dark, lithogenicrich material deposited during the fall-winter period and lighter colored, silica-rich materials deposited
during high productivity periods in the spring (Thunell et al., 1995). These laminations are held in place
due to the lack of burrowing fauna as a result of low bottom water oxygen concentrations in the basin (<
20 µM O2; Zheng et al., 2000). The lack of bioturbation means that diffusion of aqueous species from the
overlying water column and burial of solid phases are the two primary means of transport into the
sediment at centimeter length scales, which makes this site comparatively simple to model and more
similar to anoxic conditions in the Precambrian compared to other modern sites with bioturbation.
Authigenic pyrite is precipitated in the sedimentary column through a series of diagenetic reactions.
Iron is first supplied into the sediments via settling of Fe-oxides and clay minerals from the water column
(Reimers et al., 1996; Shiller and Gieskes, 1985). In the sedimentary column, Fe-oxide is reduced by
microbial iron reduction coupled to organic matter oxidation, releasing aqueous Fe(II) into the pore fluid
(Reimers et al., 1996). Aqueous Fe(II) then reacts with aqueous sulfide, produced by sulfate-reducing
microbes, to form authigenic Fe-sulfide minerals such as Fe-monosulfide (FeS, probably mackinawite),
and pyrite (Reimers et al., 1996; Severmann et al., 2006; Sholkovitz, 1973). Clay minerals may also
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provide Fe for pyrite formation but are typically thought to be unimportant for early diagenesis because of
reactivity timescales of thousands of years (Canfield et al., 1992); this assumption can be tested in the
model.
Data used in this modeling study come primarily from Severmann et al. (2006) where isotopic
compositions of aqueous Fe and reactive Fe minerals (oxides and sulfides) were measured from sediments
at the slope of the basin at 498 m water depth. These data are further complemented by pore fluid and
solid phase concentrations data from other studies (Kuwabara et al., 1999; Raven et al., 2016; Reimers et
al., 1996; Sholkovitz, 1973; Zheng et al., 2000). The following section describes the outline in designing
a multicomponent reactive transport model, coupled to Fe isotopic reactions, that captures the general
behavior of early diagenetic reaction network in the sedimentary column and elucidates processes
affecting the Fe isotopic compositions of pyrite.

7.5. Description of multicomponent reactive transport model
The software used in this study is CrunchTope, which is a reactive transport model that is capable of
representing the kinetics of multiple species as well as individual isotopologues of a particular species of
interest (Druhan et al., 2012, 2013; Druhan and Maher, 2014; Hubbard et al., 2014; Maher et al., 2006;
Steefel et al., 2014, 2015; Wanner et al., 2014). CrunchTope requires multiple “primary” aqueous species
and respective concentrations to be defined in the input, from which reactions for the partitioning of
“secondary” aqueous species and minerals can be written with respect to the primary species, linked by
either equilibrium constants (Keq; for aqueous species) or solubility constants (Ksp; for minerals). For
example, if aqueous Fe(II) (Fe2+) is defined as a primary species, the secondary species FeHS+ is assumed
to be in equilibrium with primary species Fe(II) and HS- through the following reaction:
𝐾𝑒𝑞 =

𝑎𝐹𝑒2+ 𝑎𝐻𝑆−
𝑎𝐹𝑒𝐻𝑆+

(1)

Here, α represents the activity of an aqueous species. Similarly, a mineral precipitation reaction such
as for pyrite must also be written with respect to its chemical components:
𝐾𝑠𝑝_𝑝𝑦𝑟𝑖𝑡𝑒 = 𝑎𝐹𝑒2+ 𝑎𝑆22−

(2)

In this case, the polysulfide S22- is a secondary species that is linked to HS-. Therefore, mineral
precipitation reactions do not strictly need to be written in terms of primary species.

7.5.1. Model conditions, parameters and transport processes
Initial model parameters are as following. The model domain consists of a one-dimensional 40
cm sedimentary column that are open to diffusion from the overlying water column as well as from the
bottom sediment. Constant grid spacing of 0.5 cm is utilized, which provides at least two-fold higher
resolution than the field sampling (Severmann et al., 2006). Concentrations of aqueous species at the
boundary conditions are obtained from previous measurements (Reimers et al., 1996; Severmann et al.,
2006; Sholkovitz, 1973; Zheng et al., 2000) or assumed to be similar to seawater (Maher et al., 2006), as
in the case for Na+, Cl-, SiO2(aq) and Al3+. All primary species specified at the boundaries are listed in
Table 1. Secondary species and their associated Keq values are listed in Table 2. In our model, we do not
include aqueous Fe(III) as a chemical species because typical dissolved Fe(III) concentrations in the
ocean are <10 nM (e.g. Johnson et al., 1997; Rijkenberg et al., 2014). Thus, aqueous Fe(II) species with
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concentrations between 0.4 to 200 µM in Santa Barbara Basin’s sediment (Severmann et al., 2006) likely
dominates Fe cycling at this site.
To model transport processes into the sediments, species-specific diffusion coefficients for each
aqueous species are specified in the input. Diffusion coefficients for primary species at 25⁰C are obtained
from the literature and corrected for temperature using an activation energy of 5 kcal/mol (Giambalvo et
al., 2002; Li and Gregory, 1974; Maher et al., 2006; Tamimi et al., 1994). Diffusion coefficients at 25⁰C
for Fe-sulfur secondary species (FeS(aq), Fe(HS)+ and FeSO4(aq)) are calculated based on Applin and
Lasaga (1984) and temperature-corrected as above. Table 3 lists the diffusion coefficients for the various
species. Additionally, solid phase sedimentation from the overlying water column is modeled by
specifying initial mineral compositions at the sediment-water interface coupled to a burial rate. The model
input requires that solid phases are specified in terms of volume fractions. Therefore, solid phase
compositions measured in weight percent units (Reimers et al., 1996; Sholkovitz, 1973) are converted to
volume fractions by dividing by the solid phase’s respective molar volumes .As a simplification,
ferrihdyrite (Fe(OH)3) is taken as representative for the total Fe-oxides. Initial volume fractions for all
solid phases are listed in Table 1. A constant burial rate of 0.25 cm/year is assumed throughout the
sedimentary column based on radioactive 210Pb measurements (Severmann et al., 2006).
The model is run to steady-state with the global implicit approach (GIMRT option in CrunchTope)
with a time step of 0.1 year as a compromise between model stability and computer processing time.
Considering diffusion and burial rate, pore fluid profiles reach steady-state in 10 years (except Fe, ~50
years) while solid phase profiles reach steady-state in a little over 160 years. The assumption of steady
state may not necessarily be true for sediments of the Santa Barbara Basin, especially considering the
presence of laminations that indicate intra-annual variability (Thunell et al., 1995) and isotopic, molecular
and taxonomic evidence that record El Niño events over the past 70 years (Kennedy and Brassell, 1992;
Lange et al., 1987; Thunell et al., 1999). Nevertheless, we assume steady state as a first approximation
towards the development of a more complex model framework.

7.5.2. Biogeochemical reaction network
In the Santa Barbara basin, diagenetic pyrite precipitation is a result of a series of diagenetic
processes, starting from organic matter oxidation coupled to the reduction of multiple electron acceptors
such as oxygen, nitrate, sulfate and Fe-oxides via microbial metabolism. This reaction series lead to
anoxic conditions, sulfide production and finally pyrite precipitation (Reimers et al., 1996; Severmann et
al., 2006; Sholkovitz, 1973). To model these reactions, organic matter in the model is defined as a solid
phase with a modified Redfield stoichiometry, C:N:P of 212:16:1, which provide a better fit to the pore
fluid data based on previous modeling study by Sholkovitz (1973). Metabolic reaction rates (Rm) that link
organic matter to respective electron acceptors are modeled using Monod kinetic rate laws (Koch, 1998):
𝑅𝑚 = 𝑘𝑚𝑎𝑥

𝐶𝐸
𝐶𝐸 +𝐾𝑚

(3)

Where kmax is the maximum rate of the reaction, CE is the aqueous concentration of the limiting electron
acceptor and Km is the half-saturation constant. Unique Km values are assigned for each electron acceptor
based on the literature (Pallud and Van Cappellen, 2006; Regnier and Steefel, 1999). In our model, values
for kmax are determined by fitting the model outputs to the chemical gradients observed in organic matter
and electron acceptors in the sedimentary column. All of the Monod reactions and parameters are listed in
Table 4.
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Ferrihydrite dissolution/reduction reactions that releases aqueous Fe(II) from which pyrite formed
are modeled differently than for other chemical species. For starters, ferrihydrite dissolution can occur by
two mechanisms. The first is sulfide-mediated reduction, the rate law for which is obtainable from
Poulton (2003). The second mechanism is microbial iron reduction coupled to organic matter oxidation.
As described above, microbial processes are typically modeled with a Monod rate law. However, this is
not possible for microbial iron reduction because the electron acceptor is a solid rather than an aqueous
species. Therefore, the Monod rate law is simplified by making the reaction rate dependent solely on the
kmax parameter, with no Km value specified. Reaction stoichimetry and rate law parameters for both
mechanisms are listed in Table 5.
7.5.3. Mineral precipitation
CrunchTope simulates the kinetics of mineral precipitation using transition state theory, which can
include a dependence on saturation state (ion activity product/solubility constant or Q/K sp), the rate
constant (k), and the surface area (A) of the respective minerals.
RTST = A • k • (1- Q/Ksp)

(4)

Minerals considered in this simulation include calcite, mackinawite, pyrite, and various clay minerals
(illite, kaolinite and montmorillonite). The aforementioned transition state theory parameters for each
mineral included in the model are listed in Table 5 and were derived from the literature or by fitting
experimental data (Fig. 2). Surface areas for calcite and clay minerals are assumed to be 1 m2/m3 of
sediment. Surface areas for mackinawite and pyrite are modified to fit the aqueous Fe(II) and solid phase
Fe profiles.

7.6.Architecture for simulating Fe isotopic fractionation
In this study, we seek to include a number of processes that may modify the isotopic compositions of
Fe species that pertain to pyrite formation. To simulate Fe isotopic fractionations, two isotopes of Fe ( 56Fe
and 54Fe) are defined in the model, with each isotope having their own set of primary and secondary
species and mineral phases. The initial isotopic abundance ratios (56Fe/54Fe) is defined as 15.6978
corresponding to δ56Fe of 0‰ relative to the IRMM-14 standard (Dauphas and Rouxel, 2006):
δ56Fe = [(56Fe/54Fe)sample / (56Fe/54Fe)IRMM-14 – 1] • 1,000

(5)

Thereafter, processes that cause isotopic fractionation can be divided into four main groups based on the
simulation methods: stoichimetric dissolution and precipitation, equilibrium fractionation, kinetic
fractionation, and diffusive fractionation.

7.6.1. Stoichimetric (non-fractionating) dissolution and precipitation
Pyrite precipitation starts from aqueous Fe(II) being released by ferrihydrite dissolution. This
dissolution process is considered to be non-fractionating (i.e. stoichiometric), with aqueous Fe(II) having
the same isotopic composition as bulk ferrihydrite in the absence of subsequent isotopic exchange
(Crosby et al., 2007; Johnson et al., 2008). To model stoichiometric dissolution of ferrihdyrite, the
mineral is represented as a solid solution of 56Fe and 54Fe with a ratio of 15.6978 corresponding to δ56Fe
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of 0‰. The dissolution reaction is written so that that amount of 56Fe2+ and 54Fe2+ released has the same
ratio as the initial ferrihydrite; therefore, no fractionation is expressed solely due to dissolution.
One of the pathways to forming mackinawite and pyrite precipitation involve adsorption of Fe(II)
onto Fe-oxides and subsequent reactions with polysulfides through the sulfidation/surface pathway
(Hellige et al., 2012; Peiffer et al., 2015). The potential complexity of this pathway is astounding. Besides
Fe-oxides, surface-bound Fe(II) can also exist on the surfaces of clay minerals and organics. Furthermore,
there is the possibility that surface-reactive Fe(III) and bulk Fe-oxides can be sulfidized to form Fesulfides (Fig. 1). However, the isotopic fractionation associated with this pathway has not been
determined. Because of the reaction’s proximity to Fe(III)-oxides that naturally has higher δ56Fe values
than aqueous Fe(II), we assume that the surface pathway cause no isotopic fractionation during
precipitation. In other words, pyrite δ56Fe should be equal to ferrihydrite δ56Fe in the model domain.
The surface pathway is simulated with the following reactions:
Eqn. (6): Ferrihydrite + 1.5 H2S(aq) --> 0.940112 56Mack(aq) + 0.059888 54Mack(aq) + 0.5 S0(aq)
+ 3H2O
Eqn. (7): Ferrihydrite + 2.125 H+ + 1.875 HS- + 0.125 SO42- --> 0.940112 56Pyrite(aq) +
0.059888 54Pyrite(aq)+ 7 H2O
Where Eqn. 3 and 4 correspond to stoichimetric mackinawite and pyrite precipitation from ferrihydrite,
respectively. Note that CrunchTope cannot strictly simulate a solid-state conversion of Fe-oxides to Fesulfides. Hence, “Mack(aq)” and “Pyrite(aq)” first need to be defined as primary species, which are then
rapidly precipitated as either Mackinawite-FeO or Pyrite-FeO mineral. Rapid precipitation is achieved by
using very low Ksp and high rate constant values (Table 5). With this formulation, we are able to
specifically track Fe-sulfides formed through the surface pathway.
The rate law for the surface pathway has not been determined, which poses a challenge to
simulating it in a reactive transport model. Poulton (2003) stated that 30% of the Fe(II) released by
sulfide-mediated reduction of ferrihydrite is associated with sulfur. Hence, we assume that (1) surface
pathway can be modeled through a similar rate law as sulfide-mediated reduction and (2) the upper limit
for the rate is 30% relative to the rate sulfide-mediated reduction. Sensitivity tests are conducted in order
to test how differing reaction rates can affect pyrite δ56Fe values.

7.6.2. Equilibrium fractionation
Two types of isotopic fractionating processes are fundamentally governed by equilibrium
reactions. The first is aqueous speciation, whereby the isotopic compositions of Fe2+, FeHS+, FeS(aq) and
other secondary Fe species may differ depending on pH and/or anion concentrations. The isotopic values
of FeS(aq) in particular may yield clues to pyrite precipitation pathways in nature. To simulate isotopic
fractionation due to aqueous speciation, equilibrium constants for 56Fe and 54Fe secondary species are
modified to reflect their appropriate fractionation factors (α = 56Keq/54Keq; Table 2), which are predicted
from density functional techniques (Fujii et al., 2014). For example, if a secondary species for 56Fe has a
Keq of 1.0000 with an equilibrium fractionation factor of 1.0001, that same secondary species for 54Fe
must be written with a Keq of 1.0001 (56Fe Keq multiplied by the fractionation factor).
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The second type of equilibrium reaction is isotopic exchange between aqueous Fe(II) and the
outermost layer of Fe-oxides, termed surface-reactive Fe(III). This redox reaction causes one of the
largest fractionation in Fe isotopic system, with aqueous Fe(II) being at most 3‰ lower than surfacereactive Fe(III) at equilibrium (Crosby et al., 2007; Johnson et al., 2008; Percak-Dennett et al., 2011;
Tangalos et al., 2010). CrunchTope however does not include a feature to model isotopic exchange
between a mineral’s surface and an aqueous species. To model the process, we first start by asserting that
a reservoir exchangeable with aqueous Fe(II) need to be defined in the model. This reservoir must has the
same concentration of surface-reactive Fe(III) in a given grid space to ensure correct isotopic mass
balance. The concentration of surface-reactive Fe(III) at any given depth can be calculated based on the
following equation (Crosby et al., 2007):
[Surface-reactive Fe(III)] = Vf ⋅ MVf ⋅ MWf ⋅ SSA ⋅ ρ / Vgrid

(1)

Here, Vf is the volume occupied by ferrihydrite in a grid space (cm3), MV is the molar volume (34.36
cm3/mol), SSA is the specific surface area (m2/g), ρ is the mineral surface site density (3.8 µmol/m2) and
Vgrid is the volume of a grid space (0.5 cm3). From model outputs, Vf can be readily obtained after fitting
Fe chemical profiles. Therefore, depth profile for surface-reactive Fe(III) can be calculated. This depth
profile is replicated in the simulation by defining an additional aqueous species called Fe(III)surface, which
diffuses from the overlying water column and is reacted at depth. The initial concentration of aqueous
Fe(III)surface and the form and rate of the reaction are modified to so that the depth profile of Fe(III)surface
mimics those calculated for surface-reactive Fe(III). Comparisons between modeled and calculated depth
profiles at different ferrihydrite surface areas are shown in Figure 3 and show reasonable agreement. This
modeling approach ensures that aqueous Fe(II) can isotopically exchange with a reservoir that is of
similar size with surface-reactive Fe(III). However, it means that the ferrihydrite mineral is not actually
exchanging with aqueous Fe(II). Thus, while isotopic compositions of aqueous Fe(II) are dynamic,
ferrihydrite δ56Fe remained at 0‰ throughout the simulation. This may pose a problem in simulating
reactions deeper in the sedimentary column when ferrihydrite comprises a small portion of Fe in the
system. Near the sediment-water interface however, the inaccuracy caused by this approach should be
small.
Isotopic exchange reaction between aqueous Fe(II) and aqueous Fe(III)surface can be written as
following:
54

Fe2+ + 56Fe(III)surface <-->

56

Fe2+ + 54Fe(III)surface

(2)

The equilibrium constant here should be equal to the fractionation factor (αFe(II)/Fe(III) = 0.9964 at 4⁰C;
Welch et al., 2003; also see Crosby et al., 2007; Tangalos et al., 2010; Percak-Dennett et al., 2011).
However, by initial testing in simple batch models, we discovered that the resulting fractionation factor is
systematically offset from the specified fractionation factor due to a bug in CrunchTope. Thus, a
correction factor is necessary. To obtain the correct fractionation of 0.9964, the specified equilibrium
constant must be set to 0.99844.

7.6.3. Kinetic fractionation
A kinetic fractionation is caused by different reaction rates for the isotopes as typical for mineral
precipitation from an aqueous solution. Mackinawite and pyrite precipitations have been shown to be
associated with a kinetic fractionation, whereby initial precipitates are isotopically lighter relative to the
fluid (Butler et al., 2005; Guilbaud et al., 2011a, 2011b; Wu et al., 2012). Subsequent Rayleigh
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distillation effects caused both the fluid and the mineral to trend towards higher isotopic values. In order
to simulate kinetic fractionation, rate constants for 56Fe and 54Fe minerals are modified to reflect their
appropriate fractionation factors (α = 56k/54k). This formulation works well for pyrite, which is thought to
precipitate with a constant kinetic fractionation of 0.9978 ± 0.0007 and is unable to isotopically exchange
with aqueous Fe(II) at low temperature once it forms (Guilbaud et al., 2011a). This fractionation factor is
determined from a single study of abiotic precipitation in the presence of FeS. In our model, we assume a
single fractionation factor to be representative of pyrite precipitation from aqueous Fe(II). Sensitivity of
the model to different fractionation factors is tested in later sections.
Mackinawite precipitation is different from pyrite, in that mackinawite initially precipitates with a
kinetic fractionation of 0.9994 ± 0.0004 but fully re-equilibrates with aqueous Fe(II) in less than 40 days
with an equilibrium fractionation of 1.0006 in sulfidic solutions (Butler et al., 2005; Guilbaud et al.,
2011a, 2011b; Wu et al., 2012). CrunchTope is recently shown to be capable of modeling similar
dynamic isotopic behavior for calcium isotopes in calcite (Steefel et al., 2014). In the preliminary tests for
this function however, we discovered that this behavior is not simulated correctly in CrunchTope when α
for isotopic equilibration is not 1.000 as is the case for mackinawite. Therefore, we instead modeled
isotopic fractionation during mackinawite precipitation solely as a kinetic fractionation, with values
between 1.0006 to 0.9994 to reflect the range estimated from equilibrium fractionation and kinetic
fractionation without isotopic equilibration. The assumption of instantaneous equilibrium fractionation for
mackinawite can be valid in this case given that isotopic equilibration is achieved on similar time scales
as the model’s time step (0.1 yr or ~35 days). The drawback in modeling the behavior solely as a kinetic
fractionation is that isotopic exchange between mackinawite and aqueous Fe(II) is not possible even if
there exists significant deviation from isotopic equilibrium. This may cause model inaccuracies
particularly deeper in the sedimentary column and will be explored in later sections.

7.6.4. Diffusive fractionation
Differing diffusivities of Fe isotopes may cause significant isotopic fractionation particularly in
the presence of large chemical gradients. Rodushkin et al. (2004) determined a diffusive fractionation
factor (α = 56D/54D) of 0.999914 for aqueous Fe(II) in 0.3 N nitric acid. To evaluate diffusive
fractionation under conditions more similar to natural systems, we conducted diffusive experiments at pH
2 and pH 7 whereby Fe(II) speciation vary between Fe2+, Fe(HS)+ and FeS(aq). Fe(HS)+ and FeS(aq) in
particular are important species to consider at typical marine pH between 7-9 (Druschel et al., 2008;
Rickard and Luther, 2007; Rickard and Morse, 2005). We obtained average 56D/54D of 0.99993 from our
diffusion experiments. Further experimental details and results are provided in Supplementary
Materials. Diffusive fractionation can be simulated by specifying the diffusion coefficient of 56Fe to be
0.999914-0.99993 times lower relative to 54Fe or vice versa.

7.7. Strategy for model simulations
In choosing the study site for developing the model, we seek a well-characterized system whereby we
can reduce the number of assumptions inherent in the model. The Santa Barbara Basin, with its wellcharacterized depth profiles of multiple chemical species along with transport rates provide initial
constraints to the model. Specifically, modeled sulfate reduction rate (and hence, sulfide production rate
and pH constraint) can be fitted to the measured sulfate concentrations. Independent assessment of sulfate
reduction and organic matter degradation rates can be tested by comparison to ammonium and phosphate
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profiles, which are by-products of organic matter degradation. Sedimentary pH can also be indirectly
monitored by looking at depth profiles of calcite and aqueous calcite. From there, the multiple parameters
constraining aqueous Fe(II) profile (Fe reduction rate and mackinawite and pyrite precipitation rate) can
be determined. This then allows a first look into how well our model can simulate the complex
geochemistry of the Santa Barbara Basin and provide insight into the relative importance of multiple
pyrite precipitation pathways in a natural setting. Thereafter, sensitivity analysis of the model can be
performed to test the effect of different parameters (e.g. Fe supply rate, sulfate/iron reduction rate) to the
isotopic compositions of pyrite.

7.8. Results and discussions
7.8.1. Pore fluid and solid phase concentration profiles
We start the model in the simplest form possible and consider only the inclusions of the aqueous
pathway for mineral formation. In general, the model is able to reproduce the trends observed for the
majority of the dissolved and solid phases (Fig. 4-6). Dissolved sulfate, oxygen and nitrate depletion at
depth coupled to organic matter degradation and concurrent release of ammonium and phosphate are well
captured by the model. Similarly, pore fluid calcium and calcite content agree well with published data.

7.1.1.1. Controls on dissolved Fe(II) profile
Dissolved Fe(II) data were fitted well, with a peak to ~200 µM at 5 cm depth due to ferrihdyrite
reduction and a decrease deeper in the sedimentary column due to precipitation as either mackinawite or
pyrite. The fact that this variable can be fitted well is important because it is a function of many
parameters including ferrihdyrite reduction rates and Fe-sulfide precipitation rates (Fig. 6), which in turn
is a function of pH and sulfide concentrations. When comparing between dissolved Fe(II) profiles
obtained due to microbial ferrihydrite respiration only versus abiotic sulfide-mediated reduction only, the
results suggest that microbial respiration of ferrihydrite is the main driver for Fe(II) release in the upper 5
cm of the sediment (Fig. 6a). This agrees well with findings from some sedimentary systems (Canfield et
al., 1993; Couture et al., 2016; Liu et al., 2015; Wang and Van Cappellen, 1996) but not from others
where iron reduction is driven by a cryptic sulfur cycle (Hansel et al., 2015).
Based on the model, specific processes affect different characteristics of the dissolved Fe(II) profile
(Fig. 6). For example, ferrihdyrite respiration rate controls the magnitude of the Fe(II) peak as well as the
depth of the peak within the sediment (Fig. 6b). With higher rates, the peak’s depth shifts closer to the
sediment-water interface. Mackinawite precipitation rate also affects the magnitude of the Fe(II) peak,
along with the slope of Fe(II) decrease at ~5-15 cm depth (Fig. 6c). Pyrite precipitation rate meanwhile
mainly affects the shallow slope of Fe(II) decrease at >15 cm depth (Fig. 6d). Therefore, while each of
these unknown parameters affect dissolved Fe(II) profile in a multicomponent model, they each can be
parameterized to different portions of the profile (Fig. 6e). This approach was taken iteratively in order to
obtain the best fit for dissolved Fe(II). This approach also yielded a reasonable fit to mackinawite and
ferrihydrite depth profile. Interestingly however, dissolved sulfide is overestimated by hundreds of
micromolars and pyrite content is underestimated by ~0.6 wt% at depth (only 40% of total measured
pyrite). Our model also predicts a pH rise from 7.6 to 8 at 5 cm depth due to ferrihydrite reduction,
followed by a drop to pH 7.2 as a result of excess sulfide production. No data is available for pH
comparison.
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Poor fits to dissolved sulfide and pyrite contents represent limitations of the current model capability,
but also lend insights to possible processes or reservoirs that were not considered. For example, sulfide is
overestimated in our model. As the source of sulfide is sulfate reduction, which was fitted well, this
discrepancy must be caused by the absence of sulfide sinks deeper in the sediments. It is unclear as to
what additional sinks are present at this site. Possibilities include sulfurization of organic matter (Couture
et al., 2016; Raven et al., 2016) or additional Fe-oxides and Mn-oxides in the sediments (Canfield, 1989;
Canfield et al., 1993; Thamdrup et al., 1994). Elevated sulfide concentrations encourages low pH
conditions, with both acting to induce faster Fe-sulfide precipitation (Rickard and Luther, 2007). In order
to fit the dissolved Fe(II) profile, it was necessary to specify low mackinawite and pyrite surface areas of
0.006 and 0.003 m2/m3, respectively. Thus, Fe-sulfide surface areas determined in this model are likely
erroneous and cannot be extended to the actual site. This is however unlikely to affect interpretations of
Fe isotopes that is controlled by mass balance between Fe-containing phases.

7.1.1.2. Importance of surface pathway to pyrite formation
As mentioned previously, pyrite content is underestimated in our model. This leads to really high
FeS/FeS2 weight ratios throughout the sedimentary column (Fig. 5f); thus, Fe mass balance in the model
is not accurate. To explain this discrepancy, it is necessary to invoke additional pyrite precipitation
pathways that are “invisible” from the dissolved Fe(II) profile. Therefore, we explored the effect of
including the surface pathway for Fe-sulfide precipitations relative to control conditions in the absence of
the surface pathway. Note that pore fluid profiles are not significantly affected by including this pathway
since the effects of sulfide reaction with ferrihydrite is small to begin with. At equal rates of precipitation
through the surface pathway of 1% (relative to the rate of sulfide-mediated reduction of ferrihydrite) for
mackinawite and pyrite, mackinawite content decreased slightly relative to control conditions due to Fe
being partitioned into pyrite at shallower depth (Fig. 7). At higher rates of pyrite precipitation, pyrite
content is increased by a maximum of 40% at depth with minimal effects on mackinawite content. As a
result, better fit for pyrite content and FeS/FeS2 weight ratios were achieved without sacrificing the good
fit obtained for mackinawite and dissolved phases. Nevertheless, pyrite content is still underestimated
especially below 5 cm depth. To fully explain the data, it is necessary to either include additional Fe
sources in the form of Fe-oxides, reactive clays or surface-bound Fe(II). The impact of this
underestimation to evaluation of isotopic fractionation during pyrite formation is significant especially
deeper in the sediments and is explored in the next section.

7.8.2. Controls on Fe isotope profiles
7.1.1.3. Isotopic reactions mediated by aqueous Fe(II)
To elucidate major processes controlling Fe isotope patterns during early diagenesis, we successively
activated different fractionation processes in the model. We first consider simple cases involving only the
dissolved pathway, and for which no processes impart isotopic fractionations. As expected, δ56Fe of
dissolved Fe(II), mackinawite and pyrite remained at 0‰, which is the initial δ56Fe value for the
ferrihydrite (Fig. 8). A slight increase is seen for dissolved Fe(II) at the bottom due to the bottom
boundary condition defined as having δ56Fe of 0.3‰ (Severmann et al., 2006).
When isotopic equilibrium between surface-reactive Fe(III) and dissolved Fe(II) is included, δ56Fe of
dissolved Fe(II) reaches a minimum of -3.6‰ at the upper few centimeters, which then rapidly increases
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to around 0‰ at 5 cm depth (Fig. 8a). This can be attributed to mass balance between Fe(II) and
ferrihydrite, whereby Fe(II) makes up a small component of total Fe at < 5 cm depth and becomes an
increasingly important component mass-wise at > 5 cm depth. The lowest δ56Fe value observed for
dissolved Fe(II) is a function of ferrihydrite’s surface areas, which controls the amount of surface-reactive
Fe(III) able to undergo atom exchange. Lower surface areas lead to less depletions in δ56Fe of dissolved
Fe(II) at the top. The slope of the increase to 0‰ between 5-10 cm depth is steeper in the model
compared to the data. This is likely caused by the rapid decrease of ferrihydrite in our model. In order to
explain the data, a persistence of some form of exchangeable, surface-bound Fe is required at least to 10
cm depth.
Under the same condition, mackinawite and pyrite δ56Fe deviated from 0‰ and followed the trend of
dissolved Fe(II), where the minerals’ δ56Fe are more negative at the top and increases until constant
values are reached deeper in the sediment (Fig. 8b-c). Mackinawite showed persistently negative values
at depth, reflecting its extensive formation at < 5 cm depth where δ56Fe of dissolved Fe(II) is < 0‰ (Fig.
8d). Pyrite meanwhile stayed constant around 0‰ at depth, indicating the mass of pyrite at depth is
mainly contributed by precipitation below 5 cm depth.
Next, we activated the isotopic fractionation during Fe-sulfide precipitation via the dissolved
pathway. Large effects to both dissolved and solid phase δ56Fe are induced when this effect is activated
(Fig. 9 & 10). The overall data are best fitted with αFeS/Fe(II) of 1.0006 and αFeS2/Fe(II) of 0.999 (Fig. 9b &
10c). Noticeably however, δ56Fe profile of dissolved Fe(II) is overestimated at > 20 cm depth under this
condition (Fig. 10a). Two processes may be capable of buffering the isotopic compositions of dissolved
Fe(II) to lower values at depth. The first is by diffusive fractionation, which should act to lower the δ56Fe
value of Fe(II) at the diffusing front i.e. deeper in the sediment. The inclusion of diffusive fractionation
into the model however yielded little isotopic differences (data not shown). Diffusive fractionation of
Fe(II) is probably not important during early diagenesis of Santa Barbara basin sediment. Alternatively,
this discrepancy can be explained by a lack of isotopic equilibration process between mackinawite and
dissolved Fe(II) in the model. This process acts to cause dissolved Fe(II) to having lower δ56Fe value over
time, with an equilibrium value of -0.6‰ relative to mackinawite at equilibrium (Wu et al., 2012). The
inclusion of this process, especially at depth where dissolved Fe(II) amount is small relative to
mackinawite, has the potential to prevent dissolved Fe(II) δ56Fe from increasing rapidly due to Rayleigh
fractionation during pyrite formation. Dissolved Fe(II) δ56Fe is then a result of an amalgam of processes,
from atom exchange with surface-reactive Fe(III) at < 10 cm depth to the kinetics of mackinawite
formation, pyrite formation and isotopic re-equilibration with mackinawite at > 10 cm depth.
The optimal value of 1.006 for mackinawite precipitation points to the importance of equilibrium
fractionation compared to kinetic fractionation (with α = 0.994) for the time and length scales considered
in this model. The optimal value of 0.999 for pyrite precipitation suggests that pyrite with lower δ56Fe
values are precipitated from Fe(II), but the exact magnitude of the fractionation cannot be extrapolated
directly considering the underestimation of pyrite content in the sedimentary column. Poor fit is obtained
for pyrite δ56Fe especially at the top 10 cm of the sediment.

7.1.1.4. Isotopic variations caused by including the surface pathway
As discussed previously, the inclusion of the surface pathway lead to a better fit for pyrite weight
percent data. Individual Fe-sulfide grains formed through the surface pathway likely have different δ56Fe
values than those formed via the dissolved pathway. The sampling method employed by Severmann et al.
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(2006) is a bulk method based on sequential extraction of sediments and cannot resolve these grain-scale
variations. However, since bulk Fe-sulfide δ56Fe reflect contributions of grains formed through both
pathways, there are leverages to alter δ56Fe of bulk Fe-sulfides by including the surface pathway.
We assumed Fe-sulfides formed from bulk ferrihydrite with no fractionation through the surface
pathway. Thus, Fe-sulfides formed through this pathway have constant δ56Fe of 0‰. As seen in Figure
11, small amounts of Fe-sulfides formed through this pathway are able to shift δ56Fe of bulk sulfides
closer to 0‰ especially at < 5 cm depth. With pyrite, even a rate of 1% (relative to sulfide-mediated
dissolution rate) is able to give a much better fit to the pyrite δ56Fe data. Under the modeled condition,
individual pyrite grains may then have δ56Fe between -4 to 0‰ (Fig. 11b). Assuming that surface-reactive
Fe(III) may also be converted to pyrite, this range may be expanded to +3‰, which spans the whole δ56Fe
variations of individual pyrite grains observed in sedimentary systems.

7.9. Summary
In conclusion, this model represents a benchmark for simulating Fe isotope fractionation during early
diagenesis. Broad trends in δ56Fe for aqueous Fe(II), mackinawite and pyrite were achieved using a
combination of reasonable parameters derived mainly from laboratory studies. The effect of diffusive
fractionation was found to be insignificant while fractionation due to isotopic exchange and mineral
precipitation were important in explaining the isotopic compositions of aqueous Fe(II) and pyrite. The
combination of the aqueous and surface pathways for Fe-sulfide precipitation lead to a significant
improvement to modeling pyrite content and δ56Fe. However, the form(s), mechanism and isotopic
fractionation of the surface pathway is still very much understudied and needs urgent understanding to be
applied to nature.
The construction of a reliable diagenetic, isotopic model will be essential to understand complex Fe
cycling in marine sediments that culminated in Fe-minerals with distinct δ56Fe values. Future models built
upon this study’s framework will allow better insights into processes operating in ancient sediments,
lending a more credible interpretation of ancient environments.
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7.11. Tables and figures
Table 7-1: Upper and lower boundary conditions for the model.
Concentrations (mmol/kg)
Pore fluid

Solid phase volume fraction
for upper boundary

pH
56
Fe2+
54
Fe2+

Upper
boundary
7.6
1 • 10-9
6.3703 x 10-11

Lower
boundary
7.15
1 • 10-3
6.36838 • 10-5

Illite
Kaolinite
Montmorillonite-Ca

0.00938
0.00938
0.01877

O2(aq)

0.01

1 • 10-30

Montmorillonite-K

0.01877

SO42-

28.5

26.42

Montmorillonite-Mg

0.01877

1 • 10

1 • 10

Montmorillonite-Na

0.01877

HCO3

2.3

6.541

Calcite

0.0058

HPO42-

0.003

0.031

Organic matter

0.00037

NH3(aq)

0.02

0.202

Ferrihydrite

0.1

Mackinawite

0

Pyrite

0

-

-10

HS

-

-

NO3
+

Na
K+
Ca2+
Mg2+
Al3+

0.025
459
9.7
10.3
53
2 • 10-5

-5

1 • 10

-18

459
9.7
10.48
53
1 • 10-5
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1 • 10-10
charge
balanced
1 • 10-15
10
1 • 10-15
6.3703 • 10-17
1 • 10-15
6.3703 • 10-17

1 • 10-15
10
1 • 10-15
6.3703 • 10-17
1 • 10-15
6.3703 • 10-17

56

variable

1 • 10-10

54

variable

6.3703 • 10-12

SiO2(aq)
ClS0(aq)
Organic (aq)
56
Mack(aq)
54
Mack(aq)
56
Pyrite(aq)
54
Pyrite(aq)
Fe(III)surface
Fe(III)surface

1.7 • 10-5
536

Table 7-2: Reactions for secondary species in the model.
Log K values are from default database in CrunchTope, updated for Fe and S species based on Rickard
and Luther (2007). Italicized values indicate log K values are assumed to be constant with temperature.
Temperature-dependent equilibrium fractionation factors (αspecies/Fe2+) are from Fujii et al. (2014). If not
available, α is assumed to be 1.000.
Reaction
OH- + H+ <--> H2O

Log K (25⁰C)

αspecies/Fe2+ (0⁰C)

13.995

-

2

FeOH + H <--> Fe + H O
FeCl+ <--> Fe2+ + Cl-

9.5
0.1605

1.00043
0.99973

FeCl2(aq) <--> Fe2+ + 2 Cl-

2.4541

0.99946

-2.2

1.00034

<--> Fe + H + SO4
FeS(aq) + H+ <--> Fe2+ + HSFe(HS)+ <--> Fe2+ + HS-

-3.0678
2.2
-5.2

0.99866
0.9992

Fe(HS)2(aq) <--> Fe2+ + 2 HS-

-6.225

-

-2.72

1.0002

5.5988

1.00082

4.3918

-

FeHPO4(aq) <--> Fe + HPO4

-3.6

1.00091

FeH2PO4+ <--> Fe2+ + H+ + HPO42-

-2.7

1.00027

+

+

2+

FeSO4(aq) <--> Fe2+ + SO42FeHSO4+

2+

+

+

2-

2+

FeHCO3 <--> Fe + HCO3
+

-

2+

FeCO3(aq) + H <--> Fe + HCO3

-

FePO4- + H+ <--> Fe2+ + HPO422+

2-
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H2S(aq) <--> H+ + HS-

-6.9877

-

0.8993

-

-10.6689

-

-8.7992

-

-18.1681

-

-15.0629

-

-24.4154

-

10.3228

-

CO2(aq) + H2O <--> H+ + HCO3-

-6.3447

-

H2PO4-

-7.2054

-

12.3218

-

-9.241

-

S22- + H2O <--> 1.75 HS- + 0.25 SO42- + 0.25 H+
S32-

-

2-

+

+ 2 H2O <--> 2.5 HS + 0.5 SO4 + 0.5 H

HS2- + H2O <--> 1.75 HS- + 0.25 SO42- + 1.25 H+
-

-

2-

+

HS3 + 2 H2O <--> 2.5 HS + 0.5 SO4 + 2.5 H
H2S2(aq) + H2O <--> 1.75 HS- + 0.25 SO42- + 2.25
H+
H2S3(aq) + 2 H2O <--> 2.5 HS- + 0.5 SO42- + 3.5
H+
2-

+

-

CO3 + H <--> HCO3
+

<--> H + HPO4

2-

PO43- + H+ <--> HPO42+

+

NH4 <--> H + NH3(aq)

Table 7-3: Diffusion coefficient for aqueous species at 25⁰C.
Diffusion coefficients for all other species are assumed to be 7.19 • 10-6 cm2/s with no diffusive
fractionation. aLi and Gregory (1974). bCalculated based on Applin and Lasaga (1984). cTamimi et al.
(1994). dSet to be low so that primary transport mechanism is by burial.
Species
56

Fe2+
56
Fe(HS)+
56
FeS(aq)
56

FeSO4(aq)

56

FeHSO4+

Diffusion
coefficient at 25⁰C
(10-6 cm2/s)
7.19a
10.3b
5.55b

αdiffusion
(56D/54D)
0.99992
0.99992
0.99992

6.15b

1.00000

b

1.00000

6.65

H+
OHNa+
K+
NH4+

93.1a
52.7a
13.3a
19.6a
19.8a

-

NO3-

19.0a

-

2+

a

-

Mg
Ca2+

7.05
7.93a
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Al3+
ClSO42-

5.59a
20.3a
10.7a

-

HSO4-

13.3a

-

HSH2S(aq)

17.3a
19.3c

-

HPO42-

7.34a

-

H2PO4

-

8.46

a

-

HCO3-

11.8a

-

CO3

9.55

a

-

O2(aq)

22.2

-

S0(aq)
Organic (aq)
56
Mack(aq)
54
Mack(aq)
56
Pyrite(aq)
54
Pyrite(aq)

10-4d
10-4d
10-4d
10-4d
10-4d
10-4d

-

2-

Table 7-4: Reactions for organic carbon oxidation coupled to oxygen, nitrate, and sulfate reduction.
Organic matter is defined to have C:N:P ratio of 212:16:1 (Sholkovitz, 1973) with elemental
compositions of (CH2O)212(NH3)16(H3PO4), surface area of 0.2 m2/m3 (Maher et al., 2006) and molecular
weight of 6370 g/mol. aRegnier and Steefel (1999) bPallud and Van Cappellen (2006)
Organic carbon oxidation: reaction stoichimetry
Aerobic respiration

"Organic matter" + 244 O2 + 18 HCO3- -->

log kmax
(mol/m2/s)
-7

Kmonod
(mol/kg)
1.5 • 10-5 a

-7.9

4.5 • 10-5 a

-8.9

5 • 10-4 a

230 CO2(aq) + 16 NO3- + HPO42- + 246 H2O
Nitrate respiration

"Organic matter" + 112 NO3- + 88 H2O + 26 H+
--> 128 NH4+ + 212 HCO3- + HPO42-

Sulfate reduction

"Organic matter" + 106 SO42- + 14 H+ -->
106 H2S(aq) + 212 HCO3- + 16 NH4+ + HPO42-
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Table 7-5: Mineral precipitation or dissolution reactions as included in the model.
a
Rate constant from Maher et al. (2006) and Ksp from Reimers et al. (1996). bFerrihdyrite composition: 56Fe0.940112 54Fe0.059888 (OH)3. cOrganic(aq):
(CH2O)212(NH3)16(H3PO4). d Rate law derived or constrained from Poulton (2003). eFrom Rickard and Luther (2007). fRate constants based on
Maher et al. (2006) while Ksp values are from default CrunchTope database.
Mineral
Calcitea
Ferrihydrite dissolutionb
a) Microbial reduction

log k
(mol/m2/
s)

Reaction stoichimetry
CaCO3 <--> Ca2+ + CO32Ferrihydrite + 0.00179 Organic(aq)c + 1.7665 CO2(aq) -->

log Ksp
(25 ⁰C)

Dependence

6.30627

-

-6.19
-6

-

-

-4.22

-

[H2Stotal]0.5

-6.8

-5.70e

-

Surface area
1 m2/m3
10-150 m2/g

0.940112 56Fe2+ + 0.059888 54Fe2+ + 2.0165 HCO3- +
b) Sulfide-mediated dissolutiond

0.018868 NH4+ + 0.00184 HPO42- + 0.72877 H2O
Ferrihdyrite + 2 H+ + 0.5 H2S(aq) -->
56

2+

54

2+

0

0.940112 Fe + 0.059888 Fe + 0.5 S (aq) + 3 H2O
Mackinawite precipitation
a) Dissolved pathway
b) Surface pathwayd

Mackinawite <-- FeS(aq)
56

Ferrihydrite + 1.5 H2S(aq) --> 0.940112 Mack(aq) +
54

Variable

-

-10

-15

[H2Stotal]

Variable
0.5

0

0.059888 Mack(aq) + 0.5 S (aq) + 3 H2O
Mackinawite-FeO(s) <-- Mack(aq)
Pyrite precipitation
a) Dissolved pathway
b) Surface pathwayd

Pyrite <-- Fe2+ + S22Ferrihydrite + 2.125 H+ + 1.875 HS- + 0.125 SO42- -->

-

Variable

23.1007e
-

-10

-15

-

-13.0

9.03

-

1 m2/m3

-13.0
-13.0

6.8101
2.4952

-

1 m2/m3
1 m2/m3

-12.5

-

Variable
[H2Stotal]0.5

0.940112 56Pyrite(aq) + 0.059888 54Pyrite(aq) + 7 H2O
Pyrite-FeO(s) <-- Pyrite(aq)
Clay mineralsf
Illite

Illite + 8 H+ <--> 0.25 Mg2+ + 0.6 K+ + 2.3 Al3+
+ 3.5 SiO2(aq) + 5 H2O

Kaolinite
Montmorillonite-Ca

Kaolinite + 6 H+ <--> 2 Al3+ + 2 SiO2(aq) + 5 H2O
Montmorillonite-Ca + 6 H+ --> 0.165 Ca2+ + 0.33 Mg2+ +

-
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1.67 Al3+ + 4 SiO2(aq) + 4 H2O
Montmorillonite-K

Montmorillonite-K+ 6 H+ <--> 0.33 K+ + 0.33 Mg2+ +

-13.0

2.1423

-

1 m2/m3

-13.0

2.3879

-

1 m2/m3

-13.0

2.4844

-

1 m2/m3

1.67 Al3+ + 4 SiO2(aq) + 4 H2O
Montmorillonite-Mg

Montmorillonite-Ca + 6 H+ <--> 0.495 Mg2+ +
1.67 Al3+ + 4 SiO2(aq) + 4 H2O

Montmorillonite-Na

Montmorillonite-Ca + 6 H+ <--> 0.33 Na+ + 0.33 Mg2+ +
1.67 Al3+ + 4 SiO2(aq) + 4 H2O
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Figure 7-1: Schematic diagram for pyrite precipitation pathways in sediments.
The “aqueous pathway” requires aqueous Fe(II) to be present, which can be precipitated as pyrite through
the polysulfide and H2S pathway. The “surface pathway” is mediated through surface-bound Fe(II) (or
Fe(III)) that reacts with sulfur species to precipitate pyrite. Individual pyrite grains can have different
δ56Fe values depending on the precipitation pathway. Bulk pyrite in sediments will have δ56Fe values that
reflect the relative contributions from individual pyrite grains precipitated through these variable
pathways.
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Figure 7-2: Determination of rate constant (log k) for (a) mackinawite and (b) pyrite precipitation from
aqueous Fe(II).
Experimental data are from (a) Harmandas and Koutsoukos (1996) and (b) Harmandas et al. (1998),
respectively. Solubility constants, mineral precipitation reactions and aqueous speciation for the rate
fittings are specified in the exact same way as in the diagenetic model.

Figure 7-3: Model outputs for surface-reactive Fe(III) (dashed lines) compared to calculated
concentrations (solid lines) at different surface areas for ferrihydrite.
The concentrations are appreciable only at the upper 5 cm of the sediments. Below that, the
concentrations drop off to < 0.001 mM.
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Figure 7-4: Pore fluid profiles (modeled and measured) for various chemical species.
Black lines denote modeled values while markers indicate measured data from various references. x;
Sholkovitz (1973), o; Reimers et al. (1996), ●; Severmann et al., (2006), ■; Kuwabara et al. (1999) at 550
m, ☐ Kuwabara et al. (1999) at 430 m. No measured data for pH are available. Parameters for the models
are as listed in Table 1-4, with log kFeresp = -6, mackinawite surface area = 0.00631 m2/m3 and pyrite
surface area = 0.00317 m2/m3.
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Figure 7-5: Solid phase profiles (modeled and measured) for comparison to one another.
Parameters and symbols are as specified in Figure 3. Ferrihdyrite and mackinawite weight percentage are
calculated assuming all HCl-extractable Fe(III) and Fe(II) (Severmann et al., 2006; Reimers et al., 1996)
correspond to ferrihdyrite and mackinawite, respectively.
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Figure 7-6: Sensitivity analysis of factors affecting aqueous Fe(II) profile.
(a) Fe(II) profile when only ferrihydrite respiration is considered (green), sulfide-mediated reduction only
(yellow; ferrihydrite surface area = 150 m2/g) and both (black). The green and black lines overlapped,
indicating that microbial iron reduction is the primary mechanism for releasing pore fluid Fe(II) at this
site. (b-d) Dissolved Fe(II) profiles as a function of rate constant of ferrihdyrite respiration, surface area
of FeS and surface area of pyrite. (e) Illustration of the main controls of Fe(II) profile at different
sediment depths. Microbial reduction rate uniquely affects the profile in the upper 5 cm, FeS precipitation
rate affects the profile between 5-15 cm and pyrite precipitation rate affects the profile downward of 15
cm. Thus, each of this parameter can be modified independently of one another to obtain the best fit for
Fe(II).
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Figure 7-7: Solid phase profile for sulfide minerals when the surface precipitation pathway is considered.
Rates are defined in percentages relative to the rates of sulfide-mediated reduction of ferrihydrite, with
surface area of 10 m2/g. Black lines denote control conditions where no surface pathways are considered.
(a) Mackinawite wt%, (b) pyrite wt% and (c) mackinawite over pyrite weight ratio at variable kpyrite-surface
and constant kFeS-surface of 1%. Better fit to pyrite and FeS/FeS2 weight ratios are obtained when the surface
pathways are considered.
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Figure 7-8: Sensitivity analysis for δ56Fe values of Fe phases in response to different ferrihydrite surface
areas.
Only the fractionation between surface-reactive Fe(III) and dissolved Fe(II) are considered in these cases.
Solid black lines denote the control case where no fractionation is considered at all. Equilibrium
fractionation between Fe(II) and surface-reactive Fe(III) caused Fe(II) phases to achieve low δ56Fe values
in the upper 5 cm of the sediment. (d) Precipitation rates for mackinawite and pyrite across depth.
Mackinawite precipitates rapidly at the upper 5 cm while pyrite precipitates steadily throughout depth
with a peak ~7 cm.
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Figure 7-9: Sensitivity analysis for δ56Fe values of Fe phases in response to the fractionation factor
associated with mackinawite precipitation.
Fractionation between surface-reactive Fe(III) and dissolved Fe(II) and diffusion are included. Black lines
denote the control case where ferrihydrite surface area is 10 m2/g. The δ56Fe values for mackinawite are
best fitted with α = 1.006, reflecting values expected from equilibrium fractionation.

Figure 7-10 Sensitivity analysis for δ56Fe values of Fe phases in response to the fractionation factor
associated with pyrite precipitation.
Fractionation between surface-reactive Fe(III) and dissolved Fe(II), diffusion and mackinawite
precipitation are included. Black lines denote the control case where ferrihydrite surface area is 10 m2/g
and αFeS/Fe(II) = 1.0006. Pyrite δ56Fe are best fitted with α = 0.999. The δ56Fe values for dissolved Fe(II) are
however overestimated at depth with this fractionation factor. In contrast, minimal effect is observed for
mackinawite isotopic profile.

171

Figure 7-11: Sensitivity analysis of mackinawite and pyrite δ56Fe to varying rates of surface precipitation
pathway.
Black solid lines denote the control case where only isotopic reactions related to dissolved Fe(II) is
considered, with ferrihydrite surface area = 10 m2/g, αFeS/Fe(II) = 1.0006 and αFeS2/Fe(II) = 0.999. Gray dashed
lines represent the δ56Fe of the Fe-sulfides formed via the surface pathway, which stayed constant at 0‰.
(a) Mackinawite δ56Fe at kpyrite-surface = 1% and variable kFeS-surface. (b) Pyrite δ56Fe at kFeS-surface = 1% and
variable kpyrite-surface. The inclusion of the surface pathway levers the bulk mineral δ56Fe values to be closer
to 0‰, with large effects especially to bulk pyrite δ56Fe in the upper 5 cm.
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Figure S 7-1: Summary of experimental data (markers) with model fittings (lines) for pH 2 (panel a-c)
and pH 7 (panel d-f) diffusion experiments.
(a) Concentration gradient for dissolved Fe. The data is well fitted without any parameterization. (b) Fe
speciation across height, showing the prevalence of Fe2+ species over FeSO4(aq) and other aqueous
species. (c) Modeled isotopic profiles as a function of αdiff for Fe2+. The value of 0.9993 provides the best
fit. (d) Concentration gradient for dissolved Fe as a function of the log Ksp for amorphous FeS. The value
of -4.55 provides the best fit. FeS surface area is assumed to be 100 m2/g (Jeong et al., 2008) with a log
rate constant of -6.5, similar to mackinawite. (e) Fe speciation across height, showing the prevalence of
Fe(HS)+ and FeS(aq) over Fe2+ in the slush agar. (f) Modeled isotopic profiles as a function of αdiff for
Fe(HS)+ and FeS(aq). αdiff for Fe2+ is set to be constant at 0.9993. The best fit is difficult to determine but
is consistent with a small fractionation between 0.99914 to 1.0000.
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7.2. Supplementary materials
7.2.1.

Diffusion experiments

7.2.1.1. Methods
To determine diffusive fractionation for Fe(II), two sets of experiment were conducted at pH 2 and
pH 7. Both are based on the concept of a gradient tube containing agar ‘plug’ filled with an Fe source that
diffuses into the overlying ‘slush’ agar. The effect of using agar as the matrix instead of water to
determine diffusion coefficient and isotopic fractionation is expected to be small (Applin, 1987).
All steps were performed either in the glove box or in N2-filled serum vials with rubber stoppers.
Solutions were degassed with N2 for at least 20 minutes prior to usage. For experiments at pH 2, 50 g/L
FeSO4.7H2O (EMD Millipore, TX, USA, part# FX0260-1) in 0.02 N HCl matrix and a 3% agar (Difco
BD, NJ, USA, catalog# 214530) solution were autoclaved separately at 121⁰C for 20 minutes and
immediately mixed in equal volume afterwards. 2 ml (1 cm height) of this solution was pipetted into the
bottom of screw-capped glass tubes and allowed to solidify to become the ‘plug’. The slush was prepared
by mixing equal volumes of 0.02 N HCl solution with a 0.6‰ agar solution after autoclaving. 29 ml (14
cm) of the slush solution was pipetted on top of the plug, leaving no headspace in the tube.
Experiments at pH 7 utilized a different Fe source. An FeS slurry was prepared by adding Na2S.9H2O
to FeSO4.7H2O (Emerson and Floyd, 2005). FeS was allowed to settle, after which the overlying water
was decanted as much as possible. This step was repeated until the slurry had a pH of ~7, followed by
degassing with N2 and storage in serum vials for < 1 month. XRD analysis of the dried FeS showed only
amorphous peaks that corresponds closer to mackinawite than to any other material. To prepare the plug,
FeS slurry was diluted 1:15 in a 2% GelzanTM (Sigma Aldrich, MO, USA CAS# 71010-52-1) solution and
autoclaved. 45 ml (2 cm) of the solution was pipetted into the bottom of a cylindrical, acid-cleaned
polycarbonate bottle and allowed to solidify. The slush was prepared using a 0.2% agar solution buffered
to pH 7 by 10 mM MOPS. After autoclaving, 425 ml (13.75 cm) of this solution was pipetted to the top of
the plug, leaving no headspace in the bottle.
Incubations were performed for a period of 15 to 30 days at 25⁰C. Experiments that had visible
orange coloration indicative of Fe-oxide precipitation were discarded. Sampling was performed by
carefully pipetting from the top, sub-sectioned every 1.3 to 1.7 cm corresponding to sample volumes of
~6 ml for pH 2 experiments and ~45 ml for pH 7 experiments. Samples from pH 7 experiments were
immediately acidified to pH < 2 by the addition of HCl. Total dissolved Fe were measured via the Hach
FerroVer method (Hach Co., Loveland, CO, USA).
For Fe isotopic measurements, samples were dried down in Teflon vials at 100⁰C. Organic matrix
were destroyed by a series of digestion involving concentrated HNO3, HClO4 and H2O2. First, 2 ml of
HNO3 was added to the sample, reacted at room temperature for > 2 hours followed by evaporation at
120⁰C. Then, 2 ml of HNO3 was again added and reacted at 120⁰C with the cap closed for 5 hours. After
cooling to room temperature, 1 ml of HClO4 was added followed by heating with the cap closed at 150⁰C
overnight. After evaporation at 150⁰C, samples were reacted with 1 ml of HNO3 and 1 ml of 30% H2O2 at
room temperature for 30 minutes and at 50⁰C for 30 minutes with the cap loose followed by evaporation
at 80⁰C. This step was repeated at least three times. Agar was also digested through the same protocol,
with an additional step of dissolution in water at 100⁰C for 2 hours right at the beginning.
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Column purification and Fe isotopic measurements are as described in Chapter 4 of this thesis.
Isotopic values are reported in in δ notation in per mil (‰) unit:
δnFe = [(nFe/54Fe)sample / (nFe/54Fe)standard – 1] x 1,000

(2)

where n represents mass 56 or 57. The values are reported relative to IRMM-14, with δ56Fe value of 0.09‰ relative to average igneous rocks (Dauphas and Rouxel, 2006). Isotopic standards (HPS-Fe, SRM
3126a, BCR-1) were measured alongside samples in every run and each sample was measured at least in
duplicates.
Diffusive fractionation (α = 56D/54D) was determined through 1D modeling in CrunchTope ,
which takes into account electrochemical migration based on the Nernst-Planck equation (Steefel et al.,
2015). The power of this approach lies in its ability to assign unique diffusion coefficients (and isotopic
fractionation) for each primary and secondary species. Primary and secondary species used in these
models are based on Table 2 of the main paper, simplified so as to include only species that are present in
the experiments. Species-specific diffusion coefficient for FeSO4(aq), FeHSO4+, FeS(aq) and Fe(HS)+
were calculated based on Applin and Lasaga (1984) and shown in Table 3.
Model grid space are specified to correspond to sampling portions. Boundary conditions are set to
be closed at the top and bottom. The bottom plug is modeled to contain either dissolved ferrous sulfate
(pH 2) or amorphous FeS that is able to dissolve (pH 7). Additionally, MOPS buffer is included in the pH
7 model to maintain relatively small pH change (MOPS + H+ <--> MOPS-H; log Keq = 7.20). MOPS is
assumed to have a diffusion coefficient of 10-5 cm2/s.

7.2.1.2. Results and discussion
Experiments at pH 2 and pH 7 were sampled at day 15 and day 30, respectively. Both experiments
showed concentration profiles that are indicative of diffusion from the bottom (Fig. S1-a & S1-d).
Species-specific diffusion coefficients for Fe and other species were able to match the data well at pH 2
without any parameterization. At pH 7, the data was corrected for input from the agar slush blank of 0.6
µM, which made up at most 9‰ of total Fe for the sample from the very top portion. The major
uncertainty in fitting the data at pH 7 arises from the solubility and kinetics of FeS dissolution, which
control the supply of Fe from the bottom. We assume a similar surface area (100 m2/g; Jeong et al., 2008)
and rate constant (log k = -6.5) to mackinawite and vary the solubility constant (Ksp) to obtain the best fit.
Without varying the diffusion coefficients, log Ksp = -4.55 gave the best fit to the data. This value is
higher than log Ksp of -5.7 for mackinawite (Rickard, 2006), indicating the higher solubility of this
mineral.
Fe speciations vary across height in complex fashions due to small changes in pH or different ratios
of cations and anions caused by differences in diffusion coefficients (Fig. S1-b and S1-e). At pH 2, Fe2+
is the dominant species throughout the tube, followed by smaller quantities of FeSO4(aq) and FeHSO4+.
FeCl2(aq) and FeCl+ species are ignored in the model due to their small quantities (<1% of dissolved Fe).
At pH 7, Fe(HS)+ is the dominant species above the plug (>50%), followed by smaller percentage of
FeS(aq) (<30%). The pH of the slush is predicted to vary by at most ±0.15 unit, while the pH of the plug
is predicted to drop to 6.5, causing Fe2+ to be the dominant species in the plug. This pH drop is
unexpected given that FeS dissolution should consume protons. Low pH in the plug may be caused by
faster diffusion of H2S(aq) compared to other species, which removes protons away from the plug and
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into the slush. H2S(aq) has twice higher diffusion coefficient than Fe2+ and given that it is a neutral
species, it can diffuse fast without relying on other species to maintain electroneutrality.
The δ56Fe of dissolved Fe in pH 2 experiments decreased with distance from the source, reaching a
minimum of -0.2‰ relative to the initial source (Fig. S1-c). The diffusive fractionation for Fe2+ is best
fitted with a value of 0.99993, which is not significantly different from the value of 0.999914 determined
previously (Rodushkin et al., 2004). Varying the diffusive fractionation for FeSO4(aq) and FeHSO4+ made
little difference to the isotopic compositions unless unreasonably large fractionation factors were used.
The δ56Fe of dissolved Fe in pH 7 experiments were corrected for the agar slush blank (δ56Fe =
+0.1‰ relative to the initial FeS source). This yielded a maximum δ56Fe difference of 0.03‰ for the data,
within analytical error of ±0.08‰. Interestingly, most of the data were ~0.6‰ lower than the initial FeS
source (Fig. S1-f). We interpret this to be due to rapid equilibration between the dissolving FeS and the
released Fe(II), resulting in the expression of the equilibrium isotope effect of 0.6‰ between these two
phases (Wu et al., 2012). Our simulations do not implicitly model this effect; we simply included an
offset of 0.6‰ to modeled values. Dissolved Fe δ56Fe showed no particular trend with height and only
one data point at the top were slightly lower by ~0.2‰ relative to dissolved Fe right above the plug.
Modeling, using a constant αdiff for Fe2+ of 0.99993 and varying αdiff for FeS(aq) and Fe(HS)+, showed
that the data are consistent with small fractionations between 0.999914 to 1.0000.
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CHAPTER 8 Final Reflections
For four and a half years, I have worked towards generating a suite of geochemical signatures that
are useful to reconstruct Earth’s climate change and biological metabolisms. Truly, the amount of
information contained in one speck of mineral grains is staggering, ranging from biological signatures in
isotopic patterns to ancient oxygen levels in trace metal contents. Without cutting edge instruments, an
attention to detail and an interdisciplinary approach, none of these information could have been gathered.
It is a testament to human curiosity that we have scientifically progressed this far. Without a doubt,
mineral proxies are fruitful areas for future scientific researches.
Today, our study of nature is restricted to the Earth. We are slowly expanding to develop the field
of astrobiology that seeks to answer grand questions relating to life’s origin and presence in the whole
universe. Great strides are being taken to develop this field, guided by the principal techniques founded in
Earth’s geosciences. It is my hope that my own field of study i.e. mineral proxies can be useful to future
astrobiologists and may help humanity to determine our place in the grand scheme of the universe.
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