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Abstract
Earth structure and earthquake parameters are not only fundamental to earthquake
studies but also critical to hazard assessment. Estimates of Earth structure and
earthquake parameters can help us attacking important scientific questions such
as how the surface geology features relates to subsurface structure, what the
relationship between the seismicity and subsurface structure changes, what is the
crustal structure beneath polar ice, how reliable are our estimates of subsurface
structure parameters, and how does earthquake rupture in a complex fault system.
For Earth structure imaging, increasing station coverage provide large quantities of
seismic observations. These observations are not free of noise and some suffered
from scattering noise. We developed techniques to reduce scattering noise by
incorporating observations from adjacent stations and to extract signals from
deeper structure using better-determined shallow prior information. Multi-objective
3D inversions using the noise-reduced signals and complementary geophysical
observations were conducted to produce reliable subsurface images beneath the
western United States and the eastern United States. Stochastic inversions in the
polar regions estimated both the first-order subsurface structural variations and
associated uncertainties. Additionally, we applied a recently developed technique to
relocate earthquakes in the off-Sumatra region. Reliably estimated Earth structure
and earthquake parameters can advance our understanding of the correlation
between seismicity and subsurface structure. In the meantime, earthquake hazard
assessment can benefit from these newly calculated models and parameters. We
also made efforts on improving the accessibility of our results. In the first chapter,
I introduce the scope of the dissertation, challenges and opportunities in related
study areas, and summaries of individual chapter. Future directions that may be
approached based on studies in this dissertation are summarized in the last chapter.
In the second chapter, we use P wave receiver functions from the western U.S.
and adjacent regions to construct a receiver function wavefield interpolation scheme
that helps to equalize the lateral sampling of the receiver functions and the surface
wave dispersion and to greatly simplify the receiver functions. Spatial interpolation
iii

and smoothing suppress poorly sampled and difficult to interpret back azimuthal
variations and allow the extraction of the first-order features in the receiver function
wavefield, including observations from several ray parameter ranges. We combine
the interpolated receiver functions with Rayleigh wave dispersion estimates and
surface gravity observations to estimate the 3-D shear wave speed beneath the
region. Speed variations in the 3-D model correlate strongly with expected geologic
variations and illuminate broad-scale features of the western U.S. crust and upper
mantle. The model is smooth, self-consistent, and demonstrates the compatibility
of the interpolated receiver functions and dispersion observations.
In the third chapter, we simultaneously invert smoothed P-wave receiver functions, Rayleigh wave phase and group velocity measurements, and Bouguer gravity
observations for the 3D shear wave speed beneath the eastern U.S. and the northern Mississippi Embayment regions. Using period-coverage-broadened (3-250 s)
surface-wave observations and spatially smoothed receiver functions, our velocity
models are robust, reliable and rich in detail. Our shear-wave velocity models fit
all three types of observations well. The resulting velocity model in for the broad
region of the eastern U.S. shows thinner crust beneath New England, the east coast
and the Mississippi embayment. Relatively thicker crust was found beneath the
stable North America craton. Relatively slower upper mantle was imaged beneath
New England, the east coast and western Mississippi embayment. We also explored
the relationship between the subsurface structure and seismicity in the eastern U.S.
We found earthquakes often locate near regions with seismic velocity variations,
but not universally. Not all regions of significant subsurface wave speed changes are
loci of seismicity. Eastern U.S. thrust faulting weakly correlates with slower upper
mantle speed along the coast and within New England and southeastern Canada.
In the northern Mississippi Embayment, the region of the large earthquakes in
1811-12, we imaged a relatively fast lower crust and a relatively slower uppermost
mantle.
Reverberations of teleseismic compressional (P-) waves within a glacier or ice
sheet may mask signals associated with crustal structure beneath the ice. In the
fourth chapter, we remove the signal associated with the ice from teleseismic P-waves
using a wavefield downward continuation and decomposition technique that depends
on known ice layer properties such as ice thickness, velocity, and attenuation. We
test the method using data from nine stations in Antarctica and one station in
Greenland. We deconvolve the downward-continued seismic wave vectors to create
P-wave receiver functions that minimize the ice-layer reverberations in order to
better measure signals from deeper structures. The subsurface P-wave receiver
functions have similar sensitivities to crustal structure as those calculated from
stations installed on bedrock. Synthetic experiments indicate subsurface P-wave
receiver functions can constrain crustal structure more tightly than surface P-wave
iv

receiver functions when ice layer properties are known. We model the subsurface
P-wave receiver functions using a Markov chain Monte Carlo inversion and constrain
the product of crustal thickness and the column-average crustal-slowness beneath
the stations. Our subglacial shear-speed and thickness estimates are consistent
with previous investigations at most stations. At station SUMG in south-central
Greenland, our results suggest a thicker crust than from previous estimates.
In the fifth chapter, we analyze aftershocks of the 2012 Off-Coast of Sumatra
Earthquake Sequence. The aftershocks were relocated using surface-wave crosscorrelations to improve relative location precision. Unlike observed patterns along
mature transform faults in other regions, the relocated aftershocks seldom align
along simple linear trends that are compatible with the strikes of the faults as
estimated by the GCMT catalog. The relocation of roughly 60 moderate-earthquake
epicentroids suggests that the faulting involved in the 2012 earthquake sequence
occurred in a region populated with many short fault segments. The inferred
complex fault system agrees with a recent bathymetry survey. Statistical analysis
and temporal variations of aftershocks show a relatively low number of aftershocks
but possibly a relatively slow decay of the aftershocks. The patterns in the
aftershocks suggest that the formation of the boundary and eventual localization
of deformation between the Indian and Australian plate is a complicated process.
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3.15 Average crustal shear-wave velocity map, uppermost mantle shearwave velocity map and histograms of crustal Vs velocity and uppermost mantle Vs velocity. The mean of crustal Vs is 3.7 km/s with a
standard derivation of 0.1 km/s. The mean of uppermost mantle Vs
is 4.53 km/s with a standard derivation of 0.05 km/s. . . . . . . .
3.16 Comparison of upper mantle shear speed at 63 km in western and
eastern U.S. The dashed line indicates the transition from the western
U.S. model [20] to the eastern U.S. model (this study). . . . . . . .
3.17 Seismicity (black and gray circles, magnitude 3 and larger prior
2017) and cross-section locations (red lines). Black circles represent
earthquakes that are shown in cross-sections. Gray circles are
earthquakes that located 100 km away from any cross-sections.
Larger circles corresponds to larger magnitudes. The earthquake
data were downloaded from USGS NEIC catalog. Black box indicates
the northern Mississippi embayment region. . . . . . . . . . . . . .
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Station locations (black triangles) and ice thickness maps in Antarctica (left) and Greenland (right). The colors on land show ice
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4.2

Ray paths and synthetic waveforms using the ice-crust-mantle model
and the crust-mantle model. (a) Ray paths of the direct P-wave (the
thin black line), the converted phase from Moho (the dashed line),
and ice-layer reverberations (gray lines) using the ice-crust-mantle
model. Thick black lines identify layer boundaries. The gray and
black triangles indicate the depth of corresponding waveforms in (b).
(b) Synthetic waveforms computed using the ice crust-mantle model
(1)-(4) and the crust-mantle model (5). The waveforms represent (1)
narrowband (Gaussian 1.0) surface PRFs; (2) broadband (Gaussian
5.0) surface PRFs; (3) narrowband subsurface PRFs at the base
of the ice layer; (4) broadband subsurface RFs at the base of the
glacier; (5) surface PRFs. Narrowband waveforms (1) and (3) are
amplified by 2.8 times to adjust for amplitude differences caused
by the Gaussian filters. The two dashed lines indicate the expected
arrival time of Moho converted phase at the surface (right line) and
at the base of the ice layer (left line). . . . . . . . . . . . . . . . . .
4.3 Comparison of surface and subsurface PRF synthetic waveforms for
a range of crustal thickness. (a) Narrowband surface PRFs computed
using ice-crust-mantle models. The amplitude of all narrowband
waveforms is multiplied by 2.8 to account for the Gaussian filter
differences. The dashed line shows the expected arrival time for the
converted phase from the crust-mantle boundary (we account for
the extra travel time in the ice layer). (b) Broadband surface PRFs
simulated using crust-mantle models. The dashed lines indicate the
expected arrival time at the surface of crust-mantle models for the
Moho converted phase and multiples. (c) Narrowband subsurface
PRFs calculated from ice-crust-mantle models. The amplitude for
these narrowband subsurface PRFs is amplified by 2.8 times. (d)
Broadband subsurface PRFs computed from ice-crust-mantle models.
The dashed lines in (c) and (d) indicate the expected arrival time
at the base of the ice layer of ice-crust-mantle models for the Moho
converted phase and multiples. . . . . . . . . . . . . . . . . . . . . .
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4.4

Synthetic waveform comparison of a 35 km (black lines) and a 45
km (gray lines) crust for surface PRFs (a) and subsurface PRFs
(b). (c) Signals differences (percent difference between a 35 km
crust PRF and a PRF computed for a variation in crust thickness
normalized by the 35 km crust PRF signal power) as a function
of crustal thickness difference respect to 35 km for both surface
PRFs and subsurface PRFs. The narrower quadratic for subsurface
PRFs indicates the signals are more sensitivity to crustal thickness
changes than surface PRFs. . . . . . . . . . . . . . . . . . . . . . . 86
4.5 Subsurface PRFs computed using different subglacial shear velocities
and the corresponding early-arrival energy measurements for a synthetic model and observations from station BYRD. The model true
subglacial shear velocity is 3.4 km/s. (a) Stacked subsurface PRFs
processed using a group of subglacial shear velocities. Each subsurface PRF waveform was averaged with eight subsurface synthetic
PRFs using different ray parameters. (b) Stacked subsurface PRFs
computed using a set of subglacial shear velocities. Each subsurface
PRF was averaged with all the acceptable signals from the analysis
of station BYRD. (c) Normalized early arrival (before zeros seconds)
energy measured from waveforms in (a) for different subglacial shear
velocities. The early arrival energy is normalized by the maximum
energy of the curve; you can see the relative amount of energy in
the raw signals. (d) Similar to (c) but using real data from station
BYRD. Each sample in (d) was computed from 74 waveforms. . . . 87
4.6 Normalized early arrival energy as a function of subglacial shear
velocity for all the stations examined in this study. To facilitate
comparison, the arrival energy values were normalized using the
maximum energy of each curve (the value differs from curve to
curve in the range of 0.007-0.016 s−2 in which station GM02 is
the smallest). Each data point in a curve was computed from a
minimum of dozens to a maximum of more than one hundred signals. 88

xvi

4.7

Surface and subsurface PRFs at station BYRD as a function of ray
parameter (steeper incidence angles at the bottom). Gray solid lines
are PRFs computed from individual teleseismic events; the black
solid lines are averaged PRFs within ray-parameter ranges: 0.06-0.08
s/km for the upper black line, 0.05-0.06 s/km for the central black
line, and 0.04-0.05 s/km for the bottom black line. Dashed lines
show expected arrival time of different phases using the one-layer
velocity model from [1]. (a) Surface PRFs at station BYRD. Black
dashed lines show the arrival times of Ps, PpPs and PpSs+PsPs
phases at the surface. Gray dashed lines are for reference. (b)
Subsurface PRFs at station BYRD. Black dashed lines show the
arrival times of Ps, PpPs and PpSs+PsPs phases at the base of the
ice layer. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
4.8 McMC search results for synthetic surface PRFs and subsurface
PRFs using data-derived covariances computed for station BYRD.
The velocity model can be found in Table C.4 in Appendix C. Model
parameters of the ice layer were fixed. (a) Crustal thickness of all
the velocity models constrained by surface PRFs as a function of
averaged crust shear-wave speed, Vs. Dashed lines indicate true
values. The ellipses are error ellipses represent 95% confidence
interval (outer) and 68% confidence interval (inner). (b) same as (a),
but the velocity models were constrained by subsurface PRFs. (c)
Prior and marginal distributions of crustal thickness. (d) Prior and
marginal distributions of average crust shear-wave speed. The prior
distributions in (c) and (d) extend beyond the plot limits. Dashed
lines indicate true values. . . . . . . . . . . . . . . . . . . . . . . . .
4.9 McMC search results for signals from station BYRD. (a) Crustal
thickness of all the velocity models as a function of averaged crust
shear-wave speed, Vs. The ellipses are error ellipses represent 95%
confidence interval (outer) and 68% confidence interval (inner). Each
dot represents one velocity model. Darker dots have larger probability than lighter ones. Top and right panels show the marginal
distributions. (b) Predicted subsurface PRFs (black lines) of the
McMC-averaged model in (c) and stacked subsurface PRF observations (gray lines, same as in Fig. 4.7a). (c) The shear velocity profile
of the McMC-averaged model is shown with the black line. Gray
lines indicate two standard derivations (95% confidence interval).
(d) Predicted surface PRFs (black lines) of the McMC-averaged
model and stacked surface PRF observations (gray lines, same as in
Fig. 4.7b) (surface PRFs were not used in the McMC analysis). . .
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Regional seismicity of the off-Sumatra region between January 2012
and February 2016. Focal mechanism from GCMT catalog are shown
with red (strike-slip and one normal faulting) and gray (reverse
faulting) beach balls. Magnitude 3 and larger earthquakes from ISC
catalog [2] are shown as open circles. The lower insert shows the
location of study area on a global map as a red box. Upper inserts
indicate the magnitude scale used for symbol sizes. Black arrows
show plate motions from MORVEL [3]. Plate boundaries (black line
with triangles) are based on [4]. . . . . . . . . . . . . . . . . . . . .
Map of USGS seismicity showing intraplate events in the vicinity of
the 2012 earthquake sequence. Events with magnitudes less than
7 are identified by circles scaled logarithmically to four times the
expected area for an earthquake with the corresponding magnitude.
Epicenters for larger events are indicated by white circles scaled
to roughly the area expected for their magnitudes. The panel in
the upper left (a) shows the events occurring within one day of the
mainshock (Mw 8.6); the upper right (b) shows events occurring
within one week of the main shock, events in the lower left (c)
occurred within one month of the mainshock; the lower right panel
(d) shows seismicity from the start of January, 2012 through mid
January, 2017. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
Initial and final misfits for the inversion of observations from 61
strike-slip earthquakes. Initial misfit is computed based on ISC
epicenter locations and origin times. . . . . . . . . . . . . . . . . . .
Histograms show comparison of the epicentroid locations with the
original ISC locations. . . . . . . . . . . . . . . . . . . . . . . . . .
Relocated epicentroids (red beach balls) from this study compared
to original ISC locations (yellow dots). Black lines indicate location shifts between relocated epicentriods and ISC locations. The
green beachballs are the two great earthquakes occurred on April 11,
2012. Red beachballs represent other events used in the relocation.
Gray lines show the event links. Open circles show earthquake locations from ISC catalog. The boxes (dashed line bounded) indicate
locations for 7 sub clusters. . . . . . . . . . . . . . . . . . . . . . .
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A close view of the relocated epicentroids (red beachballs) around
the 2012/04/11 Mw 8.2 earthquake (the green beachball). The
background is modified from [5]. The location of this map is shown
as box B in Fig. 5.5. Thick black lines indicate location shifts
between relocated epicentriods and ISC locations (yellow dots).
Thin black lines and the dash line indicate reactivated fracture
zones. Red lines show shear zones. The inset shows a schematic
shear zone scheme. . . . . . . . . . . . . . . . . . . . . . . . . . . . 112
Relocated epicentroids in subcluster A (in Fig. 5.5). The green
beachball is the Mw 8.6 main shock. Relocated epicentroids are
indicated by red beachballs. Black lines show location shifts between
relocated epicentriods and ISC locations (yellow dots). Open circles
show earthquake locations from ISC catalog. . . . . . . . . . . . . . 113
Same as Fig. 5.7, but for relocated epicentroids in subcluster C. . . 114
Same as Fig. 5.7, but for relocated epicentroids in subcluster D. . . 115
Same as Fig. 5.7, but for relocated epicentroids in subcluster E. . . 116
Same as Fig. 5.7, but for relocated epicentroids in subcluster F and G. 117
Same as Fig. 5.7, but for relocated epicentroids in subcluster H. . . 118
Omori’s Law analysis of the seismicity from 2012 to 2017. Top panel
shows a simple magnitude timeline starting 01 January, 2012. Time
reference is the mainshock origin (12 April, 2012, 08:38). Middle
and bottom (clipped) panel show histogram of aftershock counts
using bin widths of 28 days. The decay of activity was initially
rapid (the mainshock bin is clipped), started out with some periodic
behavior, and decayed slowly, similar to other intrastate earthquakes. 119
Gutenberg Richter plot showing the distribution of earthquake magnitudes for events in the northern Indian Ocean lithosphere between
2012 and 2017. The solid line shows a linear fit to the observed
frequency of earthquakes between magnitude 4.0 to 6.5. The dashed
lines project trends with slopes of -1 from the main shock magnitude, Mw 8.5, and from one magnitude unit lower (accounting for a
simple form of Bath’s Law). Similar to most earthquakes in oceanic
lithospheric the sequence is depleted in events as large as magnitude
6.0. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 120

A.1 Observed and predicted Bouguer gravity observations. Except the
four-cell-wide computation buffer where gravity is not used in the
inversion to avoid edge effects, the gravity data are recovered well.
Gravity data were filtered to removed broad features that may reflect
mantle dynamics as much as a density variation. . . . . . . . . . . . 129
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A.2 Comparison of the interpolated receiver-function wavefield with
Rayleigh-wave group-velocity map. The distance parameters d1
of 150 km and d2 of 250 km are used for the receiver function
smoothing/interpolation. Since receiver-functions and surface-wave
dispersion sample velocity structures differently it is difficult to
choose a specific period of dispersions that samples the same velocity variations as a time-slice of receiver functions. However, the
comparisons of the receiver-function wavefield at a lag time with
the group-velocity maps that have overlapping depth sensitivity can
provide a general sense of lateral sensitivity of the two observations.
The spatial extent of the dispersion and receiver function variations
shown in this figure are comparable. . . . . . . . . . . . . . . . . .
A.3 Representative shear-velocity slices through the 3D model. Dark
lines show the physiographic boundaries. Warm colors show relatively slower regions, cool colors indicate relatively faster regions.
Although the colors are constant, the velocity range in each figure
varies substantially. The anomalies show a combination of variations
in sedimentary basin and crustal thickness with lateral variations in
shear-wave speed within the crust and mantle. . . . . . . . . . . .
A.4 Automated model clusters generated using a simple Euclidean length
cluster algorithm. Dark lines show the physiographic boundaries
[Fenneman, 1917]. The large cell size prohibits resolution of smaller
provinces, but the rough correspondence of the clusters to geologic
regions are (1) Oceanic; (2) Gulf of California region; (3) NW Pacific
Coast-Range System; (4) Northern Basin and Range; (5) Southern
BR Region; (6) Colorado Plateaus; (7) Columbia River Plateau
Region; (8) Northern Rocky Mountains; (9) Middle and Southern
Rocky Mountains; (10) Great Plains; (11) Williston and Denver
Basins; (12) Canadian Craton; (13) Gulf Coast Basin. The velocity
profile within each cluster is summarized in Fig. 2.4 of Chapter 2.
A.5 Dendrogram of the shear velocity model detailing the structure
of the clusters. Significant differences in terms of the Euclidean
distance are found between major geologic provinces. CP means
Colorado Plateau, and BR represents Basin and Range. The colors
separate the clusters with a cutoff value of 0.65 km/s. We can
clearly see some clusters are over-divided. Note the clusters shown
in Figure S9 are a simplified version of those color-coded in this
figure. Some major clusters are labeled according to the distribution
of the clusters with different cutoff values, which is not shown. . .
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A.6 Comparison of synthetic test receiver function stacks (left) and interpolation (right) for a Gaussian width parameter of 1.0. Structural
azimuthal variations were considered in the calculation. The red
lines show the response from the reference model. The time shifts
occurred every 10 waveforms on the right panel were caused by edge
effects. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
A.7 Same as Figure S11, but using a Gaussian width parameter of 2.5.
Azimuthal structural variations were considered in the calculation.
A.8 Comparison of synthetic receiver function stacks (left) and interpolation (right) for a Gaussian width parameter of 1.0. Azimuthal
structural variations were ignored in the calculation. Red lines
identify the response from the reference model. . . . . . . . . . . .
A.9 Same as Figure S13, but using a Gaussian width parameter of 2.5.
Azimuthal structural variations were ignored in the calculation. Red
lines identify the response from the reference model. . . . . . . . .
A.10 Station map (a) and interpolated receiver functions (b) for XY network (Batholith Broadband Network) using different interpolation
parameters. From left to right, the first panel shows the stacked
receiver functions. The second panel shows the interpolated receive
functions with d1 = 5 km and d2 = 10 km. The third panel uses d1
= 10 km and d2 = 20 km. The 4th panel uses d1 = 20 km and d2 =
40 km. The 5th panel uses d1 = 40 km and d2 = 80 km. The 6th
panel uses d1 = 80 km and d2 = 150 km. The last panel uses d1 =
150 km and d2 = 250 km, which is used in Chapter 2. . . . . . . .
A.11 Station map (a) and interpolated receiver functions (b) for Y5
network (Canadian Rockies and Alberta Network) using different
interpolation parameters. From left to right, the first panel shows the
stacked receiver functions. The second panel shows the interpolated
receive functions with d1 = 5 km and d2 = 10 km. The third panel
uses d1 = 10 km and d2 = 20 km. The 4th panel uses d1 = 20 km
and d2 = 40 km. The 5th panel uses d1 = 40 km and d2 = 80 km.
The 6th panel uses d1 = 80 km and d2 = 150 km. The last panel
uses d1 = 150 km and d2 = 250 km, which is used in Chapter 2. .
B.1 Comparison of EARS crustal thickness results from the raw
(a) and the spatially smoothed version (b). . . . . . . . . .
B.2 Crustal thickness maps from four models. . . . . . . . . . .
B.3 Average crustal Vp speed map, uppermost mantle Vp speed
and histograms of crustal and uppermost mantle Vp velocity.
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B.4 Average uppermost mantle Vs speed map with the SLU catalog
showing as green beachballs. . . . . . . . . . . . . . . . . . . . . .
B.5 Comparison of original uppermost mantle Vs speed map (a) with
the pressure-corrected Vs map (b). . . . . . . . . . . . . . . . . . .
B.6 Automated model clusters generated using a simple K-means cluster
algorithm. The rough correspondence of the clusters to geologic
regions are (0) Oceanic; (1) Western Mississippi Embayment; (2)
Southern Basin and Range Region; (3) Southern Interior Plains; (4)
Atlantic Plain; (5) Western Interior Plains, Appalachian Highlands
and Interior Highlands; (6) Central Interior Plains; (7) Southeastern Canadian Shield. The velocity profile within each cluster is
summarized in Fig. B.7. . . . . . . . . . . . . . . . . . . . . . . . .
B.7 Earth model clusters constructed using a K-means cluster algorithm.
Southern regions are shown on the left, regions from the interior of
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C.1 Comparison of synthetic data noise using different types of covariance
matrices and real data. Thick black lines are stacked subsurface
PRF observations at station BYRD for ray parameters between 0.05
and 0.06 s/km. Thin black lines show one standard deviation error
bounds. Red lines represent synthetic noise computed with uniform
variance, nonuniform diagonal, and full covariance matrix on top of
the stacked waveform for (a), (b) and (d), respectively. Red lines in
(c) show individual subsurface PRFs prior to stacking. . . . . . . . . 152
C.2 Comparison of MCMC results using different covariance matrices.
Synthetic subsurface PRFs from the same model as in Fig. 4.8 were
used. The covariance matrices were obtained from observations at
station BYRD. (a), (d) and (g) correspond to uniform variance; (b),
(e) and (h) correspond to a nonuniform, diagonal covariance matrix
assumption; (c), (f) and (i) correspond to a full covariance estimate.
(a), (b) and (c) show accepted velocity models from MCMC searches.
The ellipses are error ellipses represent 95% confidence interval
(outer) and 68% confidence interval (inner). The color scales for (a),
(b) and (c) are the same as that in Fig. 4.8. Marginal distribution of
crustal thickness are shown in (d), (e) and (f). Marginal distribution
of average crustal shear-wave velocity are presented in (g), (h) and
(i). Dashed lines indicate true values. . . . . . . . . . . . . . . . . . 153
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C.3 Synthetic waveforms of subsurface PRF processed using incorrect ice
thicknesses (a) and incorrect ice shear velocities (b) in the reference
model. The Vp/Vs ratio is fixed for (b). The velocity models are
perturbed based on the Ice-Crust-Mantle model (Table 1) in the
paper. Results for the correct ice model are shown at the middle
trace in each panel. . . . . . . . . . . . . . . . . . . . . . . . . . . . 154
C.4 Comparison of surface and subsurface PRF synthetic waveforms for
a range of crustal thickness using two layers in the ice. (a) Surface
PRFs computed using the model S1 in Table C.1. (b) Subsurface
PRFs downward continued to the base of the first layer of the ice
using the model S1. (c) Subsurface PRFs downward continued to
the base of the second layer of the ice using the model S1. (d) Same
as (c) but using the model S2 in Table S2 for downward continuation. 155
C.5 Comparison of surface (a, b) and subsurface (c, d) PRF synthetic
waveforms for isotropic (model S1) and anisotropic ice models (model
S1 with 4% Vp anisotropy and -6% Vs anisotropy in the second ice
layer with the c-axis in the vertical direction) using two bandwidths
Gaussian 1.0 (a, c) and Gaussian 5.0 (b, d). The anisotropic subsurface PRFs used synthetic waveforms from the anisotropic ice model
but downward continued with the isotropic model S1. . . . . . . . . 156
C.6 Effective subglacial shear velocities measured from synthetic waveforms using model S3 in Table C.3 with a series of different upper
crust thickness (a) and shear velocity (b). A Gaussian filter with a
width parameter of 1.0 was used. Numbers adjacent to curves in (a)
represent upper crust layer thickness of the true model. Numbers
adjacent to curves in (b) show upper crust shear velocity of the true
model. Gray lines indicate the effective subglacial shear velocities
that have minimum early arrival energy. The upper crust shear
velocity is fixed at 2.8 km/s in (a). The upper crust layer thickness
in (b) is fixed at 10 km. The estimated speed depends on the shallow
structure, but represents a vertical average of the material properties. 157
C.7 Similar to Fig. C.6, but use Gaussian filter with a width parameter
of 5.0. The upper crust shear velocity is fixed at 2.8 km/s in (a).
The upper crust layer thickness in (b) is fixed at 3 km. . . . . . . . 158
C.8 Prior distributions of crustal thickness and average crust shear-wave
velocity. Gray dots show crustal thickness of all the sampled velocity
models as a function of averaged crust shear-wave speed. Top and
right panels show the prior distributions. . . . . . . . . . . . . . . . 159
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C.9 MCMC search results processed using incorrect ice-layer properties.
The velocity models are changed based on Model S4 (Table C.4).
The format of the figure is similar to Figure 4.8b. (a) The reference
model has an ice thickness of 0.1 km smaller than the correct value.
(b) The reference model has an ice thickness of 0.1 km larger than
the correct value. (c) The reference model has an ice shear-wave
speed of 0.1 km/s smaller than the correct value. (d) The reference
model has an ice shear-wave speed of 0.1 km/s larger than the
correct value. Ice thickness uncertainty estimates are often less than
0.1 km. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
C.10 MCMC search results for signals from station QSPA. We consider
these results quality A. The predictions are slightly higher frequency
than the observations because of the limited number of model parameters, but generally fit the main features in the observations
well. The models are relatively consistent and the surface receiver
function fits are acceptable. . . . . . . . . . . . . . . . . . . . . . .
C.11 MCMC search results for signals from station SUMG. We consider
these results quality B primarily because the subsurface receiver
functions are relatively featureless. The signals suggest minimal
sharp seismic boundaries beneath the site including a gradual crustmantle transition. The surface receiver function fits are quite good,
but the signals come from almost all ice. . . . . . . . . . . . . . . .
C.12 MCMC search results for signals from station GM02. We consider
these results quality C since our fit to the subsurface receiver functions is poor for the initial part of the signal. The data may require
more detailed modeling of the ice-basement transition. The fit to
the surface receiver functions is not bad, but degrades with time Ð
this suggests lateral variation in the near-surface structure (ice or
shallow subglacial basement). . . . . . . . . . . . . . . . . . . . . .
C.13 MCMC search results for signals from station GM05. We consider
these results quality C since our fit to the subsurface receiver functions is marginal. The data may require more detailed modeling of
the ice-basement transition. The fit to the surface receiver functions
is not bad Ð the difference in frequency content suggests our shallow,
sharp boundaries overestimate the abruptness of the near-surface
material property changes. . . . . . . . . . . . . . . . . . . . . . . .
C.14 MCMC search results for signals from station N140. We consider
these results quality C. We do not fit the subsurface PRFs very well.
The fit to the surface receiver functions is reasonable. . . . . . . .
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C.15 MCMC search results for signals from station N215. We consider
these results quality C since our fit to the subsurface receiver functions fails to match the large amplitude signals. The fit to the
surface receiver functions is not bad. The difference in frequency
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abruptness of the near-surface material property changes. . . . . . .
C.16 MCMC search results for signals from station P061. We consider
these results quality B. The subsurface receiver functions are small,
but the major features are matched and the MCMC constraints
reasonably tight. The fit to the surface receiver functions is good,
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C.17 MCMC search results for signals from station SIPL. We consider
these results quality C because the subsurface receiver functions
are complex and the fits to the surface receiver functions are not
very good. Still, the long-period features are matched and the large
amplitude signals require a strong contrast between the glacial and
subglacial domains. The deeper parts of the model are less well
constrained. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
C.18 MCMC search results for signals from station E028. We consider
these results quality D because of the limited data available and large
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E.1 A screenshot of the dispersion viewer indicating its elements. A
dispersion map at 10 second and a dispersion curve are selected
as examples. (a) The Period Index slider bar that can change the
period of the dispersion map. (b) Interactive tools for the mapview plot include Tap (used to select a dot in the dispersion map),
Save, and Crosshair from left to right. The blue underline indicates
which tool is activated. (c) The dispersion map-view plot. Each
dot represents a grid point and colors indicate group velocity values.
A dot can be selected by a single click (or tap on touch screens).
The enlarged green circle shows the currently selected grid point.
Gray dots mean no data available. (d) A label to show the period
of the dispersion map that will change when a different period is
selected. (e) The color scale of the dispersion map that changes
with the period. (f) The Curve Index slider bar that can change
the location of the dispersion curve. (g) Interactive tools for the
dispersion curve plot include Pan, Box Zoom, Wheel Zoom, Save,
Reset and Crosshair. (h) The dispersion curve plot at the selected
grid point shows Rayleigh-Wave group velocities as a function of
period. The dispersion curve changes when a different location is
selected in the dispersion map. (i) Labels that show the latitude
and longitude of the dispersion curve. . . . . . . . . . . . . . . . . . 183
E.2 A screenshot of the model viewer indicating its elements. A depth
slice at 37 km and a 1D shear velocity profile are selected as examples.
(a) The Depth Index slider bar that can change the depth of the
shear velocity map. (b) Interactive tools for the map-view plot
including Tap, Save and Crosshair from left to right. (c) A depth
slice of the shear velocity map with gray boxes showing the grid,
colors representing shear velocities values and the green box shown
the selected grid point. (d) A label to show the depth of the shear
velocity map that changes with the Depth Index slider. (e) The
color scale of the shear velocity map that changes with depth. (f)
The Profile Index slider bar that can change the location of the
velocity profile. (g) Interactive tools for the profile plot including
Pan, Wheel Zoom (y-axis), Wheel Zoom (x-axis), Save, Reset and
Crosshair from left to right. (h) The 1D profile plot at the selected
grid point on the shear velocity map. The profile changes when a
different grid point is selected. (i) Labels to show the latitude and
longitude of the 1D profile. (j) Buttons to download the selected
1D profile in two formats, a simple text and the model96 format. . . 184
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Chapter 1 |
Introduction
1.1 Introduction
Despite years of important advances, our knowledge of Earth subsurface structure
and earthquakes remains insufficient to answer all important geological questions,
even fundamental questions such as what is the correlation between the surface geology and subsurface structure, what factors control the occurrence and distribution
of intraplate earthquakes, and how do earthquakes rupture within complex fault
systems. To attack these questions, we must improve our estimates of subsurface
structure and earthquakes. Our images of Earth’s subsurface are far from complete
and are mostly reliable over relatively broad spatial scales. Due to limited seismic
stations (especially in oceans), our earthquake catalogs for the oceans are less accurate and less complete than those for all but the most remote continental regions.
Fortunately, our data continues to increase and advances in data processing have the
potential to increase the resolution of subsurface images and improve the accuracy
and completeness of earthquake catalogs. In this thesis, I explore three topics, the
two common applications of seismology, the investigation of earth structure and
analysis of earthquake patterns; and the application of multi-objective approaches
to geophysical inverse problems.

1.2 Earth Structure
Seismic techniques are the primary tools used for imaging Earth’s subsurface.
Constrained by limited station coverage, early Earth structure studies either focused
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on the axis-symmetric reference models (e.g. [14,15]) or subsurface structure changes
at sparse locations. Active-source surveys in the 20th century led to rough global
crustal structure maps with a resolution generally on the order of 500 km [16]
(with some exceptions in well-sampled regions). Updates of the global crustal
maps led to higher resolution [17] crustal models. However, due to the uneven
data coverage and differences in data processing, the models remain less accurate
than we need to address many geological problems. The deployment of USArray
transportable array (TA) with a roughly uniform 70-km seismic station spacing
provides an opportunity to study subsurface structure with good resolution across
an extended region. Although 70-km is still sparse for crustal details, the high
quality of the data provide a new opportunity. Plentiful, high-quality observations
also lead to many new techniques such as ambient noise tomography (e.g. [18]) and
wave gradiometry (e.g. [19]) and array-based, inter-station smoothing that can be
used to isolate first-order structure signals from scattered noise [20].

1.3 Earthquake Parameters
Earthquake parameters such as location, depth, and magnitude are fundamental
to seismic studies. Accurate and precise estimates of these basic parameters
reduce uncertainties in practically all earthquake-based investigations. Moreover,
reliable earthquake catalog improves our knowledge of earthquake rupture and
aftershock processes. In turn, our estimates of seismic hazard can be improved.
Due to limited seismic station available, oceanic earthquakes have been less-well
documented. Traditional P-wave based travel-time location estimates usually
do not have sufficient precision to identify specific structures involved in remote
oceanic strain release. For moderate-magnitude events longer-period waveforms
can contribute some of the needed precision. The large amplitude and relatively
slow propagation velocity make surface waves a reliable alternative for oceanic
earthquake investigations [21].

1.4 Multiobjective Inversion
Inferring model parameters such as seismic wave speed changes and earthquake
locations from observations is an inverse problem. Multiobjective inverse problems
2

exploit multiple types of observations to estimate earth or earthquake properties.
Combining multiple types of observations has several attractive advantages. Integrating different observations can reduce the non-uniqueness that is common in
geophysical inversion if the different types of observations are sensitive to different
components of the model parameters. Combining such observations can increase
overall sensitivity. Even when the data are redundant and constrain similar parts
of the model, different noise structure in different data sets can lead to better
constrained model properties. One the other hand, when different data sets data
average model properties differently, approximate models can result in data inconsistencies. Care and geologic intuition still plays an important role in multi-objective
approaches.

1.5 Chapter 2: Inverting Interpolated Receiver Functions with Surface-Wave Dispersion and Gravity
In Chapter 2, we introduce a receiver function smoothing/interpolation technique
that can reduce scattering noise in the receiver function wavefield. The smoothed
receiver functions are inverted with Rayleigh-wave group velocity and Bouguer
gravity observations for a 3D shear velocity model of the western United States
and adjacent Canada and Mexico. The resulting model is consistent with previous
studies and suggests smoothed receiver functions are suitable for the simultaneous
inversion. The initial inversion code and receiver function downloading scripts
were developed by Charles Ammon. Surface-wave dispersion observations were
provided by Robert Herrmann. Charles Ammon and Monica Maceira helped in
the interpretation of the results. Charles Ammon, Monica Maceira and Robert
Herrmann also helped in writing the paper. This chapter has been published in
Geophysical Research Letters [20].
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1.6 Chapter 3: Crust and Upper Mantle Structure
beneath the Eastern United States and the Northern
Mississippi Embayment
In Chapter 3, we apply the 3D simultaneous inversion to the eastern U.S. and the
northern Mississippi embayment region. In addition to smoothed P-wave receiver
functions, Rayleigh-wave group velocities, and gravity observations combined for
the western U.S. investigation, we also included Rayleigh-wave phase velocity
measurements. Our velocity model is again similar to recently produced 3D models
and we present some detailed comparisons with the results of other techniques. We
also explore the relationship between the distribution of seismicity and subsurface
velocity variations. The software used for the results of this chapter was based
on the code from Chapter 2. This chapter will be submitted for publication and
include more details of the methodology than those provided in the relatively
short paper (with lengthy supplements) published on the western U.S. Robert
Herrmann provided surface-wave dispersion observations. Charles Ammon and
Monica Maceira helped in writing the paper.

1.7 Chapter 4: Estimating Subglacial Structure Using P-Wave Receiver Functions
In Chapter 4, we processed subsurface P-wave receiver functions at ten ice-covered
stations using wavefield downward continuation and decomposition. The resulting
subsurface P-wave receiver functions were inverted for structural parameters and
their uncertainties using Markov Chain Monte Carlo searches. The approach is new
and includes correlated noise estimates in the inversion, which is not unique, but also
not common in receiver function analysis. A Python script used for receiver function
downloading was initially developed by Charles Ammon. Charles Ammon helped in
the interpretation of the results. Charles Ammon, Sridhar Anandakrishnan, Cristo
Ramirez and Andrew Nyblade helped in writing the paper.This chapter has been
published in Geophysical Journal International [22].
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1.8 Chapter 5: Aftershock locations of the 2012 Sumatra Earthquake Sequences
In Chapter 5, we describe our efforts to relocate moderate-size aftershocks of the
2012 off-Sumatra earthquake sequence using surface-wave cross-correlations. K.
Michael Cleveland provided the initial code for data processing. Jonas Kintner
helped in the analysis. Charles Ammon did initial statistical analysis on USGS
NEIC catalog. Charles Ammon and K. Michael Cleveland helped in writing of the
paper. This chapter will be submitted for publication.

1.9 Appendix E: Dynamic Visualization of Complex
Seismic Data and Models
Appendix E is also planned to be submitted for publication as a short note on
scientific visualization. Charles Ammon helped in the writing of the paper. Monica
Maceira and Robert Herrmann provided useful suggestions. Robert Herrmann
provided surface-wave dispersion measurements.
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Chapter 2 |
Inverting Interpolated Receiver
Functions with Surface-Wave
Dispersion and Gravity: Application to the western US and
adjacent Canada and Mexico
2.1 Introduction
A simultaneous inversion of multiple, consistent and complementary data sets is
an ideal way to image Earth’s interior. Constraints from complementary data
are generally easy to merge and the result is more robust. These ideas have been
illustrated by investigators who have produced estimates of the lithospheric structure
by combining P-wave receiver functions (RFs) and surface-wave dispersion [23–28].
For large data sets, combining data can require a laborious examination of the RFs
or sophisticated stacking approaches that may or may not be effective, depending
on the ray-parameter and azimuthal coverage in the receiver-function collection. RF
signals are often variable and at times it is difficult to be sure that an underlying
simple component of the signal exists. Small additions to a simple crust-mantletransition-dominated RF can introduce vertical structural complexity that is as
intriguing as it is difficult to validate. This is especially true for broader-band RFs,
where short-period variation with incidence angle and azimuth can be dramatic. A
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second issue that has been difficult to address is the difference in spatial sampling
of the receiver-function and surface-wave data. Surface waves produce broad, lowwavenumber constraints on lateral variations in the structure but RFs are sensitive
to the higher wavenumber features of the structure. Though the combination for
vertical resolution is ideal, the sensitivity difference is not ideal when we look at
how each signal averages the lateral structure [24]. Intermediate- and long-period
surface waves laterally average heterogeneity (particularly when they are from
smoothed tomographic inversions); RFs are relatively localized observations [29–31].
This can create an incompatible pair of observations.
To explore these issues, we examined observations from the Transportable Array
(TA), an ideal laboratory to explore the potential of seismic methods to image
the subsurface by providing a more or less uniform sampling of the structure and
the seismic wavefield. TA P-wave RFs from western US are used to construct a
receiver-function wavefield interpolation scheme that helps to equalize the lateral
sensitivity of the RFs and the surface-wave dispersion, and that greatly simplifies the
complexity in the RFs. Poorly sampled, difficult-to-interpret back-azimuthal variations are suppressed, and receiver-function estimates from several ray-parameter
ranges, which provide additional information on the seismic structure beneath the
station, are stabilized. We sacrifice spatial resolution for a more self-consistent,
smoother model, which has great value as a starting point for more detailed analyses of un-interpolated RFs to extract information on sharper geologic boundaries,
anisotropy, etc. The teleseismic P wavefield can be directly interpolated [32], but
the interpolation of RFs is easier to process. Interpolated RFs may result in simpler
velocity models compared with other methods. Our model is generally consistent
with published structural images based on multiple (but not identical) data sets.

2.2 The Receiver-Function Wavefield of Western North
America
The Fig. 2.1 is a map of the stations employed in our analysis. We used all the TA
stations for which stable receiver-function estimates [33] were possible, and included
several other networks (see Table S1). Using events with recorded magnitude mb
> 5.7 (during station operation times) at epicentral distances from 30-100◦ , RFs
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were calculated at 1093 stations using the time-domain iterative deconvolution
algorithm [34], with a Gaussian filter of 1.0 and 2.5 (corresponding to pulse widths
of 1.67 and 0.67 s at half the maximum, respectively). We excluded RFs that
originated from seismograms with signal-to-noise ratios (measured using the P-wave
signals) less than 10 and that corresponded to convolutional misfits less than 85%
of the radial-component signal power. In a traditional approach, we would stack
RFs at each station and perform an inversion for the subsurface shear-wave speed
variations. Instead, the RF information was simplified by spatially interpolating
and smoothing the P-wave receiver-function wavefield. Although interpolation is a
natural consideration for simplifying observations, motivation to interpolate the
wavefield comes from a holistic examination of the P-wave RF response, which shows
broad regions of correlation in the signals (Fig. 2.1 and Movie S1). Superimposed
on the spatially broad variations are smaller wavenumber (often single-station),
large-amplitude fluctuations that complicate the analysis of the first-order features
in the receiver-function response (Fig. 2.1). The deeper mantle conversions in the
RFs are also simplified by interpolation. Though our focus is the shallow responses
(-5 to 40 s), the interpolation works for deeper signals.

2.3 Receiver-Function Interpolation and Smoothing
Our interpolation approach is straightforward, produced by sample-by-sample
interpolation of the observed wavefield. Consider a particular location of interest
(LOI) within the study region. For each nearby station, all available receiverfunction measurements are binned into three ray-parameter ranges, corresponding
to values larger than 0.07 s/km, between 0.05 and 0.07 s/km, and smaller than
0.05 s/km, respectively. Station binning equalizes the importance of the nearby
stations, accounting for differences in the number of observations at each station.
Long-deployed stations produce thousands of useable RFs, but the observations
at a majority of TA stations produce dozens due to the limited operation period.
For each ray-parameter range, the RF at the LOI is computed from a weighted
average of all the station-centered waveforms within a specific distance, d2 , from
the LOI. Each RF is weighted to give more importance to stations closest to the
LOI. Weights for signals recorded within a distance d1 was 1.0, while those located
between the distance d1 and the distance d2 of the LOI decreased linearly from
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1.0 to 0.0 across the range from d1 to d2 . An interpolated RF was computed by
summing the weighted, binned RFs and normalized by the sum of the weights. The
distance ranges can be chosen considering the station spacing and the amount of
smoothing desired. For the TA (∼ 70 km station spacing), d2 was set to 250 km so
that normally 30-52 stations are used to interpolate and smooth each RF. These
distances were selected empirically to match the spatial coherence observable in the
unsmoothed receiver-function wavefield. Usually, 8-24 stations are located within
the distance of d1 , 150 km. If a d2 of 110 km (d1 of 80 km) is chosen, typically 6-11
stations are used to generate a RF producing a wavefield that includes more power
in the higher wavenumbers, which is often due to shallow, localized structure. An
interpolated RF is generally calculated from thousands of waveforms compared to
dozens for the simple stack at a normal TA station, which increases the signal-tonoise ratio significantly (suppressing spatially incoherent components of the signal)
and allows us to construct RFs in three ray-parameter ranges.
A time-slice of the interpolated response for the intermediate ray-parameter
range is shown in Fig. 2.2. As expected, interpolation produces a broad average
of the RF response, smoothing over sporadic fluctuations in the wavefield, and
smoothing across sharp boundaries in the ground deformation. Variation in the
wavefield complexity changes directly with the chosen values of smoothness control
parameters (d1 and d2 ). Interpolation and smoothing can be adjusted to enhance
the well resolved low wavenumber components of the receiver-function wavefield
(Fig. 2.2). The spatially correlated anomalies in the interpolated receiver-function
wavefield are comparable to those in the surface-wave observations from ambient
noise tomography [35]. Synthetic tests and 1D inversion results show receiverfunction interpolation suppressed noise and potential scattering artifacts (see
Appendix A and Fig. A.6-A.9). The value of the interpolation parameters shows
the lateral extent of anomalies that can be extracted. Ideally, we should start the
analysis of the RFs using large interpolation parameters and gradually decrease the
interpolation parameters . Although we apply the method to a large network, in
Appendix A and Fig. A.10-A.11 we show how this approach can extract average
responses from smaller networks with adjustments to d1 and d2 . We expect
our method to be successfully applied to existing and future network data. The
interpolation distances should be based on station spacing and assumed scale of
heterogeneity.
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The effectiveness of the interpolation scheme is illustrated using12 RFs from
north-central Nevada (stations in the box in Fig. 2.1). Stacked and interpolated
RFs for stations M08A-M10A, N08A-N10A, O08A-O10A and P08A-P10A are
shown in Fig. 2.3. The interpolated RFs were computed by combining RFs
within 250 km distance of the station using weights described above. The simple
stacks show dramatic variations across the region that we suspect is most likely
associated with near-surface variations in this small section of the Basin and Range
(BR) province. The smoothing effect is obvious for TA stations P10A and P08A,
but even the smaller-amplitude signals on the other waveforms are simplified by
interpolation. Where the stacks are simple, they are similar to the interpolated
RFs, providing confidence that the interpolation worked to extract the common,
deeper structural features in the RFs. The net result is an enhancement of arrivals
most likely associated with the crust-mantle transition and other first-order features
(velocity contrasts) in the crust and uppermost mantle. The change in signal
amplitudes is relatively small for these Gaussian 1.0 observations. Interpolation
can have a stronger effect on the amplitude of the broad-band (Gaussian 2.5)
converted phases and multiples, that vertically smoothes the resulting shear-wave
velocity model. Finally, the RF interpolation allows us to estimate receiver-function
measurements at any location within the densely sampled region of stations (similar
to an independent study [36]). To simplify the 3D shear-wave speed inversion, the
wavefield was interpolated to an evenly sampled grid with one-degree spacing.

2.4 Inversion for 3D Shear Wave Speed Variations
To estimate the subsurface shear-wave speeds beneath the study region and demonstrate the compatibility of the interpolated RFs with other data, we inverted
the interpolated receiver-function wavefield, Rayleigh-wave group velocities in the
period range from 7 to 250 seconds, and wavenumber-filtered Bouguer gravity
observations. The Rayleigh wave group velcities are a blend of observatoins from
Herrmann et al’s [35] short-period observations and the intermediate- and longperiod observations from Ekström [37]. The surface-wave data were blended across
the period range from 25 to 80 s to cover a total period range from 7 to 250 s,
adjusting cells with discrepancies individually. Gravity observations were obtained
from Balmino et al. [38]. RFs windowed between -5 to 40 s for Gaussian 1.0 and
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between -5 to 10 s for Gaussian 2.5 (in the region of the TA) were used to constrain
the resulting model. The study region was divided into 900 1◦ -by-1◦ size cells
and a one-dimensional, isotropic shear-wave speed model was estimated for each
cell. A linearized discrete geophysical inversion was used with smoothness-based
stabilization (developed from [39] and [24]). We included vertical smoothness constraints that increase with depth, and require that the model approach an a priori
model (see Acknowledgements). A Laplacian based lateral smoothing that does
not smooth across the ocean-continent boundary is used to allow a sharp change
in material properties across this well-defined feature. Partial derivatives for the
RFs [40] and surface waves were computed using finite-difference approximations
and the gravity derivatives were computed using the equations from [41]. The
Vp/Vs ratio was fixed throughout the inversion (inherited from the initial model).
To avoid mapping broad, possibly dynamically caused features in the western US
gravity field into density and shear-wave speed variations, we high-pass wavenumber
filter the surface-gravity measurements with a simple box-car filter with a width
of four cells (∼440 km). We use the density-shear-velocity relationship employed
by [39], which integrates an empirical relation appropriate for sedimentary rocks [42]
with a linear relationship from [43] that is more applicable to denser rocks. The
relationship may need adjustment to extract details in the shallowest regions of
sedimentary basins, but the results are reliable to first order. Gravity constraints
are only included in the central part of the model since we include a four-cell
boundary to avoid edge effects in the gravity calculations (Fig. A.1). Inversions
with and without gravity were performed to test the sensitivity of the results to
the gravity data. For the most part, gravity induces only slight changes (0.05 km/s
or less) in the near-surface shear wave speeds. The region of greatest shear-velocity
change (roughly 0.1 km/s) is located just off the coast of California, in the area
where the gravity change is maximal and both the data and smoothness constraints
are minimal. Where available (generally within the TA region), we included six
RFs for each cell, including two Gaussian width parameters (1.0 and 2.5) and the
three ray-parameter ranges described previously.
The inversion started from the initial model based on Crust Model 1.0 [17].
Velocities at depth were initialized with the AK135 velocity model [15]. Since flatearth codes were used to compute dispersion, the initial model was flattened using
the formulas from [44] with a slightly modified density transformation exponent
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(2.275, Harkrider, personal communication; Appendix A). The inverted model
was unflattened accordingly for interpretation and easy comparison with other
published spherical-earth models. In areas that contain relatively simple structures,
the inversion of both data is relatively simple, however, our experience suggested that
the RF inversions in regions of large near-surface low-velocity regions (e.g. the Gulf
Coast Basin, GCB, the Williston and Denver Basins, WDB) converged more easily to
geologically reasonable models after an initial fit to only the dispersion. So our initial
inversion omitted RFs from the regions of thick and dramatic sedimentary structure
(e.g. the GCB, the WDB). This approach allowed the dispersion observations
to adjust the initial model into the correct region of model space after which an
inversion that included all the data in each cell was followed.
The inversions included two sets of four-iteration inversions (the second set is for
gravity observations and the step-wise inversion of regions with thick sedimentary
basins describe above). The final model is selected according to the misfit from
over 200 sets of inversions using different inversion parameters. In each inversion
the convergence was rapid for the first iteration and then more gradual. Variance
reduction values for the RF, dispersion and gravity were roughly 55%, 81%, and
93%. The reductions are of course dependent on the reference model. About 98%
of the dispersion misfits are within 0.2 km/s, improved from 7% for the initial
model; and 92% of the receiver-function misfits are within 60% of the signal power,
comparing to 11% of the initial misfits. An inversion with only dispersion and
gravity observations produced variance reductions of 80%, and 94% respectively,
adding the RFs little affects the fit to the other data (the same is true for stacked
RFs). The numbers help summarize the fits, but we also examined each RF and
dispersion curve fit visually and the fit improvement is significant. All the fits
were generally good, although some systematic variations are notable. Predicted
short-period RFs in regions of thick sedimentary sequences contained more detail
(different from unsmoothed RFs) than is visible in the data, which we attribute
to not accounting for attenuation or lateral structure in the near surface. Fitting
signals near the Gulf Coast was problematic with simple 1D velocity structures.
We leave exploration and exploitation of these details for more geographically
focused future efforts. The variance reduction in a similar inversion with stacked
RFs was 51%, and the fits were noticeably (visibly) poorer. We do not provide a
detailed analysis of uncertainty, which is much more difficult to estimate given the
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integration of tomography observations from several studies, gravity observations,
RF smoothing, and theoretical assumptions used in the modeling. Our experience
based on multiple inversions and forward-modeling suggests that the general trends
are reasonably resolved and that the speeds are likely within 0.1-0.2 km/s of the true
values (accounting for the spatial averaging performed by the data and modeling
assumptions). In the basins, the need for assumed velocity-density and Vp/Vs ratios
increases the velocity uncertainty. Since our focus is on the benefits of RF spatial
interpolation, we leave these important assessments for the future, but note that
we have confidence in the first-order variations in the subsurface reconstruction.

2.5 Discussion
The inversion results are summarized with depth slices and shown in a summary
profile format in Fig. 2.4. After many decades of effort, much is known about the
subsurface beneath the active tectonic region of North America and the transition
to the Great Plains. Examination of the model demonstrates that to first-order, our
model is consistent with those of other researchers [27,45–48]. The basins are nicely
imaged and the main crustal features are visible. Structures nearest the surface
rely on more sparse observations which requires the need to smooth at the shortest
periods. The well-known first-order variations in the uppermost mantle are apparent
(controlled directly by the long-period dispersion and only indirectly by the RFs,
which primarily sharpen the crustal structure). The interior of North America is
fast, the western tectonic regions slow. More subtle regional variations become
apparent with a more detailed analysis of the velocity structures. In particular,
low shear wave speeds are seen in the mid-crust under the BR, as well as beneath
northern coastal California, northern Idaho, Oregon and the Rio Grande rift. In
the middle to lower crust, we see low velocities beneath the Aspen Anomaly [49],
the San Francisco Peaks, the Cascade Range and the northwestern BR. Near Moho
depths of 38-40 km we see low velocities beneath the Rocky Mountains, Colorado
Plateau (CP) and the Snake River Plain indicating thicker crust for those provinces.
Low velocities beneath the Cascade Mountains likely reflect warm temperatures
and/or crustal thickening. To the south of the CP, beneath the southern BR, we
see higher than average velocities indicative of the thinner crust in that region. A
broad upper-mantle low-velocity region resides beneath northern Nevada in depth
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range from about 60 to 80 km.
An automated cluster analysis was used (based on Euclidean length, similar
to [50]) to separate the 1D shear-velocity profiles into clusters of similar earth
structure. The clustered models are shown in Fig. 2.4 (the corresponding spatial
distribution of the clusters is shown in Fig. A.4). Small clusters and oceanic clusters
were merged with nearby clusters to focus on first-order features. Profiles within
a cluster are sorted from north to south by row, and from west to east in a row.
The clusters correlate strongly with known geomorphic/tectonic provinces with
smoothing across the boundaries and blurring of some of the smaller provinces and
transitions that are hard to resolve with one-degree cells. The oceanic profiles are
arranged by increasing ocean age which shows the expected difference between the
Pacific and Juan de Fuca plates, but our resolution of detailed structure in the
oceans is severely limited so we offer little interpretation.
The results are rich in detail, but many of the features in the western United
States have been noted earlier, so we avoid specific, detailed discussions. But the
consistency of the results with analyses from decades of research provides confidence
in the 3D structure as a robust model of the first-order variations in the crust
and upper mantle structure beneath the region. Some general patterns include
the suggestion that the lower crustal wave speeds in the northern BR are slightly
lower than those of the southern BR, and the crustal thickness is less to the south.
The upper mantle beneath the two regions is comparable, with the base of the lid
roughly located at a depth of 60-70 km (agrees with [51, 52]). The CP crust is
thicker, with lithosphere more similar to regions to the west such as the Southern
BR than the Rocky Mountains and Great Plains to the north and east, which
suggests a modification of the mantle lid within the region [53, 54]. The Columbia
River Plateau has relatively low upper crustal speeds, a typical lower crust and
an upper mantle that is faster to the region to the south, but slower than that
beneath stable North America to the east. Near-surface sedimentary structures
are substantial beneath the WDB. Although our model for the bulk crust beneath
the Williston Basins seems reasonable, the RFs include long reverberations that
make seeing the deeper details difficult. Forward modeling of the signals does
suggest that the area is not underlain by a sharp crust-mantle transition, which
would create multiple arrivals in the RF that are not visible in the observations.
As expected, the cratonic regions are underlain by uniformly fast mantle and have
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thin regions of relatively low speeds (sedimentary cover) near the surface.

2.6 Conclusions
The key idea presented in this paper is that using wavefield interpolation we can
simplify the receiver-function wavefield to have a similar wavenumber sensitivity as
seismic dispersion and gravity observations, which allows us to construct a reliable,
smooth 3D model of the subsurface. Waveform interpolation uses information from
nearby-stations to reduce scattering effects in single-station RFs and increases the
sampling of the wavefield with incidence angle (ray parameter). Sacrificing resolution
for consistency helps construct a model with a better balance in sensitivity to lateral
heterogeneity and it is likely to be a better starting place for more sophisticated
fully 3D inversions [55, 56]. To some extent, the smoothness constraints of any
practical inversion scheme must perform a similar smoothing procedure to produce
a compromise fit to the different data sets, which would show in a simulation of the
RFs using the inverted model. The resulting smoothed model provides a framework
for more detailed work in regions of interest with reliable broadband constraints. The
reduction of RFs provides opportunities for including these simple observations with
more complete inversions including regional and perhaps teleseismic waveforms.
The 3D shear-wave speed constructed with the interpolated wavefield strongly
correlates with many ideas of western US structure and represents a valuable
starting point for more detailed regional and more fully 3D seismic investigations.
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Figure 2.1: Map of the study region and the station locations (black dots) used
in the receiver-function wavefield interpolation. Stations in the red box identifies
stations explored in Fig. 2.3.
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Figure 2.2: Time slices at time 3.8 s from the receiver-function wavefield in the
western US and adjacent Canada. Each circle represents a seismic station at
which we have computed a stacked RF. The color indicates the amplitude of the
receiver-function stacked at each station (left) or the interpolated value of the
receiver-function wavefield (right). Inset shows the stack of all RFs and the red
line shows the location of the time slice, which was chosen to show the structure
near the time of the Ps converted phase arrival from the crust-mantle transition
region. The interpolation parameter d1 of 150 km and d2 of 250 km were used for
the right pannel.
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Figure 2.3: Stacked and interpolated RFs for TA stations M08A-M10A, N08AN10A, O08A-O10A and P08A-P10A from central Nevada (see red box in Fig. 2.1
for station locations). The interpolated RFs were computed with the binned RFs
within 250 km distance of the station using weights according to the distance from
each station. Mid-range ray-parameter bins with Gaussian 1.0 are shown for the
interpolated RFs. The simple stack use all RFs with Gaussian 1.0. The amplitude
scale is the same for all waveforms.
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Figure 2.4: Earth-model clusters constructed using a Euclidean distance metric.
The clusters correspond well to the known geomorphic/geologic provinces in the
western United States. Westernmost regions are shown on the left, regions from
the interior of North America towards the right, and oceanic regions are on the
first left (sorted by ocean age). Velocity profiles within the cluster are sorted from
north to south by row (like lines in a book). The large cell size prohibits resolution
of small provinces, but the rough correspondence of the clusters to geologic regions
are (1) Oceanic; (2) Gulf of California region; (3) NW Pacific Coast-Range System;
(4) Northern Basin and Range; (5) Southern BR Region; (6) Colorado Plateaus;
(7) Columbia River Plateau Region; (8) Northern Rocky Mountains; (9) Middle
and Southern Rocky Mountains; (10) Great Plains; (11) Williston and Denver
Basins; (12) Canadian Craton; (13) Gulf Coast Basin. The spatial distribution of
the clusters is shown in Fig. A.4. The dendrogram is included in Fig. A.5.
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Chapter 3 |
Crust and Upper Mantle Structure beneath the Eastern United
States and the Northern Mississippi Embayment
3.1 Introduction
The eastern United States has a long and complex geological history that includes
at least two episodes of continental collision and breakup. The eastern part of
North America grew from the continent’s Archean core through arc and continental
collisions in the Early-Middle Proterozoic [57]. The resulting supercontinent Rodina
broke up during the opening of the Iapetus ocean in the Late Proterozoic [58].
Renewed plate convergence and episodic terrane accretion formed the supercontinent
Pangea during the Paleozoic and the early Mesozoic [57, 59]. The opening of the
Atlantic Ocean started in the Triassic-Jurassic [60]. The east coast became a passive
margin around 180 Ma [61]. Several stages of rifting modified the passive margin
(e.g. [57]). With the exception of first-order observations of a relatively fast upper
mantle, the relationship between the geological history and subsurface structure is
still not well known.
Though the eastern U.S. is naturally less seismically active than western U.S.,
several intraplate seismic zones including the New Madrid seismic zone (NMSZ),
the Wabash Valley seismic zone (WVSZ), the South Carolina seismic zone, the
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Central Virginia seismic zone and the West Quebec Seismic Zone (WQSZ) seismic
zone show localized seismic activity in the passive margin. Three great-to-major
earthquakes (Magnitude 7-to-8) stroke the New Madrid seismic zone in 1811-1812
and caused severe damage [62]. Paleoseismic studies suggest that at least two
large earthquakes occurred thousands of years prior to 1800 [63]. Past destructive
earthquakes and slow deformation [64] provoke debate over the seismic hazard
assessment [65]. The mechanism of stress concentration that is proposed to have
caused these large events is unsolved. Some geodynamic models predicted the stress
concentration in the seismogenic zone [66, 67]. However, the assumed structural
models differ significantly due to poor images of the subsurface. Detailed structure
images beneath the eastern U.S. are required to answer outstanding questions such
as what factors control the occurrence of intraplate earthquakes.
The deployment of EarthScope USArray Transportable Array (TA) provided
unprecedented station coverage in the eastern U.S. For more than 10 years, TA has
crept continuously across the U.S. and collected seismic observations at nearly 2000
unique locations. With a nearly uniform station spacing (∼70 km) and high-quality
sensors, the array was designed to improve our understanding of subsurface structure.
Local seismic arrays such as the New Madrid Cooperative Seismic Network and the
Northern Embayment Lithosphere Experiment (a USArray Flexible array) increase
the data resolution at areas of interest. To better utilize the improved data coverage
and compare the subsurface structure across a broad region, we investigate the
subsurface structure beneath the eastern U.S. with a model parameterization that
suitable for TA stations. We use those results as an initial model for a local study
in the northern Mississippi Embayment (NME), imaged with more detail. Dense
station coverage provides us a great opportunity to develop new techniques for
processing recorded data.
Even with dense seismic networks, tightly constraining subsurface 3D geologic
variations is a challenge. But the seismological community has worked for decades
with fewer data to extract information valuable enough to steadily advance our
understanding of the lithosphere. P-wave receiver functions processed from teleseismic P-waves provide us a way to repeatedly sample subsurface structure beneath
seismic stations as source-side effects are removed by deconvolution [29]. In order
to extract detailed subsurface structural parameters from receiver functions, an
inversion is often used to estimate model parameters from receiver function obser21

vations. The inversion of receiver functions is non-unique [30], but incorporating
complementary observations has shown to ease the non-unique problem and improve the sensitivity [20, 23–25, 68, 69]. Construction of 3D models adds additional
complexity. Different data sets may average 3D heterogeneity differently, making
one-dimensional models that fit all the data difficult to construct. For example, 3D
scattering in receiver functions can introduce hard-to-identify high-wavenumber
artifacts during an inversion. An often used and generally successful approach to
reduce these effects is to target smooth earth models that represent averages of the
true structure. We use a receiver function smoothing/interpolation technique [20]
to reduce the scattering noise in the data prior to the inversion to avoid mapping
noise into artifacts. Simultaneous inversion using smoothed receiver functions have
produced reliable images of subsurface seismic velocity variations.
We simultaneously inverted smoothed/interpolated P-wave receiver functions,
Rayleigh-wave phase and group velocity measurements, and Bouguer gravity observations for subsurface structure beneath the eastern U.S. and the NME using linearized
uniform-cell-based 3D inversions. Compared with recent studies (e.g. [70–72]), we
used a wider period range for surface-wave dispersion observations, included longer
receiver function signals, and reduced scattering noise in receiver functions through
smoothing. We describe the procedures used to process each observation type in the
next section. Details of the receiver function smoothing/interpolation technique are
discussed in the following section and are followed with a description of the theory
and processes for the simultaneous inversion. The fits to each type of observations
are illustrated in a separate section to show and important component of the quality
control applied to our results. We finalize with a discussion on the resulting 3D
shear-wave velocity models - we compare the model with recently published models.
The relationship between seismicity and subsurface structural variations is also
explored.

3.2 Observations
We use three types of geophysical observations to image the subsurface structure
including P-wave receiver functions, Rayleigh-wave dispersion measurements and
Bouguer gravity observations. The receiver functions were computed using observations from about 1700 seismic stations operated within the broad, eastern U.S. and
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about 200 stations deployed within the NME region (Fig. 3.1).

3.2.1 Receiver Function Observations
P-wave receiver functions were processed using teleseismic waveforms recorded
at TA, the New Madrid Cooperative Seismic Network, the Northern Embayment
Lithosphere Experiment and many other seismic networks. Seismic events with a
body-wave magnitude mb larger than 5.7 during station operation times and at
epicentral distances from 30 to 100 °/, were selected to avoid P-waveform interference with upper mantle triplications and the core shadow zone. We downloaded
three component P-waveforms along with metadata for these events from the Data
Management Center of Incorporated Research Institutions for Seismology (IRIS
DMC). The seismograms were rotated to the radial-transverse-vertical system from
the original north-east-vertical recording coordinates. P-wave receiver functions [29]
were obtained by deconvolving vertical component from the radial and transverse
components using the time domain iterative deconvolution algorithm [34]. Gaussian
filters [31] were used in the deconvolution process to limit the bandwidth of the receiver functions and preserve absolute amplitudes of receiver functions. Specifically,
we computed receiver functions with a Gaussian filter of 1.0 and 2.5 that correspond
roughly to pulse widths of 1.67 and 0.67 s at half the maximum, respectively. Based
on experience processing hundreds of thousands of receiver functions in the western
U.S region (e.g., [20]), we know that many receiver functions processed from even
high-quality stations are quite noisy. In order to separate signals from noise, we
used programmable waveform selection criteria. Other waveform selection criteria
have been used by previous studies (e.g., [73]), but visual examinations of our
receiver function waveforms confirm that these three criteria are sufficient to remove
problematic receiver functions from the data. First, receiver functions with signalto-noise ratios (measured using the P-wave signals) less than 10 were discarded.
Second, since the deconvolution can be unstable, we reject receiver functions with
convolution fit less than 85%; the convolution fit is computed as a signal power
ratio between the radial component and a convolved signal of receiver function
and the vertical component. Even with these relatively strict criteria, occasionally,
some problematic receiver functions (e.g. unusual large amplitude, wrong polarity,
low-frequency noise) could pass through and influence our observations. To identify
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these signals, we compute the signal difference of each receiver function with respect
to the single-station averaged waveform to further clean up our receiver function
data set and exclude receiver functions with signal difference larger than 300% of
the stacked waveform signal power. The distribution of receiver function signal
differences follows the extreme value distribution for both the eastern U.S. data set
(Figure 3.2a) and the Northern Embayment data set (Fig. 3.2b), which suggests a
small portion of receiver functions is significantly different from the single-station
averaged receiver functions. The accepted receiver functions were then binned into
three ray parameter bins (smaller than 0.05 s/km, larger than 0.07 s/km and in
between) for both Gaussian 1.0 and 2.5 receiver functions. Therefore, we have six
receiver function waveforms at each station when data are abundant.

3.2.2 Surface-Wave Dispersion Observations
We used both Rayleigh wave group and phase velocity observations in the simultaneous inversion. We avoid Love waves to minimize complexity that may arise from
anisotropy. Our results are thus an approximation of the potentially anisotropic
Earth. Surface-wave dispersion observations from two studies are blended to combine the short period dispersion values from Herrmann et al. [35] and longer period
dispersion observations from Ekström [37]. The short period dispersion observations
were measured using both earthquake signals and ambient noise cross-correlations.
The measured dispersion observations were localized to grid points through a surface
wave tomography (e.g. [35, 37]). A dispersion model from the tomography used
a 1° -by-1° grid with a node at the center of each cell. Only the dispersion data
corresponding to cells with good ray path coverage were used. We adopted the
following formula from Maceira et al. [39] for a smooth blending of the dispersion
curves.
s(T ) = cos2 φ s2 (T ) + sin2 φ s1 (T )
in which

(3.1)

π 1 + tanh[(T − Tc )]
(3.2)
2
2
In the expressions above, s(T ) is the blended dispersion value (group and/or
phase speed). T is the period, s1 (T ) is a value from the long-period dispersion
tomography [37], and s2 (T ) is a value from the short-period dispersion tomography
φ=
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[35]. φ is a control parameter that is a function of Tc and .  is set equal to 0.5. Tc
is the period around which we want to switch from short- and long-period surface
wave observations. Since the available period range varies from location to location
(due to ray path coverage differences), we used a grid search to determine the best
transitional period (Tc ). We try a range of Tc and compute the gradient of the
resulting dispersion curves. In order to minimize artificial anomalies caused by
the blending, the optimal Tc is the one with a minimum gradient (the smoothest
dispersion curve). All blended dispersion curves were visually examined and minor
adjustments were made as needed. Generally a dispersion-curve transition period
between 30-40 s was chosen. The blended dispersion data set spans from 3 s to
250 s in the best case. As an example, the blended dispersion curves are compared
with recent dispersion models [35, 37, 74–76] in Fig. 3.3. The blending of dispersion
curves greatly extended the period range and are consistent with alternative recent
dispersion models at most places.

3.2.3 Gravity Observations
Gravity observations were extracted from a global Bouguer gravity model WGM2012
[38]. This Bouguer gravity data set was computed by spherical harmonic analysis using ETOPO1 topography-bathymetry data and gravity observations from EGM2008
global gravity model [77] . The lateral resolution of the gravity data is 5 arc minutes
(∼9 km), which is higher than what we can resolve with a 1°-by-1° grid in our
inversion. The Bouguer gravity observations are averaged within 1°-by-1° grid for
the eastern U.S. and 25 km-by-25 km grid for the NME to reduce gravity anomalies
that are due to smaller scale structure perturbations. Long wavenumber gravity
signals are primarily caused by deep density changes. However, interpretation of
deep gravity signals is nonunique and can be associated with density variations,
plate flexure, and upper mantle dynamic effects. We wavenumber filtered the
gravity observations with a box-car filter, so that the remaining gravity signals
are mainly sensitive to the shallow density structure (upper ∼ 15 km, based on
comparison of inversion results with and without gravity observations). Initial
gravity observations from WGM2012 and wavenumber filtered gravity values are
compared in Fig. 3.4 for both the eastern U.S. and the NME. The filtered gravity
image shows few small scale and large wave-number variations as expected.
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3.3 Receiver-Function Smoothing/Interpolation
P-wave receiver functions and surface-wave dispersion observations have different
spatial (lateral) sensitivity. Receiver functions are sensitive to sharp changes in
vertical and lateral structure. In particular, large, complicated (and hopelessly
aliased) variations near the surface often strongly influence P-wave receiver functions. Surface-wave dispersion observations are more sensitive to longer wavenumber
variations in the structure. We smooth the receiver-function wavefield to reduce
near-surface scattering effects and to better complement the surface-wave dispersion
measurements. We have developed receiver function smoothing/interpolation to
attack this issue by simplifying the receiver function wavefield [20]. The smoothing/interpolation reduces the scattering noise on receiver function observations
and isolates the spatially coherent components of the signals (see Fig. 3.5 and
Fig. 3.6). Compared with the traditional single-station-averaged receiver functions,
interpolated/smoothed receiver functions are more consistent laterally for different
lag times.
A spatially smoothed receiver function is computed by averaging receiver functions recorded at adjacent stations with distance dependent weights. Smoothing/interpolation also equalizes the lateral sensitivity of receiver functions and
surface-wave dispersion measurements, which can reduce potential inconsistencies
between surface-wave observations and body wave receiver functions. Interpolation
also provides us a way to approximate receiver functions at grid points (see Fig.
3.6 for an example) where surface-wave observations are commonly estimated by
tomography. This functionality is quite useful especially for 3D inversions using
multiple observations. We can express the receiver function wavefield as R(x, y, t),
where x and y are spatial coordinates (e.g. latitude and longitude), and t is lag time
after direct P wave. Then, the interpolated receiver function wavefield is computed
using the following formula repeatedly for all locations of interest (e.g. grid points)
Ri (xi , yi , t) =

n
X
j=1

with
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wj Rj (xj , yj , t)

(3.3)

wj =




1




rij −d1

d1 −d2




0

if rij < d1
+1

if d1 < rij < d2

(3.4)

if rij > d2

where rij is the distance between point of interest (xi , yi ) and station location
(xj , yj ), and n is total number of stations. d1 and d2 (d1 < d2 ) are two distance
parameters that control the distance range for the stations included in the averaging
and the weight (wj ) of the different stations. Receiver functions recorded at stations
at distances less than or equal to d1 are weighted as 1. Stations located at distances
between d1 and d2 are weighted between 0 and 1 with the weight linearly decreased
from 1 at distance d1 to 0 at distance d2 . Chai et al. [20] compared smoothed
receiver functions computed using several pairs of distance parameters for different
seismic network configurations in western U.S. In our analysis, we choose a d1
of 110 km and a d2 of 160 km for the eastern U.S. to match the 1° grid used
for surface-wave dispersion tomography. In the NME, a d1 of 40 km and a d2
of 80 km is used to exploit the greater density of data within this region. By
spatially smoothing the receiver function wavefield, we sacrifice spatial resolution
for simplicity and better average properties, but we may blur some geological
transitions and boundaries. Though the blurring is not significant for most regions
(see Fig. 3.5a and b), we did not smooth signals across the NME with regions
surrounding it (see Fig. 3.5a and b). The resulting smoothed receiver functions are
more complementary to the surface-wave dispersion data, and comprise a data set
more consistent with the other observations used in the joint inversion and with
less near-surface scattering effects that can complicate the inverse models.

3.4 Simultaneous Inversion
To estimate the subsurface shear wave speeds beneath the eastern U.S and the
NME, we simultaneously inverted the smoothed/interpolated receiver function
wavefield, Rayleigh wave group and phase velocities in the period range from 3 to
250 s, and wavenumber-filtered Bouguer gravity observations. The study region
was divided into 950 1°-by-1° size cells for the eastern U.S. and 704 25 km-by25 km size cells for the NME. The resulting 3D grid was used for our simultaneous

27

inversions in a hybrid 1D-3D manner. Receiver-function and surface-wave-dispersion
calculations were performed with a 1D formalism for each cell across the region
where observations are available. Gravity calculations were computed in 3D using
rectangular prisms. A linearized discrete geophysical inversion was used with
smoothness-based stabilization (developed from [20, 24, 39]) and jumping to allow
constraints directly on model parameters, not changes in model parameters (e.g.
[78]). The linearized inversion can be expressed as
r
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(3.5)

where Ds , Dr and Dg are matrices containing the partial derivatives of the seismic
shear velocity model corresponding to the dispersion, receiver function, and gravity
estimates, respectively. Rs , Rr and Rg are the corresponding data residual vectors,
and ws2 , wr2 and wg2 are global weights assigned to the three data sets. Those weights
are defined in the same way as [24] as N σk2 where N is the number of data points for
the specific data set and σk2 is the kth data point variance. p(T ) was introduced by
Maceira and Ammon [39] to control the trade-off between fitting both gravity and
surface-wave dispersion measurements. The matrix ∆ applies vertical smoothing
with a weight η to make the 1D velocity profiles vary smoothly - necessary when
data constraints are not sufficient. W is a diagonal matrix to constrain the velocities
from varying too far from the a priori values in ma with associated weights. Lateral
smoothing is added through the matrix S using first differences between shear
velocity values in adjacent grid cells. The lateral smoothing does not smooth
across the ocean-continent boundary to allow a sharp change in material properties
across this well-defined feature. The inverse equation is solved using an ConjugateGradient LSQR solver for sparse linear equations [79]. The weights and smoothing
parameters are determined by performing suites of inversions and comparing data
misfits and model properties such as roughness. Interactive visualization tools
were used to help the comparison of inversion results with different weighting
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parameters. The vertical smoothness constraints increase with depth to reflect a
loss in data resolution and the increase in surface wavelengths sampling the greater
depth in the model. Partial derivatives for surface wave dispersion were computed
using finite-difference approximations. The simulation of surface-wave dispersion
is based on algorithms from [80]. The gravity derivatives were computed using
the equations from Plouff [41] and the chain rule. The inversion is performed to
estimate shear-wave speed, which is related to P-wave speed by the Vp/Vs ratio,
and to the density using formulas described in [39] and [20]. The Vp/Vs ratio was
fixed throughout the inversion (inherited from the initial model).
The inversion for eastern U.S. started with an initial model that was based on
Crust Model 1.0 [17]. Velocities below the crust were initialized with the AK135
velocity model [15]. Since flat-Earth codes were used to compute dispersion, the
initial model was flattened using the formulas from [44] with a slightly modified
density transformation exponent (see the supplements of [20] for details). Velocities
and densities were unflattened prior to the gravity partial calculation and flattened
after the gravity computation since the density-shear velocity relationship is based
on laboratory measurements (corresponding to spherical model). The initial model
of the NME inversion was resampled from a resulting model for the eastern U.S.
inversions.
Based on the results from hundreds of 3D inversions (multiple cells) and thousands of 1D inversions, it became clear that tuning the weights for each data set and
constraints is necessary to produce good fits to the observations. We experimented
with weight selection using numerous 1D inversions with observations selected from
several samples in the overall data set. We searched for optimal ranges of weight
parameters by randomly testing 1D inversion parameters, and examining the range
of velocity models that resulted from the simulation. Within this suite of velocity
models, some fit the data poorly. For many choices of the weights, the results were
quite similar - those that fit the observations well often differed from the average
model by less than a 0.1 km/s. The tests suggest we can use data fits as a guide to
select both the data and smoothness weights for the larger 3D inversions. To be sure
that the resulting model fits the observations reasonably well, we used interactive
visualization tools to visually check data fits for entire 3D velocity models.
The eastern U.S. results follow eight total iterations of the 3D inversion. We
began the inversion without gravity observations and modeled the seismic data
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for a total of five iterations. We then added the gravity observations for the final
three iterations. This model forms the initial model for the higher-resolution NME
inversion, which included all three types of observations for all four of the iterations
in that inversion. Both the eastern U.S. model and the NME models have been
unflattened for interpretation and easy comparison with published spherical Earth
models.

3.5 Data Fits
Fitting data is the most important quality control for our inversion. We discuss not
only the overall data fit of the three types of observations we use but also the spatial
distribution of data misfits. Fit to surface-wave dispersion and receiver functions
are significantly improved in the first four iterations and are stable for the last four
iterations (Fig. 3.7). Gravity misfit was reduced greatly after one iteration. In
general, our inverted model fits all three types of observations much better than the
starting model. Fig. 3.8 shows the misfit distributions for all cells for the initial and
final models. In all cases, an improvement in fit is clear. We use a 95% threshold
to quantify the overall misfit. The 95% misfit threshold represents the fractional
misfit value equal to or larger than that found for 95% of the cells. The metric
is used to eliminate the influence of the worst fitting 5% of the cells (which are
often in the ocean, where data coverage is substantially more limited). As shown
in Fig. 3.8, the 95% misfit threshold was improved from 14% (initial model) to 4%
(inverted model) for group-velocity measurements, from 8% (initial model) to 1%
(inverted model) for phase-velocity measurements, from 135% (initial model) to
66% (inverted model) for Gaussian 2.5 receiver functions, and from 102% (initial
model) to 45% (inverted model) for Gaussian 1.0 receiver functions. The modest
reduction in dispersion misfits reflects the relatively small range of speeds within
the data. Any model with a roughly correct average dispersion value performs
reasonably well with this metric. As expected, phase-velocity measurements are
better fit than group-velocity measurements. Narrowband receiver functions were
better fit than broadband receiver functions. Since the starting model of the NME
inversion is sampled from the final model of the eastern U.S. inversion and misfits
for the NME inversion are quite small at all grid points, we focus our discussion on
the misfit distributions for the eastern U.S. inversion.
30

3.5.1 Receiver Functions
In Fig. 3.9, we show the spatial distribution (at available grid points) of receiver
function misfits for both the initial model and the inverted (final) model. Receiver
function misfits computed from the initial model are quite large at most grid points.
The misfit shown in the map is the average of those corresponding to all available
(up to six) receiver functions. For example, at the location corresponding to Fig.
3.9c, the misfit (represented as the circle size in Fig. 3.9a and b) is computed
from six receiver functions (three ray parameter bins and two Gaussian widths).
Comparing the observed and predicted receiver functions (black lines) in Fig. 3.9c,
we found the converted phase and multiples arrive later in initial-model receiver
functions (gray lines). Receiver functions computed from the inverted model (red
lines) agree well with observations. Only at a few grid points do the initial model
receiver functions agree with observations (see Fig. 3.9d for an example). Of
course, even at these locations, receiver functions from the inverted model fit
the observations better than the initial model predictions (albeit, only slightly in
the example). Receiver function misfits corresponding to the inverted model are
uniformly small with slightly larger values in Gulf of Mexico coastal regions and
the Wiliston basin where thick sediments complicate receiver function waveforms.

3.5.2 Surface-Wave Dispersion
The spatial distribution of surface-wave dispersion misfits (an average of group and
phase speed misfits) is shown in Fig. 3.10. Group and phase velocities computed
from the initial model differ significantly from surface-wave dispersion observations
for most model grid points as indicated by cells with large circles in Fig. 3.10a. For
example, we compared observed and simulated dispersion curves at a grid point
located in north-west Alabama in Fig. 3.10c. Predicted dispersion curves based
on the inverted model agree well with the observations while simulated group and
phase velocities from the initial model are too small at most periods. Even for
regions that the initial-model-derived surface-wave dispersion curves are similar
to observations (see Fig. 3.10d for an example), the inverted model predicts the
surface-wave measurements better, especially at short periods. As shown in Fig.
3.10c, surface-wave dispersion misfits corresponding to the inverted model are much
smaller than those from the initial model except for a few off-coast locations. Large
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misfits at these off-coast grid points are likely due to limited observations and poor
starting model.

3.5.3 Gravity
Gravity observations are much fewer in number compared to receiver functions
and surface-wave dispersion. For this reason, we use a smaller weight for gravity
observations and include gravity data at a later stage of the inversion. As shown in
Fig. 3.11, the predicted gravity values agree with Bouguer gravity observations well
for both the eastern U.S. (Fig. 3.11a and b) and the NME regions (Fig. 3.11c and
d). Since the gravity calculations are performed in 3D, we used a buffer zone (gray
color filled regions in Fig. 3.11) to avoid edge effects. In general, our goal with
the gravity data is to fit the high-wavenumber features that are likely associated
with crustal density variations. The addition of gravity to the inversion does not
change the model much. Numerical tests showed that small changes of roughly
0.1 km/s to the upper 15 km account for the improved fit to the gravity.Overfit
gravity data may lead to artifacts at great depth (∼ 700 km) based on our study
in western U.S. [20]. We only fit the first order features in gravity observations to
avoid overfitting.

3.6 Results
Representative shear-velocity depth slices are shown in Fig. 3.12 and 3.13 for both
the eastern U.S model and the NEM model. Each map in Fig. 3.12 is a plot of
the average speed within the specified depth range. At shallow depth (0-5 km, Fig.
3.12a and c), low velocities correlate well with major sedimentary basins and the
coastal plains. Sediments are thick along the coastal plains and within the basins of
the Great Plains, compared with the Michigan, Illinois and Appalachian basins to
the east. Lower upper-crustal average shear velocities were also found beneath the
Mid-continent rift, which interrupts the relatively fast shallow crusts of Wisconsin
and northern Minnesota and the Canadian Shield regions to the north and continues
southward through southern Minnesota and Iowa. The spatial variation in average
low shear velocities in the NEM region is better imaged with the local inversion
as shown in Fig. 3.12c. There is a hint of a sharper transition along the northern
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(western) embayment boundary than along the east. Seismicity extends from the
lower shear wave speeds into a region of more normal speeds. Small magnitude
earthquakes extend from the New Madrid Seismic Zone (NMSZ) into the Ozark
uplift but seem to terminate more sharply to the east, into Tennessee. Lateral
variations in lower crust velocities are not dramatic in Fig. 3.12b. On average, the
Appalachian region and the Midwest appear slightly faster than the region to the
west that includes Wisconsin, Iowa, Nebraska, Kansas and Oklahoma. The fast
region in the northwest lies beneath the Williston Basin, and is not well resolved,
but the model, driven by dispersion measurements at these depths, suggests perhaps
an unusually fast middle crust beneath the basin. Two east-coast regions, the
Carolinas and southern Virginia, and Maine appear slower than regions immediately
west. Beneath the NEM, a several localized regions of faster than surrounding
lower crust were imaged (Fig. 3.12d). The fast anomaly at Arkansas and Tennessee
border is consistent with previous active source survey [81] and a local tomography
study [82]. This feature also correlates with a small cluster of seismicity located
east of the main trend of New Madrid seismicity that extends from Arkansas
into the Missouri Bootheel. In the mid crust (5-16 km), the seismicity populates
both relatively high- and low-speed regions, but the intersection of the primary
northeast-striking and north-northwest-striking seismicity patterns appears to be
a relatively low speed volume but variations are modest, about 3%. A previous
P- and S-wave tomography study [83] found low Vp/Vs ratio (low Vp and high
Vs anomalies) in upper crust (∼ 5-9 km) beneath the major arms of New Madrid
seismicity. We do not invert for Vp/Vs ratio, but our velocity model does not
include high Vs in the depth range. A more detailed analysis is required to resolve
the issue.
Fig. 3.13a is a map of the shear-velocity model at 37 km depth. This depth
was chosen to provide first order information on crustal thickness - in areas of thin
crust, we see mantle-like speeds, while in many other areas, we simply see the
lower crust. The map identifies the southern Mississippi Embayment and coastal
regions as regions of unusually thin crust. Regions of relatively fast deep crust
are suggested in the eastern Dakotas, beneath Michigan, and parts of Canada and
New England. We discuss specific estimates of crustal thickness later. Fig. 3.13b is
a map of the shear-wave model at a depth of 63 km, which provides a sample of
the shear-wave speeds in the uppermost mantle. The range of velocity variation
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is about 6%. The image indicates relatively slower upper mantle along the east
coast from New England to South Carolina. A low velocity feature extends from
the NME south to Louisiana and east Texas. The fastest speeds are to the north,
into the Canadian Shield region. Fig. 3.13c is a corresponding image in the NEM
region, which shows a simple pattern of relatively fast lower crust beneath the
center of the embayment compared with the surrounding regions. The pattern
reverses in the upper mantle images (Fig. 3.13b), which suggest slower upper
mantle beneath most of the NME region. These results agree with those of several
previous studies [84–86]. The region of slow upper mantle speeds appears to extend
to the northwest into northeast Arkansas and southeast Missouri more than it does
to the north, into the Wabash Valley region.
Fig. 3.14 includes a map of crustal thickness map along with example velocity
profiles that were extracted from the model. Example velocity profiles at eight
different locations (Fig. 3.14 b-i) show detailed velocity changes as a function of
depth. To define crustal thickness, we measured the depth corresponding to P-wave
velocity larger than 7.8 km/s. Only a few cells failed to reach this speed before
a depth of 53 km. The automatically measured crustal thicknesses are shown as
dashed gray lines in Fig. 3.14 b-i, which match the crust-mantle transition well
at all presented locations. Our smoothing approach and reliance on surface-wave
dispersion to constrain the deeper features in the model increase the importance of
the sharp features such as the crust-mantle boundary in the initial model (Crust
1.0) on the location of the crust-mantle transition. However, as shown earlier, even
when the model is good, slight adjustments are made to improve the alignment of
the converted phases originating from the crust-mantle boundary region. Although
we did not perform a rigorous analysis, our examination of the model suggests
that when the constraints used to build Crust 1.0 were based on good nearby data,
little adjustment in crustal thickness was needed by our inversion. In regions where
we believe that Crust 1.0 relied heavily on interpolation, the inversion changes
from our initial model were larger. Although adjustments are generally not large,
typically 3 km, our model is almost systematically thinner than Crust 1.0 but a few
kilometers (both models share the same Vp/Vs ratio). Crustal thickness patterns for
eastern North America are familiar. The crust is thinner near the coast and thicker
landward. The average crustal thickness in the region is 43 km with a standard
deviation of 5 km. Relatively thinner crust (< 43 km) is also imaged beneath
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eastern North Dakota. The crust beneath the Mississippi Embayment and into east
Texas appears significantly thinner (< 35 km) than the continental interior. Thicker
crust (> 43 km) is found beneath the Appalachian Mountains and the Great Plains.
The depth of the crustal-mantle transition is less well constrained beneath thick
sedimentary basins due to the dominance of basin reverberations in the receiver
functions. One potential application of our model is to form the basis of a wavefield
downward continuation and decomposition [87] to extract receiver function signals
generated from the crust-mantle transition from teleseismic P-wave seismograms
assuming the shallow structure is known. Recent studies have improved our image
of the NME sediments [88, 89]. We leave that analysis for future efforts.
We compared our crustal thickness measurements with several published models
[70–72, 90]. The EARS [90] project measured crustal thickness from automatically
computed P-wave receiver functions using H-k stacking method [91] by assuming
a constant velocity in the crust. The original results may suffer from scattering
noise in receiver functions (e.g. [20]). We spatially smoothed the measured crustal
thickness from EARS to show first-order features (see Fig. B.1). Comparing our
crustal thickness map (Fig. 3.14a) with published models (Fig. B.2), a thinner
crust was imaged along the east coast and beneath the Mississippi embayment for
all models. However, notable differences exist among these models. The average
crustal thicknesses and the standard deviations from the Shen-2016 model [70], the
Schmandt-2014 model [71] and our model are the same. The EARS model [90] may
underestimate crustal thicknesses due to oversimplified model parameterization
(constant-velocity crustal layer). The Porter-2015 model [72] used the EARS results
to constrain crustal thickness and shared the same issue. The Shen-2016 model [70]
is rougher than the Schmandt-2014 model and our model, which may be a result of
scattering effects in receiver functions (our model, by design, would smooth out
high-wavenumber features, whether caused by scattering or if they were real). The
CCP stacking procedure [92] used for the Schmandt-2014 model reduced some
scattering but had difficulty in regions (sedimentary basins for example) where
stacking energy is not focused. To a large degree, the Schmandt-2014 model, the
Shen-2016 and our model are consistent. The EARS model is certainly suitable for
a starting model. We believe that our model is less contaminated by scattering in
receiver functions and includes simultaneously-modeled constraints from Rayleigh
waves (similar to the Shen-2016 model) and near-surface gravity.
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Fig. 3.15a and b are maps of the average crustal and upper-mantle shear-wave
speed, respectively. The mean of the average crustal Vs velocity across the model
continental grid points is 3.7 km/s (standard deviation 0.1 km/s). The corresponding
mean crustal Vp velocity is 6.5 km/s (standard deviation 0.2 km/s, see Fig. B.3).
These mean values agree reasonably well with the global compilation of [93]. The
mean uppermost mantle shear-wave speed is the average of the upper 60 km of the
mantle and it is 4.50 km/s (standard deviation 0.05 km/s). The average uppermost
mantle P-wave speed in the study area is 8.1 km/s (standard deviation 0.1 km/s),
which is also consistent with the global compilation [93] and regional surveys [94].
Relatively fast average crustal velocity is found beneath the stable North America
craton. Regions of very slow average crustal shear-wave speeds are associated with
thick sediments in the southern Mississippi embayment. The uppermost mantle
shear-wave velocity is slowest beneath New Mexico and the associated southern
Basin and Range province. Slightly slower uppermost mantle is imaged beneath the
western Mississippi embayment, the east coast, and New England. These regions
correlate well with surface heat flow measurements [95]. Slow speeds along the east
coast seem to follow the trend of eastern North America rift basins but extend further
into northern New England than the surface expression of rifting. The relatively
faster upper mantle beneath Florida, southern Alabama and southern Georgia may
indicate the region is an exotic terrane, which is supported by paleomagnetic and
geochronologic observations [96, 97]. Localized low average mantle speeds near the
Kansas-Nebraska border and the Kentucky-Ohio border are situated near kimberlite
volcanics and may represent modified lithosphere associated with these volcanic
structures. We do not see any evidence for slower mantle resulting from lithospheric
delamination and upwelling that is evident in geochemical observations [98]. Thus
if lithospheric delamination and mantle upwelling occurred as the rocks suggest,
the feature must be quite localized. The West Virginia-Virginia border overlies a
relatively abrupt transition in crustal thickness. The crust is relatively flat towards
the Appalachian interior, but begins to thin near the area containing the Mid-Eocene
surface volcanics (see cross-section G1-G2 below). More evidence for a significant
change in lithospheric structure across the region is the difference in mid-crustal
speed, which decreases by about 0.2-0.3 km/s from the Appalachians eastward.
Although the transition is smoother, the upper mantle speed also decreases towards
the east in the same region. The differences in structure suggest interesting geologic
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differences throughout the lithosphere from the Appalachians to central and eastern
Virginia.
In Fig. 3.16, we merged the eastern U.S model with the published model in
western U.S [20]. The smooth transition from west to east indicates that our
eastern U.S. model is compatible with the published model. Comparing with the
western U.S. model, the anomalous upper mantle beneath the western Mississippi
embayment, the east coast, and New England is modest compared with that beneath
the Basin and Range province in western U.S. To investigate possible bias in the
average speeds due to pressure, we account for the pressure differences caused
by crustal thickness variations, using laboratory measured partial derivatives [99]
of shear velocity with respect to pressure. Fig. B.5 compares the original upper
mantle speed with the pressure corrected values. The correction reduced upper
mantle speed beneath the regions of slower upper mantle speed, since the crust
thickness is generally thinner beneath these regions. The corrections are not large
enough to change any first-order interpretations.
An automated cluster analysis [20] was used to separate the 1-D shear velocity
profiles into clusters of similar Earth structure. The spatial distribution of the
clusters is shown in Fig. B.7. The clustered velocity models are shown in Fig. B.6.
The crust is thinner beneath western Mississippi Embayment, southern Basin and
Range region, southern Interior Plains, and Atlantic Plain. A thicker crust was
imaged beneath western Interior Plains, Appalachian Highlands, Interior Highlands,
central Interior Plains. The southeastern Canadian Shield shows a slighter thinner
crust. The upper mantle is faster beneath the stable North America craton. The
seismicity in the region does not show a simple correlation to the subsurface seismic
speed variation on the broad image in Fig. B.7. We use more detailed cross-sections
to explore the relationship between the spatial distribution of earthquakes and
subsurface structural variations.

3.7 Discussion
Large-scale regional lithospheric models contain many features that are often
described in a list of short commentary. Many of the structural features that we
observed have been pointed out in earlier studies (e.g. [70–72]); we noted several
of these in the Results section. One aspect not covered in other papers is the fact
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that a detailed crustal model provides an opporunity to explore the relationship(s)
between seismicity and subsurface structure (if any exist). We use the cross-sections
defined in Fig. 3.17 to review the 3D model details and to explore potential
relationships between structure and seismicity. The cross-sections were chosen to
cover most of the seismically active regions. Despite intensive studies, the cause of
localized seismicity in the region remains poorly understood. Many ideas have been
proposed to explain the intraplate seismicity of the eastern U.S., such as stress
concentration in regions of crustal weakness or changes in lithospheric structure
(e.g. [66, 67, 100–102]). Numerical models have shown that crustal deformation can
be induced at shallow depth when a dense anomaly resides in the crust (e.g. [66,67])
above a relatively weak upper mantle. The depth and cause of a weak zone are
still under debate [84, 85]. Since seismicity in Oklahoma may be related to human
activity (e.g. [103]), we skip that region, but note that ultimately, the Oklahoma
activity is a result of the geologic structure associated with the hydrocarbon-rich
basins in the area. The model contains no significant features deep beneath the
Oklahoma seismic activity.
Two regions of particular interest are the NME and the Appalachian Mountains.
We discussed some of the seismicity pattern and structure relationships for New
Madrid in the Results section. The cross-section A1-A2 (Fig. 3.18) passes through
seismically active regions in Oklahoma, the NMSZ, and the Eastern Tennessee
Seismic Zone (ETSZ). The NMSZ is underlain by a relatively fast lower crust,
which has been interpreted as a mafic intrusion [81, 104]. Reconstruction of the
feature details is difficult with the coarse 100-km sampling, but the broader scale
model shows the slower mantle in in comparison with regions to the east and west.
A Cretaceous thermal event is thought to have produced the slower upper mantle
shear-wave speeds down to 250 km (e.g. [82]). Numerical tests and Rayleigh-wave
sensitivity kernels suggest that our resolution begins to degrade at about 150 km,
so we do not image the entire feature. Nyamwansha et al. [82] suggested that the
thermal event producing these anomalies is associated with upwelling fluids from the
Farallon Slab, along with an already weakened and thinned lithosphere as a result
of interaction with the Bermuda Hot Spot roughly 80-100 Ma [105]. The crustal
thickness is a maximum beneath the Valley and Ridge, and decreases by about
10 km at the coastal region to the east. Although not associated with seismicity,
the cross section indicates relatively higher mid-crust speeds beneath the Piedmont
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region of North Carolina. Seismicity in the ETSZ occurs on basement faults that
have no surface expression [106]. Seismicity is located in the Valley and Ridge
Province west of the highest Appalachian elevations. A recent local earthquake
tomography study imaged the existence of the buried fault [107] as a low-velocity
anomaly. The lateral extent of the low anomaly is beyond the resolution of our
eastern U.S velocity model. Our model contains a velocity change in the lower
crust beneath the ETSZ, which may be associated with the transition from the
Granite-Rhyolite basement (west) to Grenville basement (east). Upper mantle
shear velocity beneath the region is 2-3% faster than the mantle beneath the NMSZ
at depths of about 100 km.
The cross-section B1-B2 (Fig. 3.19) is parallel to the longer arm of the NMSZ
and pass through the WVSZ of Illinois and Indiana. Compared to the region to the
north (left in Fig.), the crust hosting modern WVSZ seismicity is relatively faster,
with a smaller velocity gradient in the mid-to-lower crust. The WVSZ is underlain
by slight thicker crust than the NMSZ. However, the upper mantle beneath the
WVSZ is faster than that beneath the NMSZ. A broad higher velocity anomaly
is imaged beneath the WVSZ about 70-150 km depth, which agrees with a recent
local study [86]. The continuation of a relatively fast lower crust beneath the
NMSZ northward to the WBSZ may suggest these two seismic active regions are
connected [86]. To the south-southwest of the NMSZ, deeper into the Embayment,
the sedimentary cover thickens to at least 10 km and the crust thins to roughly
30 km.
The northwest-southeast striking cross-section C1-C2 (Fig. 3.20) shows apparently thinned crust beneath western North and South Dakota which is consistent
with [108] who argued that the apparently thin crust is actually a very fast underplated crust in the vicinity of the 2 Ga Trans-Hudson Orogen. The model
at what could be considered uppermost mantle depths is relatively slow, so it is
plausible to interpret the material as fast crust. A region of apparently thin crust in
southeastern North Dakota is more perplexing. [108] estimated a crustal thickness
of 30-35 km in this region, our apparent crustal thickness is slightly larger, about
38-40 km. To be fair, reverberations in the thin surface sedimentary cover interfere
with the Ps arrival from the apparent crust-mantle boundary but no other arrivals
from depth are apparent, and the multiples from the feature are free of near-surface
interference. Equivalent P-wave speeds in the apparent lower crust are in the
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6.6-6.9 km/s range, not unusual, and the values increase to 7.6 sharply and reach
values of 8.0-8.1 km/s by a depth of 40 km. The region has relatively low heat flow
(50-60 mW/m2 ; [95]) though the data coverage is sparse. The phenomenon may
be a result of eclogite facies magic material in the lowermost crust rendering the
petrologic crust-mantle boundary seismically transparent (e.g. [109, 110]). beneath
the region is relatively slow, consistent with the interpretation of it as fast crust.
Near the South Dakota Iowa border, the mid-crustal shear wave speed decreases
relatively abruptly. The structure from Iowa through Missouri is relatively uniform
until interrupted by the relatively fast lower crust beneath the NMSZ. The upper
mantle beneath Iowa and Missouri is relatively fast and uniform across this region
of relatively slow middle crust. To the southeast of the NMSZ, the middle crust
again is relatively slow and the crust begins to thin and the upper crust speed
decreases near the Alabama-Georgia Border. The upper mantle below 100 km, from
the NMSZ to the southeast is one of the slowest profiles in the model, and includes
the region believed to have been crossed by the Bermuda Hot Spot [105, 111].
The cross-section D1-D2 (Fig. 3.21), E1-E2, F1-F2 (Fig. 3.22), G1-G2 and
H1-H2 (Fig. 3.23) pass through and across the Appalachian mountains. Crosssection D1-D2 clearly shows a slower upper mantle beneath New England, which
is consistent with other studies [70, 71, 112]. The decrease seismic velocity is
interpreted as due to interaction with the Great Meteor hotspot roughly 50 Ma
[113]. Along the profile, which samples the Valley and Ridge Province of central
and eastern Pennsylvania, the crustal thickness increases by roughly 10 km from
eastern Pennsylvania into West-Virginia border. Crustal thicknesses in western
Pennsylvania are comparable to those to the south (see Fig. 3.14). Although
the mid crust varies in speed along the profile, the change in crustal thickness
appears to arise from an increase in thickness of lower crustal material. Depths
of earthquakes along the profile are generally above 25 kilometers, and show no
systematic variation with the structure.
Cross-section E1-E2 samples from southeastern Canada into New England and
crosses the WQSZ. Magnitude 3 and larger earthquakes extend to 20 km depth
in the WQSZ region and appear to shallow slightly along the profile in New York
and New England. Along this direction, the WQSZ locates near the edge of the
Canadian Shield as is evident in the mantle speed cross section. Cross-section
F1-F2 shows a crustal thickness change beneath central Pennsylvania. Crossing
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from the Appalachian Plateau to the Valley and Ridge Province, the upper crust
slows and the lower crust thins. At roughly the same position the mantle speeds
decrease. Seismicity in the region shows transitions from reverse faulting in the
thinner southeast part of the state to strike-slip faulting in the northwest. Whether
the stress change is associated with the structure within the crust and/or upper
mantle is difficult to tell. The pattern of reverse faulting continues down the
eastern seaboard along the area of relatively thin crust. But reverse faulting in
northern New York and southeaster Canada occurs with crust with more typical
interior thicknesses. The pattern is slightly better matched with reverse faulting
occurring above the regions of relatively slow uppermost mantle (see Fig. B.4),
so (from South Carolina to Ottawa) perhaps the change is a result of an overall
variation in lithospheric strength. Cross-section G1-G2, crosses eastern Ohio and
through central Virginia and into northwestern North Carolina. Crustal thickness
in eastern Ohio is comparable to that under the Appalachians, or perhaps slightly
thinner. As discussed earlier in the Results section, the crustal thickness changes
quickly as you exit the Appalachians to the east. Mantle speeds decrease modestly,
but steadily from Ohio to the Appalachians. The 2011 M5.7 Virginia earthquake
located near an edge of faster lower crust anomaly and a change in crustal and
upper mantle structure. Cross-section H1-H2 crosses from the northeast WVSZ to
the Charleston region and the South Carolina Seismic Zone. The crustal thickness
increases slightly from the midwest into the Appalachians, and seismicity appears
to extend slightly deeper in the ETSZ near the profile. Near the southeastern
margin of the Appalachians, into the coastal plain, the depth range of slower crustal
material increases and the material that could be called lower-mid crust in the
midwest and Appalachians disappears as material with typical lower-crustal speeds
shallows with a thinning of the crust. At the same position, the mantle speeds
decrease along the east coast. Mantle speeds decrease modestly, but steadily from
Indiana to the Appalachians, crossing the region that Chu et al. [111] suggested
includes a hidden hot-spot track. Along the profile we see no evidence for a slow
upper mantle. However, our model includes a slight reduction in average upper
mantle speed in northeast Kentucky and southwest Ohio (see Fig. 3.15), directly
above the turning points of the rays that showed delayed travel times and frequencydependent amplitudes analyzed by Chu et al. [111] (the signals were generated by
the Virginia earthquake and recorded on midwest TA stations described in that
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work). Our average is shallower than where they placed the anomaly, but may
reflect the same feature - but we do not see it extending to the west, towards the
NEM, as they suggested.

3.8 Conclusions
Using spatially smoothed P-wave receiver functions, surface-wave dispersion, and
Bouguer gravity observations, we construct 3D shear-wave velocity models in the
eastern U.S and the NME regions. The average crustal thickness of the eastern
U.S. model is 43 km; the average crustal shear speed is 3.7 km/s; the average
uppermost mantle shear-wave velocity in the model is 4.5 km/s. We imaged thinner
crust beneath New England, the east coast and the Mississippi embayment. We
imaged relatively slow average shear-wave speeds beneath New England and the
southeastern US, regions that have interacted with Great Meteor and Bermuda
hotspots respectively. According to a compilation of basement age [114], regions
with thin crust were formed after 670 Ma, thicker crust in the crationic region
formed before 1000 Ma.
A comparison of seismicity and subsurface shear velocity suggests that often,
but not universally, earthquakes locate near regions with seismic velocity variation.
However, not all regions of significant subsurface seismic speed changes are loci
of seismicity. The eastern seaboard mantle appears slow, consistent with coarser,
but deeper sampling models that have been used as a basis for estimating dynamic
topographic changes along the eastern seaboard (e.g. [115]). The relatively slow
upper mantle correlates with the region of thrust faulting along the eastern margin
of the U.S. and within southeast Canada. The thrust faulting environment also
correlates with thin crust for much of the region, but not northern New York or
southeastern Canada. A relatively small upper mantle low-speed region in eastern
Kentucky and southwestern Ohio correlates with the area of perturbed upper
mantle P-waves analyzed by Chu et al. [111] which they associated with the circa
75 Ma kimberlite volcanics near Elliot Kentucky. The NME, and in particular the
region of the large earthquakes in 1811-12 appears to be underlain by a relatively
fast lower crust and a relatively slow uppermost mantle. Levandowski et al. [67]
suggested that such a structure can focus stress in the upper crust, our model is
consistent with these ideas.
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Figure 3.1: Map of the study region and the station locations (black and red dots)
used in the receiver function wavefield smoothing/interpolation. (a) Eastern U.S.
region. The red box indicates the northern Mississippi Embayment region. (b)
Northern Mississippi Embayment region. The red dots show the stations from the
Northern Embayment Lithosphere Experiment project.
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Figure 3.2: Relative data variance distribution of receiver functions recorded in the
Eastern U.S. region (a) and the northern Mississippi Embayment region (b). The
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inversion) in the eastern U.S. (latitude 44.5N, longitude -73.5E) for Rayleigh-Wave
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Figure 3.5: Time slice at time -1.5 s (a, b), 3.4 s (c, d) and 18.1 s (e, f) from receiver
function wavefield in the eastern U.S. and adjacent Canada. Each circle represents
a seismic station at which we have computed a stacked receiver function. The color
indicates the amplitude of (a, c, e) the receiver function averaged at each station or
(b, d, f) the smoothed/interpolated value of the receiver function wavefield. Inset
shows the stack of all RFs (clipped to show details), and the red line shows the
corresponding lag time of the time slice.
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Figure 3.9: Receiver function misfit map for the initial model (a) and the inverted
model (b). The size of gray circles represents the normalized misfit at each grid
points. Receiver functions at two grid points are showing in (c) and (d) as a
function of ray parameters with the locations indicated by the dashed black lines.
The upper panel shows Granssian 1.0 receiver functions while the lower panel shows
Gaussian 2.5 receiver functions.
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(b, d) from the 3D model for the eastern U.S. (a, b) and the northern Mississippi
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constant, the velocity range in each figure varies substantially. The anomalies at 0-5
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Figure 3.19: Same as Fig. 3.18 but for cross-section B1-B2.
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Figure 3.20: Same as Fig. 3.18 but for cross-section C1-C2.
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Figure 3.21: Same as Fig. 3.18 but for cross-section D1-D2.
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Chapter 4 |
Estimating Subglacial Structure
Using P-Wave Receiver Functions
4.1 Introduction
Polar glacier acceleration and melt have contributed to recent sea level rise and are
projected to dominate melt processes in the coming decades to centuries [116–118].
Two critical parameters needed by numerical models of ice sheet flow are heat
flow at the base of glaciers and ice sheets and the material properties of the
substrate directly beneath the ice [119]. Heat flow can be estimated from seismic
measurements, but has large uncertainties. Active source seismic imaging [120] and
passive seismic studies [7, 8] have been applied to investigate the structure beneath
polar ice sheets. Improved estimates of the subglacial seismic structure can reduce
uncertainties in ice flow modeling, which in turn can improve the accuracy of sea
level prediction. As described blow, both active and passive seismic investigations
have been performed to better constrain subglacial seismic structure and to provide
insight into crustal and upper mantle structure as well as mechanical properties
near the ice-basement interface.
The geology and tectonic history beneath Antarctica and Greenland are not well
known due to their thick ice cover and remoteness. Early geophysical investigations
noted that West Antarctica is more active than the old stable East Antarctica
[121] and associated much of West Antarctica with a rift system that has been
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undergoing crustal thinning since the Cretaceous (e.g. [122]). On the other hand,
East Antarctica and the central part of Greenland are considered to be stable
consisting of a stable Precambrian craton (e.g. [123]) and a Precambrian shield [124]
respectively. Though these general geologic features are well accepted, details of
the geological composition and crustal properties beneath polar ice sheets remain
unknown. More recent studies [1, 7–10, 12, 13] have provided initial information
of subglacial crustal structure, but significant differences between these previous
results indicate that more work is needed before our picture of the subsurface is
robust.
Polar ice sheets pose a challenge to crustal structure imaging. The kilometersthick ice sheets that mask most of Antarctica and Greenland (Fig. 4.1) prevent direct
observation of geologic features. In addition, seismic waves reverberate strongly
within the ice column due to the large acoustic impedance contrast at the base.
Those reverberated signals mask the arrivals from crustal structure (e.g. [1,125–127]).
The teleseismic P-wave receiver function (PRF) techniques used commonly for
data from stations installed on bedrock [29, 128] yield poor results for data from
stations installed on thick ice cover. The strong interference makes construction
and assessment of the sub-ice structure using PRFs difficult, leading to large
uncertainties [9,129]. S-wave receiver functions (SRF) have been used in Antarctica
for subsurface structure estimation because the Moho converted phase arrives
before the direct S-wave arrival and before the ice-layer reverberations [7, 9, 10, 130].
However, teleseismic S-wave receiver functions are often noisier than their P-wave
counterparts. Methods to improve P-wave PRFs in ice-covered regions can help us
better constrain sub-ice crustal structure.
Ice thickness is well-known in much of Antarctica and Greenland from icepenetrating radar and reflection seismic measurements [6, 131]. The elastic properties of ice have been measured in the laboratory [132], and in situ with active source
surveys [133] and passive seismic surveys [134]. The result of these efforts is a
reasonably accurate and well-established model of the ice sheetÕs elastic properties.
As shown below, this knowledge we have about ice sheets is sufficient to remove the
effects of the ice from the teleseismic signals and to isolate the deeper response using
wavefield continuation and decomposition (WCD) techniques. WCD techniques
were developed to remove large amplitude signals generated by near-surface sedimentary structure in order to extract seismic responses from deeper structure [87].
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Using deconvolution, the downward continued signals can be transformed into
transfer functions [87] and subsurface PRFs [135] that are less-contaminated by the
reverberations in the shallow structure.
The transfer functions or subsurface PRFs can be analyzed using modest
modifications to the standard receiver function (RF) analysis procedures. Stacking
(e.g. [91, 92]), grid search, linearized and stochastic inversion (e.g. [28, 30, 136–139]
have been applied to infer structural information from receiver function (RF)
waveforms. Stacking-based techniques use a portion of the waveform and assume
simple reference velocity model parameterizations. The exponential increase in
the number of simulations needed for each new parameter limits the usage of
grid search methods for RF data for complicated models. Linearized inversions
that use only the RF data suffer from the possibility that their solution could be
trapped in a local minimum [30]. Stochastic inversions are gaining in popularity
because of improved and less-expensive computational resources. All methods that
depend solely on using the receiver functions for the structure inversions suffer
from a trade-off between depth and slowness that is difficult to resolve with the
range of horizontal slownesses available for teleseismic analyses [29, 30]. With prior
information on wave speed, the crustal thickness can be estimated; even with the
limitations imposed by the trade-off, the first-order information provided by RFs
indicates differences in the subsurface structure among the stations studied.
We use data from stations of the Polar Earth Observing Network (POLENET),
the Transantarctic Mountains Seismic Experiment (TAMSEIS), the Gamburtsev
Mountains Seismic Experiment (GAMSEIS), the Global Seismographic Network
(GSN) in Antarctica and the international Greenland Icesheet Seismic Network
(GLISN) network in Greenland. These large-scale field experiments have collected
data that provide an opportunity to image structure in regions that have heretofore
had poor crustal structure estimates. However, in order to fully benefit from
these data, new approaches that account for ice-reverberation interference are
needed. In the following we apply a subsurface PRF technique [87,135,140] to those
data and develop a simplified waveform inversion technique to provide a first-order
interpretation of subsurface PRFs. By coupling known ice-layer properties and wave
propagation theory, the effects of large amplitude shallow reflections and refractions
can be minimized in the teleseismic P-wave signals. We illustrate the procedure
using nine stations in Antarctica and one from Greenland. For each, we first
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compute subsurface PRFs and measure effective subglacial shear velocities. Then
we invert the PRFs for first-order crustal structure using a stochastic Markov chain
Monte Carlo (McMC) approach. Our goal is to illustrate the procedure and to define
a simple inversion tool to guide subsurface PRF interpretation. A sensible longerterm strategy is to combine the subsurface PRFs with complementary information
contained in surface-wave dispersion (e.g. [20,23,24]), S-wave RFs (e.g. [9,141,142]),
and Rayleigh wave ellipticity (e.g. [143, 144]).

4.2 Subsurface Receiver Functions
As described above, near-surface layers with low seismic velocities such as glacial
ice and sediments cause large amplitude reverberations. The PRFs calculated from
those data have poor resolution of deeper structure. We begin with a numerical
illustration of the problem and our solution, comparing the responses of an icecrust-mantle model and a crust-mantle model to explore this issue. The model
parameters are listed in Table 4.1. The crust-mantle model is the same as the
ice-crust-mantle model but with the ice-cover removed. The ice-crust-mantle model
has a large ice-bedrock property contrast, in order to illustrate the methodology.
The surface and the subsurface PRFs are shown in Fig. 4.2. As expected, the
two-kilometer thick ice layer produces substantial ice-layer reverberations (see gray
curves in Fig. 4.2a for example ray paths) that complicate and dominate the surface
PRFs (waveforms 1 and 2 in Fig. 4.2b). The dashed lines show the arrival time of
the crust-mantle boundary P-to-S conversion (Ps). The converted phase from the
crust-mantle boundary (see the dashed line in Fig. 4.2a for ray path) and multiples
from the Moho discontinuity are difficult to identify in both narrowband (Gaussian
filter parameter width of 1.0, corresponding to a pulse width of 1.67 s at half the
maximum) and broadband (Gaussian filter parameter width of 5.0, corresponding
to a pulse width of 0.75 s at half the maximum) surface PRFs (waveforms 1 and
2 in Fig. 4.2b). To compute subsurface PRFs from surface seismograms, we
downward continue and decompose the vertical and radial motions to obtain upgoing P, down-going P, up-going S, and down-going S wavevectors in the subsurface.
Subsurface PRFs are computed by deconvolving the up-going P wavevector from
the up-going S wavevector using time domain iterative deconvolution [34]. The
synthetic subsurface PRFs computed using WCD (waveforms 3 and 4 in Fig. 4.2b)
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show a clear converted phase and accurate low-frequency multiples from the crust
and mantle transition. The Ps arrival time in the subsurface PRFs is the same
as that in a surface PRF that is simulated using the model without the ice layer.
The test shows that the approach works well for converted phases but that the
responses later in the signal (the multiples) include the effects of the ice (multiples
are produced at the ice base and at Earth‘s surface). This complication is not a
problem if the observations and predictions are computed with the same approach
and the model includes the relatively well-constrained ice layer. An intuitive view of
the procedure is that a virtual station is constructed at the base of the ice layer (the
black triangle in Fig. 4.2a) by downward continuation of the waveforms recorded
at the surface (the gray triangle in Fig. 4.2a).
To illustrate the robustness of subsurface PRFs, synthetic surface and subsurface
PRFs computed using a series of crust-mantle models and ice-crust-mantle models
with varying thickness are shown in Fig. 4.3. The simple linear arrival-time moveout
(dashed lines) expected for changing crustal thickness (Fig. 4.3b) cannot be seen
in surface PRFs for the ice-crust-mantle models (Fig. 4.3a). Such observable
data patterns are valuable for assessing seismic models. Converted phases on the
subsurface PRFs recover the expected arrival-time moveout (Figs 4.3c and d). The
ice layer complicates Moho multiples in subsurface PRFs (Fig. 4.3d, also noticed
by [135] [135]), but the subsurface PRFs are much simpler than surface PRFs.
Considering the synthetic PRFs computed for two different crustal thicknesses
(35 km and 40 km) shown in Fig. 4.4a and b, reducing the ice contribution in
a PRF increases the importance of signals from the deeper structure and thus
enhances sensitivity to the deeper structure. In Fig. 4.4c, we illustrate the improved
sensitivity using a measure of changes in the PRFs induced by a change in crustal
thickness. The vertical axis shows the integral of the squared difference of the PRFs
corresponding to a change in crustal thickness. The subsurface PRFs are more
sensitive to a crustal thickness perturbation. [134, 145] suggested that first-order
variations can exist within the ice, which we have assumed uniform. We investigated
two-layer isotopic and anisotropic models based on the work of [134, 145]. Details
(using isotropic and anisotropic models) are available in the supplement. The
calculations suggest that strong variations within the ice will affect the WCD, but
we see no evidence (artifacts in the subsurface PRFs) in our subsurface PRFs similar
to those that were observed in synthetic PRFs, when an incorrect ice model was
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used.
We performed numerous additional tests using the approach with more complicated (but still known) models. The experiments show that responses caused by the
sediments may dominate the subsurface PRFs when shallow interfaces such as thick,
low-velocity sediments exist beneath the ice layer. This is no different to computing
surface receiver functions using data recorded on a thick, low-speed sedimentary
basin. Like the surface receiver functions, the signals can be downward continued
through the sedimentary material if that structure is known. But resolving the
sedimentary structure using only receiver functions is at least as difficult as it is on
a non-ice covered sedimentary basin.

4.2.1 Application to Ice-Sheet Observations
The synthetic tests show that for one-dimensional layered models, WCD allows
us to remove shallow P-wave reverberations caused by structure above a reference
depth if the seismic structure from the surface to the reference depth is known.
To do so, the elastic properties (P-wave and S-wave speeds and density) and layer
thickness of all the layers above the reference depth as well as elastic properties
just beneath the reference depth are required. For this study, we set the reference
depth at the base of the ice layer. Though multiple layers can be included above
the reference depth (Fig. C.4 in Appendix C), a constant-velocity layer is used to
represent the ice for simplicity. According to laboratory measurements [132] and
active source surveys [133], representative P-wave and S-wave speeds of ice are 3.8
km/s and 1.9 km/s, respectively. The ice thickness beneath a station is extracted
from the BEDMAP2 model [6] for Antarctic and the ETOPO1 global relief model
for Greenland.
We also need the average speed at the reference depth for the analysis, which in
our case is in the crystalline basement (below the ice and beneath any substantial
sedimentary material beneath it). This average basement speed itself has great
value for investigating ice-stream or ice sheet basal friction (e.g. [125, 146, 147]). We
estimate the average upper-crustal subglacial speed beneath the ice sheet using a
grid search for each station (details will be described in following sections). The
ice density is fixed at 900 kg/m3 . The basement (including sediments if exist) and
mantle densities are estimated with empirical relationships from [148]. Then using
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standard plane-wave propagator-matrix theory (e.g. [149, 150]) and the expressions
in Appendix C, the teleseismic P-waveforms observed on top of the ice are back
propagated to the reference depth and the signals are split into up-going and downgoing P and S wave contributions. Basic theory of wavefield downward contiunation
is reviewed in Appendix C. Our interest is in the wavefield traveling upwards from
the deeper structure.
A standard P-wave receiver function is the result of the deconvolution of the
vertical from the radial component. We compute a subsurface receiver function
by deconvolving the up-going P wavevector from the up-going S wavevector using
time domain iterative deconvolution [34], which is similar to the surface approach
(e.g. [29]) that isolates the local response from near source effects. Synthetic
subsurface PRFs are computed in the same way but using predicted displacements
in place of observed ground motion records. [135] performed a similar continuation
and decomposition and called the results subsurface PRFs and used the PRFs in
a multi-stage two-layer H-β searching procedure. We invert the subsurface PRF
waveforms instead of searching for minimized upgoing S energy. Waveform inversion
works for multiple layers, which can be laborious for the multi-stage H-β stacking.

4.2.2 Estimating Effective Subglacial Shear-Wave Speed
Computing subsurface PRFs require the elastic properties of both the ice layer
and of the material beneath. Using our estimates of the subsurface PRFs, we
are able to measure the shear velocities beneath ice sheets (also referred to as
the effective subglacial shear wave velocity). Experiments with one-dimensional
numerical models showed that the early part of the subsurface PRF has zero
amplitude when the near-true subglacial shear-wave speed is used; a positive initial
amplitude corresponds to an overestimate of the shear-wave speed; and a negative
initial amplitude corresponds to an underestimate of the subglacial shear-wave
speed (Fig. 4.5a). The same pattern is observed with real data and is illustrated in
Fig. 4.5(b) using observations recorded at seismic station BYRD. We found that
we could measure the effect using the energy in the subsurface PRF waveforms
prior to zero seconds (the Gaussian used in the deconvolution is acausal). This
early-arrival energy is minimum at the true subglacial shear velocity (Fig. 4.5c). In
Fig. 4.5(d), the minimum early arrival energy suggests an effective subglacial shear
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speed of 3.4 km/s at station BYRD by measuring early arrival energy of waveforms
in Fig. 4.5(b).
The use of the energy in the early part of the PRF help attack the pragmatic
problem of downward continuation. In addition, because the material properties of
the layers beneath the ice are also of great interest to ice sheet modelers and those
interested in the history of glaciation, we explored our ability to extract information
on the structure from the representative values. Unfortunately, heterogeneity (vertical and lateral) in the near surface and the limited signal bandwidth complicates
a direct interpretation of our estimated subglacial shear-wave speed. Numerical
experiments (see the supplement) suggest that the measured subglacial shear-wave
speed using a signal bandwidth shaped by a Gaussian filter with a width parameter
of 1.0 relate to the structure of a varying thickness (up to 10 km beneath the ice)
and may represent an average of rock, ice, and sediments (if exist). The exact nature
of the average depends on the upper-crustal structure. Using broader-band PRFs
can increase resolution, but adds sensitivity to ice structure and lateral variations
in the subsurface. Not surprisingly, interpretation of the shallowest structure has to
be evaluated on a case-by-case basis. Despite this limitation, the estimated effective
subglacial shear velocities estimated by our method are useful for extracting signals
originated below the upper crust.

4.2.3 Results
We estimated the subglacial average shear-wave speed for the ten stations with thick
ice cover. Numerical experiments show that early arrival energy measurements are
not sensitive to P-wave speed beneath the ice. We used an empirical relationship
[148] between S-wave and P-wave speed to estimate subglacial P-wave velocity. The
assumed ice thicknesses and estimated effect on the shear-wave speeds are listed
in Table 4.2 and early arrival energy curves are shown in (Fig. 4.6). Each point
in the curves is computed from a few tens to over one hundred P-waveforms. For
example, every energy value for station BYRD in Fig. 4.6 is measured from 74
subsurface PRFs. All early arrival energy curves show a roughly quadratic shape
as a function of shear-wave speed. Most of the results produce reasonable upper
crustal shear-wave speeds between 3.0-3.4 km/s. The subglacial shear speeds are in
the range of 3.2-3.6 km/s for station BRYD, SUMG, GM02, GM05, N140, N215,

73

and P061. Since these values are comparable to typical upper-crustal speeds [93], we
infer that these stations are underlain by layers of low-speed material of thickness
that is less than a few kilometers. Given our bandwidth and because of the trade-off
between ice thickness and near-surface speed we cannot provide better resolution or
precision. In contrast, low effective subglacial shear velocities were measured at the
South Pole (QSPA) and station E028, (2.9 km/s and 3.0 km/s respectively), which
suggests the existence of relatively thick sediments beneath these sites. Our results
compare well with those of [1] who imaged a sedimentary layer beneath the ice sheet
at the South Pole (station SPA) but no sediments at station BYRD. Station E028
is located above the Wilkes Subglacial Basin [151]. Airborne gravity measurements
suggest the presence of over one kilometer thick sediments across most of the Wilkes
Basin [152], which agrees with our subglacial shear speed estimate for the material
beneath station E028. The very low effective subglacial shear speed at station SIPL
is consistent with the previous investigation by [8] and implies significant low-speed
material beneath the site. Our estimates of effective subglacial shear speed are
consistent with averaged upper crustal speeds from [8] for stations BYRD and SIPL
with uncertainties on the order of 0.2 km/s. We did not find reliable upper crustal
speeds beneath other stations from previous studies.

4.3 Subsurface Receiver Function Analysis
Based on experience on processing surface PRFs from the EarthScope Transportable
Array (e.g. [20]), a large number of receiver functions obtained even from high-quality
stations are quite noisy and some that fit the convolutional model may actually be
mostly noise. Waveform selection criteria are necessary to separate signals from
noise. We screen the data using surface PRFs. We excluded P-waveforms with a
signal-to-noise ratio below ten and surface PRFs with convolution misfits less than
85% of the radial component signal power. Nevertheless, some noisy or contaminated
signals may pass through these selection criteria. With a dense network, spatial
smoothing can be used to minimize the effects of noisy RFs [20]. Since the stations
in this study were widely separated, we used a clustering analysis to identify and to
exclude abnormal waveforms. The clustering analysis arranges surface PRFs into
signal-defined groups based on Euclidean length (sum square differences between
two traces). For each station, we selected the largest group for further analysis.
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Smaller PRF groups usually corresponded to azimuths with few observations.
Similar to surface PRF analyses (e.g. [20]), we observe azimuthal dependence in
the subsurface PRFs and note that a single ice layer thickness may not work for
groups from different azimuths, as is common in surface receiver-function analyses
due to the off near-surface heterogeneity (e.g. [20]). However, most of the signals
could be used to estimate subsurface PRFs when reasonable models of the shallow
structure are available or can be estimated.Teleseismic seismograms surviving
the surface-PRF screening process were downward continued, decomposed, and
deconvolved to estimate subsurface PRFs. Only subsurface PRFs with convolution
misfits better than 85% of the up-going S component signal power were used in
further analyses. With one exception, surface and subsurface PRFs were stacked
into three ray-parameter bins (0.04-0.05, 0.05-0.06, and 0.06-0.08 s/km) to further
improve the signal-to-noise ratio. Fewer events were available for station E028
due to its relatively short deployment time, so for that station the surface and
subsurface PRFs were averaged into single surface and subsurface PRFs. Surface
PRFs and subsurface PRFs processed for station BYRD are shown in Figs 4.7(a and
b) as a function of ray parameter. This case is particularly interesting since at first
look, the surface receiver functions do not look that complicated. However, what
one might construe as a Ps conversion from the crust-mantle boundary delayed five
seconds, is in fact an interference of ice reverberations. A more likely converted
phase is apparent near 2.5-3 seconds in the subsurface receiver functions.

4.3.1 Monte Carlo Markov Chain Inversion
Interpretations of receiver functions are non-unique (e.g. [29–31]), but first order
information suitable for regional and global comparisons can be extracted using a
simple crustal model parameterizations and constraints on the crustal seismic wave
speeds (e.g. [91, 153]). A range of velocity models could explain PRF observations
almost equally well. Formalizing uncertainties for simple models leads naturally to
stochastic approaches. We use McMC searches (e.g. [154]) to quantify the range of
seismic structural parameters consistent with the subsurface PRFs and simple onetwo-, or three-layer crustal models. As always, the uncertainty estimates are linked
to the model parameterization and using only a few layers in the crustal models
can lead to subtle differences compared with models including realistic gradients
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and smooth layer transitions. We start each search with a randomly generated
model and then randomly perturb the seismic wave speeds and thickness of up
to three crustal layers by sampling from truncated Gaussian prior distributions.
Uncertainty estimates are derived from posterior probability distribution, which
is computed from the prior information on model parameters and the likelihood
function according to Bayes’ theorem.
Model parameter priors are truncated to exclude unrealistic models based on
global results of active-seismic surveys [93] and laboratory measurements [148].
Specifically, we remain conservative and restrict crustal shear velocities to the range
2.0-4.5 km/s and we also exclude models with crustal P-wave speeds larger than
9.0 km/s or smaller than 3.3 km/s (these are average speeds in relatively thick
crustal layers). Mantle P-wave and S-wave speeds are limited to the range of 7.2-9.6
km/s and 4.3-4.8 km/s, respectively. Based on Brocher et al.’s ( [148]) compilation,
Vp/Vs ratios are limited between 1.53 and 2.00. The crustÕs thickness may range
between 10 km to 75 km. Since we include only a few layers (up to three) in the
crust, seismic speeds are forced to increase with depth.
We start each search with a simple starting model and then randomly perturb
the seismic wave speeds and thickness of up to three crustal layers by sampling
from truncated Gaussian prior distributions. Once a perturbed model is generated,
subsurface PRFs are computed for both the initial model and the perturbed model.
The McMC chain is constructed using a standard Metropolis-Hasting algorithm
using a squared-misfit likelihood function including a data-derived covariance
matrix accounting for correlated noise (e.g. [138,155,156]). Details on the likelihood
function and the covariance matrix can be found in Appendix C. The choice of the
covariance matrix affects the estimated model uncertainty. We compare three types
of widely-used covariance matrix (uniform diagonal, nonuniform diagonal and full
matrix) in Appendix C. Not surprisingly, numerical experiments (see Appendix C)
suggest that a full covariance matrix can can simulate errors in stacked subsurface
(and surface) PRFs better than diagonal covariance matrices. Using uniform
variance or uncorrelated variances may result in underestimated model parameter
uncertainties. Our experiments suggest the uncertainties estimated using a diagonal
matrix can be as small as 50% of the uncertainties estimated using more realistic
noise statistics (see Appendix C). Full covariance matrix was used in our analysis.
For each McMC search, we compute the probability of accepting the newly
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generated model as the ratio of the likelihood between the new model and the
previous model. If the ratio is higher than 1 (i.e. the likelihood of the new model is
higher than the likelihood of the previous model), the new model is always accepted.
If the ratio is between 0 and 1, the new model will be accepted with such probability
(i.e. Lnew /Lprevious ). The next perturbation starts with this model. The process
is repeated and the accepted models form a chain. Constructing multiple (5-10)
chains with hundreds of thousands of sampled models (about two million models
in total for each station) provides a suite of reasonably well-fitting models and
an importance sampling of the model-parameter posterior (under the assumption
of the model parameterization - no more than three layers and no seismic wave
speed inversions). We can marginalize the posterior to estimate the posterior
distributions for crustal thickness and average crustal shear speed using the data
derived covariance matrix to account for data noise. We summarize the marginal
distributions using confidence ellipses calculated follow algorithms from [157].
Fig. 4.8 is a comparison of the McMC search results using synthetic surface and
subsurface PRFs. Covariance matrices used in the test surface PRFs and subsurface
PRFs were derived from observations at station BYRD. We fixed ice-layer properties
in both searches to assure a fair comparison. We can directly compare McMC results
of surface PRFs with those from subsurface PRFS. Both posterior distribution
are centered on the synthetic target model average speed and crustal thickness.
The center of error ellipses for both surface PRFs and subsurface PRFs are very
close to the true values. However, error ellipses for subsurface PRFs are smaller
and the marginal distributions for crustal thickness (Fig. 4.8c) and average crust
shear-wave speed (Fig. 4.8d) are narrower width for subsurface PRFs. Formally,
since uncertainties caused by incorrect ice-layer properties are not included in the
McMC calculation, the uncertainties computed from McMC do not include the
effects of ice property uncertainty. We use synthetic tests to explore the impact of
using incorrect ice-layer properties to compute subsurface PRFs (see Fig. C.9 in
Appendix C). For modest variations in the ice properties (a 5%, 0.1 km error in ice
thickness or a 5%, 0.1 km/s error in ice shear velocity), the McMC results converge
to the correct range of model parameters. Incorrect ice-layer properties shift the
error ellipses a distance smaller than the original estimated uncertainties. Large
errors in the assumed ice structure produce noticeable artifacts in the PRFs and
thus can be identified as part of the data processing.
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4.3.2 Results
We show waveforms and velocity models estimated using the observations from
station BYRD in Fig. 4.9 as an example (complete results for the other nine stations
are documented in Appendix C). For station BYRD, better fitting models (higher
probability, darker dots in Fig. 4.9a show that average crustal shear-wave speed
correlates negatively with crustal thickness, which is a pattern observed for all
other stations. This observation can be attributed to the velocity-thickness tradeoff
intrinsic to receiver functions with a limited ray-parameter range. Sample predicted
waveforms associated with the average of all models in the McMC chain are shown
in Fig. 4.9b. Since the model-data relationship is nonlinear, averaging models is
not guaranteed to produce a good-fitting model, but in this case, the model fits
comparably to the better fitting models in the chain. To account for layer thickness
differences, the models were sampled at 1 km intervals during averaging. The
result (Fig. 4.9 c) is a higher-dimensional model than those included in the search,
but the consistency of the better fitting models in the chain reduces complexity
associate with this mapping. The average model includes a mid-crust transition
and a relative sharp crust-mantle transition. Although surface PRFs were not
included in the inversion, we computed synthetic surface PRFs using the averaged
model (Fig. 4.9 d) as an additional consistency check. The predicted surface PRF
waveforms agree well with the stacked surface PRF observations. The same is not
true at all stations.
For E028, synthetic surface PRFs do not agree with the surface PRF observations
well and we suspect that the differences are caused by sedimentary layers that are
not well modeled using thick layers and subsurface PRFs (see Fig. C.18 in Appendix
C). The waveform fits for both surface and subsurface PRFs are also not optimal
at station SIPL suggesting significant heterogeneity in the crust and possibly in
the mantle as well (see Fig. C.17 in Appendix C). At station SIPL, we observed
secondary peaks in marginal distribution that are possibly caused by cycle skipping
that correspond to unlikely models (extreme average speeds and thicknesses) and
are easy to eliminate on a geologic basis. Crustal thickness and related uncertainties
are listed in Table 4.2. In general, our results compare well with those results from
other studies, including independent S-wave receiver function analyses. At station
SUMG, for which we estimate a crust-mantle transition depth between 44-52 km,
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which is typical for a stable Precambrian shield. The result agrees well with the
estimate from [13], but is thicker than the value of [11]. For the stations GM02 and
GM05, our estimates of Moho depths are deeper than pervious studies. The crustal
thickness estimates for most stations have relatively large uncertainties (∼ ±4 km)
due to the correlation (trade-off) between the layerÕs seismic velocity and layer
thickness. A exception is station E028, the uncertainty in Moho depth is 20 km
due to limited data.

4.4 Discussion and Conclusions
Our primary goal in this work is to explore and to demonstrate the potential
for subsurface receiver function analysis in regions of thick ice cover. Using ten
examples we have shown how subsurface PRF analysis can isolate the response from
the lower crust and upper mantle while removing the large-amplitude reverberations
from shallow low-velocity ice layers. Subsurface PRF arrival times of converted
phase and multiples are the same as those of a surface PRF recorded at a virtual
station located at the reference depth. Although the amplitude of the subsurface
PRF is different from the surface PRF, the subsurface PRF is affected by the
structural parameters in the same manner as that of the surface PRF. In general,
a subsurface PRF can be treated as a scaled surface PRF recorded at a virtual
station at a reference depth with initial P-wave removed and some added complexity
associated with the ice cover in the multiples.
The effective subglacial shear velocity measured by minimizing early arrival
energy on subsurface PRFs is an indicator of subglacial upper-crustal structure
and can identify stations with thick near-surface sedimentary structures. Our
effective subglacial shear velocity measurements agree with previous estimates at
the same locales. Unfortunately, but not surprisingly, due to limited bandwidth,
subsurface PRFs alone cannot uniquely determine detailed structure of subglacial
sediments (the same is true for surface observations without ice). However, our
numerical experiments and the examples from ten seismic stations located on ice
sheets suggest the effective subglacial shear velocity measurement contribute some
useful information on the subglacial near-surface structure.
We used a simple McMC search using subsurface PRFs to constrain simple
models of the crust and to quantify the associated uncertainties. Although using
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a few constant-velocity layers is a rough approximation of the often-complex
subsurface geology, the structural estimations derived from subsurface PRFs beneath
ice-covered stations provide first-order information on subglacial structure. Most of
our estimates from the ten example stations corroborate previous findings in this
regard. Integration of the subsurface PRFs with complementary information such as
surface PRFs, shear-wave receiver functions, surface-wave dispersion observation and
ellipticity measurements can reduce uncertainties in structural investigations. With
no new information added to the process, careful investigations of the subsurface
structure using a fixed ice layer have been able to resolve some of the subsurface
features (e.g. [125]). Isolating the response of the deeper structure with a subsurface
PRF allows the analyst to see the signals that constrain the deeper structure and
better assess the appropriateness of a particular model of the deeper structure.
Therefore, the approach has the potential to greatly ease the analysis of many wellrecorded P-wave observations that have been difficult to interpret using standard
surface-receiver functions approaches.
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Table 4.1: Ice-Crust-Mantle Test Model
Description
Ice
Crust
Mantle

Vs (km/s)
1.9
3.5
4.6

Vp (km/s)
3.8
6.0
8.0
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Vp/Vs
2.00
1.71
1.74

Thickness (km)
2.0
35.0
-

Table 4.2: Summary of results obtained and comparison with previous studies. The Moho Depths listed are 95% confidence
intervals and referenced to the base of ice sheets. The quality labels for each station are based on waveform complexity
and waveform fits. ∗ Ice thicknesses are from BEDMAP2 [6]. ∗∗ a. [7]; b. [8]; c. [9, 10]; d. [11]; e. [12]; f. [1]; g. [13].
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Station

Latitude

Longitude

BYRD
QSPA
SUMG
GM02
GM05
N140
N215
P061
SIPL
E028

-80.02
-89.93
72.57
-79.43
-81.18
-82.01
-78.90
-84.50
-81.64
-76.31

-119.47
144.44
-38.46
97.58
51.16
96.77
59.99
77.22
-148.96
154.04

Ice∗ Subglacial Moho
(km)
Vs; Vp
Depth
(km/s)
(km)
2.2
3.4; 5.8
28 ± 2
2.9
2.9; 4.8
36 ± 4
3.1
3.3; 5.6
48 ± 4
2.8
3.3; 5.5
52 ± 3
3.5
3.3; 5.5
57 ± 5
2.8
3.3; 5.6
49 ± 4
3.5
3.5; 5.9
41 ± 3
3.2
3.3; 5.6
44 ± 4
1.0
1.8; 3.3
22 ± 3
1.6
3.1; 5.2
44 ± 20

Previous Studies∗∗
Moho Depth
(km)
24 ± 2b ; 27f
34f
d
39 ; 49g
42 ± 5a ; 39 ± 1c
49 ± 6a ; 47 ± 2c
46 ± 4a ; 46 ± 1c
49 ± 6a ; 45 ± 2c
43 ± 5a ; 43 ± 1c
27 ± 10b
45 ± 4a ; 44 ± 2c ;37e

No. of PRFs
Surface;
Subsurface
85; 74
195; 192
132; 113
50; 46
33; 24
135; 97
71; 68
84; 71
77; 77
16; 13

Quality
Signal;
Result
A; A
A;A
B; B
B; C
C;C
B;C
C; C
B; B
B; C
B; D
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Figure 4.1: Station locations (black triangles) and ice thickness maps in Antarctica
(left) and Greenland (right). The colors on land show ice thickness variations. In
oceans, the colors indicate the bathymetry. Station codes are listed adjacent to the
corresponding location triangles.
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Figure 4.2: Ray paths and synthetic waveforms using the ice-crust-mantle model
and the crust-mantle model. (a) Ray paths of the direct P-wave (the thin black line),
the converted phase from Moho (the dashed line), and ice-layer reverberations (gray
lines) using the ice-crust-mantle model. Thick black lines identify layer boundaries.
The gray and black triangles indicate the depth of corresponding waveforms in (b).
(b) Synthetic waveforms computed using the ice crust-mantle model (1)-(4) and
the crust-mantle model (5). The waveforms represent (1) narrowband (Gaussian
1.0) surface PRFs; (2) broadband (Gaussian 5.0) surface PRFs; (3) narrowband
subsurface PRFs at the base of the ice layer; (4) broadband subsurface RFs at
the base of the glacier; (5) surface PRFs. Narrowband waveforms (1) and (3) are
amplified by 2.8 times to adjust for amplitude differences caused by the Gaussian
filters. The two dashed lines indicate the expected arrival time of Moho converted
phase at the surface (right line) and at the base of the ice layer (left line).
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Figure 4.3: Comparison of surface and subsurface PRF synthetic waveforms for a
range of crustal thickness. (a) Narrowband surface PRFs computed using ice-crustmantle models. The amplitude of all narrowband waveforms is multiplied by 2.8
to account for the Gaussian filter differences. The dashed line shows the expected
arrival time for the converted phase from the crust-mantle boundary (we account
for the extra travel time in the ice layer). (b) Broadband surface PRFs simulated
using crust-mantle models. The dashed lines indicate the expected arrival time at
the surface of crust-mantle models for the Moho converted phase and multiples.
(c) Narrowband subsurface PRFs calculated from ice-crust-mantle models. The
amplitude for these narrowband subsurface PRFs is amplified by 2.8 times. (d)
Broadband subsurface PRFs computed from ice-crust-mantle models. The dashed
lines in (c) and (d) indicate the expected arrival time at the base of the ice layer of
ice-crust-mantle models for the Moho converted phase and multiples.
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Figure 4.4: Synthetic waveform comparison of a 35 km (black lines) and a 45
km (gray lines) crust for surface PRFs (a) and subsurface PRFs (b). (c) Signals
differences (percent difference between a 35 km crust PRF and a PRF computed
for a variation in crust thickness normalized by the 35 km crust PRF signal power)
as a function of crustal thickness difference respect to 35 km for both surface PRFs
and subsurface PRFs. The narrower quadratic for subsurface PRFs indicates the
signals are more sensitivity to crustal thickness changes than surface PRFs.
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Figure 4.5: Subsurface PRFs computed using different subglacial shear velocities
and the corresponding early-arrival energy measurements for a synthetic model and
observations from station BYRD. The model true subglacial shear velocity is 3.4
km/s. (a) Stacked subsurface PRFs processed using a group of subglacial shear
velocities. Each subsurface PRF waveform was averaged with eight subsurface
synthetic PRFs using different ray parameters. (b) Stacked subsurface PRFs
computed using a set of subglacial shear velocities. Each subsurface PRF was
averaged with all the acceptable signals from the analysis of station BYRD. (c)
Normalized early arrival (before zeros seconds) energy measured from waveforms in
(a) for different subglacial shear velocities. The early arrival energy is normalized
by the maximum energy of the curve; you can see the relative amount of energy in
the raw signals. (d) Similar to (c) but using real data from station BYRD. Each
sample in (d) was computed from 74 waveforms.
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Figure 4.6: Normalized early arrival energy as a function of subglacial shear velocity
for all the stations examined in this study. To facilitate comparison, the arrival
energy values were normalized using the maximum energy of each curve (the value
differs from curve to curve in the range of 0.007-0.016 s−2 in which station GM02 is
the smallest). Each data point in a curve was computed from a minimum of dozens
to a maximum of more than one hundred signals.
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Figure 4.7: Surface and subsurface PRFs at station BYRD as a function of ray
parameter (steeper incidence angles at the bottom). Gray solid lines are PRFs
computed from individual teleseismic events; the black solid lines are averaged PRFs
within ray-parameter ranges: 0.06-0.08 s/km for the upper black line, 0.05-0.06
s/km for the central black line, and 0.04-0.05 s/km for the bottom black line.
Dashed lines show expected arrival time of different phases using the one-layer
velocity model from [1]. (a) Surface PRFs at station BYRD. Black dashed lines
show the arrival times of Ps, PpPs and PpSs+PsPs phases at the surface. Gray
dashed lines are for reference. (b) Subsurface PRFs at station BYRD. Black dashed
lines show the arrival times of Ps, PpPs and PpSs+PsPs phases at the base of the
ice layer.
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Figure 4.8: McMC search results for synthetic surface PRFs and subsurface PRFs
using data-derived covariances computed for station BYRD. The velocity model
can be found in Table C.4 in Appendix C. Model parameters of the ice layer were
fixed. (a) Crustal thickness of all the velocity models constrained by surface PRFs
as a function of averaged crust shear-wave speed, Vs. Dashed lines indicate true
values. The ellipses are error ellipses represent 95% confidence interval (outer) and
68% confidence interval (inner). (b) same as (a), but the velocity models were
constrained by subsurface PRFs. (c) Prior and marginal distributions of crustal
thickness. (d) Prior and marginal distributions of average crust shear-wave speed.
The prior distributions in (c) and (d) extend beyond the plot limits. Dashed lines
indicate true values.
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Figure 4.9: McMC search results for signals from station BYRD. (a) Crustal
thickness of all the velocity models as a function of averaged crust shear-wave speed,
Vs. The ellipses are error ellipses represent 95% confidence interval (outer) and 68%
confidence interval (inner). Each dot represents one velocity model. Darker dots
have larger probability than lighter ones. Top and right panels show the marginal
distributions. (b) Predicted subsurface PRFs (black lines) of the McMC-averaged
model in (c) and stacked subsurface PRF observations (gray lines, same as in Fig.
4.7a). (c) The shear velocity profile of the McMC-averaged model is shown with the
black line. Gray lines indicate two standard derivations (95% confidence interval).
(d) Predicted surface PRFs (black lines) of the McMC-averaged model and stacked
surface PRF observations (gray lines, same as in Fig. 4.7b) (surface PRFs were not
used in the McMC analysis).
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Chapter 5 |
Aftershocks of the 2012 Off-Coast
of Sumatra Earthquake Sequence
5.1 Introduction
Across most of the Earth, plate boundaries are well defined geologically and
well delineated by seismic activity. The boundary between the Australian and
Indian Plates is one of a few exceptions. Seismicity across the Indian Ocean
Basin is characterized by diffuse activity that does not define a clear boundary
(e.g. [158]; [159]). Some patterns are clear, for example a change in deformation
style occurs from west to east across the Ninety-East (90E) Ridge - compressive
deformation to the west and strike-slip deformation dominating in the Wharton
Basin to the east [159]. The focus in this work is the northernmost Wharton Basin,
which experiences a NNW oriented compressive stresses as a result of slab pull
associated with subduction of the Indian Ocean lithosphere along the Sunda Arc,
the continental collision between the India and Eurasia plate to the north, and ridge
push associated with Southeast Indian Ridge [159]. The region has hosted numerous
observed large intraplate earthquakes (e.g. [160–163]), none is more spectacular
than the 12 April 2012 sequence that began with an MW 7.3 earthquake in January
and culminated with two great earthquakes, an MW 8.6 and an MW 8.2, separated
spatially by about 200 km and temporally by about two hours (e.g., [164–169]).
The events are located westward of the recent large-magnitude megathrust activity
that began with the 2004 Great Sumatra-Andaman Island (MW 9.2) earthquake
(e.g., [170]).
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Early analyses of the 2012 aftershock patterns and rupture identified substantial
complexity and indicated that significant slip must have occurred along numerous
faults (e.g. [171]). The sequence was a surprise [172]. It occurred several hundred
kilometers seaward of the active plate boundaries. The April 11, 2012 MW 8.6
(GCMT, [173]) earthquake is both the largest strike-slip faulting event and the
largest intraplate earthquake that has been seismologically recorded [166, 174]. Two
hours later, a MW 8.2 strike-slip earthquake struck the same general intraplate
region. At least five fault segments [171] participated in the compound large-event
sequence. Previous studies have debated on the basic parameters of the MW 8.6
mainshock. A rupture speed of 2 km/s was inferred by Yue et al. [171], although
a later study claimed supershear-rupture of 5 km/s [169]. Notable differences in
the fault system were included in early investigations of the ruptures [166, 169, 171].
Previous studies all agree that the rupture was complicated and involved numerous
structures.
Now, roughly five years following the main strain release, information from
aftershocks can be exploited to explore the intraplate structures activated during
these impressive earthquakes. In the years since the mainshocks, aftershock activity
has continued and the initial, complicated seismicity patterns have become slightly,
but not completely well defined. The USGS catalog includes epicenter locations
and depths for several hundred of events. Although of limited spatial extent,
high-resolution bathymetric investigations provide some interesting clues to the
involvement of en echelon fracture-zone reactivation and conjugate fracture-zone
and shear-zone in earthquake deformation across the region (e.g. [5, 175, 176]). In
this work, we explore the patterns in the USGS earthquake locations and the GCMT
faulting geometries, and then use a surface-wave-based precise, relative epicentroid
location technique [21, 177] to better quantify spatial relationships of events within
several of the key subclusters that comprise the overall complex aftershock pattern
of this important earthquake sequence.

5.2 Earthquake Catalog Aftershock Patterns
We examined the seismicity information in the USGS Comcat and ISC catalogs,
and the faulting geometry in the Global Centroid Moment Tensor (GCMT) Catalog
to investigate the aftershock sequence of these great oceanic, intraplate earthquakes.
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We begin with a descriptive review and then integrate our relocation results with
catalog information later in the discussion.
The 2012 aftershock pattern reflects the complexity of the initial faulting, and
lacks any clear indication of long simple structures originating near the epicenters
of either of the two great earthquakes (Fig. 5.1). Instead, the aftershocks spread
within a two-dimensional pattern stretching from near the Sumatra Trench to
the Ninety-East Ridge and between the latitudes of roughly 1.5N and 4.5N. The
region is covered in several kilometers of Bengal-Fan sediments that obscure all but
the largest bathymetric features that could provide more clues to the structures
participating in the deformation. The 2012 aftershock zone has linear dimensions
on the order of 500 km and encompasses roughly 200,000 km2 . Many of the
aftershocks occurred within the first week, immediately showing the complexity of
the strain release of the large events and the complex strain distribution within the
Indian-Ocean lithosphere. Early strain release (first day) covered an area roughly
130,000 km2 . The evolution of the pattern in time since the mainshocks has clarified
the overall geometry of a number of the subclusters. But the nature of each cluster
remains diffuse, in some regions, only partly a result of uncertainties in the location.
USGS epicentral locations for roughly 730 events within the region occurring
since 01 January, 2012 are shown in Fig. 5.2. We extracted hypocenters from the
catalog within a polygon defined by the epicentral patterns extending west from
the accretionary prism to and including the 90E Ridge within the rectangular
region bounded by corners at (-7N, 84E) to (7N, 96E). The figure shows aftershock
patterns as they evolved from one week to one month to one year following the
event. The fourth panel shows the 2012 foreshocks and all events in the sequence
into January 2017 (roughly four and one half years). Most of the area that would
eventually be involved in the strain release were active within the first week, and
the difference between one month and one year is minimal. The USGS event depth
estimates are dominated by 511 events with fixed depths at 10 km, but of the 212
remaining all are shallower than 40 km, and most are shallower than 35 km. The
great majority of earthquakes without fixed depths are located below the oceanic
crust.
Over the last five years some longer lineations are apparent within the aftershocks,
including (P, Fig. 5.2d) one stretching about 140-150 km with an azimuth of roughly
25N, which is not that different from the GCMT point source model strike of 17N
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for the Mw 8.2 event. As is commonly the case in remote regions, the trend is not
precisely defined by the epicenters and considerable spread in the epicenters leaves
open the possibility that the trend is formed by numerous faults in an en echelon
formation. Even more diffuse is a roughly 200 km pattern (Q) including the Mw
8.6 epicenter oriented in a direction of roughly 314N, which corresponds roughly to
the plane striking 289N in the GCMT point source model. A 90 km long lineation
(U) extends in a direction of 30N and intersects the NW-SE mainshock trend about
50 km from the mainshock. A spatially distributed cluster of activity (V) about
190 km southwest of the mainshock epicenter strikes in a direction of 300N for
about 100 km but is also about 40 km wide orthogonal to that trend. A cluster
north of the mainshock (W) strikes roughly 350N and extends for roughly 130 km.
Far to the west, several clusters appear to have ruptured features within the 90E
ridge, an area of hot-spot modified oceanic lithosphere that corresponds to one
of the most dramatic bathymetric features on Earth. Sub-clusters of that region
include a roughly 100 km long segment (X) striking 300N that intersects an 85-km
long segment striking 30N (Y), and a region that can only be described as a 40 by
50 km zone of seismicity (Z). In addition to these relative large features, several
smaller clusters are apparent.
Catalog earthquake locations in the surrounding region and the GCMT solutions
for the two great earthquakes are shown in Fig. 5.1. Seventy-six events from the
aftershock region are included in the GCMT catalog. Thirty-one events had fixed
centroid depths (15 or 12 km), 45 had free depths. Of the 45 earthquakes with depth
estimates, the depths range from about 55 to 12 km, and most events had depths
shallower than 35 km, with the notable exceptions of the two great events which
had point-source centroid depth estimates in the range of 45 to 55 km. No obvious
spatial pattern is associated with the depths. Most of the events are strike-slip in
nature and the compressional direction associated with the deformation is NNW
and the relative tension direction is ENE. A handful of reverse faulting events
was included in the aftershock sample and they generally are near the Sumatran
subduction zone (they formally locate outboard of the trench) and show trench
perpendicular compression. The compressional direction from the GCMT faulting
geometry estimates is consistent with sea-floor-bathymetry-constrained orientations
of normal faults within the shear zones conjugate to the fracture zones.
Relocation of all aftershocks is an obvious long-term goal, but acknowledging
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that the best relocated events will be the largest events, which have the most
observed arrival time measurements and the best azimuthal coverage, we focus on
relocating moderate and strong aftershocks along with the major foreshock and
Mw 8.2 great event. Specifically, we use surface-waves to relocate the moderate
and large events in the sequence. Although we investigate more than fifty event
locations, this number is inadequate to define broad patterns within the aftershock
sequence. The moderate-magnitude events provide clues to the internal structure
of several of the interesting aftershock clusters apparent in the less precise USGS
aftershock locations. We focus on sixty-one strike-slip earthquakes located within
the aftershock clusters to explore whether the diffuse nature of the overall seismicity
pattern continues to smaller spatial scale within each of the clusters.

5.3 Surface-Wave Observations and Method
We searched the Global CMT catalog in the Sumatra region and excluded earthquakes off the Indian-Australian Plate. Most of the off-Sumatra aftershocks are
strike-slip events, accompanied by one normal faulting event and four reverse faulting events. As described in [21], locating events with different faulting geometry
require additional corrections for source phase, so we focus our effort on a sixty-one
strike-slip faulting earthquakes. Relative surface wave arrival times can be complicated by changes in strike and dip of the strike slip events, but we examine all the
azimuthal time shift patterns to insure the data are consistent. For the most part,
time difference from nearby event pairs show consistent sinusoidal variation, which
is associated with the relative position of the event epicentroid.
Our analysis procedure is similar to [21]. We correlate short-arc Rayleigh
waves and Love waves seismograms to measure the relative time shifts between
similar waveforms. We use intermediate period (80-30s period) signals recorded at
stations operating the the time of the event and downloaded from the Incorporated
Research Institution for Seismology (IRIS) Data Management Center (DMC).
The instrument-response was removed from the seismograms through a frequencydomain deconvolution. This bandwidth is chosen for several reasons: first, the
group slowness in this band is relatively constant for oceanic lithosphere, which
simplifies the location analysis; second, the noise in this band is relatively low; third,
the period range is relatively insensitive to modest changes in source depth; fourth,
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the long wavelengths allow linking across relatively long distances. All waveforms
were visually inspected and assigned a quality grade based on the signal-to-noise
ratio and character of the surface waves. The selected waveforms were graded from
A (best) to F (worst) by visual inspection of the signal quality. Waveforms with
quality better than C are used for further analysis.
The surface waves were isolated from the seismogram using a slowness window of
(0.20 to 0.25 s/km) and signals from nearby (within 150 km radius) events recorded
at the same station were cross correlated to estimated the relative time shifts for
an interconnecting network of event pairs. Based on previous studies [21, 177],
only waveforms having normalized cross-correlation values larger than 0.9 from two
similar events are used in earthquake relocation. The relative time-shifts from the
higher quality waveforms are used in a linearized inversion of double-difference time
shifts to constrain relative earthquake epicentroid locations. Since we are using
signals with wavelengths of several hundred kilometers, our inversion is in terms
of the event spatial and temporal centroids and we use the term epicentroid to
represent the location on Earth’s surface above the rupture’s spatial centroid. For
simplicity, we refer to the time shifts as origin time shifts, since most events are
small the the centroid and origin times are close. Double differences are calculated
for all linked events and an iterative, nonlinear, inversion for the change in latitude,
longitude, and origin time is solved using a truncated SVD. Double-difference
partial derivatives are computed assuming a uniform slowness (spatially and for
the entire bandwidth). We usually select the slowness value by using a grid search
and choosing the value that produces the smallest changes in location relative to
the origin locations. This often leaves the centroid of all the epicenters changed
only slightly. The inversion includes no direct absolute location constraints, but in
practice the initial locations (ISC epicenters) provide some a priori information. For
inversion result assessment, individual event-pair patterns are visually inspected to
check the quality of the data, which should exhibit a sinusoidal pattern for events
with similar mechanisms and depths.
The inversion for relative earthquake locations is the same as that used in [177]. A
spherical-earth version of the double-difference earthquake relocation approach [178]
is applied to measurements from short-arc surface waves. A linearized inversion is
constructed relating the observed and predicted surface-wave arrival time differences
to changes in earthquake epicentroid position and origin time. A constant slowness
97

is assumed since the first-order seismic structure variations between events are
negligible for the 30-80 s period range in which time shifts are measured. We
use slownesses of 0.257 s/km for Rayleigh wave and 0.223 s/km for Love wave
measurements based on a global dispersion model [37]. We tested the results
using a range of reasonable slowness values to verify that the general patterns in
the relocations are only mildly sensitive to the specific slowness assumed. Larger
slowness values produce longer location shifts from the ISC catalog, lower slowness
values lead to shorter location shifts. Comparisons of the results using different
slowness values are described in the discussion section. Similar to [177], we allow
earthquakes within 150 km to be linked as long as at least 12 common stations
are available. A linking criteria based on the azimuth distributions of stations was
also applied to assure linked events have a sufficient azimuth coverage. After three
iterations, the misfit to observations improved significantly as shown in Fig. 5.3.
The double-difference RMS corresponding to the relocations is between 1 s, roughly
25% the initial spread. The mean misfit for the final locations is 1.0 s, much
smaller than an initial offset of 3.6 s. We have visually examined data fits for all
the linked event pairs. The azimuthal coverage is not optimal for some smaller
events due to sparse station coverage to the south. However, a visually recognizable
cosine pattern exists for most events (we ignore poorly constrained events in our
subsequent discussion).

5.4 Results
Fig. 5.5 is a map of the relocated epicentroid location (center of focal mechanisms)
and the original ISC locations (yellow circles). At this scale, the difference in many
locations is modest but as described above, the new locations fit the observations
significantly better than the initial locations. Since the location changes are too
small to show for the entire study area, we separate the relocated events into several
small clusters. We summarize the overall location shift from the ISC catalog in
Fig. 5.4. Origin times after relocation did not change dramatically except for a few
events and the average origin time shift from the ISC catalog times is zero. With one
exception, the relocated epicentroids shifted less than 26 km. The 2012/04/29 event
(Mw5) was shifted 46 km. Even for that event, located near the center of the study
area, the visual fit to the observed time shifts after inversion is good. On average the
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epicentroid locations shifted about 10 km from the initial ISC locations (the median
shift was 8 km). The standard deviation of the location shift is 8 km.The location
changes are about two times smaller than similar investigations of earthquakes
along oceanic fracture zones [21, 177]. We computed formal least-squares error
estimates assuming uncorrelated and uniform data variance of two seconds (double
our final RMS misfit). Most uncertainties are less than three kilometers and the less
well-constrained epicentroids are roughly twice that in both latitude and longitude
directions. While these formal uncertainties are useful for identifying the better
constrained data, they are approximated since they exclude information on faulting
geometry and slowness uncertainties. The estimated uncertainties are comparable
to what has been found at oceanic transform fault boundaries, where bathymetry
corroborates the results. In general, we feel that less than five kilometers is a
reasonable estimate of the epicentroid uncertainties - including insight gained
from our experiments with varying the slowness. To explore the relocations, we
examine eight event clusters identified in Fig. 5.5. Little of the aftershock region
has detailed bathymetric information making simple bathymetric validation of the
trends difficult. Only one region has detailed bathymetry, so we begin our review
of the location clusters with Cluster B.

5.4.1 Cluster B
We begin with cluster B, because it is the only region with high-resolution bathymetric information. We can use this information to test the consistency of locations
similar to what was done by [21,177] using oceanic transform bathymetry. In Fig. 5.6,
we overlay background seismicity and relocated earthquakes onto a fracture- and
shear-zone map that was derived from high-resolution bathymetry and refection
survey [5]. Although we have limited absolute location information, event B1 (Mw
8.2) locates in the vicinity of the large fractures zones mapped and inferred along
the sea floor. Only three relocated events show any indication of nearby alignment
- B1 (2012/04/11, Mw 8.2), B2 (2012/04/16, Mw 5.3) and G3 (2015/05/14, Mw
5.7). The GCMT faulting geometry for each of the three events has a plane well
aligned with the fracture zone strikes. However, the epicentroid trend does not align
with either focal mechanism strike, nor the fracture-zones, and instead indicate en
echelon fault ruptures roughly parallel to the overall fracture-zone trends. Back-
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projection results also associate northward rupture along two nearby structure with
the Mw 8.2 (B1) event (e.g. [171]). A nearly north-trending rupture on a few en
echelon faults can explain relocated aftershock locations, GCMT focal mechanism,
bathymetry and reflection survey and back-projection observations. The depth of
these three events (17-25 km, USGS NEIC) are well beneath oceanic crust though
the uncertainties in depth estimate are large. Surface waves from the Mw 8.6 main
shock obscured body wave observations from the Mw 8.2 event making waveform
estimation of the depth challenging. Events B4 is offset east from the three-event
cluster by about 20 km, which may indicate that as much as 20-30 kilometers
of nearby fracture zones participated in the large event. Event B5 is off to the
west, and appears consistent with seismic failure along the conjugate shear zones
identified by [5]. The unlabeled event is discussed with the cluster D, located south
of this region. Changing the slowness moves the events around slightly, but never
moves events B1-B4 out of the fracture zone region, nor B5 from the shear zone
environment, and does not alter any of the relative location trends of the events.
The biggest impact is on repositioning the cluster centroid by less than about 10-15
km.

5.4.2 Cluster A
Subcluster A (Fig. 5.7) contains the epicentral region of the MW 8.6 mainshock.
The large event will not correlate with the moderate-size events because of the
substantial difference in frequency content for events of such different seismic
moment. Thus we cannot provide precise locations of events relative to the MW 8.6
mainshock (green focal mechanism). In fact, this region has hosted only five
strike-slip events. Five of the six events seem to align along an arc oriented NNW
roughly in the direction of compression for the GCMT faulting geometry (almost
45◦ off the strike of either plane in the GCMT focal mechanisms). Backprojection
and finite fault models (e.g. [171]) suggest failure of a large structure oriented
closer to the GCMT strike directions than the sparsely aligned epicentroid locations
in this cluster. We do not think these epicentroids identify a single signficant
structure. Our locations again suggest en echelon faulting, and show little evidence
of aftershock activity on any large scale features in the MW 8.6 epicentral region.
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5.4.3 Cluster C
Short and long period analyses [164] of the MW 8.6 suggested that mainshock slip
also occurred in the region of Cluster C (Fig. 5.8). Relocation brings the four
moderate-size aftershocks within Cluster C into a near-linear alignment, but again
the alignment is in a direction (NNW) that is at odds with the individual event
faulting geometries. The sparse information again suggests that the aftershocks are
occurring along en echelon structures adjusting to slip that occurred during the
mainshock.

5.4.4 Cluster D
Subcluster D (Fig. 5.9) is presumably along the southern extent of the the MW 8.2
rupture zone. The data are again sparse, but align as if they are occurring
along strands of the fracture zones identified near the great earthquake’s epicenter
(Subcluster B). The overall aftershock alignment is oriented roughly 20-30N, which
agrees with some of the aftershock fault plane strikes and the estimated strike for
the mainshock, 17N, is generally compatible with the trend. One pair of events,
an Mw 4.9 (11 August, 2012) and Mw 5.6 (21 August, 2012), located near (92E,
0N) align closely in an east-west direction consistent with one of the GCMT fault
planes. The 30 strongly correlated waveforms for these two events are azimuthally
well distributed, but the distance between the events is very small (the estimate is
2-3 km), and so an east-west azimuth is preferred, but uncertain. Regardless, these
events are almost certainly on the same structure, whether is aligns east west or
north south.

5.4.5 Cluster E
Observations are sparse for Cluster E (Fig. 5.10), which provided six surface-wave
relocateble aftershocks. The general trend of epicentroid locations is 325N, which
again is difficult to reconcile with the orientation of the GCMT faulting geometry
estimates. The two easternmost events do not link to many other events, but do link
to a well connected event slightly north. The location of the southernmost event
may not be well located because the correlations do not form a tight, consistent
cosine pattern. The easternmost event shows a reasonable pattern that indicates it
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is east of the trend formed by the other events.

5.4.6 Clusters F and G
Clusters F and G (Fig. 5.11) are located within the Ninety-East Ridge. Only one
pair of events are closely aligned along one of the GCMT strikes. However, the
relocation of one of two is not well constrained due to lack of event links. The
depths of these events range from about 12 to 30 km. We observe some systematic
Love and Rayleigh wave difference in misfit for the deepest event, but the overall
sinusoidal pattern is robust. Whether the effect is a result of differing fault strikes or
depth is unclear. In any case, the epicentroids form a T-shaped pattern with trends
that align in a roughly north-south and ESE-WNW directions. The alignments
do not correlate with the GCMT focal mechanisms, which are consistent with the
mechanisms throughout the aftershock area.

5.4.7 Cluster H
Cluster H (Fig. 5.12) is located north of clusters F and G, and consists of four
relocated strike-slip events. Three of the four events have depth estimates (the fourth
was fixed) and all are roughly at about 25 km depth. Again, the centroid locations
do not form a simple consistent pattern with the fault orientations contained in
the GCMT catalog. Even three events within 10-20 km of each other do not show
any simple pattern.

5.5 Discussion
The 2012 sequence aftershocks show a complex fault system that includes several
long linear epicentral patterns (Fig. 5.2) that may be associated with the great events
of 2012. But when examined closely, our moderate-magnitude epicentroids combined
with the broadly consistent and coherent estimated GCMT faulting geometries,
show that the trends are more complex than simple thoroughgoing faults. The
relationships between location patterns and GCMT faulting geometry (which we
believe is accurate) is much more complex than what is seen in typical oceanic
transform environments where the epicentroid location shows superb consistency
between the centroid locations and GCMT faulting geometry estimates [21, 177].
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The great earthquakes in the 2012 sequence must have ruptured structures at
least a few 10’s of kilometers long, and probably some of those structures likely
approached one hundred kilometers in length. But no such structures are well
illuminated by moderate-size aftershocks. In the epicentral region of the mainshock,
the alignments are inconsistent with the mainshock faulting geometry, which is of
course complicated because it is an average of the moment tensors representing
multiple subfaults involved in the rupture (e.g. [164, 171]). The aftershock faulting
geometries are generally consistent with the mainshock estimate, but not with the
trends of aligned epicentroids. And the aftershock trend is oblique to the presumed
trend of the fractures zones within the oceanic lithosphere. We suspect that the
aftershocks are occurring along nearby structures, following, but offset from the
main structure that failed during the Mw 8.6.
Near the Mw 8.2 event, the situation may be more clear. In the USGS epicenters, a 220 km long linear trend of events can be identified striking roughly 16N,
compatible with the GCMT Mw 8.2 event strike, and not too far from the strike
of fracture zones in the region (Fig. 5.5). Our precise relocations suggest that the
event strike and fracture-zone trends differ enough to require en echelon rupture of
at least two fracture zone segments (e.g. [5]). The relocated epicentroids in Clusters
B and D suggest that if the Mw 8.2 occurred along these structures, perhaps
as many as three strands of the fracture zone system participated. Although it
may appear to a casual view of the original aftershock trend, this is not a simple
model of an earthquake rupture. Aftershocks along this trend suggest a rupture
propagating 140 km to the SSW and possibly 80 km to the NNE. The southernmost
seismicity in this pattern occurred later in the sequence (so it may simply represent
aftershock area expansion, e.g. [179]). The distance from the MW 8.2 earthquake
and the southernmost aftershock that we can locate is about 140 km. If the rupture
propagated south for that distance, using the GCMT moment and assuming a
mean shear modulus of 40 GPa would indicate a mean slip of 15 to 20 meters
corresponding to a assumed seismogenic zone depth of 35 to 25 km, respectively.
The P-wave back projections suggested a compact, but northward directed rupture
for this event [171]. If we include the 80 km NNE of the Mw 8.2 epicenter, then
the rupture length is roughly 220 km and the slip estimates would decrease to 10
to 15 m. Although these slip estimates are reasonable, the overall rupture model is
not simple and favoring failure along this trend as opposed to a less obvious NNW
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rupture is weak. In fact, Hill et al. [180] used seismic and geodetic observations to
suggest that the slip along most segments in the 2012 sequence, including the Mw
8.2 mainshock slip occurred along the NNW striking structures conjugate to the
fracture zones. Thus the aftershocks we analyze may simply illuminate segments of
fractures zones stressed during the mainshock slip.
The remaining epicentroid clusters show a similar pattern to the Mw 8.6. Some
trends are apparent, but the alignment of the GCMT faulting geometry and the
epicentroid trends is uncommon. Much of the aftershock sequence thus appears to be
occurring along structures that likely have an en echelon pattern. Interestingly, the
modified crust of the Ninety East ridge shows a similar complexity to the Wharton
Basin lithosphere in that no large thoroughgoing structures appear to be exhibiting
the deformation. Our locations suggest that the diffuse nature of the clustering
aftershock activity is not an artifact of location, but is an intrinsic characteristic of
the deformation during the 2012 earthquake sequence. The magnitude and temporal
patterns that have evolved over the last five years also show some interesting
character.
The temporal history of aftershock activity is reviewed in Fig. 5.13, which
includes a magnitude time line and an Omori decay histogram. We used a bin
width of 28 days for the event counts and the Omori display is clipped - the number
of events in the first bin (including the great events) includes 400 events. Roughly
45% of the aftershocks occurred in the first week, 58% in the first month, and 78%
in the first year. The aftershock decay pattern is not steady, occasional moderate
and strong events within the aftershock area produce aftershock sequences within
the tail of the overall distribution. An interesting apparent periodicity seems to
dominate the first few years of the sequence, which may suggest tidal triggering.
The decay of aftershocks for the 2012 sequences seems relatively sluggish. Following
a rapid decay in the number of aftershocks in the first week to month, the decay in
subsequent years is hard to detect, and quite difficult to measure (Fig. 5.13). A
slow decay is consistent with rate-state friction models [181] or viscous dissipation
processes (e.g. [182]) that suggest that the decay rate of aftershocks is inversely
related to stress or tectonic loading processes. Stein and Liu [183] used these ideas
to explore the possibility that large intraplate earthquake aftershock sequences may
in fact last for hundreds of years. The time scales here are much shorter, simply
a few years, but the observed roughly constant pattern in aftershock activity is
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consistent with a decay of aftershock activity and with what is expected to be a
slow strain accumulation across this intraplate region.
Fig. 5.14 is a plot of the USGS magnitude distribution of the aftershocks. For the
analysis, we used a magnitude bin width of 0.5 units, the results are similar for a bin
width of 1.0. The magnitude distribution is not fit with a linear decay and a simple
Bath’s Law as is often the case for large continental intraplate earthquakes. Given
the difference in the strain release pattern with a standard mainshock-aftershock
sequence it is not surprising that the usual pattern is not found. Between magnitudes
of 4.0 to 6.5, the b-value is reasonably well approximated by unity (solid line in
the figure). The numbers, however, are consistent with what would typically be
observed following a magnitude 7 mainshock. The number of events with smaller
magnitudes is substantially lower than that expected for the large events in the
sequence. The dashed lines project from the mainshock magnitude and one unit
less (roughly accommodating Bath’s Law) with a slope of minus one. Both lines
suggest that we might have expected substantially more aftershocks than were
observed. The pattern shows that similar to oceanic transforms (e.g. [184]) and deep
earthquakes [185], the 2012 aftershock sequence produced many fewer aftershocks
than expected. Only the large size of the two great earthquakes induced the
hundreds of events observed across this broad region.
The 2012 great earthquakes were unusual and so it is no surprise that the
aftershock patterns are also unusual. Perhaps the lack of aftershocks illuminating
large structures is a result of a relatively uniform lithospheric structure (compared
to plate boundary and continental regions) around what are likely young faults
(e.g. [180]). A lack of heterogeneity may result in a lack of focusing of stress onto
smaller structures that commonly in other systems host aftershocks. Although not
all, some have argued for super-shear rupture during the great events, which is also
consistent with observations of a lack of aftershocks in regions suspected of super
shear rupture along continental transform faults.

5.6 Conclusion
The relative relocation of roughly 60 moderate-earthquake epicentroids suggests
that the faulting involved in the 2012 off-shore Indonesia sequence occurred in a
region populated with many short fault segments. Unlike observed patterns along
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relatively mature transform faults, the relocated events seldom align along simple
linear trends that are compatible with the strikes of the faults as estimated by the
GCMT catalog. The lack of long, coherent structures suggests that the aftershocks
are accommodating strain adjustments off nearby, but off the larger structures that
participated in the 2012 great earthquakes. The sequence shares several traits with
intraplate and oceanic earthquakes, a relatively low number of aftershocks and a
relatively slow decay of the aftershocks. Taken together, models of the rupture and
the patterns in the aftershocks suggest that the formation of the boundary and
eventual localization of deformation between the Indian and Australian plate is a
complicated process.
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Figure 5.1: Regional seismicity of the off-Sumatra region between January 2012 and
February 2016. Focal mechanism from GCMT catalog are shown with red (strikeslip and one normal faulting) and gray (reverse faulting) beach balls. Magnitude
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Figure 5.2: Map of USGS seismicity showing intraplate events in the vicinity of
the 2012 earthquake sequence. Events with magnitudes less than 7 are identified
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white circles scaled to roughly the area expected for their magnitudes. The panel
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January, 2017.
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Figure 5.8: Same as Fig. 5.7, but for relocated epicentroids in subcluster C.

114

0˚30'

0˚20'

0˚10'

0˚00'

km
−0˚10'

0

92˚00'

10

20

92˚20'

Figure 5.9: Same as Fig. 5.7, but for relocated epicentroids in subcluster D.

115

92˚40'
4˚10'

93˚00'
4˚10'

km
0

10

20

4˚00'

4˚00'

3˚50'

3˚50'

3˚40'

3˚40'

3˚30'

3˚30'

3˚20'

3˚20'

3˚10'

3˚10'
92˚40'

93˚00'
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Chapter 6 |
Directions
Our knowledge of Earth structure and earthquake processes will advance with
future investigations. Based on the work presented in this dissertation on both
earth structure and earthquake parameter estimation, several directions are clear.
The simplest science is a repeated application of the same methodology to other
data sets. The simultaneous inversion of multiple geophysical observations for
crust and upper mantle structure that we used in the western and eastern United
States regions can be easily applied to other areas that have good seismic station
coverage, such as Alaska, China, Japan, Europe, Australia, India, Southeast Asia
and Southern Africa. Reliable seismic models produced with these techniques
could help deepen our understanding of local subsurface geology and also expand
the information on global seismic structure needed to for the basis of large-scale
inferences on the origin and evolution of the continents. Additional application
lead to better understanding of the relationship between subsurface structure and
surface geology over a range of spatial scales. In fact, our application of surface-wave
based relocation techniques (Chapter 5) is a simple application of the work developed by Michael Cleveland to an interesting and important earthquake sequence
that occurred off-shore Indonesia. Continued application and development of the
methodology for relocating and analyzing earthquakes within other fault systems
(oceanic transform faults, continental intraplate earthquakes and subduction zones)
will most certainly shed light on earthquake processes and may contribute to seismic
hazard assessment.
As with any large-scale analyses, a number of smaller research targets are
identified as the work progresses. During our analysis of P-wave receiver functions
in Chapter 2 and 3, we noticed clear signals from mantle transition zone. The
121

signals show converted phase from 410 km and 660 km transition and more complex
secondary responses that are likely due to structural variations between 410 km
and 660 km. Waveform modeling of this part of the signal may provide important
information on perhaps more subtle aspects of the mantle transition zone. Given
the large number of quality of the seismic records from EarthScope Transportable
Array, we may also be able to image the lateral variations of the mantle transition
zone. More work could also extract valuable information on transitions within the
lithosphere and the lithosphere-asthenosphere transition, perhaps using downwardcontinued P-wave receiver functions.
Multiple, complementary data sets are clearly an important way to improve
constraints on the subsurface structure. We have used shorter-period observations
than any other group working on the scale of the continent (measurements made
by Robert Herrmann of Saint Louis University). The estimates can be improved
by adding additional complementary observations such as surface wave ellipticity,
P-wave travel time observations, and downward-continued receiver functions. The
surface-wave ellipticity may provide additional data constraints on near surface
structure, which is often difficult to constrain and is associated with significant
lateral heterogeneity. Body-wave travel times could add additionally constrains in
the upper mantle. Subsurface receiver functions can be used to constrain crustmantle transition beneath thick basins that usually mask deeper signals. Many
efforts to add this information is underway - constructing models consistent with
larger data sets will remain an important and long-term goal of the seismological
community for some years.
In my earth imaging analyses I have ignored the effects of anisotropy (we tested
it for the ice modeling) and so that is one avenue where future efforts may improve
the results. Adding earth curvature to the gravitational computations could also
enable some of the long wavenumber fits to improve, but such features are not
obviously a result of density variations (flexure and dynamic mantle motions likely
contribute). Finally, the ultimate goal of inversions such as those performed here
is to begin to include 3D computations directly in the imaging process. Others
have been pursuing this for some time, but across the bandwidth we employed, the
computations are still prohibitive, and for some features, the data are still not good
enough to allow too much flexibility in the model.
In Chapter 4, we used the full data covariance matrix to more accurately
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quantify noise in receiver functions and to improve the estimates of uncertainty
in the models. The work was undertaken in response to a reviewer criticism
after the paper was submitted for publication. Although we applied the complete
uncertainty analysis to downward-continued receiver functions application to the
more common problem of surface receiver function analysis is straight forward. In
fact, the ease with which MCMC analyses can be applied in a number of established
seismogram inversion approaches (e.g. regional moment tensor analyses) suggests
that more meaningful uncertainties can be computed with some modest changes
in standard seismological analysis approaches. In general, improved uncertainty
estimation in geophysical imaging is an important direction for future work since
we almost never can produce unique results. We can use data derived covariance
information to calculate uncertainties for both linearized inversion and stochastic
simulations. At this point, even a comparison of linearized-inversion-derived and
stochastic-simulation-derived uncertainty is useful. Exploration of the impact of
model parameterization on uncertainties is another area worth exploring, at least
somewhat. As they have for decades, geophysicists will continue to struggle with
uncertainty, slowly refining our subsurface images and gradually improving our
understanding about where the results are good, and where they need more work.
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Appendix A|
Supporting Information for Inverting Interpolated Receiver Functions with Surface-Wave Dispersion and Gravity: Application
to the western US and adjacent Canada and Mexico
A.1 Introduction
The supplement includes material to facilitate a deeper reading of the main article,
including an animation of the receiver-functions that efficiently compares the
single-station-stacked and interpolated wavefields. Tests of the receiver-function
interpolation parameters are included for six representative values of the averagingwidth parameter and we include a map to compare the spatial wavenumbers
associated with variations in receiver functions and surface-wave dispersion. We
also include synthetic tests results that explore the interaction between near-surface
scattering structure and receiver-function interpolation using simple one-dimensional
models. To help interested readers explore the data fits efficiently, we include a map
to identify the model “cell” numbers used in the plots of observed and predicted
P-wave receiver functions and Rayleigh-wave dispersion. Fits to the dispersion
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and gravity data are summarized using maps of the observed and predicted groupvelocity variations, and the observed and predicted Bouguer gravity anomalies. The
final 3D shear velocity model is shown at a full suite of depth-slices to facilitate
identification of the features mentioned in the main manuscript. The model
clustering analysis is clarified with a full display of the correlation dendrogram and
a map that provides a convenient identification of the tectonic provinces associated
with each model cell. For those interested in exploring or using the model, we include
files containing the 3D models in unflattened formats. A model format description,
Python and Fortran codes to interpolate the models are also included. A Fortran
code to convert the model files to a model96 format for Computer Programs in
Seismology is also included. The velocity/density model covers the latitude range
from 25◦ to 55◦ N and the longitude range from 97◦ to 127◦ W. Information in the
offshore regions is severely limited, the primary region of the model is onshore; the
velocity model below 150 km is not well constrained due to lack of observations.
We also provide some details on the earth-flattening transformation used in the
inversion.

A.2 Synthetic Tests
In regions of lateral near-surface heterogeneity, our supposition is that laterally
smoothing the receiver functions enhances the signals from the deeper structures
that produce the spatial coherence obvious in the receiver function animations. To
show that in this case the interpolated receiver functions contain predominantly
the effects of the deeper-laterally coherent structure using full 3D computations
is beyond the scope of this initial application. But at the suggestion of reviewers
we performed some approximate tests using synthetic seismograms computed for
one-dimensional structures. Such tests cannot be definitive, but support our
supposition.
First, an artificial seismic network with 100 distributed stations (10-by-10 2D
array with 70 km station spacing) was used to mimic the network configuration
surrounding the majority of receiver-function observations used in Chapter 2 (i.e.
the TA). For each station, we simulated P-wave receiver functions from twenty-layer
models using the same depth grid of the first 20 layers in the 3D inversion models.
We used a reference model extracted from the 3D model and the S-wave velocity and
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density were computed using empirical relationships mentioned in Chapter 2. To
mimic receiver-function back-azimuthal variation, we constructed receiver functions
from different back-azimuths using different sedimentary responses (top layer).
Specifically, a perturbed velocity profile was assigned to a set of 24 15-degree backazimuthal bins. The P-wave velocity of the first layer for each bin was perturbed
according to a zero-mean Gaussian distribution with a standard deviation of 0.25
km/s. The seismic structure around a station was represented by randomly sampling
20 back-azimuths from the distribution of back-azimuths observed for the set of all
TA stations. Ray parameter was varied randomly within the narrow ranges that
we use in our stacking. Typically, the process results in sampling about ten backazimuthal bins for each “station”. The velocity profiles corresponding to the selected
back-azimuth bins were used to compute the synthetic P-wave receiver functions
and represent the observations for a particular “station”. In this way, the uneven
event distribution is considered. Additional three-dimensional scattering effects
are approximated by adding a randomly selected observed transverse-component
receiver function to the simulated radial receiver function.
The simulated receiver functions were stacked at stations. The station-stacked
receiver functions (Fig. A.6 left panel) show similar noise level to actual observations
in Chapter 2 Fig. 2.3. Then the same simulated receiver functions were interpolated
following the approach used in Chapter 2. An interpolation width-parameter pair,
d1 of 150 km and d2 of 250 km, was used. The interpolated receiver functions (Fig.
A.6 right panel) extracted the coherent signals from the stacked receiver functions.
The interpolated receiver functions are nearly identical to the receiver function
response generated from the reference model. Results for broader band receiver
functions (Gaussian 2.5) also show a similar performance, extracting a coherent
signal (Fig. A.7), which is nearly identical to the response from the reference model.
Second, we performed a simple synthetic test that ignores the back-azimuthal
variations at each “station”, which makes for a harder test of the method. At
different stations, the velocity and thickness of the sedimentary layer were randomly
perturbed. The P-wave velocity of the sedimentary layer was perturbed according
to a 3.5 km/s Gaussian distribution with a standard deviation of 1 km/s and the
S-wave velocity and density were computed using empirical relationships mentioned
in Chapter 2. The thickness of the sediments was perturbed according to a zeromean Gaussian distribution with a standard deviation of 0.5 km. The thickness of
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the layer below the sediments was adjusted so that the deeper structure remains
the same. Randomly generated, unrealistic velocities (Vp ≤ 2 km/s) were excluded.
Results from one simulation are shown in Fig. A.8. Even in this limited test, the
interpolation greatly simplifies the station-interpolated receiver functions compared
to the station-stacked receiver functions. The interpolated receiver functions are
similar to the responses computed from the reference model, the stacked receiver
functions show much more variation. Results for broader band receiver functions
(Gaussian 2.5) show a similar performance (Fig. A.9).

A.2.1 Seismic Network Configuration
We investigated the performance of the interpolation algorithm for other network
configurations. Two Portable Array Seismic Studies of the Continental Lithosphere
(PASSCAL) networks were used, more specifically, Batholith Broadband network
(network code XY) and Canadian Rockies and Alberta Network (network code Y5).
The XY network has an average station spacing of 12 km and was deployed for two
years in central British Columbia, Canada. The Y5 network in Alberta, Canada,
has a larger average station spacing (about 150 km) and was deployed in 2D, which
is different from the linear configuration of the XY network.
The stacked receiver functions are compared with the interpolated receiver
functions for a range of interpolation parameters (Fig. A.10-A.11). By changing the
interpolation parameter, we control the lateral sampling length of receiver functions.
For example, if d1 of 150 km is used, inherent receiver function responses from
velocity anomalies with lateral extent less than 150 km will be suppressed by the
interpolation. The sequences in Fig. A.10-A.11 show that we can separate receiver
function signals caused by velocity variations of different scales. When the receiver
function observations are simultaneously processed with other observations, the
interpolation parameters should be selected to match the lateral sampling length
between observations.
From an inverse modeling perspective, the difference between an intra-station
stacked receiver function and an inter-station interpolated signal is complexity.
When even the single-station stack is relatively simple, the added complexity
produces the small oscillations in the resulting velocity model that are seldom
interpreted but difficult to remove by smoothing the model (and one often wonders
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what their effect may be on using the model). When an intra-station stack is
complex, we may not fit it well at all in the 3D inversion and the net result on the
3D model is hard to see because we (and others producing similar models) use a few
colors to display a large range of speeds and even first-order features are difficult to
see in detail. But careful comparison shows the inter-station interpolated receiver
function models are less complex (and smoother) than the intra-station stacked
results.

A.2.2 Earth Flattening Transformation
Earth flattening transformations are not unique and several are used in the literature.
Suppose r = R − zs where R is the radius of the Earth and zs is the depth in a
spherical Earth. The flattened P-wave velocity αf is
R
(A.1)
r
where αs is the unflattened P-wave velocity. The flattened S-wave velocity βf is
αf = αs

R
r
where βs is the unflattened S-wave velocity. The flattened density is
βf = βs

(A.2)

r
ρf = ρs ( )2.275
(A.3)
R
The flattening transformation for density is suitable for Rayleigh wave. If a
flattened model is required for other waves, you may need to transform from the
provided spherical model.
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Figure A.1: Observed and predicted Bouguer gravity observations. Except the
four-cell-wide computation buffer where gravity is not used in the inversion to
avoid edge effects, the gravity data are recovered well. Gravity data were filtered
to removed broad features that may reflect mantle dynamics as much as a density
variation.
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it is difficult to choose a specific period of dispersions that samples the same velocity
variations as a time-slice of receiver functions. However, the comparisons of the
receiver-function wavefield at a lag time with the group-velocity maps that have
overlapping depth sensitivity can provide a general sense of lateral sensitivity of
the two observations. The spatial extent of the dispersion and receiver function
variations shown in this figure are comparable.
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Figure A.3: Representative shear-velocity slices through the 3D model. Dark lines
show the physiographic boundaries. Warm colors show relatively slower regions,
cool colors indicate relatively faster regions. Although the colors are constant, the
velocity range in each figure varies substantially. The anomalies show a combination
of variations in sedimentary basin and crustal thickness with lateral variations in
shear-wave speed within the crust and mantle.
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Figure A.4: Automated model clusters generated using a simple Euclidean length
cluster algorithm. Dark lines show the physiographic boundaries [Fenneman,
1917]. The large cell size prohibits resolution of smaller provinces, but the rough
correspondence of the clusters to geologic regions are (1) Oceanic; (2) Gulf of
California region; (3) NW Pacific Coast-Range System; (4) Northern Basin and
Range; (5) Southern BR Region; (6) Colorado Plateaus; (7) Columbia River Plateau
Region; (8) Northern Rocky Mountains; (9) Middle and Southern Rocky Mountains;
(10) Great Plains; (11) Williston and Denver Basins; (12) Canadian Craton; (13)
Gulf Coast Basin. The velocity profile within each cluster is summarized in Fig.
2.4 of Chapter 2.
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Figure A.5: Dendrogram of the shear velocity model detailing the structure of
the clusters. Significant differences in terms of the Euclidean distance are found
between major geologic provinces. CP means Colorado Plateau, and BR represents
Basin and Range. The colors separate the clusters with a cutoff value of 0.65 km/s.
We can clearly see some clusters are over-divided. Note the clusters shown in Figure
S9 are a simplified version of those color-coded in this figure. Some major clusters
are labeled according to the distribution of the clusters with different cutoff values,
which is not shown.
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Figure A.6: Comparison of synthetic test receiver function stacks (left) and interpolation (right) for a Gaussian width parameter of 1.0. Structural azimuthal
variations were considered in the calculation. The red lines show the response from
the reference model. The time shifts occurred every 10 waveforms on the right
panel were caused by edge effects.
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Figure A.7: Same as Figure S11, but using a Gaussian width parameter of 2.5.
Azimuthal structural variations were considered in the calculation.

135

Stacked

Interpolated

5 0 5 10 15 20 25 30 35 40
Time (s)

5 0 5 10 15 20 25 30 35 40
Time (s)

Figure A.8: Comparison of synthetic receiver function stacks (left) and interpolation
(right) for a Gaussian width parameter of 1.0. Azimuthal structural variations were
ignored in the calculation. Red lines identify the response from the reference model.
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Figure A.9: Same as Figure S13, but using a Gaussian width parameter of 2.5.
Azimuthal structural variations were ignored in the calculation. Red lines identify
the response from the reference model.
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a)

b)

Figure A.10: Station map (a) and interpolated receiver functions (b) for XY network
(Batholith Broadband Network) using different interpolation parameters. From left
to right, the first panel shows the stacked receiver functions. The second panel
shows the interpolated receive functions with d1 = 5 km and d2 = 10 km. The
third panel uses d1 = 10 km and d2 = 20 km. The 4th panel uses d1 = 20 km and
d2 = 40 km. The 5th panel uses d1 = 40 km and d2 = 80 km. The 6th panel uses
d1 = 80 km and d2 = 150 km. The last panel uses d1 = 150 km and d2 = 250 km,
which is used in Chapter 2.
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a)

b)

Figure A.11: Station map (a) and interpolated receiver functions (b) for Y5 network
(Canadian Rockies and Alberta Network) using different interpolation parameters.
From left to right, the first panel shows the stacked receiver functions. The second
panel shows the interpolated receive functions with d1 = 5 km and d2 = 10 km.
The third panel uses d1 = 10 km and d2 = 20 km. The 4th panel uses d1 = 20 km
and d2 = 40 km. The 5th panel uses d1 = 40 km and d2 = 80 km. The 6th panel
uses d1 = 80 km and d2 = 150 km. The last panel uses d1 = 150 km and d2 = 250
km, which is used in Chapter 2.
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Figure B.1: Comparison of EARS crustal thickness results from the raw data (a)
and the spatially smoothed version (b).
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Figure B.2: Crustal thickness maps from four models.
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Figure B.3: Average crustal Vp speed map, uppermost mantle Vp speed map and
histograms of crustal and uppermost mantle Vp velocity.
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Figure B.4: Average uppermost mantle Vs speed map with the SLU catalog showing
as green beachballs.
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Figure B.5: Comparison of original uppermost mantle Vs speed map (a) with the
pressure-corrected Vs map (b).
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Figure B.6: Automated model clusters generated using a simple K-means cluster
algorithm. The rough correspondence of the clusters to geologic regions are (0)
Oceanic; (1) Western Mississippi Embayment; (2) Southern Basin and Range
Region; (3) Southern Interior Plains; (4) Atlantic Plain; (5) Western Interior
Plains, Appalachian Highlands and Interior Highlands; (6) Central Interior Plains;
(7) Southeastern Canadian Shield. The velocity profile within each cluster is
summarized in Fig. B.7.
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Figure B.7: Earth model clusters constructed using a K-means cluster algorithm.
Southern regions are shown on the left, regions from the interior of North America
toward the right. Velocity profiles within the cluster are sorted from north to south
by row (line lines in a book). Dots shows seismicity from the USGS NEIC catalog
before February 2016.
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C.1 Wavefield Downward Continuation
The formula for wavefield downward continuation have been documented elsewhere
such as [87] and [135]. We briefly review the equations for wavefield downward
continuation for completeness. Assuming a plain-layer isotropic velocity model
with m layers (layer 1, 2, 3, ... m starting from the surface), wavevectors at the
base of layer m can be represented as a function (Eq. C.1) of surface displacements,
horizontal phase velocity and model parameters of the velocity model in frequency
domain [150].
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ẇ0 /c

=J

(C.1)
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 Ωm − Ω00m 
 0 




Ω0m + Ω00m
0
In Eq. A.1, ∆0m is downgoing P wavevector, ∆00m is upgoing P wavevector, Ω0m
is downgoing S wavevector, Ω00m is upgoing S wavevector, u0 is surface radial
displacement, w0 is surface vertical displacement, c is the horizontal phase velocity
and J is a 4 by 4 matrix. The matrix J can be computed using
−1
J = Em
am am−1 · · · a1
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(C.2)

−1
with the explicit form of matrix Em
and am given in [150]. Assuming a reference
velocity model, all the terms on the right side of Eq. C.1 are known. P and S
wavevectors at a reference depth (base of layer m) can be calculated with Eq. C.1.

C.2 Likelihood Function & Receiver Function Error
Statistics
The likelihood function is a function of misfit and the data covariance matrix.
1
L(m) = A exp(− (G(m) − dobs )T C −1
e (G(m) − dobs ))
2

(C.3)

in which C e is the data covariance matrix, A is a factor related to C e , G(m) is the
predicted waveform for model m, dobs is the observed waveform, and T represents
vector transpose. Since only the ratio of likelihood is used in the MCMC search,
we did not compute the factor A explicitly. Earlier studies [138, 155, 156] suggested
errors in surface PRFs are temporally correlated. Three types of data covariance
matrices are commonly-used including uniform-variance diagonal, nonuniformvariance diagonal and full matrix forms. Using the uniform variance covariance
matrix assumes that data noise in PRFs is uniformly distributed with time and
independent. A uniform variance covariance matrix equals the identity matrix
multiplied by a constant estimate of the data variance (average variance of the data).
A nonuniform-diagonal covariance matrix accounts for the temporal variation of
noise but still assumes the noise is uncorrelated - diagonal elements equal to the timedependent data variance. The full covariance matrix takes the temporal variation
of data variance and the temporal correlation of noise into consideration. The
full covariance matrix has off-diagonal elements which are computed directly from
observations. We used the Numpy function numpy.cov to estimate the covariance
matrix for the suite of PRFs - a matrix is formed with columns consisting of the
PRFs and the covariance matrix is estimated using the product of the matrix with
its transpose. To visualize differences of these three types of covariance matrices,
we compute synthetic error using all three types of covariance matrices derived from
observations at Station BYRD. As shown in Fig. C.1, synthetic error computed
using this covariance matrix exhibit similar variations as the data, much better
than the diagonal approximations.
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The full covariance matrix can be used to account for the noise correlations in
the likelihood calculation during the MCMC search. To compute likelihood using
the full covariance matrix, the inverse of the covariance matrix is required. Since
the covariance matrix is usually singular, we compute the inverse of the covariance
matrix using singular value decomposition [138]. Eigenvalues that are more than
10−3 times [138] smaller than the highest eigenvalue are truncated. We compared
MCMC search results that used different types of covariance matrices (Fig. C.2).
The results indicate that using uniform variance or diagonal covariance matrix
in the likelihood function underestimates the uncertainties of model parameters.
For the example shown in Fig. C.2, uncertainties obtained with uniform variance
covariance matrix are only about 50% of those using full covariance matrix.

C.3 Synthetic Tests
The following tables show velocity models that we used for synthetic experiments.
The figures in this section show synthetic test results for various velocity models.
Fig. C.3 compares subsurface PRF waveforms processed with correct and incorrect
ice-layer properties. Fig. C.4 shows subsurface PRFs downward continued though
two ice layers and waveforms that treat two-layer ice as one layer. Fig. C.5 explores
the effect of anisotropic ice for a two-layer ice model for different bandwidths. Fig.
C.6 shows how the measured subglacial shear velocity changes with upper crust
layer thickness and upper crust shear velocity for narrowband signals. Fig. C.7 is
the same as Fig. C.6 but uses broadband signals instead. Fig. C.8 shows the prior
distribution of crustal thickness and averaged crust shear-wave speed. Fig. C.9
shows MCMC results when incorrect ice thickness and ice shear velocity were used.

C.4 Analysis Results
The following figures show a velocity model summary, a 1D velocity profile, fits to
subsurface P-wave receiver functions, and a comparison of observed and predicted
surface P-wave receiver functions at nine stations (results for station BYRD are
shown in the main text). The surface P-wave receiver functions were not used in
the modeling but the fits of the models to those signals are shown. Included in the
captions to each figure are comments about the observations and the quality of
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fit using crustal models with a few layers. The general form of each display is (a)
Crustal thickness of all the velocity models in the Markov chain as a function of
averaged crust shear-wave speed, Vs. Each gray dot represents one velocity model.
Red dots identify a selection of the best fitting models that are shown in (b)-(d).
The black ellipses represent 95% confidence (outer) and 68% confidence (inner)
intervals and the top and right panels show the marginal distributions estimated
using the importance sampling of the MCMC approach. The confidence regions and
marginal are associated with the two-or-three-layer crust model parameterization.
(b) Predicted subsurface PRFs (black lines) of the MCMC-averaged model and
stacked subsurface PRF observations (gray lines). (c) Shear velocity profiles of the
MCMC-averaged are shown with the black line. Gray lines indicate two standard
deviations (95% confidence interval). (d) Predicted surface PRFs (black lines) of
the average model and stacked surface PRF observations (gray lines). The surface
PRFs were not used in the MCMC inversion.
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Table C.1: Model S1, the model parameters are from Wittlinger & Farra (2015)
Description
Ice Layer 1
Ice Layer 2
Crust
Mantle

Vs (km/s)
2.02
1.53
3.5
4.6

Vp (km/s)
3.98
3.98
6.0
8.0

Vp/Vs
1.97
2.60
1.71
1.74

Thickness (km)
1.73
1.00
35.0
-

Table C.2: Model S2, the model parameters are from Wittlinger & Farra (2015)
Description
Ice
Crust
Mantle

Vs (km/s)
1.83
3.5
4.6

Vp (km/s)
3.98
6.0
8.0

Vp/Vs
2.18
1.71
1.74

Thickness (km)
2.72
35.0
-

Table C.3: Model S3
Description
Ice
Upper Crust
Lower Crust
Mantle

Vs (km/s)
1.83
2.8
3.5
4.6

Vp (km/s)
3.98
4.72
6.0
8.0

Vp/Vs
2.18
1.68
1.71
1.74

Thickness (km)
2.72
10.0
35.0
-

Table C.4: Model S4
Description
Ice
Upper Crust
Lower Crust
Mantle

Vs (km/s)
1.93
3.4
4.0
4.6

Vp (km/s)
3.76
5.5
6.9
8.0
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Vp/Vs
2.00
1.63
1.73
1.74

Thickness (km)
2.16
14.2
11.2
-
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Figure C.1: Comparison of synthetic data noise using different types of covariance
matrices and real data. Thick black lines are stacked subsurface PRF observations
at station BYRD for ray parameters between 0.05 and 0.06 s/km. Thin black lines
show one standard deviation error bounds. Red lines represent synthetic noise
computed with uniform variance, nonuniform diagonal, and full covariance matrix
on top of the stacked waveform for (a), (b) and (d), respectively. Red lines in (c)
show individual subsurface PRFs prior to stacking.
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Figure C.2: Comparison of MCMC results using different covariance matrices.
Synthetic subsurface PRFs from the same model as in Fig. 4.8 were used. The
covariance matrices were obtained from observations at station BYRD. (a), (d)
and (g) correspond to uniform variance; (b), (e) and (h) correspond to a nonuniform, diagonal covariance matrix assumption; (c), (f) and (i) correspond to a full
covariance estimate. (a), (b) and (c) show accepted velocity models from MCMC
searches. The ellipses are error ellipses represent 95% confidence interval (outer)
and 68% confidence interval (inner). The color scales for (a), (b) and (c) are the
same as that in Fig. 4.8. Marginal distribution of crustal thickness are shown in
(d), (e) and (f). Marginal distribution of average crustal shear-wave velocity are
presented in (g), (h) and (i). Dashed lines indicate true values.
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Figure C.3: Synthetic waveforms of subsurface PRF processed using incorrect ice
thicknesses (a) and incorrect ice shear velocities (b) in the reference model. The
Vp/Vs ratio is fixed for (b). The velocity models are perturbed based on the
Ice-Crust-Mantle model (Table 1) in the paper. Results for the correct ice model
are shown at the middle trace in each panel.
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Figure C.4: Comparison of surface and subsurface PRF synthetic waveforms for a
range of crustal thickness using two layers in the ice. (a) Surface PRFs computed
using the model S1 in Table C.1. (b) Subsurface PRFs downward continued to the
base of the first layer of the ice using the model S1. (c) Subsurface PRFs downward
continued to the base of the second layer of the ice using the model S1. (d) Same
as (c) but using the model S2 in Table S2 for downward continuation.
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Figure C.5: Comparison of surface (a, b) and subsurface (c, d) PRF synthetic
waveforms for isotropic (model S1) and anisotropic ice models (model S1 with 4%
Vp anisotropy and -6% Vs anisotropy in the second ice layer with the c-axis in the
vertical direction) using two bandwidths Gaussian 1.0 (a, c) and Gaussian 5.0 (b,
d). The anisotropic subsurface PRFs used synthetic waveforms from the anisotropic
ice model but downward continued with the isotropic model S1.
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Figure C.6: Effective subglacial shear velocities measured from synthetic waveforms
using model S3 in Table C.3 with a series of different upper crust thickness (a)
and shear velocity (b). A Gaussian filter with a width parameter of 1.0 was used.
Numbers adjacent to curves in (a) represent upper crust layer thickness of the true
model. Numbers adjacent to curves in (b) show upper crust shear velocity of the
true model. Gray lines indicate the effective subglacial shear velocities that have
minimum early arrival energy. The upper crust shear velocity is fixed at 2.8 km/s
in (a). The upper crust layer thickness in (b) is fixed at 10 km. The estimated
speed depends on the shallow structure, but represents a vertical average of the
material properties.
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Figure C.7: Similar to Fig. C.6, but use Gaussian filter with a width parameter of
5.0. The upper crust shear velocity is fixed at 2.8 km/s in (a). The upper crust
layer thickness in (b) is fixed at 3 km.
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Figure C.8: Prior distributions of crustal thickness and average crust shear-wave
velocity. Gray dots show crustal thickness of all the sampled velocity models as a
function of averaged crust shear-wave speed. Top and right panels show the prior
distributions.
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Figure C.9: MCMC search results processed using incorrect ice-layer properties.
The velocity models are changed based on Model S4 (Table C.4). The format of the
figure is similar to Figure 4.8b. (a) The reference model has an ice thickness of 0.1
km smaller than the correct value. (b) The reference model has an ice thickness of
0.1 km larger than the correct value. (c) The reference model has an ice shear-wave
speed of 0.1 km/s smaller than the correct value. (d) The reference model has
an ice shear-wave speed of 0.1 km/s larger than the correct value. Ice thickness
uncertainty estimates are often less than 0.1 km.
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Figure C.10: MCMC search results for signals from station QSPA. We consider
these results quality A. The predictions are slightly higher frequency than the
observations because of the limited number of model parameters, but generally fit
the main features in the observations well. The models are relatively consistent
and the surface receiver function fits are acceptable.
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Figure C.11: MCMC search results for signals from station SUMG. We consider these
results quality B primarily because the subsurface receiver functions are relatively
featureless. The signals suggest minimal sharp seismic boundaries beneath the site
including a gradual crust-mantle transition. The surface receiver function fits are
quite good, but the signals come from almost all ice.
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Figure C.12: MCMC search results for signals from station GM02. We consider
these results quality C since our fit to the subsurface receiver functions is poor for
the initial part of the signal. The data may require more detailed modeling of the
ice-basement transition. The fit to the surface receiver functions is not bad, but
degrades with time Ð this suggests lateral variation in the near-surface structure
(ice or shallow subglacial basement).
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Figure C.13: MCMC search results for signals from station GM05. We consider
these results quality C since our fit to the subsurface receiver functions is marginal.
The data may require more detailed modeling of the ice-basement transition. The
fit to the surface receiver functions is not bad Ð the difference in frequency content
suggests our shallow, sharp boundaries overestimate the abruptness of the nearsurface material property changes.
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Figure C.14: MCMC search results for signals from station N140. We consider
these results quality C. We do not fit the subsurface PRFs very well. The fit to the
surface receiver functions is reasonable.
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Figure C.15: MCMC search results for signals from station N215. We consider
these results quality C since our fit to the subsurface receiver functions fails to
match the large amplitude signals. The fit to the surface receiver functions is not
bad. The difference in frequency content suggests our shallow, sharp boundaries
overestimate the abruptness of the near-surface material property changes.
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Figure C.16: MCMC search results for signals from station P061. We consider
these results quality B. The subsurface receiver functions are small, but the major
features are matched and the MCMC constraints reasonably tight. The fit to the
surface receiver functions is good, but the signals come almost exclusively from all
ice.
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Figure C.17: MCMC search results for signals from station SIPL. We consider these
results quality C because the subsurface receiver functions are complex and the fits
to the surface receiver functions are not very good. Still, the long-period features
are matched and the large amplitude signals require a strong contrast between
the glacial and subglacial domains. The deeper parts of the model are less well
constrained.
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Figure C.18: MCMC search results for signals from station E028. We consider
these results quality D because of the limited data available and large uncertainties
in model parameters. The subsurface receiver functions are well matched, but the
fit to the surface receiver functions is not very good.
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Appendix D|
Supporting Information for Revisiting 2012 Sumatra Earthquake
Sequences
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Table D.1: Summary of relocated earthquakes.

ID
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1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23

ISC
Origin
2012-01-10
2012-01-11
2012-01-27
2012-04-11
2012-04-11
2012-04-11
2012-04-11
2012-04-12
2012-04-12
2012-04-12
2012-04-13
2012-04-13
2012-04-13
2012-04-13
2012-04-14
2012-04-15
2012-04-15
2012-04-16
2012-04-16
2012-04-19
2012-04-22
2012-04-24
2012-04-29

Time
18:36
11:56
09:54
08:38
10:43
22:51
23:56
13:09
19:25
20:21
03:17
04:49
12:48
15:09
02:03
05:57
13:57
09:46
16:05
06:30
03:17
19:43
02:13

ISC
Epicenter
Latitude Longitude
(°)
(°)
2.430
93.210
2.440
93.220
2.730
93.020
2.330
93.060
0.800
92.460
2.870
89.560
1.840
89.680
2.400
93.440
3.390
92.830
3.750
92.750
1.040
91.810
1.550
91.040
3.400
89.940
1.040
92.150
0.460
92.240
2.580
90.270
1.880
90.900
0.800
92.420
0.180
92.240
1.420
90.860
1.380
91.750
1.150
91.720
2.220
89.790

Epicentroid
(This Study)
Latitude Longitude
(°)
(°)
2.469
93.020
2.413
93.158
2.718
93.030
2.330
93.060
0.915
92.524
2.865
89.538
1.840
89.680
2.301
93.293
3.414
92.796
3.643
92.670
1.131
91.799
1.581
91.096
3.372
90.051
1.042
92.140
0.461
92.261
2.470
90.412
1.806
90.983
0.840
92.529
0.238
92.251
1.509
90.920
1.319
91.762
1.190
91.785
2.261
89.732

Origin
Shift
(s)
10.39
-0.07
-0.44
0.00
16.08
3.55
0.00
-2.95
-0.70
0.07
-1.94
-1.16
-1.07
-0.94
-1.13
0.74
-1.15
-1.18
-1.44
-1.92
-1.44
0.38
-0.12

Distance
Moved
(km)
21.6
7.5
1.7
0.0
14.6
2.5
0.0
19.7
4.6
14.8
10.1
7.1
12.7
1.1
2.3
19.9
12.3
12.9
6.5
11.9
6.9
8.5
7.9

Azimuth
Moved
(°)
281.5
246.6
140.0
0.0
29.3
257.3
0.0
236.2
305.1
216.9
353.1
61.2
104.1
281.2
87.3
127.6
131.5
70.0
10.8
34.2
168.8
58.6
305.1

GCMT
Size
Mw
7.2
5.0
5.2
8.6
8.2
5.8
5.8
5.3
4.9
5.4
4.9
5.0
4.9
4.8
4.7
6.3
4.8
5.3
5.1
4.9
5.1
5.2
4.9
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24
25
26
27
28
29
30
31
32
33
34
35
36
37
38
39
40
41
42
43
44
45
46
47
48
49
50
51
52

2012-04-29
2012-04-29
2012-04-30
2012-04-30
2012-05-03
2012-05-04
2012-05-06
2012-05-15
2012-05-17
2012-06-23
2012-07-25
2012-08-02
2012-08-11
2012-08-20
2012-08-21
2012-08-21
2012-09-16
2012-09-30
2012-10-11
2012-12-02
2012-12-06
2013-01-09
2013-04-01
2013-05-02
2013-05-14
2013-09-07
2013-10-21
2013-11-05
2013-11-13

03:00
03:52
08:00
21:40
14:40
16:23
08:19
05:19
21:58
21:27
06:13
15:25
03:37
11:18
17:39
17:51
06:07
01:52
17:07
14:23
02:24
21:05
15:26
19:40
19:18
14:01
03:08
20:47
01:51

1.910
1.900
1.760
3.310
3.860
2.000
4.020
2.710
3.360
2.630
1.980
1.760
-0.220
3.320
-0.170
-0.180
3.580
2.610
1.470
2.450
2.420
0.700
2.600
2.710
0.760
1.250
3.230
1.830
2.470

93.730
92.380
89.600
92.960
92.620
89.720
92.680
89.560
92.910
90.510
89.700
89.540
92.000
92.890
92.060
92.010
90.120
89.700
92.580
89.790
90.430
92.720
90.350
91.550
92.400
91.750
90.450
89.660
90.100

1.867
2.055
1.765
3.306
3.868
2.046
3.936
2.672
3.365
2.483
1.980
1.856
-0.080
3.309
-0.079
-0.180
3.580
2.610
1.410
2.450
2.373
0.722
2.497
2.631
0.777
1.250
3.230
1.807
2.455

93.656
92.000
89.648
92.913
92.547
89.747
92.590
89.406
93.133
90.505
89.700
89.712
92.044
92.988
92.063
92.010
90.184
89.700
92.517
89.790
90.495
92.733
90.248
91.473
92.536
91.750
90.450
89.617
90.205

1.32
1.07
-1.97
0.69
0.66
-0.07
-0.22
-0.36
-0.85
-2.27
-0.00
0.48
-1.76
-3.32
-1.70
0.00
0.89
0.00
-4.05
0.00
-3.54
-2.30
1.19
0.34
1.19
0.00
0.00
-0.25
0.88

9.5
45.6
5.4
5.2
8.2
5.9
13.6
17.6
24.8
16.3
0.0
21.9
16.2
11.0
10.1
0.0
7.1
0.0
9.7
0.0
8.9
2.8
16.1
12.2
15.2
0.0
0.0
5.4
11.8

240.0
292.1
84.1
265.2
276.2
30.6
227.1
256.2
88.7
182.0
0.0
61.0
17.6
96.4
1.9
0.0
90.0
0.0
226.6
0.0
125.7
30.8
224.9
224.4
82.9
0.0
0.0
242.0
98.1

5.3
5.1
5.7
5.1
4.8
5.1
4.9
5.0
5.1
5.4
4.8
4.8
4.9
4.9
5.6
5.1
5.1
4.9
5.3
4.8
5.1
5.2
4.8
5.5
5.7
5.0
4.9
5.2
5.2

53
54
55
56
57
58
59
60
61

2013-11-16
2014-04-21
2014-06-01
2014-11-05
2014-11-30
2015-02-13
2015-03-22
2015-04-03
2016-01-13

10:26
12:34
10:07
12:41
18:03
03:21
18:12
06:04
05:47

4.210
4.030
2.020
2.200
3.470
2.930
1.950
1.750
0.450

90.070
91.600
89.780
89.780
90.110
92.870
89.620
89.610
92.270

4.159
3.987
1.935
2.266
3.501
2.939
1.967
1.768
0.494

90.045
91.632
89.740
89.700
90.081
92.894
89.703
89.591
92.295

1.02
0.08
-1.74
0.27
-0.10
2.00
-0.22
1.68
-2.61

6.3
5.9
10.4
11.5
4.7
2.9
9.4
2.9
5.6

206.2
143.2
205.3
309.4
316.8
69.5
78.5
313.3
29.8

5.7
4.9
5.8
4.9
5.0
4.8
5.0
4.9
5.0
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Appendix E|
Dynamic Visualization of Complex Seismic Data and Model
E.1 Introduction
The deployment of large, relatively dense seismic arrays such as the EarthScope
USArray and the Seismic Wavefield Experiment, as well as the development and
application of processing techniques such as ambient noise cross-correlation (e.g.
[18]), large-scale seismic signal cross correlations [186] have dramatically increased
the volume and frequency range of earthquake-based seismic observations. Improved
data leads to better constrained and more detailed subsurface structure models.
The expansion of seismic data volumes (our focus here is on academic data sets)
and advances in computational capability has enabled the development of seismic
analysis approaches that rely on, or result in high-dimensional earth and earthquake
models or seismic data sets. Three-dimensional (3D) seismic velocity models
(e.g. [20, 39, 70, 71, 112, 187]) are now the norm from local to global scales.
3D seismic models represent information in at least four dimensions that include
three-dimensional spatial coordinates and extra dimensions for model parameters
such as seismic speeds. Tomographers have long known that visualizing highdimensional data is not easy. Depth slices or cross-sections are commonly used to
show model parameter variations as two-dimensional (2D) images by representing
seismic velocity with colors. General patterns in relative velocity changes are easy
to identify using depth slices and cross-sections. But details are often missed in
such presentations because variable, nonlinear color palettes and our limited ability
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to recognize subtle color variations hinder recognition of model details. On the
other hand, seismologists for many decades have presented one-dimensional (1D)
velocity models using simple line charts (seismic velocity versus depth) that are
effective at presenting the seismic model details such as velocity gradients and
transition thicknesses. But a suite of 1D velocity profiles is not an effective way to
identify and to explore the general trends in a 3D model.
Information display compromise is not restricted to earth and earthquake models,
but also affects the communication of information about seismic observations. For
example, surface-wave dispersion models are four dimensional: two dimensions
related to spatial coordinates, one for period (or frequency) and another dimension
for group or phase velocity values. Based on one’s goals, either dispersion maps
(general trends) or dispersion curves (specific details) may be more suitable, but
adopting or providing an either-or choice insures that only part of the information
contained in the data is examined.
Up until now, the details in the data or model were often available only to users
who acquired the information and invested substantial time to examine numerous
traditional displays, or imported the information into general and complex 3D
graphics tools. Our view is that what is needed to effectively examine seismic data
and models is a dynamic combination of the image-based displays to communicate
general trends, and more traditional line-chart based presentations that communicate the details of the model or data. Any useful approach should be efficient, easy
to use, and portable (as in Linux, MacOS, Windows, mobile, etc.) and relatively
easy to learn.
Modern computing platforms present a number of approaches to solving the
problem. We describe one based on the familiar HyperText Markup Language
(HTML) that includes traditional seismic views in an interactive format using tools
familiar to everyone from young students to scientific specialists. When combined
with Javascript and Cascading Style Sheets (CSS), a single, self-contained HTML file
is capable of facilitating high-dimensional information visualization across different
computer systems with almost no additional requirement imposed on the user side
other than a web browser. Dynamic selection and sliders familiar to all we browsers
provide options for creative ways of presenting data. The universal adoption of
browsers in desktop and mobile computing make modern HTML a strong candidate
for geophysical data and model visualization. The learning curves of Javascript (a
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fast and efficient computing language installed on almost every modern computing
environment), CSS, and HTML used to be a barrier for using HTML for scientific
visualization, but Python packages such as Bokeh ease the development of HTML
visualization images significantly. More and more earth scientists are using Python
for data processing thanks to various powerful Python packages such as Obspy [188].
The developers who are preparing scientific images are getting familiar with the
Python language. Utilizing Python packages to develop HTML-based visualization
tools is well within reach of many geoscientists.
Scientific journals have becoming more accessible online, which provide the
infrastructure for HTML based data visualization. Though HTML files are not
accepted for scientific journals now, most journals accept electronic supplements.
HTML based dynamic images could be presented in electronic supplements. Some
journals prepared a webpage (HTML) version of articles besides the usual PDF
format. These developments in scientific publishing show an encouraging trend
that more dynamic contents will be supported by scientific journals in the future.
Even before the dynamic HTML plots are widely accepted by scientific journals,
interactive visualization in HTML format is an effective way of exploring large
data sets locally, sharing data between collaborators and presenting complex or
high-dimensional data online.
To show the advantages and limitations of HTML based visualization, we plot
two types of data sets using the HTML format. We will show an interactive plot of
a surface-wave dispersion model (from [35]) and a dynamic image of a 3D shear
velocity model (from [20]). Inputs, features of each plots, advantages and limitations
of HTML based visualization will also be discussed in the following sections. The
main idea of this paper is to show two examples of using the HTML format for
seismic model visualization instead of to develop a general-purpose plotting tool.
Since research groups usually have different preferences on both data formats and
visual effects, developing a general-purpose plotting package is out of the scope
of this paper. Other types of interactive tools [189, 190] and 3D visualization
examples (e. g. [191]) are available, but they have more requirements on either user
or developer side comparing our examples.
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E.2 Prerequisite and Input
Prerequisites of viewing and generating HTML images are different, but both are
easy to meet. On the user side, a modern web browser and Internet connection
are the only requirements to view the HTML images. Data and structure of the
dynamic images are both saved in a single HTML file. Internet connection is
used to obtain Javascript libraries and CSS files for the HTML files. Embedding
the required libraries in the HTML file or provide these libraries locally can drop
the requirement of Internet connection. A modern web browser is required since
earlier versions of Internet Explore do not support JavaScript well. Our tests show
that poplar browsers including Chrome (version 51), Firefox (version 47), Internet
Explorer (version 11), Safari (version 9), Opera (version 38), and Microsoft Edge
(version 20) can render our interactive images without problem. The readers need
to learn how to use a few simple tools on the HTML page in order to take full
advantage of the dynamic images. These tools are commonly used on the Internet
and easy to learn. Interface of dynamic images and how to use interactive tools
will be explained in the next section. For dynamic image creator or developers,
three open-source Python packages are used in our examples. Numpy and Scipy
are used for basic calculations. The HTML based dynamic images are generated
using Bokeh. All of the three packages can be easily installed on different operating
systems using Python package mangers such as Anaconda or source code.
In our example, dispersion and velocity models are read in from text files. Unlike
waveform data, the data format for both the dispersion and velocity model are
not standardized yet. Text files are the most commonly used format. Other data
formats such as NetCDF and HDF5 can also be implemented. As the structure
of text files also differ among research groups, we use two existing data sets for
simplicity. The formats of these text files are explained in the code repository
(available online, see the Data and Resource section for details) for interested
readers. Other examples of using Bokeh and detailed documentations are available
at the Bokeh’s official website, http://bokeh.pydata.org.
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E.3 Interface and Usage
The interface of our HTML based plots is easy to understand by readers, since
the dynamic figures are consist of two tradition static images with widely used
interactive tools. In Fig. E.1, a screenshot of the HTML file for the dispersion
model (referred as dispersion viewer) is shown. By showing both a map view (Fig.
E.1c) and a curve plot of the dispersion model (Fig. E.1h) at the same time, the
HTML file not only presents both the lateral variations of group velocities and the
group velocity as a function of period, but also visualize the connection between
dispersion curves and dispersion maps. Using the slider bars (Fig. E.1a and f),
readers can look though the entire dispersion model in two different perspectives.
The enlarged green dot in the dispersion map (Fig. E.1c) is used to indicate the
location of the dispersion curve. The latitude and longitude of the dispersion curve
is also shown as labels (Fig. E.1i). The period of the dispersion map is also shown
in a label (Fig. E.1d). As the period changes, the label (Fig. E.1d) and color-bar
(Fig. E.1e) are updated with it. Clicking or tapping (on portable devices) on a dot
in the dispersion map (Fig. E.1c) will show the dispersion curve at the selected
location in E.1h. Once a different dispersion curve is selected, the labels (Fig.
E.1i) will change accordingly. Besides selections, we also provided several other
interactive tools (Fig. E.1b and 1) in the HTML file. Current view of the dispersion
map and the dispersion curve can be saved as the PNG format using the Save
tool (in Fig. E.1b and g). The dispersion curve image can be dragged (Pan in Fig.
E.1g), zoom-in with a box selection (Box Zoom in Fig. E.1g), zoom-in with the
wheel button on mouse (Wheel Zoom in Fig. E.1g) and reset to the initial form
(Reset in Fig. E.1g). The Crosshair tool in Fig. E.1b and g provides two reference
lines to help read values from the images. With the interactive interface, readers
can look though the entire dispersion model quickly and with detailed views at
interested locations.
Another example is a visualization of the 3D shear velocity model that is
constrained by interpolated receiver functions, surface-wave dispersion and gravity
observations (Chai et al., 2015). The layout of the HTML file for the shear velocity
model (referred as model viewer) is shown in Fig. E.2. The model viewer combines
the map view and the profile view for the 3D shear velocity model, which gives
us a holistic view of the 3D model. The shear velocity map (Fig. E.2c) shows
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lateral variations of shear velocity of a selected depth. The 1D profile plot (Fig.
E.2h) illustrate the shear velocity changes as a function of depth. Similar to the
dispersion viewer, two slider bars (Fig. E.2a and f) are used to select the depth
of the shear velocity map and location of the velocity profile. The profile location
can also be selected by click on the boxes in the shear velocity map (Fig. E.2c).
Labels (Fig. E.2c and i) and the color bar (Fig. E.2e) will be updated with the
new selection. Other interactive tools (Fig. E.2b and g) are available to save the
current view of images, zoom-in, and show reference lines. In addition, we built
in buttons (Fig. E.2j) for downloading the selected 1D shear velocity profile as a
simple text and the model96 format (Herrmann, 2013). With a few clicks, readers
are able to download a 1D velocity profile of interest from the 3D model.
To create interactive plots like Fig. Fig. E.1, we follow a simple workflow.
First, the dispersion data are read in from text files. The dispersion values are
reorganized for both map view and curves plots. Effectively, data for dispersion
maps of all periods and dispersion curves of all locations are stored as arrays that
have elements corresponding to data for individual dispersion map and dispersion
curve. The political boundaries and shorelines are loaded from text files. We
included ready-to-use border data for the United States region in the package
(available online). An example bash script is also included to show how to extract
border data from the Generic Mapping Tools (GMT). After all required data are
read in, a subset of data for one dispersion map (corresponding to a period) and
one dispersion curve (corresponding to a location) is extracted out from the entire
data sets. Initial views of the dispersion map (Fig. E.2c) and dispersion curve
(Fig. E.2h) are plotted using the subset of data. The sliders (Fig. E.2a and f)
and the color bar (Fig. E.2e) are generated using functions provided by Bokeh.
The interactivity of the plots is achieved by updating the subset data using the
input values from slider bars and clicking. The input values from the selections
(slider bar and clicking) are converted to indices of a newly selected period (of the
dispersion map) in the entire dispersion map data array or a newly selected location
(of the dispersion curve) in the entire dispersion curve data array. We locate the
data corresponding to the new period (of the dispersion map) or the new location
(of dispersion curve) from the entire data sets. The subset data of the dispersion
map and the dispersion curve are then updated to the new selected data once a
selection (sliding a slider bar or clicking a dot in Fig. E.2c) happens. The Bokeh
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plots will update themselves as long as we define how the underlining data change.
Different components (sliders, dispersion map plot, color-bar, dispersion curve plot
etc.) are customized and arranged in a user-specified way. At last, all the data and
structure of the plots were packed into a single HTML file. The HTML file can be
sent to interested readers or hosted online. Once the readers open the HTML file in
their browsers, the HTML file will present the data as designed after downloading
required Javascript and CSS automatically.
Development of the model viewer is similar to the dispersion viewer with
additional considerations on the convention of velocity depth slices and downloading
functionality. As most published velocity maps are interpolated to shown a smooth
transition between velocity anomalies, we follow this convention and interpolated
the depth slices after reading in the 3D model from a text file. The interpolated
data for each depth are stored in an array to form a complete data set for velocity
maps at all depths. Data for the current depth slice is duplicated and plotted as a
shear velocity map. Using the index from the Depth Index slider bar (Fig. E.2a),
the data for the current depth slice are updated according to the selected index.
Similar to the dispersion viewer, the color map will update with the data. In order
to select a velocity profile based on its location in the shear velocity map, a grid
map is plotted on top of the velocity map. The grid points are saved in the same
order as a profile data array that contains data for all the shear velocity profiles, so
that data for the current velocity profile can be updated with the selected index
when a grid point is clicked. The Profile Index slider bar (Fig. E.2f) and 1D shear
velocity profile plot (Fig. E.2h) are designed in the same way as the Curve Index
slider bar (Fig. E.1f) and the dispersion curve plot (Fig. E.2h). Buttons (Fig.
E.2j) are generated using functions from the Bokeh package and tens of lines of
Javascript snippets.

E.4 Discussion and Conclusion
We have shown an interactive way of presenting commonly used seismic dispersion
and 3D shear velocity models with two examples. Using a HTML format, both
the data and rendering required information are saved in the same file. The
HTML file is portable and supported by popular web browsers. The dynamic
plots can be viewed on different platforms such as Windows, Linux, Mac OS,
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and portable operating systems. As web browsers are provided by almost all
operating systems or have already been installed, readers of interactive plots do
not need to install any other software. Though Internet connection is required for
our interactive plots, embedding Javascript libraries and CSS files in the HTML
files, or providing the required files locally can prepare the HMTL plots for offline
scenarios. Developed with the Python packages, the development time and cost
for HTML based interactive visualizations are significantly reduced. Using the
Python package also gives us potential of accessing different data formats because
of the huge numbers of Python package available. All the required packages are
open source and freely available online, which means everyone has access to HTML
based interactive plotting tools.
The interactive interface provided by HTML based plots give us a new set
of tools to visualize complex, high dimensional data. Our two examples show
entire 4D data sets from different perspectives in the HTML files. Different from
3D projections, the interactive link between different components in the HTML
plots can also be used to show data with more than four dimensions. Since fewer
dimensions are used in each component of the HTML plot, data can be presented
without losing resolution and in a user-friendly way. With interactions such as
sliding a slider bar or clicking, changes in the data are more directly visualized.
In the same time, more data can be presented in an well-organized way. The
interactions also give readers a quicker access to interest parts of data without using
other tools (e.g. 1D profiles from a 3D velocity model). In addition, tools provided
by Bokeh can be used to save selected data as a static image or zoom in to see
details of part of an image. Besides the tools we used in the examples, many other
interaction are also supported by Bokeh such as input a line of text, select from a
dropdown menu, select with a box or a lasso shape, and dynamic data tables.
Through our usage of the Bokeh package, we notice some limitations of the
current version (version 0.12) of the package. First, map projections are not well
supported, though more functions for geographical data may be included in future
versions of Bokeh. In our examples, we used political boundaries and coastlines
to provide references for geographical locations. Second, some of the interactive
functionalities such as clicks, slider bar and buttons use Javascript snippets inside
Python scripts to update the data of images. The embedded Javascript snippets
are easy to learn since the processes achieved by these snippets are simple and
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similar to examples online. At last, the HTML files require Internet connection for
downloading required Javascript libraries and CSS files by default. The Internet
connection will not be needed if all the required libraries are embedded in the
HTML files.
The intended audience of our interactive plots and code examples ranges from
undergraduate students to experienced researchers. The interactive visualization
examples we presented not only provide a user-friendly way of exploring and
selecting seismic models, but also show how to design HTML based interactive plots
from scratch. Students and researchers can benefit from exploring seismic models
at different locations and downloading 1D velocity profiles for other projects. From
our examples, interested researchers can have a general view of what functionalities
the HTML based interactive plots can offer, since we combined many interactive
tools. Our interactive plots, source code, and associated data files will be uploaded
online for interested readers.
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Period Index (drag to change the period): 5

Curve Index (drag to change the location): 214

(a)

(f)
(b)

(c)

(g)

(h)

(d)

(i)

(e)

Figure E.1: A screenshot of the dispersion viewer indicating its elements. A
dispersion map at 10 second and a dispersion curve are selected as examples. (a)
The Period Index slider bar that can change the period of the dispersion map.
(b) Interactive tools for the map-view plot include Tap (used to select a dot in
the dispersion map), Save, and Crosshair from left to right. The blue underline
indicates which tool is activated. (c) The dispersion map-view plot. Each dot
represents a grid point and colors indicate group velocity values. A dot can be
selected by a single click (or tap on touch screens). The enlarged green circle shows
the currently selected grid point. Gray dots mean no data available. (d) A label to
show the period of the dispersion map that will change when a different period is
selected. (e) The color scale of the dispersion map that changes with the period.
(f) The Curve Index slider bar that can change the location of the dispersion curve.
(g) Interactive tools for the dispersion curve plot include Pan, Box Zoom, Wheel
Zoom, Save, Reset and Crosshair. (h) The dispersion curve plot at the selected grid
point shows Rayleigh-Wave group velocities as a function of period. The dispersion
curve changes when a different location is selected in the dispersion map. (i) Labels
that show the latitude and longitude of the dispersion curve.
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Depth Index (drag to change depth): 15

(a)

(c)

(f)
(b)

Proﬁle Index (drag to change proﬁle location): 380

(g)

(h)

(d)
(i)

(e)

(j)

Figure E.2: A screenshot of the model viewer indicating its elements. A depth
slice at 37 km and a 1D shear velocity profile are selected as examples. (a) The
Depth Index slider bar that can change the depth of the shear velocity map. (b)
Interactive tools for the map-view plot including Tap, Save and Crosshair from
left to right. (c) A depth slice of the shear velocity map with gray boxes showing
the grid, colors representing shear velocities values and the green box shown the
selected grid point. (d) A label to show the depth of the shear velocity map that
changes with the Depth Index slider. (e) The color scale of the shear velocity map
that changes with depth. (f) The Profile Index slider bar that can change the
location of the velocity profile. (g) Interactive tools for the profile plot including
Pan, Wheel Zoom (y-axis), Wheel Zoom (x-axis), Save, Reset and Crosshair from
left to right. (h) The 1D profile plot at the selected grid point on the shear velocity
map. The profile changes when a different grid point is selected. (i) Labels to show
the latitude and longitude of the 1D profile. (j) Buttons to download the selected
1D profile in two formats, a simple text and the model96 format.
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