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Abstract
Simple radar systems of the past were used primarily for radar depth sounding, the
process of using reflection travel times and electromagnetic velocities to determine
the ice thickness. Modern radioglaciology uses both the travel times and reflection
amplitudes to make inferences about the englacial and subglacial environments;
however, non-uniqueness in geophysical data, combined with the large number
of physical parameters that control reflection amplitude, have led to significant
uncertainties in this type of analysis.
In this set of studies, I improve on data collection, processing, and assimilation
methods, with a focus on radar reflection amplitudes and internal layers. The
first two studies are devoted to radar survey methods, in which I examine the
impact of reflector geometry on amplitude (2), and investigate an independent
measure of radar attenuation using variable-offset data, in an effort to eliminate the
effects of ice chemistry and temperature on reflection amplitudes (3). These studies
emphasize the fact that radar data are a product of both the physical system and
the imaging process, and caution glaciologists from over-interpreting processing
artifacts common in radar data collected in areas of complex glacial flow.
In the following two chapters, I go on to provide glaciological applications
of processed radar data, interpreting the record of complex flow left behind in
englacial reflector slopes (4), and applying improved boundary conditions to better
predict the maximum extent of West Antarctic collapse (5). These studies use
geometric information from the bed reflector and englacial reflectors to describe
the flow regime present in Antarctica today. Chapter 4 examines how boundary
conditions that are difficult to observe directly (the geothermal heat flux, as well as
the frictional and deformation characteristics of the ice-sheet substrate) manifest
through internal layer deformation. Chapter 5 focuses on Marie Byrd Land (MBL),
where historically sparse data coverage hindered our ability to project future icesheet behavior. I developed a new basal topography for the region, and modeled
the collapse state of the West Antarctic Ice Sheet in an effort to determine how
much ice can evacuate from the MBL highlands. These chapters motivate the need
for more thorough interpretation of the existing radar data, with a focus on better
data integration in ice sheet models.
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Radargrams collected using one of the first radars built specifically
for continuous ice sounding. This system, engineered by the Scott
Polar Research Institute, operated at 35 MHz and flown near Camp
Century, Greenland. This figure is adapted from Bailey et al. [1]. .
1.2 This radargram, collected during the 2014-15 Antarctic season using
the CReSIS MCoRDS/I system [2], illustrates the advancement
in radar technology since the 1960’s. Ice up to 3.5km thick has
been mapped using this system at both poles, highlighting complex
flow structures within the ice sheet’s internal layers, and significant
variability in reflection power over relatively short distances. . . . .
1.3 Radar data coverage map, showing depth-sounding data that underlie the current state-of-the-art gridded bed topographies for
Antarctica [3] and Greenland [4]. . . . . . . . . . . . . . . . . . . .
1.1

Data collected over the Northeast Greenland Ice Stream (A) and
Thwaites Glacier (B). NEGIS data were collected via a ground-based
survey during summer 2012 using the St. Olaf monopulse radar
system [5]. Thwaites data were collected via an airborne survey
during the 2009-2010 austral summer using the CReSIS Multichannel
Coherent Radar Depth Sounder/Imager (MCoRDS/I). . . . . . . .
2.2 Geometry of the subsurface imaging process (top) as well as the
resulting data in the space-time domain (bottom). Incident rays
perpendicular to the specular reflector are received by the antenna
and recorded. Component traces (dotted lines) are stacked to
produce the final traces (solid lines) in an effort to improve the
SNR of the data. The relationship between additional perpendicular
distance (∆zs ) and additional travel time (∆t) is explained by Eq.
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Using Equation (2.5), we produced synthetic traces at varying frequencies, reflector dips, and stacking intervals in an effort to quantify
the power loss caused by destructive interference. Plotted in (A)
and (B) are the normalized powers at common ground based and
airborne posting intervals, showing power loss with increasing reflector dip. (C) provides expected powers for 2 specific surveys, using
3 MHz frequency and 5m posting to characterize a typical ground
based survey, and 140-160 MHz with a 10m posting for a typical
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2.4 Plot of the aliasing threshold for internal reflectors as a function of
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2.5 (A) illustrates an individual diffraction hyperbola. Reflections from
a dipping bed are analogous to the flanks of the hyperbola; SAR
processing/migration returns that energy to the apex, which is
inferred to be the true reflector location in the subsurface. (B)
shows the amplitude Correction [A2 ]dB that is required to recover
the true amplitude for a reflector at 1km depth, for a variety of
attenuation rates collected from the literature [6–9]. The magnitude
of the [A2 ]dB correction increases with reflector depth. . . . . . . . .
2.6 Plots of pre-migrated (A) and post-migrated (B) sections from
the Thwaites data set. Lossy regions often correspond with the
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steeply dipping IRHs. . . . . . . . . . . . . . . . . . . . . . . . . . .
3.1

CMP radar surveys collected at Kamb Ice Stream and the Northeast
Greenland Ice Stream. Full data are plotted as a function of two-way
travel time, with the corresponding zero-offset depth on a separate
axis. Picked reflectors (discussed in figure 3.3) are indicated by
colored circles on the depth axis. Data are divided into 4 sections:
(A) surface ring-down, (B) head-wave noise found beyond the critical
angle for subsurface imaging (defined by a 450kg/m3 surface density),
(C) the englacial reflectors, and (D) the bed reflector (and subsequent
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(A-B) Contour plots showing the maximum ∆D achieved as a
function of reflector depth and source-receiver offset for ground based
(A) and airborne (B) surveys. The effective offset for airborne surveys
changes as a function of reflector depth, making it more difficult
to gather sufficient variability in path lengths to precisely derive
attenuation rates for shallow reflectors. (C-D) Plots showing the
magnitudes and uncertainties introduced in attenuation calculations
for a 1300m offset CMP survey. For P-Polarized antennae, the
transmitted and reflected amplitude decrease as a function of angle,
mapping in additional power loss as a function of offset. For SPolarized antennae, the opposite is true, increasing power with
offset for a perceived “negative attenuation”. The total correction
required to eliminate these non-attenuation power changes as a
function of offset (and the associated uncertainties) are plotted in
black. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . .
3.3 Corrected return powers color coded by reflector from the Kamb Ice
Stream (A) and NEGIS (C) surveys. Depth-averaged attenuation
rates for the ice column are derived using two methods, a common
offset technique (fitting reflection power from different internal reflectors as a function of distance traveled) and a common midpoint
technique (fitting power loss for a single reflector as a function of
distance traveled which varies due to changing offset). Linear fits for
the common offset technique are plotted in grey on panels A and C
(with histograms of the fitted one-way attenuation rates plotted as
insets). In panels B and D, depth-averaged attenuation rates from
the common midpoint method (and their associated uncertainties)
are plotted as a function of reflector depth, with theoretical depthaveraged attenuation curves for pure-ice following [6], using standard
temperature profiles following [10] with surface temperatures ranging
from -25C to -5C. . . . . . . . . . . . . . . . . . . . . . . . . . . . .
3.4 Schematic of the thin-bed reflectivity problem showing dielectric
permittivity (left), amplitude reflection coefficient (center), and the
expected radargram (Right). A layer of constant permittivity generates reflections at the top surface and bottom surface with opposite
polarity. When convolved with the source wavelet, the resulting amplitude and phase depends on the travel-time difference between top
and bottom reflection. For CMP surveys, that difference is reduced
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This shows the change in effective phase difference as a function of
source-receiver offset and reflector depth. For shallow reflectors, the
phase difference between the top and bottom of a given reflector
rapidly approaches zero (as the travel distance is dominated by the
horizontal component). When the reflector depth is large relative
to the offset-range, there is less of a reduction in phase difference
from nadir. . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . . 44
3.6 Examples of the permittivity profiles at nadir and wide offset for
synthetic radargrams. Note the convergence of layers and reduction
in layer thickness (dominated by perceived thinning of the upper
layers) between the nadir and wide-offset examples. 10 synthetics
were produced including volcanic horizons with thickness ranging
stochastically from 1-10cm, and 10 synthetics were produced with
only Gaussian noise in the permittivity series (standard deviation of
0.001). Layers for each synthetic radargram were picked, the return
power was computed, and plotted against the relative path-length
for each reflector (B). Spread in the resulting attenuation rates (C) is
the combination of general power reduction from layer thinning with
offset, as well as multi-reflector interference, which can introduce
both constructive and destructive interference that varies with offset. 45
4.1

Schematic particle flow paths for steady-state ice sheets, where all
accumulation is balanced either by subglacial melt (A), by melting
at the margins (C), or by a combination of both process (B). After
sufficient time, the ice sheet is fully replaced by newly deposited
ice for all three configurations, but the amount of time required
to replace all the ice in a given particle flow path depends on
where the initial accumulation source lies relative to the melting
boundary. Basal melt removes primarily old ice, while glacial outflow
disproportionally removes younger ice. . . . . . . . . . . . . . . . .
4.2 Schematic capturing the range of possible particle flow trajectories
for a given isochron. We can therefore assume, once the common
layer thinning or basal melt signal is removed, the remaining particle
trajectory closely resembles the original reflector slopes. . . . . . . .
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Schematic diagram of the process that leads to internal layer structures, as well as the dominant processes which induce vertical velocities in the ice column. Vertical velocities result from the direct
addition or melt of ice to the base of the ice sheet (A), flow over a
non-horizontal bed (B), or differences in the local horizontal strains
(C,D). These generate two characterstic vertical velocity (w) profiles
with depth, either the ice column is uniformly raised or lowered
(through processes A and B), or horizontal strain is integrated up
through the column, resulting in the highest magnitude vertical
velocities near the surface (C,D). . . . . . . . . . . . . . . . . . . .
4.4 Process workflow for the Radon Transform based slope extraction
algorithm. The left half of this figure describes, in words, the computation steps, with the right half of the figure providing examples
of the output for each step. The results of three different filtering
options are provided: (A) no adjustments, (B) data scaling in the
(τ, p) domain, and (C) windowing in the (x, z) domain. The fourth
row shows the output of these different filtering options, with the
filtered Radon Transform results for the selected trace (in color)
compared with the radon transform result for the true slope (dashed).
Filtering scheme (C) was the only method to accurately determine
the slope of reflectors in the example window. . . . . . . . . . . . .
4.5 End-member results from the slope-extraction algorithm are presented here, using a dataset with well resolved internal layers (A)
as well as poorly resolved, but present, internal layers (E). Data
from panels (A-C) come from a ground based 3 MHz radar system,
collected at the North East Greenland Ice Stream, while the data
in panels (D-E) come from an airborne, 140-160 MHz survey collected at Thwaites Glacier, West Antarctica. Note the difference
in reflector sampling between the two surveys (shown in the return
power for a characteristic trace, in panels C and D). Even with poor
data quality, the slope extraction algorithm still captures the gross
structure seen in the Thwaites data (E). . . . . . . . . . . . . . . .
4.6 Breakdown of the vertical velocity components generated by a subglacial topographic feature. Panel (A) shows the effect of the subglacial topography, (B) is the vertical velocity from flow divergence
(with the model output used to compute it plotted above), and
(C) is the final structural slope field (w/u), with projected internal
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Plot of the velocity components for a frictional anomaly experiment,
where the basal friction coefficient at 25km is set to 5x the background value. Panel (A) shows the vertical velocities induced by
flow divergence and (B) is the net slope field, with internal layers
projected over for comparison. . . . . . . . . . . . . . . . . . . . . .
4.8 Plot of the velocity components for an accumulation anomaly experiment, where the accumulation rate at 25km is set to 10x the
background value. Panel (A) shows the vertical velocity induced
by the flow divergence, and (B) is the net slope field, with internal
layers projected over for comparison. The background flow speed
for this system is 28 m/a. . . . . . . . . . . . . . . . . . . . . . . .
4.9 Extracted englacial reflector slope from radar data collected over the
groundingline of Whillans Ice Stream (A), where there is thought
to be an increase in basal friction corresponding with a reduction in
porosity of the glacial substrate. Two depth profiles were extracted
from the slope field, and plotted in panel (B). . . . . . . . . . . . .
5.1

Radarsat imagery of Marie Byrd Land [11] with rock exposures
marked in black [3]. MEaSURES ice velocities (plotted on a logarithmic scale) are provided to highlight the glaciers in the region [12],
with major ice divides in grey (modified from [13]). Geologic and
glaciological features discussed by name are labeled. . . . . . . . . .
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Maps (A)-(D) illustrate our evolving understanding of Marie Byrd
Land topography. Starting with (A), each map shows the location of
new geophysical data in black, the updated topography contoured at
250 m intervals, and the modern grounding line in blue [14]. As more
data are incorporated into the underlying grids, the inferred bed
topography becomes deeper and more rugged, indicating discrete
volcanic ranges as opposed to a regional dome. (A) shows the
data from the 1959/60 IGY traverse as well as the NSF-SPRI-TUD
surveys plotted in black, which were used to create the BEDMAP
bed topography of Antarctica contoured behind [15]. Plotted in
(B) are the AGASEA data collected over Thwaites and Pine Island
Glaciers overlaying ALBMAP, the gridded bed topography those
data generated [16–18]. (C) shows the 2009-11 Operation Ice Bridge
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Byrd Land grid flown in 1998-99 [19], and the effect of enhanced
interpolation methods used to produce Bedmap2 [3]. (D) shows
the map generated by this study, using the 2009-10 CReSIS
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Committee and Flood Ranges. The two major features discussed in
this paper are marked in red, where (i) is the DeVicq Trough and
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5.3 3D rendering of the radar profiles used to constrain the topographic
trough underlying DeVicq Glacier, West Antarctica. Ice thicknesses
are calculated using 168.5 m/µs as the radar wave speed in ice. The
2009-2011 Operation Ice Bridge data collected near the grounding
line indicated the presence of a deep outlet; however, the size and
inland extent of the trough were not well constrained previously. . .
5.4 Modeled ice surface elevations for the average continental run (A),
the nested run using Bedmap2 as a boundary condition (B), and
the nested run using the topography generated in this study as the
boundary condition (C). Modeled ice surfaces (in blue) are contoured
every 100 m and overlie shaded indications of the modern grounded
(dark grey) and floating (light gray) ice areas. Cross-sections of the
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Chapter 1 |
Introduction

1.1

The History of Radar Imaging through Earth’s Major Ice Sheets

Up until the late 1960’s, there were few measurements of ice thickness for the
Antarctic and Greenland Ice Sheets [20]. For regional ice-thickness mapping,
seismic surveys provided point measurements that were used to calibrate gravity
data, but the technology did not yet exist to survey ice thickness precisely over
large polar regions. Despite earlier publications on the subject [21, 22], it was
not until 1963 that the possibility of large-scale polar imaging with radar took off
in the scientific discourse, when a review paper published in “The Polar Record”
aggregated a set of disparate radio observations over ice [23].
As early as 1946, pilots flying over Antarctica started noticing errors in radar
altimeter measurements, which indicated plane elevations much higher than the
pilots expected. These altimeter errors started to compromise flight safety (most
notably during a trans-Antarctic flight that led to the name "Touchdown Hills"
for a feature in Coats Land, Antarctica), which led to a series of ground tests of
unmodified radar altimeters in Greenland [24]. These tests showed clear radar
penetration into the subsurface, with horizons as deep as 300 m producing reflections.
Independent of the work going on in Greenland, studies conducted at Halley
Bay were finding that radar reflections from the ionosphere were present for certain
frequencies, but absent for others. Eventually, it was determined that this anomaly
was the result of destructive interference from subsurface reflections, with absent
frequencies characteristic of the ice thickness [25]. Together, these plane altimeter
and ionospheric radar observations made it clear that glacial ice is radio-transparent,
and using instruments designed with ice-thickness mapping in mind, it would be
possible to measure ice thickness precisely from the air.
This revelation lead to the development of ice-penetrating radar, both by the
1

US Army Electronics Research and Development Laboratories and the UK’s Scott
Polar Research Institute (SPRI) [1]. Early instruments recorded echo intensities
on film, but the other electronics of these systems worked according to the same
principles as ice-penetrating radars in use today. Presented in Figure 1.1 are some
of the first radar profiles recorded from the SPRI radar system. While surface
clutter dominates the top portion of the radargram, the basal return is clear even
at depths of 1300 m.

Figure 1.1. Radargrams collected using one of the first radars built specifically for
continuous ice sounding. This system, engineered by the Scott Polar Research Institute,
operated at 35 MHz and flown near Camp Century, Greenland. This figure is adapted
from Bailey et al. [1].

Since then, technology has developed rapidly, both through advances in hardware
and the development of new data-processing techniques. Modern radar data (as
shown in Figure 1.2) clearly capture both the englacial and basal reflectors, providing
a comprehensive picture of the ice-sheet geometry. Through programs such as
NASA’s Operation Ice Bridge, survey coverage is increasing in density, to the point
where the regions of greatest glaciological interest have radar line-spacings under
10 km (Figure 1.3). Ice thickness measurements, in many places, are no longer
the limiting factor for understanding the futures of Antarctica and Greenland.
Radioglaciological research can now focus on how to inform our understanding of
other unknowns in the ice-sheet system.
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Figure 1.2. This radargram, collected during the 2014-15 Antarctic season using the
CReSIS MCoRDS/I system [2], illustrates the advancement in radar technology since
the 1960’s. Ice up to 3.5km thick has been mapped using this system at both poles,
highlighting complex flow structures within the ice sheet’s internal layers, and significant
variability in reflection power over relatively short distances.

1.2

Research Avenues in Glaciology

The Antarctic and Greenland ice sheets play a major role in the Earth System
through multiple pathways: melting land ice is a direct control on sea-level, the
ice sheets’ high albedo affects the Earth’s energy balance [26], their freshwater
fluxes into the ocean modulate sea-ice production and ocean circulation [27], and
their orography controls regional (and through teleconnections, global) atmospheric
circulation [28]. Because of these climate and sea-level feedbacks, understanding
the dynamics of Antarctica and Greenland has high societal importance. So, to
improve our predictions of the future size and shape of Earth’s major ice sheets,
we turn to predictive modeling.
Ice flow processes range from molecular to continental scales. To facilitate
numerical prediction of ice behavior, modelers paramaterize the physical equations,
reducing model complexity while still capturing the dominant characteristics of the
system. As model sophistication increases, more and more of the physical processes
are captured, but the possibility that critical components of the physics are missing
persists. Recent works by Pollard et al. [29] and Gomez et al. [30] show that, with
the inclusions of additional physics (including cliff failure, hydrofracturing, and
self-gravitation), predictions of Antarctic behavior can change dramatically. This
source of structural uncertainty – uncertainty in the physics engines, model grids,
and parameterizations that underlie our predictions of ice sheet behavior – is a
3

Figure 1.3. Radar data coverage map, showing depth-sounding data that underlie the
current state-of-the-art gridded bed topographies for Antarctica [3] and Greenland [4].

major topic of research within glaciology.
The second major source of uncertainty in ice sheet models is observational;
we lack both constraints on the modern physical properties (used as inputs to
ice sheet models) and information about the past and present behavior of the
Antarctic and Greenland Ice Sheets (used to test model performance). Where
they are known, the boundary and initial conditions for ice sheet models come
largely from geophysical observations. The first order controls on ice behavior, the
elevations of the ice-sheet surface and substrate, are now fairly well resolved, but
other geologic unknowns drive significant uncertainty in model predictions [31].
Three of the most critical boundary conditions are either entirely unconstrained or
are only observed with sparse coverage: the heat-flux into the base of the ice, the
deformation characteristics of the substrate material, and the frictional resistance
of the basal interface. To reduce this source of uncertainty in ice sheet models, new
methods must be developed for processing and interpreting geophysical data.
Radar data, which are comparatively easy to collect over large areas, have some
of the greatest potential to provide information about the remaining unknowns in
the ice-sheet system. This can be done both through electrical property inversion
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(which can identify glaciologically important properties such as water content and
temperature) and through deeper interpretation of structures imaged within the ice
sheet itself. New studies are looking back at radar data collected over the last 15
years to perform this type of analysis. Archived data have been used to constrain
the ice temperature from internal reflection amplitudes [32], interpret the amount
of basal melt from internal reflector deflections [33], and infer the configuration
of the subglacial water system [34]. These studies make important strides toward
more quantitative interpretation of radar data, and I build on their progress here.
The research discussed in the following four chapters examines the nonuniqueness inherent in geophysical imaging, attempts to disentangle data collection
and processing artifacts from meaningful characteristics in the subsurface, and
explores new avenues for the use of radar data in glaciology. I use radar data in
concert with thermal and glaciological models to make inferences about the modern
characteristics, as well as past, present, and future behavior of the ice sheets. This
research is motivated both by recent, high profile studies that highlight the need
for better constrained basal properties [31, 35] as well as the set of research targets
suggested by the US National Academies. In their 2015 strategic plan, the National
Academies define “The Changing Antarctic Ice Sheets Initiative” as funding priority
number one for NSF, with specific mention of the need to reduce uncertainty in
the geologic controls on ice flow [36]. Ultimately, the results of this work set the
stage for the formal integration of radar data into large-scale predictions of ice
sheet evolution.

5

Chapter 2 |
Power loss in dipping internal reflectors imaged using ice penetrating radar

2.1

Introduction

Radar imaging is one of the primary subsurface analysis methods in glaciology. It
provides valuable information about ice thickness [37], internal structure [38–43],
and the dielectric properties of the ice and underlying substrate [7, 42, 44–53].
Proper survey design should ensure that collected data can be used to accurately
address all three of these unknowns. This means designing and deploying suitable
radar systems, collecting data at appropriately high spatiotemporal frequencies,
processing in a way that best preserves true layer geometries and amplitudes, and
interpreting data within limitations imposed by the collection process.
Matsuoka et al. [8] noted anomalous amplitude reduction above steep beds
in radar data collected near the West Antarctic Ice Sheet (WAIS) divide. These
lossy regions introduced strong lateral gradients in inferred internal reflectivity. We
noticed a similar power drop in ground-based radar data collected over Northeast
Greenland, where internal layers vanish in the shear margins of the Northeast
Greenland Ice Stream (NEGIS). Similar, but more pervasive data losses commonly
occur in airborne campaigns over West Antarctic ice streams, which are glaciological
targets due to their recent thinning, but often difficult to image in ground surveys
due to crevassing and other logistical difficulties. In order to accurately collect
and interpret reflections from steeply dipping internal horizons, it is necessary to
characterize, and, if possible, correct for, the observed data losses.
Figure 2.1 shows a typical manifestation of these anomalies in both ground-based
and airborne data. As they approach a particular slope threshold, the internal
reflection horizons (IRHs) disappear, with wider data gaps more prevalent in deeper
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ice. Some bright reflectors are present with diminished amplitude in the lossy areas,
and seem to indicate that the electrical features that define reflectors exist within
them, but are more difficult to image.
Ultimately, this study attempts to answer three questions asked about these
prevalent features:
1. Which aspects of the data collection and processing work-flow generate these
features?
2. Is it a threshold effect that prevents imaging above a certain value, or do these
features arise from processes that reduce the reflection strength of all dipping
reflectors (thereby introducing errors into the interpretations of shallowly
dipping reflectors that have been otherwise unaccounted for)?
3. Is it possible to mitigate these imaging artifacts, or correct for them in
post-processing?
The answers to these questions have implications for much of the modern
research in radioglaciology. Significant amounts of time and effort are devoted to
layer “picking”, the act of identifying continuous IRHs across multiple radargrams.
Poor along-track sample rates, combined with the data losses discussed in this paper,
make it difficult to automate this process, despite the number of groups working
on this problem [56]. As a result, hundreds of thousands of radar traces have been
hand picked, identifying reflector positions across Greenland [110]. Developing
methods to mitigate these slope-driven power losses would reduce the complexity of
the layer-picking problem, and simplify the development of automated algorithms.
The reflection strength of IRHs is also critical to the physical property inversions
techniques currently performed using radar reflection amplitudes. Amplitude
analysis can be a powerful tool, helping to diagnose the physical properties of
the glacial substrate if properly performed [7, 49, 51, 52, 57]; but, isolating the
different components that affect return power is challenging, as all other sources
of power loss must first be identified and removed. Many of the current methods
for doing this use power returned from englacial reflectors to help determine the
electromagnetic attenuation rates, to remove the attenuation signal from the basal
reflector, and identify the dielectric properties of the substrate [6, 8, 49, 58]. If
processing effects that distort steeply-sloping internal layers at depth also affect
7
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Figure 2.1. Data collected over the Northeast Greenland Ice Stream (A) and Thwaites
Glacier (B). NEGIS data were collected via a ground-based survey during summer 2012
using the St. Olaf monopulse radar system [5]. Thwaites data were collected via an
airborne survey during the 2009-2010 austral summer using the CReSIS Multichannel
Coherent Radar Depth Sounder/Imager (MCoRDS/I).

amplitudes of shallower, flatter IRHs, the distortion must be corrected for or the
attenuation coefficients calculated using those internal reflectors would be incorrect.
Here we propose and assess several mechanisms for the effective power loss
phenomenon seen in Figure 2.1, and determine whether these losses can be eliminated through changes in survey design and processing. For power loss that cannot
be recovered, we discuss how it must be considered in subsequent glaciological
analysis. First, we establish the theoretical mechanisms for reflection power loss
in deformed ice, we apply our results to two data sets (collected at NEGIS and
Thwaites Glacier), and make recommendations to minimize data loss in future
surveys.
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2.2

Amplitude Reduction Mechanisms

Geometric controls on subsurface imaging are well explored in the seismic imaging
literature [59]. Below, we have collected the processes that are geometry dependent,
with a focus on spatial aliasing and trace stacking. The effects of some dip-dependent
controls on amplitude are difficult to generalize, but are discussed for future,
survey-specific analyses. We focus on the following: refraction limits, destructive
stacking, Synthetic Aperture Radar (SAR) processing, ray path extension, and
source directivity.
2.2.1

Refraction Limits

The contrast between the EM wave speed in air (∼ 3 × 108 m/s), in snow (∼ 2 × 108
m/s), and in ice (∼ 1.68 × 108 m/s) produces a focusing effect on radar waves
penetrating an ice sheet. Downgoing waves are refracted toward nadir, preventing
energy from being sent out at the wide angles necessary to image steeply dipping
specular reflectors. As a result, airborne radar is severely limited in its ability to
image dipping IRHs. To compute the imaging threshold for dipping reflectors, the
only parameters required are the wave speeds at the transmitter and at the imaging
target; changes in wave speed along the ray-path between the transmitter and
reflector are irrelevant [60]. This critical angle for a plane mounted radar targeting
reflectors in glacial ice is 34.1◦ . While these refraction limits in airborne radar have
been described by Dowdesdwell and Evans [61], comparable restrictions exist in
ground-based surveys.
In the accumulation zone, if the radar and the surface are well coupled (i.e.
if the signal wavelength exceeds the distance between the antenna and the snow
surface), the wave speeds used for the critical angle calculation change from air
and ice to snow and ice. To estimate the electromagnetic wave speed in snow, we
use the empirical relationship between firn density and refractive index derived by
Robin [62] and subsequently validated by Kovacs et al. [63]. Using an assumed snow
density of 300 − 400 kg/m3 , the maximum downgoing angle will be between 44.7◦
and 48.8◦ , respectively. Data collected by ground-based radar in the ablation zone,
where glacial ice is exposed at the surface, are not subject to refraction limitations.
Unlike amplitude loss due to destructive stacking (discussed below), which
affects all reflectors of non-zero dip, refraction controlled limitations are not gradual.
9

When the reflector dip exceeds the critical angle threshold, there is no energy
backscatter detected at the receiver and IRHs are not imaged. Because of these
limits, only angles less than 50◦ will be considered for the remaining amplitude loss
mechanisms.
2.2.2

Destructive Stacking

Most radars stack traces in hardware before recording. Hardware stacking is fast,
allowing large numbers of traces to be collected and stacked in an effort to improve
the signal-to-noise ratio (SNR) while also reducing the data rate. If the reflector
is dipping, the reflections in the component traces of a stack will be slightly out
of phase, instead of perfectly in phase as in the case of a horizontal reflector. As
a result, stacking over long distances in the presence of a dipping reflector may
actually reduce the SNR.
To quantify the relative loss in power due to destructive stacking, consider the
numerical framework and geometry in Figure 2.2. Individual traces are collected
over a finite distance (∆x), and every n traces are summed to form a single stacked
trace (which have posting distance L). For a reflector dipping at some value θ 6= 0,
the two-way travel time for a reflection signal changes between adjacent traces (∆t).
Synthetic stacks were produced to determine the power loss using Equations (2.1) (2.5) for a variety of frequencies (f ), postings (L), and dip angles (θ).
The range of parameters selected for modeling were chosen based on realistic
survey characteristics, exemplified by the surveys presented in Figure 2.1. Frequencies ranging from 1 MHz up to 1 GHz were modeled, allowing us to explore
the potential for destructive stacking in high frequency radar (3–30 Mhz), used
for deep sounding, very high frequency radars (30–300 MHz), used for imaging
intermediate depth at higher resolution, and ultra high frequency radars (300–1000
MHz), used for near-surface imaging and determination of accumulation rate. We
varied stacked trace spacing from 0–25 m, and reflector dip angles between 0◦ and
50◦ . The number of component traces contributing to each stack does little to
change the relative amplitudes of stacked traces under different geometries, so we
chose 2000 component traces, consistent with the survey performed at NEGIS.
Equations (2.1) - (2.3) relate the data collection geometry to the resulting phase
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Figure 2.2. Geometry of the subsurface imaging process (top) as well as the resulting
data in the space-time domain (bottom). Incident rays perpendicular to the specular
reflector are received by the antenna and recorded. Component traces (dotted lines) are
stacked to produce the final traces (solid lines) in an effort to improve the SNR of the
data. The relationship between additional perpendicular distance (∆zs ) and additional
travel time (∆t) is explained by Eq. 2.2.

shift between reflections in adjacent traces:
∆x = L/n,

(2.1)

∆zs = ∆x sin θ,

(2.2)

∆x sin θ
.
c

(2.3)

∆t = 2
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Figure 2.3. Using Equation (2.5), we produced synthetic traces at varying frequencies,
reflector dips, and stacking intervals in an effort to quantify the power loss caused by
destructive interference. Plotted in (A) and (B) are the normalized powers at common
ground based and airborne posting intervals, showing power loss with increasing reflector
dip. (C) provides expected powers for 2 specific surveys, using 3 MHz frequency and
5m posting to characterize a typical ground based survey, and 140-160 MHz with a 10m
posting for a typical airborne survey.

Once ∆t has been computed for each component trace in the stack, the synthetic traces can be represented mathematically as sinusoids incorporating these
incremental phase shifts (Eq. (2.4)),
Ti (t) = sin (2πf (t − i∆t)).

(2.4)

The sum of these n component traces (Ti ) results in a stacked trace (S, Eq. (2.5)),
S(t) =

n
X

Ti (t).

(2.5)

i=1

The peak amplitudes of the resulting stacked traces were converted to powers,
and normalized against the power produced by a flat reflector. These results are
plotted in Figure 2.3 as a function of corresponding reflector geometry and radar
frequency. Over short stacking distances, this process has little effect on reflection
power (Fig. 2.3A). An airborne platform traveling at 80 m/s, stacking over 0.125 s
intervals (i.e. a stacking interval of 10m), will produce stacks similar to the image in
Figure 2.3B. Even at dip angles of ∼ 20◦ , which are common in deformed ice, radar
frequencies higher than 150MHz see a 6dB drop in return power (50% drop in return
amplitudes). Figure 2.3C shows the expected power loss as a function of reflector
dip for common ground based (3Mhz, 5m posting) and airborne (140-160Mhz, 10m
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Figure 2.4. Plot of the aliasing threshold for internal reflectors as a function of radar
frequency and posting interval (contour interval of 5◦ ). Dip angles exceeding the aliasing
threshold for a given survey configuration will not coherently migrate, preventing those
IRHs from being imaged and instead dispersing their energy as noise into the rest of the
profile.

posting) survey designs.
2.2.3

SAR Processing and Spatial Aliasing

Raw radar traces are not simply one-dimensional records of the subsurface at nadir.
Each trace contains information from off-nadir reflections. To convert raw radar data
into a spatially resolved image of the subsurface, energy from off-nadir reflections
must be returned to its correct subsurface location through Synthetic Aperture
Radar processing (also referred to as migration in the geophysical community).
SAR processing uses information from adjacent traces to collapse detected energy
back to the reflector location based on the radar wave propagation speed in the
medium being imaged (described in detail by [64]). Numerically, this process can
be performed in several ways, each with their own limitations. If the original data
is lossless, yet the post-migrated image contains power losses like those seen in
Figure 2.1, spatial aliasing of off-nadir reflections may play a significant role in
signal destruction.
Many migration schemes exist, each with their own advantages and disadvantages. F-K schemes provide computational expedience, but do not allow for the
incorporation of lateral variation in wave speed, while Kirchhoff and finite-difference
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schemes allow for more customization of the spatial domain, but require more time
to calculate [59]. Associated with each method are migration parameters, such as
the calculation aperture width and in some cases even the maximum dip to migrate.
When selecting a migration scheme, parameter selection should be considered
carefully, as certain computation apertures will prevent the coherent migration of
steeply dipping layers.
While there are intrinsic limitations to individual migration schemes, none of
the different computational methods will recover the original geometry if the data
is spatially aliased. As explained in Yilmaz [59], the equality that defines spatial
aliasing follows directly from Equation (2.3). When ∆t exceeds half of the wave
period, the reflector is aliased. Therefore, we can define the stacked trace spacing
(∆xs ) at which the signal is aliased for a given reflector dip (θ) and radar frequency
(f ) as:
c
∆xs =
.
(2.6)
4f sin θ
Using this equation we can define the aliasing threshold for a given trace spacing
and radar frequency (Fig. 2.4). Reflectors which dip at an angle exceeding this
threshold will not coherently migrate; energy reflecting from these horizons will
be dispersed and increase the noise level in adjacent data. As is evident from
Figure 2.4, VHF radar (30 MHz - 300 MHz) are prone to aliasing dipping reflectors
at common posting intervals. Thus, to ensure proper migration, a narrow trace
collection interval must be used.
2.2.4

Path Length

Because dipping layers are imaged from off-nadir angles, the path length for
radar waves imaging steep reflectors is longer than the path to flat reflectors at
comparable depths. This additional distance the wave traverses will reduce the
reflection amplitude due to three effects: spherical spreading, interface reflection
losses, and additional englacial attenuation. Transmission losses at interfaces are
known to be small [6], so here we focus on spherical spreading and attenuation.
Post-processing attempts to correct these amplitude losses, however the order in
which the three corrections occur (migration, spherical spreading, and attenuation)
has the potential to affect the accuracy of the final reflection strength.
When examined in log space (denoted by hard brackets), the reflection power
14
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Figure 2.5. (A) illustrates an individual diffraction hyperbola. Reflections from a
dipping bed are analogous to the flanks of the hyperbola; SAR processing/migration
returns that energy to the apex, which is inferred to be the true reflector location in the
subsurface. (B) shows the amplitude Correction [A2 ]dB that is required to recover the
true amplitude for a reflector at 1km depth, for a variety of attenuation rates collected
from the literature [6–9]. The magnitude of the [A2 ]dB correction increases with reflector
depth.

[Πr ]dB can be expressed in terms of the source strength [Πs ]dB , spherical spreading
losses [S]dB , and englacial attenuation [A]dB using Equation (2.7) [8, 60]:
[Πr ]dB = [Πs ]dB − [S]dB − [A]dB .
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(2.7)

Equations (2.8) and (2.9) define the spherical spreading and attenuation losses in
terms of the distance traveled r and a characteristic attenuation length N :
[S]dB = 10 ∗ log10 (r),

(2.8)

[A]dB = N r.

(2.9)

Figure 2.5 illustrates this problem conceptually. We define [S1 ]dB and [A1 ]dB
to be the spherical spreading and attenuation losses, respectively, that correspond
with a nadir path to a given subsurface reflector, and [S2 ]dB and [A2 ]dB as the
additional losses associated with an off-nadir ray path to that same reflection point.
Migration techniques often include a correction for [S2 ]dB . Correcting for spherical
spreading and attenuation before migration would correct for amplitude losses over
the entire ray path (i.e. [A1 ]dB , [A2 ]dB , [S1 ]dB , and [S2 ]dB ). Migrating the data
after these corrections would result in double correction for [S2 ]dB , resulting in
an erroneously high amplitude. Correcting for attenuation and radial spreading
after migration fails to correct for [A2 ]dB , because the energy is returned to the
nadir location before the effects of attenuation are removed. This can cause a
significant change in the reflection strength, depending on the reflector dip and
attenuation rate (Fig. 2.5.B). Thus, the proper correction order is: attenuation,
migration, and then radial spreading. When done correctly, no additional error will
be introduced as a result of the enhanced attenuation and spherical spreading for
dipping reflectors.
2.2.5

Source Directivity

Radar antennae are not isotropic radiators, and the variations with angle of the
electromagnetic field generated by the radar may cause significant differences in
return amplitude when imaging dipping reflectors. Most radar antennae designed
for subsurface imaging are optimized at nadir, and power gain diminishes the further
off nadir the target. For the dipole antenna used on NEGIS, there are no amplitude
nodes, so their ability to image dipping reflectors off nadir is quite good [65]. The
MCoRDS/I L1B published data presented in Figure 2.1 has a narrow beam width
in the cross track orientation (∼ 20◦ ), however along track the radar system can
image all angles [66]. The overall impact of source directivity on the imaging of
dipping reflectors depends on the radar used. Thus source directivity should be
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considered when selecting or building a radar system for a survey intending to
image specular layers with significant dip.
2.2.6

The Role of Specularity

Internal reflectors outside of bed controlled “echo free zones” are known to be
specular [67], meaning only incident energy normal to the reflecting surface can
be imaged. As a result, the ray paths that image reflectors of different dips vary
greatly, causing the amplitude losses described in the previous section. The icerock interface, however, is in most places a diffuse reflector, and therefore radar
backscatter is detected at nadir regardless of bed dip. As a result, imaging the bed
is not subject to the same refraction and ray path limitations as internal reflectors.
Additional complications may arise as a function of the “effective radiation pattern”
of the bed; diffuse reflectors send energy away at non-incident angles, but do so as
a function of their specific structure. The distribution of energy reflected from the
bed will vary from survey to survey, and spatially within a given survey area. The
amplitude loss mechanisms discussed above are constructed using the assumption
of specularity, and as a result the defined equations cannot be applied to the bed.
2.3
2.3.1

Application to Published Data
Northeast Greenland Ice Stream

During the 2012 field season, approximately 350 line-kilometers of ground-based
radar data were collected in upstream portions of NEGIS. The survey sampled
ice in streaming flow, shear margins characterized by steeply dipping IRHs, and
the slow-moving ice flanking the ice stream. The survey was performed using St.
Olaf’s 3 MHz monopulse radar with dipole antennas [5, 52, 68]. 2000 waveforms
were stacked in hardware to form one coherent trace, resulting in a trace spacing of
∼ 8 m. Trace spacing was linearly interpolated to precisely 8 m in post-processing.
Most of the survey area showed horizontal or sub-horizontal IRHs (picked using
the methods of Gades and others [57]). Internal reflectors near the shear margins
of the ice stream, however, exhibit strong deformation. In these data, it is clear
that deformation is driven by variations in basal shear stress, as internal slopes
are most extreme near the bed [43]. The transition from flat reflectors near the
surface to steep reflectors at depth is consistent with the power loss in both panels
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of Figure 2.1, which shows lossy areas that intensify toward the bed from their
depth of onset.
IRH slopes up to 40◦ are imaged before no coherent backscatter returns to the
receiver. This limit is consistent with the refraction limitations for ground-based
radars. There are observed power losses in the transition zones between horizontal
reflectors and the lossy regions. Figure 2.3C and Figure 2.4 both indicate that
neither stacking nor aliasing should result in significant power reductions for this
low-frequency radar data, leaving enhanced attenuation as the only other potential
power reduction mechanism. A close examination of the folds in the shear margins
at 1200m depth shows amplitude variations from one limb of the fold to the other.
The steeper limb, which dips at 25.8◦ , has a reflection power ∼ 0.93 dB lower than
the flatter limb, which dips at 5.7◦ . Using equation 2.9 and the geometry of the
reflector, this is consistent with an attenuation rate of ∼ 13 dB/km.
2.3.2

Thwaites Glacier

As a part of NASA’s Operation Ice Bridge, the CReSIS Multichannel Coherent
Radar Depth Sounder/Imager (MCoRDs/I) [66] was deployed on several airborne
platforms over Antarctica and Greenland to image the interior of the ice sheet. In
the configuration used to collect the data presented in Figure 2.1B, MCoRDS/I
was mounted to a Twin Otter, transmitting 140-160 MHz chirped signals over six
separate, coherently averaged antennae to increase SNR and allow digital beam
steering. In hardware, the MCoRDS/I system performs 16 fold stacking over ∼
0.22m. CReSIS publishes this data in an “L1B” processed form, with the 6 channels
coherently averaged, migrated using an along-track f-k scheme. Other processing
techniques would allow for beam-forming across range, however in the standard
averaging scheme used for the published data product, the antennae produce a
fixed beam at nadir.
Power loss in the Thwaites data is prevalent compared to the NEGIS data for two
reasons: 1) the SAR processing scheme employed by CReSIS uses a beamwidth of
10◦ in the doppler domain, effectively filtering out steeply dipping reflectors, and 2)
the geometry of the internal reflectors is more complex at Thwaites than at NEGIS.
While it is possible to determine the dip angle at which internal reflectors are lost
(∼ 4◦ ), almost no signal is preserved in the lossy regions, making it impossible to use
the published data product to constrain the maximum dip angle achieved outside
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Figure 2.6. Plots of pre-migrated (A) and post-migrated (B) sections from the Thwaites
data set. Lossy regions often correspond with the intersecting horizons in the unmigrated
section that result from steeply dipping IRHs.

of the horizontal, resolved sections. Without additional data, we cannot assess the
observed deformation, preventing even qualitative analysis in this glaciologically
interesting region.
Raw data was provided by CReSIS for the purposes of this study, and Figure 2.6
plots these data along with the published data product. Lossy regions in the “L1B”
product correspond well to areas in which internal reflectors cross, colloquially
known as "bow ties", commonly found in unmigrated data where synclines are
present. The brightest reflector is easily traceable in the unmigrated section, but is
obscured in areas of steepest dip after SAR processing.
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2.4

Discussion and Conclusions

The motivation for this study was to explain, and ideally prevent, vanishing IRHs in
radar data collected over ice sheets. These losses occur in the radar data presented
here, and are commonly found in data in available literature [8, 41, 42, 53, 54, 69, 70].
We find that reflector dip is ultimately the cause for data loss in both surveys
presented above, but the primary loss mechanisms for the Thwaites data and the
NEGIS data differ. Thus, the NEGIS survey failed to image only the most extreme
dips of > 40◦ , while published data from the Thwaites Survey contains only internal
reflectors dipping < 4◦ . Wave focusing by refraction and incoherent migration
from aliased layers causes the complete loss of steep reflectors at depth, but other
processes such as destructive stacking and ray path extension affect the amplitude
of all subsurface layers.
Because destructive stacking, spatial aliasing, and ray path extension may distort
amplitudes across the entire profile, it is important that amplitude interpretation of
the successfully imaged internal reflectors account for these mechanisms. IRHs with
dip angles under the aliasing threshold are still subject to destructive stacking losses.
Systematic steepening of reflector dip with depth (as seen in Figure 2.1) could
result in the calculation of artificially high attenuation rates, as the magnitude of
amplitude loss due to destructive stacking increases with depth. These amplitudes
must either be corrected using the relationship indicated by Figure 2.2, or the
amplitudes of dipping reflectors should be ignored.
Higher platform velocities make airborne surveys more susceptible to data loss,
which can be alleviated through higher data collection rates and shorter stacking
intervals in regions of intense deformation. IRHs with extreme dips simply cannot
be imaged with airborne radar due to refractive limitations on imageable surfaces,
however slopes exceeding these thresholds are uncommon. Shear margins and other
regions of complex flow, where these slopes are most likely to occur, are better
mapped by ground surveys. Different glacial environments have characteristic
internal geometries, and using our knowledge of IRH geometries from previous
surveys of the ice-sheet interior, grounding zones, and shear margins, we might
better inform future radar campaigns imaging these environments. Table 4.1
presents the longest posting interval that will still image the steepest internal
reflectors for a given environment, based on the amplitude destruction mechanisms
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Table 2.1. Survey suggestions to minimize the effects of destructive stacking, spatial
aliasing, and incoherent migration for common ice-stream environments. Values in the
table are the maximum suggested posting interval to preserve dipping specular reflectors.

(0◦ - 10◦ )

Grounding
Zones
(0◦ - 25◦ )

Shear
Margins
(0◦ - 45+◦ )

5 MHz

>20m

19.9m

11.9m

50 MHz

4.8m

2.0m

1.2m

100 MHz

2.4m

1.0m

0.6m

150 MHz

1.6m

0.6m

0.4m

1 GHz

0.24m

0.10m

0.06m

Frequency

Interior

(IRH Dips)a

a
Dip angles for IRHs represent average values for different ice sheet environments from the
surveys presented in Figure 2.1, as well as additional data from the literature [8, 38, 43, 52]

discussed in this study.
Lower frequency radar data can be stacked over longer distances without data
destruction, and ground-based radar suffers less from refraction limitations. But
airborne systems like the MCoRDs/I have significant advantages: airborne radar
data can be collected more quickly and over broader areas at lower cost than groundbased alternatives, and high frequency radar provides better depth resolution.
Through beam steering techniques and SAR processing, multi-channel coherent
radars also provide the potential to perform swath imaging of the subsurface,
dramatically increasing the coverage without any additional field time. As radar
systems and analysis become more sophisticated, it is important that researchers
collecting data do so in the most useful way for the broader glaciological community.
This means targeting internal layers as well as the bed, and collecting data in a
way that accurately preserves amplitude and phase. While survey and radar design
has historically focused on imaging a particular depth, or best resolving the basal
reflector, we suggest that surveys should also take into account a priori knowledge
of the likely geometry of internal reflectors when determining the radar frequency,
data collection rates, and stacking distances to employ.
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Chapter 3 |
Constraining attenuation uncertainty in common
midpoint radar surveys of ice sheets.

3.1

Introduction

Multichannel surveys are common practice in seismic data collection. Compared
to common offset surveys (which have a single, fixed distance between source
and receiver), multichannel surveys typically use a common midpoint geometry
(CMP), which images the same point in the subsurface with a range of ray paths by
varying the offset between source and receiver. These surveys have improved signal
quality, provide independent group velocity information, and enable the inversion
for physical properties of the system [59]. Despite their widespread use in active
seismic imaging, common midpoint radar surveys are uncommon, especially within
glaciology. This is likely because the primary objective for most historic radar
surveys over glaciers – to determine the ice thickness – was achievable without the
more technically challenging multichannel set-up.
Some glaciological studies have used CMP radar surveys to constrain the
electromagnetic wave speed in alpine and shallow ice-sheet systems [71]. Physical
properties of the ice, such as density and water content, affect the electromagnetic
(EM) wave speed, so observational techniques that can measure changes in speed
over space provide a useful method for identifying changes in ice-water content.
Most studies have used diffraction hyperbolas in common offset data to compute
velocities, and invert those velocities for water content in temperate glaciers [72,73],
but Barrett et al. [74] and Murray et al. [75] found that uncertainties in this type
of velocity estimation could introduce significant error into water-content estimates.
CMP surveys, by comparison, have relatively low error in their velocity estimation.
By validating CMP derived velocities using measured speeds within a co-located
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ice core, Eisen et al. [76] have shown that radar CMP methods can be used to infer
the EM wave speeds in the top 100m of ice with errors ranging from 1.4% to 5.7%
(as a function of frequency).
EM velocity variation below the firn-ice transition is small, with a total range
due to ice fabric spanning 0.9 m/µs [77] and variability due to temperature of only
±0.5m/µs over common values [61]. Combined, these effects amount to less than
1% of the overall speed. As a result, empirically derived velocity models are unlikely
to improve the baseline assumptions about the bulk ice permittivity of the major
ice sheets. The value CMPs could bring to deep ice imaging rests in their ability to
separate path effects from reflector characteristics, to improve interpretations of
radar reflection power.
Within radioglaciology, there is a push for more quantitative interpretation of
reflection amplitudes. This is in part because ice-sheet modelers, who attempt to
predict the future dynamics of the Antarctic and Greenland Ice Sheets, are limited
by a lack of observational constraints [31]. But the efforts to constrain estimates of
the water content of the subglacial environment [78,79] or the temperature of the ice
column [32] using radar are inherently hindered by the need for (knowingly violated)
assumptions when interpreting common-offset reflection amplitudes. Wideband
radar surveys, which can examine the return-power as a function of frequency,
have the potential to reduce uncertainty in reflection and attenuation analysis [80],
but these instruments still face complications with frequency dependent reflection
coefficients (which exist for internal reflections resulting from conductivity contrasts),
frequency dependent roughness, and frequency dependent amplitude loss from
birefringence. In order to measure the electrical properties with radar going
forward, we must perform surveys that vary those parameters, most obviously
path length and frequency, whose effects on return power are defined by a unique
relationship with the electrical properties of the system.
This study has two objectives: (1) identify the magnitude and uncertainties
associated with the corrections necessary in interpreting return power from bistatic
radar data, and (2) use internal reflectors from two bistatic radar surveys conducted
in Antarctica and Greenland to measure the attenuation rates as a function of
depth in the ice column, with the eventual goal of relating attenuation to the
temperature-depth profile of the ice column. The idea behind this study exists in
foundational radioglaciological texts, with Bogorodsky [60] stating “in principle, we
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can obtain the temperature of separate layers by radar sounding, if their interfaces
have electromagnetic contrasts.” We build off of more recent work, which has used
bistatic observations of the bed reflector to infer the depth-averaged attenuation rate
for the whole ice column [81], and theoretical studies that derive the fundamental
relationship between depth-averaged measurements and electrical and thermal
properties [6]. While the theory has existed for decades, this study is the first of
which we know to rigorously evaluate both the potential and challenges associated
with radar CMP surveys in practice.
3.2

Field Methods

Survey design is an important consideration when conducting a common midpoint
survey: the range and number of offsets, the radar wave polarization, and the radar
frequency all contribute to the corrections (and uncertainties) required for CMP
data processing. Below, we discuss the implications of each of these parameter
choices in the context of two radar CMP surveys. The first, collected during
the 2005-06 Antarctic season at Kamb Ice Stream (in concert with the common
offset surveys discussed in Jacobel et al. [49]) sampled offsets ranging from 100m
to 1200m, with a ∼20m offset spacing. The second survey, conducted at the
Northeast Greenland Ice Stream (NEGIS) over ice nearly twice as thick, sampled
offsets ranging from 100m to 1300m with 100m spacing. For NEGIS, a co-located
common-offset survey was collected, discussed in [78]. Both CMP surveys were
conducted using a mono-pulse radar system and resistively loaded dipole antennae
with center frequencies of 5 MHz (Kamb) and 3 MHz (NEGIS) [5].
Precise timing is required to synchronize the source pulse with the receiver.
To do this, we triggered the recording system using the air-wave from the source.
Antenna orientation for the Kamb survey promoted a strong direct wave at the
receiver, which resulted in a more reliable triggering system than for NEGIS. As a
result, stacking could be done in hardware, reducing the amount of time required
at each offset. To reduce the impact of spurious triggers during the NEGIS survey,
minimal stacking was done in hardware, so poor data could be removed before
stacking. Low quality traces were removed based on the strength of cross-correlation
between individual traces.
Apparent from Figure 3.1, there is a finite length of time following the initial
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excitation pulse from the transmitter during which the radar antenna radiates
energy into the subsurface. In an ideal case, the antenna radiates for only a
single pulse-duration; however, in all of the data aggregated for this study we see
significant ring-down periods (∼ 1.5µs) at near offset. As a result, we are unable
to resolve features shallower than 115m depth. Antenna design can alleviate this
(to some degree) by preventing internal reflections through resistive loading [82]
and limiting re-excitation from surface reflections through proper coupling and
impedance matching with the surface layers [83].
After the initial ringing, we also see data loss at far offset for internal reflectors
at intermediate depths. These losses occur near the refraction threshold for downgoing waves. EM wave speeds decrease downward through the firn layer, refracting
waves toward normal incidence. As the outward wave trajectory approaches surfaceparallel, the final down-going angle upon reaching glacial ice is between 44◦ and
49◦ [84], which corresponds with the threshold where we lose reflectors in the Kamb
and NEGIS data.
3.3

Analytical Methods: Isolating the Contributions to Return Power

Using the conceptual framework of Matsuoka et al. 2010 [8], the power detected by
the radar receiver can be divided into its constitutive elements:
[P ]dB = [S]dB − [G]dB + [R]dB − [B]dB − [N ]dB

(3.1)

These components (described in Table 3.1) are all reported in terms of log-power
(where [x]dB = 10 log10 x2 , with x2 as power), and can be separated into three basic
categories: system and survey characteristics, path effects, and reflector properties.
By keeping the system characteristics and survey geometry constant, common
offset surveys isolate the dielectric controls on the detected return. By differencing
the observations and performing subsequent analysis in terms of relative power,
most of the directional dependence is eliminated, leaving only the conductivity of
the ice, anisotropy along the path, and permittivity contrast at the reflector as
sources of variability in return power. However, with only a single observation of
return power at each location, the remaining variables cannot be disentangled.
CMP radar surveys reintroduce the complexity of the full radar equation; but,
with a well constrained source and survey geometry, the values of the reintroduced
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Figure 3.1. CMP radar surveys collected at Kamb Ice Stream and the Northeast
Greenland Ice Stream. Full data are plotted as a function of two-way travel time, with
the corresponding zero-offset depth on a separate axis. Picked reflectors (discussed in
figure 3.3) are indicated by colored circles on the depth axis. Data are divided into 4
sections: (A) surface ring-down, (B) head-wave noise found beyond the critical angle for
subsurface imaging (defined by a 450kg/m3 surface density), (C) the englacial reflectors,
and (D) the bed reflector (and subsequent ringing from poor antenna-surface coupling).

Table 3.1. Breakdown of contributors to return power as a function of down-going angle
(θ), azimuth (φ), and path length (r)

System Characteristics and Survey Geometry
S(θ, φ)
System Gain and Directivity
G(θ, r)
Geometric Spreading (with Refraction)
Reflection Effects
R(θ)
Path Effects
B(r, θ, φ)
N (r)

Interface Reflectivity

Birefringence
Attenuation and Scattering
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terms can be computed, leaving a range of path lengths and return power that
can be used to separate path effects from reflector properties for each subsurface
location. Below, we discuss each of the component terms and the complications
they may introduce to the attenuation profiles and reflector properties.
3.3.1

Radiation Pattern Correction

The ground-based radar system used in this study is not an isotropic radiator, so
detailed power analysis requires that we correct for the directivity of the transmitting
and receiving antennae. The system used here, first described by Wright et al. [85],
uses resistively loaded dipole antennae that can be oriented either parallel or
perpendicular to the separation direction. For the survey conducted on Kamb
Ice Stream, the antennae were oriented perpendicular to the separation direction,
transmitting the energy of interest in the H plane of the electric field. For a dipole
antenna, this results in slight increases in transmitted power as the look angle
changes from nadir to the critical angle of the lower dielectric medium [86]. This
increase in power with angle is advantageous for traces collected at far offset, where
attenuation along longer ray paths acts to reduce the strength of the reflected
signal. The NEGIS survey was conducted with antennae parallel to the separation
direction, transmitting energy in the E plane, which results in reduced power away
from nadir, dominated by transmission nodes at the critical angle.
In the study by Arcone [86], the radiation pattern of a resistively loaded
dipole on a dielectric half space is modeled for both point source and finite-length
antennae. He found only slight differences (∼ 2◦ ) in beam-width between the
infinitesimal dipole and the modeled response for a finite length dipole, consistent
with theoretical expectations for resistively loaded dipoles less than 2 times their
pulse wavelength [87,88]. Given this small difference, we proceed using the equations
for the analytical far-field solutions for an infinitesimal dipole.
To evaluate the directivity equations derived in [86], two values are required:
the transmission angle for all samples in our radar data set, and the permittivity
of the ice in the near-field of the antenna. For antennae equal-to or smaller-than
one half-wavelength, the near-field ends a distance of one wavelength from the
transmission source. If the near-field is small, as is the case for VHF radar (30-300
MHz), the radiation pattern can be reasonably approximated using a homogenous
half-space and a permittivity value derived from local density measurements (which
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can be converted to permittivity using one of the published permittivity/density
relationships, e.g. [89]). For a 3MHz dipole antenna, however, the far-field transition
happens much deeper in the ice column (as deep as 90m, for a simple half-wavelength
antenna). As a result, there is significant variability in the permittivity in the nearfield, invalidating the assumption of a homogeneous half-space. For the purposes of
this study, we use the half-space model with an average value of the permittivity
in the near-field (and discuss the uncertainties this is likely to introduce), but the
validity of half-space models for HF radar in glaciology should be a topic of further
study.
The final step before the correction can be calculated is to determine the
transmission angle for all samples in the data volume. We follow the approach
of [90], who argue that if the radiation pattern at the near-field/far-field transition
is known, one can simply propagate the variations in field strength outward to all
locations in the subsurface using ray theory. To compute transmission angle as a
function of offset and travel-time, we use an algorithm that identifies the optimal
ray parameter given a source-receiver offset and target horizontal reflector [91].
This is done for a set of reflectors ranging from 50m to 3000m in depth. Using
the arrival times of traced rays for each offset and reflector pair, we do a depthto-time conversion, and interpolate the optimal ray parameters as a function of
two-way travel time and offset to come up with a ray parameter (and corresponding
transmission and reflection angle) for each data sample. The vertical permittivity
profile used for ray tracing follows the firn density model of Herron and Langway [92],
which was related to dielectric permittivity using the relationship from Robin et
al. [89]. Without a tight constraint on surface density, we examine a suite of possible
ray paths for surface densities ranging from 400kg/m3 to 500kg/m3 .
3.3.2

Geometric Spreading and Refractive Focusing

Dielectric permittivity, which is inversely related to the radar wave speed, increases
with density. As a result, radar wave speeds decrease with depth, refracting EM
waves toward nadir and changing the shape and energy-density of the wave-front.
Bogorodsky [60] provided an approximation for the refractive focusing as a function
of transmission angle, but simplifications used in their derivation rely on small
transmission angles. Instead, we use the full ray-theory solution reduced for layered
media in [93], which solves for the geometric spreading term including all refractive
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effects. The full solution differs by as much as 3dB from that of Bogorodsky for wide
angle imaging of shallow reflectors, where the various approximations underlying
Bogorodsky’s method are most violated.
Ground-based nadir-looking surveys typically ignore this effect for good reason;
we find that subsurface targets below 400m experience less than 0.2 dB variability
in focusing with a nadir-looking beam. Airborne surveys have a stronger focusing
effect controlled primarily by the ice-air interface, which can be approximated by
equation (5) in Dowdeswell and Evans [61]. This approximation disregards the firn
column, but only differs from the exact solution when the column of air below the
transmitter is small relative to the firn thickness (and even in the case where the
transmitter is 50m above the surface, the correction is off by < 1 dB).
The variability in return power as a function of offset from just refractive
focusing is most extreme in deep reflectors, where we see a range of ∼2dB between
our nadir and wide-offset ray paths.
3.3.3

Reflection Coefficient

Like seismic waves, the reflection coefficient for transverse EM waves varies as a
function of incidence angle (θ). This relationship also depends on the polarization
of the EM wave, as described by the Fresnel equations [94]. He presents the
amplitude reflection coefficients for a wave traveling from medium a to medium b
with incidence angle θ for both polarizations:
ΓPab =

cos θ −

q

cos θ +

q

ΓSab

=

q

(a /b ) 1 − (a /b )sin2 θ
q

(a /b ) 1 − (a /b ) sin2 θ

cos θ −

q

cos θ +

q

(b /a ) − sin2 θ

(b /a ) − sin2 θ

(3.2)

(3.3)

Our calculations, which are done in terms of power, look at the square of these
amplitude reflection coefficients. ΓPab is the reflection coefficient for P-polarized
waves (sometimes referred to as TM modes, which are transmitted parallel to the
orientation of the dipole), while ΓSab is the reflection coefficient for S-polarized waves
(sometimes referred to as TE modes, which are transmitted perpendicular to the
orientation of the dipole). Logistically, surveys conducted with the P-polarized
antenna orientation are simpler, as the antennae can be dragged apart along the
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offset axis. The S-polarized antenna orientation, however, results in better signalto-noise for far offset reflections, because the amplitude reflection coefficient and
the incidence angle are positively correlated over the range of angles radar can
image.
The reflection coefficients also depend on the contrast in the complex permittivity
() at the interface, which itself depends on the electrical properties of the two
media.
σ
 = 0 − i
(3.4)
2πf 0
The real component describes the electric susceptibility of the material (known to
vary with density [61]), while the imaginary component varies with the medium’s
electrical conductivity (σ, controlled by temperature and chemistry [6]). The real
component is also frequency dependent over certain frequency ranges; however, the
effects of dispersion are negligible at our center frequencies (2.5 and 5 MHz), and
are therefore ignored [95].
The amplitude versus offset (AVO) response, which describes the magnitude
of reflection coefficient change from nadir to far offset, depends on the absolute
magnitude of the dielectric contrast. To evaluate whether or not uncertainty in the
magnitude of the electrical contrast (for which we have no independent constraint)
will introduce significant uncertainty to our attenuation analysis, it is first important
to estimate a reasonable range of dielectric contrasts given the sources of reflection
within and at the base of the ice sheet.
The literature interpreting internal reflections in the major ice sheets is extensive,
with early studies identifying a likely transition from density controlled reflections
in the shallow subsurface to conductivity controlled reflections in deeper ice [96].
Using data collected at Dome Fuji, Fujita et al [97] argued that for the top 1000m of
the ice sheet, where atmospheric gases are locked in bubbles before their conversion
to solid clathrates through burial, most internal reflections are controlled by bulk ice
density. Eisen et al. [98] showed, however, that density variations observed in deep
ice cores were too noisy to reliably reproduce radar reflections alone. Non-density
driven internal reflectors are either chemically controlled, through the presence of
acids or salts that rained out over the ice-sheet surface during snow deposition, or
define transitions in ice fabric. As shown in eq. 3.4, the conductivity term is a
function of frequency, resulting in clearer chemically controlled reflectors at low
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frequency (also shown in [99]).
In their analysis of expected density and conductivity contrasts below the firn-ice
transition, Dowdeswell and Evans [61] found effective permittivity contrasts on
the order of 10−3 for density contrasts and 10−2 for conductivity contrasts (at a
center frequency of 3MHz). We can evaluate the sensitivities of equations 3.2 and
3.3 to uncertainty in ∆ (b − a ) around the expected permittivity contrasts for
density and conductivity reflectors. Changes in ∆ drive significant differences in
the absolute reflection coefficient of the reflector, but result in only slight changes
in the reflectivity as a function of angle. For ∆ ranging from 10−4 to 10−2 , we
see less than 0.1dB variability in the reflection power trend as a function of angle
(consistent with the results of [81] for larger ∆ ranges), except for a slight change in
position of the Brewster’s angle for P polarized waves, which drives large differences
near that threshold.
3.3.4

Birefringence

Laboratory measurements show that ice crystals have orientation-dependent electrical properties, with lower permittivity (and faster EM wave speeds) perpendicular
to the c axis [77, 100]. This crystal-scale anisotropy can affect radar amplitude
analysis when the bulk glacial ice has a coherent c-axis fabric, typical of ice that has
undergone significant strain since deposition. As waves propagate into anisotropic
media, they are split into two components, one polarized in the orientation of
the fast direction of the ice and one polarized in the slow direction. Due to the
difference in wave speed, these two components, which started in phase, become
increasingly out of phase. Linearly polarized waves (not initially in the fast or slow
orientations of the ice) drift toward elliptical polarization (for a quarter-period
phase shift between the separated components) and back to a linear polarization
in an orientation different from the original wave polarization (as the separated
components approach a half-period phase shift). The receiver antenna is sensitive
only to variations in the electric field in the original polarization plane, so any drift
of the propagating wave away from that orientation will result in power passing by
the antenna undetected.
[101] performed a comprehensive analysis of birefringence effects when imaging
glacial ice with radar, with a particular focus on non-nadir-looking radar configurations. While the specific effects on return power depend on the strength of
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the fabric, path length through the anisotropic layers, and radar frequency, [101]
generalized their solution for low frequency radar, indicating that with frequencies
below 20 MHz, anisotropy’s effect on return power is negligible (for 1000m of ice
with a well developed fabric). The surveys described here fall well below this
threshold, so we ignore the effects of birefringence; however, subsequent studies
that attempt AVO analysis with higher frequency radars will need to consider
the full effects described by Matsuoka et al. [101], and either vary the azimuth of
their survey to isolate the orientation effects or derive a new method for removing
birefringence power losses from their signal.
3.3.5

Attenuation and Scattering

The remaining control on return power comes from losses along the ray path,
either from scattering or signal attenuation. As described above, the dielectric
contrast defining internal layers in ice sheets results in power reflection coefficients
on the order of 10−4 for density contrasts, and 10−5 for conductivity contrasts (at
this study’s center frequency), which drive a < 1% change in the power of the
propagating wave-front through the ice column. As a result, we ignore internal
scattering for these two ice-sheet data sets. However, in temperate glaciers, where
liquid water is present in the ice column, scattering creates significant power losses
and would need to be formally considered [102]. Additionaly, airborne surveys
would need to correct for the change in transmission through the surface as a
function of angle (for both the incident and reflected wave).
In the absence of significant scattering losses, remaining variability in return
power as a function of offset can be attributed to attenuation within the ice column.
In dB, power loss is linear with distance, so fitting first order polynomials to power
as a function of path length is a common method for identifying the englacial
attenuation rate. In order to find this relationship, common offset surveys typically
perform one of two calculations:
1. Using data from many traces, fit a relationship between ice thickness and
bed-echo strength. This assumes that the dielectric contrast at the bed does
not vary over space [49, 78].
2. Using data from a single trace, fit a relationship between power from internal
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reflectors and depth. This assumes the reflection coefficient of internal
reflectors is constant with depth [8].
Common midpoint surveys have the benefit of imaging the same reflection point
with multiple ray paths, eliminating the need for assumptions about variability in
reflectors over space. To compute attenuation rates using common midpoint data,
we fit changes in reflection power to changes in path-length (determined using the
ray-tracing algorithm described in 3.1) for each picked reflector. Return-power
from a single reflector isolates the depth-averaged attenuation in the ice column
above it, making it theoretically possible to back out the depth-variability in the
depth-averaged attenuation rates.
Computed attenuation values can be compared to temperature profiles (following the theory presented in MacGregor et al. [6]) to make inferences about
the temperature of the ice column. Warmer ice has higher conductivity, driving
higher attenuation rates. Non-temperature controls on conductivity, such as the
concentration of impurities within the ice column, complicate this inversion, but we
proceed with pure-ice conductivity values in an effort to provide an upper bound
on ice temperature.
We perform attenuation analysis using the common midpoint methodology
described in section 3.5, and compare the results with attenuation rates derived
using a common offset method modified from Matsuoka et al. [8].
3.4
3.4.1

Results
Correction Magnitudes and Uncertainties

Most of the terms in the radar equation vary as a function of angle. Attenuation
rates, however, decribe power changes as a function of distance traveled. To compare
power changes driven by source characteristics and survey geometry (which are
angle dependent) and the englacial attenuation (which is distance dependent), we
first have to bring everything into comparable units – dB/km. This is a non-trival
problem; the relationship between the range of angles sampled (∆θ) and total
path-length variability (∆D, or the path-length in ice at maximum offset minus
the path-length in ice at nadir) varies with depth.
The return power from shallow reflectors (which are imaged with a wider range
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of angles than deep reflectors) requires large power corrections at far offset. Without
those corrections, computed attenuation rates would differ significantly from the
true attenuation rate, due to the power gradients from near to far offset introduced
by survey parameters (such as antenna directivity and reflection coefficient). When
these strong, angle-dependent power gradients are mapped into a relatively small
∆D, the result is a large “perceived attenuation rate”. Going forward, we look
at the magnitudes and uncertainties of each of the corrections in terms of the
effective attenuation rate they introduce, which vary as a function of depth (given
the changing relationship between the ∆θ and ∆D).
First, we examine the expected ∆D values for two different survey geometries
(Fig. 3.2.A-B). Figure 3.2.A shows the expected trend in ∆D for ground based
surveys, with the total range of ray path lengths decreasing at depth due to the
hyperbolic nature of subsurface reflections. For airborne surveys, it is much more
challenging to achieve high values of ∆D. With an increase in the source-receiver
offset, a greater percentage of the ray path travels through the air column. The
extent to which the ray path is partitioned between the air column and the ice
column depends on the depth of the target reflector. As a result, the “in-ice offset”,
or horizontal distance between where the incident wave penetrates the ice surface
and reflected wave penetrates the ice surface, varies as a function of reflector depth.
This effect is manifest in 3.2.(B), where ∆D values for shallow reflectors increase
very slowly as a function of the true source-receiver offset (computed for a plane
flying 1000m above the surface).
In order to resolve an attenuation signal, the ∆D must exceed the attenuation
length of the ice [101]. As an example, for attenuation rates [N ] of 15 dB/km, the
attenuation length [L] is ∼ 290 m, computed according to the equation [81]:
[L] =

1000(10log10 (e))
[N ]

(3.5)

This means, for an airborne survey trying to derive an attenuation rate for the top
1km of the ice column, the source and receiver need to be greater than 5km apart,
resulting in significant deviations of the look angle from nadir. While reasonable for
ground surveys, achieving large enough values for ∆D will be one of the greatest
challenges associated with potential airborne CMP data collection.
In panels (C) and (D) of Figure 3.2, we plot the magnitude and uncertainties
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Figure 3.2. (A-B) Contour plots showing the maximum ∆D achieved as a function
of reflector depth and source-receiver offset for ground based (A) and airborne (B)
surveys. The effective offset for airborne surveys changes as a function of reflector
depth, making it more difficult to gather sufficient variability in path lengths to precisely
derive attenuation rates for shallow reflectors. (C-D) Plots showing the magnitudes and
uncertainties introduced in attenuation calculations for a 1300m offset CMP survey. For
P-Polarized antennae, the transmitted and reflected amplitude decrease as a function of
angle, mapping in additional power loss as a function of offset. For S-Polarized antennae,
the opposite is true, increasing power with offset for a perceived “negative attenuation”.
The total correction required to eliminate these non-attenuation power changes as a
function of offset (and the associated uncertainties) are plotted in black.
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Table 3.2. Parameter inputs for the uncertainty calculations presented in Figure 3.2

Refractive Focusing
Reflection Coefficient
Antenna Directivity
Surface Transmission

Reflector ∆
Surface ρ
400-500 kg/m3
0.0001 - 0.01
450 kg/m3
450 kg/m3
1.8-3.15
450 kg/m3

Near-Field 
1.8-3.15
-

for each of the corrections in dB/km for ground based (C) and airborne (D) bistatic
radar surveys that image out to a maximum offset of 1500m (roughly consistent
with the Kamb and NEGIS surveys discussed below). Uncertainties are based on
the reasonable range for physical properties required as inputs to the correction
calculation, and are described in table 3.2.
Several expected trends appear in the data: P-polarized antennae tend toward
power losses as a function of offset (both due to antenna directivity and the fresnel
reflectivity as a function of angle), while S-polarized antennae increase power as
a function of offset. The largest source of uncertainty in ground based surveys
is the antenna pattern, which is dominated by uncertainty in the near-surface
permittivity, density profile, and coupling between the antenna and firn column.
For a dipole antenna, the resulting uncertainty in attenuation rate calculations
falls to a few dB/km at 2km depth (below which the node in transmission for a
high-permittivity near-surface is not present within 1500m offset). The directivity
of airborne antennae does not depend on the unknown ice properties, so instead,
the largest source of uncertainty in airborne data would come from power losses due
to scattering at the ice-surface (which again, depend on the depth-density profile
of the ice).
3.4.2

Computed Attenuation Rates

The results of our attenuation rate calculations are presented in Figure 3.3, with
common offset fits and attenuation distributions in panels (A) and (C) and common
midpoint results plotted in (B) and (D). Depth averaged attenuation rates calculated
using the common offset technique were consistently lower than those derived using
the common midpoint technique, with values for Kamb ice stream centered around
15 dB/km and NEGIS around 2 dB/km. It is apparent in the NEGIS data that
the reflection coefficient for the internal reflectors is not consistent with depth,
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Figure 3.3. Corrected return powers color coded by reflector from the Kamb Ice Stream
(A) and NEGIS (C) surveys. Depth-averaged attenuation rates for the ice column are
derived using two methods, a common offset technique (fitting reflection power from
different internal reflectors as a function of distance traveled) and a common midpoint
technique (fitting power loss for a single reflector as a function of distance traveled which
varies due to changing offset). Linear fits for the common offset technique are plotted
in grey on panels A and C (with histograms of the fitted one-way attenuation rates
plotted as insets). In panels B and D, depth-averaged attenuation rates from the common
midpoint method (and their associated uncertainties) are plotted as a function of reflector
depth, with theoretical depth-averaged attenuation curves for pure-ice following [6], using
standard temperature profiles following [10] with surface temperatures ranging from -25C
to -5C.

so anomolously bright reflectors act as outliers in the linear regression and pull
the slope toward 0. However, these common-offset derived attenuation rates agree
closely with the published attenuation rates in these regions that were derived from
common offset data (14.9 dB/km for Kamb [49] and 8 dB/km for NEGIS [78]).
Common midpoint data (plotted in 3.3.B,D) yield much higher attenuation rates.
This difference is obvious from figure 3.3.C – the power gradients for any individual
reflector are much steeper than the overall change in power between reflectors. For
NEGIS, we see unrealistically high attenuation rates for the shallow reflectors, with
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a marked change in the reflector behavior at the Holocene transition. The reflectors
lower in the ice column define a much more reasonable trend, although the overall
depth averaged attenuation using the basal reflector (27 dB/km) is significantly
higher than found in previous studies [7,78]. The results from Kamb Ice Stream (fig.
3.3.B) follow a more consistent trend, but again have values higher than expected.
As a point of comparison, we have computed standard advection-diffusion
temperature profiles (following the equations presented in Perol et al. [10]), converted
temperature to conductivity in pure ice, and presented the corresponding depthaveraged attenuation rates that might be expected for ice sheets with various surface
temperatures. Surface boundary temperatures ranged from -25C to -5C, and the
resulting profiles are plotted in 3.3.B,D.
3.5

Discussion

The only published study that uses bistatic radar in a similar way to this study
suffers from a similar discrepancy between common-offset and common midpoint
derived attenuation rates [81]. They cite a difference of 10 dB/km between estimates
from the two different methods; however, Winebrenner et al. [81] do not correct for
antenna directivity, which, for their survey geometry, would act to increase power
as a function of offset for the CMP study (resulting in an artificially low estimated
attenuation rate). It is clear from previous studies and this one that a physical
process is missing from our understanding of non-nadir reflections; the attenuation
rates we derive are implausible for realistic ice conductivity values. Below, we
discuss two potential sources of power loss as a function of angle for both internal
reflectors and the ice-bottom reflector.
3.5.1

Basal Roughness

One of the assumptions embedded in this analysis is that the reflectors are specular
– that incident energy is reflected at a single angle, obeying the law of reflection.
Roughness in the reflection characteristics of the basal reflector can easily introduce
a source of power loss that would be difficult to separate from englacial attenuation
using bistatic radar data alone. Common offset data can be used to qualitatively
evaluate the specularity of the basal interface [34], but deriving a quantitative
correction for power distributions from basal roughness would require already
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knowing the attenuation rate.
3.5.2

Sub-wavelength reflectors

Electrical properties vary on scales much smaller than the wavelength of this system
( 55m), as apparent from dielectric profiling conducted at ice cores near our NEGIS
survey [103]. This complicates reflection power analysis, as the reflected wave is
a complex combination of each of the sub-wavelength reflection coefficients. In
attempting to replicate radar observations using core data from Dronning Maud
Land, [98] found that certain reflectors could only be recreated with the interference
of many, sub-wavelength conductivity peaks. The transmitted wave averages over
the electrical contrasts in the subsurface, so a careful interpretation in reflection
amplitudes also requires an analysis of changes in the averaging process as a function
of offset. In this section, we discuss two types of thin-film interference: single
layer destructive interference, which is predictable given an average layer thickness
and radar frequency, and multilayer interference, which is not predictable without
advanced knowledge of the spacing of conductivity peaks in the subsurface.
Figure 3.4 describes the single layer problem. Electrical property contrasts at
the top and bottom of an ice layer each produce a reflection, which tend to be
destructive for common layer thickness and radar frequencies. [61] highlight this
effect, showing that power reflected from an ice layer increases monotonically with
layer thickness until the layer thickness reaches one-quarter wavelength. As we
discuss below, the effective layer thickness decreases with offset, resulting in greater
interference and weaker reflections.
The second type of interference, which occurs between adjacent volcanic layers or
other anomalously reflective horizons, is either constructive or destructive depending
on the phase lag between the two reflectors. While the single layer interference
will consistently reduce return power with offset, the multi-layer interference can
introduce both positive and negative power gradients with offset. It is primarily
this effect that complicates the interpretation of return power from internal layer
reflections.
To quantify these thin-bed effects, we generated a set of 20 synthetic reflectivity
series with spectra matching the DEP record from the NGRIP core [103]. 10 of
these synthetics included volcanic excursions, with an average change in the real
permittivity of 0.01, while 10 synthetics contained only low amplitude white noise.
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Figure 3.4. Schematic of the thin-bed reflectivity problem showing dielectric permittivity
(left), amplitude reflection coefficient (center), and the expected radargram (Right). A
layer of constant permittivity generates reflections at the top surface and bottom surface
with opposite polarity. When convolved with the source wavelet, the resulting amplitude
and phase depends on the travel-time difference between top and bottom reflection. For
CMP surveys, that difference is reduced with offset, resulting in seemingly thinner beds
(B, compared with A), and reduced reflection amplitude.

Reflectivity series for each offset are defined by ray-tracing through our layered
medium. Each reflectivity series is then convolved with the source wavelet to
generate a radargram for that offset (3.6.A). Thin-bed fresnel reflectivity has been
previously studied for plane waves [104], but because CMP surveys are poorly
approximated by plane-wave solutions, the convolution model used here better
captures the dominant processes affecting our data.
The equation for path length in a single-velocity medium provides some intuition
for how thin-bed interference might vary as a function of offset. Due to the
hyperbolic relationship between offset (x) and two-way travel time (T ) for reflections
from a subsurface horizon, it is straightforward to show that the time-difference
(and therefore phase difference) between layer-top and layer-bottom reflections
(separated in depth by ∆z) changes most dramatically for shallow reflectors.
∆T =

q

(x2

+ 4(z +

∆z)2 )

−

q

(x2



+

4z 2 )

c−1
ice

(3.6)

As x increases, the first term grows more slowly than the second, reducing
40

the travel time difference between subsequent reflections. For deeper reflectors
(with higher z) the depth term dominates the distance traveled, reducing the
total variability in path length from changes in offset. These two effects result in
a reduction in ∆T with offset that is strongest for shallow reflectors (shown in
figure 3.5. The change in effective layer thickness from near to far offset increases
destructive interference, reducing reflected power from that layer, and artificially
increasing the perceived attenuation rate. With advanced knowledge of the true
layer thickness and radar frequency, the effect of layer thinning on return power
can be computed and corrected.
To test the intuition above, layers in the synthetic radargrams were manually
picked and their reflection powers computed, with power plotted as a function
of relative path length in figure 3.6.B. The dominant signal in these results is
a reduction in power with offset, although constructive interference from multihorizon interference does drive power increases with offset for some reflectors.
Fitting each curve with a linear trend produces “effective attenuation rates” from
layer interference, plotted in figure 3.6.C, along with the theoretical power loss from
just changes in effective layer thickness plotted in blue. Multi-reflector interference
introduces noise around the layer-thinning trend.
These effects can likely explain the high attenuation rates for internal reflections
within the Kamb data. A systematic reduction in the attenuation rates for internal
reflectors, combined with increased uncertainties associated with the multi-layer
interferences, could bring the attenuation rates more in-line with the expected
temperature-derived attenuation profile. Given the depth of internal reflectors at
NEGIS, this effect is unlikely to fully explain the high attenuation rates there,
leaving open the possibility for other unaccounted-for reductions in return power.
Ultimately, the individual layer thicknesses and layer distribution are unknown
controls on reflection strength. Without the starting layer thickness relative to the
wavelength (which is controlled by the original deposition thickness, the integrated
strain-thinning history, and chemical diffusion), it is impossible to quantitatively
compute and correct for power changes from thin-layer interference.
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3.6

Conclusions

Separating englacial attenuation rates from the other factors controlling radar
return power is a challenging problem. Common offset surveys are not subject
to angle-dependent variability from source and survey characteristics, but require
either large-scale spatial averaging or assumptions about the reflectivity series
characterizing internal reflectors. While common midpoint surveys reintroduce
complexity to the problem, they provide a range of observations for a single
subsurface reflector.
This study provides the first published results of which we are aware which
attempt to infer the depth-attenuation profile using internal reflector targets for
common midpoint analysis. We identify the magnitude and uncertainty of known
corrections for the computed attenuation rate as a function of depth for airborne
and ground based surveys, and highlight the power trends expected for refractive
focusing, angle-dependent reflectivity, source directivity, and surface scattering.
From the corrected data, we infer the full column depth-averaged attenuation
rate using common offset techniques, and attempt to compute a depth profile for
attenuation rates using the common midpoint techniques discussed.
Ground based bistatic surveys introduce significant uncertainty through coupling
of the antennae to the firn column. Thorough modeling of this system could help
reduce the range of likely radiation patterns, but uncertainty in the depth-density
profile will always exist in the absence of other constraining data. Airborne surveys
are not subject to the same uncertainty, but generating sufficient path-length
variability in ice requires going out to very wide offsets, which are more challenging
to image using the nadir focused radar antennae currently employed in airborne
surveys.
There is a systematic difference in the attenuation from common-offset methods
and common midpoint methods that is likely explained by angle dependent reflection
characteristics (such as sub-wavelength interference and surface roughness) that
cannot be removed without an independent measure of the relevant parameters.
To better quantify these effects (and determine if there is some other outside
contributor to return power not presently considered), future CMP surveys could be
conducted at the sites of historic ice cores, where dielectric profiling and temperature
observations can be used to either validate or calibrate CMP derived reflection
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strength and attenuation rates.
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Figure 3.5. This shows the change in effective phase difference as a function of sourcereceiver offset and reflector depth. For shallow reflectors, the phase difference between
the top and bottom of a given reflector rapidly approaches zero (as the travel distance is
dominated by the horizontal component). When the reflector depth is large relative to
the offset-range, there is less of a reduction in phase difference from nadir.
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Figure 3.6. Examples of the permittivity profiles at nadir and wide offset for synthetic
radargrams. Note the convergence of layers and reduction in layer thickness (dominated
by perceived thinning of the upper layers) between the nadir and wide-offset examples. 10
synthetics were produced including volcanic horizons with thickness ranging stochastically
from 1-10cm, and 10 synthetics were produced with only Gaussian noise in the permittivity
series (standard deviation of 0.001). Layers for each synthetic radargram were picked,
the return power was computed, and plotted against the relative path-length for each
reflector (B). Spread in the resulting attenuation rates (C) is the combination of general
power reduction from layer thinning with offset, as well as multi-reflector interference,
which can introduce both constructive and destructive interference that varies with offset.

45

Chapter 4 |
Motivating the use of englacial reflector slope in
constraining modern ice-flow behavior

4.1

Introduction

As described in the previous chapters, radar data capture a rich suite of information
from within the ice column. The record of snow accumulation, atmospheric chemistry, and dust and ash concentrations is locked into the ice stratigraphy through
burial, building up an ice sheet with distinct electrical contrasts at the boundaries
between historic ice-sheet surfaces. Radar reflections, which sample these electrical
contrasts, can be treated as isochrons [105], providing insight into how time is
distributed spatially within the ice column, and making it possible to temporally
correlate features observed through more direct sampling of the system.
One of the first major uses of englacial reflectors was unifying the time-scales
between adjacent ice cores [106]. This provided a method for independently
validating their age scales, historically synchronized through common patterns in
ice core chemistry [107]. Due to the difference in resolution between ice cores and
radar data, assigning an age to a given reflector is a non-trivial problem [108]; but,
with a properly constrained reflector, radar data have been used to successfully
extrapolate age information from many ice cores, providing a three-dimensional age
structure for large parts of the East Antarctic [109] and Greenland [110] ice sheets.
Englacial reflectors can also be used to derive modern and paleo accumulation
rates. Once corrected for ice-flow controlled layer thinning, layer thickness variations
indicate regions of high and low accumulation in deep time [111–113]. Using GHz
frequency radars, which have improved range resolution over their lower frequency
deep-sounding counterparts, it is possible to derive modern accumulation rates from
layers imaged within the firn column [65, 114]. These studies suffer from additional
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complications associated with the firn-densification process, which can also drive
thickness variations over space [115]; however, with the proper processing, results
from radar derived accumulation rates compare favorably with atmospheric model
predictions [116, 117], prompting further development of radar instruments and
techniques focused on near-surface firn imaging [118].
Information about the precipitation history at the poles is important for accurate
hind-casting of the Antarctic and Greenland Ice sheets, but additional potential
exists for the use of internal layers in historic reconstructions and future predictions.
The englacial reflector geometry imaged today represents the integrated strain
history of the ice sheet since the initial layer deposition, containing information
about all of the processes and boundary conditions that transformed the ice surface
to the intensely folded layer geometry we observe now.
Developing the methods required to use englacial reflector geometry as a test of
model outcomes is especially important, given the dearth of data-sets that record
ice dynamics of the past. The few records we do have go back to the Last Glacial
Maximum, when the ice sheets were larger than they are today. Ice flow modified
the subglacial environment of the time, and left behind geologic and geomorphic
evidence of flow behavior that has since been uncovered over the course of modern
grounding line retreat [119–121]. These sea-floor observations, combined with
exposure dates from rocks exposed during ice-sheet thinning and radiocarbon dates
of marine shelf sediments, are starting to provide a comprehensive picture of the
behavior of the ice-sheet margins over the last 20,000 years [122, 123]. But these
data provide little information about ice-sheet behavior in the continental interior.
Lacking observations of the modern subglacial environment, the best record of the
ice sheet interior we have is in the englacial layer structures themselves.
Quantitative interpretation of internal layer geometry started with features
called “Raymond Bumps”, which are flow features at ice divides that result from
the strain dependence of ice viscosity. The strength of ice differs between the ice
divide (where the strain-rate approaches zero) and the flanks, resulting in increasing
thinning rates away from the divide, forming a characteristic anticlinal structure
within the internal layers. Because these were predicted by theory before they were
observed [124], ice divides became targets for radar surveys, where the internal
layers could be used to evaluate divide dynamics and stability [39, 125–127].
This study is designed to develop similar theoretical intuition away from divides,
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allowing glaciologists to use the internal layer geometry to make quantitative
inferences about other boundary conditions to the system. Many studies have used
internal layer structure qualitatively [38,42,43,78,128–132], but their results cannot
be easily integrated into models of the system. Previous studies have explored the
formation mechanisms for englacial structures [133–135], but through this study, we
aim to provide a more generalized framework for internal reflector interpretation.
To accomplish this, the study is divided into two components:
• Develop an automated method for describing layer geometries, that can
ultimately be quantitatively compared with model output.
• Explore the suite of expected englacial structures using an ice sheet model
to determine (a) if it is possible to isolate the effects of different boundary
conditions on structure geometry and (b) the functional relationship between
ice-flow boundary conditions and the metric defined in part one.
In order to integrate radar data into ice-sheet models, it is important to first
examine the methods and limitations of current ice-sheet boundary condition formulation, and to determine where constraints can be improved with additional
information. In the following section, we describe the current methods for prescribing ice sheet boundary conditions, and motivate the use of reflector slope as a
useful proxy for gradients in the boundary conditions controlling ice flow. Later
in the paper, we provide the results of our slope extraction algorithm and model
results that begin to characterize the suite of expected englacial structures. Finally,
we conclude with a comparison between model results and radar data collected at
the grounding line of Whillans Ice Stream.
4.2

Background

Before climate forcing scenarios can be tested with an ice-sheet model, the model
must first replicate the modern ice sheet given current atmospheric and ocean
conditions [136]. However, knowing the environmental forcing is not enough to
initialize an ice-sheet model, as the modern ice sheet is controlled both by external
forcing and internal system dynamics. Other unknown parameter values in the
equations for ice flow must be defined before modeling can begin. Ice flow is
partitioned between strain within the ice column and strain accommodated by the
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basal interface. The ice sheet adjusts its flow speeds to maintain stress balance,
with the dominant resistive stresses of the system associated with internal shear
(σ) and basal shear (τb ).
˙ = A(T )σ 3

(4.1)

ub = Cτbm

(4.2)

The strain-rates at the bed (ub ) and through the ice column ()
˙ depend on the
strength of the ice, the frictional resistance at the interface between ice and rock,
and the substrate properties. As a result, accurate predictions require knowledge
of the geothermal heat flux (and therefore ice temperature, which controls ice
viscosity (A(T )) [137]), the coefficient of friction at the ice/rock interface (C), and
the rheologic parameter of the substrate material (m). Unfortunately, values for
these quantities are either entirely unknown or are only observed in a few locations
in Antarctica and Greenland.
Large scale geophysical studies have been conducted to try and better constrain
the geothermal heat flux, one control on the temperature of the ice column. Heatflux values have been derived using seismic wave speeds [138] and satellite magnetic
data [139]; however, the results differ in important areas, and do not agree perfectly
with the variety of estimates made from local surveys across the continent [140].
Despite the disagreement, one of these heat-flux grids must be chosen, introducing
the first instance of structural uncertainty to major ice sheet models. Because ice
temperature controls its viscosity, incorrect basal heat flux values introduce errors
in strain accumulation within the ice sheet.
In most ice sheet models, the following two assumptions are typically made: the
rheology of the substrate does not vary over space, and the material either exhibits
linear viscous (rheologic exponent = 1), non-linear viscous (rheologic exponent
> 1) or effectively plastic (rheologic exponent  1) behavior. When the driving
stress exceeds the shear stress applied by a linear viscous bed, the ice sheet speeds
up, and the faster velocity generates a higher shear stress within the substrate
to resist flow. For plastic beds, changes in the flow velocity do not change the
resistive stresses to the system; therefore, changes to the driving stresses have to be
balanced elsewhere. Depending on which rheologic assumption is made, the models
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can generate dramatically different ice sheet responses to climate forcing [141, 142].
The remaining unconstrained variable, the frictional resistance of the basal
interface, is determined by numerical inversion (examples of which can be seen
in [141,143,144]). The most common inversion method, first adapted for glaciological
problems by MacAyeal [145], determines basal friction coefficients by minimizing
the difference between model derived and observed ice-surface velocity. This is a
prescriptive fit once the substrate rheology and geothermal heat flux are assigned –
for each grid cell, there is one constraining observation, and one value that minimizes
the cost function defined by the constraint. If the surface velocity observations
truly represented a steady state configuration of the ice sheet, with no uncertainty
in how surface velocity translates to the velocity at depth, this method would
work. However, given the potential for local disequilibria with the current ice sheet
forcing (which would violate the assumption of steady-state), variations in the
velocity-depth profile due to variations in ice viscosity, and the aforementioned
assumptions about bed rheology, errors in basal friction are likely. These errors
then propagate through every projection of future sea-level rise generated by the
associated model.
These current inversions for flow law parameters, which exclusively use surface
data in the inverse process, cannot uniquely constrain all three of the unknowns
discussed. Surface observations are non-unique manifestations of the subsurface
processes, so trade-offs between the parameters are impossible to separate without
additional data. We suggest that englacial layer slopes may provide sufficient
information to identify which processes are the dominant control on surface elevation
at a given location. To justify this claim, a few facts about englacial structure
geometries must be established.
1. If the ice sheet is in steady state, the slope field that describes the geometry
of englacial reflectors does not change with time.
In steady state, neither the mass nor velocity of the ice sheet changes. This
means that the ice surface elevation stays constant with time, with equal masses
of ice being added to and lost from the system. To develop intuition about the
position of internal reflectors for steady state systems, it is helpful to think about
two end member ice-sheet configurations (Fig. 4.1).
The geometry of every radar reflector starts with the shape of the ice surface. As
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Figure 4.1. Schematic particle flow paths for steady-state ice sheets, where all accumulation is balanced either by subglacial melt (A), by melting at the margins (C), or by
a combination of both process (B). After sufficient time, the ice sheet is fully replaced
by newly deposited ice for all three configurations, but the amount of time required to
replace all the ice in a given particle flow path depends on where the initial accumulation
source lies relative to the melting boundary. Basal melt removes primarily old ice, while
glacial outflow disproportionally removes younger ice.

each particle proceeds along its respective flow path, the reflector’s shape changes.
In steady state, the velocity field does not change, meaning englacial reflectors follow
a consistent progression through time (i.e., the 1000 year isochron position does not
move, ice simply passes through that position with age). Figure 4.1 highlights this
process – with a new layer of accumulation, the historic ice moves one time-step
forward along its current trajectory, and the record of the oldest ice is removed
from the system. While the position of the strong dielectric contrasts may change
with time within the velocity field (as discrete chemical features move through
the system), the age field that describes all possible reflectors (and therefore, the
slope-field describing isochronous chemical layers) does not change.
2. Observed layer slopes can be quantitatively compared with model output,
and can provide insight into the magnitude and sign of errors in prescribed
boundary condition values.
Ice sheet models typically solve for values of ice thickness, ice velocity, and
ice temperature. Under the assumption that the ice sheet is in steady-state with
prescribed ocean and atmospheric forcing (a necessary assumption for most model
spin-up), the velocity field can be used to generate an isochron field, the contours
of which can be compared with radar observations of englacial layers, providing a
tool to evaluate model performance. The formation of englacial structures is much
more complicated if they form in response to transient boundary conditions. Here
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Young
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Particle Age

Figure 4.2. Schematic capturing the range of possible particle flow trajectories for a
given isochron. We can therefore assume, once the common layer thinning or basal melt
signal is removed, the remaining particle trajectory closely resembles the original reflector
slopes.

we proceed following the assumptions of current boundary-condition inversions
(that boundary properties are constant through time), but discuss the possibility of
transient features advecting through the system in section 4.5.
It may also be possible to relate the layer slopes to the englacial particle
velocities directly; however, this requires an additional set of assumptions. Figure
4.2 helps illustrate the relationship between folds within the ice, isochrons, and the
particle velocities. The age field is continuous and smooth, so every particle above
a reflector must be one time step younger, and every particle below must be one
time step older. Because, in the steady-state, particles cannot move into positions
presently occupied by younger ice, the velocity for a particle on a given reflector
must be pointed in a direction between the down-flow tangent to the isochron and
the downward normal to that isochron.
The downward component represents the large-scale ice sheet accommodation
for new material, arising from processes that do not require heterogeneity in the
boundary conditions. This vertical velocity can arise from accelerations due to
driving-stress variability along flow (from background accumulation), accelerations
near the margin where interior ice responds to the effect of the free surface, or
large-scale basal melt from either shear heating or excess geothermal heat. For
fast flowing systems, we assume the vertical component of the particle velocities is
negligible compared to the component tangential to the current reflector, making it
possible to interpret reflector slopes as particle paths. For slow flowing systems, the
common vertical component of the velocity field can be removed, and the remaining
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particle velocity will be tangent to internal reflectors.
Once isolated, the reflector slope can be thought of in terms of the the ratio
of the vertical (w) and horizontal (u) velocities of the system. Vertical particle
velocities result from the dynamics of the underlying portions of the ice column.
There are three basic processes that result in vertical velocities (illustrated in
Figure 4.3): basal melt or freeze-on, flow over a non-horizontal bed, and changes
in the local mass-balance from differential strain (often called the Weertman
effect [130, 133, 134, 146]). These processes are driven by basal boundary conditions
– the heat budget at the base of the ice, the topography, and spatial gradients in the
subglacial material properties. The formation of every structure in the ice sheets
can be thought of in terms of a combination of these three processes. We examine
the quantitative relationships between contrasts in basal boundary conditions and
reflector slope later in this chapter.
3. Boundary conditions do not all affect the vertical velocity field in the same
way, generating slope features that may be able to uniquely determine the
contributions of englacial deformation, basal sliding, and basal melt.
In order to examine the processes discussed above, we separate their contributions to the vertical velocity (w(z)) through the following equation:
w(z) = u∇b − Ḃ −

Z z

∇udz

(4.3)

0

As diagrammed in the right panel of Figure 4.3, basal melt (Ḃ) and flow over a
non-horizontal bed (whose slope is described by ∇b) introduce straightforward
components to the vertical velocity field, uniformly uplifting or down-dropping the
overriding ice. This is quite different from the effect of local variability in friction
at the bed, which first drives non-zero divergence in the horizontal velocity (u) over
space. Through mass-balance, this leads to depth variation in vertical velocities in
the ice column, with the magnitude of the induced vertical velocity greatest near
the ice surface. Because the vertical velocity profile depends on the mechanism,
it should be possible to identify different processes using the distribution of layer
slopes with depth.
The dynamic response to local boundary condition variability, which brings the
system into steady state, imposes additional (often offsetting) vertical velocities at
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Figure 4.3. Schematic diagram of the process that leads to internal layer structures, as
well as the dominant processes which induce vertical velocities in the ice column. Vertical
velocities result from the direct addition or melt of ice to the base of the ice sheet (A),
flow over a non-horizontal bed (B), or differences in the local horizontal strains (C,D).
These generate two characterstic vertical velocity (w) profiles with depth, either the ice
column is uniformly raised or lowered (through processes A and B), or horizontal strain is
integrated up through the column, resulting in the highest magnitude vertical velocities
near the surface (C,D).

locations with topographic, basal heat-flow, or frictional anomalies. This response
reduces the magnitude of vertical deflections near the surface, leading to larger
structures deeper in the ice column. As illustrated by Figure 4.3, the only way
high vertical velocities can exist near the bed but not at the surface is through
an offsetting dynamic response, because there is no mechanism for producing this
velocity profile with a single term in equation 4.3. Later in this study, we decompose
example velocity fields into their separate components, to illustrate the component
contributions and net effects of boundary condition variability.
Having established a relationship between observed reflector slope and standard
model output, the next section describes an optimized algorithm for extracting
slope information from noisy radar data. Following that, I use the model of Parizek
et al. [142] to explore the relationship between boundary conditions and englacial
reflector geometry, and ultimately set the stage for future methods that incorporate
layer slope in formal evaluation of basal properties.
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4.3

Methods

An implicit goal of this study is to avoid the problems of layer picking – the most
common way of capturing information about the geometry of englacial reflectors.
Layer picking requires continuity of individual features, and is focused on consistently
locating a reflector in every trace. For questions of flow history, the aggregate
behavior is more valuable than any isolated layer depth, prompting the development
of an algorithm that can use independent clusters of reflectors to identify the local
layer slope.
4.3.1

Slope Extraction Algorithm

Other studies have used rough slope estimates as a method for predicting layer
location to facilitate the layer picking process [147]. By eliminating the need for
final layer selection, image processing algorithm development can move toward
greater sophistication in slope determination. Panton et al. [147] approximated
the local slope by convolving sections of the radar data with a slanted Gaussian
filter. The filter angle that produced the maximum value was chosen as the layer
slope. This method works well for zero-mean data, and in the absence of significant
variability in reflection strength between reflectors, but we found that this method
produces spurious results for low amplitude reflectors, data not normally distributed
around zero, and in areas of high slope-variability.
To develop a more robust algorithm, we use the Radon transform, a function
commonly used to coherently combine dipping reflectors in seismic imagery [59].
The linear Radon transform takes two dimensional data, F (x, y), and computes line
integrals over the domain for all possible slopes (p) and intercepts (τ ), generating a
new two-dimensional set (R(p, τ )) described by:
R(τ, p) =

Z ∞

F (x, τ + px)dx

(4.4)

−∞

To find the englacial reflector slope, we compute the Radon transform of the radar
image and identify the p value that generates the most coherent stack (determined
by a criterion discussed below). The dip angle of the reflectors is then simply:
θs = tan−1 (pmax )
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Figure 4.4. Process workflow for the Radon Transform based slope extraction algorithm.
The left half of this figure describes, in words, the computation steps, with the right
half of the figure providing examples of the output for each step. The results of three
different filtering options are provided: (A) no adjustments, (B) data scaling in the (τ, p)
domain, and (C) windowing in the (x, z) domain. The fourth row shows the output of
these different filtering options, with the filtered Radon Transform results for the selected
trace (in color) compared with the radon transform result for the true slope (dashed).
Filtering scheme (C) was the only method to accurately determine the slope of reflectors
in the example window.

Radon stacking may suffer from some of the same limitations as the Gaussian
method, so several additional filtering and thresholding steps were tested, in an
effort to optimize algorithm performance and avoid spurious slope calculations in
the presence of noisy or highly variable data.
The workflow for our slope extraction algorithm is presented in Figure 4.4. This
figure serves to highlight the effect of several of the optimization steps tested. The
algorithm works as follows:
1. The radar data are depth converted, using an assumed dielectric permittivity
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to go from the (x, t) domain to the (x, z) domain.
2. A rolling window subsets the data, extracting a square section designed to
capture at least five reflectors (based on the center frequency of the system
employed).
At this point, there are several options for filtering that can be used to yield
optimal results. We tested three methods of computing the final slope:

• No Filter (4.4.A): To determine the slope of internal reflectors, we find the
angle associated with the highest stack power from the Radon transform of
the windowed data. Because the Radon transform is performed on a square
domain, the results are biased by the variability in the number of samples
stacked together. Maximum power exists p values corresponding to 45◦ , where
the zero-intercept trace contains the most samples, missing the true angle of
the englacial reflectors.
• Filtered in the (τ, p) domain (4.4.B): To remove the number-of-samples bias,
we first compute the Radon Transform of an identically sized, two-dimensional
box-car function, and remove that component from the raw Radon transform.
This eliminates the number of sample bias, changing the values to a measure
of average power along each integrated line. This, however, biases the angles
for which there are few samples in a given line-integral. 45◦ lines sample the
corners of the window with a single sample; if that sample contains a reflector,
it often results in a high average power for that line, and erroneously selects
that angle as the reflector slope.
• Windowed in the (x, z) domain (4.4.C): Before the Radon Transform is
computed, a two-dimensional Gaussian window is applied to the data. This
eliminates corner effects, by effectively converting the data to a circular
domain, and weighting individual samples by their distance from the center
of the window. If the central sample is a weak reflector, and the power in
adjacent reflectors is quite strong, it is still possible for an incorrect slope to
be chosen, but this is mitigated by putting limits on the possible slope values
(either absolute limits, or smoothness constraints).
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Based on the reliability of these tests, the most efficient algorithm follows:
3. Apply a two-dimensional Gaussian window to the (x, z) data.
4. Perform the Radon Transform, converting the data to the (τ ,p) domain.
5. Find the angle associated with the maximum power stack in the domain.
Throughout this process, additional thresholding can be used to mitigate spurious results, including smoothness constraints and maximum slope limits. A
minimum signal-to-noise requirement within the original window is used to prevent slope calculation in the absence of englacial reflectors. The code, with all
algorithmic options, is presented in Appendix A.
4.3.2

Modeling Experiments

To determine how different boundary conditions manifest in the ice sheets’ internal
layers, a set of modeling exercises was performed. Separate experiments isolate
individual boundary conditions, in an effort to characterize and catalog the suite of
expected englacial structures. This is not designed to be an exhaustive exploration of
parameter space, but rather an exploratory study, to identify unique characteristics
of different structures, and put forward a set of guidelines for the interpretation of
englacial structures in the future.
As shown by Hindmarsh et al. [133], models without depth integrated vertical
shearing produce very different depth-velocity fields from shallow-ice approximations.
As a result, we use the model of Parizek et al. [148] for this work – a higher-order,
variable-width flowline model. While this model cannot recreate all structures
generated by 3D effects, it is capable of reproducing flowline-convergence effects as
well as structures that form due to in-line variability in basal boundary conditions.
Each experiment was run to a steady-state configuration, and the englacial
structures examined. We present here three experiments designed to be type
cases for different boundary condition anomalies, and discuss their implications for
interpreting englacial slopes in future studies. The experiments are:
• Ice flow over a topographic feature in the bed (50m high, 10km wide).
• Ice flow over a basal friction anomaly (10x background).
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• Ice flow with a surface accumulation anomaly of 50 cm/a (5x background).
The results of these experiments are presented in section 4.4.2.
4.4
4.4.1

Preliminary Results
Extracted Slope Examples

To test the robustness of the slope extraction algorithm, we used a combination
of ground-based, relatively low-frequency (2-5 MHz) data as well as airborne,
higher-frequency data (140-160 MHz). This is to show both best and worst case
performance scenarios. The results are presented in Figure 4.5.
Algorithm performance is notably better in the ground-based, lower-frequency
data. The data presented in Figure 4.5.A, which spans the width of the North
East Greenland Ice Stream, does not have continuous reflectors across the domain
(they are interrupted by losses where slopes exceed the imaging threshold). Despite
these regions of low signal-to-noise ratios, the algorithm accurately computes slopes
where data are available, and (mostly) identifies the regions where there is not
sufficient reflector information to compute a slope. Even in areas with dramatic
changes in reflector slope over relatively short distances (as in Fig. 4.5.B), the
algorithm performs well.
At the other end of the spectrum are data like those presented in Figure 4.3.D-E,
which lack traceble reflectors entirely. There are features visible within the ice that
provide a general sense for the internal structure, but individual layers are mostly
unresolved. To extract slopes from these data, we needed to expand the window
over which the Radon transform is calculated, leading to coarser resolution in the
eventual slope field. Despite the low data quality, the slope extraction method still
captured the general trends in the data, highlighting the patch of positive slopes
within a generally negative slope field.
Ground-based data have other advantages over airborne data not shown in
Figure 4.5, most notably the lack of a surface multiple within the ice column. Given
the nature of the surface reflection, this is challenging to filter out of the airborne
data, and confounds the slope-extraction algorithm wherever it is present. While
easy to identify and manually remove, this reduces the efficacy of a fully automated
processing scheme.
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Figure 4.5. End-member results from the slope-extraction algorithm are presented
here, using a dataset with well resolved internal layers (A) as well as poorly resolved,
but present, internal layers (E). Data from panels (A-C) come from a ground based 3
MHz radar system, collected at the North East Greenland Ice Stream, while the data in
panels (D-E) come from an airborne, 140-160 MHz survey collected at Thwaites Glacier,
West Antarctica. Note the difference in reflector sampling between the two surveys
(shown in the return power for a characteristic trace, in panels C and D). Even with poor
data quality, the slope extraction algorithm still captures the gross structure seen in the
Thwaites data (E).
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Table 4.1. Boundary conditions for the model experiments described above. Bed
elevation is provided in terms of its position along the flow-line in meters (x). The
amplitude of experimental anomalies are provided in parentheses next to background
values (representing the maximum value of a 20km wide Gaussian anomaly).

Experiment
Number

Accumulation
Rate

Basal Friction
Coefficient


 
m
a

MP a

 1/3 
s
m

Bed Elevation
(m)

1. (Topography)

0.1

1.3

-200 - 0.003x (50m)

2. (Friction)

0.1

1.3 (13)

-200 - 0.003x

0.1 (0.5)

3

-200 - 0.003x

3. (Accumulation)
4.4.2

Modeling Results

The following subsections discuss the isolated anomaly experiments. Several runs
were conducted for each case, varying the average ice velocity (through the basal
friction coefficient) to find the clearest examples, which are presented here. In all
cases, basal melt is set to zero. The vertical velocity field for each model run is
deconstructed into the two remaining components described by Eq. 4.3, to highlight
the processes driving structure formation. Other relevant model parameters are
presented in table 4.1.
4.4.2.1

Flow over a Topographic Feature

Both the basal topography and flux divergence components contribute significantly
to the vertical velocity for ice flowing over a topographic feature. The two mechanisms work against each other to produce the lowest vertical velocities near the
surface, with high vertical velocities near the bed.
As discussed previously, the basal topography yields a depth-independent vertical
velocity, resulting in uniform uplift and down-dropping over the flanks of the mound.
To bring the system into steady state, the dynamics force acceleration into the
relatively thin ice column above the topographic feature, which slows down again
as it reaches thicker ice on the downstream side. This is accomplished through
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Figure 4.6. Breakdown of the vertical velocity components generated by a subglacial
topographic feature. Panel (A) shows the effect of the subglacial topography, (B) is the
vertical velocity from flow divergence (with the model output used to compute it plotted
above), and (C) is the final structural slope field (w/u), with projected internal reflectors
plotted.
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a combination of enhanced surface-slopes (and therefore, driving stresses) just
downstream of the topographic high, and longitudinal stresses driving acceleration
immediately upstream. The acceleration on the upstream flank results in a fluxdivergence (and negative vertical velocities). The opposite is true on the downstream
side, where convergence generates positive vertical velocities.
When comparing Figures 4.6.A and 4.6.B, there are two important features
to note. The first is the relative positions of the vertical velocity maxima for the
topography and divergence terms. They are not co-located; the divergence velocities
fall slightly downstream of the bed bump. The second point of note is that the
acceleration into the bump (and associated divergence) is greater in magnitude
than the slowing and convergence on the downstream side. Combined, these two
factors result in an asymmetric structure in the near-surface layers.
At the bed, where divergence-driven vertical velocities approach zero, the feature
is roughly symmetric and aligned with the bump. Up column, the structure is more
complicated. On both sides of the bump, the spatial offset between topographicallycontrolled vertical velocities and divergence controlled vertical velocities leads to
less interference (and therefore faster vertical speeds) on the upstream halves of
the fold limbs. This gives the impression that the fold “leans” upstream (apparent
in panel C of Figure 4.6, which shows a zero-slope value at the center of the basal
bump near the bed, but several kilometers upstream near the surface).
4.4.2.2

Flow over a Friction Anomaly

As shown in Figure 4.7, the horizontal velocity field resulting from a basal friction
anomaly has significant vertical gradients. To overcome the enhanced shear stress
at the bed, the surface slope steepens, necessitating thicker ice upstream and
thinner ice downstream of the anomaly. For there to be mass balance with this
configuration, the upstream (thick) ice must flow more slowly than the downstream
ice, and that net acceleration is accommodated by internal shearing over the high
friction anomaly.
Above the high-friction patch, where the greatest internal shear occurs, the ice
transitions from convergence near the bed to divergence near the surface. Integrating
this flux-divergence up column results in a change from positive vertical velocities
to negative vertical velocities, again leading to a structure which appears to lean
upstream. The flattest slopes are found in the overriding layers upstream of the
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Figure 4.7. Plot of the velocity components for a frictional anomaly experiment, where
the basal friction coefficient at 25km is set to 5x the background value. Panel (A) shows
the vertical velocities induced by flow divergence and (B) is the net slope field, with
internal layers projected over for comparison.

high-friction patch, while the steepest slopes are found in the those same layers,
downstream of the high-friction patch.
4.4.2.3

Flow under an Accumulation Anomaly

Because variability in accumulation is known to generate internal structures without
a direct contribution to the vertical velocity term, we explore the magnitude of
internal slopes arising from a localized accumulation anomaly. The intuition behind
the steady-state geometry and velocity field that arise from an elevated local
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Figure 4.8. Plot of the velocity components for an accumulation anomaly experiment,
where the accumulation rate at 25km is set to 10x the background value. Panel (A) shows
the vertical velocity induced by the flow divergence, and (B) is the net slope field, with
internal layers projected over for comparison. The background flow speed for this system
is 28 m/a.

accumulation rate comes from the mass-balance of the system. Without enhanced
divergence at that location, mass would accumulate, raising the surface elevation
there. The system comes into balance through relative flattening of the surface
slope upstream of the anomaly and steepening downstream, creating a driving stress
change at the location of interest. As with all divergence terms, the maximum
vertical velocity is near the surface, resulting in the greatest layer slopes there.
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The magnitude of this accumulation effect on driving-stress is ultimately determined by the average flow-speed of the ice. Fast flowing ice carries the fresh
accumulation away quickly, leading to a slower build-up of the surface elevation
in the the absence of dynamic adjustment, and a smaller change in driving stress
at the location of the anomaly in steady state. As a result, when we ran the
same experiment with a lower friction coefficient at the bed (and a faster average
ice speed), there was no significant internal layer deflection. We find that the
ratio of accumulation rate to surface flow speed determines how significant the
dynamic effect will be. For the example presented here, where we see significant
layer deflections, the ratio was 1/50. When tested with a ratio of 1/500, there are
no observable englacial structures.
4.5

Discussion

At first glance, the results of all three experiments look quite similar. But there
are two important features that stand out, and highlight differences in the physical
processes that drive structure formation:
1. Friction anomalies induce significant vertical shear, while other types of
= 0) in steady-state.
boundary variability exhibit plug-flow ( du
dz
Looking carefully at the horizontal velocities in figures 4.6-8, the only depthvariability in the horizontal field is the result of enhanced basal friction. Plug-flow
systems will develop vertical velocity profiles (and therefore, reflector slopes) that
change monotonically with depth, while internal shear allows for a direction change
in vertical velocity within a single vertical column. Structures that show positive
slopes near the bed and negative slopes near the surface (or vice versa) must be
the result of a friction anomaly.
2. Reflectors at the base of the ice column are not bed conformable in the
presence of a basal friction anomaly or an increase in basal melt or freeze-on.
These two possible drivers can be distinguished by the depth-profile of the
reflector slopes.
Short-wavelength variations in the topography, basal heat-flux, and accumulation
all drive changes to the stress-field indirectly, either by adding, removing, or
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reconfiguring the mass of the system. The surface slope (and driving stresses)
adjust slightly to accommodate the necessary velocity profile along flow, but damp
vertical velocities near the surface. Alternatively, basal friction anomalies have a
direct impact on the stresses of the system, maximizing vertical velocities near the
surface in-order to increase the driving stress enough to bring the system into force
balance. Non-conformable bed features highlight possible basal friction anomalies,
while the depth profile of the englacial slopes (and effective surface expression) help
distinguish between basal friction and basal melt.
By identifying the distinguishing features of basal friction anomalies, it is
possible to start evaluating predictions about basal properties, either based on
physical process understanding or from current basal friction inversions. Compared
to formal inversions, tests of assumed boundary conditions are straightforward to
perform with historically collected radar data. Inversions face the added challenge
that some structures in the ice-sheet are likely formed by transient processes. Using
non-steady-state structures would inaccurately assign complex boundaries to the
structures’ current locations, when in reality they formed elsewhere and advected
into place after the boundary controlling their formation changed.
As a test-case, we evaluate the assumption that till at the grounding line of
current ice-streams must be more resistant to flow than the surrounding material
[149]. Qualitative interpretation of radar data collected at the grounding zone
of Whillans ice stream indicates that there might be an increase in basal friction
there [43], but we examine the structure in more detail, seeking those characteristics
described above that can uniquely identify steady-state frictional anomalies.
4.5.1 Combining Slope Extraction and Modeling Results - Whillans Ice
Stream
A fold found in radar data at the grounding line of Whillans Ice Stream had been
qualitatively attributed to an increase in basal friction [43]. We extracted the slope
information from the data (shown in Figure 4.9) and found a significant asymmetry
to the slopes upstream and downstream of the grounding line, along with variability
in the reflector slope as a function of depth. Deeper layers show relative symmetry
across the fold, with slopes of about 4◦ on either limb, while the shallower layers are
nearly horizontal upstream of the grounding line with significant negative slopes
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Figure 4.9. Extracted englacial reflector slope from radar data collected over the
groundingline of Whillans Ice Stream (A), where there is thought to be an increase in
basal friction corresponding with a reduction in porosity of the glacial substrate. Two
depth profiles were extracted from the slope field, and plotted in panel (B).

(6◦ ) on the downstream side. This pattern is consistent with the modeling results
presented in section 4.4.2.2.
Where this system differs from the model results is the lack of surface expression.
In our model example, enhanced driving stress was needed to balance the resistive
stresses of the frictional anomaly. Because this system exists at the boundary
between grounding and floating ice, it is possible that this increase in basal shear
stress is balanced instead by enhanced tensional stresses associated with a lack
of buttressing from donwstream ice. But, the complete lack of surface expression
makes this inconsistent with our model-derived intuition, and warrants additional
investigation.
4.5.2

Thinking about “layer slopes” in a 3D context

Up until this point, this study has implicitly assumed that radar data is collected
along the orientation of flow. The reality is that much of the radar data collected
in Antarctica and Greenland is either oblique or orthogonal to the dominant flow
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direction. These data are less useful, because adjacent particles no longer have a
shared strain history in the way that particles within a flowline do. The techniques
presented here would therefore be restricted to either slopes extracted from data
collected parallel to flow, or slopes that can be reliably projected onto a local
flowline.
4.6

Conclusions and Further Work

By putting forth reflector slope as the critical metric for describing englacial
reflectors, this study motivates a new type of analysis for the large body of radar data
already collected in Antarctica and Greenland. Unlike picked layers, which describe
absolute layer thicknesses in individual traces, layer slope provides information
about the relative layer thicknesses, which directly translates to vertical velocity
gradients within the ice column.
We present a quantitative, automated method for extracting slope information
from existing radar data, which mitigates some of the problems associated with
previously published algorithms, and avoids many of the challenges associated with
individual layer picking. While there are still processing challenges (multiples in
the data, low signal-to-noise in deep reflectors, edge effects associated with the fade
out of layers in regions of steep layer slope), this represents the first step toward a
more automated, quantitative description of internal ice structures.
We also show that variability in the hard-to-constrain boundary conditions of
the system (the basal friction coefficient, basal melt, and accumulation) manifests
as unique structures within the ice sheet, and the different boundary conditions’
contributions are distinguishable using characteristics of the layer slope field. While
there are complications associated with the the orientation of radar flight-lines,
the data quality for deep internal reflectors, and the degree of transience in the
ice-velocity field, at the very least these data can be used to test the assumed
boundary conditions generated from model spin-up, which ultimately control the
predicted evolution of Antarctica and Greenland.
This type of model validation could be immediately applied to the basal friction
inversions of Joughin et al. [141,150] and Sergienko et al. [151], which show significant
heterogeneity in the basal friction in critical regions of West Antarctica [151]. The
complexity in the basal resistance results from complexity in the surface velocity
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and topography data, which propagate through the inverse process and generate
spatially varying basal shear stress values. If it exists, such strong heterogeneity
should manifest within the ice column; however, no inverse products have ever
been validated using structures in the airborne geophysical data. By highlighting
the relationship between modeled velocities and internal reflector slope, this study
defines a path forward for better data integration and model validation.
Radar surveys provide the most spatially comprehensive picture of the Antarctic
and Greenland Ice Sheets we have. While many studies make qualitative interpretations using radar structures, we currently lack the ability to integrate these
interpretations into a quantitative sea-level prediction. The potential that exists
to reduce uncertainties in ice-sheet modeling using these data deserves further
exploration, with this study providing a first step toward more rigorous data-model
comparison.
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Chapter 5 |
Evaluating Marie Byrd Land stability using an improved basal topography

5.1

Introduction

Modern Antarctic ice-sheet behavior is influenced strongly by the ocean. As a
result, understanding grounding line dynamics and the present state of the ice-sheet
margin has been one of the primary research interests of the glaciological community.
Recent studies have shown that the initiation of ice retreat from the Amundsen
Sea Embayment has already begun [35, 152]. With unstable retreat apparently now
underway, researchers must turn their attention to the morphology and dynamics
of the ice-sheet interior to determine the full extent of the risks posed by West
Antarctic collapse.
The bed of the West Antarctic Ice Sheet (WAIS) is characterized by deep interior
basins and trenches. These are flanked by regions with topography well above sea
level, which are exposed as nunataks [153]. Marie Byrd Land (MBL) is arguably the
most prominent of these highland regions (Fig. 5.1). Cenozoic volcanoes pierce the
ice surface [154], providing easy access to the rock that underlies this part of WAIS.
Away from the nunataks in MBL, however, our understanding of the composition
and structure of the bedrock is poor. In this study, we use new radar data to
supplement previous geophysical studies of the region and produce an improved
bed topography for MBL. This new topography reveals previously unrecognized
features near the Executive Committee Mountains and under DeVicq Glacier which
have potential implications for ice-sheet behavior during WAIS retreat.
Understanding the subglacial topography of Antarctica is important for a
number of reasons: the geometry of the bed is used to infer the tectonic history
[155, 156] and paleotopography of the region [157–159], and is used to constrain
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Figure 5.1. Radarsat imagery of Marie Byrd Land [11] with rock exposures marked
in black [3]. MEaSURES ice velocities (plotted on a logarithmic scale) are provided to
highlight the glaciers in the region [12], with major ice divides in grey (modified from [13]).
Geologic and glaciological features discussed by name are labeled.

modern gravity [160–162] and passive seismic surveys [163, 164]. The bed is also
a critical boundary condition for ice-sheet modeling [16, 17, 165], with certain
geometries thought to precipitate unstable retreat of the ice [166, 167]. As a result,
comprehensive seismic and radar surveys of the ice sheet are essential to both our
geologic and glaciological understanding.
Prior to 1998, geophysical coverage of MBL consisted of data from only two
International Geophysical Year traverses [168] constraining the bed topography over
∼150,000 km2 (Fig. 5.2.A). Much of our understanding of Marie Byrd Land was
developed from geological and geochemical studies of the MBL nunataks. Structural
studies found widespread block faulting in the region [156]. Correlation of a midCretaceous erosional surface highlights the motion on these faults, indicating relative
uplift around the Executive Committee Range [169, 170]. Geochemical studies of
the MBL volcanoes originally referred to the region as a unified volcanic province,
but later studies found that complicated migration of magmatism through the
region had contributed to geochemically distinct volcanoes [154]. The magmas show
consistent alkaline character suggestive of a plume origin, and plumes are known
to cause crustal doming [169]. The widespread volcanism, correlated erosional
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surface, and (poorly constrained) topographic high, led to the characterization of
the “Marie Byrd Land Dome.”
Any topographic evidence for a dome has largely or completely been eroded,
as shown by new data. In the 1998/99 field season, airborne radar surveys were
conducted over the Ford Ranges in Western MBL [19], followed by comprehensive
surveys of the Thwaites and Pine Island Glacier catchments in 2004/05 [16, 17].
The resulting topographies generated from these data are plotted in Figures 5.2.C
and 5.2.B respectively. Each new data set has further undermined the assumption
that MBL is a continuous highland, highlighting errors in the previous topography
as new subglacial troughs were discovered. These surveys consistently found ice
thicknesses equal to or greater than previous estimates, indicating a pervasive
historical bias for a shallow bed in Marie Byrd Land.
Errors in the topography could have large implications for our understanding
of the collapse and regrowth dynamics of WAIS. Growth of the East Antarctic
Ice sheet (EAIS) is comparatively well understood; deep-sea δ 18 O records indicate
Antarctic ice-sheet growth in the late Eocene [171], likely starting with alpine
glaciation in the Gamburtsev Mountains [172] and growing into a full EAIS by
the Eocene-Oligocene transition [173]. Evidence for the timing and mechanism of
growth of the West Antarctic Ice Sheet is sparse. Some seismic evidence indicates
persistent West Antarctic glaciation as old as ∼25 Ma [174], yet evidence from
glacial erosion in Marie Byrd Land suggests that extensive ice sheet glaciation like
that associated with modern conditions was not established until ∼15 Ma [170].
There is, however, some consistency; current theories rely on high elevations in
MBL as well as the Ellsworth-Whitmore Block for the initiation and growth of a
grounded ice sheet [153, 175].
Early efforts to model Cenozoic ice sheet growth using realistic orbital and CO2
forcings for the Eocene-Oligocene transition resulted in little to no ice on Marie
Byrd Land [176]. This is in part due to the naive Eocene topography used. The
deep troughs that characterize much of the bed under the West Antarctic Ice Sheet
exist in relatively young crust, formed as a result of rifting during the breakup of
Gondwana between 105 and 85 Ma [177]. In contrast, MBL has been tectonically
stable for much longer, with crust dominantly 1-1.2 Ga in age [178]. Several studies
argue that crust produced by the West Antarctic Rift System was likely above
sea-level before the erosion and thermal subsidence of the late Cenozoic [157, 179].
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Modeling efforts using these reconstructions as boundary conditions show that
WAIS may have extended to the continental shelf at the Eocene-Oligocene transition
just like the East Antarctic Ice Sheet, indicating that the dynamics are extremely
sensitive to the land area above sea-level [180]. To understand the Eocene landscape
(and therefore faithfully model the dynamics of WAIS growth) an accurate modern
topography is required, as any errors present in our understanding of the modern
propagate through the paleotopographic reconstruction process.
The geologic and glaciological studies of MBL cited above highlight the need for
accurate imaging of the subglacial structure. In this paper, we present a geophysical
data set collected in the 2009/10 Antarctic field season that significantly changes
our understanding of the current Marie Byrd Land topography, and investigate the
implications of a revised topography for ice-sheet dynamics in West Antarctica.
5.2

Basal Topography

Because of widespread glacial cover, our understanding of the Antarctic bed is
incomplete. Geophysical data coverage of Antarctica is, however, increasingly
comprehensive; in the current state-of-the-art bed topographic data set, there
are only three regions where the distance to the nearest data point exceeds 100
km: Princess Elizabeth Land, Southern Coats Land, and Marie Byrd Land [3].
Geophysical surveys in these regions have the potential to discover major unresolved
subglacial features, infilling what are currently vast, smooth sections of Bedmap2
with a better representation of the actual topography.
As described in the introduction, the initial attempts to produce a topographic
map of the bed using geophysical data led to a picture much different from the
one we have today. Figures 5.2.A-C show the progression of our understanding as
currently defined by the literature, with each map (starting with Fig. 5.2.A) showing
the new data used to constrain the bed, and the resulting gridded topography
produced with those data. The consistent trend across these maps is that new
data always indicated a more incised bed than was previously estimated. The
Marie Byrd Land plateau indicated by BEDMAP [15] has disappeared in favor
of isolated volcanic ranges. But even the most recent published bed topography
(Bedmap2, [3]) has the Executive Committee Range, the USAS Escarpment, the
McCuddin Mountains, the Ames Range, and the Flood Range connected by high
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Figure 5.2. Maps (A)-(D) illustrate our evolving understanding of Marie Byrd Land
topography. Starting with (A), each map shows the location of new geophysical data in
black, the updated topography contoured at 250 m intervals, and the modern grounding
line in blue [14]. As more data are incorporated into the underlying grids, the inferred
bed topography becomes deeper and more rugged, indicating discrete volcanic ranges as
opposed to a regional dome. (A) shows the data from the 1959/60 IGY traverse as well
as the NSF-SPRI-TUD surveys plotted in black, which were used to create the BEDMAP
bed topography of Antarctica contoured behind [15]. Plotted in (B) are the AGASEA
data collected over Thwaites and Pine Island Glaciers overlaying ALBMAP, the gridded
bed topography those data generated [16–18]. (C) shows the 2009-11 Operation Ice
Bridge data collected along the margin of the continent, the Western Marie Byrd Land
grid flown in 1998-99 [19], and the effect of enhanced interpolation methods used to
produce Bedmap2 [3]. (D) shows the map generated by this study, using the 200910 CReSIS radar data to update the bed topography between the Executive Committee
and Flood Ranges. The two major features discussed in this paper are marked in red,
where (i) is the DeVicq Trough and (ii) is the Executive Committee Basin.
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basal topography, despite almost no geophysical data between them.
To fill the data gap in Marie Byrd Land, the Center for Remote Sensing of
Ice Sheets (CReSIS) collected over 4,600 km of airborne radar data during the
2009-10 Antarctic field season. Based out of Byrd Surface camp, the data were
collected on a Twin Otter platform using the CReSIS Multi-Channel Coherent
Radar Depth Sounder / Imager (MCCoRDS/I) with a frequency range of 140-160
Hz. We used an EM wave speed in ice of 168.5 m/µs to determine ice thickness,
chosen using crossover locations between our data and the AGASEA data set [16,17].
The relative range resolution for this radar system in ice is 5.6 m [66]; however,
additional uncertainty introduced by surface and bed picks (∼15 m), firn correction
(∼8 m), and in the dielectric profile of the ice (0.5% of ice thickness) results in ice
thickness measurement uncertainties of ∼35 m [61]. Using these data, we generated
the bed topography in Figure 5.2.D.
The quality of the bed topography we produced is limited by the available
data, but we believe it represents the best product currently available for this
area of Marie Byrd Land. A simple, nearest-neighbor interpolation scheme was
used; however, the large data gaps between lines (up to 40 km), and areas where
there are no data (most notably between the Executive Committee Range and
McCuddin Mountains), make any simple numerical scheme insufficient. In areas
where our survey did not provide new information, we deferred to Bedmap2. In
areas where our data overlapped surveys used in the previous topographies, the grid
was reinterpolated using all available data. Discretionary smoothing was performed
to optimize the integration of Bedmap2 into sub-regions in which there were no
geophysical data, subject to the condition that the resulting bed topography must
be true to the collected data. Despite any limitations in its development, our
new grid is faithful to all surveys, and highlights two dramatic features that are
reasonably well-characterized in the new data and that deserve discussion in detail:
the trough underneath DeVicq glacier, and the deep feature grid-south of the
Executive Committee Range.
5.2.1

DeVicq Glacier

The most striking, and potentially important, feature discovered in these data is the
trough underlying DeVicq Glacier (Fig. 5.2.D.i). Figure 5.3 shows the four radar
profiles used to constrain the trough, and their relative orientation to the coast.
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Figure 5.3. 3D rendering of the radar profiles used to constrain the topographic trough
underlying DeVicq Glacier, West Antarctica. Ice thicknesses are calculated using 168.5
m/µs as the radar wave speed in ice. The 2009-2011 Operation Ice Bridge data collected
near the grounding line indicated the presence of a deep outlet; however, the size and
inland extent of the trough were not well constrained previously.

Limitations in our interpolation scheme are responsible for the string-of-pearls
look of the trough in plan view; additional data collected between the radar lines
presented here will test the assumed continuity of the feature along its axis.
The deepest measured point in the trough lies between the Ames Range and
McCuddin Mountains, where the bed is roughly 1000 m below sea level. The trough
axis rises to 300 m below sea level at the grounding line. This trough is easily
correlated between the individual radar lines, extending over 200 km inland from
the Getz Ice Shelf. The current ice divide routes half of the ice in this trough
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toward the Getz Ice Shelf and ultimately the Southern Ocean, while ice to the south
of the McCuddin Mountains flows south and west into the Ross Sea (Fig. 5.1).
There is also a clear indicator of historic alpine glaciation in these data, seen on
the most inland profile of Figure 5.3, where several steep-walled U-shaped valleys
appear to have been cut into the plateau adjacent to the McCuddin Mountains.
5.2.2

Executive Committee Basin

The other notable feature in the data is the extremely deep basin (∼1 km below
sea-level) immediately adjacent to the Executive Committee Range (Fig. 5.2.D.ii).
Satellite gravity data used in the production of Bedmap2 detected the trough, but
the long-wavelength nature of the satellite data and the non-uniqueness of gravity
inversion smoothed the feature over a much larger area. If the basin exists in the
form presented by Figure 5.2.D, it likely indicates a period of alpine glaciation and
overdeepening along the flanks of the Executive Committee Mountains. Alternatively, it is possible that this trough penetrates through the highland between the
Executive Committee and McCuddin Mountains, where there are currently very
few data. In order to better understand the geometry and historic flow regime of
the ice on the Executive Committee Mountains, more geophysical data are required.
As a result, the region between these mountain ranges should be a target for future
data collection.
To determine the full implications of this new basal topography, we use it as a
boundary condition for ice flow modeling in the next section.
5.3

Model and Experiment Setup

Parametric uncertainties [181] and variability in climate projections [136] have been
formally treated in model studies of the Greenland and Antarctic ice sheets, but
uncertainty in the bed topography has been difficult to quantify. This is in part
because models are often tuned using remote sensing data, adjusting basal-friction
and flow-law parameters to recreate the relatively well surveyed ice surface [143].
As a result, errors in the bed can be offset by unrealistic values for other unknowns
to reproduce the modern observations. While these confounding errors will result
in a seemingly realistic spin-up, they are unlikely to result in accurate depictions of
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the past and future of the ice sheet.
Significant modeling work has been conducted for the West Antarctic Ice
Sheet, indicating Marie Byrd Land has maintained a stable ice cap through the
glacial/interglacial cycles of the Quaternary [182], and likely played a role in
the initial glaciation of West Antarctica sometime during the late Eocene or
Early Oligocene, although the exact timing and mechanism are still uncertain
[170, 173, 174]. The new bed topography derived in this study calls MBL stability
into question, as the characteristics that result in WAIS collapse (a bed below
sea-level with retrograde slope) are now found to extend deep into the Marie Byrd
Land interior. Our experiment is designed to determine whether the evolution of
the West Antarctic Ice Sheet as simulated by previous studies is correct (i.e. an
ice-cap persists on MBL), or if our understanding of the extent of collapse and
mechanism for regrowth needs to be revised in light of these new geophysical data.
Few models are well suited for problems of this scale; computational restrictions
limit the time and spatial domains possible for higher-order models. As a result, we
chose to use the model of [183], which has demonstrated its ability to make long-term
paleoclimatic runs for Antarctica [122, 184, 185], and can provide direct comparison
to the previous studies of WAIS referenced above [182,186]. The ice dynamics in this
model are a combination of (i) internal shearing flow (Shallow Ice Approximation,
SIA) for grounded ice, and (ii) stretching flow (Shallow Shelf Approximation, SSA)
for ice shelves, coupled using a boundary-layer treatment of ice flux across grounding
lines after [167] that captures grounding-line migration reasonably accurately
without very fine resolution in the grounding zone (e.g., [187, 188]). The model
for bedrock deformation beneath grounded ice follows [189] and [190], with local
asthenospheric relaxation towards isostasy below an elastic plate representing nonlocal lithospheric deformation. The model has no explicit basal hydrology, and sets
basal sliding velocity to zero where the basal temperature is sufficiently below the
pressure melting point.
The experiment is conducted in three steps for each bed topography examined:
1. An inversion is performed by the methods of [143] from the bed topography
and ice surface elevations to determine the basal sliding coefficients for each
of the 40 km grid cells that make up our continental domain.
2. Full Antarctic runs are performed using a 40 km grid and the basal sliding
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Figure 5.4. Modeled ice surface elevations for the average continental run (A), the
nested run using Bedmap2 as a boundary condition (B), and the nested run using the
topography generated in this study as the boundary condition (C). Modeled ice surfaces
(in blue) are contoured every 100 m and overlie shaded indications of the modern grounded
(dark grey) and floating (light gray) ice areas. Cross-sections of the two modeled ice
sheets along the DeVicq trough are provided in (D), with the cross-section from 4.B
behind 4.C. Despite complete loss of the Getz Ice Shelf, there is not significant retreat
of the grounded ice along the ocean margin using either topography. The updated bed
topography has a greater impact on ice dynamics on the southern side, lowering the
steady-state ice surface elevation.

coefficients from step 1 to calculate the steady-state ice sheet under modern
climate conditions, and under a West-Antarctic-collapse scenario (ocean
temperatures 2◦ C above modern, chosen as a realistic collapse temperature
from paleo-oceanic reconstructions [191]).
3. The coarse continental runs provide boundary conditions for a higher resolution (5 km) nested run over MBL, in an effort to resolve the effects of smaller
scale features including the newly discovered DeVicq trough.

5.4

Model Results

By increasing the mean ocean temperature 2◦ C, most of WAIS thins, accelerates,
and retreats. This results in the open sea-way spanning the Weddell, Amundsen,
and Ross Seas (Fig. 5.4.A). The continent-wide model runs produce nearly identical
ice configurations for the regions outside of MBL, indicating no large changes in
the dynamics of the system.
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Figure 5.4.B-C present the final, steady-state ice surface over Marie Byrd Land
generated by the nested model runs. Figure 5.4.B shows the results when using
Bedmap2 as a boundary condition while 5.4.C is the ice surface generated using our
bed topography. The large features of the system are quite similar; kilometer-thick
ice persists over the majority of the region. Retreat from Thwaites Glacier evacuates
ice from between Toney Mountain and the Crary Mountains, where an ice tongue
and glacier remain post-collapse. For both topographies the Getz Ice Shelf is lost,
but there is no significant retreat of the grounding-line along the former shelf
boundary. The primary differences between Figures 5.4.B and 5.4.C can be seen on
the south side of the remaining ice cap.
A subglacial peak south of the Executive Committee Mountains stabilizes the
retreat of the ice sheet. This region is fed by ice flowing between the region spanning
the Executive Committee and Flood Ranges, the broadest area of change between
the two bed topographies. As indicated by Figure 5.4.D, the average ice-surface
elevation is lower in this region when using the deeper bed we present here as a
boundary condition, but the overall ice area is lower when using Bedmap2. This
is due to dynamic effects of a deeper bed: the thicker ice has a higher driving
stress, carrying away ice from the interior of the continent and drawing down the
ice surface. This faster flowing ice is able to ground at a subglacial ridge farther
away, expanding the overall ice area despite maintaining a similar volume.
In figure 5.4.C a prominent ice tongue flows grid east toward the present day
Ross Ice Shelf, with ice velocities greater than 100 m/a extending over 200 km into
the interior. In contrast, ice velocities are much slower in this region when using
Bedmap2, with velocities dropping below 100 m/a less than 50 km from the ice
margin. When modeling the ice cap using our bed topography, the increased ice
thickness results in higher southward driving stress through the ice cap interior.
To bring the system into balance, there is a forced steepening and migration of the
divide toward the DeVicq grounding line.
Changes to the topography of the DeVicq Glacier trough posed a significant
potential threat to MBL stability. We observe that 2◦ C of ocean warming is
insufficient forcing to drive DeVicq Glacier back into the imaged portion of its
trough. Even when modeled with a 4◦ C ocean warming, dynamic retreat did not
occur. As indicated in Figure 5.4.D, the post-collapse grounding line is downstream
of the major overdeepening. This suggests that even if we better image the trough
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in the ice sheet interior, it will likely have little impact on our predictions of the
long-term stability of the region. We do see a difference in the ice thickness and
flow velocities here, with a steeper ice profile generated using the updated bed;
however, this is mostly due to dynamic changes on the southern margin.
In total, our model results predict greater sea level rise when using the updated
bed topography, with a difference between the two predictions of 8cm. When using
Bedmap2 as a boundary condition, there was a total of 3.35m of sea level rise after
WAIS collapse, while the new topography resulted in 3.43m.
5.5

Discussion

With the new understanding that much of the ice in Marie Byrd Land rests below
sea-level, we hypothesized that a warmer ocean would drive the ice margin deep
into its interior; however, our modeling suggests otherwise. One of the instability
criteria described by [166] has a retrograde slope. When the ice reaches a critical
thickness at the grounding line, there is a greater ice flux to the ocean than there is
supplied to the grounding line, leading to drawdown of the ice surface and retreat
of the grounding line. For a retrograde bed (one that deepens upglacier), ice retreat
must result in thicker ice at the grounding line, increasing the ice flux and driving
further retreat. For prograde slopes, retreat means thinner ice at the grounding line.
Therefore, with a prograde bed, retreat of the ice will eventually lead to grounding
line thicknesses below the critical value for dynamic retreat, and the ice sheet will
stabilize.
While the trough under DeVicq glacier is a major feature of the subglacial
landscape, the deepest part of its bed is upstream of the grounding line. The
thickness of the ice at the grounding line (and therefore the ice flux) is not sufficient
to drive retreat into the imaged overdeepening. Therefore, the trough geometry
(in the form presented by this study) will not destabilize the ice cap spanning the
McCuddin Mountains and the Flood Range. Loss of the Getz Ice Shelf would have
large local effects on the ice velocities of the Glaciers flowing into the Southern
Ocean, but DeVicq glacier would remain intact. We found that the region around
DeVicq maintains a stable configuration even with 4◦ C ocean warming, indicating
that no reasonable ocean forcing can force DeVicq retreat using the physics of this
model. Marie Byrd Land is instead more sensitive to topography changes near the
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Siple Coast ice streams, where we see significant ice loss during WAIS collapse.
Our bed topography also provides new geologic insight into the region. According
to [170] there is a notable change in the elevation of the correlated erosional surface
between the Ames Mountains and the McCuddin Mountains. This likely indicates
the presence of a fault, which would most likely be co-located with the DeVicq
trough. There is, however, no significant elevation change in this surface between
the USAS escarpment, Executive Committee Range, and McCuddin Mountains.
This corroborates the idea that the deep feature we referred to as the Executive
Committee Basin is erosional and not tectonic in origin. We further note that the
highlands of MBL appear to have experienced extensive erosion by alpine glaciation,
creating spectacular valleys that are still preserved in places, akin to those reported
for the Gamburtsev Mountains [172].
The results of this study should provide guidance for future geophysical surveys
of the region. Flights along the DeVicq trough axis would provide a more complete
picture of its length and depth. A grid to the west of the Executive Committee
Mountains would better define the region where we saw the greatest change in
model results. This would also better resolve the hanging valleys we see near
the DeVicq trough that are probable indicators of alpine glaciation. Finally, a
survey to determine the southern extent of the Executive Committee Basin would
help to better understand this feature, and determine to what degree it separates
the Executive Committee Mountains from the USAS escarpment and McCuddin
Mountains.
5.6

Conclusions

Notable uncertainties exist in the basal topography of many parts of Antarctica,
and are not explicitly accounted for in assessments of ice-sheet stability. These
uncertainties were previously as large as 1000 m in Marie Byrd Land [3], and
yet their implications for projections of future sea-level rise were not evaluated.
Predicted ice losses in stable regions like MBL scale with the depth of the bed, so
systematic underestimation of ice thickness results in consistently low estimates of
long-term sea-level rise. As a result, accurate bed elevations are required everywhere
to quantitatively model the future of the West Antarctic Ice Sheet, not just regions
susceptible to the marine ice sheet instability.
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We show that, despite the presence of previously unknown deep features near the
Executive Committee Mountains and a pronounced trough under DeVicq glacier,
the ice cap on Marie Byrd Land is stable under forcing sufficient to deglaciate
the deep interior basins of WAIS. The MBL ice is relatively insensitive to our
prescribed changes in the bed. While these results do not dramatically change our
understanding of West Antarctic dynamics, they provide renewed confidence in
previous modeling efforts, and refine our estimates of sea-level rise in response to a
warming ocean.

84

Chapter 6 |
Summary and Outlook

Advances in radar data collection have made it possible to image the full ice
column over vast regions of Antarctica and Greenland with high precision. These
data have the potential to transform our understanding of the ice-sheet systems.
Through electromagnetic theory, we can use the nature of radio-echos to tease out
information about the thermal and chemical properties of the ice, as well as the
make-up and configuration of the glacial substrate. With this information, we can
improve our understanding of the modern ice sheets, and make better predictions
about the future outlook for ice in Antarctica and Greenland.
For every parameter that overlaps between the physics of ice flow and the
physics of radar wave propagation, there exists the potential to use clever radar
data collection and data processing techniques to determine the unknowns in the
ice flow equations. The studies presented here identify some of the challenges in
interpreting radar data, but also present many new opportunities for radar data
collection, interpretation, and application.
6.1

Extracting physical properties from radar reflection character

The power from reflected waves detected by the receive antenna of a radar system
is a function of the system characteristics, the physical properties of the subsurface,
and the geometry of the survey. Migration, which collapses energy back to its proper
position in the subsurface, is not guaranteed to reproduce realistic reflection powers
for the englacial and basal reflections. Even for those algorithms that do recover the
additional energy lost from non-nadir ray paths, the reflection amplitudes are still
a non-unique combination of signal attenuation along the path and the dielectric
contrast at the reflector. This makes it difficult to isolate any variable of interest
when attempting physical property inversion from common-offset radar data.
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By modifying survey and instrument design, it is possible to better constrain
the property inversion problem. The total power-loss from englacial attenuation
varies as a function of path-length and frequency, so by sampling the same ice with
a range of path-lengths and frequencies, it is possible to uniquely identify different
contributions to return power. However, as we show in Chapter 3, changing pathlength introduces new variables to the power computation that require additional
constraints for a unique solution. While our studies make incremental strides in
improving power-interpretation here, additional method development is required to
be able to uniquely determine the electrical properties of the ice-sheet system.
6.2

Incorporating geophysical observations into ice-sheet models

Since its earliest development, radar data has been used to define the topographic
boundary conditions in ice sheet models. Radar data collection has been targeted
at locations that will play a significant role in the evolution of these systems over
the next hundred years, yielding nearly complete pictures of the bed topography in
those locations. As I showed in Chapter 5, subsequent surveys that have improved
coverage in the interior highlands are not likely to change our understanding of
ice retreat dramatically. With the bed topography sufficiently well constrained,
it is important that we look for new observational methods for determining the
boundary conditions that will affect ice behavior over the coming decades.
Working toward better constraints of basal friction and basal heat-flux has begun
through several different methods, including seismic tomography and aero-gravity
surveys. The avenue I present here uses the record left behind in the ice, whose
historic behavior is the product of the boundary conditions to the system. By
unraveling the record of past ice-behavior in the englacial reflectors, we add an
additional constraint to basal friction inversions that provides the spatial coverage
necessary to accept or reject the small-scale variability in basal friction that results
from current, surface-data based inversions.
Ultimately, I believe this research motivates a tighter relationship between
observationalists and modelers. Improving formal data assimilation methods is
necessary if we are to refine the predictions of ice loss at the poles. Given its
ease of collection, sensitivity to variables of interest in the ice-flow equations, and
the perspective of ice-sheet structure it provides, exploring radar data’s unique
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potential is likely to be one of the most transformative pursuits in glaciological
research in the coming years.
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Appendix |
Slope Extraction Algorithm - Code (MATLAB)

1

Function Contents
•
•
•
•
•
•
•
•
•
•
•

2

Initial Parameter Setup
Set-up the loop
Initiate the plotting
Data Preconditioning
Begin the rolling window
Compute the singal to noise ratio within the rolling window
Tests the SNR Criterion
Compute the Radon transform
Excludes values that vary too dramatically over space
Produce the final results image
Interpolate the Grid

Function Body

function [slopegrid_x slopegrid_y slopegrid] = RollingRadon( ...
data_x_or_filename,data_y,Data,window,angle_thresh, ...
plotter,surface_bottom,movie_flag,max_frequency)
% (C)Nick Holschuh - Penn State University - 2016 (Nick.Holschuh@gmail.com)
% Performs the rolling radon transform slope analysis on a set of data
% {optimized for the CReSIS data format, but can be used for any data).
%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%
% The inputs are as follows:
%
% data_x_or_filename - Either the X-axis or the name of a CReSIS flight
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%

file

% data_y - values for the Y-axis ***(ignored if filename provided)
% Data - the data grid

***(ignored if filename provided)

% window - this defines the size of the rolling window
% angle_thresh - this value is the maximum slope useable;
% plotter - 1, generates the debug plots
% surface_bottom - a vector containing the surface and bottom picks
% movie_flag - 1, Records the debug plots (must have plotter == 1)
% max_frequency - this sets the scale for interpolation, based on the
%

highest frequency of interest

%
%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%
Initial Parameter Setup:
Change this for enhanced Overlap of individual slope cells

o_f_vertical = 6;
o_f_horizontal = 2;
% Change this for the SNR threshold (dB)
snr_thresh = 2;
% Secondary SNR evaluation - the number of standard deviations
snr_fac = 1;

%

below the mean power for the trace for a cutoff

% The rate at which the debug plotter updates
pr = 0.1;
% This sets how many samples in a row need to deviate before the
% code recognizes it is actually a new value
vr = 3;

if mod(window,2) == 0 % Ensure the windowsize is an odd number
window = window+1;
end
window_size = window;
window_size2 = window;
if floor(window_size/o_f_horizontal) == 0
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o_f_horizontal = window_size;
end
if floor(window_size/o_f_vertical) == 0
o_f_vertical = window_size2;
end
xstep_roll = floor(window_size/o_f_horizontal);
ystep_roll = floor(window_size2/o_f_vertical);
%%%%%%%%%%%%% Check for all of the necessary input vars
if exist(’plotter’) == 0
plotter = 0;
end
if plotter == 0
movie_flag = 0;
end
if exist(’movie’) == 0
movie_flag = 0;
end
if length(angle_thresh) == 1
angle_thresh(2) = angle_thresh(1)-5;
end

%%%%%%%%%%%% Deal with either CReSIS Input or general input
if isstr(data_x_or_filename) == 1 % The case where it is a filename
%%%%%%%% You need to generate the following values:
load(data_x_or_filename)
if exist(’x’) == 0
[x y] = polarstereo_fwd(Latitude,Longitude);
end
if Time(2)-Time(1) > 1e-6
Time = Time*10^-6;
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end
dist = distance_vector(x,y);
data_y = Time;
Data = lp(Data);
else
dist = data_x_or_filename;
if surface_bottom ~= 0
surf_bot_dim = size(surface_bottom);
if min(surf_bot_dim) == 1
Surface = surface_bottom;
else
if surf_bot_dim(1) == min(surf_bot_dim)
Surface = surface_bottom(1,:);
Bottom = surface_bottom(2,:);
else
Surface = surface_bottom(:,1);
Bottom = surface_bottom(:,2);
end
end
end
end
2.1

Set-up the loop

filt_data = lp(Data);
clearvars -except Data dist data_y Surface Bottom window_size ...
window_size2 o_f_vertical o_f_horizontal snr_thresh plotter ...
movie_flag snr_fac max_frequency xstep_roll ystep_roll ...
angle_thresh pr vr
cice = 1.68*10^8;
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2.2

Initiate the plotting

if plotter == 1
subplot(3,4,[1 2 3 5 6 7 9 10 11])
if exist(’max_frequency’) == 1
cice_import
imagesc(dist,data_y*cice/2,Data);
else
imagesc(dist,data_y,Data)
end
colormap(gray)
hold all
if exist(’Bottom’) == 1
plot(dist,Surface*cice/2,’:’,’Color’,’Blue’)
plot(dist,Bottom*cice/2,’:’,’Color’,’Red’)
end
subplot(3,4,12)
plot(1,3,’o’,’Color’,’red’)
hold all
plot(1,2,’o’,’Color’,’blue’)
plot(1,1,’o’,’Color’,’green’)
text(2,4,’Calculated Slope’,’HorizontalAlignment’,’left’)
text(2,3,’Outside of Ice Column’,’HorizontalAlignment’,’left’)
text(2,2,’SNR too low’,’HorizontalAlignment’,’left’)
text(2,1,’Angle Variability Exceeded’,’HorizontalAlignment’,’left’)
color_opts = {’red’,’none’,’green’};
ylim([0 5])
xlim([0 8])
end

% This breaks the initial computation into cells smaller
% than the prescribed value, to save on memory
overload_factor = 1000;
if length(Data(1,:)) > overload_factor
steps = ceil(length(Data(1,:))/overload_factor);
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breaks = [1:overload_factor:(length(Data(1,:))+1) (length(Data(1,:))+1)];
else
steps = 1;
breaks = [1 length(Data(1,:))];
end

slope_colors = b2r2(-angle_thresh(1),angle_thresh(2));
slope_vals = -angle_thresh(1): ...
(2*angle_thresh(1)+1)/length(slope_colors(:,1)):angle_thresh(1);
total_time = 0;
for k = 1:steps
%%%% Update to the console
disp([’Starting Window ’,num2str(k),’ of ’,num2str(steps), ...
’, Total Time - ’,sprintf(’%.02f’,total_time),’ min’])
2.3

Data Preconditioning:
clearvars xaxis yaxis data

%%%% This interpolates the data to the optimum sample rate
filt_data = Data(:,breaks(k):breaks(k+1)-1);
if exist(’max_frequency’) == 1
[data xaxis yaxis] = regrid(dist(breaks(k):breaks(k+1)-1), ...
data_y,filt_data,1,max_frequency);
time = yaxis;
yaxis = yaxis*cice/2;
else
[data xaxis yaxis] = regrid(dist(breaks(k):breaks(k+1)-1 ...
data_y,filt_data,0,0);
end
if exist(’Bottom’) == 1
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Bottom2 = interp1(dist(breaks(k):breaks(k+1)-1), ...
interpNaN(Bottom(breaks(k):breaks(k+1)-1)),xaxis);
Surface2 = interp1(dist(breaks(k):breaks(k+1)-1), ...
interpNaN(Surface(breaks(k):breaks(k+1)-1)),xaxis);
end
if exist(’previous_xsteps’) == 0
previous_xsteps = 0;
end
if k < steps
roll_steps = round((length(data(1,:))-window_size)/xstep_roll);
else
roll_steps = floor((length(data(1,:))-window_size)/xstep_roll);
end
roll_steps2 = round((length(data(:,1))-window_size2)/ystep_roll);
keep_val = 1;
if exist(’opt_angle’) == 0
opt_angle = zeros(roll_steps2,roll_steps)*NaN;
status_flag = zeros(size(opt_angle));
means = zeros(size(opt_angle));
else
opt_angle = [opt_angle zeros(roll_steps2,roll_steps)*NaN];
status_flag = [status_flag zeros(roll_steps2,roll_steps)];
means = [means zeros(roll_steps2,roll_steps)];
end

%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%
% The Rolling Portion
%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%
end_counter1 = 0;
end_counter2 = 0;
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snr_counter = 1;
counter1 = 1;
updater = 10;
tic
2.4

Begin the rolling window
for i = 1:roll_steps
variability_record = [];
last_val = [];
start = (i-1)*xstep_roll+1;
stop = min([start+window_size-1 length(data(1,:))]);
opt_x(i+previous_xsteps) = xaxis(stop-floor((window_size-1)/2));
if i > 1
if opt_x(end) <= opt_x(end-1)
end_counter1 = end_counter1+1;
opt_x(end) = xaxis(stop-floor((window_size-1)/2)+end_counter1);
else
end_counter1 = 0;
end
end
centerx_ind = stop-floor((window_size-1)/2);
%%%% Computes the vertical power profile through the center of the
%%%% window, as well as it’s mean value and standard deviation
power_dist = conv(data(:,centerx_ind), ...
ones(round(length(data(:,centerx_ind))/50),1),’same’)./ ...
conv(ones(size(data(:,centerx_ind))), ...
ones(round(length(data(:,centerx_ind))/50),1),’same’);
power_dist_mean = mean(power_dist);
power_dist_std = std(power_dist);

for j = 1:roll_steps2
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start2 = (j-1)*floor(window_size2/o_f_vertical)+1;
stop2 = min([(j-1)*floor(window_size2/o_f_vertical) + ...
window_size2 length(data(:,1))]);
opt_y(j) = yaxis(stop2-floor((stop2-start2)/2));
centery_ind = stop2-floor((stop2-start2)/2);
if i > 1
if opt_x(end) <= opt_x(end-1)
end_counter2 = end_counter2+1;
opt_x(end) = xaxis(stop2-floor((window_size2-1)/2)+end_counter2);
else
end_counter2 = 0;
end
end
if exist(’Bottom’) == 1
if time(centery_ind) < Bottom2(centerx_ind) & ...
time(centery_ind) > Surface2(centerx_ind)
skipflag = 0;
else
skipflag = 1;
status_flag(j,i+previous_xsteps) = 1;
end
else
skipflag = 0;
end
if skipflag == 0;
radon_data = data(start2:stop2,start:stop);
means(j,i+previous_xsteps) = mean(mean(radon_data));
2.5

Compute the signal to noise ratio within the rolling window
snr_win_data = data(start2:stop2,centerx_ind);
snr_std = std(snr_win_data);
snr = 2*snr_std;
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2.6

Tests the SNR Criterion
if snr < snr_thresh | power_dist(centery_ind) < ...
power_dist_mean - snr_fac*power_dist_std
opt_angle(j,i+previous_xsteps) = NaN;
skipflag = 1;
status_flag(j,i+previous_xsteps) = 2;
else
if length(xaxis(start:stop)) == 0
keyboard
end

2.7

Compute the Radon transform
[opt_angle(j,i+previous_xsteps) rd trash trash rsnr] = ...
radon_ndh(xaxis(start:stop),yaxis(start2:stop2), ...
radon_data,angle_thresh(1),0,0);
if isnan(opt_angle(j,i+previous_xsteps)) == 1
status_flag(j,i+previous_xsteps) = 2;
end
if abs(opt_angle(j,i+previous_xsteps)) > angle_thresh(2)
status_flag(j,i+previous_xsteps) = 3;
opt_angle(j,i+previous_xsteps) = NaN;
end
end
else
opt_angle(j,i+previous_xsteps) = NaN;
end

2.8

Excludes values that vary too dramatically over space
if skipflag == 0
variability_thresh = 4;
if j~= 1 && length(last_val) > 0
if abs(last_val-opt_angle(j,i+previous_xsteps)) > ...
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variability_thresh
variability_record = [variability_recor
d ...
opt_angle(j,i+previous_xsteps)];
if length(variability_record) >= vr;
opt_angle(j-vr+1:j,i+previous_xsteps) = ...
variability_record(1:vr);
last_val = opt_angle(j,i+previous_xsteps);
status_flag(j-vr+1:j,i+previous_xsteps) = 3;
else
opt_angle(j,i+previous_xsteps) = last_val;
last_val = opt_angle(j,i+previous_xsteps);
status_flag(j,i+previous_xsteps) = 3;
end
else
variability_record = [];
end
else
last_val = opt_angle(j,i+previous_xsteps);
variability_record = [];
end
end

%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%
2.9

This section does the rolling plotter (for debug purposes)

The plotter window is presented in Figure .1.
if plotter == 1
subplot(3,4,[1 2 3 5 6 7 9 10 11])
if i ~= 1 | j ~= 1 | k ~= 1
delete(a)
if abs(last_val-opt_angle(j,i+previous_xsteps)) > 10
keep_val = 0;
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Full data domain - radar data plotted as log-power.
Selected slope from previous window position.

Interpolated (x,z) data within the current window
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Figure .1. Reproduction of the MATLAB plot that is generated when the “plotter” flag
is set to one.
last_val = opt_angle(j,i+previous_xsteps);
opt_angle(j,i+previous_xsteps) = NaN;
else
keep_val = 1;
end
else
last_val = opt_angle(j,i+previous_xsteps);
end
% Plot the blue box

99

a = plot([xaxis(start) xaxis(start) xaxis(stop) ...
xaxis(stop) xaxis(start)],[yaxis(start2) ...
yaxis(stop2) yaxis(stop2) yaxis(start2) ...
yaxis(start2)],’Color’,’blue’,’LineWidth’,2);
% If there was no value computed, it skips plotting the dot
if skipflag == 0 & isnan(opt_angle(j,i+previous_xsteps)) == 0
tc = find_nearest(slope_vals,opt_angle(j,i+previous_xsteps));
plot(opt_x(i+previous_xsteps),opt_y(j),’o’, ...
’MarkerFaceColor’,slope_colors(tc,:), ...
’Color’,slope_colors(tc,:))
subplot(3,4,4)
hold off
imagesc(radon_data)
title([’Data Window - SNR ’,sprintf(’%.02f’,snr)])
plot_indicator_lines( ...
[tan(deg2rad(-opt_angle(j,i+previous_xsteps))) ...
length(radon_data)/2 length(radon_data)/2],3,’blue’)

subplot(3,4,8)
hold off
imagesc(rd)
hold all
title([’Radon Transform - RSNR’,sprintf(’%.02f’,rsnr)])
pause(pr)
if movie_flag == 1
savename = [’./Animation_Frames/RRadon_Frame_’, ...
sprintf(’%04d’,counter1),’.jpg’];
print(savename,’-djpeg’);
counter1 = counter1 + 1;
end
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else
if status_flag(j,i+previous_xsteps)
plot(opt_x(i+previous_xsteps),opt_y(j),’o’,’Color’, ...
color_opts{status_flag(j,i+previous_xsteps)})
pause(pr)
end
end
end
%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%%
end
if round(100*i/roll_steps) >= updater
disp([’

RollStep Progress - ’,num2str(i),’/’, ...

num2str(roll_steps),’ ’,num2str(round(100*i/roll_steps)), ...
’%, ’,sprintf(’%0.2f’,toc/60),’ minutes’])
updater = updater+10;
end

end
previous_xsteps = length(opt_x);
total_time = total_time + toc/60;
end
2.10

Produce the final results image

zero_inds = find(opt_x ~= 0);
slope_x = opt_x(zero_inds);
slope_y = opt_y;
slopes = opt_angle(:,zero_inds);
means = means(:,zero_inds);
2.11

Interpolate the Grid

disp(’Writing Data’)
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slopegrid_x = opt_x;
slopegrid_y = opt_y;
slopegrid = opt_angle;
disp([’Line Complete’])
end
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