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ABSTRACT
Understanding the link between mass extinction and extreme global warming is critical to
the projections of the consequences of future climate change. The end-Permian mass extinction is
the greatest biodiversity loss in the history of animal life, and occurred about 252 million years
ago. This event is coeval within error with the eruption of the Siberian Traps, one of the largest
continental flood basalt provinces on Earth. Sill intrusion into organic-rich sediments and contact
metamorphism in the Tunguska Basin could have released >100,000 Gt CO2, driving carbon
cycle perturbation and hence global warming. Many carbon isotopic measurements from
numerous locations, both in carbonate and organic matter, suggest there is a ~ -3 to -6‰ global
carbon isotope excursion during the end-Permian extinction event. In this dissertation, I used
multi-disciplinary approaches to explore the overarching factors that contribute to the carbon
isotope excursions and their sedimentary signature.
We evaluated proxy climate data and the existing paleoclimate simulations to assess our
current understanding of the link between mass extinction and climate change. Proxies indicate
that prior to the end-Permian extinction, tropical sea surface temperatures ranged from ~22 to 25
o

C, and possible atmospheric pCO2 values ranged from ~500 to ~4000 ppm. During the peak

extinction, tropical temperatures rose up to ~30 oC while pCO2 perhaps increased up to ~8,000
ppm. We found climate models that use different pre-event pCO2 values show similar amount of
CO2 doubling to replicate the observed carbon isotope excursion.
We note that the expressions of temperature change and carbon isotope excursion during
the extinction event show strong heterogeneity globally, thus a spatially resolved model that
considers the long-term carbon cycle has advantages over simple box models. An Earth system
model of intermediate complexity, cGENIE, was used to extract the pattern of CO2 release
needed to replicate the observed carbon isotope excursion across the Permian–Triassic boundary.
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This isotopic inversion approach is novel in geochemical modeling studies and is a more precise
way to match geological records. This analysis leads us to suggest that the source of CO2 must
have been significantly 13C-enriched than typical biogenic or thermogenic methane to explain the
significant warming that occurred during and after the extinction event.
We then further tested the ocean acidification scenario, another consequence of CO2
emission besides global warming during the end-Permian extinction. Sensitivity analyses were
carried out with a range of reasonable estimates of the initial ocean saturation state. We find it
most likely that the Siberian Traps volcanism released CO2 in two major multimillennial pulses.
The modeled rates of C release are dependent on the δ13C of the source and the initial saturation
state of the ocean. We find that the initial buffering capacity of the ocean was quickly
overwhelmed for many of the plausible scenarios for C release. We suggest that global warming
and ocean acidification due to the Siberian Traps volcanism might have pitched the end-Permian
Earth system over a critical threshold and caused the mass extinction and subsequent long
recovery.
If the observed global carbon isotope excursion truly is a reflection of the global carbon
cycle perturbation, we should see similar features on land. We tested this idea by evaluating
organic carbon isotope stratigraphy in terrestrial Permian–Triassic boundary sections in South
China. We found that atmospheric δ13C signals can dominate other sources of variability, and thus
terrestrial δ13Corg is a potentially reliable tool for correlation and environmental determination
during the end-Permian event. Because there are other sources of variation, however,
stratigraphic correlations between marine and terrestrial sequences should only be based on
carbon isotope excursions when other independent evidence of the event is available.
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Chapter 1

Introduction
Climate change in the geological past is often tied to carbon cycle perturbation (Hönisch
et al., 2012). Rapid CO2 emission from the volatilization of organic-rich sedimentary reservoirs
has its most relevant example in fossil fuel burning today, which has already caused significant
warming and is expected to continue to do so (IPCC, 2013). One of the best, and perhaps the
most sobering analogs for our near future is the end-Permian mass extinction event, the most
severe biodiversity loss in Earth history; it occurred about 252 million years ago (Payne and
Clapham, 2012). The volcanism of the Siberian Traps, one of the largest continental flood basalt
provinces, coeval within error with the extinction, has been invoked as the primary trigger of
extinction. The main phase of the extinction event was characterized by 8 to 10 oC warming
(Joachimski et al., 2012) within 20,000 years (Shen et al., 2011b). The sediments that are
preserved as carbonate and organic matter both show a pronounced negative carbon isotope
excursion during the extinction, suggesting either the source or its oxidation product was CO2.
The impact of this greenhouse gas emission on marine and terrestrial ecosystems remains hotly
debated, as do the critical factors that caused and sustained the emissions over the end-Permian
extinction event.
In this dissertation, I use climate models and stable carbon isotope analyses to address
important questions concerning the biogeochemistry and sedimentary signature of carbon cycle
perturbation during the end-Permian extinction event:
1. What were the levels of atmospheric pCO2 and temperature before and during the
end-Permian extinction event?

2
2. What were the injection rates, total amount, and source of CO2 during the endPermian extinction event? How do model predictions of end-Permian warming
compare to the rock record of geochemical change?
3. Could the ocean acidification associated with CO2 increase have caused the endPermian extinction in the ocean?
4. Are carbon isotopes of organic matter reflective of the end-Permian carbon cycle
perturbation?

In Chapter 2, I review the current state of our understanding of climate change during the
end-Permian and its biogeochemical consequence. I compile the pCO2 and temperature proxy
data during the Permian–Triassic transition from numerous publications and tentatively determine
the Earth system climate sensitivity. I summarize the boundary and initial conditions used in
climate modeling studies ranging from simple geochemical box models to fully coupled oceanatmosphere climate models, each driven by a specific hypothesis related to the end-Permian
extinction. This chapter is in press for publication and is reprinted here from the Earth-Science
Reviews, special issue P–Tr mass extinction (Cui and Kump, 2014). I performed all the literature
review and wrote all the text with help from co-author Lee Kump.
The rate of carbon emission through the burning of fossil fuel today is estimated to be 9
Gt C yr-1 (Le Quéré et al., 2009) and is likely to keep increasing. Studying the rate of carbon
emission during mass extinction events in the geological past has important implications for the
biotic response to natural perturbations in the global carbon cycle and climate change. In Chapter
3, I quantitatively calculate the rate and total amount of carbon emission during the extinction
with a novel carbon isotopic inversion approach using an Earth system model of intermediate
complexity. I examine the various sources of carbon that carry different isotopic signatures and
determine the source that matches the observed geological records. This chapter is published and
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is reprinted here, from Palaeogeography, Palaeoclimatology, Palaeoecology, volume 387, pages
176-184 (Cui et al., 2013). I performed all the data analysis and model simulations, wrote all of
the text and generated all of the figures with feedback from co-authors Lee Kump and Andy
Ridgwell.
Besides global warming, one other consequence of rapid CO2 emission is ocean
acidification, which has become a major concern for modern calcifying organisms (Doney et al.,
2009). Studies on the extinction pattern during the end-Permian show that heavily calcified
organisms and other groups with limited ability to buffer calcifying fluids have higher extinction
rates, suggesting hypercapnia and/or ocean acidification played a major role in the extinction
(Knoll and Fischer, 2011). In Chapter 4, I present model simulations driven by CO2 emission
from seven distinctive sources under three different initial ocean saturation states to test the ocean
buffering capacity for CO2 addition. This allows me to quantitatively evaluate the extent and
spatial and temporal pattern of ocean acidification during the extinction. This chapter is accepted
for publication as the 19th chapter of a book: “Volcanism and Global Environmental Change” to
be published by Cambridge University Press (Cui et al., 2014 in press).
The response of terrestrial organisms to the perturbations in global carbon cycling is less
well known due to poor terrestrial-marine correlation and the relatively incomplete and
intermittent nature of the terrestrial sedimentary record. Significantly 13C-depleted CO2 in the
atmosphere should have been incorporated into terrestrial plant organic matter and left signals in
sediments preserved on land during the Permian–Triassic (P–T) transition. This hypothesis is
evaluated in Chapter 5, in which I correlate four terrestrial P–T sections in Guizhou and Yunnan
provinces in South China with the Global Stratotype Section and Point Meishan section using
organic carbon isotope chemostratigraphy. Depositional environment is evaluated for the four
transect locations from inland to coastal settings to evaluate the different carbon isotope signals.
This work is in preparation for submission to Earth and Planetary Science Letters for publication,
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with co-authors Antoine Bercovici, Lee Kump, Jianxin Yu, Katherine Freeman and Vivi Vajda.
An accompanying paper that deals specifically with sedimentology, paleontology and palynology
has been submitted to the Journal of Asian Earth Sciences for publication (Bercovici et al., in
press), with lead author Antoine Bercovici, and co-authors Ying Cui, Marie-Béatrice Forel,
Jianxin Yu and Vivi Vajda.
Finally, in Chapter 6, I summarize all my findings and discuss the types of future work
that would aid in answering the broad Earth historical questions raised above in Chapter 6.
Existing model simulations have not been thoroughly explored, and thus will be mined in the
future to explore additional consequences of carbon addition, e.g., changes in ocean circulation
and deoxygenation. The samples analyzed for organic carbon isotopes are powdered and can be
used for other elemental analyses to answer climate-related questions. It has been reported that
these samples have pedogenic siderites and iron nodules, which could potentially be used for
oxygen isotopic study to explore the hydrological change during the Permian–Triassic transition.
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Chapter 2

Global warming and the end-Permian extinction event: proxy and modeling
perspectives
(in press in Earth-Science Reviews, Cui and Kump 2014)

Abstract
The mass extinction event that occurred at the close of the Permian Period (~252 million
years ago) represents the most severe biodiversity loss in the ocean of the Phanerozoic. The links
between the global carbon cycle, climate change and mass extinctions are complex and involve a
whole range of often inter-related geochemical, biological, ecologic and climatic factors. It has
become widely accepted that the end-Permian mass extinction was associated with a global
warming event, because the age of the Siberian traps eruption, a potentially massive source of
carbon dioxide, coincides within error with the extinction event. However, geologic data that are
in support of this global warming event are relatively sparse. The chain of events and the causal
relationship between the eruption of Siberian traps and mass extinction is not well established.
Global warming, in particular, has only been reported from limited proxy data and climate
models, for which the pCO2 in the atmosphere just before and during the end-Permian extinction
event is poorly known. This study critically assesses both the proxy climate data and the existing
paleoclimate simulations with the goals of assessing our current understanding of the link
between mass extinction and climate change and providing some guidance for future studies.
Proxies indicate that prior to the end-Permian extinction event, tropical sea surface temperatures
ranged from ~22 to 25 oC, and possible pCO2 values ranged from ~500 to ~4,000 ppm before the
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extinction event. During the peak extinction, tropical temperatures rose up to ~30 oC while pCO2
perhaps increased up to ~8,000 ppm. Climate models that use different pre-event pCO2 values
require similar amount of CO2 doubling to replicate the observed carbon isotope excursions. We
find that the temperature anomaly during the end-Permian extinction is consistent with ~1.5
doublings of atmospheric pCO2, and that the implied climate sensitivity is 5-6 oC, within the
upper range of values produced by climate models.
Key words: end-Permian extinction event, climate model, geochemical proxies, temperature and
pCO2

1. Introduction
The earth system experienced a series of fundamental upheavals through the Permian–
Triassic (P–T) transition (ca. 252 Ma), an interval marked by the largest mass extinction in the
geologic record (Veizer, 1989). The configuration of the supercontinent Pangea, formed through
collision of the southern supercontinent of Gondwana with the northern supercontinent of
Laurasia during the late Paleozoic, has been proposed to be responsible for the icehouse-togreenhouse transition during the Late Permian (Erwin, 1993). The extent of continental flooding
(perhaps reflecting eustatic sea level) reached its minimum during the Late Permian as Pangea
was established, leading to extreme continentality (Fig. 2-1 and references therein). Reduced
availability of fresh silicate rock for weathering due to a long orogenic gap might have caused
increased atmospheric CO2 concentrations and warmed up the Late Permian (Kidder and
Worsley, 2004). The pole-equator temperature gradient was probably lower based on the
observed high-paleolatitude floras adapted to warm climates (Taylor et al., 1992; Rees et al.,
2002). Thick and widespread coals up to the Permian–Triassic boundary (Veevers et al., 1994;
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Retallack et al., 1996) disappeared for 10 million years, forming a global coal gap. Expansion of
subtropical desert belts indicates arid conditions during the Late Permian (Fluteau et al., 2001).
Other lines of evidence, including extremes of the oceanic isotopic compositions of C, S,
and Sr, suggest that the global environment reached a critical state in the late Paleozoic for which
a perturbation, namely massive volcanism associated with the eruption of the Siberian Traps,
could have pitched it over a threshold into near uninhabitability (e.g., Erwin, 2006; Kiehl and
Shields, 2005; Luo et al., 2010; Fig. 2-1) . Some researchers have proposed that the end-Permian
mass extinction event was a geologically instantaneous catastrophic event (e.g. Bowring et al.,
1998; Rampino et al., 2000), but evidence for prolonged extreme environments following the
event seems to argue against an instantaneous perturbation (e.g., Romano et al., 2012; Sun et al.,
2012). Associated ocean acidification and deoxygenation, similar to that projected for the future,
was the likely consequence of volcanic CO2 emissions and global warming (e.g., Clapham and
Payne, 2011; Montenegro et al., 2011; Payne and Clapham, 2012). Following the end-Permian
extinction event are widespread microbialite sequences in shallow-water settings, reflecting
global expansion of microbial ecosystems (Xie et al., 2005; Xie et al., 2007; Xie et al., 2010) and
perhaps an anomalously low oceanic sulfate concentration in an anoxic ocean (Luo et al., 2010).
As we review below, over the past 20 years a number of climate proxy and modeling
efforts have been put forward to investigate environmental change during the mass extinction
event. Geologic data that are in support of this global warming event are relatively sparse (e.g.
Kidder and Worsley, 2004; Joachimski et al., 2012; Sun et al., 2012) and estimates of the
background CO2 level are few and discordant (e.g. Ekart et al., 1999; Retallack, 2001; Royer,
2001; and Royer et al., 2004). In some ways the modeling has outpaced the proxy data collection
(e.g. Kiehl and Shields 2005; Meyer et al., 2008, Cui et al., 2013) and there has been little effort
to perform detailed model-data comparison, including geological, paleontological,
sedimentological and geochemical data.
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This review focuses on the status of modeling investigations into the Late Permian
climate and its association with the end-Permian mass extinction event. We begin with a review
of proxies used to identify high pCO2 and warm climate in the Late Permian. We then compare
the boundary conditions and results of various modeling studies. We explore the critical
uncertainties in the current paleoclimatic models, focusing on uncertainties in pCO2 and the
hydrological cycle. We also evaluate the climatic consequences of Siberian Traps volcanism from
the release of sulfuric acid aerosol and greenhouse gases. We then provide analysis of the
proposed hypotheses for the killing mechanisms of the mass extinction event. Finally, we suggest
improved modeling approaches and model-data comparison to test the hypotheses invoked to
explain the mass extinction event.

2. Climate change during the Permian–Triassic transition – Geochemical proxy perspective
Geological evidence in support of warming immediately prior to and during the Permian–
Triassic (P–T) boundary mainly comes from proxy studies, including oxygen isotopes on wellstudied stratigraphic sections, and paleo-pCO2 thermometers, including paleosol carbonate
nodules and plant stomatal indices. Indirect evidence of global warming comes from mathematic
modeling based mainly on the carbon isotopes of carbonate rocks. We first review proxy studies
on temperature and pCO2 prior to and during the extinction event, and then consider the modeling
studies.
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2.1. Temperature proxies

2.1.1. Oxygen isotope paleothermometry
Temperature reconstruction is extremely important in studies of paleoclimatic change
during critical geological transitions. The available proxies include δ18O from bulk carbonates or,
preferentially, diagenetically unaltered brachiopod calcite, fossil conodont (mostly calcium
phosphate), vertebrate bones and clumped isotopes on unaltered brachiopods. Oxygen isotope
paleothermometry is based on the theory that partitioning of isotopes between two phases is a
function of temperature. The observational data fit the theory quite well, and thus there has been
widespread application of oxygen isotopes as a paleotemperature proxy. However, separating the
contributions of temperature from variations in the water δ18O caused by ice-sheet size, local
salinity variations, and long-term evolution of seawater δ18O requires additional constraints to
uniquely interpret calcite δ18O variations in terms of temperature. There are also diagenetic
effects, namely recrystallization and secondary calcification of calcite shells, which complicate
the use of oxygen isotopes as a paleotemperature proxy. Studies on individual shells of wellpreserved brachiopods have been more successful than those using bulk carbonate. However, the
isotope composition of primary shells also depends on biological “vital” effects and burial
conditions, including lithology, temperature, pore water chemistry and burial depth.
Oxygen isotope paleothermometry has been applied to the Late Permian, but this has
proven to be more problematic than applications to the Mesozoic or Cenozoic records due to the
generally greater burial depth and secondary effects from diagenesis. More than 20 years ago,
Holser et al. (1989) reported rapid shifts in stable carbon and oxygen isotopes observed in a
continuous drill core known as the Gartnerkofel-1 core on the north slope of Gartnerkofel near
Nassfeld in the Carnic Alps of Austria. Key features of this event were a rapid onset (which
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subsequently was estimated to last a few thousand years, see Rampino et al. 2000), a negative
shift in the δ13C of carbonate (~ -3‰), a decline in δ18O (~ -3‰ to -4‰ excursion, interpreted as
~5 oC warming), and anomalous concentration of iridium and other metals indicating anoxia. All
these changes were synchronous with the known extinction event. However, the magnitude of sea
surface temperature change and the key greenhouse gases concentration in the atmosphere
associated with the P–T event are all subjects of current debate.
The oxygen isotopic signal preserved in conodont calcium phosphate have been used as a
proxy for paleotemperature because of its resistance to diagenetic alteration. Joachimski et al.
(2012) measured oxygen isotopes on monogeneric conodonts from both the Meishan and Shangsi
sections in south China, including the taxa Clarkina and Hindeodus. The measured δ18O values of
conodonts at the Meishan section, converted to paleotemperatures of P–T seawater, range from
23 to 27 oC in beds 24 and 25, and reach a maximum of ~35 oC in bed 28 (Fig. 2-2, Table 2-1). It
is important to note that the high temperature (35 oC) derived from these conodont data as well as
the sharp temperature increase both postdate the P–T mass extinction event (bed 25) so cannot be
the cause of it (Fig. 2-2). A question remains though, whether conodonts are reliable indicators of
seawater temperature. Pucéat et al. (2010) challenged the idea that conodonts are resistant to
diagenetic alteration, and suggested that the assumption that conodonts incorporated oxygen
isotopes into phosphate in equilibrium with their ambient seawater is not well substantiated
(Brand et al., 2012). Sun et al. (2012) built upon the methodology developed in Joachimski et al.
(2012) and extended the δ18O measurements of biogenic apatite to the entire Early Triassic. The
minimum δ18O value of conodonts during the late Smithian indicates a maximum sea surface
temperature as high as 40 °C. Variations in δ18O of condonts covary with δ13C, suggesting
warming events recurred into the Early Triassic (Gedney et al., 2006), which could be associated
with carbon releases and significant buildup of CO2 from Siberian Traps eruptions or the sources
of methane (Payne and Kump, 2007).
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Overall, temperature and CO2 proxies and modeling all suggest CO2 buildup and
warming events occurred episodically into the Early Triassic. The relationships between Siberian
Traps volcanism, CO2 and warming are tentative, however, and need to be further refined with
spatially and temporally extensive proxy data collection. δ18O measurements of biogenic apatite
provide important P–T temperature records, but because the data are sparse, the reconstructed
temperature increase could be further refined with better spatially and temporally resolved proxy
data collected from stratigraphically complete sections in higher latitude regions.

2.1.2. Clumped isotopes
The analysis of clumped isotopes is a relatively new technique that emerged less than 10
years ago. It is based on the theory and experiments that the proportions of the “rare-rare” bonds
in minerals, such as 18O-13C in carbonate minerals, are dependent on temperature and independent
of the oxygen isotopic composition of the fluid from which the mineral is precipitating (Eiler,
2007). The variable Δ47 is defined as the measurement of the excess of mass-47 isotopologues
relative to the abundances expected for a random distribution of all isotopes among all possible
isotopologues. Δ47 is calculated using the following formula:
47
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where [16], [17], and [18] are the concentrations of 16O, 17O, and 18O in the pool of all oxygen
atoms, and [12] and [13] are the concentrations of 12C and 13C in all carbon atoms contributing to
a given population of CO2 molecules (Eiler and Schauble, 2004). Δ47 can be converted to
carbonate growth temperature based on the following equation (Ghosh et al., 2006):
Δ47= 0.0592× (106×T-2) – 0.02

(3)

The only published clumped isotope study related to the P–T extinction event is from
Brand et al. (2012), in which they measured eight samples on the well-preserved biogenic lowMg calcite (shell of brachiopod) from Sass de Putia and Val Brutta in the Southern Alps, northern
Italy. The range of Δ47 varies from 0.589 to 0.641‰ up section, which is interpreted as a
temperature rise from ~35 oC to 39 oC just prior to the extinction event (Fig. 2-2). One advantage
of clumped isotopes over the traditional oxygen isotopes in carbonate is that this
paleotemperature proxy is thermodynamically based and is independent of the δ18O of seawater
and dissolved inorganic carbon from which carbonate grew, and thus is suitable for interpreting
the geologic record at times, such as the Late Permian, when sea water δ18O is more difficult to
constrain. However, because of the challenging techniques involved and persistent issues
including discrepancies between previously published synthetic carbonate calibrations (Hannisdal
and Peters, 2010; Dennis et al., 2011; Hollis et al., 2012), clumped isotopes have not been applied
widely despite the unique advantages the technique provides.

2.2. Atmospheric pCO2 proxies
Carbon dioxide is a greenhouse gas: it absorbs outgoing infrared radiation, warms the
atmosphere, and then re-emits infrared radiation back to Earth’s surface. It has been demonstrated
that atmospheric CO2 is a primary driver for global climate change during the Phanerozoic
(Kump, 2002; Royer et al., 2004). Reconstructing reliable paleo-pCO2 levels during key
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biological and geological events is fundamental to understanding how the biosphere operates
under different CO2 levels relative to the pre-industrial level (~280 parts per million by volume,
or ppm).
The paleo-pCO2 proxies for times prior to the Mesozoic include δ13C from pedogenic
carbonates (Cerling, 1991, 1992; Mora et al. 1991, 1996; Ekart et al., 1999) and trace carbonate in
goethite (Yapp and Poths, 1992, 1996), and plant stomatal index (Royer, 2001; Royer et al. 2004;
Retallack, 2001). In the following section, we discuss these two paleo-pCO2 approaches and their
application to the Late Permian to Early Triassic pCO2 reconstruction.

2.2.1. Plant stomatal density and index
The conductance of water vapor per unit area of leaf is regulated by the opening of plant
stomata and is sensitive to a number of environmental factors, including atmospheric pCO2. Two
measures of plant conductance have been used as proxies of atmospheric pCO2, including
stomatal density and stomatal index (SI). Stomatal density is the numbers of stomata per unit area,
a feature that is established during an early stage of leaf development (Woodward, 1987):
Stomatal density = number of pores per unit area

(4)

Besides atmospheric pCO2, stomatal density of modern plants has been shown to be
sensitive to irradiance, water stress, and the position of the pore within a cell. In contrast, SI
minimizes these effects by relating atmospheric pCO2 to the proportion of pores relative to
epidermal cells of fossil leaf cuticles (Royer, 2001):
Stomatal index

stomatal density
stomatal density + epidermal cell density

×100
(5)

Observations and experiments indicate that plant stomatal density and index decrease in
response to an increase in atmospheric pCO2 (Woodward, 1987; Woodward and Bazzaz, 1988).
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Application of SI as a pCO2 proxy, however, requires calibration to a SI – pCO2 relationship
under known atmospheric pCO2. Under ideal conditions, the calibration would be based on the
same species of plant as that found in the fossil record. However, the reconstruction of paleopCO2 is by necessity based on calibration datasets from modern tree and herbaceous species that
differ from their fossil counterparts. Moreover, its sensitivity diminishes as atmospheric pCO2
increases, although an upper limit for effective use of the proxy has yet to be determined (Royer,
2001). Applying the SI paleo-pCO2 proxy, Retallack (2001) reconstructed the paleo-pCO2 level
during the past 300 million years from fossil plant leaf cuticles. The SI paleo-pCO2 proxy has also
been applied to the Permian–Triassic interval recently by Retallack et al. (2011) and Retallack
(2013). Using an empirical relationship derived from Ginkgo leaves grown in greenhouse
experiments (Zakharov et al., 2005; Retallack, 2009), pCO2 in ppm was calculated using the
following equation:

pCO2 294.1 + [

1
]
(4.84 × 10 ) × SI7.93

(6)

This inverse relationship between SI and pCO2 suggests plant leaves have fewer stomates
when pCO2 is higher (Ronov et al., 1980; Elderfield, 1986; Zachariah, 1998; Veizer et al., 2000;
Retallack, 2001; Retallack, 2009). We compiled SI pCO2 – proxy data for the interval of 255 Ma
to 245 Ma, representing estimates of how atmospheric pCO2 evolved through the P–T transition
based on Retallack (2013) (Fig. 2-3). SI has been calculated using the fossil plants Tatarina and
Lepidopteris (pteridosperm genera), showing values ranging from 4.9 to 11, which indicates
pCO2 varying from 300 to >7,000 ppm, with uncertainties as high as >2,000 ppm (Ronov et al.,
1980; Elderfield, 1986). The coarse sampling of fossil plants and uncertainties in age from
terrestrial sections leads to significant uncertainty in atmospheric pCO2 immediately prior to,
during and after the end-Permian extinction event in these studies (Fig. 2-3), although a
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significant increase in pCO2 across the boundary is consistent with the global warming suggested
by oxygen isotopes (Joachimski et al., 2012).
Because of the perplexing factors that affect ambient pCO2 such as elevation and
respiration/photosynthesis within the canopy, and different responses among species to changes
in pCO2, caution needs to be exercised in selecting the most appropriate fossil plant for
establishing the proxy. There are significant disagreements between pCO2 reconstructions during
the same time period at the same location using different fossil plant species (Kürrschner et al.,
1996; Retallack, 2001). These discrepancies highlight the need to apply multiple proxies in
various sites across the Permian–Triassic boundary to detect the pCO2 level prior to, during and
after the end-Permian extinction event to disentangle the cause and effect of the extinction event.

2.2.2. Carbon isotopes of carbonate nodules in paleosol
Cerling (1991) first proposed that the δ13C of pedogenic carbonates could be used to
estimate the pCO2 at the time of their formation, based on the fact that the stable isotopic
composition of soil CO2 is strongly influenced by the atmospheric CO2 level. Pedogenic
carbonates in paleosols are the most widely applied atmospheric pCO2 proxy for pre-Cenozoic
times because they are common in sedimentary records (Hay et al., 1990) and the presumed error
for pCO2 is relatively small (Royer et al., 2001). The atmospheric pCO2 level over the last 400
Myr has been estimated following the method of Cerling (1991). One conclusion is that the
inferred pCO2 levels of the late Paleozoic are significantly higher than today (Mora et al., 1991).
However, the δ13C of pedogenic carbonate can be influenced by a number of factors, including
the soil respiration rate, porosity, δ13C of respired CO2, the temperature and depth of carbonate
formation, and the type of vegetation providing organic matter to the sediment (Cerling, 1991).
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The equation based on a diffusion-reaction model used to calculate atmospheric pCO2 in ppm is
as follows:
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where δ13Cs, δ13CΦ, and δ13Ca is the isotopic composition of soil CO2, soil respired CO2,
and atmospheric CO2, respectively (Ekart et al. 1999). The term S(z) is soil respired CO2 (in units
of ppm), expressed as the difference between the actual soil CO2 and the atmosphere CO2
concentration, which is presumed to asymptote with depth when the calcite horizon is below
depth 20-30 cm (Cerling and Quade, 1993).
Like many other proxies, assumptions and limitations exist for the paleosol carbonate
paleobarometer. Modern and recent soil studies show that the isotopic composition of soil
carbonate is constant below ~20 cm, and thus it is essential to sample pedogenic carbonate below
<20 cm depth, which can be difficult to determine in paleosols that have undergone compaction
and erosion. Carbon isotope analysis on 251-Ma pedogenic carbonate from the Quartermaster
Formation (Ochoan; time equivalent to Changhsingian in stratigraphic age) from Texas, US
indicates that the atmospheric pCO2 level was about 1000 ppm (the range of pCO2 level varied
from 600 to 1500 ppm) (Veizer and Compston, 1974; Ekart et al., 1999) (Fig. 2-3). However, the
pCO2 level prior to the extinction is indiscernible from that during and after the event due to the
low temporal resolution of paleosol sampling. There is also a discrepancy with pCO2 estimated
using plant stomatal indices (Royer et al., 2004); the pCO2 reconstructed using carbon isotopes of
pedogenic carbonate seems to be lower than that derived from plant stomatal indicies.
Uncertainties that might lead to this discrepancy include assumptions regarding S(z) in equation
(7), a factor that is dependent on climate, especially mean annual precipitation (Cotton and
Sheldon, 2012), or the δ13C of soil respired CO2. Considering potential errors, the pCO2 estimates
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around 255 Ma from plant stomata and pedogenic carbonates are indiscernible, both showing
values similar to or higher than 500 ppm (Fig. 2-3).

3. Climate change during the P–T transition – Modeling perspective
The Pangean continental configuration has been a target of climate model application
since the early days of studying the Earth’s climate with general circulation models (GCMs). As
more geologic evidence became available and the model techniques advanced, increasingly
sophisticated and computationally complicated models have been applied to the end-Permian
extinction event. We categorize the paleoclimatic models into four types, including 1) Conceptual
models and process modeling, including energy balance models (EBMs) and geochemical box
models; 2) Atmosphere GCMs (AGCMs) typically with a highly simplified “slab ocean,” and
ocean GCMs (OGCMs) with a simple atmosphere; 3) Earth system models of intermediate
complexity (EMICs); 4) and Fully coupled atmosphere-ocean general circulation models
(AOGCMs). These models vary in complexity and sophistication, and they represent the
processes being parameterized based on the understanding of the climate system at the time the
studies were being conducted. Most studies that we review included sensitivity analyses, in which
key parameters were varied to test the response of the models to changes in these variables.
We begin by summarizing the earlier Pangaean climate studies, which focused on the
effect of large continents on monsoons. We then summarize the climate modeling studies
chronologically, each driven by a specific hypothesis related to the end-Permian mass extinction
event. The hypotheses being explored to explain the extinction event are constantly being refined
(if not refuted) with the appearance of new geological evidence as new outcrops, cores or
techniques become available. We do not attempt to review all the paleoclimatic studies during the
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P–T transition, but rather provide an overview of how our quantitative understanding of the P–T
climate system has progressed over the last two decades.
Key questions of interest in this review include: 1) How did the global mean temperature
and the equator-pole temperature gradient respond to this proposed greenhouse gas-driven
climate event? 2) How sensitive are the climate modeling studies to uncertainties of greenhouse
gas concentrations, paleogeography, paleobathymetry and topography? 3) How sensitive was the
Late Permian climate to changes in orbital configuration? 4) What was the distribution of
vegetation, and how important was this feedback to Permian climate?

3.1. Conceptual models and EBMs
Early climate modeling studies of the Late Permian were focused on the effect of the
Pangea supercontinent, a landmass distribution fundamentally different than today’s, using
conceptual models (Parrish, 1993), energy balance models (EBMs) (Crowley et al., 1987;
Crowley et al., 1989) and AGCMs (Kutzbach and Gallimore, 1989; Kutzbach et al., 1990;
Kutzbach and Ziegler, 1993; Kutzbach, 1994).
Conceptual or modern-analog modeling studies were conducted by Nairn and Smithwick
(1976), Parrish (1982) and Parrish et al. (1986). One common result from these modern-analog
models is that strong seasonality existed during the Late Permian due to the amalgamation of
Pangea. A strong monsoonal circulation is also the expected consequence of the large land mass.
EBMs estimate the changes in the climate system using the energy budget of the Earth;
they determine global temperature based on a balance between the net absorbed solar radiation
and the net emitted terrestrial radiation (Budyko, 1969; Sellers, 1969). They do not include ocean
circulation, topography, vegetation and other important variables (Crowley and North, 1991),
which limit their application in realistic paleoclimatic studies. However, due to their simplicity
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and fast computational speed, and the general lack of spatially resolved observations to justify
more sophisticated models, EBMs were applied to the Late Permian to investigate the
temperatures of Pangea (Crowley et al., 1989). Key forcing factors that were investigated in
these models include paleogeography (idealized Pangea and Pangea A and B) (Table 2-1),
topography, atmospheric pCO2, solar luminosity, and distributions of extended lakes or seas
within the supercontinent. One common finding from these models was extreme seasonal
temperature contrast with a hot summer (>40-50 oC) and a cold winter (< -15 oC) within the large
continent during the Late Permian and a strong monsoon circulation characterized by high
precipitation along the Tethys coast and an arid continental interior. These simulations were
broadly consistent with the distribution of climate indicators. However, they failed to simulate the
high-latitude warmth that was indicated by well-preserved forests from the Upper Permian of
Antarctica (Taylor et al., 1992; Taylor et al., 2000).

3.2 Geochemical box models used to investigate hypotheses associated with the end-Permian
extinction event
It has been widely accepted that there was a negative carbon isotope excursion (CIE) in
the global ocean-atmosphere system during the end-Permian extinction event, as recorded in both
marine carbonate/organic matter and terrestrial organic material. The CIE recorded in marine
carbonate shows a long-term, slowly decreasing trend, followed by a sharp drop (about 4‰ on
average; see Korte and Kozur, 2010 for a review) immediately at the extinction horizon (e.g.,
Zhang et al., 2005) and a slight increase after the main extinction, whereas the terrestrial CIE is
complicated by the organic C source variation. Absolute age determinations suggest the duration
of the CIE (contemporaneous with the main extinction event) was less than 165 kyr (Bowring et
al., 1998). Newly published U-Pb zircon ages indicate the sharp decline of δ13C occurred within
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about 20 kyr (Shen et al., 2011; Burgess et al. 2014). One commonly proposed interpretation of
the rapid, large magnitude CIE is the release of a large amount of 13C-depleted carbon, either in
the form of oxidized coal or organic matter (CO2 with δ13C of about -25‰), biogenic methane
clathrate and permafrost on the seafloor (with δ13C of about < -60‰), or thermogenic methane
(with δ13C of about -40‰) associated with dike and sill intrusion of coal during the Siberian
Traps emplacement. To test the 13C-depleted carbon source, geochemical box models have been
widely applied. Box models involve solving a series of ordinary differential equations associated
with the carbon cycle (e.g., Slingerland and Kump, 2011) reflecting the time-dependent mass
balance equations for some combination of total carbon, alkalinity, phosphorus, oxygen and
carbon isotopes.
Berner (2002) utilized a version of the “GEOCARB” carbon cycle model based on
Beerling and Berner (2002) to evaluate several hypotheses associated with global carbon cycle
perturbations invoked to explain the mass mortality during the P–T transition. He concluded that
the Knoll et al. (2007) hypercapnia hypothesis would imply a lack of CaCO3 sedimentation, up to
a few hundred meters depth on the seafloor, which contradicts observation. He also evaluated the
methane hypothesis using the simplified carbon cycle model, where he specified a rapid release
(20,000 years) of 13C-depleted methane to the ocean/atmosphere assuming oxidation of CH4 to
CO2 was instantaneous. The total amount of methane required to replicate the magnitude of the
CIE at the P–T boundary was about 4,200 Gt C (1 Gt C = 1 Pg C = 1015 g C) which, after
oxidation of CO2, resulted in only a few hundred ppm increase in atmospheric pCO2, deemed
insufficient to cause global warming or mass extinction. Nonetheless, Berner (2002)
acknowledged the important role methane hydrate may have played in driving down δ13C and
increasing UV-B radiation from loss of ozone by reaction with excessive methane. Berner (2002)
also tested the sudden mass mortality on land hypothesis for the carbon isotope perturbation. The
supporting evidence for terrestrial extinction at the P–T boundary is a “fungal spike” (Steiner et
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al., 2003; Visscher et al., 2004; Visscher et al., 2011) suggesting woody plants decomposition,
catastrophic soil erosion (Sephton et al., 2005; Wang and Visscher, 2007; Xie et al., 2007;
Nabbefeld et al., 2010), loss of terrestrial animals, plants and insects (Eiler, 2007; Dennis et al.,
2011) and the disruption of fluvial depositional systems (Ward et al., 2000; Newell et al., 2010).
He also suggested that the mass mortality of marine plankton could cause the biological pump to
falter, preventing the fecal pellets from settling down to the deep water – the so called
“Strangelove Ocean” (Rampino and Caldeira, 2005). However, the mass mortality itself was not
sufficient to cause the magnitude of CIE in sedimentary records, and the amount of CO2 increase
could not explain the mass extinction. The fourth hypothesis Berner (2002) evaluated was a drop
in the total global organic matter burial rate resulting from a shift in the locus of deposition from
terrestrial-plus-marine environments to marine environments alone. By assuming a drop in burial
rate and the consequent imbalance between organic burial and organic weathering, the model
calculation suggested a slow but prolonged pCO2 increase and a negative CIE, although the rate
of change calculated was slower than indicated by the geochronology. Finally, Berner combined
the above-mentioned hypotheses (including carbon cycle reorganization, sudden mass mortality
of land plants and marine biota, Siberian volcanism and rapid methane release from clathrates)
and the calculated results were in good agreement with the observations at the P–T boundary. As
a result, a combination of these processes seemed to account for, at least partly, the observed
geochemical patterns and the mass extinction. Berner (2002) concluded that the shift in organic
carbon deposition from terrestrial to marine environments was the key long-term effect of the
extinction event, which caused the global organic matter burial rate decrease, driving down
atmospheric pO2 and increasing atmospheric pCO2 through the Triassic. It is important to note
that the isotope data used in Berner (2002) were found to be affected by diagenesis (Xie et al.,
2007), reducing the need to infer a strong decrease in organic matter burial.

23
Another carbon cycle modeling study coupled a geochemical box model to a 1-D energy
balance climate model to show that the CIE could be reproduced with a massive release of 13Cdepleted CO2 from mantle degassing associated with the Siberian traps, and a rapid collapse in
biological productivity (Grard et al., 2005). They also proposed that phosphorus, as a driver for
primary production in their model, played a critical role in the recovery of biological productivity
and the CIE. Their model adopted a pre-perturbed global average surface ocean temperature of
~21.7 oC and a pCO2 level of 3080 ppmv before the Siberian Traps volcanism and the endPermian extinction event (Fig. 2-4), which is broadly consistent with the temperature proxies and
at the high end of the error bars of the pCO2 proxy data discussed above. They also used a 2%
reduced solar luminosity relative to today and the Late Permian paleogeography (Budyko, 1969;
Parrish, 1985). The model was forced with both a main eruption phase, which lasted for 600 kyr,
and a marine ecosystem collapse with a duration of 100 kyr. The carbon input from volcanic
outgassing of CO2 and mass extinction led to an atmospheric pCO2 as high as >6000 ppm,
resulting in a reduced pole-to-equator temperature gradient and a warmer and wetter pole. Their
model seems to reasonably reproduce the extent of the CIE, but failed to match the pattern and
rapidity of the CIE across the P–T boundary. A source of uncertainty in their estimated pCO2
level and temperature arises from the volume of Siberian Trap volcanism, with estimates ranging
from 2×106 to 4×106 km3 of lava erupted. Their model also generated a large and prolonged
positive excursion after the short-lived negative CIE, which was not shown in the P–T isotopic
records (Korte and Kozur, 2010), from a simulation with reduced organic burial and the resulting
phosphate buildup.
Rampino and Caldeira (2005) used a similar box model to study whether severe reduction
of marine productivity could drive the observed CIE across the P–T boundary. They adopted a
Late Permian land-ocean area ratio of 90% of the present value as in Berner (1994), which itself
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required a Late Permian atmospheric pCO2 level of about 3×PAL1 (~850 ppm) to balance the C
cycle (Fig. 2-4). This Late Permian pCO2 level is lower than the estimate from most other
geochemical models (Grard et al., 2005; Payne and Kump, 2007) (Table 2-2) or proxy studies
(Retallack, 2001) but is in general agreement with long-term pCO2 reconstruction based on
geochemical models (Berner, 1991; Berner, 1994; Berner, 2006b; Fig. 2-3). They also pointed out
that the Late Permian was similar to a “Neritan” ocean proposed originally by Zeebe and
Westbroek (2003), one that lacked pelagic carbonate production. In their model simulation,
biological productivity was shut down abruptly and allowed to recover to its pre-perturbed value
logarithmically over one million years. They also allowed a 15% organic carbon burial reduction
to account for the long-term negative shift in carbonate δ13C. Their simulated results suggested
that both the increase in atmospheric pCO2 (up to 1700 ppm increase) and the negative CIE at the
P–T boundary was the consequence of mass mortality (Fig. 2-4). Their model also reasonably
explained the observed algal/microbial calcification in response to increases in alkalinity.
However, Rampino and Caldeira (2005) did not consider the effect of Siberian Traps, which has
subsequently been shown to be coeval with the biological crisis across the P–T boundary (see
below).
In contrast, Payne and Kump (2007) demonstrated, again using a simple box model, that
Siberian Traps could have been responsible for the large carbon isotope fluctuations observed in
the latest Permian and Early Triassic, but that other factors, including oxidation of crustal carbon,
also likely played a role. The box model they used was similar to that of Grard et al. (2005), but
also explicitly balanced carbonate alkalinity, atmospheric oxygen and phosphate. Carbonate
alkalinity was delivered to the ocean from carbonate and silicate weathering and removed from
the ocean through carbonate burial. Their model utilized a somewhat smaller equilibrium
1

The preindustrial atmospheric partial pressure (pCO2)ref is 280 ppmv unless otherwise noted.
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atmospheric pCO2 level (1500 ppm) following Berner and Kothavala (2001), compared to that of
Grard et al. (2005) (~3000 ppm) (Fig. 2-4). They tested the model using three eruption scenarios,
namely a release of 3 × 1018 mol of volcanogenic CO2 (with δ13C = -5‰) over timescales of 100
kyr, 300 kyr and 600 kyr. Any single source, from methane clathrate, oxidized organic carbon or
volcanic carbon, failed to account for the series of observed CIEs. Several pulses of CO2 release
from volcanic eruption or organic carbon oxidation were required in their model to account for
the Early Triassic large fluctuations of δ13C.

3.3. Atmospheric General Circulation Models
Unlike EBMs or geochemical box modeling, GCMs are spatially resolved and include
calculations of the important state variables at each grid cell using partial differential equations
solving the equations of motion of the atmosphere (AGCMs) and oceans (OGCMs). The first
climate models that were applied to the Permian climate problem were uncoupled GCMs of two
sorts. One was a model with a 3D atmosphere and a simple 2D “surface slab” ocean without
ocean circulation (e.g. Kutzbach and Gallimore, 1989; Gibbs et al., 2002), in which the
temperature of the ocean was either prescribed or allowed to adjust through energy exchanges
with the atmosphere. The other was a model with a 3D ocean and no atmosphere (e.g. Hotinski et
al., 2001; Zhang et al., 2001), in which the ocean model was forced with prescribed winds,
surface temperature and salinity.
The first general circulation model used to simulate the idealized Pangean climate was a
low-resolution, global GCM coupled to a 50-m deep mixed-layer ocean using an idealized landocean distribution and no topography (Kutzbach and Gallimore, 1989). The authors conducted
four suites of sensitivity experiments, in which two different mean elevations (0 m vs. 1000 m),
two different snowcovers, two atmospheric pCO2 levels (1×PAL vs. 5×PAL) and two solar
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luminosities (modern vs. 1% decreased) were used. The simulations performed confirmed the
conceptual models of the Pangean climate, suggesting strong monsoonal circulation, equatorial
and continental interior aridity and extreme seasonal temperature variations. Their model results
highlighted the importance of geologic boundary conditions, including geography, topography
and atmospheric greenhouse gas composition (key boundary conditions are summarized in Table
2-1).
In order to improve on the previous study of Kutzbach and Gallimore (1989), Kutzbach
and Ziegler (1993) simulated the Late Permian climate using the community climate model
version 1 (CCM1) of the National Center for Atmospheric Research (NCAR). This model also
included a 50-m thick mixed layer ocean with a prescribed poleward transport of heat by the
oceans. The advantages of this model in comparison to Kutzbach and Gallimore (1989) were that
the horizontal and vertical resolution was higher (12 levels in the atmosphere), and there were
improvements in parameterizations of radiation, clouds, snow cover, and vertical diffusion. The
boundary conditions being prescribed in their model included 1) land-ocean distribution and
topography from the maps of Ziegler (1990), showing a relatively coarse resolution, a maximum
elevation of 2300 m, and an average of 480 m (4.4o latitude × 7.5o longitude model grid); 2) a
prescribed land surface albedo, ranging from 0.13 to 0.24 using the vegetation biome maps for the
Kazanian (Ziegler, 1990); 3) a prescribed poleward zonal average ocean heat flux; 4) 1% reduced
solar irradiance (1356 W m-2 vs. modern value at 1370 W m-2), modern axial tilt (23.5o) and a
circular orbital; and 5) atmospheric pCO2 prescribed at 5×PAL (Table 2-1). Kutzbach and
Gallimore (1989) tested the effect of the inclusion of extensive inland seas and lakes, and the
results indicated that these lakes make a considerable difference in local temperature because of
the differences in low-level heating of the atmosphere and the damping of local seasonal
temperature range. Modeled climate and biome distribution agreed well with the observed Late
Permian distribution. However, there are some important limitations of these AGCMs, including
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the coarse modeling resolution, the oversimplification of the ocean, and the lack of an interactive
vegetation model that might bias the regional climate. Another key uncertainty was topography,
which had been demonstrated to be a critical parameter as shown by the importance of the uplift
of Tibetan plateau on global climate and the Asian monsoon (Kutzbach et al., 1989; Kutzbach et
al., 1993; Ramstein et al., 1997).
To understand the patterns of Early Triassic ocean circulation, temperature and salinity, a
dynamical ocean model with eight vertical levels driven by prescribed surface forcings from
Kutzbach and Gallimore (1989) was run by Kutzbach et al. (1990). Their idealized Pangaean
ocean model had a horizontal resolution of 5o latitude × 5o longitude and constant 4 km ocean
depth. Four experiments were conducted to investigate the ocean temperature distribution and
circulation response to variations in the depth and salinity of the Tethys Ocean. The model results
indicated a much greater high-latitude surface and deep-water temperature in comparison to the
present, subtropical anticyclonic (~30o latitude) and subpolar cyclonic (~60o latitude) gyres in the
Pathalassic ocean, eastward and poleward flowing equatorial currents, and relatively cool and
fresh polar waters and warmer and saline Tethys. Unfortunately, there were little, if any,
geological data that could be directly compared with the model results. With the exception of
deep-sea sediments of Permian–Triassic age in Japanese and North American subductionaccretion complexes (Isozaki et al., 1990), no deep-sea sediments of Late Permian age remain.
Several other limitations to the OGCM used by Kutzbach et al. (1990) include its coarse
resolution, the idealized Pangaean geography and ocean bathymetry, its short integration time,
prescribed surface forcing from previous OGCM simulations, and the possibility that dynamic
coupling between the ocean and atmosphere might lead to quite different circulations for the
Pangean ocean.
The Wordian (ca. 265 Ma) climate was simulated by Gibbs et al. (2002) using the AGCM
GENESIS2 (Global Environmental and Ecological Simulation Interactive Systems version 2;
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Thompson and Pollard, 1997), and the results were compared with the geographic distribution of
climate-sensitive sediments, including coals, evaporites, eolian sands, carbonate, organic-rich
shales, dropstones, tillites and phosphorites. GENESIS2 consisted of an 18-level atmosphere
with a land-surface model and a simple 50-m slab ocean, and had a horizontal resolution of 3.75 o
latitude × 3.75o longitude. Like other A/OGCMs, boundary conditions needed to be specified for
GENESIS2 (Table 2-1), including 1) the Ziegler (1997) land-sea distribution paleogeography and
topography map; 2) a 2.1% decrease in solar luminosity (1336 W m-2 vs. 1365 W m-2); 3) a
uniformly distributed vegetation consisting of mixed tree, savanna and grassland; 4) atmospheric
pCO2 values of 4 and 8 × present levels (345 ppmv was the assigned “present level”); 5) a
modern axial tilt (23.5o) and a circular orbit, similar to that in Kutzbach and Gallimore (1989),
although two extreme values for the Pleistocene from Berger (1978) were adopted to investigate
the possibility of ice-sheet reappearance, including a warm summer orbit (eccentricity = 0.06 and
obliquity = 24.5o) and a cold summer orbit (eccentricity = 0.06 and obliquity = 22.0o). Similar to
the findings in previous modeling studies, their model simulated extreme seasonality and aridity
in the continental interior during the Wordian. The northward movement of land from Sakmarian
(ca. 280 Ma) to Wordian might have led to a cool high-latitude winter, stronger winter westerlies
and a southward shift of storm-track precipitation. The model simulations were in generally good
agreement with the climate-sensitive sediments, except that the simulated extremely low highlatitude temperatures were inconsistent with the observations, a situation that was attributed to
either an incorrect interpretation of the paleoclimate data or limitations of the model.
As a key boundary condition, the configuration of Pangaea has been strongly debated for
decades (Van der Voo and French, 1974; Irving, 1977; Livermore et al., 1986; Torcq et al., 1997).
Two paleogeographic configurations were proffered: Pangea A and Pangea B, and the differences
between them were mainly in the different relative position of Gondwana and Laurussia. Fluteau
et al. (2001) conducted a number of climate modeling experiments to help resolve this debate,
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using a 3D LMD 5.3 (Laboratoire de Météorologie Dynamique version 5.3) AGCM based on that
presented in Harzallah and Sadourny (1995), coupled to a soil vegetation model. This model had
a mid-latitude horizontal resolution of 400 × 400 km and 11 vertical levels including eight in the
troposphere and three in the stratosphere. The boundary conditions included a prescribed 3×PAL
atmospheric pCO2 (~900 ppm), a similar-to-present pole (0 oC) to equator (25 oC) temperature
gradient, and present values of orbital parameters and solar constant (1365 W m-2) (Table 2-1).
The paleogeographic configuration including Pangea A and Pangea B, the land-sea distribution,
and the paleoelevations of mountain belts were tested in a number of sensitivity analyses. Their
results indicated that the Pangaea B configuration seems to be more consistent with the Late
Permian climatic status.

3.4. Ocean General Circulation Models and the oceanic anoxia hypothesis
OGCMs coupled to a simple atmosphere with biogeochemistry components have been
used to test the following two hypotheses invoked to explain the end-Permian extinction event: 1)
anoxic water propagated into shelf regions and epicontinental seas and caused the extinction
(Wignall and Twichett, 1996); and 2) deep-ocean CO2 was abruptly released due to an
invigorated ocean circulation and upwelling, resulting in CO2 toxicity (hypercapnia) and led to
the extinction (Knoll et al., 1996). Both hypotheses presume a causal relationship between ocean
stagnation and the development of large chemical gradients, a relationship that was intuitive but
when subject to quantitative evaluation using numerical models, proved largely incorrect.
The ocean anoxia hypothesis was first proposed about 20 years ago by Wignall and
Hallam (1992), who found syngenetic pyrite associated with the maximum flooding surface at the
P–T boundary in sediments from a couple of locations. This finding led to the proposition that
anoxia might have caused the end-Permian mass extinction event. Wignall and Twitchett (1996)
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later extended the evidence of anoxia to a more global extent and into shallow water. Supporting
evidence of global deep-ocean anoxia came from a number of studies from the obducted
accretionary complexes in Japan, which were interpreted to represent pelagic sediments deposited
in an anoxic, deep Panthalassic ocean (Isozaki et al., 1990; Kajiwara et al., 1994; Isozaki, 1997).
This proposal of a prolonged “superanoxic” event that significantly preceded the Permian–
Triassic boundary and continued into the Early Triassic prompted a number of studies, both
modeling and data gathering, aimed at evaluating the extent and duration of anoxia and the
mechanisms that might have generated and sustained it.
In order to investigate whether warming the poles would induce ocean stagnation and if
circulation changes would result in anoxia and high CO2 in the Late Permian deep ocean,
Hotinski et al. (2001) conducted numerical experiments using a 3-D OGCM, the Geophysical
Fluid Dynamic Laboratory’s Modular Ocean Model (MOM version 2), connected to a
biogeochemical model of phosphate and oxygen cycling. The model had 4o×4o horizontal
resolution, 16 vertical level and fixed values of horizontal and vertical mixing coefficients.
Hotinski et al. (2001) ran the model with two climatic forcings, including a high-gradient case
using sea surface temperatures derived from an 8×PAL GENESIS simulation for the Late
Permian (Gibbs et al., 2002), and a low-gradient, zonally averaged case using the reducedtemperature gradient field from the Paleocene-Eocene Thermal Maximum (a period with extreme
polar warmth) simulation by Bice et al. (2000). The high pole-to-equator gradient (-2 – 33 oC)
case corresponded to a relatively cool polar ocean (< 0 to 5 oC), and the low pole-to-equator
gradient (12 – 28 oC) experiment showed a warmer polar ocean (12 oC), which was similar to that
during the Paleocene-Eocene and more consistent with geological observations (Ziegler, 1990;
Yemane, 1993). A vigorous ocean circulation and an oxic ocean were observed in their highgradient experiment, whereas a substantially decreased pole-to-equator surface density gradient
was found in the low-gradient experiment. This suggested that warming the poles slows ocean
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overturning (although the circulation does not stagnate), and oxygen values are significantly
reduced. However, the low-gradient model result did not support lethal build up of H2S and CO2
in the deep ocean without invoking a large increase in oceanic nutrient level.
At the same time, two circulation scenarios were being tested by Zhang et al. (2001), who
used the Massachusetts Institute of Technology (MIT) 3-D ocean circulation model and a box
model of P and O cycles to investigate the issue of anoxia in the deep ocean. The two
experiments included a vigorous “thermal mode” driven by cooling in southern polar latitudes
(sinking in high latitudes, “weak” meridional temperature gradients) and a weaker “haline mode”
driven by an enhanced hydrological cycle (in other words: evaporation from the subtropics)
and/or weakened diapycnal mixing in the ocean. The boundary conditions used in these two
scenarios were otherwise similar: surface temperatures were prescribed, and the mean salinity of
the ocean was assumed to be 34.6 (Table 2-1). The “thermal” mode had weaker surface wind
stress and weaker temperature gradient in comparison to their “haline” mode. Zhang et al. (2001)
did not get any significant reduction in deep-ocean oxygen in the thermal mode, whereas deepsea anoxia was observed in the haline mode with the enhanced hydrological cycle, which is an
expected consequence of the projected global warming (IPCC 2007).
Differences between the Hotinski et al. (2001) and the Zhang et al. (2001) studies
prompted a discussion about their somewhat different definitions of “weak” and “reduced”
meridional temperature gradients (Hotinski et al., 2002; Zhang et al., 2003), in which Hotinski et
al. (2002) argued that the “weak” temperature gradient in Zhang et al. (2001) was similar to the
“high” temperature gradient case in Hotinski et al. (2001). The “weaker” meridional temperature
gradient in Zhang et al. (2001) was based on an atmospheric GCM of Kutzbach and Gallimore
(1989), where the high-latitude average surface temperature was less than 0 oC at 70o South. The
“reduced” pole-equator temperature gradients in Hotinski et al. (2001) were based on a
Paleocene-Eocene Thermal Maximum modeling study (Bice et al., 2000) indicating a high-
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latitude temperature of about 12 oC. These different definitions of “low” and “weak” gradient led
to different rates of meridional overturning (zonally integrated mass transport in the north-south
plane) and thus differing rates of ventilation of the deep ocean with oxygen. It is important to note
that in contrast to Zhang et al. (2001), negative oxygen levels were allowed in the Hotinski et al.
(2001) model under the assumption that they represent organic matter decomposition using
alternative oxidants (nitrate or sulfate) when oxygen is depleted; Hotinski et al. (2002) argued
that the resetting of negative oxygen values to zero in the Zhang et al. (2001) model led to an
artificial oxygenation of the deep ocean.
Kump et al. (2005) used a simple two-box ocean model coupled to a 1-D atmospheric
photochemical model to explore the consequence of chemocline upward excursion, a process that
is triggered by the destabilization of the chemocline (the transition from oxygenated surface
waters to anoxic and sulfidic deepwaters) by sulfide accumulation in the deep sea under severe
conditions of eutrophication. Their 1-D atmospheric photochemical modeling suggested that large
fluxes of H2S (≥2000 × present levels) to the atmosphere might have led to lethal levels of H2S
in the atmosphere, the destruction of the ozone layer, and increased atmospheric methane levels,
providing a killing mechanism for the end-Permian extinction event in both marine and terrestrial
realms. A key finding in Kump et al. (2005) was that in regions with elevated upwelling rate,
chemocline upward excursion could be reached when H2S was high (~1 mmol kg-1) even under
the modern atmospheric pO2 level. Lower levels of H2S were required for chemocline upward
excursion under lower levels of pO2, such as the proposed low pO2 atmosphere in the Late
Permian (Berner, 2006a).
Subsequent work showed that the high H2S flux envisioned by Kump et al. (2005) was
likely insufficient to cause toxic H2S levels in the troposphere and ozone destruction in the
stratosphere (Beerling et al., 2007), unless a significant CH4 flux accompanied the high H2S flux
(Lamarque et al., 2007).
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3.5. Earth system models of intermediate complexity and fully coupled atmosphere-ocean
general circulation models
EMICs are particularly useful for investigating long term, large-scale climate changes
driven by forcings with durations of millennia or longer (IPCC, 2007), timescales for which highresolution coupled ocean-atmosphere model simulations become computationally prohibitive.
The EMICs used to investigate the late Permian climate systems include GENIE (Meyer et al.,
2008; Cui et al., 2013), LSG/EBM (large-scale geostrophic ocean general circulation model and
coupled atmospheric energy balance model; Winguth and Maier-Reimer 2005), PLASIM
(PlanetSimulator Model; Roscher et al., 2011) and the UVic ESCM (University of Victoria Earth
System Climate Model; Montenegro et al., 2011). The first two EMICs were used to investigate
oceanic chemistry changes, such as oxygen or H2S responses to increased nutrient content and
pCO2 levels. The later two EMICS included a biome module; Montenegro et al. (2011)
emphasized the sensitivity of ocean circulation and oxygen levels to uncertainties in
paleogeography and paleobathymetry, and Roscher et al. (2011) focused on estimating climate
sensitivity during global warming versus global cooling.

3.5.1 EMICs
Winguth and Maier-Reimer (2005) (hereafter W&M) used the Hamburg LSG/EBM to
investigate the sensitivity of the ocean’s thermohaline circulation to a massive methane release
and ensuing global warming. In order to study the response of export production and oxygen
distribution to ocean circulation changes, W&M also incorporated the relatively simple Hamburg
model of ocean carbon cycle (HAMOCC3). The W&M study was largely a continuation of
Winguth et al. (2002) with the addition of a carbon cycle model and additional sensitivity
analyses by varying boundary conditions. The boundary conditions of the W&M model were
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similar to that in Winguth et al. (2002), examining the effects of changes in topography in the
polar regions on ocean circulation during the middle Permian. W&M first explored the model
sensitivity of ocean circulation in response to changes in thermal and haline boundary conditions
by adding a southern hemisphere freshwater source of 2 Sv (Sverdrups, 106 m3 s-1) and doubled
the pCO2 from 4×PAL to 8×PAL. In their baseline 4×PAL experiment, the deep sea was well
oxygenated and the lowest oxygen concentration was seen above regions with high export
production, which was found in the eastern Panthalassic Ocean and east of S. China due to the
upwelling of nutrient-rich bottom water. A prominent oxygen minimum zone (OMZ) was
observed around ~1,000 m in the eastern equatorial Panthalassa ([O2] as low as 20 µmol kg-1).
Simply doubling the pCO2 from 4×PAL to 8×PAL did not change the results significantly due to
the similar poleward heat transport and circulation strength in the deep sea. By inducing
freshwater input in the southern hemisphere and doubling the pCO2, the oxygen-depleted area
expanded horizontally in response to a reduced circulation in the tropical region. This supported
the idea that a “more sluggish circulation may lead to extended anoxic conditions in the deepsea,” although the [O2] simulated in W&M was much higher than that in the low-gradient
scenario of Hotinski et al. (2001) and the haline mode of Zhang et al. (2001). Doubling the
atmospheric pCO2 and introducing freshwater input did change the oxygen distributions in the
deep ocean, but these changes were insufficient to generate widespread anoxia. W&M also did
sensitivity analyses by reducing the export production and adding methane-derived carbon to the
atmosphere. They reduced the export production by 10% and found that the oxygen content
increased in response to a reduction of organic matter remineralization. Two methane release
scenarios (4200 and 7500 Gt C) were proposed to investigate ocean circulation changes in
response to massive carbon releases. They also allowed an atmospheric pCO2 increase to 18×PAL
in response to an instant 7500 Gt C release (methane converted instantaneously to CO2).
Increased atmospheric pCO2 induced an increase in deep-sea temperature, but did not result in a
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sluggish thermohaline circulation or widespread deep-sea anoxia. Finally W&M compared their
modeling results from three simulations, including the 4×PAL baseline experiment, the 8×PAL
with southern hemisphere freshwater input experiment, and the 4×PAL along with massive
methane release (18×PAL) experiment to climate-sensitive sediments and reconstructed water
masses from Ziegler et al. (1998). The water masses in Ziegler et al. (1998) were classified in
eight categories, including glacial, cold temperate, wet temperate, temperate, upwelling, dry
subtropical, tropical, and wet tropical (also see Winguth et al. 2002). All the experiments seemed
broadly consistent with the observed geological data, while the 8×PAL simulation generated
tropical climate zones that were more consistent with the reconstructed water masses between 30
o

N and 30 oS.
Montenegro et al. (2011) evaluated oceanic anoxia and ocean acidification as the killing

mechanisms for the end-Permian mass extinction, using the UVic ESCM, which consisted of an
energy-moisture balance mode, the MOM ocean model, and terrestrial ocean carbon cycle
models. The model had a horizontal resolution of 1.8o×3.6o and 15 vertical levels in the ocean.
The boundary conditions, including paleogeography, topography, and winds were adopted from
Kiehl and Shields (2005) (see below). Present-day solar insolation, orbital parameters,
atmospheric albedo and zonally averaged atmosphere diffusion were used in the model. Nine
experiments were conducted to investigate the effect of changing atmospheric pCO2 (300, 3000
and 4500 ppm), paleogeography and bathymetry (Table 2-1). Sensitivity analyses were performed
to understand the impact on ocean circulation of the opening and closing of the seaway between
Angara and Euroamerica. Three different ocean bathymetry configurations were evaluated,
including a flat bottom with fixed depth at 4 km, arbitrarily distributed meridional ridges, and the
best guess of realistic ridge distribution. The modeled temperature and precipitation patterns and
biome distributions were in general agreement with the observed sedimentary records and
paleontological data (Montenegro et al., 2011 and references therein). The ocean saturation state
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dropped dramatically (undersaturated with respect to calcite) in response to an increase in pCO2,
but widespread anoxia was not observed in the model when ocean bottom topography and
paleogeography were changed.
Meyer et al. (2008) used GENIE-1 (Grid Enabled Integrated Earth system model, version
1) to examine the distribution of euxinia in the Latest Permian ocean. GENIE has 36×36 equalarea horizontal grids and 8 or 16 vertical levels, a frictional-geostrophic ocean model and a
coarse-resolution 2-D energy and moisture balance atmospheric model (Edwards and Marsh,
2005). The key tracers incorporated in the Meyer et al. (2008) version of GENIE included
phosphate (PO43-), dissolved inorganic carbon (DIC), alkalinity (ALK), sulfate (SO42-), and
hydrogen sulfide (H2S). In Meyer et al. (2008), the atmosphere model in GENIE-1 was forced by
the wind stress fields equilibrated at 12×PAL (pre-industrial atmospheric level) pCO2 from the
fully coupled modeling study of Kiehl and Shields (2005), and the same paleogeography and
paleobathymetry as in Kiehl and Shields (2005) (Table 2-1). The atmospheric O2 was set at the
modern value (~0.2095 atm), similar to most other Permian model studies. It has been proposed
that the atmospheric oxygen levels during the Late Permian were at their minimum in the
Phanerozoic (Berner, 2005) (possibly as low as 15%), so the estimates of oceanic anoxia extent in
the modeling study of Meyer et al. (2008) are possibly a minimum. Meyer et al. (2008) conducted
two series of simulations to investigate the oceanic H2S buildup in response to increased
phosphate supply (from 1× to 10× modern phosphate content) and the metabolic effect of sulfur
phototrophs on surface ocean chemistry. Consistent with most other studies, at modern phosphate
levels the high global average surface temperature did not result in widespread anoxia. However a
strong OMZ was observed in the Paleo-Tethys Ocean, while the Panthalassic Ocean remained
well oxygenated ([O2] > ~150 µmol kg-1). Meyer et al. (2008) found that as PO43- concentration
increased, the extent of anoxia and ultimately euxinia increased. The upwelling region in the
Paleo-Tethys formed a “nutrient trap” that enhanced sulfide accumulation. However, including
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sulfur phototrophy in their experiment significantly reduced the extent of euxinia (as much as a
25% decrease in surface [H2S]). They proposed that the presence of H2S in the surface ocean due
to increased phosphate concentration (>3× modern levels) could lead to the extreme euxinia that
caused the mass extinction in the end-Permian given the fact that H2S is fatal to most marine
eukaryotes. The spatial distribution of surface-water euxinia in the Meyer et al. (2008) model was
in broad agreement with geological evidence, including the known occurrences of the greensulfur phototroph biomarker isorenieratane (Grice et al., 2005) and framboidal pyrite size
distribution (Wilkin et al., 1996; Bond and Wignall, 2010).
While H2S provides a potent killing mechanism for the end-Permian mass extinction
event, the degree of euxinia due to phosphate buildup is uncertain due to the uncertainty about
phosphate inventory. Winguth and Winguth (2012) proposed that only a small amount of
phosphate increase likely occurred prior to the end-Permian extinction, invoking the arguments of
Algeo and Twitchett (2010) that weathering intensity (interpreted as increased riverine phosphate
delivery) did not increase until the Early Triassic. Moreover, the evidence for global deepwater
anoxia, a feature of the Meyer et al. (2008) simulations above 3× modern [PO4], has been
challenged recently by studies in central Japan (e.g., Algeo et al., 2010), indicating an expansion
of the oxygen minimum zone in Panthalassa but no deep basinal anoxia. Other studies in S. China
also indicate that the anoxia occurred time-equivalent or slightly prior to the end-Permian
extinction event (Brennecka et al., 2011), and did not last millions of years as suggested by
Isozaki (1997).
Instead of investigating the extent of euxinia in the ocean, Cui et al. (2013) focused on
the paleoclimatic consequences of the addition of three distinctive CO2 sources, including the
release of methane hydrate and thermogenic methane, and the oxidation of organic matter. The
GENIE model simulations were forced by δ13C of atmospheric CO2 based on the Meishan record.
The rate and total amount of carbon being released was calculated and compared with modern
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fossil fuel burning. Their favored scenario, the oxidation of fossil organic matter, shows a
maximum rate of C release six times smaller than the modern fossil fuel burning rate, the total
amount of C much larger and the duration of emission more protracted than those estimated for
the current fossil fuel reservoir. The climatic consequence is that global temperature rises up to 6
o

C globally, similar to that estimated by Joachimski et al. (2012) and Sun et al. (2012). The

atmospheric pCO2 almost triples at the peak of the event from 2800 ppm to about 8000 ppm (Fig.
2-4), while the peak value falls in the range of previous modeling results (e.g. Berner, 2002;
Grard et al., 2005; Rampino and Caldeira, 2005) (also see Table 2-2).

3.5.2 AOGCMs
The fully coupled AOGCM that had been applied in the latest Permian is CCSM3
(Community Climate System Model, Version 3.0; Kiehl and Shields, 2005; Winguth and
Winguth 2012), which includes a 3-D ocean coupled to a 3-D atmosphere, and land and sea-ice
using realistic geography and topography (Table 2-1). Kiehl and Shields (2005) used ideal watermass age, which is an indicator of ocean mixing efficiency, to infer deep ocean oxygenation
because the model did not include oxygen as an explicit tracer. The larger ideal age indicated less
efficient ocean mixing, hence less oxygen. The model simulation suggested low oxygen levels at
depth in the tropical Panthalassic Ocean, which led the authors to conclude that the simulation
was in support of the observed geological data (Wang et al., 1994; Isozaki, 1997). The warm,
less-dense water at high latitudes retarded deep-water formation and in turn reduced the
efficiency of surface oxygen transport to the deep ocean, presumably resulting in widespread
anoxia. The simulated extreme daily temperatures in the dry subtropical regions were consistent
with some studies suggesting warming as a killing mechanism for terrestrial life during the P–T
transition. Their ocean model indicated warmth over the high-latitude Panthalassic Ocean (zonal
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mean sea surface temperature up to 8 oC) and at depth (up to 5 oC at 3 km), indicating a weak
pole-equator temperature gradient in the ocean. Additionally, their simulated ocean circulation
pattern suggested a weak overturning circulation (about 10 Sv) in the latest Permian ocean, and
an extremely stratified Tethys sea.
In order to further test the hypothesis of widespread anoxia due to elevated pCO2 and
nutrient supply, Winguth and Winguth (2012) continued the CCSM study of Kiehl and Shields
(2005) by adding a carbon cycle model to their existing 2700 year simulation. The carbon cycle
model they used tracks seven variables that are transported in the ocean, including PO43-, total
dissolved inorganic iron (Fe), dissolved organic phosphorus and iron, DIC, total alkalinity, and
dissolved O2. They use boundary and initial conditions from Kiehl and Shields (2005) to initiate
and integrate the model for an additional 2,500 years, allowing the tracer distributions to reach
equilibrium. They conducted three series of simulations to investigate the anoxia distribution due
to elevated nutrient or dust input to the ocean and intensification of the biological pump.
Similar to previous studies (Kiehl and Shields 2005; Meyer et al. 2008), at 1× modern
phosphate level, the Panthalassic and Tethys Ocean were well ventilated. However, the pole to
equator sea surface temperature gradient was 5 oC higher than the “weak” gradient scenario
studied by Hotinski et al. (2001), which showed a widespread anoxia in the deep sea. The greater
export productivity induced by nutrient-rich coastal upwelling caused an expansion and
intensification of the OMZ in their model. Similar to Meyer et al. (2008), Winguth and Winguth
(2012) found that as phosphate content increased from 1× to 10× modern levels, higher
productivity induced higher O2 demand at depth and both vertical and horizontal expansion of the
OMZ in their model. Their model included Fe limitation on primary productivity, but their
experiment with 1× modern phosphate level in combination with a high Fe dust supply (10×
modern Fe supply, so no Fe limitation) did not change the O2 distribution significantly relative to
the one without elevated Fe levels, indicating that export production was not severely limited by
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Fe in their 1× PO43- experiment. However, with a more deeply penetrative biological pump in the
10× modern phosphate experiments, widespread anoxic conditions were observed throughout the
central deep Panthalassa (3,800 m depth), all deep Tethys Oceans, and the eastern Boreal Ocean.
Unfortunately, Winguth and Winguth (2012) did not perform the experiment that would have
been most like the 10× PO4 case of Meyer et al. (2008), i.e., 10× Fe and 10× PO43-. Winguth and
Winguth (2012) concluded that the end-Permian ocean was better represented by the experiments
with modern or a small increase in phosphate level, with the elevated nutrient delivery that caused
anoxic conditions confined to the Early Triassic due to strong weathering in response to terrestrial
ecosystem destruction. Because of this, they suggested anoxia was not widespread enough to
have caused the end-Permian mass extinction event.

4. Climatic impact from the Siberian Traps
Investigation of the link between Siberian Traps volcanism and the end-Permian mass
extinction event has been a topic of debate for the last 20 years (e.g. Campbell et al., 1992; Basu
et al., 1995; Renne et al., 1995; Bowring et al. 1998; Mundil et al., 2004; Saunders and Reichow,
2009). The Siberian Traps large igneous province (LIP) (ca. 252 Ma) contains perhaps the largest
eruption of continental basaltic magma known on Earth (Reichow et al., 2002; Reichow et al.,
2009), with its volume being estimated between 2 to 5 × 106 km3 (Renne and Basu, 1991). The
Siberian LIPs intruded into and erupted onto the thick sedimentary sequences of the Tunguska
basin, including Cambrian evaporites with 1 to 2 km of anhydrites, halite and dolostone, and
Ordovician to Permian marls, limestones, sandstones and coal, which contained abundant carbon
(C), sulfur (S), fluorine (F) and chlorine (Cl). Geochronological evidence suggested that Siberian
Trap eruptions and mass extinction were synchronous (Reichow et al., 2009).
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Less attention has been paid in numerical modeling studies to the potential short-term
climatic consequences from the eruption of the Siberian Traps, including a decadal-scale cooling
induced by sulfate aerosol particles produced from the SO2 emissions and a long-term warming
due to the large amount of volcanic CO2 emissions (Renne et al., 1995). The amount of released
volcanic sulfur, halogens, and magmatic waters has been difficult to measure and is highly
dependent on the compositions of magma. Measurement of sulfur emission on melt inclusions
from the Siberian Traps indicates that the total S degassing was approximately ~6300 to 7800 Gt
S (Black et al., 2012). The 1783-1784 Iceland Laki volcanic eruption, caused a temperature
decrease of about 1 oC in the northern hemisphere overall and killed livestock and crops, are
possibly due to the effect of acid rain formed through reactions between atmospheric water and
sulfur-rich gases (Thordarson and Self, 2003). The estimated emitted SO2 from this relatively
small-scale flood lava eruption is ~120 megatons (Mt) (1 Mt = 106 t), about four orders of
magnitude smaller than that estimated from the Siberian Traps, and an order of magnitude smaller
than the proposed S release during the Deccan Traps event (Sigurdsson et al., 1992). Both
theoretical and observational data confirm the cooling effect from sulfuric acid aerosols: such
aerosols reduce the direct sun light reaching Earth’s surface, via scattering, altering the energy
balance between incoming solar radiation and the outgoing infrared radiation for periods up to
several years (Sigurdsson et al., 1992; Self, 2005).
Any cooling on the short term would ultimately have been followed by warming driven
by volcanic CO2 degassing. The total CO2 released from volcanic degassing, and the extent to
which metamorphic reactions driven by dike and sill penetration of organic-rich sedimentary
layers released additional CO2, are key uncertainties in constraining the global atmospheric CO2
(and temperature) rise. There may also have been a catastrophic biogenic methane clathrate or
permafrost methane release triggered by the initial warming from Siberian Traps through climate
feedbacks, thus intensifying the global warming effect (Krull and Retallack, 2000; Retallack and
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Jahren, 2008). It has been a challenge to estimate the total amount of CO2 release due to a number
of factors, including the uncertainty in the original volume of the Siberian Traps volcanism
(Saunders and Reichow, 2009), contributions from various carbon sources (e.g., metamorphism
of dolomite and organic carbon), and the uncertainty in gas generation potentials (Svensen et al.,
2009). The CO2 production potential from contact metamorphism of sediments during the
Siberian Traps eruption in the Tunguska Basin during pipe formation and the sill emplacement
has been estimated (Svensen et al., 2009). Assuming the volume of Siberian Traps volcanism is
1×106 km3 distributed across an area of 2.3×106 km2 (Reichow et al., 2002) with a degassing rate
of ~0.2 Gt C yr-1 (McCartney et al., 1990; Self et al., 2005), Svensen et al. (2009) estimated basin
scale C production potential reaches as high as >30,000 Gt C (corresponding to >100,000 Gt
CO2) from a combination of some volcanic degassing but a significant amount of contact
metamorphism of coal (see Table 2-3 for a summary of the Siberian Traps volcanism).
One can perform a simple mass balance calculation to derive the total amount of carbon
release from various sources needed to replicate a -3‰ carbon isotope excursion in the oceanatmosphere system. Allowing the duration of carbon release to vary from instantaneous (0 kyr), to
20 kyr and 100 kyr, one finds that more carbon is needed to produce the same amount of CIE as
the duration of carbon release is prolonged (Fig. 2-5 and Table 2-4). There are also uncertainties
in the initial total carbon inventory in the ocean-atmosphere system, which one can address by
assuming a range of initial DIC conditions (in our case, 38,000 and 53,000 Gt C). One also finds
that the calculated total amount of C needed to generate a -6‰ CIE is a bit less than twice as
large than the amount needed to create a -3‰ CIE (Table 2-4). Assuming that the ocean remains
near saturation with respect to calcite, the equilibrium equation for the saturation state between
calcite and atmospheric CO2 (Broecker and Peng, 1982; Kump and Arthur, 1999) can be used to
estimate the air-sea partitioning of added CO2, assuming no change in the Ca concentration of
seawater:
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K

[Ca2+] × [HCO3 ]2
pCO2

(8)

and the amount of CO2 remaining in the atmosphere can be determined from the
following equation:

(

[HCO3 ]t
[HCO3 ]0

)

[pCO2]t
[pCO2]0

(9)

Assuming the initial ocean DIC reservoir is 38,000 Gt C and the initial atmospheric pCO2
is 10×PAL, the total C being added is 30,000 Gt C, solving for equation (9) gives
[pCO2]t/[pCO2]0 ≈ 3, equivalent to ~1.6 doublings of pCO2. The calculation provided above is an
extreme simplification of the complex climate system that involves a number of feedbacks and
other climatic factors, but it does indicate that the magnitude of the CO2 addition is in the range
of what would be needed to drive the observed warming, within large uncertainties. This pCO2
increase from this simple mass balance calculation is also consistent with the results from a more
sophisticated model (Table 2-2). If we adopt the suggested 8-9 oC warming for this time period
from the oxygen isotope paleothermometer, the temperature rise would be consistent with a
climate sensitivity of 5-6 oC per doubling of pCO2 (Table 2-2). The implied climate sensitivity
should be used with caution because of the following reasons. Firstly, the available Permian–
Triassic paleotemperature proxy data come from limited geographic coverage and thus do not
provide an accurate representation of global-mean surface warming. Secondly, the inferred pCO2
increases throughout the extinction event are mostly based on C isotope inversion, lacking
independent proxy data at similar resolution.
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5. Conclusions and Future challenges

5.1. Concluding points
1. In summary, from our review of the temperature and pCO2 proxies that are applicable
to the pre-Mesozoic sedimentary records, we conclude that Late Permian ocean temperature in
the tropics could have been as high as 35 oC based on multiple temperature proxy studies, and the
temperature could have risen up to 5-9 oC across the P–T transition. We also find that
atmospheric pCO2 prior to the end-Permian extinction event could have been as high as 4000
ppm and pCO2 might have risen up to >8000 ppm during the event. We find that the temperature
anomaly during the end-Permian extinction is consistent with ~1.5 doublings of atmospheric
pCO2, and that the implied climate sensitivity is 5-6 oC, within the upper range of values
produced by climate models.
2. From an analysis of the climate modeling studies conducted to date, we conclude that
release of 13C-depleted carbon associated with Siberian Traps volcanism is the most plausible
explanation of the observed ~4‰ carbon isotope excursion in marine carbonates and the most
likely trigger for the mass extinction. Warming was a likely consequence of this CO2 and CH4
release, and this, together with eutrophication induced by enhanced weathering input of
phosphate from land, likely led to the spread of anoxia and euxinia into shelf waters, at least
episodically, during and after the extinction event.
3. It appears that the huge uncertainties concerning boundary conditions, including
paleogeography, paleobathymetry, vegetation, and other weaknesses including low model
resolution do not significantly impact the fundamental conclusions from climate and ocean
modeling concerning global warming during the event and the subsequent establishment of
widespread anoxia. However, these conclusions are strongly dependent on estimates of
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greenhouse gas release and buildup in the atmosphere, as well as the response of the global P
cycle to the resulting global warming event, both in magnitude of P delivery and accumulation in
the ocean, and duration.

5.2. Future challenges
1. Improving age control will be essential in establishing the duration and relative timing
of events, helping us to test the hypotheses of climate warming as a killing mechanism during the
end-Permian mass extinction event.
2. More realistic boundary conditions for the ocean and atmosphere are needed to
establish a more realistic end-Permian Earth system model that we can use for detailed modeldata analysis.
3. Coupled ocean-atmosphere GCMs with biogeochemistry are clearly the best tool to
facilitate model-data comparison, as demonstrated by the work of Winguth et al. (2002) and
Winguth and Winguth (2012).
4. EMICs capable of performing complete, open system, time-continuous simulations of
geological events such as the Permian–Triassic transition (ca. 1 million year time scale) are
needed to fully understand the evolution of ocean and atmospheric chemistry and climate change.
Current models have various shortcomings (e.g., GENIE does not presently simulate organic
carbon burial and oxidative weathering) that need to be overcome to achieve this objective.
5. Geochemical data collection should be geared more toward establishing regional
patterns of ocean chemistry, especially redox conditions but also pH and nutrient availability,
rather than with the goal of establishing some sort of average global curve. The geochemical and
isotopic evolution of any location on the surface of the Earth is a result of local and global
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change, and deconvolving those two drivers is critical to a full understanding of the evolution of
the biosphere during critical events in Earth history.
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Table 2-1: Overview of the modeling boundary conditions and key results.

I. Thermal mode
II. Haline mode

Scenario 1: Prescribed T. and fresh
water flux from Kutbach and
Gallimore, 1989,e at 5× PAL and 1%
reduction in solar luminosity

10 × PAL

I. 1× to 10× [PO4]
II. add metabolic effect of sulfur
phototrophs to the surface ocean

CO2: 3550 ppmv (10 × PAL); CH4:
0.7 ppmv, N2O: 0.275 ppmv

Scenario 1: 1 × to 10 × [PO4]
12×PAL pCO2 and wind stress fields
from Kiehl and Shields 2005; 0.2095
atm O2;
Scenario 2: Same as Scenario 1
except adding metabolic effect of
sulfur phototrophs to the surface
ocean

I.1×, 2×, 4× and 8×PAL
II. Fresh water input from
Southern polar
III. CO2 increases to
18×PAL

II. low T gradient

Scenario 2: T. from PaleoceneEocene simulations in Bice et al.
2000

Freshwater fluxes, momentum
fluxes
from Gibbs et al. (2002) and heat
fluxes by EBM

I. High T gradient;

Scenario 1: prescribed zonal mean
forcing from Rees et al. 1999;

20-25

10

~ 60

20 (S.H.), 15
(N.H.)

>80 (S.H.), 15
(N.H.);

20 (S.H.), 15
(N.H.)

>80 (S.H.), 15
(N.H.);

Table 2-1 (continued). Overview of the modeling boundary conditions and key results.
.
Meridional
Surfae forcings
overturning
Experiments
circulation (Sv.)
I. Prescribed surface forcing
II. Same as 1, but with increased
The Pangea climate simulation
salinity
N/A
from Kutbach and Gallimore, 1989
III and IV. Same as I but two
different shapes for Tethys basin

N/A

N/A

1.5 to 2.4

1.8;
0.4

Kiehl and Shields,
2005

Winguth et al.,
2005

Zhang et al.,
2001

Hotinski et al.,
2001

Kutzbach and
Guetter, 1990

Reference

At > 3×[PO4]
nutrient level,
surface H2S
Meyer et al., 2008
builds up at
strong upwelling
region

Large-scale
anoxia/euxinia

No large scale
anoxia

No large scale
anoxia

Large scale
anoxia

N/A

From Kutbach
and Gallimore,
1989

N/A

Anoxia

Maximum
Poleward heat
transport (PW)
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35

33.9
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Rowley; flat
bottom ocean
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and Shields
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CCSM3

GENIE-1

1339

1338

o

36 ×36 equal area
grid, 8 vertical
level

o

3.75 × 3.75
horizontal, 25
vertical level

10, 000

2700
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Meyer et al., 2008

Kiehl and Shields,
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(Kutzbach et al.,
1990)(Kutzbach et
al.,
1990)(Kutzbach et
al.,
1990)(Kutzbach et
al.,
1990)(Kutzbach et
al.,
Table 2-1 (continued). Overview of the modeling boundary conditions and key results.
1990)(Kutzbach et
al.,
.
Paleogeography
Solar
1990)(Kutzbach
et
Run length
Model type
&Paleobathym
Luminosity
Resolution
pCO2 (ppmv)
Reference
Salintiy
al.,
(years)
etry
(Wm-2)
1990)(Kutzbach et
al.,
Idealized
1990)(Kutzbach
et
8-level
o
o
400 for exp. I, 250
Pangaean ocean;
11 × 11
al.,
dynamical ocean
34.6
1% reduced
for exp. II, III, and
5× PAL
Dmax = 4km,
horizontal
1990)(Kutzbach et
IV.
model
al.,
Dmin = 0.5km
1990)(Kutzbach et
Wordian
al.,
MOM linked to
Geography from
1990)(Kutzbach et
o
o
biogeochemical
4 × 4 horizontal,
Hotinski et al.,
Rees et al. 1999;
al.,
N/A
1336
2700
2760
model with O
5.15 km depth
16 vertical level
2001
1990)(Kutzbach
et
flat ocean
and P cycle
al.,
bottom
1990)(Kutzbach et
3D
o
o
2.8 × 2.8
al.,et al.,
Biogeochemical
From D. B.
Zhang
34.6
N/A
horizontal, 15
N/A
5 × PAL
1990)(Kutzbach et
model + 3-box
Rowley
2001
al.,
model of O and
vertical level
1990)(Kutzbach et
P cycle
o
o
al.,
Wordian
3.5 × 3.5
LSG/EBM+HA
1336 (2.1%
1×, 2×, 4 × and 8× 1990)(Kutzbach
Winguth et al., et
Geography from
35?
horizontal, 11
2000
al., 1990)Kutzbach
MOCC3
reduced/1365)
PAL
2005
Rees et al. 1999?
vertical level
et al., 1990
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CO2: 3550 ppmv (10 × PAL); CH4:
0.7 ppmv, N2O: 0.275 ppmv

Forced with present-day zonal mean
atmospheric temperature and
moisture, zonal means for ocean
temperature and salinity and a
vegetation free surface

I. 2×[PO4]
II. 4×[PO4]
III. 10×[PO4]

I. pCO2 = 300 ppm;
II. pCO2 = 3000 ppm;
III. pCO2 = 4500 ppm;
IV. open and close ocean
gateway between Angara and
RuroAmerica;
V. flat ocean botton, arbitrary
meridional ridge, and best guess
estimate of realistic ridge
distribution

10

15 to 30

Table 2-1 (continued). Overview of the modeling boundary conditions and key results.
.
Meridional
Surfae forcings
overturning
Experiments
circulation (Sv.)

N/A

N/A

Maximum
Poleward heat
transport (PW)

Large-scale
anoxia/euxinia

No large-scale
anoxia

Anoxia

Winguth and
Winguth, 2012

Montenegro et al.,
2011

Reference

65

Present day

35

Same as K&S
2005

From D. B.
Rowley; flat
bottom ocean
bathymetry

UVic ESCM and
a terrestrial
carbon model

CCSM3 linked
to a carbon cycle
model
1338

Present day

o

o

o

3.75 × 3.75
horizontal, 25
vertical level

1.8 × 3.6
horizontal, 15
vertical level

o

Table 2-1 (continued). Overview of the modeling boundary conditions and key results.
.
Paleogeography
Solar
Model type
&Paleobathym
Luminosity
Resolution
Salintiy
etry
(Wm-2)

Reference

Winguth and
Winguth, 2012

300, 3000 and Mongenegro et al.,
4500
2011

pCO2 (ppmv)

2,500 additional
years using K&S
12.7× PAL (3550)
2005 boundary
conditions

8,000 to 12,000
years

Run length
(years)
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Table 2-2: Comparison of sea surface temperature estimates based on proxy and pCO2 based on
modeling across the Permian–Triassic boundary. The inferred climate sensitivity is also shown.
T (oC)
preextinction

T (oC)
peakextinction

ΔT

Site

Reference

Proxy
method

Meishan,
South
China

Joachimski et
al., 2012

δ18OHindeodus

~25

~33

8

Joachimski et
al., 2012

δ18OClarkina

23 to 27

29 to 30

5

Joachimski et
al., 2012

δ18OHindeodus

-

32 to 35

-

Joachimski et
al., 2012
Brand et al.,
2012

δ18OClarkina

23 to 24

32

8 to 9

Δ47

30

38

8

Model
method

pCO2
(ppm)
preextinction

pCO2
(ppm)
peakextinction

ΔpCO2

Climate
sensitivity
given 8
o
C
warming

~1000

700

4.6

2500

1650

5.1

9380

6300

5.0

up to 4000

2500

5.7

8300

5500

5.1

Shangsi,
South
China

Italy

Amount of
doubling
pCO2

Reference

Berner et al.,
Box model
300
2002
Rampino et al.,
1.56
850
2005
Box model
Grard et al.,
1.61
Box model
3080
2005
Payne et al.,
1.4
Box model
1500
2007
1.57
Cui et al., 2013
GENIE
2800
*amount of doubling is calculated from log2(pCO2/pCO2,0)
1.74
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Table 2-3: Summary of Siberian Traps volcanism and its environmental consequences.
Parameter
Area

Value
2.5 to 5 × 106 km2

Reference
Reichow et al., 2009

Volume

>2 × 106 km3 to >4 × 106 km3,
but only 4 × 105 km3
currently remain

Courtillot et al., 1999;
Wignall, 2001

CO2 release from Siberian
Traps

1.6 × 1018 mol CO2

Svensen et al., 2009

Age of initial Siberian
Traps eruption

251.2±3.4 Ma (238U-206Pb),
250±1.6 Ma (40Ar/39Ar),
252.0±0.4 Ma (238U-206Pb),
253.3±2.6 Ma (40Ar/39Ar)

Basu et al.m 1995; Renne et
al., 1995; Kamo et al., 1996;
Reichow et al., 2009;
Svensen et al., 2009

Age of main phase Siberian
Traps eruption

251.7 Ma (238U-206Pb) from
the lowermost lava unit

Kamo et al., 2003

Duration of eruptions

<2 million years

Reichow et al., 2009

Age of mass extinction

252.28 ± 0.08 Ma (238U-206Pb)

Shen et al., 2011

CO2 consumption due to
weathering of the Siberian
Traps

0.053 × 1012 mol yr-1

Grard et al., 2005

Volatiles release

Approximately 6300-7800 Gt
S, 3400-8700 Gt Cl, and
7,100-13,600 Gt F

Black et al., 2012

Temperature rise

6 to 8 oC

Brand et al., 2012;
Joachimski et al., 2012
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Chapter 3

Initial assessment on the carbon emission rate and climatic consequences
during the end-Permian mass extinction

Abstract
Numerous lines of geochemical and stable isotopic evidence indicate that the endPermian mass extinction was accompanied by abrupt climate change induced by CO2 addition.
Catastrophic end-Permian Siberian volcanism may have released a large amount of CO2 into the
atmosphere and pushed the Earth’s system beyond a critical threshold, causing the mass
extinction. However, the injection rate, total amount and source of CO2 are largely unknown. We
conducted a suite of simulations using the recently published carbon isotope records and U-Pb
ages from Meishan section in Zhejiang province, China. An Earth System Model of Intermediate
Complexity (cGENIE; http://www.genie.ac.uk) was used to extract the pattern of CO2 release
needed to replicate the observed carbon isotope excursion across the Permian–Triassic boundary.
This analysis leads us to suggest that the source of CO2 must have been significantly heavier than
typical biogenic or thermogenic methane to explain the significant warming that occurred during
and after the extinction event. Nevertheless, as with the Paleocene-Eocene Thermal Maximum,
end-Permian rates of CO2 addition were likely small compared with modern fossil-fuel burning,
but considerably more protracted, such that the likely total CO2 emitted significantly exceeded the
modern fossil-fuel reserves. Peak emission rates corresponded to the onset of the maximum
extinction interval, consistent with carbon cycle disruption, including volcanogenic CO2-induced
warming (and perhaps ocean acidification) as a trigger for the end-Permian mass extinction.

70
Keywords: end-Permian mass extinction, carbon release, CO2, cGENIE

1. Introduction
The end-Permian mass extinction has been proposed as an important ancient analogue for
the 21st century due to the apparent rapid warming and possible ocean acidification caused by
greenhouse gases emissions (Payne and Clapham, 2012). Just as increased anthropogenic
atmospheric carbon dioxide (CO2) today is projected to decrease net accumulation of calcium
carbonate (CaCO3) produced by corals and other calcifying organisms (Kerr, 2010), selective
extinction of heavily calcified marine organisms has been reported for the end-Permian event, a
likely consequence of rapidly increased atmospheric CO2 and decreased surface saturation state
(Clapham and Payne, 2011). Another feature that the end-Permian extinction event shares with
the modern is a negative carbon isotope excursion (CIE) observed globally in both carbonate and
organic matter (3-6‰ for the absolute magnitude varies among geologic sections; see Korte and
Kozur 2010 for a review). This CIE has been interpreted as a consequence of rapid addition of a
large amount of 13C-depleted carbon into the ocean/atmosphere system (reviewed in Erwin,
2006). The 13C-depleted carbon could have come from biogenic methane sequestered in methane
hydrates on the seafloor (δ13C ≈ -60‰; see Erwin, 1993 and Berner, 2002), thermogenic methane
associated with the intrusion of the Siberian Trap (δ13C ≈ -40‰; see Svensen et al., 2009;
Retallack and Jahren, 2008), rapid oxidative weathering or burning of organic matter in the form
of coal or peat burning (δ13C ≈ -23 ~ -27‰; see Scholle and Arthur, 1980; Ivany and Salawitch,
1993; Faure et al., 1995; Finkelstein et al., 2006; Shen et al., 2011), or mantle degassing of CO2
from the Siberian Traps (δ13C ≈ -6 ~ -12‰; Svensen et al., 2009; Sobolev et al., 2011). Recent
evidence of coal ash in the Sverdrup basin in Canada (Grasby et al., 2011), and the discovery of
fire biomarker polycyclic aromatic hydrocarbons (PAHs) in the Permian–Triassic (P–T) sections
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indicate that wildfire was prevalent on land during the P–T boundary (Shen et al., 2011). The
release of thermogenic methane was the expected consequence of igneous intrusion of coal
(reactive organic matter or petroleum) in the Siberian Traps (Aarnes et al., 2011; Retallack and
Jahren, 2008). However, quantitative analysis of the coal area and the methane generation
potential suggests that the total amount of thermogenic methane alone may not be sufficient to
have caused the CIE observed globally (Svensen et al., 2009).
Previous Earth-system modeling of the PTB has been focused on whether CO2-induced
global warming would cause anoxia in the Permian ocean (Kiehl and Shields, 2005; Meyer et al.,
2008; Winguth and Winguth, 2012) and whether ocean acidification accompanied the event
(Montenegro et al., 2011). These studies have demonstrated quantitatively that Late Permian
warming, together with elevated nutrient conditions resulting from enhanced continental
weathering and/or anoxia, could facilitate the development of low oxygen conditions in a vast
region of the ocean, and that a rapid increase in atmospheric pCO2 would reduce the surfaceocean saturation state and cause pH to decrease. However, these studies did not explicitly deal
with the carbon isotope exchanges between sedimentary, ocean and atmospheric carbon
reservoirs, and thus could not directly evaluate the feasibility of proposed carbon sources. In
addition, the lack of atmospheric pCO2 proxy data and the limited paleotemperature
reconstruction makes modeling and comparing observed data with the Late Permian modeling
results challenging.
Here we use an Earth system model of intermediate complexity (EMIC) in a novel way to
estimate carbon emission rates during the end-Permian event for the various proposed sources of
13

C-depleted carbon, an approach we recently used to perform the same sort of evaluation for the

Paleocene-Eocene Thermal Maximum (PETM; Cui et al., 2011). We begin by describing the
model configuration including presumed boundary and initial conditions. We then use a
smoothed version of the carbon isotope curve from Meishan, China, calibrated to the available
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geochronological constraints, to force the model, leading to estimates of rates and cumulative
quantities of fossil carbon released for a range of source isotopic compositions, and an assessment
of the associated consequences for climate and ocean-chemical changes. Finally, we compare our
modeling results with geological data and provide our best estimate of the most likely source of
the 13C-depleted carbon.

2. Model description and experiments
An Earth system model of intermediate complexity (cGENIE: carbon cycle centric
version of Grid ENabled Integrated Earth system model) was used to constrain the rate and
cumulative amount of carbon release necessary to generate both the magnitude and the shape of
the observed end-Permian isotopic record and shallow-water reef response. GENIE is a fairly
coarse resolution, frictional-geostrophic ocean model with a 32×32 equal area grid and 16 ocean
layers, coupled to a 2-D energy and moisture balance model of the atmosphere and a dynamicthermodynamic sea-ice model (Ridgwell, 2007). In contrast to a simple box modeling of the endPermian like that of Berner (2002) and Payne and Kump (2007), GENIE determines the ocean
circulation for specified boundary conditions and determines the transport and reaction rates for
the carbon and nutrient cycles while tracking their isotopic compositions (Ridgwell and
Hargreaves, 2007). As an Earth system model, cGENIE is especially useful in investigating longtimescale climatic responses to CO2 forcing because it includes all the necessary components and
processes, while high computational efficiency is achieved through the application of simplified
physics, low-resolution and efficient numerics (Marsh et al., 2011).
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2.1 Shallow-water CaCO3 deposition
In the absence of a significant plankton-derived deep-sea carbonate sink, the global burial
of CaCO3 is likely to have been dominated by shallow water depositional environments
(Ridgwell, 2005). Of particular relevance to this study is the addition of shallow water production
and burial of biogenic carbonate and exclusion of pelagic carbonate production and burial, meant
to reflect the pre-Mesozoic “Neritic” sea conditions prior to the advent of planktonic calcification
(Sobolev et al., 2011; Zeebe and Westbroek, 2003). The burial of shallow water CaCO3 is
primarily a function of the production by benthic calcifiers, and is configured by specifying
particular shallow water grid cells as reefs. In contrast to the deep-sea pelagic CaCO3 sink, which
is mechanically simulated through the balance between preservation and input of Corg, the shallow
water CaCO3 sink in cGENIE is heavily parameterized and is treated as a function relating
deposition of CaCO3 at each designated reefal grid point. A scaling factor is provided to scale the
CaCO3 burial flux to achieve some desired global value and balances the global weathering rate
(Burton and Walter, 1987; Opdyke and Wilkinson, 1993). The value of this scaling factor is not
known a priori; its value also depends on the ambient saturation state. Hence, from the outset, the
carbonate saturation properties of the ocean surface must be assumed and set. For the modern
ocean, this arises naturally from a system initialized with observed concentrations of alkalinity
(ALK), dissolved inorganic carbon (DIC), [Ca2+], atmospheric pCO2 and the large-scale
productivity of the ocean and recycling in the interior ocean. However, during the Late Permian
in the absence of an effective deep-sea pelagic CaCO3 buffer, ALK and DIC are not known, and
the ocean saturation state prior to the mass extinction event is especially difficult to constrain. In
this study, we chose to use a lower estimate of the ocean saturation state of 2.5 based on other
Paleozoic ocean saturation reconstructions (Ridgwell, 2005; Riding and Liang, 2005). Future
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work will consider higher initial saturation states in an analysis of the likelihood that ocean
acidification accompanied the end-Permian mass extinction.

2.2 Spin up the full marine carbon cycle including sediments
The Rock Geochemical Model (RokGeM) in GENIE was used for terrestrial rock
weathering as described in Colbourn (2011). The RokGeM is a weathering module that includes
C, Ca2+, and ALK cycling with climate feedbacks. The long term (~105 yr) geological processes
involve the weathering of both carbonate and silicate rocks. Fluxes of Ca2+ from carbonate and
silicate weathering are prescribed in the model as global average divided evenly over the land
surface based on lithological data, temperature and runoff calculated from a climate model during
the past 250 million years (Gibbs et al., 1999). These fluxes are modulated by simple temperature
and runoff feedbacks, and are then used to calculate DIC and ALK fluxes following Colbourn
(2011). A “short-circuiting” is used in RokGeM based on the assumption that the atmosphere and
surface ocean are well mixed on the long-term time scale we considered here. This means that for
every two moles of bicarbonate being added into the ocean during carbonate weathering, one
mole of CO2 is taken from the atmosphere, leaving a net addition of one mole of bicarbonate to
the ocean and nothing taken from the atmosphere (equation 1). The same “short-circuiting”
choice for silicate weathering results in no net addition of DIC to the ocean (equation 2) but the
production of two moles (equivalents) of alkalinity (equation 2).
CO2 (aq) + H2O (l) + CaCO3 (s) à Ca2+ (aq) + 2HCO3- (aq)

(1)

2CO2 (aq) + H2O (l) + CaSiO3 (s) à Ca2+ (aq) + 2HCO3- (aq) + SiO2 (aq)

(2)

The fluxes of DIC and ALK using the “short-circuiting” then follow the equations below:
FDIC = FCaCO3 + Foutgassing

(3)

FALK = 2FCaCO3 + 2FCaSiO3

(4)
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Foutgassing is a prescribed carbon input from volcanic outgassing that balances the
prescribed flux from silicate weathering, which is the ultimate mechanism of volcanic carbon
removal to the geologic reservoir (presuming a balanced organic carbon cycle of weathering and
deposition), to keep the system in long-term balance. (Note that Foutgassing equals FCaSiO3 to ensure
the balance.)
The weathering rates of carbonate and silicate minerals are dependent on temperature,
which controls the rate of chemical reactions involved. Temperature-dependent weathering of
both silicate and carbonate rocks is simulated following the equations described in Berner (1994)
and Brady (1991), such that:
FCaCO3 = FCaCO3,0 × (1 + KCa (T – T0))

(5)

FCaSiO3 = FCaSiO3,0 × e(KT (T – T0))

(6)

where T is temperature, T0 stands for the initial temperature, KCa is a constant at 0.049,
and KT is 0.09 following Brady (1991).
Several of the model parameters are used here to give the best fit to the Late Permian
observations and consistent with published estimates of seawater chemistry (Table 3-1). These
include the global average concentrations of Ca2+ and Mg2+ (13 and 42 mmol kg-1, respectively)
similar to that estimated from fluid inclusion in marine halite for the Upper Permian (Horita et al.,
2002; Lowenstein et al., 2001), the Late Permian paleobathymetry and continental configuration
as in Kiehl and Shields (2005) (Fig. 3-1), and a solar constant reduced 2.1% relative to modern
(1339.3 W m-2 vs. 1361 W m-2) (Caldeira and Kasting, 1992). We assumed a steady-state, preperturbation weathering flux of DIC to the ocean of 17 Tmol C yr-1 from carbonate rocks and 11
Tmol C yr-1 from silicate rocks (Gibbs et al., 1999). We selected a Late Permian atmospheric
pCO2 initial condition of 10× the preindustrial atmospheric level (PAL ≈ 280 µatm), which gives
a surface ocean temperature (21 ºC) close to the conodont-derived temperature (Joachimski et al.,
2012) and well within the rather large range of estimates of 300 to >3000 µatm of Late Permian
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atmospheric pCO2 based on modeling and many proxy studies (Berner, 1994; Payne et al., 2010;
Retallack, 2001; Royer, 2006; Sobolev et al., 2011). To initiate the simulations, the model was
first spun up for 150,000 years as an open system, with both carbonate and silicate weathering
input and sediment output, and forced to equilibrate with an atmospheric pCO2 of 2800 µatm and
δ13C of -5.7‰.

2.3 Carbon isotope inversion
This experiment was designed to invert an atmospheric δ13C record, i.e. diagnose the
time-history of input and removal of isotopically depleted carbon required for model atmospheric
δ13C to match the specified restoring forcing. The atmospheric δ13C record cannot be directly
measured in the deep geological past, and the common method to estimate the atmospheric δ13C
is based on the measurement of δ13C in marine carbonate. This conversion requires an assumption
of constant carbon isotope fractionation between the atmosphere and the ocean. We chose to use
the carbon isotope records from Meishan recently published by Shen et al. (2011) because it is the
only published carbon isotope record during the Permian–Triassic transition with a wellcalibrated absolute age (Fig. 3-2). In our model, the atmosphere is the only isotopically
homogenous reservoir and so the inversion was performed for the atmosphere. The carbon
isotope record from Meishan, representative of surface ocean water, was offset by -9.3‰ to
represent the contemporaneous atmospheric δ13C (Fig. 3-3), and smoothed using a localized
regression (loess) fit and cross validation (using “smooth” and “cvpartition” function in
MATLAB®) to capture only the first-order (presumably more likely global) features of the
isotope record.
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Three experiments were performed with contrasting isotopic compositions for the CO2
source: biogenic CH4 (δ13C = -60‰), thermogenic CH4 (δ13C = -40‰) and organic matter (δ13C =
-25‰). Isotopically heavier volcanogenic sources could not be simulated because of numerical
instabilities in the inversion routine. We addressed this issue by applying a simple oceanatmosphere box model (after Kump and Arthur, 1999, and Kurtz et al., 2003) to derive the carbon
flux using initial conditions identical to those used in cGENIE but with many simplifications,
including constant weathering rates, consideration only of the combined ocean and atmosphere
carbon reservoirs, constant carbon contents of the ocean-atmosphere reservoir. Under the
condition of CO2 addition (Fe), the amount of inorganic carbon in the ocean/atmosphere reservoir
changes as a result of imbalance between the inputs of carbon from weathering and
metamorphism/volcanism (Fw′), and outputs of carbon from burial of organic matter (Fb,org) and
carbonates (Fb,carb). The time-dependent equation for the flux of extra carbon to the
ocean/atmosphere system is calculated using the following equation:

M0 •
Fe =

dδ 0
- Fw'(δ w' - δ 0) - Fb,orgδ org
dt
δe - δ 0

(7)

The parameters in equation 7 are set to be the same as those in cGENIE, e.g. the ocean
carbon reservoir size M0 (DIC+atmosphere) is 4.93×1018 mol; weathering flux Fw’ is 34.3×1012
mol/yr; organic carbon burial flux is balanced by organic carbon weathering flux, and thus Fb,org =
0; the average weathering flux has an isotopic composition δw' = 3.1‰ (reflecting the fact that it
only represents the input from carbonate weathering; see Table 3-1); the carbon isotopic
composition of the extra carbon δe is identical to that of the cGENIE simulations and -9‰ for the
volcanic CO2 simulation (according to Sobolev et al., 2011).
The cGENIE simulations and the box-modeling calculation were forced by the
atmospheric CO2 and ocean DIC δ13C estimates based on the Meishan isotope record (Shen et al.,

78
2011) (Fig. 3-3). All the simulations were initiated from an open system steady state. The interval
we simulated was from 60 kyr prior to the onset of the extinction interval as defined by Shen et
al. (2011), to about 60 kyr after the onset (where δ13Ccarb starts to recover). Each simulation was of
~120 kyr duration and took about a month of CPU time on the University of Bristol IWAN
cluster.

3. Model results

3.1 Rate and total amount of C release in the atmosphere
For all three simulations, the model predicts that carbon was emitted in three major
pulses, a small one before the extinction interval, a large one at the onset of the event, and a
another small one during the extinction interval, punctuated by a period of negative carbon
emission (i.e., extraction of low δ13C organic matter or methane) after the large addition. The
peak rate of C addition during the CIE and extinction interval onset is 0.4 gigatons (Gt; 1 Gt = 109
t = 1015 g) C yr-1 for biogenic CH4, 0.7 Gt C yr-1 for thermogenic CH4 and 1.5 Gt C yr-1 for
organic matter (OM) (Fig. 3-4a). The total amount of carbon added to drive the isotope excursion
to its minimum ranges from 7,000 (biogenic CH4) to 22,400 Gt C (OM) (Fig. 3-4b). The
cumulative amount added then drops as the extraction of 13C-depleted material proceeds during
the early recovery phase of the CIE. In all our simulations, the peak carbon injection rates were
similar to that during the PETM (Cui et al., 2011; Panchuk et al., 2008; Zeebe et al., 2009) but
significantly less than modern fossil-fuel burning rates of (9 Gt C yr-1 from (Le Quéré et al.,
2009).
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3.2 Changes in atmospheric pCO2 and sea surface temperature
In our simulations, the trajectory of atmospheric pCO2 is quite sensitive to the C source
type. Peak pCO2 is reached in the early stages of mass extinction interval (Fig. 3-5a). In detail,
atmospheric pCO2 increases from 2800 ppm to 4300 ppm (biogenic CH4 scenario), to 5400 ppm
(thermogenic CH4 scenario) and to 8300 ppm (OM scenario) during the main phase of the
extinction event (Fig. 3-5a). At the end of the simulation, the atmospheric pCO2 in all three
simulations is drawn down substantially, but is still significantly higher than the initial value. The
corresponding increase in global ocean surface temperature during the peak CIE is ~1.6 oC
(biogenic CH4 scenario), ~2.4 oC (thermogenic CH4 scenario) and ~4.1 oC (OM scenario)
respectively (Fig. 3-5b).

3.3 Surface ocean saturation state responses
In response to the increase in atmospheric pCO2 level, the ocean saturation state with
respect to calcite (Ωcalcite) decreases modestly, from 2.5 to 2.2 (biogenic CH4 scenario), 2.0
(thermogenic CH4 scenario) and 1.6 (OM scenario) respectively (Fig. 3-6a). Correspondingly, the
surface ocean pH decreases from 7.4 to 7.3 (biogenic CH4 scenario), 7.2 (thermogenic CH4
scenario) and 7.0 (OM scenario) respectively (Fig. 3-6b). The ocean saturation state then recovers
quite rapidly, returning to (more or less) the initial saturation state by the end of the simulation
(Fig. 3-6a). It is interesting to note that the ocean saturation state overshoots during the carbon
isotope recovery phase (Fig. 3-6a), a phenomenon also simulated for the PETM and documented
in PETM sediment cores as an interval of unusually high carbonate content in deep-sea sediments
(Cui et al., 2011), although here the overshoot is small.
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4. Discussion

4.1 What was the magnitude of the global CIE?
The CIEs during the Permian–Triassic transition have been well recorded in many marine
and terrestrial sections around the world (see Korte and Kozur, 2010 for a review). However, the
reliable time-dependent CIEs did not become available until the high precision U-Pb
geochronology technique advanced (Bowring et al., 1998; Mundil et al., 2004; Shen et al., 2011) .
We have selected this CIE for model simulations here for the simple reason that it is the only one
published to date with a corresponding detailed geochronology.
An orbital time scale of the Permian–Triassic transition has been estimated using the
gamma ray and density log from Gartnerkofel-1 (GK-1) core in Carnic Alps (Holser et al., 1989;
Magaritz and Holser, 1991; Rampino et al., 2000). The absolute magnitude of the CIE in Meishan
is almost twice as large as that in GK-1 core (-6‰ vs. -3‰), and the shapes of the CIE also differ:
in detail, the δ13C from Meishan reaches its minimum prior to the PTB, whereas in the Gk-1 core
the minimum is not reached until ~50 kyr after the PTB (based on the first occurrence of H.
parvus). Future work will address these inconsistencies in an attempt to derive a more globally
representative isotope chronology for modeling.

4.2 Interpreting the carbon isotope excursion during the P–T transition
The rates of carbon addition in our simulations have an essentially linear dependence on
the estimate of the duration of the onset based on U-Pb geochronology of zircon from volcanic
ash beds in South China (Fig. 3-4; Shen et al., 2011). The estimated duration of CIE onset falls
within ~65 kyr with an error of ±60-120 kyr (2σ). Nevertheless, it is possible that the onset
interval could have been shorter than 65 kyr. For this reason, and because of the smoothing of the
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raw data we performed, our calculated carbon release rate is probably a conservative (low)
estimate. The pulses of carbon addition are dictated by carbon isotope derivatives, where rapid
negative changes in δ13C result in large positive fluxes and rapid positive changes in δ13C result in
large negative fluxes (Fig. 3-3 and 3-4a).
The fundamental driver for the substantial negative flux of carbon during the recovery
phase from a modeling point of view is that the carbon isotope recovery is faster than a simple
relaxation from the perturbation. Thus the model requires an extra removal mechanism for light
carbon from the ocean-atmosphere system, which in this case is modeled as an organic carbon
burial event. It is interesting to speculate that the end-Permian burial event, coincident as it is
with the extinction level at Meishan, might represent enhanced burial of (likely microbial)
biomass during the establishment of intense oceanic anoxia (Hotinski et al., 2001; Knoll et al.,
2007; Meyer and Kump, 2008; Wignall, 2007; Wignall and Twichett, 1996) due to the warmthinduced higher weathering input and higher productivity. We found a similarly rapid isotope
recovery following the onset of the PETM and again interpreted this as an organic carbon burial
event (Cui et al., 2011). Alternatively, perhaps this is a reflection of a stronger weathering
feedback than we have specified, delivering more heavy carbon faster, and we explain this as
follows.
The carbon isotope system naturally recovers (relaxes) from the rapid input of
anomalously low δ13C carbon by a much slower flushing of the ocean by 13C-enriched carbon
from weathering, not the extraction of 13C-depleted carbon. But both constant weathering input
(Fig. 3-7, 1×Fw) and weathering enhanced by the warmer temperatures and wetter climates
created by elevated atmospheric pCO2, as modeled here, are insufficient in the model to drive the
carbon isotope recovery; as a result, our model requires an organic carbon burial event (strictly
speaking, a negative addition of carbon of the specified value). However, if weathering in nature
is a stronger function of CO2 (reflecting the temperature and runoff dependence of weathering via
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the greenhouse effect) than that parameterized in cGENIE, at the end of the simulation, a higher
rate of δ13C recovery could be achieved. We demonstrate this with the box model described above
but with Fc set to zero:
dδo/dt = (Fw’ × (δw − δo))/Mo

(8)

where Mo is the total mass of dissolved inorganic carbon in the ocean/atmosphere at the
end of the period of addition (4.9×1018 mol), Fw is the weathering of both carbonate and silicate
(initial value is 2.8×1013 mol yr-1), δw is the carbon isotopes of weathering input (3.6‰, recalling
that this is only the carbonate-derived C; the organic cycle is presumed balanced), and δ13Co is the
carbon isotopes of the burial carbonate (initial value is 3.6‰). Such simple box-modeling
calculations suggest that the weathering rate needs to increase four to five times faster than the
formulation in cGENIE (Berner, 1994) shortening the response time to ca. 25 kyr to explain the
carbon isotope recovery without invoking an organic carbon burial event (Fig. 3-7). Thus, one
explanation for this “apparent” organic carbon burial event is that there was in fact no organic
carbon burial event at all, but rather that we have underestimated how sensitively the weathering
rate would increase in response to the buildup of atmospheric pCO2.

4.3 Source of 13C-depleted CO2
Others have performed numerical calculations to explain the cause of the end-Permian
CIE. Berner (2002) ascribed the cause of the CIE to a combination of mass extinction, the release
of methane hydrate, change in the location of organic carbon burial and the release of volcanic
CO2, because any single cause was insufficient to generate the large CIE (~8‰) shown in
Meishan (Bowring et al., 1998). Such large excursions from Meishan have not been reproduced
in the subsequent studies (e.g. Shen et al. 2011), thus the conclusion of Berner (2002) warrants
reconsideration. Instead of using the 8‰ CIE in Berner (2002), Grard et al. (2005) used an
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updated δ13C curve from Jin et al. (2000), which shows about 3‰ negative CIE. Grard et al.
(2005) used energy balance / geochemical box modeling, and concluded that Siberian Traps
volcanism and mass mortality was sufficient to explain the excursions and that no methane
hydrate needed to be invoked. This is in contrast to the box modeling study of Rampino and
Caldeira (2005), in which only collapse of the biological pump was required to generate the sharp
3‰ decline in δ13C (note that in all cases, simple decomposition of any reasonable standing
biomass is insufficient to cause a significant CIE; (Bowen and Zachos, 2010). In any event, the
methane hypothesis (either biogenic or thermogenic methane), has been largely disregarded in
these two studies due to the small amount of carbon required, and the insufficient warming
associated with the small increase in atmospheric pCO2. Using calcium isotopes, Payne et al.
(2010) concluded that the observed features of this event, including the deposition of a thick
sequence of microbialite, the preferential extinction of heavily calcified marine animals, the
apparent submarine dissolution, and the magnitude of CIE are most consistent with an ocean
acidification scenario. They explain that the 3.6‰ CIE is associated with a significant
contribution of CO2 released from mantle- or carbonate-derived carbon. By comparing the results
from our three scenarios with the available geological and geochemical evidence we can provide
some additional constraints on the source, magnitude, and rate of carbon addition.
Estimates of the amount of CO2 from the outgassing of Siberian Traps volcanism ranges
from a few tens of thousands of Gt of CO2 (multiply by 12/44 to convert to Gt of C) based on
modern basalt degassing rate (Berner, 2002; Gerlach and Graeber, 1985; Leavitt, 1982)
to >100,000 Gt CO2 (> 27,000 Gt C) based on the estimates from the metamorphism of organic
matter and petroleum (Svensen et al., 2009). Sobolev et al. (2011) used a thermomechanical
model to predict the released CO2, mostly from the recycled crust in the plume head, is more than
170,000 Gt CO2 (46,000 Gt C), which is several times higher than previously estimated (Self et
al., 2006; Svensen et al., 2009). Our estimates of C addition (7,000 - 22,000 Gt C) are smaller
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than all of these estimates, but our sources have lower δ13C values than inferred for a purely
volcanogenic source.
Unfortunately, as discussed above, we were unable to force cGENIE with isotopic
sources heavier than -25‰. However, we can use the box model described above to calculate the
rate of carbon added in the ocean/atmosphere system for this isotopically heavier source as well
as for the other sources simulated by cGENIE. The calculated rate of carbon release tracks, but is
somewhat less than that derived from cGENIE with the same isotopic forcing, as shown in Fig. 38. The volcanic CO2 flux (δ13C = -9‰), as expected, exceeds the highest flux calculated in the
cGENIE simulations, with a peak flux of 2.5 Gt C yr-1. Given that the box model under-predicts
the fluxes from cGENIE, we expect that if cGENIE were able to simulate the volcanic CO2 flux,
peak emission rates would rival those of modern fossil fuel burning and significantly exceed their
likely duration and total quantities of emitted C.
Although there is little proxy constraint on peak atmospheric CO2 levels during the Late
Permian, temperature is fairly well constrained, and the enhanced warming associated with the
“OM” scenario seems to be more consistent with the observed degree of warming based on
oxygen isotopes of biogenic phosphate in conodont in the GSSP sediments in Meishan, China
(Joachimski et al., 2012; Sun et al., 2012) (Fig. 3-9). It is important to realize that “OM” here
could represent a range of source types; all that is specified is its mean isotopic composition. It
could be fossil organic matter (kerogen), peat/coal, living biomass; but it could also be a mixture
of heavier volcanic CO2 and biogenic and/or thermogenic methane and the dissociation of
methane clathrates. Indeed, it is likely that all of the sources were involved in either triggering or
sustaining C emission during the Late Permian. Although we could not simulate it with cGENIE,
the volcanic CO2 source would provide a potent kill mechanism, likely generating significantly
greater climate change (more consistent with the available temperature proxies). Future work will
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be aimed at modifying cGENIE to allow for C sources with heavier isotopic compositions so that
we can assess volcanic CO2 sources and their consequences more completely

5. Conclusion
1. Based on simulations using cGENIE, our estimate of the peak rate of carbon release during the
end-Permian event ranges from 0.42 to 1.52 Gt C yr-1, which is comparable to that estimated
during the PETM, but significantly smaller than the fossil fuel burning rate today (9 Gt C yr-1).
The total carbon being added ranges from 7,000 to 22,400 Gt C, within the estimates of gas
release associated with the Siberian breccia pipe structure and from somewhat larger to
significantly larger than modern fossil fuel inventories. Box model simulations of a purely
volcanic source of CO2 (which we were unable to simulate using cGENIE) predict rates that
are nearly double the highest estimates from cGENIE.
2. In our simulations, atmospheric pCO2 increases by about 1,500 ppm to 5,400 ppm from a
baseline of 2800 ppm, corresponding to ocean surface temperature increase of 1.6 to 4.1oC,
given a climate sensitivity in the lower end of the current estimates from more sophisticated
climate models (Rohling et al., 2012).
3. The ocean saturation state and pH decrease modestly in response to increasing atmospheric
pCO2 for the simulations performed here.
4. The temperature increase during the Late Permian in our scenario with an OM source seems
most consistent with the temperature proxy data shown in S. China, but a volcanic source may
generate a warming even more consistent with the proxies.
5. More detailed paleo-temperature reconstructions, higher-resolution carbon isotope time-series,
and better geochronological constraints for other sections around the world will allow for
better estimates of the rates of carbon emission during the event, more comprehensive model-
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data comparison, and more conclusive evaluation of the hypothesis of elevated atmospheric
pCO2 arising from Siberian Traps eruption as the driver for end-Permian mass extinction.
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Figure 3-1: Paleogeography and paleobathymetry of the Late Permian used in GENIE.
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Figure 3-9: The differences of surface-water temperature (in oC) between time -60 kyr and 30 kyr
from onset of extinction interval.
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Table 3-1: Late Permian Initial Conditions for Model Calculations .
Fluxes (1012 mol C yr-1)
Fw,carb = 34.3
Fw,sil = 21
Fv = 21
Fb,carb = 27.65

Reservoir Size (1015 mol C)
MDIC = 4430
MCO2 = 495 (pCO2 = 2800 ppm)

Isotopic values (‰)
δ13Csurface = 2.29
δ13Cdeep = 1.76
13
δ Cglobal_DIC = 1.80
δ13Catm = -5.69
δ13CCaCO3 = 3.08
Note: Fw,carb is the weathering flux of HCO3 from carbonate, Fw,sil is the weathering flux of
HCO3- from silicate, Fv is the volcanic CO2 outgassing rate (same as Fw,sil)，Fb,carb is the carbonate
depositional flux;
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Chapter 4

Spatial and temporal patterns of ocean acidification during the end-Permian
mass extinction – An Earth system model evaluation

1. Introduction
The end-Permian extinction event was a geologically abrupt (~100,000 – year duration),
extreme global warming event that occurred ~252 million years ago (Ma) (Burgess et al., 2014;
Joachimski et al., 2012; Shen et al., 2011; Sun et al., 2012). The main phase of the extinction
event was characterized by an 8 to 10 oC global warming (Joachimski et al., 2012), driven by the
massive release of greenhouse gas, as reflected in a contemporaneous negative C isotope
excursion (CIE) of ~6‰ (Shen et al., 2011) in the ocean. This suggests that either the source or
its oxidation product was CO2. Recent analyses of calcium isotopes of marine sediments and
pattern of extinction selectivity (Clapham and Payne, 2011; Hinojosa et al., 2012; Payne et al.,
2010), and volatile studies on melt inclusions from Siberian Traps (Black et al., 2012; Black et
al., 2013) suggest Siberian Trap volcanism might be the trigger for the end-Permian extinction.
Besides global warming, one other consequence of CO2 emission is ocean acidification,
known as “the other CO2 problem” (Doney et al., 2009). Rising atmospheric CO2 causes a
decrease in ocean pH and adjustments in carbonate chemistry, leading to a reduction in carbonate
ion concentration and the saturation state of calcite and aragonite (Zeebe, 2012). In addition to
impacts on their physiology, calcifying organisms are also susceptible to dissolution of their
carbonate skeletons (Kleypas et al., 2006; Turley et al., 2010).
Although direct proxy data of ocean carbonate chemistry for the end-Permian is not
available, geological evidence suggests that ocean acidification, possibly caused by the large
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quantity of CO2 from Siberian Traps volcanism, triggered the extinction event in the ocean
(Payne and Clapham, 2012). Studies of the end-Permian extinction selectivity indicate that
heavily calcified organisms and other groups with limited ability to buffer calcifying fluids have
higher extinction rates, suggesting hypercapnia and or ocean acidification played a prominent role
in the observed extinction patterns (Knoll and Fischer, 2011). Sedimentological features, such as
erosional truncations have been found in uppermost Permian shallow-marine carbonate deposits
in South China, Turkey and Japan, suggesting widespread submarine carbonate dissolution
(Payne et al., 2007). However, whether the observed truncation surface occurred during subaerial
exposure or submarine dissolution is controversial (Payne et al., 2009; Wignall et al., 2009).
Here we present model simulations of ocean acidification driven by CO2 emission from
seven distinct sources, ranging from biogenic methane (-60‰) to volcanic CO2 (-9‰). We invert
the model by forcing the surface ocean DIC to conform to the prescribed δ13C values by adding
depleted C at each time-step. Due to the uncertainty concerning the end- Permian ocean
chemistry, we explore the ocean buffering capacity for CO2 addition with three different ocean
saturation states of calcite (Ωcal), and quantitatively evaluate the response of the extent and pattern
of ocean acidification.

2. Methods

2.1 “Neritan” Ocean with Reef Deposition
Because deep-sea calcifiers did not evolve until the Mid-Mesozoic, carbonates are
presumably only deposited in shallow “Neritic” region of less than 200 m depth (Zeebe and
Westbroek, 2003). Modeling studies using reconstructed sea level, atmospheric pCO2, [Ca2+] and
weathering flux suggest that Ωcal can be as high as 9 – 11 in a “Neritan” Permian ocean (Ridgwell,
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2005; Riding and Liang, 2005). The Earth system model we use, cGENIE, has been used in a
previous study to simulate the end-Permian extinction (Cui et al., 2013). However, the mean
ocean surface saturation is not a priori known for the Late Permian, so sensitivity analysis must
be carried out with a range of reasonable estimates. Prior to the perturbation, we assume an
atmospheric pCO2 of 2800 ppm (10×PAL) as we did in a previous study (Cui et al., 2013). This
value is within the rather large range of proxy estimates and previous assumptions concerning the
generally warm, ice-free Late Permian climate states (Cui et al., 2013). We consider three
different surface saturation state, 1) Ωcalcite = 10 represents the Late Paleozoic estimate based on
“Neritan” mode modeling (Ridgwell, 2005), 2) Ωcalcite = 5 is similar to today’s value, and 3)
Ωcalcite = 2.5 is used in a previous C cycle modeling study on the end-Permian extinction (Cui et
al., 2013). With a desired global mean surface saturation value (e.g. Ωcalcite = 10, 5 and 2.5),
cGENIE can be configured to determine the appropriate initial ocean alkalinity (ALK) and DIC
value (The boundary and initial conditions of the model are summarized in Table 4-1).

2.2 Forcing the DIC with CO2 addition
We used the carbonate C isotope record of the GSSP in Meishan, South China (Shen et
al., 2011) to perform a loess fit (Matlab® smoothing function “loess”), where a span parameter of
8% was specified, lower than that used in Cui et al., (2013), to capture a larger magnitude of C
isotope excursion (CIE) (Fig. 4-1). We then forced the surface ocean DIC δ13C to conform to the
prescribed δ13CDIC derived from the statistically treated δ13Ccarb, using an offset of 0.6‰ meant to
account for the difference between the DIC and sedimentary CaCO3 δ13C. We varied the δ13C
values of added CO2 such that they represent several proposed sources, including plume-released
CO2 (-9‰ and -12‰), CO2 from mixed sources (-15‰ and -20‰), contact metamorphism of
coal and kerogen (-25‰), CO2 from oxidation of thermogenic methane (-40‰), and biogenic
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methane (-60‰). We conducted 21 runs in total with three initial saturation states and seven
different sources (Table 4-2).

3. Results

3.1 Flux and total amount of C addition, pCO2, ocean surface temperature, Ω cal and pH
The model results for peak flux and total amount of C addition, peak pCO2, ocean surface
temperature, and minimum Ωcal and pH are summarized in Table 4-2. We show how two
important environmental variables, flux of C addition and Ωcal, change with time for various
scenarios in Fig. 4-2. The C release appears to have come in two multimillennial-duration pulses,
with highest peak rate of about 66 Gt C yr-1 (cf. 9-10 Gt C yr-1 today, Le Quéré et al., 2009) for
scenario 1 (the scenario with δ13Csource = -9‰ and Ωcal =10) and lowest peak rate of about 0.7 for
scenario 21 (the scenario with δ13Csource = -60‰ and Ωcal =2.5). More 13C-depleted sources and
lower initial saturation states cause dramatic declines in modeled peak rates of C addition (Fig. 42A-C and Table 4-2). It is also interesting to note that the two pulsed C release events are
followed by two C burial events, expressed as negative C flux (Fig. 4-2A-C), required by the
model to reproduce the rapid rate of C isotope recovery from the minimum values. The total
amount of C added during peak C addition is ~330,000 Gt C for scenario 1, and becomes smaller
as both δ13Csource and Ωcal decreases (Table 4-2). The minimum Ωcal value during the peak C
addition is a function of δ13Csource and the initial Ωcal (Fig. 4-2D-F). The Ωcal is elevated compared
to the initial value at the end of the simulation. This is an expected response to increased delivery
of alkalinity from higher weathering rate due to warmer temperatures.
We select one simulation (scenario 12, Ωcal = 5 and δ13Csource = -25‰) and present more
comprehensive set of time series of the overall environmental response to C addition (Fig. 4-3).
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With reference to Fig. 4-2, we note that the response of the other scenarios follow the trends
shown in Fig. 4-3 with increased or diminished amplitude. We present the time-series results
relative to the onset of the extinction, which is defined as the time where the C isotopes initiate
the sharp decline at bed 24e (age 252.3 Ma) according to Shen et al. (2011). The peak flux of C
addition is ~3 Gt C yr-1, appearing at ~9 kyr after the onset of the extinction, and is followed by a
substantial C burial event (Fig. 4-3A). The total amount of C added peaks at ~30,000 Gt C, and
stabilizes at about 17,000 Gt C by the end of the simulation (Fig. 4-3B). The peak pCO2 level
reaches 11,000 ppm, and stabilizes at about 5,000 ppm at 60 kyr after the onset of the extinction
event (into the Earliest Triassic) (Fig. 4-3C). The globally averaged sea surface temperature
follows the shape of pCO2, peaks at a little more than 26 oC (ΔT=5 oC), and stabilizes at about 23
o

C into the Early Triassic (Fig. 4-3D). Both globally averaged Ωcal and pH drop to minimum value

(Ωcal,min = 2.5 and pHmin = 7.06) during the peak C addition. However, Ωcal returns to its preextinction level by the end of the simulation, whereas the pH remains low (Fig. 4-3E, F).
We also group the specified three initial Ωcal values and plot the maximum response of
the six environmental parameters relative to the δ13Csource (Fig. 4-4). Higher initial Ωcal values
yield higher peak flux and amount of C added, as well as higher peak pCO2 and sea surface
temperature (Fig. 4-4A-D). Ωcal of the surface ocean is most sensitive to initial saturation state for
the smaller perturbation associated with methane release; the initial buffering capacity is more
rapidly overwhelmed for larger perturbations (Fig. 4-4E, F).

3.2 Surface Ω cal and ocean saturation horizon response
To evaluate the spatial pattern of ocean surface acidification, we show the map view of
Ωcal during peak C addition (~10 kyr after the onset of extinction) (Fig. 4-5A-O) for four selected
scenarios. Before we apply the perturbation, high latitude regions have lower saturation states
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(Fig. 4-5A-C), but no undersaturation is observed for the three prescribed initial saturation states.
Under elevated pCO2 level (Fig. 4-5D-O), the high latitudes tend to become undersaturated first,
similar to modern day observation (Orr et al., 2005). We find that for a plume-released C source,
nearly all surface ocean cells are undersaturated during peak C addition for initial Ωcal = 2.5 and 5
(Fig. 4-5D-F), and much of the high latitude area goes undersaturated for initial Ωcal= 10. High
latitude ocean undersaturation is also observed for the more 13C-depleted sources with initial Ωcal
= 2.5, and the case where δ13Csource = -15‰ and initial Ωcal = 5. No large regions of understuration
are observed for the rest of the scenarios.
The depth of the saturation horizon before and during the perturbation for the selected 12
scenarios is shown in Fig. 4-6A-O. The depth of the saturation horizon is shallower than 1,000 m
for an initial Ωcal of 2.5 and deeper than 4,000 m for an initial Ωcal of 10. The depth of the
saturation horizon during peak C addition is dependent upon the initial Ωcal and the δ13Csource. In
the most severe C addition case (scenario 1), depth of the saturation horizon rises up from a fully
saturated ocean to <500m in mid-low latitude regions during peak C addition.
To put the spatial pattern of ocean acidification in context, we compare our Ωcal results to
an ocean-only simulation that spans preindustrial time to the future. Using a version of GENIE
described in Cao et al. (2009), following the 2007 IPCC RCP8.5 trajectories for atmospheric CO2,
this simulation yields the following responses (Fig. 4-7). We see a clear top-down acidification
from preindustrial to modern time, and further deterioration in supersaturation to 2100, as
atmospheric pCO2 approaches ~900 ppm (Fig. 4-7A-F). The decrease in Ωcal occurs first in highlatitude regions, consistent with previous modeling studies on high-latitude saturation state
change in response to climate change (e.g. Steinacher et al., 2009), and then progresses to lower
latitudes. On these short time scales there is little response of the ocean’s saturation horizon to the
perturbation. If we compare this to our results, the prominent top-down ocean acidification
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associated with fossil fuel burning compares most favorably with our larger emission scenarios
simulated for the Permian–Triassic transition.

4. Discussion

4.1 Estimates of C addition based on C isotope balance
Estimates of C addition have been performed using simple box models (Grard et al.,
2005; Payne et al., 2010; Rampino and Caldeira, 2005; Retallack and Jahren, 2008) and an Earth
system model of intermediate complexity (Cui et al., 2013). These estimates are functions of the
magnitude of assumed global CIE based on estimates from particular geologic sections, generally
yielding a higher amount of C release with a higher magnitude of CIE, ranging from 3‰
(Rampino and Caldeira, 2005) to 8‰ (Berner, 2002). Payne et al. (2010) used a simple mixing
model to predict that the upper estimate of the total amount of C added during the extinction
event is 43,200 Gt C, using 3.6‰ CIE and assuming the source δ13C = ~ -8‰.
It is important to note that our calculated maximum flux and total amount of C added are
higher than simple mixing model and box model calculations (Table 4-2), especially for the more
enriched sources. Time-continuous simulations using box models of the open-ocean C cycle,
depending on the duration of the simulation, give slightly more C compared to simple mixing
models because they take into account the damping effects of the weathering input. The Earth
system model, which also calculates the effect of saturation state on carbonate deposition and
seafloor dissolution, provides additional buffering capacity, and thus demands even more light C
input to generate a given excursion.
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4.2 Ocean acidification
Geological evidence, including the extinction selectivity of heavily calcified marine
organisms with limited buffering capacity (Clapham and Payne, 2011), the deposition of
carbonate-rich oolite and microbialites immediately after the extinction event (Kershaw et al.,
2002; Payne et al., 2007), the submarine carbonate dissolution observed underlying the
microbiatlite (Payne et al., 2007), and calcium isotope constraints (Payne et al., 2010), suggests
ocean acidification might have been associated with the extinction event.
Montenegro et al. (2011) presented model simulations of the end-Permian event with
surface ocean aragonite saturation values dropping below 1.15 and thus unsuitable for present day
reef-forming coral species (Kleypas et al., 1999). The difference between their study and ours
arises because Montenegro et al. (2011) did not treat the ocean’s carbonate system as open
system, i.e., there is no weathering delivery of alkalinity to the ocean to balance the burial of
carbonate in their model, so they were unable to capture this important component of the oceanic
response to acidification.
Overall, CO2 buildup from the larger emission scenario due to the Siberian Traps
volcanism is consistent with the ocean acidification from the top down shown in our model and
can explain both the observed sedimentological features and calcium isotopes. This is different
from the ocean acidification from bottom up proposed for the Paleocene-Eocene Thermal
Maximum, which occurred in an ocean that had a better buffering capacity to changes in pCO2
because of its deep sea CaCO3 sediment accumulation and for which rates of emission were
apparently slower.
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5. Conclusion
We find it most likely that the Siberian volcanism released CO2 in two major
multimillennial pulses. The modeled rates of C release are dependent on the δ13C of the source
and the initial saturation state. Ocean acidification is most severe for a plume-related CO2 release
because it requires the most total C to explain the CIE, and polar regions develop undersaturated
conditions at the lowest level of perturbation. We find that the initial buffering capacity of the
ocean is quickly overwhelmed for many of the plausible scenarios for C release. However, for
smaller releases (i.e. <30,000 Gt C over 60 thousand years), the buffering capacity of the ocean is
capable of mitigating against severe ocean acidification in response to CO2 release. For a
geologically feasible C source, i.e. metamorphism of organic-rich sediment (δ13C = -25‰), the
total amount of C released could be higher than 32,000 Gt C, but the upper limit is uncertain. The
global warming and the likely ocean acidification due to the Siberian Traps volcanism might have
pitched the end-Permian Earth system over a critical threshold and caused the mass extinction and
subsequent long recovery.
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“Loess” fit in this study

Time from onset of the extinction (kyr)

Figure 4-1: δ13C value of carbonate from Shen et al., (2011) (squares), the statistical fit “loess” to
the δ13C in this study (solid line) and the “loess” fit in Cui et al., (2013) (dotted line), on the right
y-axis is the inferred δ13C value of DIC used for force the model.
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Table 4-1: Model cGENIE boundary and initial conditions.

1!

Parameters
Ωcal
pHinitial
f
Areef
CaCO3/POC
CaCO3/POC
T0
Fw, cal
Fw, sil
13
δ Cw
13
δ Coutgassing
13
δ Catm
δ13CDIC
[Ca2+]
pCO2initial

Description
Calcite surface saturation state
Ocean surface pH
Scaling factor
reef area
Inorganic matter export ratio
Inorganic matter export ratio
Global average ocean surface temperature
Weathering flux of calcite
Weathering flux of silicate
13
δ C of weathering calcite
13
δ C of CO2 from volcanic outgassing
13
δ C of atmosphere
δ13C of DIC in surface ocean
Ca2+ concentrations in the ocean
Initial atmospheric pCO2

Tocn
[DIC]surf

Surface ocean temperature
Surface ocean DIC concentration

[DIC]total

Global ocean DIC amount

[DIC]deep

Deep ocean DIC concentration

[Alk]surf
[Alk]deep

Surface ocean alkalinity
Deep ocean alkalinity

!

Value
2.5, 5 and 10
7.4
Variable
13
2.25×10
0 (Neritan)
0.2 (Cretan)
21
17
10.5
3.6
3.6
-5
2.9
13
2800
18
0.5×10
21
6035 (Ωcal =10)
4230 (Ωcal =5)
2970 (Ωcal =2.5)
8.8×1018 (Ωcal =10)
6.2×1018 (Ωcal =5)
18
4.4×10 (Ωcal =2.5)
6304 (Ωcal =10)
4450 (Ωcal =5)
3160 (Ωcal =2.5)
2970
2950

Unit
Dimensionless
Dimensionless
Dimensionless
2
m
Dimensionless
Dimensionless
o
C
Tmol yr-1
-1
Tmol yr
‰
‰
‰
‰
mmol yr-1
ppm
mol
o
C
-1
µmol kg
mol
µmol kg

-1

µmol kg-1
µmol kg-1
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Table 4-2: Model results for peak rate and total amount of C addition, peak pCO2 and ocean
surface temperature, and minimum Ωcal and pH for all the 21 scenarios. Also included are
calculations of total amount of C needed in a simple mixing model.
Initial C
(mol)

1!

!

Ωcal =10

9.3×10

18

Ωcal =5

6.7×10

18

Ωcal =2.5

4.9×10

18

Scenario

Peak rate
-1
(Gt C yr )
in cgenie

Peak amount
released (Gt
C) in cgenie

1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21

66
25
13
7
5
2
1
50
19
10
5
3
2
1
38
14
7
4
3
1
1

338003
152337
92820
55587
39746
21592
13496
256561
115620
70271
42008
29958
16175
10058
195203
87708
53366
31837
22671
12183
7554

13

δ Csource
(‰)
-9
-12
-15
-20
-25
-40
-60
-9
-12
-15
-20
-25
-40
-60
-9
-12
-15
-20
-25
-40
-60

Peak amount
released (Gt
C) in simple
mixing model
93000
69750
55800
41850
33480
20925
13950
67000
50250
40200
30150
24120
15075
10050
49000
36750
29400
22050
17640
11025
7350
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1"

Table 4-2 continued.
δ Csource
(‰)

Maximum
pCO2
(ppm)

Maximum
sea surface
T (oC)

-9
-12
-15
-20
-25
-40
-60
-9
-12
-15
-20
-25
-40
-60
-9
-12
-15
-20
-25
-40
-60

126837
54307
31978
18817
13589
8067
5877
95964
41334
24607
14833
10948
6829
5186
72945
31598
19163
111876
8966
5893
4645

338003
152337
92820
55587
39746
21592
13496
256561
115620
70271
42008
29958
16175
10058
34.4
30.6
28.5
26.5
25.5
23.9
23.0

13

Ωcal =10

Ωcal =5

Ωcal =2.5

2"

Minimum
surface
saturation
state of
calcite (Ωcal)
0.95
1.72
2.45
3.43
4.19
5.68
6.78
0.66
1.13
1.55
2.09
2.47
3.20
3.69
0.46
0.74
0.98
1.25
1.45
1.77
1.97

Minimum pH
6.26
6.59
6.79
7.00
7.12
7.32
7.43
6.25
6.56
6.76
6.95
7.06
7.23
7.33
6.23
6.54
6.72
6.89
6.99
7.14
7.22
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Chapter 5

Testing the carbon isotope excursion in Terrestrial Permian–Triassic
Boundary Sections in South China

Abstract
Stable isotopes of inorganic and organic carbon are commonly used to correlate marine
and terrestrial sedimentary sequences based on the assumption that the global signal dominates
other sources of variability. However, relatively few studies have tested the fidelity of this
approach. Here, δ13C values of organic matter (δ13Corg) in four terrestrial Permian–Triassic
boundary sections of Western Guizhou and Eastern Yunnan provinces in South China is
compared to the δ13C of carbonate (δ13Ccarb) curve of the Global Boundary Stratotype Section and
Point at Meishan. Recent sedimentological, paleobotanical and palynological analyses of the four
terrestrial PTB sections indicated that the sediments were deposited in a transitional setting
dominated by alternating mudstone and sandstone units with paleosols and “coal seams”. The
depositional environment transitioned from fluvial-lacustrine to coastal marine across the
Xuanwei and Kayitou formations. The δ13Corg values for the studied terrestrial sections are more
variable than observed in the marine records especially prior to the end-Permian event, and show
a prominent -3‰ carbon-isotope shift at the top of the Xuanwei Formation. This negative shift
also corresponds with the occurrence of fungal spores, which is usually interpreted as a
proliferation of decomposers and terrestrial landscape collapse in the midst of the end-Permian
mass extinction event. Similar trends are observed in all four studied sections; however, the
absolute magnitude of δ13Corg values and the excursions vary from one section to another. For
instance, δ13Corg values change from -24‰ to -28‰ in more proximal locations (i.e. at the Chahe
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section), and decrease from -26‰ to -29‰ in the more distal locations (i.e. at the Mide section).
This indicates that depositional environment played a role in determining the δ13Corg values, but
the overall shifts in δ13Corg throughout the Permian–Triassic transition captured the atmospheric
signature. Overall, the magnitude of the carbon isotope shift recorded in these terrestrial
sequences is about -3‰, similar to that reported in marine sequences. This result, together with
previous work, indicates that during global carbon isotope excursion events, atmospheric δ13C
signals can dominate other sources of variability. Because of other sources of variation, however,
stratigraphic correlations between marine and terrestrial sequences should only be based on
carbon isotope excursions when other independent evidence of the event is available.
Keywords: Organic Carbon Isotopes, Permian–Triassic Boundary, South China, Mass
Extinction

1. Introduction
The close of the Permian period (ca. 252 Ma) is accompanied by the largest biodiversity
loss in earth history (Erwin, 2006). About 79% of marine invertebrate genera suffered extinction
(Payne and Clapham, 2012) and some 70% of terrestrial animal species disappeared (Benton et al.,
2004; Sahney and Benton, 2008; Ward et al., 2005), including insects (Labandeira and Sepkoski,
1993).
The plant records from the Permian–Triassic (P–T) transition are relatively sparse and
based mostly on studies of pollen and spores (McElwain and Punyasena, 2007; Xiong and Wang,
2011) and plant megafossils (Yu, 2008; Yu et al., 2007). Studies on the P–T land-plant diversity
in South China suggest that the stable diversity and gradual turnover rate might not reflect a
terrestrial plant mass extinction but rather a floral reorganization and evolutionary replacement
(Bercovici et al., in press; Xiong and Wang, 2011). Although there is no clear consensus on the
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extent of biodiversity loss of terrestrial plants during the end-Permian extinction event, the
environmental stress on land was probably of a magnitude similar to that in the marine realm.
Such environmental stress has been often attributed to greenhouse gas-induced global
warming, like that anticipated in the near future due to the burning of fossil fuels (Payne and
Clapham, 2012). Evidence for global warming is mostly clearly shown in oxygen isotopes of
unaltered fossils (e.g. Sun et al., 2012), indicating a warming of up to 9 ºC in the tropical regions
across the Permian–Triassic boundary (PTB). Evidence supporting the hypothesis that
greenhouse gas CO2 is the driving factor of the end–Permian warming comes from carbon
isotopes, which exhibit a negative excursion indicating a profound perturbation of the global
carbon cycle in both marine and terrestrial environments (Cui et al., 2013; Korte and Kozur, 2010;
Ward et al., 2005).
Although the link between increased CO2 level and global warming is evident, the exact
trigger of CO2 release at the PTB is a topic of continuing debate (Svensen et al., 2009). Many
suggest that the most probable trigger of this event is the eruption of the Siberian Traps volcanism,
because it is coeval within error with the end-Permian extinction (EPE) event (Burgess et al.,
2014). This has led to many studies on the environmental consequences of the Siberian Traps
eruption, including the release of halogens that destroy the ozone layer, and 13C-depleted CO2
generated by interactions between magma and organic-rich sediments (Black et al., 2012; Black
et al., 2014; Svensen et al., 2009). However, study of the tempo and synchronicity of the EPE
require a solid correlation framework between marine and terrestrial sections. Also pinpointing
the PTB in terrestrial section remains challenging due to the scarcity of index fossils (e.g. Ward et
al., 2005).
Unlike inorganic carbon isotopes, which have been widely used in stratigraphic
correlation in carbonate-rich sediments (e.g., Saltzman and Thomas, 2012), organic carbon
isotope chemostratigraphy has often been used in sediments that lack carbonate material
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(Erbacher et al., 2005). In addition to stratigraphic correlation between marine and terrestrial
sequences, carbon isotopes of terrestrial organic matter can also provide information on the
paleoenvironment (Gröcke, 1998). The terrestrial and transitional PTB sections in Guizhou and
Yunnan provinces in South China provide a unique opportunity to correlate terrestrial records
with marine, largely due to the well-preserved macrofloral assemblages and organic matter in
strata preceding the PTB (Peng et al., 2006; Peng et al., 2005; Yu, 2008). The terrestrial
environment also highlights the uncertainties about the causal relationship among global warming,
mass extinction, and the perturbation of the carbon cycle.
This study aims to characterize the isotopic signature of four terrestrial PTB sections in
Guizhou and Yunnan provinces in South China and to correlate them with the Meishan Global
Stratotype Section and Point (GSSP) for the PTB using chemostratigraphy and biostratigraphy.
The organic carbon isotope data is used to test if an isotope excursion exists in terrestrial sections.
We interpret the depositional environment of the four transect locations from inland to coastal
settings and evaluate the different δ13C of organic matter (δ13Corg) signals. We then construct a
simple binary mixing model to evaluate the effect of varying proportions of marine versus
terrestrial organic matter.

2. Geologic Setting
The study area is located in western Guizhou and eastern Yunnan in southwestern China
(Fig. 5-1), on the southwest margin of the Yangtze Craton. Laterally continuous Permian–Triassic
sections recording gradual changes from terrestrial to marine facies occur on the east of the
Sichuan-Yunnan old landmass (Peng et al., 2005). The strata exposed in this region include the
Middle Permian Maokou Formation, Emeishan basalt Group, the Upper Permian Xuanwei
Formation, the Lower Triassic Kayitou and the Dongchuan formations. The age of the transitional
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facies between the Xuanwei and Kayitou formations is a subject of debate due to poor resolution
given by the biostratigraphic markers and confrontation to an array of methods collectively
coined as “eventostratigraphy” (Peng et al., 2006; Peng et al., 2005; Shen et al., 2011). Recent
high-resolution radiometric dating for the top of the Xuanwei Fm. (bed 68) at Chahe gives an age
of 252.30 ± 0.07 Ma, identical within uncertainty to the age of 252.28 ± 0.07 Ma dated for bed 25
at Meishan (Shen et al., 2011). This suggests that using reasonable sedimentation rates for fluvio–
lacustrine terrestrial environments, the PTB should be very close to bed 68 at Chahe. The EPE is
well characterized in the marine realm in South China, marked by the disappearance of many
animal groups recorded by their Last Appearance Datum (LAD). However, the terrestrial
ecosystem collapse is not immediately recorded by the LADs of plant groups, but is rather
represented by the proliferation of the saprophytic fungus species Reduviasporonites sp.
worldwide (Sephton et al., 2009; Visscher et al., 2004; Visscher et al., 2011).
Terrestrial exposures of the PTB are accessible in rural areas in Western Guizhou and
Eastern Yunnan, including the Chahe section (48R 0385932, UTM 2953327), Zhejue section
(48R 0394488, UTM 2943109), Jiucaichong section (48R 0398848, UTM 2953327), and Mide
section (48R 0444118, UTM 2888507), from west to east (Fig. 5-1). The four studied sections
were described lithologically and sedimentologically, and a stratigraphic bed numbering scheme
was used on the basis of fining upwards genetic sequence represented by a coarser rock unit
(sandstone to siltstone) capped by a fine unit (siltstone to mudstone) (Fig. 5-2). The Xuanwei
Formation is of Late Permian age, equivalent to Wuchiapingian and Changhsingian (He et al.,
2007). The Xuanwei Formation comprises light-colored tan and gray siltstones alternating with
sandstone units. The Kayitou Formation lies conformably on the Xuanwei Formation, and is
exposed as yellow silty sandstone units. Resting conformably on the Kayitou Formation is the
Dongchuan Formation, which is composed of alternating purple-red siltstone and sandstone units.
The correlation of terrestrial PTB sections has been based on lithostratigraphy (Peng et al., 2002),
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biostratigraphy (Yu et al., 2008), occurrence of fungal spores (Peng et al., 2006) and clay mineral
chemistry (Zhang et al., 2006). It is noteworthy that the PTB Stratigraphic Set (PTBST) is
broadly defined in South China to represent a three-fold lithostratigraphic succession
encompassing the PTB (Peng et al., 2005). In terrestrial sections, the PTBST is represented by a
clay bed, a muddy siltstone unit and another clay bed (Peng et al., 2005; Bercovici et al., in
revision). Earlier studies proposed using PTBST to bracket the clay at the top of Bed 66, muddy
siltstone in Bed 67 and another clay in Bed 67 within the Xuanwei Formation in Chahe section
(Peng et al., 2005) (Fig. 5-2). This “clay-siltstone-clay” succession was apparent in all the
studied sections (e.g., the bentonite layer in Bed 68 at Chahe, Bed 21 at Jiucaichong, and Bed 49
at Zhejue) except at Mide. Based on biostratigraphy and the occurrence of the fungal spores,
Bercovici et al. (In press) defined the PTB at approximately 46 m depth at Jiucaichong, 25 m
depth at Zhejue, 107.3 m depth at Chahe, and 7 m depth at Mide (Fig. 5-2). For detailed
descriptions of sedimentology, palynology, and paleobotany, the reader is referred to Bercovici et
al. (In press).

3. Methods

3.1 Organic carbon isotopes and total organic carbon wt%
In order to investigate the carbon cycle perturbation during the PTB on land, we collected
samples from the Xuanwei and Kayitou formations. The bedding scheme followed the previous
work on the Chahe, Zhejue and Mide sections (Yu et al., 2008; Zhao, 2003), in which each
sedimentary package is defined as a fining upward genetic sequence representing a coarse rock
unit (sandstone to siltstone) capped by a fine unit (siltstone to mudstone). The samples for bulk
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organic carbon isotope and total organic carbon (TOC) content analysis were collected at the top
of each bed.
Samples weighing between 10 and 30 g were collected from every bed within the four
terrestrial sections, for a total of 133 samples across the PTB. All samples were gently washed
with deionized distilled water (DDW) to remove any surface contamination prior to extraction.
Five to ten gram samples were crushed in a tungsten carbide ball mill via a SPEX 8000 Mixer
resulting in a homogeneous powdered sample (size ~75 µm). The grinding jar was cleaned
between samples with DDW. To remove carbonate material (siderite was present in many
samples), powdered samples were reacted with 10% HCl (w/v) in centrifuge tubes for 24 hours
and rinsed with DDW repeatedly until pH was ~6. Samples were then freeze-dried for isotope
analysis. Isotopic analyses and weight percent data for nitrogen and carbon were performed by
continuous flow on an elemental analyzer (EA; Costech ECS4010) coupled to an isotope ratio
mass spectrometer (IRMS; Thermo Finnegan Delta Plus XP), via an open-split interface. All
analyses were performed in the Stable Isotope Biogeochemistry Lab at The Pennsylvania State
University. Powdered, decarbonated dried samples were weighed and sealed in tin boats for
isotopic analysis. Samples were combusted at 1020 ºC with a ‘‘zero blank’’ helium atmosphere
autosampler that has been retrofitted to include a custom vacuum purging and He-bleed system.
Data are reported using delta notation relative to atmospheric N2 for nitrogen and the Vienna Pee
Dee Belemnite International Standard (V-PDB) for carbon. Reference gases were calibrated
relative to standard ANU sucrose and USGS 24 (graphite) for carbon in combination with inhouse glycine, cornstarch, caffeine and Peruvian mud isotopic standards. Carbon isotope values
were normalized to the VPDB scale using laboratory standards (calibrated with IAEA standards)
and a two-point calibration following the methods of Coplen et al. (2006). Precision (1σ) for C
isotopes was monitored with standards across all analyses and was determined to be 0.1‰.
Accuracy for C isotopes was determined by measuring the difference between expected and
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measured values of standards (in-house standard from Peru) treated as samples across all analyses
and was 0.2‰.
All samples were run with the ‘macro’ oxygen loop at 1.2 bars pressure to ensure
complete combustion of samples. The efficiency of combustion and fidelity of isotope values
were confirmed through the use of a thermally mature Devonian black shale house standard.
Carbon percentage on the decarbonated fraction was produced on a Costech EA in conjunction
with isotopic measurements. Carbon isotopic peak heights were calibrated to a Peru Mud standard
of known elemental composition with a standard error of ± 0.1wt% for carbon.

3.2 Statistical t-test
T-test with Welch correction is widely used to test for the difference in the means of two
populations when the variances are unequal (Welch, 1947) and when the sample size from two
populations is not the same. This approach is adopted to evaluate whether the difference between
two means (pre-PTB and post-PTB) at the given probability level (95%) is significant. A
probability of p = 0.05 (95% probability of making a correct statement) is usually used in
statistical studies. The mean, standard error, degree of freedom, and t values used to evaluate the
differences are listed in Table 5-2. Also listed on the Table 5-2 is the Welch corrected degree of
freedom and the tabulated t value for comparison purpose. If the calculated t value exceeds the
tabulated value we say that the means for the pre-PTB and post-PTB at each location are
significantly different at that level of probability (with 95% confidence). The calculation is
performed in R, using function t.test for two independent groups of data.
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4. Results

4.1 Carbon isotopes of organic matter
We note that the δ13Corg values in the four studied sections show a systematic carbon
isotope shift to more negative values, perhaps capturing and reflecting the long-term carbon cycle
perturbation rather than instantaneous carbon injection. This is different from the broadly defined
carbon isotope excursion (CIE) observed in the GSSP Meishan section. The δ13Corg values vary in
both absolute values and the magnitude of carbon isotope shifts across the four studied transects.
Overall, the δ13Corg values range from -20.5‰ to -30‰, with the most 13C-enriched mean value
occurring at Zhejue and the most 13C-depleted mean value occurring at Mide (Table 5-1). There
appears to be a systematically decreasing trend from west to east with the exception of
Jiucaichong based on the mean and median calculations for the δ13Corg population prior to and
after the PTB (Fig. 5-3). The isotopic gradients amongst the four sections seem to persist through
the PTB across the four sections as shown in Fig. 5-3. The onset of the CIE is not apparent in any
of the studied locations, unlike that shown in marine locations such as the GSSP Meishan section
(Fig. 5-5). Therefore, we view the δ13Corg difference between the pre-PTB population and the
post-PTB population as a carbon isotope shift rather than the instantaneous CIE reported in
Meishan (Shen et al., 2011). The decline of the δ13Corg values seems to be coeval with the
biostratigraphically defined PTB across the four successions. We calculate the magnitude of the
carbon isotope shift as the difference between the stratigraphically averaged δ13Corg values for the
Permian and the Triassic (Table 5-2). The magnitude of carbon isotope shift across the PTB is
about -2.5‰ at Jiucaichong, Chahe and Mide, and is only about -0.7‰ at Zhejue. The spread of
data from the four successions appears to be the largest in the longest section at Chahe, and is the
least in the Zhejue section where the smallest magnitude of carbon isotope shift is recorded. The
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Welch corrected t test suggests that at all studied locations, the pre-PTB and post-PTB population
means are significantly different at 95% confidence level (Table 5-2).

4.2 Total organic carbon
The wt.% TOC from the four successions ranges from 0.02% to 52.15%, with the highest
mean value in Zhejue (4.8%) and the lowest value in Mide (0.3%). We explore the dependence of
the wt.% TOC on sampled lithology by regression analysis on δ13Corg and 1/TOC and colorcoding on lithology and separating the pre- and post-PTB samples (Fig. 5-4). We find that no
significant correlation was observed in any of the studied sections (r2 ≤ 0.24, Fig. 5-4) for both
the pre- and post-PTB samples, indicating the observed δ13Corg is independent of the wt.% TOC
and lithology. It is also interesting to note that such a trend is consistent across the four sections
from Jiucaichong to Mide for the pre- and post-PTB samples, suggesting the relationship between
the depositional environment and the observed magnitude of carbon isotope shift is not obvious
(Fig. 5-4).

4.3 Biostratigraphy
We tentatively place the last appearance datums (LADs) and first appearance datums
(FADs) for the plant species on the synthetic stratigraphic correlation logs (Fig. 5-2) based on
Bercovici et al. (In press). We place the PTB based on independent evidence of biostratigraphy
and on the LAD of the Gigantopteris flora at all four studied sections, which include wetland
plants cordaites and the sphenopsids, suggesting a warm and humid climate (Bercovici et al. in
press). The FADs of the Annalepis – Peltaspermum assemblage at Bed 23 at Jiucaichong, Bed 69
at Chahe and Bed 15 at Mide suggest a floral turnover across the PTB. The placement of the PTB
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is further supported by the occurrence of 100% fungal spore Reduviasporonites from Jiucaichong
and Mide. Although there is no Reduviasporonites being observed at Chahe, the U/Pb highresolution dating in Bed 68 by Shen et al. (2011) suggests the PTB is close to Bed 68, which is
consistent with the FAD of Early Triassic taxa. Other lines of evidence to support our placement
of the PTB come from the Early Triassic spinicaudatans (Chu et al., 2013) at Jiucaichong and
Chahe and the Early Triassic bivalve fauna and ammonoid Ophiceras sp. (Yu et al., 2010). Such
evidence collectively suggests that the placement of the PTB at Jiucaichong, Chahe and Mide is
valid. Due to the lack of Early Triassic taxa at Zhejue, the placement of the PTB at this location is
unsubstantiated.

5. Discussion

5.1 Global occurrence of the PTB “fungal spike”
The “fungal spike” has been traditionally defined as the stratigraphic horizon where
abundant fungal remains occur (i.e., ≥95% of palynomorphs) (Eshet et al., 1995), in particular the
remains of Reduviasporonites sp. It has been identified in numerous PTB locations, both marine
and terrestrial, including western Spitsbergen (Mangerud and Konieczny, 1993; Wignall et al.,
1998), North America (Utting, 1994), Isreal and Italy (Eshet et al., 1995; Visscher et al., 1996),
Madagascar (Wright and Askin, 1987), South Africa (Steiner et al., 2003), and South China
(Ouyang and Utting, 1990), most of which are associated with the ecosystem collapse and are
located very close to the PTB with a few exceptions. Tympanicysta reported in Meishan occurs
several meters below the extinction horizon, and thus may not be associated with ecosystem
collapse (Ouyang and Utting, 1990). The fungal spore abundance spike reported by Steiner et al.
(2003) at the base of the Katberg Formation in the Karoo Basin, South Africa has later been
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suggested to be well above the biostratigraphically defined PTB (Ward et al., 2005). Visscher et
al. (1996) suggest that the worldwide fungal proliferation at the PTB can only have originated
from arboreous vegetation dieback.
The co-occurrence of a fungal spike and a negative carbon isotope shift at the PTB has
been recognized in a number of localities. The fungal spore Tympanicysta reported by Mangerud
and Konieczny (1993) in Spitsbergen has been used as an important PTB marker, which is coeval
with the rapid negative shift in δ13Corg in Spitsbergen (Wignall et al., 1998). The abundance spike
of fungal spores in the European Southern Alps reaches close to 100% at the level where δ13Ccarb
(δ13C of carbonate) declines rapidly during the Bellerophon–Tesero transition, which is close to
the PTB (Visscher et al., 1996). Similarly, the fungal spike also co-occurs with the PTB in
southern Israel, albeit with a more prolonged occurrence (Eshet et al., 1995; Visscher et al.,
1996).
Evidence for a Late Permian plants dieback that induced Reduviasporonites proliferation
is available from limited sources. Taxonomic analysis of leaf remains and reproductive organs
suggests that Late Permian conifers became extinct at the family level (Clement-Westerhof, 1984;
Clement-Westerhof, 1987; Looy et al., 1999). In South China, the wetland biota represented by
the Gigantopteris flora largely disappeared at the end of the Permian period (Bercovici et al. in
press).
Questions on the fidelity of using Reduviasporonites as a reliable marker for the PTB or
ecosystem collapse have arisen because of the uncertain biological and ecological identity of the
fossil remains. Some have proffered a green algae affinity (Afonin et al., 2001; Foster et al.,
2002). However, geochemical and isotopic signature indicate that Reduviasporonites are indeed
fungi instead of green algae (Sephton et al., 2009).
Recently Visscher et al. (2011) argued that the global occurrence of Reduviasporonites as
a type of soil-borne pathogenic fungi must have been associated with the worldwide Late Permian
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forest decline, itself the expected consequence of the catastrophic eruption of the Siberian Traps.
Massive CO2 and/or CH4 release caused heat stress-related tree mortality (e.g. Allen et al., 2010),
and halogen gas injection into the stratosphere disrupted the ozone layer and caused increased
UV-B radiation, leading to mutant pollen that has been preserved in the fossil record (Black et al.,
2012).
Bercovici et al. (In press) reported fungal spore Reduviasporonites occurrence in
anomalously high abundance at the top of the Xuanwei Formation at Jiucaichong and Mide but
not at Zhejue and Chahe. The occurrence of Reduviasporonites in Jiucaichong and Mide is also
coeval with the negative 2.6‰ shift in δ13Corg, confirming the global occurrence of
Reduviasporonites close to the PTB irrespective of depositional environment, floral provinciality
and climatic zonation proposed by Visscher et al. (1996).

5.2 The placement of PTB in continental successions
The EPE and the PTB are not coeval, as is mostly clearly demonstrated in the GSSP
Meishan section (e.g., Bowring et al., 1998; Shen et al., 2011). High-resolution radiometric dating
from ash layer Bed 25 and Bed 28 at Meishan suggests the PTB (252.17 ± 0.06 Ma) follows the
onset of the end-Permian extinction (~252.3 Ma) by about 130,000 years (Shen et al., 2011). The
rapid drop in δ13Ccarb is contemporaneous with the onset of the end-Permian extinction event, and
has been modeled extensively to estimate the rate and amount of C release from several proposed
sources (Berner, 2002; Cui et al., 2013; Rampino and Caldeira, 2005). The negative carbon
isotope shifts in terrestrial organic matter have been used as a chemostratigraphic marker to
correlate the PTB (see Korte and Kozur 2010 for a review). However, many factors complicate
the carbon isotope shifts expressed in continental successions partly due to the discontinuities in
terrestrial sedimentation, inconsistent rates and hiatuses along with heterogeneities in vegetation
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and organic matter source, transport and diagenesis. Due to these complexities, δ13Corg itself is not
a reliable indicator of global carbon isotope shift events without independent stratigraphic
markers (de Wit et al., 2002) because spikes of δ13Corg toward more 13C-depleted values could
easily be caused by local perturbations, such as soil respiration, methanotrophic activity, and/or
source variations (Krull and Retallack, 2000; Krull et al., 2000).
In light of this, biostratigraphy has often been applied to continental successions to define
the PTB independently without the recognition of carbon isotope excursions (CIEs) (e.g., de Wit
et al., 2002), with palynology being proved most useful in locations such as India and
Madagascar (de Wit et al., 2002) and vertebrate biostratigraphy being proved useful in South
Africa (MacLeod et al., 2000; Smith, 1995). The terrestrial PTB in the Karoo Basin, South
Africa, is defined by the LAD of Dicynodonlacerticeps, along with a small negative carbon
isotope shift in carbonate nodules (Ward et al., 2005) but no apparent CIE in δ13Corg at
Wapadsberg and Bethulie. There is a ~2‰ negative CIE in Carlton Heights and Lootsberg within
Unit II (time equivalent with PTB in China), followed by a long-term increase in δ13Corg. Ward et
al. (2005) argued that the reason that the Wapadsberg and Bethulie δ13Corg records do not show
any CIEs is that these sections are intruded by Mesozoic dikes and sills.
Shen et al. (2011) place the PTB in the lower part of what has otherwise been considered
the Early Triassic Dongchuan Formation at Chahe, based on two extremely negative δ13Corg
values, as low as -35‰. However, we note that the low values do not persist throughout the
Dongchuan Formation as they do in other beds after the bona fide PTB CIE. Moreover, the PTB
assigned by Shen et al. (2011) is about 10 m above the dated age of 252.30 Ma at Bed 68 (Shen et
al., 2011). Given the fact that the LAD of Gigantopteris flora occurs at 103 m (Bed 68 at 107m is
dated as 252.30 ± 0.07 Ma), and the FAD of Annalepis-Peltaspermum and the Triassic
spinicaudatans occurs at ~108 m at Chahe, and the fact that Bed 25 is dated as 252.28 ± 0.06 Ma,
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we instead propose that the Gigantopteris flora turnover is coeval with the marine animal
extinction.

5.3 Controls on the carbon isotope shifts of δ13Corg
As Tieszen and Boutton (1989) stated: “An interpretation of a δ13C value often requires
an understanding of the δ13C values of all potential contributing sources, and an understanding of
potential fractionation effects associated with environmental and metabolic factors.” The primary
controls on the δ13C values of plants are their photosynthetic pathways (Farquhar et al., 1989;
O'Leary, 1981), the atmospheric pCO2 (Popp, 1989), ambient δ13C value of the atmosphere, and
water availability (Diefendorf et al., 2010) and canopy structure (Graham et al., 2014). However,
the δ13Corg values measured in organic matter preserved in geological samples are further
complicated by post-burial processes, which tend to mobilize compounds that are depleted in 13C
relative to the bulk organic matter (OM) (Bathellier et al., 2008; Hayes et al., 1999). Biomarker
studies on the OM from the Chahe section suggest the sediments are not thermally mature (Zhao,
2003); thus, thermal alteration likely plays a minimal role on the preserved δ13Corg signal.
Traditionally, the marine δ13Corg records are interpreted as changes in relative proportions
of sources of marine and terrestrial organic matter (Hedges and Parker, 1976; Sackett, 1964),
under the assumption that the δ13Corg from marine OM is isotopically enriched compared to
terrestrial OM (Deines, 1980). However, it has been noted more than 30 years ago that unlike
most of the Cenozoic, marine organic carbon is more depleted in 13C relative to terrestrial
materials from the Paleozoic (Maynard, 1981) and the Mesozoic (Arthur et al., 1985; Dean et al.,
1986). This anomalous trend has been interpreted by Popp et al. (1989) and Arthur et al. (1985) as
higher isotopic fractionation between marine carbonates and organic matter under higher
atmospheric pCO2 conditions.
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We calculated the average value of δ13Corg during the pre-event and post-event intervals
for globally distributed marine and terrestrial successions. These values were calculated based on
the placement of the extinction event, or, in the case where the extinction event was not obvious
(mostly terrestrial sections), on biostratigraphic evidence to independently determine the PTB.
We then summed up the pre-event δ13Corg value from all the marine and terrestrial sections listed
in Table 5-3 to determine the mean value. We also summed up the during- and/or post-event
δ13Corg values of all the marine and terrestrial sections listed in Table 5-3 but exclude the most
extreme values in Krull and Retallack (2000). We found that the pre-event marine δ13Corg value
(-26.4‰) is about 1.5‰ more depleted than that in the terrestrial realm (-24.9‰), and that the
post-event marine δ13Corg value (-29.5‰) is about 2‰ more depleted than that in the terrestrial
region (-27.6‰).
In an effort to interpret the 2.6‰ negative carbon isotope shift across the PTB at
Jiucaichong, Chahe and Mide (Fig. 5-3), we present two hypotheses with the mixing of terrestrial
and marine carbon and the mixing of autochthonous and allochthonous OM inputs. We have
demonstrated that the pre-PTB δ13Corg values at Jiucaichong, Zhejue and Chahe are all more 13Cenriched relative to that at Mide and Meishan and the δ13Corg value at Mide is also higher than
that at Meishan (Fig. 5-3 and 5-5), consistent with the pre-Cenozoic observations that terrestrial
δ13Corg is more isotopically enriched than marine δ13Corg (Arthur et al., 1985; Maynard, 1981). It is
important to note that the mean values measured in Meishan are -28.4‰ for the pre-EPE, -28.2‰
for the during-EPE with minimum value reaching -32.8‰, and -26.7‰ for the post-EPE (Fig. 55). This long-term positive shift in δ13Corg values at Meishan has been interpreted by Riccardi et al.
(2007) as a change in the dominant photosynthesis pathway from an algae or cyanobacteriadominated mode to a non-oxygenic phototrophic green sulfur bacteria-dominated mode. The
reverse tricarboxylic acid (TCA) cycle that green sulfur bacteria use during the incorporation of
carbon results in a smaller carbon isotope fractionation than the Calvin cycle that algal or
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cyanobacteria use (van Breugel et al., 2005). This hypothesis seems to be supported by the
observed abundance of isorenieratane, a biomarker for green sulfur bacteria, at the event horizon
in Meishan and Australia (Grice et al., 2005).

5.3.1 Mixing of terrestrial and marine carbon
The Meishan record (Fig. 5-5) clearly indicates that source variations have influenced the
marine δ13Corg record, and leads one to question correlations based on δ13Corg in general. On the
other hand, the terrestrial data presented here indicate that persistent local offsets accompany the
global shift toward lighter δ13Corg values at the PTB (Fig. 5-3; Table 5-1). Sedimentological
analysis performed by Bercovici et al. (In press) at our studied locations reveals that there is a
vertical transition from alluvial plain facies to fluvial lacustrine facies towards the top of the
Xuanwei Formation at Jiucaichong, Zhejue and Chahe, with the exception of Mide, which
displays marine influence at the very top of the Xuanwei Formation, and then to marine facies at
all locations in the Kayitou Formation, suggesting a regional transgression (Bercovici et al., in
press). Considering the sources of OM are likely local, the Early Triassic flooding event might
have carried the same types of OM to the studied locations during the deposition of the Kayitou
Formation. Therefore, we adopted the mean values of Late Permian and Early Triassic δ13Corg
from the marine Meishan section to run a simple mixing model to test the idea whether increased
marine OM proportions contributed to the carbon isotope observed in our studied locations.
The binary mixing equation we used is based on the study of Schultz and Calder (1976)
to estimate the relative proportions of terrigenous and marine organic carbon (or proportions of
autochthonous and refractory allochthonous organic carbon) in sediment samples. The mixing
model is:
δ13C = ftδ13Ct + fmδ13Cm

(1)
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where ft and fm are the fractions of terrestrial and marine organic carbon, and ft + fm should equal
to 1 to ensure mass balance. Rearranging Eq. (1), we get:
ft = (δ13C − δ13Cm)/(δ13Ct − δ13Cm)

(2)

We used the Meishan Late Permian mean marine δ13Corg value (-28‰; Fig. 5-5) for δ13Cm
and mean terrestrial δ13Corg value (-24.9‰; Table 5-3) for δ13Ct, and used the measured δ13Corg
value for the δ13C in Eq. (2) (-25‰ for Jiucaichong, -23.8‰ for Chahe, and -26.2‰ for Mide).
Doing so reveals a Late Permian ft of >97% for Jiucaichong and Chahe, but only 58% for Mide.
This is consistent with Mide being most influenced by the ocean because of its location at the
very top of the Xuanwei Formation. For the Early Triassic, δ13Corg values in Jiucaichong and
Chahe converge with the δ13Corg value in Meishan (~ -27‰), suggesting they might share the
same OM source, perhaps more isotopically heavier plant input or the effect of green sulfur
bacteria as proposed by Riccardi et al. (2007). In fact, the biomarker study at Chahe by Zhao
(2003) suggests a shift on the type of OM from algal/bacteria-dominated source at Beds 64-67
(top of the Xuanwei Formation) to a mixture of higher plants and bacteria/algal at Beds 69-74
(bottom of Kayitou Formation). This is consistent with, based on our analysis, that a greater
contribution of terrestrial plants would have driven the δ13Corg towards more 13C-enriched values.
An additional source of variability in terrestrial and marine sedimentary δ13Corg is
allochthonous inputs, either aged soil OM or refractory kerogen from the erosion of sediments
exposed on land (Hayes et al., 1989). Research on modern fluvial systems has shown that there is
a significant contribution of aged refractory OM to the particulate organic carbon pool (Clark et
al., 2013; Raymond and Bauer, 2001). Although we cannot exclude this possibility, the persistent
offsets of our study sections and the correspondence with the global carbon isotope shift argues
against variations in allochthonous inputs as a major source of isotope change.
Interestingly, the studied terrestrial sections show a consistent 2.6‰ negative shift (with
the exception of Zhejue), likely reflecting the long-term global carbon isotope shift. This
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suggestion is supported by the global compilation of δ13Ccarb recorded in marine environments, all
showing a ~2-6‰ carbon isotope shift across the PTB (Korte and Kozur, 2010), indicative of a
global atmospheric δ13C shift of similar magnitude (Cui et al., 2013; Svensen et al., 2009). The
local expression of the carbon isotope shift in sedimentary organic matter is expected to differ
from the global atmospheric excursion, as it is affected by changes in isotope fractionation
resulting from temperature, productivity, source of organic carbon, and preservation biases. But
in our case, a clear signature of the global carbon isotope shift appears to have been recorded
rather than an instantaneous CIE.
Several mechanisms have been proposed to explain the global CIE, with the top
candidates being the Siberian Traps volcanism (Aarnes et al., 2010; Beerling et al., 2007; Berner,
2002; Black et al., 2012; Black et al., 2014; Svensen et al., 2009), or a combination of various
sources related to the Siberian Traps volcanism (Cui et al., 2013). Strong evidence exists to
support that the mass extinction event, whose onset is coeval with the CIE, is contemporaneous
with the Siberian Traps eruption (Bowring et al., 1998; Burgess et al., 2014; Shen et al., 2011).
An Earth system modeling study suggested that carbon emission from Siberian Traps volcanism
or other related sources came in two multi-millennial pulses, followed by enhanced silicate
weathering and increased organic carbon burial (Cui et al., 2014). Other lines of independent
evidence have not demonstrated whether the carbon release has come in two pulses. Despite the
intriguing coincidence between the extinction event and the Siberian Traps volcanism, the exact
mechanism that triggered the 13C-depleted carbon is still a question of debate, which begs for
further studies.
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6. Conclusion
We present δ13Corg and TOC data from four terrestrial sections through the PTB in
Western Guizhou and Eastern Yunnan in the South China Yangtze block. The δ13Corg values do
not linearly correlate to the amount of TOC, suggesting end-member mixing is not a primary
control on the carbon isotope composition. The absolute values of δ13Corg vary from the more
proximal Jiucaichong section to the more distal Mide section, with Mide section showing the
most depleted values. The magnitude of the CIE amongst the four sections is variable, ranging
from 0.8‰ to 2.7‰, although 3 of the 4 studied sections have shown statistical significant shifts
of about 2.6 ‰. Occurrences of fungal spores, including Reduviasporonites, at the top of the
Xuanwei Formation in all four studied sections are indicative of terrestrial ecosystem collapse
and decomposition of organic matter. Both biostratigraphy and the fungal spike suggest the PTB
should be located near the top of the Xuanwei Formation at Jiucaichong, Chahe and Mide, in
accordance with the -2.6‰ CIE. We have demonstrated that the carbon isotope excursion event in
the study area is dominated by the atmospheric δ13C signal. We propose that terrestrial δ13Corg is a
potentially reliable tool for paleoclimatic interpretations and stratigraphic correlations between
marine carbonates and terrestrial sequences, but only when other independent evidence of the
PTB is available.
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Figure 5-1: Topographic map of Western Guizhou and Eastern Yunnan provinces, South China,
showing geographic location of the studied continental successions, including the Chahe, Zhejue,
Jiucaichong and Mide sections.
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Figure 5-2: Correlation of the four studied sections arranged from left to right according to their
depositional environments. The PTB is determined by the LAD of Gigantopteris flora and the
FAD of Annalepis-Peltaspermum at Jiucaichong, Chahe and Mide and Triassic spinicaudatans at
Jiucaichong and Chahe, the FAD of Annalepis-Peltaspermum and Ophiceras sp. at Mide, the
U/Pb dating at Bed 68 at Chahe by Shen et al. (2011), and by the fungal spike of
Reduviasporonites spore at Jiucaichong and Mide. Also shown are δ13Corg and TOC for each
studied section and the δ13Corg and δ13Ccarb from the GSSP Meishan section.
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Figure 5-3: Statistical analysis of the pre- and post-PTBST δ13Corg values for the four studied
sections. The black line within the box indicates median values and red diamond indicates mean
values.
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Figure 5-4: Cross plot of δ13Corg and 1/TOC for the four studied sections, the color-coding
indicates different lithologies. The filled symbols represent pre-PTBST samples and the open
symbols represent post-PTBST samples.

155
δ13Ccarb in Meishan
4

4

pre−, during− and post− EPE in MS

2

●

0

δ13Ccarb

●

−2

0
−2

δ13Ccarb

2

●

●

−2

0

2

Depth from the base of bed 24e (m)

δ13Corg in Meishan
−26
−28
−30

−4

−2

0

Depth from the base of bed 24e (m)

2

post−EPE

−6

during−EPE

−32

−30

δ13Corg

−28

−26

pre−, during− and post− EPE in MS

−32

δ13Corg

post−EPE

−4

during−EPE

−6

pre−EPE

−8

pre−EPE

●

Figure 5-5: Statistical analysis on δ13Ccarb and δ13Corg of the GSSP Meishan section. Upper left)
δ13Ccarb prior to, during and after the end-Permian extinction event based on the definition of Shen
et al. (2011). Upper right) δ13Corg prior to, during and after the end-Permian extinction event based
on the definition of Shen et al. (2011). Lower left) Box and whisker plot for δ13Ccarb of the pre-,
during- and post-PTB, the mean values are shown in red diamonds; Lower right) Box and
whisker plot for δ13Corg of the pre-, during- and post-PTB, the mean values are shown in red
diamonds.
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Table 5-1: Summary of the δ13Corg measured in the four studied terrestrial sections. The pre-PTB
and post-PTB mean values are calculated based on the presumed PTB assigned at the four
locations, 46 m at Jiucaichong, 25 m at Zhejue, 107.3 m at Chahe, and 7 m at Mide. The CIE
magnitude is calculated based on the difference of the pre-PTB and the post-PTB mean.
No.
of
samples
Section
analyzed
for δ13Corg
Jiucaichong 34
Zhejue
29
Chahe
53
Mide
17

!

Min.
δ13Corg (‰)

Max.
δ13Corg (‰)

pre-PTB
mean (‰)

post-PTB
mean (‰)

CIE
magnitude
(‰)

-30.0
-25.8
-28.7
-30.0

-23.0
-23.0
-20.5
-25.1

-25.0
-23.5
-23.8
-26.2

-27.6
-24.2
-26.4
-28.6

-2.6
-0.7
-2.6
-2.4
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Table 5-2: Welch-corrected t test for the δ13Corg values from four studied location during pre- and
post-PTB conditions.
Jiucaichong

Chahe

Zhejue

Mide

Pre-

Post-

Pre-

Post-

Pre-

Post-

Pre-

Post-

Sample size

n=25

n=9

n=47

n=6

n=20

n=9

n=11

n=6

mean

-25.024

-27.636

-23.797

-26.448

-23.458

-24.230

-26.183

-28.578

SD

1.26

1.28

1.29

1.28

0.34

0.67

0.95

1.05

Variance

1.58

1.65

1.67

1.65

0.12

0.44

0.90

1.10

T value

5.265

4.756

3.287

4.659

13.907

6.363

9.933

9.531

2.16

2.45

2.26

2.26

yes

yes

yes

yes

Degree of
freedom
Tabulated t value
at 95%
confidence
P<0.05
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Table 5-3: Summary of the δ13Corg from several marine/continental successions in East
Greenland, West Spitsbergen, New Zealand, South China, Antarctica, South Africa, Australia,
India, and Madagascar
Location

Setting

Pre-extinction
δ13Corg (‰)

During- or Postextinction/PTB δ13Corg
(‰)

East Greenland

Marine

-23

-29

Marine

~ -25

~ -32

Marine

-24.7

-30.7

Krull et al. (2000)

Marine

-28.5

-26.6

Shen et al., (2011)

Marine

-27

-28.3

Riccardi et al.,
(2007)

Marine

-28.2

-27.3

Cui et al., (2008)

Marine

-24.6

-26.6*

Margaritz et al.,
(1992)

Marine

~ -29

~ -32

Marine

-26.6

-29.4

Marine

-26

-29.8

Siegert et al., (2008)

Marine

-27.3

-29.8

Kraus et al., (2013)

Marine

-27.2

-29.4

Kraus et al., (2013)

Marine

-25.7

-27

(Fio et al., 2010)

~ -27

<-32

-27

-25.6

-27.7

-30.2

-26.5

-29.3

~ -25

< -40 (extreme)

~ -24

< -40 and > -17
(extreme)

~ -26

~ -30

Retallack and Jahren
(2008)

West Spitsbergen
(Festningen)
New Zealand
(Maitai Group)
South China
(Meishan)
South China
(Meishan)
South China
(Sichuan)
Austria
(Gartnerkofel-1
Core)
Canada
(Williston Lake)
Canada
(Buchanan Lake)
Southern Alps
(Seis)
Southern Alps
(Misci)
Southern Alps
(San Antonio)
Croatia
(Velebit
Mountain)
Northeast Italy
Western Solvenia
(Idrijca Valley)
Western Solvenia
(Idrijca Valley)
Average
Antarctica
(Graphite Peak)
Antarctica
(Allan Hills)
Australia
(Murrays Run
bore)
Australia
(Wybung Head)
South Africa
South Africa
(Carlton Heights

Marine
(n-alkanes)
Marine
(Kerogen)
Marine
(n-alkanes)
Marine
Terrestrial
(Paleosol)
Terrestrial
(Paleosol)
Terrestrial
(Paleosol)

Reference
Twitchett et al.,
(2001)
Wignall et al.,
(1998)

Grasby and
Beauchamp, (2008)
Grasby and
Beauchamp, (2008)

Sephton et al.,
(2002)
Schwab and
Spangenberg (2004)
(Schwab and
Spangenberg, 2004)
Krull and Retallack
(2000)
Krull and Retallack
(2000)

Terrestrial
(Paleosol)
Terrestrial
(coal)

~ -25

~ -26

-22.6 (Late
Permian)

Retallack and Jahren
(2008)

-24.3 (Middle Triassic)

Faure et al., (1995)

Terrestrial

-22.9

-24.2

Ward et al., (2005)
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Table 5-3 (continued).
India

Terrestrial

-24 ± 2

< -30 and >-21
(extreme)

de Wit et al., (2002)

Madagascar
Terrestrial
-28 ± 2
< -32 (extreme)
de Wit et al., (2002)
(Morondava)
South Africa
Terrestrial
~ -27
~ -30
de Wit et al., (2002)
South China
Terrestrial
-25.0
-27.6
This study
(Jiucaichong)
South China
This study
Terrestrial
-23.5
-24.2
(Zhejue)
South China
This study
Terrestrial
-23.8
-26.4
(Chahe)
South China
This study
Terrestrial
-26.2
-28.6
(Mide)
Average
Terrestrial
-24.8
-27.6
*The five extreme δ13Corg outliers in the Gartnerkofel-1 core measurement were removed
according to Margaritz et al. (1992), but note that it was considered valid by Retallack and Krull
(2006).
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Chapter 6

Conclusions and future work
The major goal of this thesis was to explore the carbon cycle dynamics in the ocean and
the atmosphere during the end-Permian extinction. Drawing from the literature on temperature
proxies, we conclude that Late Permian ocean temperature in the tropics could have been as high
as 35 oC, and the temperature could have risen up to 5-9 oC across the P–T transition. We also
find that the atmospheric pCO2 prior to the end-Permian extinction event could have been as high
as 4000 ppm and pCO2 might have risen up to >8000 ppm during the event. We find that the
temperature anomaly during the end-Permian extinction is consistent with ~1.5 doublings of
atmospheric pCO2, and that the implied climate sensitivity is 5-6 oC, within the upper range of
values produced by climate models.
We conclude that release of 13C-depleted carbon associated with Siberian Traps
volcanism is the most plausible explanation of the observed ~ 4‰ carbon isotope excursion in
marine carbonates and the most likely trigger for the mass extinction. Warming was a likely
consequence of this CO2 and CH4 release, and this, together with eutrophication induced by
enhanced weathering input of phosphate from land, likely led to the spread of anoxia and euxinia
into shelf waters, at least episodically, during and after the extinction event.
It appears that the huge uncertainties concerning boundary conditions, including
paleogeography, paleobathymetry, vegetation, and other weaknesses including low model
resolution do not significantly impact the fundamental conclusions from climate and ocean
modeling concerning global warming during the event and the subsequent establishment of
widespread anoxia. However, these conclusions are strongly dependent on estimates of
greenhouse gas release and buildup in the atmosphere, as well as the response of the global P
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cycle to the resulting global warming event, both in magnitude of P delivery and accumulation in
the ocean, and duration.
To fully understand the link between the end-Permian extinction event and the carbon
cycle perturbation, some future work and challenges are suggested. Improving age control will be
essential in establishing the duration and relative timing of events, helping us to test the
hypotheses of climate warming as a killing mechanism during the end-Permian mass extinction
event. We suggest more realistic boundary conditions for the ocean and atmosphere are needed to
establish a more realistic end-Permian Earth system model that we can use for detailed modeldata analysis. Coupled ocean-atmosphere GCMs with biogeochemistry are clearly the best tool to
facilitate model-data comparison, as demonstrated by the work of Winguth et al. (2002) and
Winguth and Winguth (2012); however, they are expensive to run and are not capable of
simulating time-continuous records. EMICs capable of performing complete, open system, timecontinuous simulations of geological events such as the Permian–Triassic transition (ca. 1 million
year time scale) are needed to fully understand the evolution of ocean and atmospheric chemistry
and climate change. Current models have various shortcomings (e.g., GENIE does not presently
simulate organic carbon burial and oxidative weathering) that need to be overcome to achieve this
objective. Geochemical data collection should be geared more toward establishing regional
patterns of ocean chemistry, especially redox conditions but also pH and nutrient availability,
rather than with the goal of establishing some sort of average global curve. The geochemical and
isotopic evolution of any location on the surface of the Earth is a result of local and global
change, and deconvolving those two drivers is critical to a full understanding of the evolution of
the biosphere during critical events in Earth history.
We have overcome some of these challenges in this dissertation, as demonstrated in
chapters 3 to 5. Specifically, we applied an EMIC, cGENIE, which simulates with ocean
chemistry and climate over geological timescale, to the Permian–Triassic interval to investigate
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carbon cycle perturbation during the extinction event in Chapter 3. We conducted detailed modeldata comparisons to evaluate various hypotheses invoked to explain the event. Our estimates of
the peak rate of carbon release during the end-Permian event ranges from 0.4 to 1.5 Gt C yr-1,
which is comparable to that estimated during the PETM, but significantly smaller than the fossil
fuel burning rate today (9 Gt C yr-1). The total carbon being added ranges from 7,000 to 22,400
Gt C, within the estimates of gas release associated with the Siberian breccia pipe structure and
from somewhat larger to significantly larger than the modern fossil fuel inventories. Box model
simulations of a purely volcanic source of CO2 predict rates that nearly double the highest
estimates from cGENIE. In our simulations, atmospheric pCO2 increases by about 1,500 ppm to
5,400 ppm from a baseline of 2800 ppm, corresponding to an ocean surface temperature increase
of 1.6 to 4.1oC. The ocean saturation state and pH decrease modestly in response to increasing
atmospheric pCO2 for the simulations performed here. The temperature increase during the Late
Permian in our scenario with an OM source seems most consistent with the temperature proxy
data shown in S. China, but a volcanic source may generate a warming even more consistent with
the proxies. More detailed paleo-temperature reconstructions, higher-resolution carbon isotope
time-series, and better geochronological constraints for other sections around the world will allow
for better estimates of the rates of carbon emission during the event, more comprehensive modeldata comparison, and more conclusive evaluation of the hypothesis of elevated atmospheric pCO2
arising from Siberian Traps eruption as the driver for end-Permian mass extinction.
In Chapter 4, I quantitatively evaluated the extent and pattern of ocean acidification in
response to CO2 addition using a novel model inversion technique by forcing the surface ocean
DIC to conform to the prescribed δ13C values by adding or removing depleted carbon at each
time-step. We find it most likely that the Siberian volcanism released CO2 in two major
multimillennial pulses. The modeled rates of C release are dependent on the δ13C of the source
and the initial saturation state. Ocean acidification is most severe for a plume-related CO2 release
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because it requires the most total C to explain the CIE, and polar regions develop undersaturated
conditions at the lowest level of perturbation. We find that the initial buffering capacity of the
ocean is quickly overwhelmed for many of the plausible scenarios for C release. However, for
smaller releases (e.g., <30,000 Gt C over 60 thousand years), the buffering capacity of the ocean
is capable of mitigating against severe ocean acidification in response to CO2 release. For a
geologically feasible C source, such as metamorphism of organic-rich sediment (δ13C = -25‰),
the total amount of C released could be higher than 32,000 Gt C, but the upper limit is uncertain.
The global warming and the likely ocean acidification due to the Siberian Traps volcanism might
have pitched the end-Permian Earth system over a critical threshold and caused the mass
extinction and subsequent long recovery.
In the final chapter of this thesis I investigated the expression of carbon cycle
perturbation during the Permian–Triassic transition on land. We presented δ13Corg and TOC data
from four terrestrial sections through the PTB in Western Guizhou and Eastern Yunnan in South
China Yangtze block. The δ13Corg values do not linearly correlate to the amount of TOC,
suggesting end-member mixing is not a primary control on the carbon isotope composition. The
absolute values of δ13Corg vary from the more proximal Jiucaichong section to the more distal
Mide section, with the distal Mide section showing the most depleted values. The magnitude of
the CIE amongst the four sections is variable, ranging from 0.8‰ to 2.7‰. Occurrences of fungal
spores, including Reduviasporonites, at the top of the Xuanwei Formation in all four studied
sections are indicative of terrestrial ecosystem collapse and decomposition of organic matter.
Both biostratigraphy and the fungal spike suggest the PTB should be located near the top of the
Xuanwei Formation at Jiucaichong, Chahe and Mide, in accordance with the -2.6‰ CIE. We
have demonstrated that the carbon isotope excursion event in the study area is dominated by the
atmospheric δ13C signal. We propose that δ13Corg is a potentially reliable tool for paleoclimatic
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interpretations and stratigraphic correlations between marine and terrestrial sequences only when
other independent evidence of the PTB is available.
The existing Earth system modeling simulations from this dissertation have left many
datasets for future explorations on other aspects of biogeochemistry. For example, the spatial
distribution of δ13Ccarb of surface ocean DIC can be compared with geologic data on δ13Ccarb. The
current deposition of CaCO3 is constrained to the shallow ocean, but an alternative “Cretan”
ocean where CaCO3 is distributed in both the neritic and pelagic sea could have existed in the
Late Permian. One could also look into the biogeochemical cycle of N, P, O and S in these
simulations to understand the behaviors of these elements under elevated pCO2 conditions.
Similar carbon isotope inversions could also be applied to other rapid carbon addition events,
such as the Triassic-Jurassic mass extinction, the early Toarcian ocean anoxic event, and the
Cretaceous ocean anoxic event. Such efforts would aid in answering the broad Earth system
questions posed here.

165

Appendix A

Appendix A provides details about the sedimentology, paleobotany, and palynology
studies on the four terrestrial sections in South China. This work has been submitted to the
Journal of Asian Earth Sciences for publication, I am the second author on this work.
Submitted to Journal of Asian Earth Sciences
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Abstract:
Well-preserved marine fossils in carbonate rocks permit detailed studies of the endPermian extinction event in the marine realm. However, the rarity of fossils in terrestrial
depositional environments makes it more challenging to attain a satisfactory degree of resolution
to describe the biotic turnover on land. Here we present new sedimentological, paleontological
and geochemical (X-ray fluorescence) analysis from the study of four terrestrial sections (Chahe,
Zhejue, Mide and Jiucaichong) in Western Guizhou and Eastern Yunnan (Yangtze Platform,
South China) to evaluate paleoenvironmental changes through the Permian–Triassic transition.
Our results show major differences in the depositional environments between the
Permian Xuanwei and the Triassic Kayitou formations with a change from fluvial-lacustrine to
coastal marine settings. This change is associated with a drastic modification of the preservation
mode of the fossil plants, from large compressions to small comminuted debris. Plant fossils
spanning the Permian–Triassic boundary show the existence of two distinct assemblages: In the
Xuanwei Formation, a Late Permian (Changhsingian) assemblage with characteristic Cathaysian
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wetland plants (mainly Gigantopteris dictyophylloides, Gigantonoclea guizhouensis, G.
nicotianaefolia, G. plumosa, G. hallei, Lobatannularia heinanensis, L. cathaysiana, L. multifolia,
Annularia pingloensis, A. shirakii, Paracalamites stenocostatus, Cordaites sp.) is identified. In the
lowermost Kayitou Formation, an Early Triassic (Induan) Annalepis – Peltaspermum assemblage
is shown, associated with very rare, relictual gigantopterids. Palynological samples are poor, and
low yield samples show assemblages almost exclusively represented by spores. A ~1 meter thick
zone enriched in putative fungal spores was identified near the top of the Xuanwei Formation,
including diverse multicellular forms, such as Reduviasporonites sp. This interval likely
corresponds to the PTB "fungal spike" conventionally associated with land denudation and
ecosystem collapse. While the floral turnover is evident, further studies based on plant diversity
would be required in order to assess contribution linked to the end-Permian mass extinction
versus local paleoenvironmental changes associated with the transition between the Xuanwei and
Kayitou formations.
Key words: Permian–Triassic boundary, palynology, biostratigraphy, mass-extinction, fungal
spike
1. Introduction
The end-Permian (~252.2 Ma) is associated with the largest mass extinction event in Earth's
history, representing the extinction of more than 90% of marine species, ~70% of terrestrial
vertebrates, and drastic restructuring of ecosystems (Erwin, 2006). Numerous studies have been
conducted to characterize the biotic changes (Payne and Clapham, 2012; Chen and Benton, 2012;
Crasquin and Forel, in press; Chen et al., in press; and references therein) and environmental
disturbances (Xie et al., 2007; Sun et al., 2012; Romano et al., 2012; Retallack, 2013; Cui et al.,
2013; Benton and Newell, 2014; Cui and Kump, in press; Feng and Algeo, in press) associated
with the end-Permian extinction event (EPE, Burgess et al., 2014) within marine successions. In
recent years, emphasis has been directed to exposures located along the Yangtze Platform in
South China, culminating in the definition of the Global Stratotype Section and Point (GSSP) for
the Permian–Triassic boundary (PTB) at the Meishan section (Zhejiang province, west of
Shanghai, Yin et al., 2001). One unique aspect of the Yangtze Platform is the occurrence of
multiple sections preserving the PTB, representing the complete transition from marine, through
coastal, and to terrestrial depositional environments. This enables correlation between the marine
and terrestrial biostratigraphic records. The second unique aspect is the presence of seemingly
continuous sections, i.e. a Permian part free of red beds, as opposed to the vast majority of
terrestrial successions of Late Permian and PTB age elsewhere in the paleotropics (Lucas et al.,
2006; Bourquin et al., 2011 and references therein). This implies better preservation of organic
matter and the existence of latest Permian plant fossils in strata preceding the mass extinction
event. The terrestrial and transitional PTB sections of Guizhou, Sichuan and Yunnan provinces
have thus received increasing attention over recent years. However, the PTB interval remains
poorly resolved in the terrestrial realm due to the lack of systematic paleontological studies and
paleoenvironmental interpretation. Fossil plants and palynological assemblages spanning the PTB
are exceedingly rare, but well-preserved macrofloral assemblages exist in South China. Early
description of the macroflora and miospores was published in the 80's (Ouyang and Li, 1980;
Ouyang, 1982, 1986). Most recent work has been directed towards the definition of a continental
parastratotype completing the Meishan PTB GSSP, and there is growing interest in defining an
equivalent biostratigraphic zoning within terrestrial settings. In support of this objective,
description of the paleobotanical and palynological assemblages has been conducted over the past
decade (Wang and Yin, 2001; Zhang et al., 2006; Peng et al., 2006; Yin et al., 2007; Yu et al.,
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2007, 2008, 2010; Peng and Shi, 2009, Xiong and Wang, 2011, and references therein). Recently,
Shen et al. (2011a) presented new high-resolution radiometric dates of several bentonite layers
from the Meishan GSSP and other coastal marine and terrestrial PTB sections in South China,
facilitating correlations between the PTB sections of the Yangtze Platform.
We document new data from the study of two classical sections (Chahe and Zhejue, Western
Guizhou) and one coastal transitional PTB section (Mide, Eastern Yunnan). We also describe a
new PTB section (Jiucaichong, Western Guizhou) within the Yangtze Platform.
Paleoenvironmental characterization of the PTB transition was performed using detailed
sedimentological analysis complemented by paleobotanical and palynological studies.
Additionally, major element geochemistry was performed using X-ray fluorescence (XRF)
analysis. Results are discussed in the context of the previously proposed placement of the PTB
and demise of the terrestrial ecosystems associated with the end-Permian mass extinction event.
Palynofacies analysis has been carried out for the first time on organic residues from these PTB
successions. Palynofacies analysis is an especially valuable tool when studying poorly preserved
palynological assemblages as it can provide important paleoenvironmental information and
complement lithological and biostratigraphical data to improve correlations.
2. Geological background
2.1. General stratigraphy
Three main formations are recognized through the terrestrial PTB successions of South China: the
Xuanwei, the Kayitou and the Dongchuan formations. The Xuanwei Formation rests
unconformably on the Emeishan basalts and is of latest Permian age (Wuchiapingian and
Changhsingian) age (He, 2007). The Xuanwei Formation consists mainly of terrigenous
siliciclastic deposits with intercalations of organic-rich mudstones and coal seams. Eastwards,
coeval formations are represented by marine limestones of the Wangjiazhai Formation (Sichuan)
and Changhsing Formation (Meishan). The Xuanwei Formation is conformably overlain by the
Kayitou Formation, which is a 10–30 m massive and homogeneous silty sandstone succession.
The rocks of the Kayitou Formation are finely variegated and grade from tan-green to yellow to
purple-red towards the top. The Kayitou Formation gradually changes to facies typical of the
overlying Dongchuan Formation represented by a thick succession of purple-red terrigenous
siliciclastic sandstones and mudstones. Eastwards, lateral correlative strata are represented by
marine limestones of the Feixianguan Formation (Sichuan) and Yinkeng Formation (Meishan).
2.2. The Permian–Triassic boundary in South China
Accurate chronological correlation is crucial for establishing a precise sequence of events
spanning the PTB. The primary marker of the PTB at the Meishan GSSP is the First Appearance
Datum (FAD) of the conodont Hindeodus parvus, identified in the middle of limestone Bed 27
(Yin et al., 2001; 2007). The EPE is, however, spread over an interval of ~50 centimeters starting
prior to the PTB at the top of Bed 24, and extend up to Bed 29 (Xie et al., 2005; Yin et al., 2007;
Crasquin et al., 2010; Forel and Crasquin, 2011; Song et al., 2013). This interval is marked by the
disappearance of many animal and plant groups, each recorded by their Last Appearance Datum
(LAD). The EPE is also characterized by widespread oceanic anoxia and rapid carbon isotopic
excursions, broadly used as a geochemical correlation tool. On land, the collapse of terrestrial
ecosystems and floras has been characterized by the proliferation of Reduviasporonites sp.,
variably interpreted as a saprophytic fungus (Sephton et al., 2008; Visscher et al., 2004, 2011) or
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as an opportunistic algae (Afonin et al., 2001; Foster et al., 2002), but nonetheless occurring
worldwide (Eshet et al., 1995; Visscher et al., 1996; Steiner et al., 2003; Sander et al., 2006).
Other methods for correlating the PTB have been suggested, mostly based on lithostratigraphy
and clay mineral signatures (Zhang et al., 2006). The concept of the Permian–Triassic Boundary
Stratigraphic Set (PTBST) was defined by Peng et al. (2005) as representing a three-fold
lithostratigraphic succession encompassing the PTB. At the marine Meishan section, the PTBST
is represented by a claystone unit (Beds 25 and 26), followed by a limestone bed that contains the
PTB as defined by the FAD of Hindeodus parvus (Bed 27), overlain by another claystone (Bed
28). This three-fold lithostratigraphic succession was conventionally correlated between
exposures across the entire Yangtze platform and referred to as "eventostratigraphy" (Peng et al.,
2005). Westward, the PTBST was defined at coastal sections, such as Zhongzhai (where the
PTBST is represented by a clay bed, a sandy limestone unit and another clay bed, respectively
Beds 12, 13 and 14), and terrestrial sections, such as Chahe (where the PTBST is represented by a
clay bed, a silty sandstone unit and another clay bed, respectively Beds 66, 67 and 68).
3. Study area and methods
Exposures of the terrestrial PTB are accessible in rural areas around Xuanwei city, Yunnan
province (Fig. 1). The terrestrial sections Chahe (48R 0385932, UTM 2953327) and Zhejue (48R
0394488, UTM 2943109) are located along roadcuts, whereas the newly described Jiucaichong
section represents hill face exposure (48R 0398849, UTM 2944904), all in Western Guizhou. The
transitional coastal Mide section (48R 0444118, UTM 2888507) in Eastern Yunnan is located
along a dirt road. It is noteworthy that the Mide section corresponds to two different sections in
the literature, Mide A and Mide B (Yu, 2008). Mide A is no longer accessible, but a new outcrop
spanning the PTB interval was identified at a distance of several hundred meters. Therefore,
"Mide" in this paper refers to the newly studied Mide B section.
3.1. Sedimentology and facies analysis
The four sections were logged at a scale of 1:40 using a measuring tape and Jacob staff (Figs. 2–
5). Six main facies were identified (Table A-1). Previous work on the Chahe, Zhejue and Mide
sections established a stratigraphic bed numbering scheme (Zhao, 2003; Yu, 2008) that we
applied to the ordination of beds in our study. For the new Jiucaichong section we propose a bed
numbering scheme in which each sedimentary package is defined as a fining upward genetic
sequence representing a coarse rock unit (sandstone to siltstone) capped by a fine unit (siltstone to
mudstone). Sedimentological characterization involved analysis of texture, sedimentary
structures, paleosol development, paleocurrent orientation, erosional surfaces and paleontological
content (mainly plant fossils and bivalves). At the Mide section, abundant ostracods were
observed and sampled from the Kayitou Formation (Bed 25), providing additional data for
paleoenvironmental interpretation.
3.2. Paleobotany
A traditional field census of plant fossil was performed on a total of six hundred and two
specimens, most identified at the genus level. Each stratigraphic occurrence was given a census
number (30 for Chahe, 10 for Jiucaichong and 10 for Zhejue, Figs. 2–5 and Table A-2). Other
intervals hosting unidentified plant fossil debris are also indicated on the stratigraphic logs.
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3.3. Palynology
The sections were sampled for palynology at regular intervals focusing on the mudstone units.
One hundred and sixteen samples were processed according to standard palynological procedures
(Traverse, 2007) at the China University of Geosciences, Wuhan (China). Each 10 grams sample
was crushed to 1 mm diameter granules and treated with dilute hydrochloric acid (HCl) to remove
calcium carbonate. Each sample was subsequently macerated in 40% hydrofluoric acid (HF) for
72 hours. Fluorosilicates were removed by immersing the residues in hot HCl for 10 minutes. The
remaining part of the processing was conducted at Lund University, Sweden, where residues were
sieved through 160 µm and 10 µm meshes. Abundant humic acids in some of the samples were
removed with 10% NaOH for 16 hours followed by multiple rinses through a 10 µm mesh. The
oxidation process was controlled and each sample was verified for palynological content before
and after the procedure (Supplement Table 1). Residues were permanently mounted in polyester
resin on a minimum of three microscope slides per sample. A representative selection of
palynomorphs was photographed and post-processed using extended depth of field reconstruction
(Bercovici et al., 2009a). Sample 11J012 was also sent for independent processing to Global
Geolab in Canada to compare process quality and yield. Out of the 116 samples processed, 47
(40.5%) were barren of organic matter. Out of the remainders, 47 (40.5%) were barren of spores
and pollen, leaving only 22 samples (19.0%) with very little recovery (Supplement Table 1).
Because of the poor recovery and few visible palynomorphs on each slide, relative abundance and
diversity studies were not carried out.
The stratigraphic positions of samples are precisely logged (Figs. 2–5), except for the basal
samples from the Zhejue section (11Z001 to 11Z007), which were collected without stratigraphic
positioning in the unmeasured lower part of the section. They correspond to a series of "coal
beds" or organic rich mudstones located approximately 20–30 meters below Bed 27 (Fig. 3).
3.4. Palynofacies analysis
Palynofacies analysis involved identification of the various organic components; relative
abundance calculations of the organic components were based on 300 counts per sample.
Classification of palynological matter was tailored for the specific palynofacies of the studied
assemblages. As phytoclasts are extremely dominant in most samples, these were subdivided
according to color and shape (Supplement Table 1). The following palynofacies elements were
distinguished; I, Phytoclasts black (opaque); II, Phytoclasts brown; III, Phytoclasts black shards;
IV, Charcoal rounded; V, Charcoal shards; VI, Fungal spores; VII, Fungal Hyphae, and VIII,
Miospores (pollen and spores). The slides and residues are deposited with AB and at the China
University of Geosciences, Wuhan (China).
3.5. X-ray fluorescence
Analyses of major elements were conducted in the laboratory at the Department of Geology,
Lund University, using a Thermo Scientific Niton XL3t GOLDD+ portable XRF analyzer.
Samples were powdered, and one cubic centimeter conditioned into plastic cells equipped with an
interchangeable 4 µm polypropylene film window. A series of four measurements were
performed for each sample and averaged, with anomalous readings, if occurring, removed from
the dataset (Supplement Table 2). Accuracy and drift of the absolute concentration readings were
verified by regularly measuring a standard calibration sample. Data exploration was performed by
principal component analysis (PCA) using standardized variables for emphasizing trends in the
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variations of trace elements having concentration several orders of magnitude lower than major
elements.
4. Results
4.1. The Xuanwei Formation
The Xuanwei Formation is exposed at all four studied sections and comprises light-colored tan
and grey siltstones alternating with sandstone units (Fig. 6A). The rocks are highly fractured,
generally hampering the identification of small sedimentary features within the siltstone and
mudstone facies, and several small, normal and reverse faults were identified. The bedding is subvertical at Chahe (58–67°) and sub-horizontal at Zhejue, Jiucaichong and Mide (14°–22°), with
variable strike in each section.
The maximum measured thickness of the Xuanwei Formation is at the Chahe section where it
reaches 109 m, although the basal part was not exposed. Strike and dip are consistent (N242°,
58°S and N230°, 67°S; Fig. 2). At the Zhejue section, the Xuanwei Formation is split into two
compartments delineated at the base of Bed 27 (Fig. 3). This is indicated by a different strike and
dip (N355°, 14°E) measured for the lower compartment compared to the upper compartment
(N225°, 17°NW). This represents a 85° angle difference between compartments, and because of
the lack of continuity only the top part was measured. At the Jicuai section, 46 meters of the
Xuanwei Formation are exposed with strike and dip measured at N95°, 18°N and N65°, 14°S
(Fig. 4). At the Mide section only four meters of the Xuanwei Formation are exposed with strike
and dip measured at N10°, 22°NW (Fig. 5).
4.1.1. Sedimentological analysis
The Xuanwei Formation comprises six main facies of terrigenous sandstones, siltstones,
mudstones and paleosols (Table A-1).
The Fl and Fm facies (Table A-1, Fig. 6B) are dominant throughout the formation and are
represented by 0.1–2-meter-thick units. They comprise homogeneous siltstones to siltymudstones, crudely laminated with sub-centimeter-scale sets (Fl facies, Table A-1, Fig. 6B, C) or
more rarely, massive to crudely laminated and heterolitic packages (Fm facies, Table A-1, Fig.
6B). Due to fracturing, few sedimentary structures were observed, with the exception of some
current ripples. The color of the sediments ranges from brown, tan, to organic-rich grey and dark
grey facies. Several 5–40-cm-thick units of black organic-rich beds were observed (Fig. 6C).
They are sometimes referred to as "coal facies" but they contain a significant proportion of
terrigenous silica (13–37% Si, Supplement Table A-2). The Fm facies is interpreted to signify
deposition within calm aqueous environments and the Fl facies to represent overbank or waning
flood deposits (Miall, 1978; Einsele, 2000).
Coarser lithologies correspond to three distinct sandstones facies; the most common being the Sh
facies (Table A-1, Fig. 6B, C), which occurs as 0.5–2-meter-thick units with sharp boundaries.
The lithology chiefly comprises medium to coarse-grained sandstone showing centimetric to
multi-centimetric horizontal laminations and sporadic small scale current ripples. Deposition of
the Sh facies corresponds to tractive current or repeated sediment discharges within aqueous
environments (Miall, 1978; Einsele, 2000).
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The St facies (Table A-1, Fig. 6D) occurs in 0.2–1-meter-thick units, and is composed of fine to
coarse-grained sandstones with 3D mega ripples. Typical bedforms are comprised between 20–
70 cm high and 50–130 cm long, with centimetric laminations. The St facies is most common at
the Jiucaichong section. Eleven paleocurrent measurements were taken from the trough crossbedded sandstone unit at the base of the Jiucaichong section (Fig. 4), giving a consistently
northward flow direction. Deposition of the St facies corresponds to fluvial channel bedforms.
The Sm facies (Table A-1), occurs as 0.5–2-meter-thick units of massive, structureless, silty
sandstones to coarse-grained sandstones with sharp boundaries. The Sm facies corresponds to
either deposition from turbulent suspension with insufficient time for bedform development
(Lowe, 1982), subaerial hyperconcentrated flows, or subaqueous high-density turbidity currents
(Ghibaudo, 1992).
Our observations of the sedimentary successions revealed no "lentoid sandstone" (Zhang et al.,
2006) or "lenticular sandstone" (Peng et al., 2006) later reinterpreted as "wedge shaped crossbeddings" (Yin et al., 2007). The sandstone units do not appear to be lenticular (indicating
erosional channeling) at the scale of the outcrop. However, modern nodular weathering and
fracturing of the sandstone units are extensive.
Paleosols (P facies, Table A-1, Fig. 6E) are evident within red silty mudstone facies with no
visible primary sedimentary structures. Soil formation is indicated by the presence of very thin
vertical rhizoliths, which do not exceed 3 mm in diameter and 5–10-cm-long. They are visible as
white protruding filaments within the red matrix (Fig. 6E). P facies is developed in 20–50-cmthick units evident only at three stratigraphical positions in the lower part of the Chahe section
(Beds 5, 10, 12). P facies is interpreted as an Entisol (immature paleosol with little or no evidence
of pedogenic horizons). Indirect evidence of soil formation is indicated throughout the Xuanwei
Formation by the presence of Stigmaria sp. rhizomes preserved within some of the fossil plant
associations.
The top of the Xuanwei Formation is usually marked by the occurrence of a greenish-grey
claystone layer at Bed 68 (Chahe) and Bed 49 (Zhejue), and we were able to locate it at Bed 21a
of the Jiucaichong section (Fig. 6F). This so called "eventostratigraphic clay" is part of the upper
PTBST complex (Peng et al., 2005).
4.1.2. Paleobotany
The Xuanwei Formation is very rich in plant fossils preserved as large compressions (Fig. 7C).
They represent the typical Late Permian Gigantopteris flora. This assemblage was extensively
described by Yu (2008). The floral assemblages are dominated by Cordaitales (Cordaites sp.) and
pteridosperms (Gigantopteris dictyophylloides, Gigantonoclea guizhouensis, G. nicotianaefolia,
G. plumosa, G. hallei, Compsopteris sp., Neuropteris sp., Taeniopteris sp.), with secondary
occurrence of equisetales (Lobatannularia heinanensis, L. cathaysiana, L. multifolia, Annularia
pingloensis, A. shirakii, Paracalamites stenocostatus), noeggerathiales (Tingia sp.),
lepidodendrales (Lepidodendron sp.), ginkgoales (Ginkgoites sp.) and filicales (Pecopteris sp.,
Fascipteris sp.). Among these, Lobatanularia (Fig. 7D) and gigantopterids (Fig. 7E) represents
typical elements of the Cathaysian paleobiogeographic province. No conifers were found. Several
Stigmaria (Fig. 7F) occur among the plant compressions. Stigmaria is more abundant in the
middle part of the Chahe section, between Beds 26 and 35. Six hundred and two fossil plant
specimens from the Chahe, Zhejue and Jiucaichong sections were identified, mainly to genus
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level (Table A-2). Identification of the specimens has been conducted according to Yu (2008).
Plant fossils occur most commonly in the laminated silty sandstone (Sh) facies, within the phase
of decreasing water flow regime just before deposition of the mudstone and organic-rich units
(Fm facies). As such, they indicate transport and accumulation in shallow, slow-moving water.
The fossil plant assemblages served as a tool for paleoenvironmental categorization based on
taxonomical composition, preservational mode and taphonomy. We also conducted a detailed
field census of the plants in the productive beds at the Chahe section where 475 specimens were
counted (Table A-2). This dataset covers a large portion of the Xuanwei Formation and provides
an estimate of diversity through the latest Permian, but it does not cover the PTB. Variation in
diversity across the PTB has been documented from the same locality, but without corrections
over variations on sample size (Zhang et al., 2006; Peng et al., 2006; Yin et al., 2007; Yu et al.,
2007, 2008, 2010; Peng and Shi, 2009). In this study, statistical correction methods, such as
rarefaction, were used in order to compensate for variations in sample size (Gotelli and Colwell,
2001; Colwell et al., 2004).
Our new data is best resolved at the Chahe section, so statistical data on variations in diversity is
only evaluated for the plant fossils from this section. Given the relatively low number of counted
specimens, a sliding window data binning was performed for each six consecutive census
intervals. Individual sample rarefaction was applied on each bin using the software package
PAST using n = 40 and n = 80 specimens. Two different rarefied values were used because the
lower part of the Xuanwei Formation was more thoroughly sampled. Hence the n = 80 curve best
describes the diversity in the lower part whereas the n = 40 curve includes data bins in the upper
part that could not reach the minimum of 80 required specimens. Our results show that
assemblages from Beds 1 to 40 vary in diversity, albeit the average diversity remains fairly
consistent at around six taxa recovered per 40 specimens (Fig. 8). A drop in diversity is evident
around Bed 29, associated with the onset of a thick sandstone unit indicating flash discharge
(Beds 32, 33 and 34, section 4.1.1).
4.1.3. Palynology
Palynomorphs were recovered only from the Xuanwei Formation where they are rare but
relatively well preserved and dark colored, denoting an early grade of thermal maturation. The
assemblages are all dominated by spores including a wide variety of both trilete (Fig. 9, 1–21)
and monolete forms (Fig. 9, 22–29). Several larger >50 µm ornamented spores were identified in
samples 11Z006, 11C045, 11J004, and more abundantly in sample 11J012 (Fig. 9). Pollen grains
are scarce, and only three specimens were recorded (Fig. 9, 30–32). They are represented by nontaeniate, bisaccate pollen grains, produced by pteridosperms (Vesicaspora sp.), conifers
(Klausipollenites sp.), and caytoniales (Vitreisporites pallidus).
Additionally, freshwater algal cysts, mainly Chomotriletes sp. (Fig. 9, 33 and 34) were
encountered in sample 11C023. Many other, very small ~15 µm diameter, circular, thin-walled
inaperturate palynomorphs may also be related to algae. This indicates that the accumulation of
organic matter in the dark, organic rich "coal seams" did not take place within peat-swamp
terrestrial environments but rather in lacustrine settings.
At the Mide section, acritarchs (Fig. 9, 35 and 36) and a possible foraminiferal organic lining
(Fig. 9, 37) were recovered from the palynological assemblages of the uppermost Xuanwei
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Formation (Samples 11M002 and 11M004). They indicate that marine influence began just
before the deposition of the Kayitou Formation.
Fungal remains occur close to the top of the Xuanwei Formation in samples from all four
sections. They represent a wide range of spores and hyphae (Fig. 9, 38–53). The recovery is low
but their relative abundance is close to 100% in samples in which they occur. At the Zhejue
section, multicellular spores occur within sample 11Z026 (Bed 49a), from the claystone bed
representing the uppermost layer of the PTBST. A similar pattern is seen at the Jiucaichong
section where the fungal spores occur in samples 11J009 (Bed 21a) within the PTBST upper
claystone bed (Fig. 6F) and 11J010 (Bed 21b). At the coastal Mide section, fungal spores occur
within the two organic-rich units at the base of the section, within samples 11M002 (Bed 2) and
11M004 (Bed 4). Here, a significant diversity of fungal spores is apparent, including numerous
ascospores (Fig. 9, 39–42). At Chahe, fungi are evidenced, only by the presence of a few hyphae
in sample 11C041 (Bed 59), or about 10 m below the PTBST. Several spores can be attributed to
Reduviasporonites (Fig. 9, 49–51).
4.1.4. Palynofacies analysis
All four sections (66 samples) were investigated for palynofacies characterization (Supplement
Table A-1). Black and brown phytoclasts are the dominant components in all studied
assemblages. Specific signatures of the studied successions include the dearth of amorphous
organic matter, high abundance of charcoal and specifically charcoalified wood shards, and fairly
high relative abundance of fungal spores at some stratigraphical levels. The recovery of
miospores is very low with the exception of four samples (Fig. 10).
The organic matter within the basal parts of all sections (Xuanwei Formation) is dominated by
charcoal. Rounded charcoal particles reach a maximum relative abundance of 89% in the Chahe
section, and 97% in the Zhejue section. Higher in the successions, the organic matter in the
Xuanwei Formation is dominated by brown and black phytoclasts. Interestingly, miospores are
concentrated in samples within the topmost part of the formation, close to the PTB, reaching up to
18% of the organic components. Fungal spores generally occur in samples adjacent to the PTB at
the top of the Xuanwei Formation.
4.2. The Kayitou Formation
The Kayitou Formation is exposed as distinctive mustard yellow silty sandstone units (Fig. 6G)
resting conformably on the underlying Xuanwei Formation with a gradational contact spanning
1–3 m. Weathering makes bedding visible on the outcrop surface, but a freshly excavated face
shows homogeneous grain size with no obvious variations. The Kayitou Formation is 34-meterthick at Chahe and 35-meter-thick at Jiucaichong (Figs. 2 and 4). At the coastal Mide section, the
Kayitou Formation is much thicker, possibly reaching 60 m but only the basal 36 m was
measured for this study.
4.2.1. Sedimentological analysis
The sediments of the Kayitou Formation are homogeneous and only the Fl and Fm facies (Table
A-1, Fig. 6G) are represented. The succession comprises 0.1–1-meter-thick siltstone to siltysandstone units. The basal part of the formation is dominated by the homogeneous and massive to
crudely laminated Fm facies (Table A-1). The Fl facies is finely laminated with very well defined
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sub-centimeter-scale heterolitic sets, and its occurrence increases towards the top of the
formation. In association, the upper one-third of the Kayitou Formation is characterized by the
occurrence of small-scale current ripples at the base of most Fl units. Both Fl and Fm facies are
extremely friable, breaking into small blocks and shards when excavated. The mustard yellow
color grades upward into yellowish-green, and the upper third of the formation is generally finely
variegated with yellowish-green and purple-red bands increasing in dominance towards the top.
The mustard yellow color is especially evident on powdered rocks.
4.2.2. Paleobotany
In the Kayitou Formation, plant fossils are found in the lowermost few meters at the
Jiucaichong and Mide sections, but they are much more scarce than in the Xuanwei Formation.
The preservation is also different, as plant fossils consists of scattered, small (≤1 cm) comminuted
debris (Fig. 7G). New plant taxa appear in the Kayitou Formation, the most significant being
Annalepis (Fig. 7H), peltaspermalean foliage (Lepidopteris cf. martinsii, Fig. 7G) and fertile
organs (Peltaspermum sp., Fig. 7I). These collectively constitute a distinctive Annalepis –
Peltaspermum assemblage. Annalepis is a Triassic lycopsid that relates to Isoetes, with similar
growth habit as Pleuromeia (Grauvogel-Stamm and Duringer, 1983; Naugolnykh, 2013). The
genus is based on isolated sporophylls that articulate in cones (Meng, 1998; Grauvogel-Stamm
and Lugardon, 2001), which closely resemble those of Tomiostrobus (Naugolnykh, 2012).
4.2.3. Ostracod assemblage
At the Mide section, marine ostracods have been previously mentioned from the Kayitou
Formation in Beds 21 to 26 (e.g. Yu et al., 2010). Recent fieldwork did not recover any ostracods
outside Bed 25, which yielded abundant specimens on the surface of cracked siltstones/fine
sandstones. Preliminary observations indicate that the recovered assemblage is nearly
monogeneric and dominated by Hollinella specimens. Two species were previously reported:
Langdaia suboblonga and Hollinella tingi (sic). No Langdaia was observed in our study. Altered
and corroded specimens of Hollinella originally characterized by their lobes and frill, are
abundant and might have been mistakenly identified as Langdaia in past studies. Hollinella tingi
(Patte) has been demonstrated to be restricted to the Early Permian (e.g. Crasquin-Soleau et al.,
2004) and its specific characters are not evident from Mide specimens.
4.3. The Dongchuan Formation
The Dongchuan Formation is exposed as alternating purple-red siltstone and sandstone units (Fig.
7A) resting conformably on the underlying Kayitou Formation with a gradational contact
spanning ~5 m. The Dongchuan Formation is at least 50+ meter-thick in the study area, the top
has not been identified. In the purple-red Dongchuan Formation, no fossil plants were found
owing to the oxidizing conditions that destroyed all traces of organic matter.
4.3.1. Sedimentological analysis
Two main facies are represented within the Dongchuan Formation, the most common feature
being the Sh facies (Table A-1, Fig. 7A). The Sh facies occurs as 0.2–1-meter-thick units of fineto medium-grained sandstone, with horizontal laminations, and common current ripples.
Boundaries are usually not erosive. Deposition of the Sh facies corresponds to tractive current or
repeated sediment discharges within aqueous environments. The St facies is composed of fine- to
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medium-grained sandstones with trough cross bedding (Fig. 7B). Increasing occurrence of the St
facies is observed towards the top of the formation, as seen from stacked sequences found in an
unmeasured part of the Dongchuan Formation at Chahe (Fig. 7B). Deposition of the St facies
corresponds to fluvial channel bedforms.
4.4. X-ray fluorescence
Results of the XRF analysis of a series of samples from the Xuanwei and Kayitou formations,
across the four studied sections show that the chemical composition of the rocks is consistent and
that all samples are devoid of CaCO3 (Supplement Table 2). No data clustering appear based on
geographical location of sections (Fig. 11), not even for the coastal Mide section at a distance of
170 km from Chahe, Zhejue and Jiucaichong (Fig. 1), showing that the chemical composition is
laterally consistent and not related to geographical location but rather to time of deposition. Three
major composition clusters are evident from the principal component analysis of the XRF data
(Fig. 11), two within the Xuanwei Formation and one within the Kayitou Formation. The
Xuanwei Formation includes two clusters, the first grouping siliciclastic sediments and the
second grouping organic-rich sediments enriched in elements such as S, P, W, Se, Cu, Ca, As.
Additionally, the results from the "coal beds" and the other organic-rich samples show that they
contains a significant proportion of terrigenous silica (from 13 to 37% Si, Supplement Table 2).
These two groups of sediments alternate through the succession. The third cluster encompasses
sediments from the Kayitou Formation with enriched proportions of Fe, Ba, Sn, Ag and Cd. All
sediments analyzed were devoid of carbonate, as indicated by the small amount of calcium
(Supplement Table 2).
5. Paleoenvironmental interpretation
The general evolution of the PTB successions in Guizhou and Yunnan shows a transition from
deposits representing terrestrial, nearshore fluvio-lacustrine environments with wetlands to
brackish lagoonal and coastal marine environments. Across the four sections, Jiucaichong is the
most proximal relative to Chahe and Zhejue, showing more fluvial influence and less deposition
of fine organic rich sediments (Fig. 6). The occurrence of freshwater algal cysts in these organicrich facies indicates deposition in a lacustrine environment. Our results show that variations in
plant diversity occur within the lowermost 60 meters of the Xuanwei Formation at Chahe, albeit
the average diversity is fairly consistent with around six taxa represented amongst 40 specimens
(Fig. 9). A drop in diversity is evident around Chahe Bed 29, correlated with a local
environmental transition from dry floodplains to wetlands (Fig. 12).
Our sedimentological and paleontological observations contrast with previous interpretations of
depositional environments (Zhao, 2003; Yu et al., 2007). The Xuanwei Formation does not
represent meandering river systems because no point bar deposits were identified. Rather, it
represents wetlands consisting of swamps and shallow lacustrine environments with sheet-flood
sand-bed rivers. At the Jiucaichong section, more proximal settings correspond to the occurrence
of braided river systems within alluvial plain and shallow lakes (Fig. 12, 13). The Kayitou
Formation does not correspond to lacustrine deposits (Yu et al., 2007), but rather to terrigenous
sedimentation from suspension in coastal lagoon environments, as attested by the presence of
marine fossils at the Mide section. The occurrence of plant fossils with a marine fauna, as in the
Permian of Laos (Bercovici et al., 2012a; Blanchard et al., 2013) and Saudi-Arabia (Berthelin et
al., 2004), nevertheless indicates close proximity to the coastline and terrigenous input in the
basin. In more proximal settings, such as represented in the Chahe and Zhejue sections, marine
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influence is not evidenced by any fossils, and the occurrence of spinicaudatans (i.e.
conchostracans) at the Jiucaichong and Chahe section would indicate a mainly coastal influence
such as a brackish lagoon. The transition between the Xuanwei Formation and the Kayitou
Formation is marked by the sharp disappearance of organic matter in the sediments.
5.1. Xuanwei Formation
The successions within the Xuanwei Formation were deposited chiefly in a non-marine
environment at all sections except Mide, which displays marine influence at the very top of the
Xuanwei Formation. A vertical transition from alluvial plain facies to fluvial and lacustrine facies
towards the top of the formation is evidenced. Two major depositional environments are
represented:
- The first, expressed in the lower part of the Xuanwei Formation (0 to 40 meters at Chahe), is
composed of stacked sequences of Sh and St facies fining upwards to the generally organic-rich
Fl and Fm facies, sometime associated with paleosol development (facies P or occurrence of
Stigmaria sp.). The repeated occurrence of these paleosols is indicative of an alluvial floodplain.
These stacked genetic sequences range from 0.5–4-meter-thick and are interpreted as flash
discharges leading to the deposition of sand-sheets within shallow lakes or alluvial plain settings.
We interpret the coarser deposits as formed by sheet-flood sand-bed rivers sensu Miall (1996).
- The second type of depositional environment is represented by thick sequences of Sh facies (at
Chahe, Bed 32–34, Fig. 2, and Zhejue, Bed 42–46, Fig. 3) or St facies (at Jiucaichong, Bed 6,7,
8–10, and 19, Fig. 4), fining upward to Fl facies. The top of the sand bars are generally
represented by the Sh facies with some current ripples attesting to decreasing flow rates. These
genetic sequences are thicker (5–7 meters) compared to those in the lower part of the succession.
These are interpreted to represent increased flash discharges (Sh facies at Chahe and Zhejue)
within swamps and shallow lake deposits. At Jiucaichong these are instead interpreted to
represent low sinuosity braided river deposits (St facies) within shallow lake or alluvial plain
deposits. Increasing lacustrine influence is further indicated by the occurrence of freshwater algal
cysts in palynological samples within the upper part of the Xuanwei Formation. The transition
from the more terrestrially influenced lower part and the more lacustrine/riparian-influenced
upper part is marked by a drop in plant diversity around Bed 29 at Chahe, associated with the
onset of a thick sandstone unit representing a flash discharge event (Beds 32–34).
The Gigantopteris flora recovered from the Xuanwei Formation at all four sections is indicative
of a warm and humid climate. The taxa present are typical climate-sensitive, hygrophilous
wetland plants (DiMichele and Philips, 2002; DiMichele et al., 2005a, 2006a). This interpretation
is further supported by the occurrence of organic-rich horizons throughout the Xuanwei
Formation. Additionally, the palynological assemblages from the four studied sections show
relative abundance of nearly 100% spores. Conifer pollen (monosaccate and taeniate bisaccate
pollen grains) are absent from the palynological assemblages, with the vast dominance of spores
indicating hygrophilous affinity. Interestingly, an important proportion of fossil plants recorded in
the Xuanwei Formation are pollen producers (Cordaitales, pteridosperms and ginkgoales). There
is therefore a mismatch between the composition of macroflora and palynological assemblages,
which could be related to preservational or taphonomic bias.
Occurrence of Stigmaria was reported in several plant-producing units (Table A-2). Stigmaria is a
form-genus for the rootlet-bearing rhizome of the lycopsid Lepidodenron. The rhizophores
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develop horizontally and shallow within the soil horizon, and usually get preserved as in-situ
three-dimensional casts in Pennsylvanian and Early Permian coal swamp environments (MartínClosas and Galtier, 2005; Wagner and Diez, 2007). In the Xuanwei Formation, Stigmaria are
preserved as organic compressions without any connected rootlets, within laminated silty
sandstone (Sh facies), often associated with plant debris. This contrasts with the usual ecological
interpretation of Stigmaria representative of gleyed paleosols (Rosenau et al., 2013). Gleyed soil
activity is characterized by structureless claystones units with slickensides, obliterating
sedimentary features as well as potential fossil plant compressions. We therefore propose that
Stigmaria rhizophores were transported together with the subaerial plant remains, rather than
being preserved in-situ, although this scenario would not be usual in a typical Pennsylvanian coal
swamp environment (Ferguson, 1970).
5.2. Kayitou Formation
The monotonous succession of massive silty mudstone facies (Fm facies) with intercalation of
very fine planar lamination (Fl facies) indicates deposition in calm, ever-flooded aqueous
environments. Deposition of the Kayitou Formation corresponds to a shallow coastal terrestrial
lagoon evolving towards marine deposition at the Mide section. The general facies progradation
observed at all sections may be associated with a regional marine transgression recorded at the
beginning of the Triassic (Lehrmann et al., 2007; Yin et al., In press).
At the Mide section, the occurrence of marine bivalves, brachiopods, ammonoids and ostracods
(Yu et al., 2010) clearly indicates a marine depositional setting. We found several 3–5 mm
spinicaudatan valves at Jiucaichong, possibly indicating freshwater environments (Kozur and
Weems, 2010), albeit precise taxonomical identification of the specimens was not yet established.
These interpretations are strengthened by the presence of typical marine Hollinellid ostracods.
The monogeneric assemblage further indicate unstable conditions that can relate to the
modification of one or more paleoecological parameters, such as temperature, salinity,
oxygenation, amount of suspended matter, etc. Hollinella is an important environmental proxy
since its size has been correlated with proximity to the paleoshoreline and detrital input: small
species tend to be relatively offshore inhabitants whereas larger ones occur closer to shore and
can handle strong terrestrial influx (Melnyk and Maddocks, 1988). All the specimens found here
are large (around 1 mm long), denoting conditions close to the shoreline under relatively strong
detrital input.
The warm and humid climate evidenced from the Xuanwei Formation also prevail across the PTB
and in the lowermost Kayitou Formation. The Annalepis – Peltaspermum assemblage is mainly
composed of hygrophilous, climate-sensitive plants (Martín-Closas, 2003). Much like the
Gigantopteris flora of the Xuanwei Formation, the lycopsids and pteridosperms of the lowermost
Kayitou Formation indicates a warm and humid climate.
5.3. Dongchuan Formation
The Dongchuan Formation is composed of redbeds, occurring in stacked fining-upward
sequences of Sh and St facies with each stack comprising 0.5–2 meters. The increasing
occurrence of the St facies with stacked trough cross-bedding, characteristic of braided rivers
(Best and Bristow, 1993; Miall, 1996) indicates a progressive change in depositional environment
to braided rivers within semi-arid alluvial floodplains.
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Evidence of pedogenesis is not found across the Dongchuan Formation and organic matter is
absent. The Dongchuan Formation represents the first evidence of redbeds in South China with
depositional environment similar to what is known from the Late Permian of North China (Shu
and Norris, 1999; Yang et al., 2010; Thomas et al., 2011; Stevens et al., 2011), South Africa
(Ward et al., 2000; Gastaldo et al., 2005; Coney et al., 2007), Russia (Benton et al., 2004), Europe
(Körner et al., 2003; Schneider et al., 2006; Bourquin et al., 2006, 2007; Bercovici et al., 2009b),
and the Early to Middle Permian of North America (DiMichele et al., 2004, 2005b, 2007), with
climate change to drier conditions (Sheldon, 2005). During the end of the Paleozoic, plants had
been tracking the effects of global climate change (Rees et al., 2002), and South China represents
the ultimate place where wetland floras still thrived close to the PTB (DiMichele et al., 2001;
2006b; Hilton and Cleal, 2007). This climate change to drier conditions is gradual, with onset
marked by the occurrence of variegated deposits in the top of the Kayitou Formation.
6. Placement of the PTB
6.1. Radiometric ages
Traditionally, correlation of the PTB successions across the Yangtze platform has been performed
using the PTBST as a marker (Peng and Shi, 2009), based on an array of stratigraphic methods
not necessarily including biostratigraphy (Peng et al., 2001, 2002; Wang and Yin, 2001; Peng et
al., 2005; Yu et al., 2007). The PTBST "eventostratigraphic clay" correspond to Bed 68 at Chahe,
Bed 21 at Jiucaichong and Bed 49 Zhejue (Figs. 2, 3, 4 and 12) whereas Mide does not host any
noticeable clay bed (Fig. 5). This so called "eventostratigraphic clay" has been identified as a
bentonite in Bed 68 at Chahe (Shen et al., 2011a). Lithostratigraphic correlations are
demonstrably insufficient on their own, but recent high-resolution radiometric dating (Shen et al.,
2011a) has greatly supported the correlation of the PTBST between Meishan and Chahe (Fig. 12).
Bed 25 at Meishan was dated at 252.28 ±0.08 Ma, very close to the age of 252.30 ±0.07 Ma
recorded for of Bed 68 at Chahe (Shen et al., 2011a). Our results on the new Jiucaichong
exposure shows that this bentonite bed is also present at the top of the Xuanwei Formation (Bed
21a, Fig. 6F). Based on the stratigraphic position of this bentonite bed and the geographic
proximity of the Chahe, Zhejue and Jiucaichong sections (Fig. 1), Bed 68 at Chahe, Bed 21 at
Jiucaichong and Bed 49 at Zhejue can tentatively be correlated (Fig 12). This working hypothesis
needs to be confirmed by performing high-resolution radiometric dating of Jiucaichong Bed 21
and Zhejue Bed 49.
6.2. Paleobotany
The Annalepis – Peltaspermum assemblage evidenced in the lowermost part of the Kayitou
Formation contrasts significantly with the composition of the Gigantopteris flora recovered from
the underlying Xuanwei Formation. The presence of Annalepis from the Mide and Tucheng
sections (Yu et al., 2010), represents the first occurrence of a typical Triassic element. Annalepis
is common in the Middle Triassic of Europe and South China, but at Mide and Tusheng this flora
is encountered in the lowermost part of the Kayitou Formation, consequently assigned to the
lowermost Triassic (Yu et al., 2010). Peltasperms are common elements of the late-Paleozoic
floras, and are mostly represented in our assemblages from South China by the gigantopterids in
the Xuanwei Formation. They are also known from the Triassic (Retallack, 2002; Wachtler,
2011), and we reported the occurrence of Peltaspermum sp. (Fig. 7I) and Lepidopteris cf.
martinsii (Fig. 7G) in the basal Kayitou Formation. In South China, Annalepis and Peltaspermum
represents the pioneer species in the restructuring of the Early Triassic plant ecosystems.
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Interestingly, fragments of gigantopterids were also encountered within the Annalepis –
Peltaspermum macrofloral assemblage at the Tusheng section (Yu et al., 2010). Three specimens
are shown in Yu (2008), representing two <1 cm fragments of Gigantopteris sp. and one of
Gigantonoclea sp. Two interpretations for the presence of these persisting relicts of the Late
Permian Gigantopteris flora in the early Triassic are possible: either as survivor of the EPE, or as
reworked elements. Short-term survivorship of the Gigantopteris flora is a likely possibility,
because plant compressions are not prone to reworking. Gigantopterids clearly lost dominance as
they are represented in very low numbers within the Annalepis – Peltaspermum assemblage of the
Tusheng section. Similar short-term survival of organism was evidenced at the PTB in the marine
realm (Payne et al., 2013), and also in the earliest Paleogene, immediately after the endCretaceous mass extinction event (Bercovici et al., 2009c, 2012b; Landman et al., 2012).
Pteridosperms were also components of Mesozoic ecosystems, and persisted till the beginning of
the Cenozoic (McLoughlin et al., 2008). However, considering the fragmentary nature of the
plant debris recovered from the Kayitou Formation and the transport involved for depositing
terrestrial plant debris in near-shore marine environments, the Annalepis – Peltaspermum
assemblage might also constitute an allochthonous assemblage of transported elements.
6.3. Palynostratigraphy
The relative abundance of spores and pollen recorded here differs greatly from those presented by
Peng et al. (2006), who recorded significant quantities of pollen within the Xuanwei Formation
(18.3% at Chahe and 17.5% at Zhejue). Peng et al. (2006) noted a relative increase of pollen
grains towards the top of the Xuanwei Formation, especially above the PTBST where the
assemblages were described as dominated by pollen grains (66.6% at Chahe and 59.6% at
Zhejue). More recently, Shen et al. (2011a) also provided a figure of 5% gymnosperm in samples
stratigraphically below the end-Permian carbon isotope negative shift at Longmendong,
Chuanyang and Chahe sections and those results are more compatible with our observations.
Unfortunately, the low numbers of pollen and spores recovered from the sediments of the four
studied sections makes them unsuitable markers of the PTB and EPE.
6.4. The PTB "fungal spike" event
An "anomalously high abundance" of fungal spores at the top of the Xuanwei Formation was
noted by Peng and Shi (2009) in agreement with our results of relative fungal abundance close to
100% in some samples (Supplement Table 1). At least seven taxa of fungal spores were identified
in our palynological samples, among which Reduviasporonites characterizes the end-Permian
fungal spike worldwide (Visscher et al., 1996). Recent debate has questioned the significance of
this fungal event, and more specifically the affinity of these organic-walled microfossils due to
their close morphological resemblance to the zygnematalean green algae Tympanicysta (Afonin
et al., 2001; Foster et al., 2002). However, Visscher et al. (2011) argued that Tympanicysta occurs
mostly in very recent sediments because of the low preservational potential of this fragile and
thin-walled algal cyst. Moreover, organic geochemical analysis of Reduviasporonites that exclude
the sedimentary matrix shows a signature not related to algal cysts but rather to fungal spores
(Sephton et al., 2008; Visscher et al., 2011). The occurrence of Reduviasporonites immediately
before the end-Permian mass extinction would still indicate the onset of terrestrial environmental
collapse and organic matter decomposition. Similarly, a fungal spike was also evidenced in
association to the devastation of terrestrial plant ecosystems at the Cretaceous–Paleogene
boundary (Vajda and McLoughlin, 2004, 2007). In all four studied sections, fungal spores and
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Reduviasporonites only occur within a restricted stratigraphic interval at the very top of the
Xuanwei Formation, corresponding to latest Permian deposits.
6.5. Invertebrate biostratigraphy
Evidence of marine fossils has been reported in the lowermost part of the Kayitou Formation at
Mide and Tusheng sections (Yu et al., 2010). Among these fossils, occurrence of the ammonoid
Ophiceras sp. in Mide Bed 25 (Fig. 12, Tian et al., 2008; Yu et al., 2010) clearly indicates Early
Triassic (Griesbachian) age (Brühwiler et al., 2008). The bivalve assemblage is diverse and
includes Unionites fassaensis, U. canalensis, U. sp., Towapteria schythica, T. sp., Leviconcha
orbicularis, L. prazorbicularis, Pteria ussurica, P. ussurica variabilis, P. murchisoni leshanensis, P.
sp., Bakevellia exporrecta linearis, Eumorphotis sp., Neoschizodus laevigata, Promayalina cf.
minuta and Gervillia pannonica (Yu et al., 2010). Collectively, this assemblage represents a
Lower Triassic range (Rong and Fang, 2004; Posenato et al., 2005). The monogeneric Hollinella
ostracod assemblage recovered from the lowermost part of the Kayitou Formation at Mide is
however not age diagnostic, as it is typically encountered in the Permian at large and is known to
persist shortly during the Early Triassic. The spinicaudatans recovered from Chahe Bed 70 and
Jiucaichong Bed 24–26 (Fig. 12) were attributed to the genera Euestheria and Palaeolimnadia by
Chu et al. (2013), and could potentially be indicative of Triassic age (Tash and Jones, 1979;
Kozur and Weems, 2010; Chu et al., 2013).
7. Conclusions
Four exposures spanning the PTB, located in Western Guizhou and Eastern Yunnan, China were
studied for sedimentlology, paleontology and geochemistry. The studied interval spans parts of
the Xuanwei, Kayitou and Dongchuan formations where three major types of depositional
environments were identified based mainly on the sedimentological results. The vertical
successions show an evolution from alluvial and lacustrine deposits with few channel deposits
(sheet-flood sand-bed and braided rivers) to coastal marine deposits, and finally to braided rivers
within semi-arid alluvial plains. The sediments exposed at the new Jiucaichong section have a
stronger fluvial influence in the upper part of the Xuanwei Formation compared to the two
adjacent Chahe and Zhejue sections (which are more lake-influenced), revealing a transition from
proximal (onshore sediments) at Jiucaichong, to distal (paralic/marine) successions at the Mide
section.
There is still an ongoing discussion regarding the ages of these successions. Shen et al. (2011a)
placed the PTB at the Chahe section within the Dongchuan Formation, ~14 meters above the
bentonite Bed 68. The position was based on three criteria including a negative carbon isotope
anomaly, the presence of charcoal interpreted to signify wildfires associated with the PTB, and a
color change of the sediments to red/purple (Shen et al., 2011a, 2011b). We argue that the PTB
should be in proximity to the bentonite bed at Chahe, dated at 252.30 ±0.07 Ma (Shen et al.,
2011a), which closely coeval to the PTB at the Meishan GSSP. The FADs of typical Triassic
(Induan) bivalves, spinicaudatans, and ammonites reported from the basal part of the Kayitou
Formation, associated with the Triassic plant genus Annalepis in the coastal Mide and Tusheng
sections (Yu et al., 2010), support this interpretation. Moreover, we identified a single zone
enriched in fungal spores including Reduviasporonites, close to the formation contact between the
Xuanwei and Kayitou formations at all four sections, including Chahe close to Bed 68 (Fig. 12).
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The disappearance of plants and palynomorphs in the basal Kayitou Formation from these
successions has previously been attributed to the EPE. However, we show a major regional facies
change occur between the Xuanwei and Kayitou formations that likely account for preservational
differences. It is however clear that two distinct plant assemblages occur across the formation
contact between the Xuanwei and Kayitou formations in Western Guizhou and Eastern Yunnan:
The Gigantopteris flora of the Upper Xuanwei Formation, and the Annalepis – Peltaspermum
assemblage in the basal part of the Kayitou Formation (Fig. 12). The Gigantopteris flora
(Gigantonoclea guizhouensis – Annularia pingloensis assemblage) has previously been attributed
to the Late Permian (Changhsingian) whilst the Annalepis – Peltaspermum assemblage has been
attributed to the Early Triassic (Induan; Yu et al., 2010). Similar floral turnover associated to the
EPE has been evidenced globally (Wang, 1996; Looy et al., 1999, 2001; Rees, 2002; Lindström
and McLoughlin, 2007; Krassilov and Karasev, 2009; Hochuli et al., 2010; McLoughlin, 2011),
with lycopsids involved in the recovery phase during the Early Triassic (Retallack, 1997; Wang
and Chen, 2001; Grauvogel-Stamm and Lugardon, 2001; Naugolnykh, 2013). Importantly, the
typical Permian gigantopterids persist as relicts within the Triassic Annalepis – Peltaspermum
Assemblage. It could imply that gigantopterids cannot be used as a reliable Permian marker in
South China if their occurrence represent short-term survival.
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Figure A-4: Sedimentological log for the Jiucaichong section (see Fig. 1 for location).
Paleocurrent directions are indicated where measured, as well as the position of each
palynological/XRF sample and fossil plant census intervals.
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Figure A-6: A: Exposure of the terrestrial PTB transition at Chahe, western Guizhou. B: Beds
33–46 within the Xuanwei Formation at the Zhejue section. The sediments of the Xuanwei
Formation consist of massive planar bedded sandstone units intercalated with grey silty mudstone
units. C: Dark, organic rich, silty mudstone at the top of Bed 5, Xuanwei Formation, Chahe
section. D: Cross-bedded sandstone unit within the Xuanwei Formation at the base of Bed 1,
Jiucaichong section. E: Occurrence of paleosol (entisol) within Bed 5, Xuanwei Formation,
Chahe section. F: The top of the Xuanwei Formation and PTBST at Jiucaichong, showing a thin
light green bentonite unit (Bed 21a). G: Typical Kayitou Formation facies of homogeneous silty
sandstone at the Jiucaichong section.
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Figure A-7: All scale bars = 1 cm. A: Red sediments of the Dongchuan Formation showing
intercalation of cross-bedded sandstone units with massive siltstone units at the top of the
Jiucaichong section. B: Details of the sandstone facies of the Dongchuan Formation at Chahe. D:
Lobatannularia ensifolia (Halle, 1927) Halle, 1928, from the Xuanwei Formation at Chahe. E:
Gigantopteris dictyophylloides Gu and Zhi, 1974, from the Xuanwei Formation at Chahe. F:
Stigmaria ficoides (Sternberg, 1820) Brongniart, 1822 from the Xuanwei Formation at Chahe. C:
Pecopteris sp. from the Xuanwei Formation at Chahe. G: Preservation facies of plants within the
Kayitou Formation at Jiucaichong Bed 25, arrows point at Lepidopteris cf. martinsii (Harris,
1932) Poort et Kerp, 1990. H: Arrows pointing at Annalepis spp. from the Kayitou Formation at
Mide Bed 23. I: Arrow pointing at a Peltaspermum sp. ovuliferous disk found in sediments from
the Kayitou Formation at Mide Bed 23.
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Figure A-8: Diversity variation within macrofloral assemblages in the sampled sections within the
Xuanwei Formation sampled at the lower part of the Chahe section. Data from Table 3 was
combined using sliding window binning of six consecutive census intervals. The resulting data
was rarefied at 40 and 80 specimens to remove sample size variation related bias. Error bars are
95% confidence intervals.
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Figure A-9: 1–56; Extended depth of field light micrographs of selected representative
palynomorphs from the Xuanwei Formation of Chahe, Zhejue, Jiucaichong and Mide, scale bar 50 µm. 1: Cyclogranisporites? / Convolutispora sp. (11J004) - 2: Iraquispora sp. (11Z006) - 3:
Microbaculatisporites sp. (11J003) - 4: Aratrisporites sp. (11J004) - 5: Converrucosisporites
cameronii (de Jersey, 1962) Playford and Dettmann, 1965 (11C023) - 6: Lundbladispora sp.
(11C031) - 7 and 8: Converrucosisporites sp. (11C023) - 9: Leiotriletes sp. (11C023) - 10:
Leiotriletes concavus (Kosanke, 1950) Potonié and Kremp, 1955 (11C023) - 11: Waltzispora
strictura Ouyang and Li, 1980 (11Z006) - 12: Waltzispora strictura Ouyang and Li, 1980
(11C023) - 13 and 14: Densoisporites nejburgii (Schulz, 1964) Balme, 1970 (11C045) - 15:
Granulatisporites sp. (11C023) - 16: Granulatisporites sp. (11C045) - 17 to 19: Calamospora sp.
(11Z006) - 20 and 21: Calamospora microrugosa (Ibrahim, 1932) Schopf et al., 1944 (11C023) 22: Punctatosporites sp. A (11J003) - 23: Punctatosporites sp. B (11C023) - 24: Punctatosporites
sp. C (11C023) - 25: Laevigatosporites sp. (11Z006) - 26 and 27: Laevigatosporites sp. (11C023)
- 28: Torispora zhejuensis Peng et al., 2006 (11Z006) - 29: Torispora zhejuensis Peng et al., 2006
(11Z006) - 30: Vitreisporites pallidus (Reissinger) Nilsson, 1958 (11C023) - 31: Klausipollenites
sp. (11J012) - 32: Vesicaspora sp. (11C023) - 33 and 34: Chomotriletes sp. (11C023) - 35 and 36:
Acritarch (11M002) - 37: Foraminiferal test lining (11M003) - 38: Multicellate fungal spore
(11Z026) - 39 to 42: Ascospores (11J004) - 43: Inapertisporites sp., aseptate fungal spore
(11M004) - 44: Multicellate fungal spore (11M002) - 45: Multicellate fungal spore (11M004) 46 and 47: Multicellate fungal spore (11M002) - 48: Multicellate fungal spore (11M004) - 49 and
50: Reduviasporonites sp. (11J009) - 51: Reduviasporonites sp. (11M002) - 52: Fungal hyphae
(11J009) - 53: Multicellate fungal spore (11J010).
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Figure A-11: The XRF data presented as Principal component analysis with standardized
variables. PC1 vs. PC2 plot for each sample is presented on the left and PC loadings on the right.
Sample names have been shortened e.g. "11C001" corresponds to "C01" in the diagram.
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Figure A-13: Block diagrams showing the reconstruction of the depositional environment of the
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Table A-1: Description of the main sedimentological facies and associated abbreviations.
Code

Facies

Xuanwei Fm.
Sh
Horizontally stratified sandstone

Description

Interpretation

Fine- to coarse-grained tan to brown sandstone, with faint
horizontal laminations and occasional erosive base.

Fluvial sand-sheet deposits

St

Trough cross-bedded sandstone

Fine- to coarse-grained tan to brown sandstone, with 3D
megaripples and occasionaly erosive base.

Sinuous-crested or linguoid
bedform, braided river deposits

Sm

Massive sandstone

Fine- to coarse-grained sandstone, with no apparent laminaiton.

Subaqueous high-density
turbidity current

Fl

Laminated mudstone

Laminated siltstone to silty mudstone, greenish-grey to dark grey
color.

Deposition from suspension,
shallow lake or floodplain

Fm

Massive mudstone

Massive siltstone to silty mudstone with little or no apparent
lamination, greenish-grey to dark grey color. Unit average
thickness 5 cm.

Deposition from suspension,
floodplain

P

Paleosol

Red siltstone with visible rhizoliths

Paleosol

Laminated siltstone to silty mudstone, yellow mustard color.

Deposition from suspension,
permanently flooded with
shallow water

Massive siltstone to silty mudstone with no apparent laminaiton,
yellow mustard color.

Deposition from suspension,
permanently flooded with
shallow water

Fine- to medium-grained purple-red sandstone, with well-defined
horizontal laminations and non-erosive base. Current ripples
common at bed top.

Fluvial sand-sheet deposits

Fine- to coarse-grained purple-red sandstone, with 3D megaripples.

Sinuous crested or linguoid
bedform, braided river deposits

Kayitou Fm.
Fl
Laminated mudstone

Fm

Massive mudstone

Dongchuan Fm.
Sh
Horizontally stratified sandstone

St

Trough cross-bedded sandstone
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Table A-2: Field census of the plant fossils occurring at Chahe, Zhejue and Jiucaichong. The
census number is referring to positions indicated on each sedimentological logs (Fig. 2, 3 and 4).

Section
Chahe

Census
number
1
2
3
4
5
6
7
8
9
10
11
12
13
14
15
16
17
18
19
20
21
22
23
24
25
26
27
28
29
30

Total: 475
Jiucaichong

Total: 50
Zhejue

Total: 77
Grand total: 602

Bed
1
1
2
3
3
4
4
6
7
14
16
17
18
18
19
20
26
27
28
29
29
30
30
32
34
34
35
38
40
41

Co
Cor
Pec Fasc
mps
dait
opte ipter
opte
es
ris is
ris
sp.
sp. sp.
sp.
40
26
10
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13
8
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3
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8
4
3
15
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13
10
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8
6
1
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7
8
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34
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Appendix B
Appendix B describes new datasets of compound specific carbon isotopes for samples
from the Paleocene-Eocene Thermal Maximum interval in Svalbard (Cui, 2010 Master Thesis).
This is an independent study that is not directly related to the major goal of this dissertation, but
an attempt to fill in more data in the existing data that is presented in my master’s thesis.

B-1 Lipid extraction
21 samples from depth 500 to 544.53 mbs weighing 10-30 g were selected to conduct
biomarker analysis and compound specific carbon isotope analysis. For biomarker extraction, the
surfaces of the sampled core materials were cleaned with methanol and dichloromethane and then
pulverized in a ball mill. 10-30 g of powdered samples were Soxhlet extracted with
dichloromethane:methanol (9:1, v/v) for 24 hours. Total lipid extracts were concentrated by
rotoevaporation, and then separated into compound classes using short pipette columns filled with
approximately 3 g alumina (60Å, 70-230 mesh) activated at 150ºC for 1.5 hours. The apolar and
polar fractions were eluted using hexanes/dichloromethane (9:1 v/v; 4 mL) and
dichloromethane/methanol (1/1, v/v; 4 mL), respectively. The apolar fraction was then separated
into saturated and unsaturated compounds with 0.5 g of 5% silver nitrate ion-impregnated silica
gel. The saturated fraction was eluted using hexanes (4 mL) and unsaturated compounds were
eluted using ethyl acetate. All fractions were analyzed by gas chromatography (GC) and gas
chromatography/mass spectrometry (GC/MS).
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B-2 Compound identification and Quantification
Compounds were identified with a Hewlett-Packard 6890 GC coupled to a HelwettPackard 5973 quadropole MS. A fused silica capillary column (J&W Scientific DB-5; 30 m x
0.25 mm, 0.25µm film thickness) was used with helium as the carrier gas (2 mL/min). Samples
were injected in pulsed splitless mode with an initial temperature of 60ºC, followed by a ramp to
320ºC at 6ºC/min and then held at 320ºC for 20 min. The electron impact MS was operated with a
scanning mass range of m/z 50-700 at 3 scans per second and an ionization energy of 70 eV.
Compounds were identified with authentic standards, NIST 1998 chemical library, or by
fragmentation patterns and retention times.
Compounds were quantified on a Hewlett-Packard 5890 GC coupled to a flame
ionization detector (FID) operated in splitless mode. GC parameters were the same as those
outlined above. Quantification was made by normalizing all compound peak areas to an internal
standard and compared to an external calibration curve of standards, including n-alkanes, ranging
in concentration from 0.1 to 120 µg/ml. Precision and accuracy was determined by treating
standards as samples and was better than less than 10%.

B-3 Compound specific carbon isotopes
δ13C of individual n-alkanes were measured by GC-IRMS. Compounds were separated
with a Varian model 3400 GC operated in splitless mode on a silica fused silica capillary column
(J&W Scientific DB-5; 30 m x 0.32 mm, 0.25µm film thickness). The GC program was the same
as above and following separation, compounds were combusted over nickel and platinum wire
with O2 at 1000ºC. δ13C values were measured on a Finnegan MAT 252 IRMS relative to a CO2
reference gas calibrated with Mix A (Arndt Schimmelmann, Univ. of Indiana). Precision of Mix

212
A standards during the course of analyses was 0.15‰. Precision and accuracy of sample analyses
was monitored by co-injection of internal alkane standards n-C38 and n-C41 and was 0.10‰ and 0.06‰, respectively.

Reference
Cui, Y., 2010. Carbon addition during the Paleocene-Eocene Thermal Maximum: model
inversion of a new, high-resolution carbon isotope record from Svalbard, Master’s Thesis,
The Pennsylvania State University, University Part, 88 pp.
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Figure B-1. Compound-specific carbon isotopes from core BH9-05 in Svalbard. δ13C for C25, C27,
C29 and C31 n-alkanes. C25: circle, C27: square, C29: triangle, C31: cross. A) Data generated in 2010
(Cui, 2010); B) Data generated in 2010 and data generated in 2013.
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Table B-1. δ13C values of long chain terrestrial derived n-alkanes, algal derived C17 and pristane.
Also shown is δ13Corg (data are from Cui, 2010).
Depth
(mbs)
483.00

δ13C-C17
(‰)
-

δ13C-Pr
(‰)
-

δ13CC25(‰)
-29.18

δ13CC27(‰)
-28.88

δ13CC29(‰)
-28.99

δ13CC31(‰)
-29.23

δ13Corg(‰)

493.81

-30.19

-30.13

-29.87

-30.39

-30.65

-

-26.69

500.35

-30.34

-31.72

-30.03

-30.21

-30.30

-30.62

-26.84

-26.26

504.70

-

-

-32.81

-31.66

-30.47

-30.94

-27.5

509.35

-32.30

-33.79

-32.02

-31.86

-31.95

-32.55

-28.38

515.40

-

-34.63

-33.11

-32.83

-33.00

-33.18

-28.95

518.70

-

-

-33.84

-33.17

-33.37

-33.57

-29.35

523.70

-

-

-35.33

-34.89

-34.08

-34.51

-29.37

525.00

-

-

-34.32

-34.51

-34.01

-33.83

-30.07

526.40

-

-

-35.84

-34.21

-34.68

-34.04

-29.62

528.05

-

-34.23

-34.36

-34.07

-33.78

-34.06

-29.84

529.70

-34.27

-33.92

-33.46

-33.33

-33.63

-33.51

-28.52

530.35

-

-32.83

-32.83

-33.17

-33.69

-

-28.09

531.94

-

-

-31.22

-31.22

-31.62

-32.67

-27.16

533.32

-

-

-29.08

-29.04

-28.50

-28.93

-26.61

537.30

-

-

-28.24

-28.51

-28.42

-

-25.59

543.10

-

-28.94

-28.42

-28.47

-28.31

-28.95

-25.52

544.57

-

-

-28.14

-28.50

-28.69

-

-25.72
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Table B-2. δ13C values of long chain terrestrial derived n-alkanes.
Depth
(mbs)
500.70

Sample
weight (g)
14.0012

δ13C-C17
(‰)
-

δ13CC25(‰)
-31.1

δ13CC27(‰)
-30.2

δ13CC29(‰)
-

δ13CC31(‰)
-

δ13Corg
(‰)
-27.05

-

δ13C-Pr
(‰)
-

503.00

12.6002

-30.4

-30.3

-29.8

-

-27.52

11.1217

-

-

-30.3

-30.8

-31.2

-

-27.74

510.35

11.3136

-

-

-31.4

-32.5

-

-

-28.48

522.00

11.1489

-

-

-34.8

-33.7

-33.4

-

-29.64

523.00

12.2726

-

-

-33.7

-33.0

-33.5

-

-29.66

9.6921

-30.2

-

-33.6

-33.60

-33.1

-

-29.89

525.70

12.9158

-

-

-33.9

-34.1

-33.4

-

-29.91

527.00

10.0507

-

-

-33.7

-34.1

-33.5

-

-30.11

527.40

10.0143

-34.2

-

-35.0

-33.2

-32.6

-

-29.34

10.8501

-

-

-34.1

-34.1

-33.3

-33.1

-29.16

531.00

10.546

-

-

-31.4

-

-

-

-27.89

531.30

9.7827

-

-

-

-

-

-

-27.77

532.00

10.4537

-

-

-30.6

-31.0

-

-

-26.68

13.2395

-

-

-29.9

-29.3

-29.3

-

-26.73

534.00

10.6009

-

-

-28.5

-28.3

-28.0

-

-25.92

535.00

10.9047

-

-

-28.5

-

-

-

-25.75

536.66

12.6585

-

-

-29.3

-28.5

-28.1

-

-25.67

10.3988

-

-

-29.5

-28.2

-28.4

-28.8

-25.52

541.00

11.0196

-

-

-27.9

-27.9

-27.0

-

-25.63

544.03

11.0093

-

-

-28.1

-27.9

-29.3

-

-25.53

506.00

524.00

529.00

532.65

538.33
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